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Abstract
Contrary toMonin–Obukhov similarity theory, near-surface atmospheric turbulence depends
not only on localmotions but also on larger-scalemotions associatedwith the full atmospheric
boundary layer (ABL), where they themselves evolve in character with thermal stratifica-
tion. After reviewing our current knowledge of ABL motions, we present wavelet velocity
and air temperature spectra for both eddy-surface-layer (ESL) flows above rough surfaces
and roughness-sublayer (RSL) flows above vegetation canopies, both flows characterizing
turbulence over two scales of land roughness. Spectra are extended to the production scale
to identify the influence of ABL-scale motions following the thermal stratification. Contrary
to turbulence in the ESL, RSL turbulence appears weakly enhanced by ABL-scale motions
in near-neutral regimes. With increasing influence of buoyancy, ABL-scale motions play a
larger role in ESL and RSL flows, dominating the locally produced turbulence in free con-
vection, while acting to decouple local from the large-scale motions in the stable regime.
The behaviour of ESL and RSL spectra with stability variations support the view of, (1)
canopy-scale eddies dominating the canopy turbulence over the larger ABL-scale motions
in windy conditions, (2) ABL-scale motions known as very-large-scale motions (VLSMs)
influencing the ESL horizontal velocity turbulence in windy conditions, and (3) the progres-
sive transitioning of ABL-scale motions from VLSMs to thermals with instability in ESL
flows. The direct contribution of ABL-scale motions to near-surface momentum and heat
turbulent fluxes appears small. Finally, near-surface velocity spectra are well-approximated
as a linear superposition of individual spectra associated to the main eddies populating the
flow.
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1 Introduction

In the atmospheric boundary layer (ABL), the near-surface flow is gusty and turbulent
in response to the surface friction and heating (or cooling), exhibiting fluctuations from
millimetres to several kilometres (Katul 2019). These wind fluctuations play a key role in
surface–atmosphere exchanges of mass and energy, in the dispersion of scalars (pollutants,
pollen, dust, seeds …) or trace gases (CO2), in wind loading on plants and structures such as
buildings, bridges or wind turbines, or in wind soil erosion with the suspension of mineral
dust in the atmosphere. Understanding the origin of these fluctuations and their distribution
in scale is important in identifying the eddy scales involved in the above processes.

By ‘near-surface atmospheric turbulence’, we mean turbulence in the lower atmospheric
surface layer (ASL), i.e. within a fewmetres above rough surfaces, corresponding to the eddy-
surface-layer (ESL) turbulence (Hunt and Carlotti 2001; Drobinski et al. 2004) where surface
blocking and shear dominate turbulence production, or within a few metres above a vegeta-
tion canopy, corresponding to roughness-sublayer (RSL) turbulence (Raupach et al. 1991)
where canopy-top Kelvin–Helmholtz instabilities dominate turbulence production (Raupach
et al. 1996). See Sect. 2 for a more detailed description of ESL and RSL turbulence. In
the lower ASL, near-surface turbulence was first thought to depend only on local proper-
ties of the flow, with negligible impact from ABL-scale motions. This represents one of the
main hypotheses of the similarity theories developed for near-surface turbulence. However,
there has been considerable evidence arising over recent decades showing the influence of
ABL-scale motions on near-surface flows (see Sect. 2).

The velocity spectrum represents a classical approach to identifying the impact of ABL-
scale motions on near-surface turbulence by looking at the distribution of the velocity
fluctuations (variance) as a function of the eddy size (wavenumber or frequency). Above
rough surfaces, our knowledge of the form of the velocity spectra and their evolution with
thermal stability comes principally from the famous Kansas and Minnesota experiments
(Kaimal et al. 1972, 1976), while above vegetation canopies, it comes from several exper-
iments, some of which were compiled in Kaimal and Finnigan (1994), while more recent
ones exist, e.g., Su et al. (2004) or Dupont and Patton (2012a). These studies mostly focused
on the inertial subrange of the spectrum where the energy cascades from the large-scale
anisotropic forcing scale (integral scale) where the fluctuations are produced, to the viscous
dissipation scales. For both ESL and RSL flows, the inertial subrange of velocity spectra is
usually well-defined with a −5/3 power law. Less attention has been devoted to the spectral
energy-containing subrange, or the so-called production subrange, where ABL-scalemotions
may influence fluctuation production. This limited number of studies is explained by the dif-
ficulty of extracting low-frequency motions from nonstationary field measurements from a
single tower, and the difficulty in simulating the whole spectral range of eddies involved in
near-surface turbulence using large-eddy simulation (LES).

Existing studies that focus on the production subrange of the wind velocity spectrum
were essentially performed for flows above rough surfaces either focusing on near-neutral
stratification (e.g., Katul and Chu 1998; Högström et al. 2002; Mikkelsen et al. 2017) or
integrating all stability conditions in order to draw a full-scale spectrum from mesoscale to
microscale (e.g., Larsen et al. 2016). Only a few studies focused on partitioning between
unstable and stable conditions (McNaughton and Laubach 2000; McNaughton et al. 2007;
Zhang et al. 2010; Banerjee et al. 2015; Gao et al. 2016) and only two, to our knowledge, on
the difference between ESL and RSL flows but only for near-neutral thermal stratification
(Katul et al. 2012; Ghannam et al. 2018). Recently, LES was performed at high spatial
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resolution over a rough surface (Salesky and Anderson 2018) and a vegetated canopy (Patton
et al. 2016; Perret and Patton 2021), allowing identification of some of the influences of
ABL-scale motions on near-surface turbulence for stabilities ranging from neutral to free
convection. A clear picture of the sensitivity of the near-surface turbulence to ABL-scale
motions, and how the sensitivity evolves with thermal stratification and differs between ESL
and RSL flows, is still missing.

The purpose of this study is twofold: first, to review current knowledge of ABL motions
and their influence onnear-surface turbulence, and second, to explore the impact ofABL-scale
motions on turbulence above rough surfaces and above vegetation canopies, and its variability
with thermal stratification. Our objectives are (1) to investigate the evolution of ESL and RSL
velocity and temperature spectra with stability, from stable to free convection using field
measurements, (2) to identify the influence of ABL-scale motions on these spectra according
to the thermal stability, and (3) to relate this spectrum sensitivity to thermal stratification to
our current understanding of the main coherent motions populating the ABL. The strength of
our approach is to perform a wavelet decomposition of the wind velocity and air temperature
signals over long periods (> 14h) in order to discern large-scale (low frequency) motion
contributions to the spectra. Prior to presenting the field experiments, we first review our
current understanding of near-surface turbulence and motions present in the ABL as they
vary with thermal stability, which will serve us in the interpretation of results.

2 Background

The ABL over land is in constant adjustment between the surface radiative heating/cooling,
the near-surface ambientwind shear and the entrainment of air from the free troposphere at the
top of theABL, supplemented by secondary forcings such as advection, atmospheric radiation
etc. Close to the surface, within the bottom tenth of the ABL, corresponding approximately
to the ASL, the flow is mainly influenced by surface friction and heating (or cooling) with
a negligible influence of the Earth’s rotation (Kaimal and Finnigan 1994). After sunrise, the
surfacewarms up, increasing the instability of theASL,with the development of amixed layer
above theASLwhere large-scale convectivemotions dominate, while after sunset, the surface
radiatively cools downmore quickly than the atmosphere aloft, developing a stable boundary
layer at the surface, underneath the daytime remaining mixed layer where turbulence decays
in the absence of additional production mechanisms (e.g., Darbieu et al. 2015), the so-
called residual layer. Under this diurnal pattern, the ABL can be reasonably considered
quasi-stationary and in quasi-equilibrium at time scales of about 10–30min, with continuous
turbulence in time and space, with the sunrise and sunset transition periods (Angevine et al.
2020) and very stable conditions (Mahrt 2014) being the exception.

The ASL is divided into two layers: in the lower part, either the ESL above low-roughness
elements such as sand surfaces, grass fields, water bodies (referred hereafter as rough sur-
faces), or the RSL in the presence of tall roughness elements such as trees, buildings (referred
hereafter as canopies), and the inertial sublayer (ISL) above. Unlike the RSL, the ESL is not
as well established for describing the lower ASL above low-roughness surfaces. The notion
of an ESL comes from the phenomenological idea of Hunt and Morrison (2000) that when
contacting the surface, the impinging large-scale motions develop an internal boundary layer
at the surface in which small eddies develop, similar to wake motions shed by roughness
elements (Högström et al. 2002). In the ESL, the surface blocking and shear induced by
impinging large-scale motions are the dominant mechanisms producing turbulence (Hunt
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and Carlotti 2001). The depth of this layer depends on the character of the underlying sur-
face, but can extend vertically from the surface by as much as one-tenth of the ASL, i.e.
about 10m (Hunt and Carlotti 2001). In the RSL, the flow is also under the influence of
the individual roughness element wakes, but in a closer vicinity to the roughness elements
than in the ESL as the turbulent flow extends within the canopy, i.e. between the roughness
elements. Momentum is not only absorbed at the ground surface as in ESL flows but is also
absorbed through the whole canopy depth. In RSL flow, Kelvin–Helmholtz instabilities at
the canopy top induced by the inflection point in the mean velocity profile is the dominant
mechanism producing turbulence, which produces canopy-scale eddies similar to coherent
mixing-layer type eddies (Raupach et al. 1996). The RSL depth is about two to five times the
roughness element height, including the canopy (Raupach et al. 1991). In the ISL above, the
mean flow has equilibrated with the turbulence produced by the surface roughness elements,
is horizontally homogeneous, and is well represented by similarity theory. By analogy with
laboratory wall bounded-shear flow, the ASL could be referred to as the inner layer and the
mixed/residual layers as the outer layer, except that the scale separation between inner and
outer layer is notably wider in the ABL than in the laboratory.

2.1 A Local View of the Near-Surface Turbulence

The main characteristics of ASL flow over flat uniform surfaces (wind and scalar pro-
files, fluxes) have been described by Monin–Obukhov similarity theory (MOST, Monin and
Obukhov 1954), which hypothesizes that turbulent flow and transport in the ASL depends
mainly on local eddies, whose length scales with the distance z from the surface, and whose
velocity scales with the surface friction velocity u∗ (= √

τw/ρ, with τw the surface shear
stress and ρ the air density) characterizing the momentum absorbed by the surface.

In MOST, thermal stratification effects on the mean velocity and scalar profiles are
only accounted for by adjusting the near-neutral turbulent eddy diffusivity of momentum
and scalar using similarity universal functions determined empirically from experimental
datasets. These universal functions depend only on one dimensionless stability parameter
z/L , where L is the Obukhov length (Obukhov 1946). This length characterizes the height
above which buoyant production (or destruction) dominates wind-shear production of turbu-
lent kinetic energy. The Obukhov length L depends only on four local parameters: z, u∗, the
surface kinematic heat flux H , and the buoyancy parameter g/Tv , where g is the acceleration
due to gravity and Tv is the reference virtual temperature: L = −u3∗Tv/ (κgH) with κ the
von Kármán constant. The sign of L reflects the direction of the heat flux, negative for diurnal
unstable conditions with an upward heat flux, and positive for nocturnal stable conditions
with a downward heat flux. In near-neutral conditions, thermal stratification is negligible and
|L| → ∞.

In the vicinity of a dense canopy, the flow’s momentum is primarily absorbed through the
canopy depth, vertically displacing the mean height at which momentum is absorbed from
the ground surface in ESL flows to the so-called displacement height d in RSL flows (Kaimal
and Finnigan 1994). In addition to the shear-surface-layer-type eddies scaling here with the
distance z − d , larger canopy-scale eddies are also generated by the the velocity inflection-
point instability present at canopy top (Raupach et al. 1996; Katul and Chang 1999). Their
presence invalidates MOST in the RSL, as demonstrated by observing larger vertical fluxes
than the local gradient should support (Denmead and Bradley 1987). Corrections to MOST
have been proposed for the RSL by accounting for an additional length scale characterizing
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the mixing-layer type eddies, the vorticity thickness of the flow at canopy top (Harman and
Finnigan 2007, 2008; Finnigan et al. 2009).

For both theESLand theRSLflows, the important hypothesis ofMOSTandRSL-corrected
MOST, respectively, is the negligible influence of largeABL-scalemotions. AlthoughMOST
has been relatively well verified above uniform surfaces for wind velocity profiles, scalar
properties, andmomentum and scalar fluxes (Kaimal and Finnigan 1994), and RSL-corrected
MOST as well over several canopies (Harman and Finnigan 2007, 2008; Weligepolage et al.
2012; Shapkalijevski et al. 2016), large scatter in similarity universal functions has been
reported; scatter not solely attributable to random errors, which suggests a need for addi-
tional nondimensional parameters to represent additional physical processes not considered
in MOST (e.g. Salesky and Chamecki 2012). In fact, growing evidence suggests ABL-scale
motion influence on near-surface flows, which means that the fit of the similarity univer-
sal functions with field data to account for thermal stratification, may unknowingly integrate
some of theABL-scalemotion influence, explaining some of the observed scatter in similarity
universal functions.

2.2 Influence of ABL-Scale Motions on Near-Surface Turbulence

The influence of large-scale motions on near-surface turbulence has been the subject of
extensive research, initially through laboratory studies of boundary-layer flows. Townsend
(1961) first hypothesized that near-wall flow consists of ‘active’ and ‘inactive’ motions.
Active motions correspond to locally produced eddies, scaling with z and u∗, producing
the shear stress, which are well represented by MOST for atmospheric flows, while inactive
motions correspond toABL-scale eddies that augment the variance of the near-wall horizontal
flow velocity but not the near-wall shear stress. Townsend’s hypothesis has been supported
by several laboratory experiments (Bradshaw 1967; Antonia and Raupach 1993) showing
substantial variance at low frequency in the near-surface horizontal velocity spectra, scaling
with the boundary-layer depth instead of z. Evidence supporting this role of inactive motions
in near-wall turbulence often hinges on the presence of a k−1 region within the energy-
containing subrange of horizontal velocity spectra, where k is the wavenumber. This k−1

scaling was first theorized by Tchen (1953) based on a spectral budget. Then, other theories
were proposed based on asymptotic matching between scalings of locally-generated eddies
and large-scale eddies (Perry et al. 1986; Kader and Yaglom 1991; Nickels et al. 2005),
superposition of eddy cascades generated at all possible distances from the surface (Nikora
1999), a unified theory between Tchen’s spectral budget, Nikora’s (1999) phenomenological
theory and Heisenberg’s (1948) eddy viscosity (Katul et al. 2012), or a dimensional analysis
of the joint probability density function of multipoint velocity differences, resulting from a
generalization of MOST based on two dimensionless length scales, the traditional vertical
scale −z/L and an additional horizontal eddy scale −k/L (Tong and Nguyen 2015).

In the atmosphere, the influence ofABL-scalemotions on near-surface turbulencewas also
observed in horizontalwind velocity spectra,with a spectral peak shifting to lower frequencies
with increasing instability, without scaling with z (Kaimal et al. 1972). The results of Kaimal
et al. (1972) for the daytime horizontal velocity variance represented one of the community’s
first hints at MOST’s failure (Kaimal and Finnigan 1994). Because this departure from
MOSTwas only observed in daytime unstable conditions, this was attributed to the influence
of convective motions from the mixed layer above. This led Kaimal (1978) and Højstrup
(1982) to represent the horizontal velocity spectrum in the ASL as a linear superposition
of a surface-layer spectrum corresponding to MOST and a mixing-layer spectrum scaling
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with the ABL depth, where the first spectrum represents the locally produced eddies and the
second represents the large-scale convective eddies aloft. This picture, however, does not
explain the influence of ABL-scale motions in neutral stratification observed in laboratory
experiments (Bradshaw 1978).

The influence of ABL-scale eddies on near-neutral ASL turbulence was later confirmed by
observing an extended energy-containing subrange in near-surface horizontal velocity spectra
containing a low-frequency region matching k−1 scaling (Katul and Chu 1998; Drobinski
et al. 2004; Calaf et al. 2013; Banerjee et al. 2015), or equivalently by observing a logarithmic
scaling in the production subrange of the second-order horizontal velocity structure function
(Chamecki et al. 2017; Ghannam et al. 2018). Similar scaling was also recently observed in
anASL air temperature spectrum (Li et al. 2016). However, k−1 scaling for velocity spectra is
not systematically observed. The energy containing subrange ofKaimal et al.’s (1972) spectra
did not exhibit a k−1 scaling in near-neutral conditions. Morrison et al. (2002) argued against
its existence. Nickels et al. (2005) suggested that the existence of the k−1 scaling depends
on the measurement height as compared to the surface roughness and boundary-layer depth,
the measurement height modulating the scale separation between the local and large-scale
eddies. We suspect that the absence of k−1 scaling in Kaimal et al.’s (1972) spectra could be
explained by, (1) that Kaimal et al. (1972) ensemble-averaged observations obtained over a
large depth of the ASL (over heights ranging from 4 to 32m) to produce their normalized
spectra, or (2) that Kaimal et al. (1972) focused primarily on the inertial subrange of the
spectra, hence their spectra were limited in their low-frequency extent.

In the ESL, this influence of ABL-scale motions on near-neutral surface turbulence is
suspected to result from the impingement of large-scale eddies onto the ground (Hunt and
Graham 1978; McNaughton and Laubach 2000; Hunt and Carlotti 2001; Högström et al.
2002; Zhang et al. 2010). The blockage by the surface of the downwelling portion of ABL-
scale motions stretches them along the mean wind direction through pressure redistribution
converting downward vertical motions into horizontal motions, leading to elongated stream-
wise structures at the surface, with longitudinal scale larger than z. This explains the observed
extra low-frequency energy of the horizontal wind velocity spectrum as opposed to the ver-
tical wind velocity spectrum. This could also explain the juxtaposed meandering regions of
low- and high-speed streaks near the surface (Drobinski et al. 2004), although these large-
scale spanwise variations of the mean velocity could as well result from shear-instabilities
induced from irregular distribution of surface roughness elements (e.g., Reynolds et al. 2007;
Vanderwel and Ganapathisubramani 2015).

In the RSL, the impact of large-scale eddies on the canopy flow has been less investigated
as most studies focused on the mixing-layer type eddies. Raupach et al. (1996) first sus-
pected that the impingement of large-scale eddies onto canopies may enhance locally wind
shear at the canopy top, triggering the canopy-scale eddies. A k−1 scaling in the canopy-
top horizontal wind velocity spectrum and its equivalent logarithmic scaling in the velocity
structure function have been reported in near-neutral conditions from field experiments by
Katul et al. (2012) and Ghannam et al. (2018), and from LES results of Pan and Chamecki
(2016), suggesting an influence ofABL-scalemotions, but this scaling extended inwavenum-
ber over less than a decade. Patton et al.’s (2016) LES results did not show a k−1 scaling
law in neutral condition at canopy top (deduced from their Fig. 8 showing two-dimensional
(2D) spectra), but did show k−1 scaling at twice the height of the canopy. However, their
LES results suggested that ABL-scale motions organize exchanges at canopy top, showing a
two-way coupling between ABL-scale and canopy-scale motions (Patton et al. 2016; Perret
and Patton 2021). In convective conditions, Dupont and Patton (2012a, b) suspected from the
Canopy Horizontal Array Turbulence Study (CHATS) experiment an influence of ABL-scale
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downward convective plumes on the canopy flow statistics as these motions penetrate within
the canopy. This was confirmed later by Patton et al. (2016)’s LES results with an extended
energy-containing subrange of the canopy-top horizontal velocities, scaling with the ABL
depth and with a power law between −1 and −5/3 (their Fig. 8).

The spatial character of the ABL-scale motions evolves with changes in atmospheric sta-
bility (e.g., Moeng and Sullivan 1994; Khanna and Brasseur 1997; Sullivan et al. 2016) which
alters the spectral subrange in both the ESL and RSL as the near-surface turbulence adjusts
to the evolution of the energy-containing large-scale turbulence. This adjustment has been
rarely presented from field experiments. To our knowledge, only Banerjee et al. (2015) have
shown a progressive transition of the scaling law from −1 to −5/3 with increasing stabil-
ity over a uniform surface. In stable conditions, a gap between local and large-scale eddies
is suspected, which would limit the influence of ABL-scale motions on local turbulence.
McNaughton and Laubach (2000) observed a such a gap in spectra collected above a paddy
field downwind of an extensive dry region (corresponding to a turbulent stable layer beneath
a convective layer), and by Cheynet et al. (2018) over a marine atmospheric boundary layer.

2.3 Near-Surface Turbulent Transport by ABL-Scale Motions

The contribution of ABL-scale motions to near-surface momentum and scalar turbulent
transports is usually considered negligible near the surface. Following Townsend’s (1961)
hypothesis, large-scale motions are largely ‘inactive’ at transporting momentum (or scalar)
compared to local ‘active’ motions, which suggests that large-scale motions only perturb
the turbulent transport without altering the total exchange at the surface. The contribution
of large-scale motions to the momentum-scalar transport only becomes significant at large
distance above the surface, because the vertical velocity component associated with these
large-scale motions is small compared to their horizontal velocity components. This inter-
pretation is justified by the apparent insensitivity of near-surface momentum cospectra and
vertical velocity spectra to large-scale motions (e.g., Bradshaw 1967; Antonia and Raupach
1993; Katul et al. 1996; Katul and Chu 1998; McNaughton and Laubach 2000). However,
several studies have reported significant contribution of large-scale motions to the near-wall
momentum transport (e.g., Ganapathisubramani et al. 2003; Guala et al. 2006; Lee and Sung
2011).

This confusion surrounding the role of ABL-scale motions in near-surface turbulent trans-
port could potentially be reconciled if the large ABL-scale motions alter or influence the
small-scale motions performing the transport. Counter to Townsend’s (1961) hypothesis that
the large-scale motions do not interact with the smaller near-surface scale motions, it seems
that large-scalemotions activelymodulate the amplitude and frequency of near-surface small-
scale fluctuations (Mathis et al. 2009; Baars et al. 2015; Salesky and Anderson 2018; Perret
and Patton 2021) and therefore may organize the spatial distribution or modulate the produc-
tion of active sweep and ejection motions transporting momentum, as observed at canopy
top from LES results of Patton et al. (2016).

2.4 Evolution of ABL-ScaleMotions withVarying Stability and Potential Influence on
ASLMotions

To understand how the influence of ABL-scale motions on near-surface turbulence changes
with thermal stratification, it is important to have an understanding of the coherent motions
present in the ABL. Since the last decades, we now better understand the turbulent coherent
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structures present in the ABL and their evolution with thermal stability. This was made pos-
sible thanks to field observations (e.g., Lemone 1973; Wilczak and Tillman 1980; Atkinson
and Zhang 1996; Weckwerth et al. 1997) and LES performed from neutral to free convection
regimes over rough and vegetated surfaces (e.g., Deardorff 1972; Moeng and Sullivan 1994;
Brasseur and Wei 1994; Finnigan et al. 2009; Bailey and Stoll 2016; Patton et al. 2016;
Salesky et al. 2017; Salesky and Anderson 2018; Jayaraman and Brasseur 2021; Perret and
Patton 2021).

In neutrally-stratified channel flows, the elementary coherent structures populating the
surface-shear flow are downstream head-up hairpin vortices resulting from the upward
stretching of spanwise vortices. These hairpin vortices occur in streamwise succession,

Fig. 1 Idealized schematic of the main coherent motions present in the ABL according to the thermal strat-
ification. a The diurnal near-neutral condition is characterized by longitudinal high- and low-speed streaks
(VLSMs) in the ASL, combined with convective rolls within the mixed-layer above. Near the surface (right
figures), head-up head-down hairpin vortices dominate the turbulence at canopy top (RSL flow) while head-up
hairpin vortex packets (LSMs) dominate above rough surfaces (ESL flow). b Forced convection is intermedi-
ate between diurnal near-neutral (a) and free convection (c) conditions, with an increasing inclination of the
ASL hairpin vortices toward the vertical before ultimately forming plumes that disturb the convective rolls.
c Free convection conditions are characterized near the surface by rising plumes of warm air that merge into
large-scale thermals (updrafts), compensated by large-scale downdrafts of cool air. Near the surface, patches
of local wind shear form between the convergence/divergence regions induced by these large-scale updrafts
and downdrafts. d The nocturnal near-neutral to stable condition is characterized by a progressive decou-
pling with increasing stability between the near-surface turbulence and the above residual layer, reducing the
influence of ABL-scale motions on near-surface turbulence, and thus reducing the size of the longitudinal
streaks (VLSMs). e The stable condition is characterized by a decoupling between the near-surface layer and
the above decaying residual layer. Near the surface the turbulence is intermittently missing, perpetuated by
sporadic bursts from, for example, residual-layer motions, a low-level jet, or gravity waves. See Sect. 2.4 for
more details
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so-called hairpin vortex packets (see the right schematic of Fig. 1a), with size increasing
downstream (Adrian 2007). Compared to surface-shear flows dominating the ESL, in theRSL
the wind shear peaks at canopy top, which leads to the development of downstream head-
up ejection-generating hairpin vortices, paired with upstream head-down sweep-generating
hairpin vortices (Finnigan et al. 2009). The head-up structure is stretched upward by the flow,
ensuring a progressive transitionwith the overlying ISLwhere the flowbehaves like a surface-
shear flow, while the downward progression of the head-down structures is constrained by
both the canopy drag and the surface (see the middle schematic of Fig. 1a). The mechanism
by which canopy-scale coherent structures transition to surface-shear flow structures with
increasing height above the canopy remains poorly constrained.

In theABL, these near-surface hairpin vortex structures are embeddedwithin a larger envi-
ronment containing ABL-scale structures as well, with a larger separation of scales between
inner (active) and outer (inactive) motions than in laboratory. The ABL eddy structures also
evolve continuously with variations in the thermal stratification in response to the balance
between buoyancy- and shear-driven turbulence production. However, the hierarchical rela-
tionship among these structures of varying scale, e.g. top-down versus bottom-upmechanism
of formation, is still in debated (e.g., Fesquet et al. 2009). Figure 1 proposes a schematic
describing the evolution of these structures and their interactions according to the thermal
stability.

– Daytime near-neutral regime (Fig. 1a): this regime is often referred to as a moderately
convective regime (Khanna and Brasseur 1998; Jayaraman and Brasseur 2021) as it is
characterized by significantwind speed and small positive surface heat flux. The dominant
wind shear within the ASL produces above surface roughness elements packets of head-
up hairpin vortices, also known as large-scale motions (LSMs), that scale with the ASL
depth and carry most of the turbulent kinetic energy and momentum of the ASL. These
LSMsalign to formvery large-scale elongatedmeandering regions of low- andhigh-speed
streaks, the so-called very-large-scale motions (VLSMs), that scale with more than 10
times the ASL depth (Kim and Adrian 1999; Hutchins and Marusic 2007; Marusic and
Monty 2019). Large-eddy simulations of ABL flows have shown the influence of VLSMs
on the near-surface turbulence (Salesky and Anderson 2018; Perret and Patton 2021),
as observed above rough surfaces from laboratory experiments and direct numerical
simulation (e.g., Marusic and Hutchins 2008; Mathis et al. 2009). For this regime, the
k−1 scaling lawat production scales of the horizontalwindvelocity spectrumofESLflows
is often thought to result from the overlaping of two energy distributions, one associated
with the LSMs and the other with the VLSMs (Kim and Adrian 1999). Above the ASL,
the mixed layer is dominated by longitudinal convective rolls aligned along the mean
wind direction (Lemone 1973; Moeng and Sullivan 1994). It is believed that the ASL
shear-driven motions are somehow linked to these mixed-layer convective rolls. Khanna
and Brasseur (1998) argued that buoyancy-driven upwelling motions emanate from the
warm surface along the ASL low-speed streaks where the wind shear is weak. These
buoyant plumes concentrate into elongated sheets that drive the vertical component of
the large-scale longitudinally-aligned convective rolls in themixed layer. The initiation of
this coupling between theASL longitudinal streaks (VLSMs) andmixed-layer convective
rolls was numerically observed by Jayaraman and Brasseur (2021) in a canonical daytime
ABL, starting however from a stability critical state too close to the theoretical neutrality
regime to be observable in real ABL over a steady-state regime. Other mechanisms may
trigger mixed-layer convective rolls such as an inflection point in the wind profile of the
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Ekman layer, gravity waves in the free atmosphere, among others (Atkinson and Zhang
1996; Young et al. 2002).

– Nocturnal near-neutral to stable regime (Fig. 1d): this regime corresponds to the weakly
stable regime defined by Mahrt (2014). The still fully turbulent condition of this regime
leads to ASL turbulence structures similar as during the daytime near-neutral regime.
For this regime, numerical simulations have shown the presence within the ASL of
numerous vertically-extent warm-cool temperature fronts, whose inclination increases
with stability. The cool fronts appear associated to head-up vortices while thewarm fronts
are more likely associated to either head-down or ring vortices (Gerz et al. 1994; Sullivan
et al. 2016). As the stable stratification increases above the surface roughness elements,
the ASL turbulent motions decouple progressively from the above residual layer ones as
well as from those inside the canopy as the thermal stratification often remains unstable
there. The decoupling between near-surface and large-scale motions might reduce the
size of VLSMs since the ABL depth becomes progressively a less relevant length scale.
With lower influence of ABL-scalemotions, in this regime, theASL longitudinal velocity
variance may be reasonably well represented by MOST (RSL-corrected MOST) in ESL
(RSL) flows.

– Free convection regime (Fig. 1c): the concomitant large heat flux from the surface or
canopy and lowwind speed leads to rising plumes of warm air in the ASL that merge into
narrow and intense large-scale thermals in the mixed layer. These thermals are organized
into open cells similar to turbulent Rayleigh–Bénard convection in laboratory flow, with
large but weaker downdrafts in the middle of the cells. In the presence of a canopy, the
penetration of large-scale downdrafts within the canopy is attenuated throughmomentum
absorption as these large-scale motions encounter the canopy elements (Dupont and
Patton 2012b). In this regime, the local shear-driven turbulence occurs primarily between
the near-surface regions of large-scale convergence and divergence, produced beneath
the large-scale updrafts and downdrafts. Consequently, the near-surface wind velocity
field is characterized by patches of low and high wind speed. In ESL flows, the ASL
depth can be as low as a few metres deep (McNaughton 2004).

– Forced convection regime (Fig. 1b): this regime is intermediate between the daytime
near-neutral and the free convection regimes. The LES results of Salesky and Anderson
(2018) revealed that with increasing instability, the ASL hairpin vortices above rough-
ness elements progressively tilt upward before ultimately forming plumes, inducing a
progressive transitioning from convective rolls to thermals in the mixed layer, as the
thermally driven instabilities start to fully dominate the wind shear instabilities within
the ASL. Near the surface, it is not clear whether there is a distinct superposition of
shear- and buoyantly-driven motions, or if shear-driven motions become progressively
buoyantly-driven motions (Dupont and Patton 2012b). For simplicity, this intermediate
regime is thought as a mix of left-over rolls and rising thermals, with more inclined
hairpin vortices and smaller VLSMs in the ASL than in the daytime near-neutral regime.

– Very stable regime (Fig. 1e): this regime occurs preferentially before sunrise under weak
geostrophic wind forcing and clear sky. The low turbulence production by theweak ambi-
ent wind shear cannot counterbalance the turbulence destruction by the strong radiative
surface cooling, making the usual partitioning in layers of the ABL inadequate (Mahrt
2014). In this regime, the size of the eddies are more constrained by the stratification
than by their distance to the ground (displaced ground in presence of canopy), making
MOST (RSL-corrected MOST) inapplicable. The near-surface flow is globally intermit-
tent, i.e. with periods where turbulent motions of all size are intermittently missing (van
de Wiel et al. 2012; Mahrt 2014), perturbed by sporadic bursts from mesoscale motions,
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residual-layer motions, elevated-shear-layers (low-level jet) motions, or within-canopy
thermal plumes, generating instabilities or gravity waves.

This discussion suggests that variations in the structure of largeABL-scale turbulencewith
bulk atmospheric stability might impact the character of near-surface turbulence. From our
perspective,VLSMs and thermals appear to be themost likely large-scalemotions influencing
near-surface turbulence; VLSMs under windy near-neutral conditions and thermals under
convective conditions.

3 Materials andMethods

This section describes a range of field campaign datasets and the techniques by which those
datasets are interrogated toward identifying the role and impact of large-scale motions on
near-surface turbulence.

3.1 Field Experiments

Five field experiments were selected in order to interrogate turbulence over a variety of
surface-roughness characteristics, ranging from bare soil, sparsely vegetated surface, no-
leaf orchard, with-leaf orchard, to a maritime pine forest, and allowing to investigate both
ESL and RSL flows. These five experiments are as follows. Table 1 summarizes their main
characteristics.

– Bare soil (WIND-O-V17): The WIND-O-V’s 2017 field campaign (Dupont et al. 2018,
2019) took place in South Tunisia on the experimental range (Dar Dhaoui, 33◦17′45′′
N, 10◦46′57′′ E) of the Institut des Régions Arides (IRA) of Médenine close to
Médenine/Zarzis. The site approximates a flat half-circle plot of 150-m radius where
measurements were performed at the centre of the circle in order to ensure a fetch of
at least 150m for northerly winds. The plot surface was bare soil with a low roughness
length, around 10−4 m, as deduced from the wind velocity profile (Dupont et al. 2018).
The three velocity components (u, v, w, referring to the longitudinal, lateral and vertical
velocity components, respectively) and air temperature (θ ) were measured at four heights
(1.0, 1.9, 3.0 and 4.1m), using four three-dimensional (3D) ultra sonic anemometers (one

Table 1 Experimental characteristics: measurement heights used in this study (z), vegetation canopy height
(h), displacement height (zd ), sampling frequency ( f ), time period duration used to perform the wavelet
transform after removing the border effects, and Nb is the number of events

Experiment z (m) h (m) zd (m) f (Hz) Duration (h) Nb

WIND-O-V17 1.0, 1.9, 3.0*, 4.1 – 0.0 60, 50, 50, 20 15 11

WIND-O-V18 1.0, 1.9, 3.0*, 4.1 0.14 0.0 60, 50, 50, 20 15 22

CHATS-noleaves 10.0*, 29.0 10.0 5.8 60 15 11

CHATS-leaves 10.0*, 29.0 10.0 7.8 60 15 18

PIN 9.85*, 14.15 8.4 5.9 20 25 18

zd is negligible for surfaces with low roughness elements while zd was estimated fromwithin-canopymomen-
tum flux profiles in near-neutral conditions for the CHATS experiments, and was simply estimated as 0.7h for
the PIN experiment
*Reference height
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Campbell Scientific CSAT3, two Gill R3, and one Gill WindMaster) sampling at 60, 50,
50 and 20Hz, respectively. Measurements were recorded fromMarch 1 to May 15 2017,
allowing sampling over a large range of thermal stratifications, including several aeolian
soil erosion events.

– Sparsely vegetated soil (WIND-O-V18): On the same site as the WIND-O-V17 exper-
iment, a second campaign was performed in 2018 with the same experimental set-up
but the plot was covered with thousands of 0.4m high barley (Hordeum vulgare) tufts,
regularly arranged, about 3.3m apart, covering less than 2% of the plot, and leading to a
roughness length of about 3 × 10−3 m.

– Walnut orchard without leaves (CHATS-noleaves): The CHATS experiment took place
on a 0.64km2 walnut (Juglans regia) orchard block located on a flat terrain in Dixon,
California (USA). The experiment is documented in Patton et al. (2011), the statistical
analysis of the wind dynamics over the walnut canopy are described in Dupont and Patton
(2012a, b), and we used here version 2 of the dataset (Horst 2019). A first intensive
measurement period was conducted before the walnut trees leafed out. The trees were
all about 10m high and the cumulative plant area index (PAI) was about 0.7. Among
other measurements, turbulent velocity components were measured simultaneously at
six levels within the canopy (1.5, 3.0, 4.5, 6.0, 7.5, 9.0m), one at canopy top (10.0 m),
and six levels above the canopy (11.0, 12.5, 14.0, 18.0, 23.0, 29.0 m) using Campbell
Scientific CSAT3 sonic anemometers sampling at 60 Hz. For this study, we only focus
on measurements at canopy top (10.0m) and at the highest level (29.0m).

– Walnut orchard with leaves (CHATS-leaves): During the CHATS experiment, a second
intensive measurement period was performed after leaf-out of the walnut trees with the
same experimental set-up. The PAI was about 2.5, with a lower density in the subcanopy.

– Pine forest canopy (PIN):Thewindvelocity and the air temperatureweremeasuredduring
the summer and autumn 2016 over a maritime pine (Pinus pinaster Ait.) forest (Dupont
et al. 2020). The forest plot was located at the Salles Integrated Carbon Observation
Station (ICOS) (44◦29′ N, 0◦57′ W), in Les Landes region, in southwestern France.
The forest plot covered about 0.23km2 and was characterized by a mean tree height of
h = 8.4m and a PAI of about 3.5. The ground surface was flat in all directions, and
the forest was wide enough to have negligible fetch effect in all wind directions (fetch
ranging from275 to 350m long). The three velocity components and air temperaturewere
measured at three heights (2.9, 9.85 and 14.15m), using three 3Dultra sonic anemometers
(two Gill R3, and one Gill WindMaster) sampling all at 20Hz. Here, we only focus on
measurements above the canopy (9.85 and 14.15m).

For all sites, the surrounding environment (i.e. several kilometres around the site) was
relatively homogeneous over a flat terrain, corresponding to a composite of bare soils with
small bushes or olive-tree plots for the WIND-O-V experiments, a mix of different walnut
and almond orchard blocks for the CHATS experiment, and a mix of crop and maritime pine
forest plots for the PIN experiment.

For each experiment, we define ‘events’ as long time periods (19- to 29-h) within our
sampled time series that satisfy the following three criteria: (1) contiguously available data, (2)
consistent wind spectra over 30-minwindows along the long time periods (visual inspection),
and (3) relatively stationarywind direction from thatwith the largest fetch, i.e. northerlywinds
for the WIND-O-V experiments, southerly winds for the CHATS experiments, and all wind
directions for the PIN experiment. Note that for ABL-scale motions, the size of the fetch is
not critical as these motions are larger than the instrumented plot. Atmospheric-boundary-
layer-scale motions are more likely influenced by the whole regional environment of the
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plot than by the plot itself. Characteristics describing each of the selected events (long-time
periods) are presented in the Online Resource Tables S1–S5.

Such long-time periods include low-frequency fronts related to changing mesoscale
weather patterns as well as diurnally varying winds and temperature. Fortunately, shifts
in the mesoscale weather patterns occurred at distinctly lower frequencies (with time scales
ranging from several hours to a few days) compared to the ABL-scale motions (with≈10–15
min time scales) with clear separation in energy spectra, allowing us to distinguishABL-scale
motions frommesoscale patterns in velocity and temperature spectra (see Sects. 4.1 and 4.2).

To account for any potential imperfection in the orientation of the sonic anemometers
during deployment, the planar-fit method proposed by Wilczak et al. (2001) was applied
on the velocity components of all experiments. Then, the recorded velocity components
were rotated horizontally so that the instantaneous longitudinal velocity (u) represents the
horizontal component in the primary wind direction along a centred 2-h period. This moving
2-h period over each data point was preferred to the usual every 30-min period in order to
observe the low-frequency behaviour (fluctuation periods shorter than 2 h) of the transverse
wind velocity spectra.

3.2 Wavelet Spectra and Cospectra

To detect low-frequency motions on the near-surface turbulence, wavelet decompositions
of the three velocity components and air temperature were performed. The wavelet tech-
nique has been extensively used in atmospheric science (Domingues et al. 2005), leading
to wavelet spectra with analogous scaling to usual Fourier spectra (e.g., Katul and Parlange
1994, 1995). Unlike the Fourier transform, the wavelet transform unfolds turbulent variable
time series into both time and scale, allowing retention of informatin on the time variation
of the signal (Torrence and Compo 1998); where retention of time information is achieved
from the convolution of the signal with a wavelet function well defined-in-time and fre-
quency as opposed to a convolution with a periodic sinusoidal function only localized in
frequency for the Fourier transform. This latter signal decomposition using infinite sinu-
soidal functions explains why application of the Fourier transform requires stationarity of
the signal, while the signal decomposition using finite in time wavelet functions makes the
wavelet transform applicable to nonstationnary times series (Schaller et al. 2017). Hence, as
in Dupont (2020), wavelet decompositions over long duration (several hours) enable estimat-
ing the low-frequency contribution (fluctuation periods larger than 30min) to shorter time
resolution (30min) velocity and temperature variances, and momentum and heat fluxes.

Here, the wavelet decompositions were obtained over 15- to 25-h long time series after
removing any border effects, delimited by the so-called cone of influence, which varies solely
with the scale of thewavelet (Torrence andCompo1998). The complex-valuedMorletwavelet
(�0 (t) = π−1/4eiω0te−t2/2), with the nondimensional frequency ω0 = 6 was used because
of its relatively good resolution in both time and frequency. Then, the wavelet spectra and
cospectra were estimated every 30min along these 15- to 25-h time periods, by integrating the
wavelet transform scalogram over each 30-min period. This approach allowed us to include
in the 30-min average spectra and cospectra, the contributions from motions with larger time
scales than 30min. This 30-min period represents the approximate turnover time of largest
eddies in the ABL under convective conditions and hence the typical duration considered for
ASL turbulence statistics.
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3.3 Ensemble Average

Spectra and cospectra were ensemble-averaged according to the atmospheric stability of the
30-min periods in order to investigate how they evolve with thermal stratification. Atmo-
spheric stability was defined by (z − zd)/L evaluated at a reference height, where zd is the
displacement height (see Table 1). The reference height was the canopy top h for the CHATS
and PIN experiments and 3m above the ground for the WIND-O-V experiments. We defined
eight stability regimes that were delineated according to the behaviour of the 30-min aver-
age friction velocity (u∗), sensible heat flux (Hsens), skewness of the vertical wind velocity
(Skw) and correlation coefficient for momentum (ruw) as a function of (z− zd)/L (Fig. 2), all
estimated at the reference height. Compared to Dupont and Patton (2012a), we added three
stability regimes (1) by separating the near-neutral regime according to the sign of the heat
flux to determine whether the influence of ABL-scale motions on near-surface turbulence
changes as the sign of the heat flux switches while the mean wind intensity remains similar,
(2) by splitting the free convection regimes into two in order to better identify the transition
of the wind spectra with increasing instability, and (3) by adding a very stable regime.

The four stability regimes in unstable conditions have been defined as followswith increas-
ing instability:

– Diurnal near-neutral (referred hereafter as NN+): in this regime, the momentum flux is
significant and the heat flux is small and positive, toward the atmosphere. This regime
occurs mostly during windy and/or cloudy days, or to a lesser degree during sunrise.
The difference in u∗ between experiments (Fig. 2) reflects first the roughness of the
surface, i.e. its capacity to absorb momentum, where canopy flows often exhibit larger
u∗ than low-roughness surface flows, and second the synoptic wind intensity during
the selected periods. Canopy flows (CHATS and PIN) exhibit larger ruw than does the
bare-surface flow (WIND-O-V17), about 0.45 and 0.25, respectively; and, the sparsely-
vegetated-surface flow (WIND-O-V18) is intermediate with ruw = 0.30. This difference
in ruw between the ESL and RSL flows is in agreement with the literature (Kaimal and
Finnigan 1994) and reflects the increased efficiency of momentum transport produced by
the coherentmixing-layer type structures at canopy top. For the same reasons, Skw exhibit
larger negative values at canopy top than near the surface, reflecting the intermittent
penetration of canopy-top eddies within the canopy.

– Forced convection (FoC): here, the heat flux is positive and large and the momentum flux
is significant, resulting from large mean wind speeds, but often not as high as in the NN+
regime. This regime occurs mostly during the day, and especially in the afternoon. In
this regime, ruw exhibits the same magnitude as in the NN+ regime, suggesting eddies
of similar type dominate the turbulence. However, Skw increases near smooth surfaces,
reaching values near zero, while Skw remains similar as the NN+ regime for the canopies
cases.

– Transition to free convection (tFrC): this regime is characterized by a significant positive
heat flux, and a reduced momentum flux compared to the FoC regime. For all cases, ruw

decreases with increasingly negative (z − zd)/L and Skw increases, with values becom-
ing positives for ESL flows. This indicates a change in the character of the turbulence
structures.

– Free convection (FrC): here, the heat flux is positive, not necessarily high, and themomen-
tum flux is small, associated with light wind speeds. This regime mostly occurs during
the day, especially in the morning. Here, ruw is low and Skw reaches a new equilibrium
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(a)

(b)

(c)

(d)

Fig. 2 a Friction velocity u∗, b sensible heat flux Hsens (where Hsens = ρ cp H and cp is the specific heat
at constant pressure), c correlation coefficient for momentum −ruw , and d skewness of the vertical velocity
component Skw , as a function of (z− zd )/L , at the reference height (Table 1) for all experiments. The dashed
vertical lines delineate the stability regimes: free convection (FrC), transition to free convection (tFrC), forced
convection (FC), diurnal near-neutral (NN+), nocturnal near-neutral (NN−), transition to stable (tS), stable
(S), and very stable (vS). Curves were obtained from a running average of (z − zd )/L over all 30-min values
from each experiment

with −(z − zd)/L , with low negative values for the PIN and CHATS-leaves canopies,
near zero for the CHATS-noleaves canopy, and positive values for smooth surfaces.

The four stability regimes in stable conditions have been defined as followswith increasing
stability:

– Nocturnal near-neutral (NN−): in this regime, themain characteristics of thewinddynam-
ics are similar as in the NN+ regime, except that the heat flux is negative (Fig. 2). This
regime occurs mostly during windy nights or at sunset.
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– Transition to stable (tS): This regime occurs during the night with moderate wind con-
ditions. In this regime, the absolute value of the heat flux reaches a maximum, and ruw

and Skw are similar in magnitude as in the NN−regime.
– Stable (S): This regime occurs at night with weak, but finite wind speeds. The amplitude

of the heat flux decreases with increasing (z − zd)/L , as buoyancy inhibits vertical
exchange. The value of ruw also decreases with increasing (z − zd)/L , especially for
canopy cases.

– Very stable (vS): In this regime, the heat flux is negative and the momentum flux is small
resulting from light winds. This regime occurs mostly just before sunrise.

For each experiment, Table 2 summarizes the total number of 30-min periods considered in
our analysis for each of the above stability regimes. Online Resource Tables S6–S10 provide
a breakdown of the number of 30-min periods for each stability class identified within each
of the events used in this study. Although identifying the long events required wind directions
with the largest fetch, any 30-min period within each of these events and falling outside this
requirement were discarded from the ensemble average.

3.4 Spectral Decomposition

In order to evaluate the contribution from large-scale motions on the near-surface wind
velocity and air temperature fluctuations, we assume that the spectra can be represented
as a linear superposition of individual spectra scaling with the main eddies present in the
flow. This linear composition of velocity spectra is in line with previous works, e.g., (1) the
proposition of Kaimal (1978) and Højstrup (1982) for convective conditions that velocity
spectra are the linear composition/superposition of spectra of local eddies scaling with z and
of large-scale eddies scaling with the ABL depth, (2) the observation by Kim and Adrian
(1999) that the near-wall longitudinal velocity spectrum has a bimodal distribution whose
components are associated with LSM and VLSM, and (3) the suggestion of Nikora (1999)
in neutral conditions that velocity spectra are the superposition of spectra of all eddies larger
than z.

Hence, we query whether the velocity and air temperature spectra Si normalized by their
respective variance σi can be represented as the superposition of p individual spectra (spectral
modes) scaling with the main eddies producing turbulence near the surface. Here, i refers
either to u, v, w or θ . This leads to:

Table 2 Number of 30-min periods considered in each stability regime in our analysis for each experiment:
very stable (vS); stable (S); transition to stable (TS); nocturnal near-neutral (NN−); diurnal near-neutral
(NN+); forced convection (FC); transition to free convection (tFrC); free convection (FrC)

Experiment Stable Unstable Total

vS S tS NN− NN+ FoC tFrC FrC

WIND-O-V17 3 6 17 19 26 105 78 33 287

WIND-O-V18 1 3 25 12 32 212 184 38 507

CHATS-noleaves 2 34 55 27 31 35 33 6 224

CHATS-leaves 4 12 58 105 102 90 48 18 437

PIN 97 200 112 55 32 225 153 26 900

The event periods considered in each experiment is detailed in Online Resource Tables S1–S10
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kSi
σi

=
∑

p

αi p S
(
k, k0,i p

)
, (1)

where k is the wavenumber, k0,i p is a fitting parameter related to the wavenumber at the
spectral peak (km,i p), S is the individual form of a premultiplied spectrum normalized by
its variance, and αi p = aip/

∑
p aip represents the contribution of the spectrum S

(
k, k0,i p

)

where aip is a fitting parameter. Hence, αi p represents the contribution of each spectral mode
to the time-series variance. The form of S corresponds to that which one usually considers
for stable conditions (Kaimal and Finnigan 1994), which should not be influenced by LSMs,
viz.,

S (k, k0) = 0.164 (k/k0)

1 + 0.164 (k/k0)5/3
, (2)

where k0 corresponds to k0,i p in Eq. 1, i.e. the wavenumber where the extrapolated inertial
subrange line of the pst spectral mode of variable i reaches S = 1. The wavenumber k0 is
related to the spectral peak wavenumber km as km ≈ 3.8k0 (Kaimal and Finnigan 1994).

4 Results

4.1 WindVelocity Spectra

Figures 3 and 4 present ensemble-averaged premultiplied wavelet spectra of the three wind
velocity components (u, v, and w), obtained for one ESL flow (WIND-O-V17) and one
RSL flow (CHATS-leaves), respectively, for all stability regimes and measurement heights.
Spectra from the other experiments exhibit for all stability classes similar differences to those
found between these RSL and ESL flows, therefore, the spectra from the other experiments
are only presented in Online Resource Figs. S1–S3. In all figures, Taylor’s frozen turbulence
hypothesis has been invoked to convert time to length scales, which assumes that all eddies
advect at the streamwise mean velocity component. Although velocity fluctuations at canopy
top are of the similar order as the mean wind speed, the validity of Taylor’s hypothesis still
remains acceptable because the dominant eddies at canopy top travel at substantially higher
speeds than the local mean wind speed (Zhang et al. 1992; Kaimal and Finnigan 1994; Shaw
et al. 1995). The streamwise wavenumber was estimated as k = 2π/λ, where the wavelength
λ was approximated by u/ f , with f the frequency and u the mean streamwise velocity
component at height z. In the figures, k is normalized by z.

In both ESL and RSL flows, the velocity spectra exhibit at highwavenumbers the expected
inertial subrange with a k−2/3 scaling (k−5/3 in non-premultiplied spectra) for all stability
regimes, except in the vS regime for the PIN experiment due to weak turbulence. At low
wavenumbers (kz < 0.001 − 0.005 in ESL flows and kz < 0.04 − 0.1 in RSL flows),
daytime u-spectra generally present a spectral gap, i.e. a minimum between two spectral
peaks, separating 3D boundary-layer turbulence (high wavenumbers) from the 2Dmesoscale
motions (low wavenumbers). These latter motions are typically related to frontal passages.
Note that the v-spectra have been shortened at low wavenumbers (periods larger than 2
h) to remove their fall-off resulting from the rotation performed on the horizontal velocity
components, that produced zero mean v for periods larger than 2 h. The primary differences
in the wind spectra between ESL and RSL flows and between stability regimes, occurs at
medium wavenumbers where the variance is produced.

Near-neutral nighttime (NN− regime) and daytime (NN+ regime) wind spectra do not
present significant differences in ESL and RSL flows. The ESL u- and v-spectra exhibit a
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Fig. 3 Ensemble-averaged wavelet-based 30-min premultiplied energy spectra of the streamwise velocity (Su ,
blue), spanwise velocity (Sv , green), vertical velocity (Sw , brown) components, and air temperature (Sθ , red)
at the four measurement heights of the WIND-O-V17 experiment. The spectra are normalized by the variance
σ 2
ϕ of the considered quantity ϕ. The wavenumber k was deduced as k = 2π f /u, where f is the frequency and

u the mean wind speed at the measurement height, and was normalized by the measurement height z. Spectra
are shifted upward or downward to permit comparison. Air temperature spectra at 1.0 and 4.1 m heights were
discarded because the former exhibited damped temperature fluctuations at high frequencies, and the latter had
too many erratic values. Similarly, velocity spectra at 4.1 m heights in vS regimes were discarded because of
toomany erratic values. An equivalent figure for theWIND-O-V18 experiment is available in Online Resource
Fig. S1
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Fig. 4 Ensemble-averaged wavelet-based 30-min premultiplied energy spectra of the streamwise velocity (Su ,
blue), spanwise velocity (Sv , green), vertical velocity (Sw , brown) components, and air temperature (Sθ , red)
for the CHATS-leaves experiment at canopy top and at z = 2.9h. The spectra are normalized by the variance
σ 2
ϕ of the considered quantity ϕ. The wavenumber k was deduced as k = 2π f /u, where f is the frequency

and u the mean wind speed at the measurement height, and was normalized by the measurement height z.
Spectra are shifted upward or downward to permit comparison. Equivalent figures for the CHATS-noleaves
and PIN experiments are available in Online Resource Figs. S2 and S3
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plateau (k0) at mid-wavenumbers, corresponding to the k−1 scaling often reported in the lit-
erature in non-premultiplied spectra (see Sect. 2.2). This plateau covers one decade, between
10−2 ≤ kz ≤ 10−1. Without normalizing k by z (not shown), the position of this plateau
remains constant with the measurement height, suggesting that this plateau is mostly influ-
enced by motions with length scales larger than the measurement height, i.e. ABL-scale
motions. Unlike the u- and v-spectra, the premultiplied w-spectra exhibit a marked peak,
followed by a well-defined k+1 scaling on its low-wavenumber side. This w-spectrum peak
is also located at higher wavenumbers (kz = 2) than where the premultiplied u- and v-spectra
plateau, and scales with z, suggesting that motions of size z are the main contributors to the
w variance. The RSL spectra exhibit marked peaks for the three velocity components, at
about kz = 1.5 for u, 2.0 for v, and 3.5 for w, flanked at canopy-top by a k+1 scaling in
the production subrange, and a slightly lower scaling above the canopy, suggesting a larger
contribution from large-scale motions. The RSL u- and v-spectrum peaks are also closer
to the w-spectrum peak than in the ESL flows, which indicates that structures are not as
longitudinally extensive in RSL flows compared to ESL flows.

With increasing instability, theESLnear-neutral plateau (k0 scaling) of theu- andv-spectra
progressively inclines toward the −2/3 slope of the spectrum inertial subrange, reflecting a
larger contribution of the low-wavenumber motions to u and v variances. In the FrC regime,
this leads to a long inertial subrange extending from kz = 0.05 to 102 with k−2/3 scaling. A
similar behaviour is observed inRSLflows,where the+1 slope of the near-neutral production
subrange of the u- and v-spectra levels off with instability to reach a plateau (k0 scaling) in
the FrC regime for the CHATS experiments, or even further to a near −2/3 slope for the PIN
experiment. For w-spectra, the +1 slope of the near-neutral production subrange levels off
as well for RSL flows, indicating more energy at low wavenumbers. This is not observed for
the ESL flows, where the w-spectra do not change much with increasing instability, except
a small shift of its peak toward lower wavenumbers.

In stable conditions, the spectral gap observed in unstable conditions at low-wavenumbers
shifts to higher wavenumbers with increasing stability, and also appears in the w-spectra.
This gap could suggest a decoupling between the near-surface turbulence and the overhead
motions likely connected with the residual layer of the diurnal mixed layer. In the S and vS
regimes, the w-spectrum flattens as the turbulence decreases, especially in RSL flows, while
the u- and v-spectra still show a −2/3 region, except for the PIN experiment.

4.2 Air Temperature Spectra

Figures 3 and 4 show also the wavelet-based air temperature (θ ) spectra. As for the velocity
spectra, the daytime θ -spectra exhibit a gap at low wavenumbers, separating 3D turbulence
from near-2D mesoscale motions, except in near-neutral conditions for ESL flows. This gap
is located at higher wavenumbers than for the velocity spectra for conditions other than free
convection and stable, suggesting a larger influence of mesoscale fluctuations. This might
result from entrainment of warm air occurring at the ABL-top capping inversion.

In near-neutral conditions, the ESL θ -spectra are relatively flat frommid to highwavenum-
bers, demonstrating no clear scale within this band acting as a source of temperature
fluctuations because the surface acts as neither a significant heat source nor a heat sink.
At high wavenumbers, θ -spectra exhibit positive slopes near +1, which is characteristic of
white noise suggesting that the temperature variance is too small compared to the instrument
noise. For this regime, the main source of temperature fluctuations comes from mesoscale
motions (low wavenumbers). The RSL θ -spectra are less flat, probably due to the unstable
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conditions prevailing within the canopy; they resemble the u-spectra but with white noise at
high wavenumbers.

With increasing instability (FoC to FrC regimes), a plateau (k0) emerges at mid-
wavenumbers in the ESL θ -spectra at an intermediate scale between the u- and w-spectrum
peaks, while the RSL θ -spectrum peaks are more easily identified and are located at scales
similar to those in the u-spectrum. In both ESL and RSL flows, the θ -spectra do not show a
well-defined k−2/3 scaling at high wavenumbers, but present some curvature. This curvature
could either suggest a continuous production of θ variance across a range of scales instead
of only a transfer of energy from mid to small scales as in the u-spectrum inertial subrange,
or could result from the spatial attenuation of θ -fluctuations at high wavenumbers due to
path-averaging between the sonic anemometer transducers (attenuation that is usually more
pronounced in temperature spectra than in wind spectra; Horst and Oncley 2006).

In stable regimes, the spectral gap shifts to mid-wavenumbers in ESL flows (≈ 0.2kz) as
in u- and v-spectra, decoupling the near-surface temperature fluctuations from the large-scale
temperature fluctuations. In RSL flows, the separation between near-surface and large-scale
temperature fluctuations is not as clear. For both ESL and RSL flows, the θ -spectrum inertial
subrange does not scale well with k−2/3.

4.3 Large-Scale Contribution

The velocity and air temperature spectra at 3m height above the rough surfaces in the ESL
flows and at canopy top in theRSLflows arefitwith a linear superposition of individual spectra
(spectral modes) associated to different eddy scales to create a multimodal distribution (Sect.
3.4), neglecting the mesoscales. Only daytime conditions are considered, i.e. from NN+
to FrC regimes, because the influence of ABL-scale motions on near-surface turbulence is
less significant at night (stable conditions). Our goal is to identify the main eddy scales
contributing to the velocity and air temperature variances.

The fitting procedure was performed starting with three spectral modes, whose spectral
peak wavenumbers km,i p (as a reminder, p refers to the mode number from 1 to 3, starting at
low wavenumbers, and i to either u, v, w or θ ) were constrained in the following variation
ranges: 0.004 ≤ km,i1 < 0.06, 0.06 ≤ km,i2 < 2 and 2 ≤ km,i3 < 4 for ESL flows, and
0.04 ≤ km,i1 < 0.8, 0.8 ≤ km,i2 < 80 and 80 ≤ km,i3 < 103 for RSL flows. These ranges
cover the peaks or bumps observed in the spectra. Then, the modes with proportion rate (αi p

in Eq. 1) lower than 0.1 for all unstable regimes were removed from the fit, reducing the
number of modes included.

Overall, ESL andRSL spectra are reasonablywell described by two spectralmodes, except
for the ESL u- and v-spectra where three spectral modes were required. Only the ESL θ -
spectra in near-neutral regimes (NN+) could not be fitted due to the low spectral energy from
mid to high wavenumbers. As an example, Figs. 5 and 6 illustrate the nice fit of the velocity
and air temperature spectra obtained for the WIND-O-V17 and CHATS-leaves experiments.
Figures presenting data from other experiments are available inOnline Resource Figs. S4–S6.

Figures 7 and 8 present the peak wavenumber (km,i p) and contribution of the spectral
modes (αi p) (left and right figures, respectively) as a function of the atmospheric thermal
stability [(z − zd)/L] for the ESL and RSL flows, respectively. For both flows, the highest-
wavenumber spectral mode (p = 3 for ESL flows and p = 2 for RSL flows) peaks around
km,i pz = 1 − 5. This mode corresponds to local eddies scaling around z and is that usually
represented by MOST and the RSL corrected-MOST, respectively. The lowest-wavenumber
spectral mode (p = 1) peaks around km,i1z = 0.005 − 0.04 in ESL flows and around
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Fig. 5 Ensemble-averaged wavelet-based 30-min premultiplied energy spectra (symbols) of the streamwise
velocity Su (a), spanwise velocity Sv (b), vertical velocity Sw (c), and air temperature Sθ (d) at 3m height
for the WIND-O-V17 experiment and for the four unstable regimes: free convection (FrC), transition to free
convection (tFrC), forced convection (FC), diurnal near-neutral (NN+). The spectra are normalized by the
variance σ 2

ϕ of the considered quantity ϕ. The wavenumber k was deduced as k = 2π f /u, where f is the
frequency and u the mean wind speed at the measurement height, and was normalized by the measurement
height z. Curves represent fitted spectra resulting from the linear superposition of individual spectra whose
peak wavenumber and contribution rate are presented in Fig. 7. Mesocale contributions to the spectra were
not considered in the fitting procedure. For Sθ (d), no fitted spectrum was obtained for the NN+ regime
due to the low high-frequency energy of θ fluctuations for this stability regime. An equivalent figure for the
WIND-O-V18 experiment is available in Online Resource Fig. S4

km,i1z = 0.05 − 0.8 in RSL flows. For ESL flows, this mode corresponds to ABL-scale
motions of about 1800m (wavelength λm,i p = 2π/km,i p), while for RSL flows this mode
appears associated to smallermotions (about 315m scale). This scale difference likely reflects
having used velocity at canopy-top to relate observed frequency and wavenumber in the RSL
flows compared to having used velocity well above the roughness elements in ESL flows; due
to their vertical extent and invariance of their length scale with height, canopy-scale eddies in
RSL flows are thought to convect at speeds consistent with wind speeds at heights more like
z = 2h (e.g., Zhang et al. 1992; Shaw et al. 1995). The intermediate-wavenumber spectra
mode (p = 2) of the ESL u- and v-spectral peaks around ki2z = 0.1− 0.8, and corresponds
to eddy sizes of about 100m, which is of the same order as the generally considered depth
of the ASL in presence of wind.

In ESL flows, the u- and v-spectra appear dominated in near-neutral conditions by the
two large-scale modes (p = 1 and p = 2) that contribute to 90% of the u-spectrum (Fig.
7a, right panel) and 80% of the v-spectrum (Fig. 7b, right panel), while the local-scale
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Fig. 6 Ensemble-averaged wavelet-based 30-min premultiplied energy spectra (symbols) of the streamwise
velocity Su (a), spanwise velocity Sv (b), vertical velocity Sw (c), and air temperature Sθ (d) at canopy top
for the CHATS-leaves experiment and for the four unstable regimes: free convection (FrC), transition to free
convection (tFrC), forced convection (FC), diurnal near-neutral (NN+). The spectra are normalized by the
variance σ 2

ϕ of the considered quantity ϕ. The wavenumber k was deduced as k = 2π f /u, where f is the
frequency and u the mean wind speed at the measurement height, and was normalized by the measurement
height z. Curves represent fitted spectra resulting from the linear superposition of individual spectra whose
peak wavenumber and contribution rate are presented in Fig. 8. Mesocale contributions to the spectra were
not considered in the fitting procedure. Equivalent figures for the CHATS-noleaves and PIN experiments are
available in Online Resource Figs. S5 and S6

mode (p = 3) contributes to approximately 70% of the w-spectra (Fig. 7c, right panel).
This result is consistent with the plateau observed on u- and v-spectra (k−1 scaling in non-
premultiplied spectra), which is usually associated to LSMs. Among the two large-scale
modes, the intermediate mode (p = 2) represents about 50% (40%) and the largest mode
(p = 1) about 40% (40%) of the u (v) variance, respectively. The peaks of these two large-
scale modes delimit the plateaus of the u and v spectra. With increasing instability, the
contribution from the largest-scale mode increases in u and v variances, with especially large
increases occurring at around −(z − zd)/L ≈ 0.05 (FoC regime), while the contribution
from the intermediate- and lowest-scale modes diminishes. This transition reflects the level-
off of the u and v-spectra at low wavenumbers, transitioning from k0 (plateau) to k−2/3

scaling, suggesting a larger-contribution of ABL-scale motions to the u- and v-variances.
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Fig. 7 Characteristics of the spectralmodes used to fit spectra of the 3-mhigh streamwise velocity (a), spanwise
velocity (b), vertical velocity (c), components and air temperature (d), as a function of −(z− zd )/L , obtained
for the ESL flows (WIND-O-V17 and WIND-O-V18 experiments) in unstable conditions [(z − zd )/L < 0].
The fitted spectra were obtained from the linear superposition of three individual spectra for the horizontal
wind velocity components (p = 1 (red), 2 (green) and 3 (blue)) and two spectra for the vertical wind velocity
component and the air temperature (p = 2 (green) and 3 (blue)). The peakwavenumbers (km,i p) and proportion
rates (αi p) of spectral modes are presented on the left and right figures, respectively. The dashed lines on the
left figures are a linear fit in the log–log plot of the spectrum peak wavenumbers as a function of −(z− zd )/L
without considering the points whose spectral mode proportion rate αi p is zero, and the curves on the right
figures represent a fit of the spectrum proportion rate as a function of −(z − zd )/L . The dashed vertical lines
delimit the stability regimes: free convection (FrC), transition to free convection (tFrC), forced convection
(FC), and diurnal near-neutral (NN+)
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Fig. 8 Same as Fig. 7 but at canopy top for the RSL flows (CHATS-noleaves, CHATS-leaves and PIN exper-
iments), where all spectra were decomposed with just two spectral modes [p = 1 (red) and 2 (blue)]

Contributions from the large-scale modes to w- and θ -spectra (p = 1) also increase but
mainly in the FrC regime [−(z− zd)/L > 0.6]. For this last regime, u- and v-spectra appear
totally dominated by the largest-scale mode, while the large-scale mode contributes only
75% of the θ -spectrum and 50% of the w-spectrum.

In RSL flows under near-neutral conditions (NN+), the three velocity spectra are dom-
inated by canopy-scale motions (highest-wavenumber mode, p = 2), with a negligible
contribution from the large-scale mode (p = 1), which is consistent with the absence of a
plateau in the u- and v-spectra. The θ -spectrum is also dominated by canopy-scale motions
but in a lower proportion. With increasing instability, the contribution from the large-scale
mode increases and becomes dominant for u- and θ -spectra at −(z − zd)/L > 0.2 (tFrC
regime) and for v-spectra at −(z − zd)/L > 0.06 (FoC regime), while for w-spectra the
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large-scale mode becomes only significant (> 10%) in the FrC regime [−(z− zd)/L > 1.0],
but without dominating the canopy-scale mode. This transition of the spectral mode contri-
bution with increasing influence of buoyancy is consistent with the levelling-off of the slope
of the velocity spectra in the energy-containing subrange.

4.4 Momentum and Heat-Flux Cospectra

Similar to Figs. 3 and 4, Figs. 9 and 10 present the ensemble-averaged momentum and heat
flux cospectra for WIND-O-V17 (ESL flow) and CHATS (RSL flow) experiments. Copectra
from the other experiments are presented in Online Resource Figs. S7–S9.

For windy conditions (NN+ and NN−), the uw-cospectra exhibit a well-defined peak,
which peaks for the RSL flows at a scale intermediate between the u- and w-spectral peaks,
and for the ESL flows at a scale intermediate between the high-wavenumber side of the
plateau in the u-spectrum and of the w-spectral peak. The ESL uw-cospectral peak around
kz = 0.3 for all measurement heights, suggesting that momentum is mainly transported by
eddies corresponding to the intermediate spectral mode of the u-spectra (p = 2). In contrast,
the RSL uw-cospectral peaks shift toward lower wavenumbers with increasing height above
the canopy, decreasing from kz = 3 at canopy top to 1 at z = 2.9h for the CHATS-leaves
experiment. This shift of the above-canopy uw-cospectral peak with height may reflect a
progressive transitioning from RSL flow near the canopy top to ISL flow further above at
z = 2.9h. At the canopy top, momentum appears to be transported primarily by canopy-
scale eddies (the highest-wavenumber spectral mode, p = 2). For both ESL and RSL flows,
eddies appear inactive at transporting momentum at high and low wavenumbers. At high
wavenumbers, this is explained by the eddies being of insufficient size to interact with the
absorbing surface (detached eddies), and at low wavenumbers, by the insufficient amplitude
of the vertical velocity fluctuations associated with the impinging ABL-scale motions to
vertically transfer momentum. The wθ -cospectra have similar shape as the −uw-cospectra,
with a similar shift of the RSL cospectral peaks to lowerwavenumbers with increasing height.
However, the entirewθ -cospectra appear slightly shifted toward higher wavenumbers in ESL
flows, reflecting better transport efficiency of heat than momentum by the small scale eddies
as previously observed by Kaimal et al. (1972), and conversely a higher transport efficiency
of momentum by large scale eddies.

For low wind conditions (free convection and stable regimes), the uw-cospectra show
erratic fluctuations at low frequencies.Note that extremefluctuations have been removed from
the plots as indicated by the hatched areas. Interestingly, the ESL uw-cospectral peak shifts
slightly toward higher wavenumbers in the FrC regime, coinciding with the wθ -cospectral
peaks.This suggests that buoyantly-drivenmotions increasingly transportmomentumat small
scales. For both ESL and RSL flows under free-convective conditions, heat transport by low-
wavenumber eddies does not appear to be enhanced compared to near-neutral conditions. In
stable regimes, the wθ -cospectra show erratic fluctuations at low wavenumbers.

5 Discussion and Conclusion

Our wavelet spectral analysis reveals how the ABL-scale motions impact the turbulence
differently near rough surfaces (ESL flow) and at canopy top (RSL flow), and how this
influence of ABL-scale motions evolves with the thermal stratification. We find significant
similarities between our two rough-surface cases (bare soil and sparsely vegetated soil)
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Fig. 9 Ensemble-averaged wavelet-based 30-min premultiplied cospectra of the momentum (Suw , blue) and
heat (Swθ , red) fluxes at the four measurement heights of the WIND-O-V17 experiment. The cospectra are
normalized by the friction velocity (u∗) and the temperature scale (θ∗ = |H | /u∗). The wavenumber k was
deduced as k = 2π f /u, where f is the frequency and u the mean wind speed at the measurement height, and
was normalized by the measurement height z. Hatched areas indicate high erratic fluctuations for the missing
cospectra in these areas of the plot. Heat-flux cospectra at 1.0 and 4.1 m heights were discarded because the
former exhibited damped temperature fluctuations at high frequencies, and the latter had too many erratic
values. Similarly, momentum-flux cospectra at 4.1 m heights in vS regimes were discarded because of too
many erratic values. An equivalent figure for the WIND-O-V18 experiment is available in Online Resource
Fig. S7

and between our three canopy cases (walnut trees without and with leaves, and maritime
pine trees); this consistency of our findings for both ESL and RSL flows strengthens our
conclusions.

In highwind conditions (NN−, NN+), the influence ofABL-scalemotions onnear-surface
turbulence appears to be independent of the sign of the heat flux because the turbulence is
primarily shear-driven.More importantly, ESL flows exhibit stronger influence of ABL-scale
motions than do RSL flows. This is inferred from the plateau of the ESL premultiplied u- and
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Fig. 10 Ensemble-averaged wavelet-based 30-min premultiplied cospectra of the momentum (Suw) and heat
(Swθ ) fluxes for the CHATS-leaves experiment at canopy top and at z = 2.9h. The cospectra are normalized
by the friction velocity (u∗) and the temperature scale (θ∗ = |H | /u∗). The wavenumber k was deduced
as k = 2π f /u, where f is the frequency and u the mean wind speed at the measurement height, and was
normalized by the measurement height z. Hatched areas indicate high erratic fluctuations for the missing
cospectra in these areas of the plot. Equivalent figures for the CHATS-noleaves and PIN experiments are
available in Online Resource Figs. S8–S9
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v-spectra at mid-wavenumbers, corresponding to a k−1 scaling in non-premultiplied spectra,
while RSL velocity spectra show a marked peak, flanked by k+1 and k−2/3 scalings on the
low- and high-wavenumber sides, respectively. This difference between ESL and RSL flows
is further confirmed by the decomposition of the velocity spectra in spectral modes, showing
a negligible contribution (less than 10%) of the large-scale mode on canopy-top velocity
fluctuations while ESL velocity fluctuations are dominated by two large-scale modes, with
the contribution from the local-scale mode representing only 12%.

In near-neutral conditions, the differences in behaviour between near-rough-surface and
canopy-top wind spectra can be related to the coherent motions dominating ESL and RSL
flows, respectively. The ESL flow is thought to be populated with packets of hairpin vortices
(LSM) scaling with the ASL depth (see Sect. 2.4). Further above the surface, in the ISL,
these packets may coalesce, forming VLSMs with longitudinal size larger than 10 times
the ASL depth (e.g., Kim and Adrian 1999; Marusic and Hutchins 2008). Following the
LES of Salesky and Anderson (2018), the low-wavenumber border of the k−1 scaling of
the horizontal velocity spectra reflects the signature of VLSMs, while the high-wavenumber
border of the k−1 scaling is associated to LSMs. We, therefore, suspect that the two large-
scale modes emerging from the ESL horizontal velocity spectral decomposition correspond
to LSMs (intermediate-scale mode, p = 2, corresponding to motions scaling around 100m)
and VLSMs (largest-scale mode, p = 1, corresponding to motions scaling around 1800m).
Very-large-scale-motions may scale with the ABL depth since they are somehow linked with
the above mixed-layer convective rolls (see Sect. 2.4). Our spectral decomposition indicates
that both scales of motion (LSM and VLSM) contribute almost equally to the ESL horizontal
wind velocity variances.

The absence of a k−1 region in the horizontal velocity spectra of the RSL flow at z = h is
consistent with the LES results of Patton et al. (2016, their Fig. 8), but differs from Ghannam
et al. (2018). However, the k−1 scaling in Ghannam et al. (2018) only extended over less
than a decade. As previously discussed, the k−1 scaling may result from a bimodal spectral
distribution associated to two motion scales, such as LSMs and VLSMs in ESL flows. The
absence of k−1 scaling in canopy-top RSL flows does not mean that VLSMs are not present
but it may suggest that either (1) their influence on the near-canopy turbulence is negligible
and are overwhelmed by the turbulence resulting from the canopy-scale eddies generated
by the inflection-point instability at canopy top, or (2) some of the energy transferred from
the vertical to the horizontal velocity components due to surface blockage of the impinging
large-scale motions (e.g., Hunt and Graham 1978) is absorbed by the canopy drag.

With increasing buoyancy, the influence of ABL-scale motions increases in both ESL and
RSLflows. This is visible from (1) the progressive transitioning of both, the k−1 scaling of the
ESL flows and the k0 scaling of the RSL flows in near-neutral conditions, to a k−5/3 scaling
in FrC conditions for both flows, extending the inertial subrange to lower wavenumbers and
shifting the production subrange to lowerwavenumbers, and (2) the increasing contribution of
the largest-scale spectral mode (Fig. 7), withABL-scalemotions reaching a peak contribution
to near-surface u- and v-variances of more than 70% in FrC conditions. Similar sensitivity
to increasing influence of buoyancy on the velocity spectra was observed by Banerjee et al.
(2015) above a fallow land (ESL flow), and was simulated by Patton et al. (2016) over a
vegetation canopy (RSL flow). Our spectral decomposition demonstrates that with increasing
instability, the transition to 70% contribution by the ABL-scale motions in u- and v-spectra
occurs in the tFrC regime. Interestingly, this transition is also accompanied (1) by an increase
of the w skewness (Skw) from negative to near-zero values in RSL flows and from negative
to positive values in ESL flows (Fig. 3c), and (2) by a decrease of the momentum correlation
coefficient−ruw (Fig. 3d).Both behaviours reflect, respectively, (1) the increasing importance

123



224 S. Dupont, E. G. Patton

of intermittent rising buoyant plumes emanating from the underlying ground surface or the
vegetation canopy on the w-fluctuations, and (2) the progressive decrease of the spatial
area where momentum sweep and ejection motions transport momentum. For w-spectra, the
influence of LSMs only becomes significant for −(z − zd)/L > 0.6 (FrC regime) but with
a contribution remaining lower than 60% in ESL flows and lower than 20% in RSL flows.

In terms of coherent motions, we suspect that the progressive transition from k−1 to
k−5/3 scaling of the horizontal velocity spectra in ESL flows with increasing instability
reflects an evolution ofABL convective rolls withVLSMs underneath (Fig. 1a), to ABL-scale
thermals (Fig. 1b, c), and a disappearance of VLSMs, as observed by Salesky and Anderson
(2018) from their LES. In RSL flows, the coherent motions evolve from dominant shear-
driven canopy-scale eddies to a combination of both shear- and buoyantly-driven eddies.
With increasing instability, the canopy-scale eddies become less energetic as the wind shear
decreases, accentuating the influence of velocity fluctuations associated with ABL-scale
motions generated by surface blocking. At canopy top, these ABL-scale motions produce
both local regions of convergence/divergence with weak shear, and local regions between
the convergence/divergence with stronger wind shear (Patton et al. 2016). Hence, in free
convection, ABL-scale thermals become the main source of u- and v-fluctuations near the
surface and at canopy top, with spatially-varying contributions from shear versus buoyancy
controlled by position relative to the ABL-scale convective cells (Fig. 1c).

With increasing stability, ESL and RSL turbulence can decouple from the overhead
motions; an interpretation supported by the shift of the spectral gap in horizontal wind spec-
tra from mid to higher wavenumbers with increasing stability and the emergence of a gap at
similar wavenumbers in the vertical wind spectra. McNaughton and Laubach (2000) noted
similar decoupling above a paddy field downwind of an extensive dry region (corresponding
to a turbulent stable layer beneath a convective layer), as did Cheynet et al. (2018) above the
sea surface. This decoupling is first visible in the tS regime in the v-spectra, suggesting that
impingement of downwelling ABL-scale motions onto a near-surface weakly-stable layer
leads to near-surface motions biased in the mean wind direction.

Similar to the u- and v-spectra in the ESL, air temperature spectra in the ESL exhibit a
k−1 scaling at mid wavenumbers under windy and light heat flux conditions (FoC), which
also suggests an influence of ABL-scale motions. This k−1 scaling vanishes with increasing
instability as observed by Li et al. (2016) above a lake and a grass field. However, unlike
the u- and v-spectra, the k−1 scaling in the θ -spectra is not replaced by an extension of
the inertial subrange. Instead, the θ -spectral peak remains intermediate between the peak of
the u- and w-spectra. Consequently, the local-scale mode contributes more to the θ -spectra
than it does to the u- and v-spectra but less than it contributes to w-spectra. In RSL flows,
the θ -spectra resemble the u-spectra. The contribution of ABL-scale motions increases with
instability but remains lower than for the u- and v-spectra. In both ESL and RSL flows,
u- and v-spectra show a clear inertial subrange, but θ -spectra do not, however θ -spectra
exhibit an amplitude increase at mid- to high-wavenumbers. This absence of a well-defined
inertial subrange was also observed by Li et al. (2016) and this could either result from the
spatial attenuation of θ -fluctuations at high wavenumbers due to path-averaging between the
sonic anemometer transducers (Horst and Oncley 2006), or indicate that the production of
temperature fluctuations occurs over a large range of scales. In this latter case, the difference
in the spectral range producing fluctuations in u- and θ -spectra may reflect the different
spatial locations and motions producing u and θ fluctuations. Near-surface u fluctuations are
more likely produced between the regions of large-scale divergence and convergence, while θ

fluctuations aremore likely produced beneath the large-scale downdrafts and updrafts (within
the divergence and convergence regions produced by theABL-scale structures). Additionally,
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positive fluctuations of θ likely result from the continuous coalescence in scale of buoyantly-
rising plumes, forming the large-scale updrafts (which implies a bottom-up process), which
may explain the curvature of the θ -spectra at high wavenumbers.

Near-surface turbulent transport ofmomentumand heat byABL-scalemotions (VLSMsor
thermals) is found to generally be negligible for both ESL and RSL flows, a result deduced
from the small energy of uw- and wθ -cospectra at low and mid wavenumbers. However,
LSMs in ESL flows contribute significantly in momentum transport, which is consistent with
Ganapathisubramani et al. (2003). In RSL flows, canopy-scale eddies drive turbulent fluxes,
which means that the ‘envelope’ of ABL-scale motions does not transport momentum or heat
on average. ABL-scale motions may intermittently or locally transport momentum or heat
vertically, but on average this transport seems negligible. The near-surface vertical velocity
component of these large-scale motions is too small to induce significant vertical transport.
However, ABL-scale motions may spatially organize (or modulate) near-surface turbulent
transport by local-scale motions as demonstrated from LES by Salesky and Anderson (2018)
and Li et al. (2018) above rough surfaces and by Patton et al. (2016) and Perret and Patton
(2021) at canopy top.

In the upperRSL and close to the ISL (z = 2.9h in theCHATSexperiments), the horizontal
velocity spectra exhibit a scaling intermediate between the k+0 scaling at canopy top and the
k−1 scaling of the ESL flow. This indicates that ABL-scale motions contribute more to the
horizontal velocity variance in the upper RSL than at canopy top but this contribution is still
lower than from the locally-produced eddies; a finding which further suggests that surface
blocking of ABL-scale motions is felt less at more elevated heights in RSL flows than in ESL
flows. These results are in line with the suggestion of Nickels et al. (2005) that the existence
of the k−1 scaling depends on the measurement height relative to the surface roughness and
boundary-layer depth, where the measurement height modulates the distance in wavenumber
between the local and large-scale eddies.

To conclude, our results show a difference in the spectral range of the motions involved in
the horizontal wind velocity turbulence betweenESL andRSLflows in near-neutral stratifica-
tion, with larger contributions fromABL-scalemotions in ESLflows. The difference between
ESL and RSL flows and the respective spectral range of the contributing motions, dimin-
ishes with increasing instability as ABL-scale motions dominate the velocity fluctuations in
both flows. ABL-scale motions contribute little to fluxes of momentum and heat in the ESL
and RSL, however, ABL-scale motions are involved in spatially organizing local motions
actively performing the transport. The increasing contributions of ABL-scale motions with
increasing instability on near-surface turbulence is consistent with our current knowledge
of coherent motions populating the ABL and their modification with thermal stratification.
Interestingly, the velocity and air temperature spectra appear well approximated by a linear
superposition of individual spectra associated with the primary eddy scales comprising the
flow, with contributions that vary according to the thermal stratification. Overall, our results
suggest a need to account for ABL-scale motions in near-surface turbulence similarity theory
(MOST).
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