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Abstract. A general circulation model is used to examine
the effects of reduced atmospheric CO

2
, insolation chan-

ges and an updated reconstruction of the continental ice
sheets at the Last Glacial Maximum (LGM). A set of
experiments is performed to estimate the radiative forcing
from each of the boundary conditions. These calculations
are used to estimate a total radiative forcing for the
climate of the LGM. The response of the general circula-
tion model to the forcing from each of the changed bound-
ary conditions is then investigated. About two-thirds of
the simulated glacial cooling is due to the presence of the
continental ice sheets. The effect of the cloud feedback is
substantially modified where there are large changes to
surface albedo. Finally, the climate sensitivity is estimated
based on the global mean LGM radiative forcing and
temperature response, and is compared to the climate
sensitivity calculated from equilibrium experiments with
atmospheric CO

2
doubled from present day concentra-

tion. The calculations here using the model and
palaeodata support a climate sensitivity of about
1 Wm~2K~1 which is within the conventional range.

1 Introduction

The Last Glacial Maximum (LGM), about 21 000 years
before present (21 kBP), represents the largest climate
change of recent geologic times. A wealth of palaeoclim-
atic data has provided reconstructions of the state of the
Earth’s surface, the sea surface, and the atmospheric com-
position of trace gases and aerosols at this period (e.g.,
CLIMAP Project Members 1981; COHMAP members
1988). As a result the LGM has been the subject of several
general circulation model (GCM) studies to test the ability
of GCMs to simulate a climate regime very different from
the present (e.g., Gates 1976; Hansen et al. 1984; Manabe

and Broccoli 1985a, b; Kutzbach and Guetter 1986; Broc-
coli and Manabe 1987; Lautenschlager and Herterich
1990) by specifying various boundary conditions appro-
priate for the Ice Age Earth. By assessing the ability of
GCMs to simulate such changes of climate we can hope to
assess their reliability at simulating future climates.

In particular, simulations of the LGM can be used to
estimate the sensitivity of climate to radiative forcing. This
is a major uncertainty in the prediction of future climate
change due to anthropogenic emissions (Houghton et al.
1995). It is difficult to estimate climate sensitivity from the
instrumental temperature record over the last century
because of uncertainties in climate forcing, the rate of
uptake of heat by the ocean, and the contribution from
natural climate variability. The estimated change in radi-
ative forcing from 21 kBP is much larger than from the
pre-industrial period, and the assumption of quasi-equi-
librium of the 21 kBP climate avoids the uncertainty in
the rate of heat uptake from the ocean, so in principle, the
changes from 21 kBP give a better opportunity to estim-
ate climate sensitivity. The simulations can be used either
to estimate the forcing at 21 kBP, and then utilise the
reconstructed temperatures to derive the sensitivity, or the
model simulations can be used to derive the climate sensi-
tivity directly. In this study we adopt both approaches
using results from several models.

Previous studies by Hansen et al. (1993) and Hoffert
and Covey (1992) used the reconstructions to infer the
radiative forcing and temperature change at the LGM and
hence the equilibrium climate sensitivity. They then used
this and an estimate of the radiative forcing due to doub-
ling CO

2
to infer a global mean future equilibrium tem-

perature change. Manabe and Broccoli (1985a) compared
two versions of the GFDL model, one with a fixed cloud
distribution and the other with a parametrisation to pre-
dict cloud, to assess which cloud scheme produced a real-
istic climate change simulation of the LGM. Both of these
schemes have been used in experiments simulating the
climate response to a doubling of CO

2
.

The UKMO Hadley Centre model is described in
Sect. 2 along with the design of the GCM experiments.
A climate model essentially converts a forcing (described
in Sect. 3) into a response (described in Sect. 4). Feedbacks



in the climate system modify the basic forcing—response
relationship. Here the sea ice and cloud feedbacks are
investigated by quantifying the radiative impact of chan-
ges in the sea—ice cover and cloud simulated by the model.
The climate sensitivity, as estimated from the ratio of the
forcing to the response both from the GCM and from
palaeoclimatic reconstructions, is examined in Sect. 5.

2 The model and experimental design

2.1 The model

The UKMO atmospheric climate model is coupled to
a mixed layer ocean model and a sea ice model, all at
a horizontal grid-resolution of 2.5° by 3.75° and is hence-
forth referred to as HADSM2b. The atmospheric model is
version HADAM2b of the UKMO unified forecast and
climate model (Cullen 1993), which is similar to version
HADAM2 described in Hewitt and Mitchell (1996a) and
has 19 levels on hybrid vertical coordinates (Simmons and
Burridge 1981) with terrain-following sigma coordinates
(sigma"pressure/surface pressure) in the bottom four
layers, pressure coordinates for the top three layers, and
a linear combination for the intermediate 12 layers. The
changes made to the atmospheric model physics between
these two versions are described in Hall et al. (1995). The
main differences are a modification of the temperature
range of partitioning of mixed-phase clouds (clouds which
contain both liquid and frozen water) from 0° to !15 °C
in HADAM2 to 0° to !9 °C; the gravity wave drag
scheme includes anisotropy of the orography, trapped lee
waves, and a better representation of flow blocking from
high drag states; negative humidities are corrected by
borrowing moisture from neighbouring grid-points, and
altered coefficients for horizontal diffusion which is used
to remove unwanted grid-scale noise and to represent
dissipation by unresolved eddies.

The mixed layer ocean model represents the ocean as
a 50 m well-mixed layer of water, with a prescribed sea-
sonally varying heat flux H. The rate of change of temper-
ature ¹ of the mixed layer at each grid-point is given by

oC
P
h

L¹
Lt

"H#S (1)

where o and C
P

are the density and specific heat capacity
of sea water respectively, and h is the depth of the mixed
layer (50 m). S is the net heat flux from the atmosphere,
and H accounts for the transfer of heat in the ocean due to
ocean dynamics as well as model errors. H is derived from
Eq. 1 by diagnosing S from an atmospheric integration
where the sea-surface temperatures (SSTs) and sea—ice
depth are prescribed using climatological values. Note
that the heat flux H applied at each grid-point is the same
in the control and anomaly simulations which means that
any changes in computed SST are due to changes in
S only. Also, more importantly, H is only applied at ocean
points in the mixed layer ocean model, and so the lower-
ing of the sea level at the LGM means that there are new
land points where values of H are not used. This means
that there are no changes to the heat flux at each LGM

ocean grid-point, but there is a change to the global mean
forcing since some present day ocean points no longer
exist. This ‘lost heat flux’ is quantified in Sect. 3.

The sea—ice model incorporates both the dynamics and
thermodynamics of sea-ice, and is essentially the same as
that used in the full ocean GCM described in Johns et al.
(1997). The thermodynamic properties are based on the
zero-dimensional model of Semtner (1976), and leads are
represented following Hibler (1979). Sea ice forms when
the ocean temperature falls below 271.35 K; the top sur-
face temperature of the ice is calculated by the atmosphere
model and the temperature of the mixed layer under the
ice is fixed at 271.35 K. A simple parametrisation of
sea—ice dynamics is included, based on Bryan (1969), with
the ice thickness, ice concentration and snow depth advec-
ted using a climatology of ocean surface currents.

2.2 Experimental design

The Paleoclimate Modelling Intercomparison Project
(PMIP, Joussaume and Taylor 1995) is coordinating
modelling and data reconstruction efforts on two time
periods, 6 kBP and 21 kBP. The experimental design of
each PMIP GCM simulation, in particular the boundary
conditions for the model, has been made as similar as
possible to facilitate model—model comparisons.

The PMIP recommended ice age boundary conditions
differ from those of the present day by representing a
change to the land surface characteristics to include the
extensive continental ice sheets and modified coastlines to
account for a sea level lowering of about 105 m, lowering
the atmospheric composition of greenhouse gases, and
a different pattern of insolation arising from a change to
the Earth’s orbit. Note, however, that the snow-free and
ice-free land surface albedos are not changed although
new values of albedo are specified for emerged land points
resulting from the sea level lowering.

A set of six experiments was run to assess the radiative
forcing and response of surface temperature to the 21 kBP
boundary conditions (Table 1). A control experiment
CON was run to simulate the present day climate. The
LGM experiment, to simulate the climate of 21 kBP,
incorporates all of the changes to the control experiment
described in the following paragraph, and Table 1 lists the
changes made for the other four experiments, which help
isolate the contribution of individual changes.

The orbital parameters have been calculated from Ber-
ger (1978), fixing the vernal equinox at noon on March
21st, and are listed in Table 2 and the resulting insolation
changes are illustrated in Fig. 1. Atmospheric CO

2
con-

centrations have been lowered at 21 kBP by about 29%
(the same ratio as other GCM experiments involved in
PMIP) from the 323 ppmv used in CON, this gives the
same ratio as reducing CO

2
from a pre-industrial concen-

tration of 280 ppmv to an ice age level of 200 ppmv, and
therefore the same radiative forcing. The reason for using
a forcing relative to pre-industrial times is that the current
climate and the modern vegetation have probably not
come into equilibrium with the recent rapid rise in CO

2
,

and a reduction from modern to 21 kBP CO
2

values may
be larger than that seen over the period of the data
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Table 1. Description of
experiments. P refers to present
day values, L is for 21 kBP, and
for the ALB1 and ALB2
experiments the albedo is either
updated every month (mth) or
fixed (fix) (see text for further
details)

CON LGM TOP ORB ALB1 ALB2

Orbital parameters P L P L P P
Atmospheric CO

2
P L P P P P

Orography (including ice) P L L P P P
Surface albedo P L L P L (fix) L (mth)

Length of run (in years) 20 20 5 3 2 2
Length of spin-up 10 16 8 1 0 0

Table 2. Orbital parameters for the control (present day) and LGM
(21 kBP) experiments derived from Berger (1978)

0 kBP 21 kBP

Longitude of perihelion (relative to the
vernal equinox) 102.5° 114.4°
Obliquity 23.44° 22.95°
Eccentricity 0.0167 0.0190

Fig. 1. Time-latitude diagram (zonal average of monthly mean
values) of change in incoming shortwave radiation at the top of the
atmosphere between 21 kBP and 0 kBP with areas of decrease
shaded. The polar night has been masked out. Contours every
2.5 Wm~2

reconstructions. The model’s land distribution and topo-
graphy need to be modified at 21 kBP to take into ac-
count the lower sea level and the large continental ice
sheets that existed at the last glacial maximum. Peltier’s
ICE-3G 1° by 1° resolution ice sheet reconstruction
(Tushingham and Peltier 1991) has been interpolated onto
the model’s grid. This data provides the extra land points
exposed as a result of the sea level lowering, and the
orographic heights of the ice sheets. The surface albedo at
permanent land ice points is initialised to be 75%, but this
can increase to up to 80% with snow cover. The albedo of
the ice-free land grid-points exposed by the lowering of sea

level is set to the zonal mean value, averaged over all
snow- and ice-free land grid-points, located at that same
latitude. The surface albedos of all other points are set as
in CON. The solar constant is kept fixed at 1365 Wm~2 in
all of the experiments.

TOP includes the 21 kBP topography and surface al-
bedo, both of which are dominated by the presence of the
ice age ice-sheets. ORB isolates the effect of the 21 kBP
orbital parameters. ALB1 and ALB2 are the same experi-
ment as the control but the solar radiation code is called
twice, once with the present-day surface albedos and then
with the 21 kBP surface albedos, to determine the radi-
ative forcing due to 21 kBP surface albedos. ALB2 has the
surface albedos for 21 kBP updated every month, with the
albedos determined from monthly means of the LGM
experiment. The ALB1 experiment uses the same surface
albedo data that was used to initialise the LGM experi-
ment, does not vary throughout the year, uses snow-free
land surface albedos (i.e., 75% over the ice sheets) and
hence does not include any of the feedbacks that may have
operated in the LGM experiment, in particular the effect
of higher albedo snow cover and more extensive sea ice.

The initial years (‘‘length of spin-up’’ in Table 1) of the
CON, LGM, TOP, and ORB experiments are ignored to
allow the atmosphere-mixed layer ocean-sea ice coupled
climate system to adjust to the forcings and reach quasi-
equilibrium. The ‘‘spin-up’’ phase for the LGM experi-
ment needs to be longer due to the revised boundary
conditions and lowering of CO

2
, while the TOP spin-up

period is shorter since only the 21 kBP orography and
albedo are introduced. Results presented in the following
section are averages over the length of the run, as listed in
Table 1.

3 Radiative forcing of the climate system due to 21 kBP
boundary conditions

To help analyse the sensitivity of the GCM to radiative
forcing, we use a zero-dimensional energy balance model
approach (for example, Dickinson 1986), using globally
averaged quantities from the GCM. The change in tem-
perature *¹ from equilibrium due to a heating perturba-
tion (radiative forcing) *Q is given by the thermodynamic
equation

C
L*¹

Lt
#j*¹"*Q (2)

where C is the heat capacity of the system ("oC
P
h, as in

Eq. 1) and j is an inverse measure of the overall sensitivity
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Table 3. Radiative forcing (Wm~2) deduced from GCM experi-
ments. The rows in bold indicate the forcings that make up the
‘‘total’’ forcing also shown in Fig. 2d

Global N. Hemi- S. Hemi-
sphere sphere

ALB1: all points !2.8 !4.9 !0.7
continental ice points only !2.3 !4.3 !0.2
sea ice points only 0.0 0.0 0.0
ice-free points only !0.5 !0.6 !0.4

ALB2: all points !4.3 !6.8 !1.7
continental ice points only 2 2.9 2 5.0 2 0.7
sea ice points only !0.8 !1.0 !0.6
ice-free points only 2 0.6 2 0.8 2 0.4

Insolation and planetary albedo 0.1 0.1 0.1

Heat convergence 0.6 0.7 0.6

CO2 estimate 2 1.7 2 1.7 2 1.7
Total 2 5.1 2 7.4 2 2.7

of the climate system, to be discussed in Sect. 5. The
solution of this equation, for an instantaneous ‘‘switch on’’
of *Q is

*¹"

*Q

j (1!e~t@q)
(3)

where q"Cj represents the e-folding time of the response
of the climate system. At equilibrium j" *Q

*TEQ

, where
*¹

EQ
is the equilibrium temperature change. This model

with a 50 m mixed layer has an e-folding response time of
about 5.4 y (using values of *Q and *¹

EQ
as listed later in

Sects. 3.2 and 4.2 for a doubling of CO
2
), hence the need

for the long ‘‘spin up’’ time for the LGM experiment listed
in Table 1. In the following sections a negative radiative
forcing will refer to a forcing that would tend to cool the
climate system, and all quantities have been averaged over
the full annual cycle.

3.1 Surface albedo

ALB1 and ALB2 provide a lower and upper bound on the
radiative forcing produced by changes in surface albedo in
the LGM experiment. ALB1 uses the surface albedo that
the LGM experiment is initialised with, in particular an
albedo of 75% as prescribed for bare ice over the contin-
ental ice-sheets, and so calculates the initial radiative
forcing due to albedo changes. However, in LGM, snow
cover accumulates over large regions of the continental
ice-sheets, further increasing the surface albedo, and sea
ice extents increase. The ALB2 experiment represents the
radiative forcing including changes due to high albedo
snow accumulating on the ice sheets and the growth of sea
ice. This should we hope be a more realistic representation
of the ice age surface but is dependent on the model’s
response to the initial forcing calculated from the ALB1
simulation, and as such represents a climate feedback. The
increased surface albedo over the high-latitude oceans is
dependent on the sea—ice model and so in the following
sections the sea ice forcing is considered as a climate
feedback and is not included in the total LGM radiative
forcing described later. However, the increased forcing
arising from the presence of snow cover on the continental
ice-sheets in the context of these experiments is regarded
as part of the ice sheet forcing and so it is included in the
total LGM radiative forcing later.

The global mean radiative forcing produced using the
initial LGM surface albedos (ALB1) is !2.8 Wm~2
(Table 3), and its distribution is similar to that calculated
from ALB2 described later, i.e. the largest forcing comes
from the continental ice, and is in the Northern Hemi-
sphere. Note that the method used here for calculating the
forcing due to albedo changes does not include the effect
of the topographic changes, higher ice will have more
sunlight impinging on it than the lower land did because
of less water vapour absorption. The radiative forcing
produced by all the simulated changes in surface albedo
(ALB2) in the LGM experiment is !4.3 Wm~2 (Fig. 2a).
Globally, most of this forcing is due to the continental ice
sheets (!2.9 Wm~2), and occurs in the Northern Hemi-
sphere. There is also an additional forcing of !0.6 Wm~2

brought about by an increase in albedo at grid points that
change from ocean to land. The simulated increased gla-
cial sea ice extent (described in Sect. 4) produces a radi-
ative perturbation of !0.8 Wm~2, but for reasons stated
above this is treated as a climate feedback.

The studies by Hansen et al. (1993) and Hoffert and
Covey (1992) used an older ice-sheet reconstruction
(CLIMAP Project Members 1981) which had thicker and
higher ice sheets, but an ice albedo of 70%, which is
slightly lower than that used in ALB1 and ALB2. Hansen
et al. (1993) estimate the radiative forcing due to ice
sheets and vegetation to be !3.5$1 Wm~2, while
Hoffert and Covey (1992) estimate the forcing to be
!3.0$0.5 Wm~2. Both of these studies included chan-
ges to vegetation which increased the surface albedo.
Hansen et al. (1993) used the Köppen scheme to infer
vegetation using results taken from a GCM simulation of
the climate of the LGM, and these vegetation changes
contributed a radiative forcing of about !0.9 Wm~2
(from Hansen et al. 1984). Hoffert and Covey (1992) used
the CLIMAP vegetation, and Broccoli and Manabe
(1987) used a GCM to calculate the radiative forcing due
to imposing this CLIMAP vegetation at the LGM, giving
a global mean radiative forcing of about !0.7 Wm~2. It
is worth noting that Broccoli and Manabe (1987) state
that even though this represents a fairly large forcing, the
temperature response to the vegetation change was relat-
ively small (about !0.3 K averaged over all points free of
LGM continental ice) when compared to the changes
resulting from expanded continental ice-sheets and
lowered CO

2
. They proposed that this was a consequence

of the geographical distribution of the forcings and high-
latitude snow and sea—ice feedbacks.

The radiative forcing due to the continental ice sheets
from the above estimates are therefore similar to those
from the ALB1 and ALB2 experiments (see Table 4) even
though the HADSM2b GCM experiments use a different
ice-sheet reconstruction and have higher ice albedos. Han-
sen et al. (1993) calculate a slightly larger forcing (!0.9)
from snow-free land albedo changes compared to both
the value calculated by Broccoli and Manabe from the
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Fig. 2a–d. Change in annual average radiative forcing between 21 kBP and 0 kBP. Contours at !50, !10, !4, !2, 0 Wm~2, ¸GM
model coastlines are marked, and thick lines show position of ¸GM ice sheets. a Forcing from experiment ALB2 excluding the sea ice forcing.
b CO

2
forcing estimated by scaling the forcing from the HADCM2 2]CO

2
experiment. c Forcing from the monthly insolation changes

interacting with their albedo changes. d Sum of a, b and c

CLIMAP vegetation (!0.7) as used by Hoffert and Covey
and the value resulting from ocean points changing to
land points in the ALB1 (!0.5) and ALB2 (!0.6) experi-
ments.

3.2 Lower CO
2

The effective forcing of the troposphere, *F, due to doub-
ling CO

2
before any climate feedbacks have acted, but

allowing for the stratosphere to adjust (Schneider 1975),
has been calculated as 3.5 Wm~2 using the Hadley Centre
coupled ocean-atmosphere model HADCM2 (Mitchell
et al. 1995). This forcing can be taken to be proportional
to the logarithm of the change in CO

2
, i.e.,

*F"s ln
C

C
0

(4)

so s will be 3.5
-/2

("5.0), and we can use this value as a best
guess for this mixed layer ocean model. This implies that
the forcing due to a 29% reduction in CO

2
would be

!1.7 Wm~2 and Fig. 2b shows the forcing due to doub-
ling CO

2
scaled accordingly (Johns, personal communica-

tion).

Hansen et al. (1993) estimated the forcing during the
LGM relative to the Holocene due to three greenhouse
gases (CO

2
, CH

4
, N

2
O) to be !2.6$0.5 Wm~2, and

Hoffert and Covey (1992) estimated the forcing due to
CO

2
and CH

4
to be !2.8$0.3 Wm~2. These estimates

are larger than that from HADSM2b because of the
forcing from the additional greenhouse gases and the use
of a higher value for s in Eq. 4. The CO

2
forcing in the

Hansen et al. (1993) study is !2.1 Wm~2 and in the
Hoffert and Covey (1992) study is !2.3 Wm~2 with
a forcing from the additional greenhouse gases of about
!0.5 Wm~2. Repeating the CO

2
forcing calculations

with a value of s"5.0 in Eq. 4 produces values more in
line with the !1.7 Wm~2 reported above (see Table 4).
A total greenhouse gas forcing based on the above would
be of the order of !2.2 Wm~2.

3.3 Insolation

The global mean radiative forcing due to insolation chan-
ges can be estimated by calculating *S(1!a

P
), where *S

is the change in annual mean insolation and a
P

is the
annual global mean present day planetary albedo. This
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Table 4. LGM radiative forcing *Q
LGM

(Wm~2), temperature change *¹
LGM

(K), and implied climate sensitivity j
LGM

(Wm~2K~1), and
radiative forcing *Q

2]CO2
and temperature change *¹

2]CO2
resulting from doubling atmospheric CO

2
concentrations from present values,

deduced from this work and other studies

This study Hansen et al.
(1993)

Hoffert and Covey
(1992)

Broccoli and Manabe (1987)

*Q
LGM

Ice sheet !2.9 !2.6 !2.3 !0.9!,"

Vegetation !0.9 !0.7 !0.7
Surface albedo !0.6

CO
2

!1.7# !1.6# !1.8# !1.3! (!2.0)#
Additional trace gas forcing !1.0 !1.0

Insolation 0.1

Aerosols !1.0 !0.9
Total !5.1 !7.1 !6.7 !2.9

*¹
LGM

!4.9 !5.0 !3.0 !3.6

j
LGM

implied from proxy data 1.4 2.2
implied from GCM 1.0 0.8

*Q
2]CO2

3.5# 4.2 4.4 3.5#

*¹
2]CO2

implied from above 3.4 3.0 2.0 4.3$
GCM simulated 2.9 2.3%

!This is the published estimate based on a simple calculation for radiative forcing
"A revised estimate with the PMIP ice sheet, surface albedo change and a new radiation scheme gives a combined ice sheet and surface albedo
forcing of !2.3 Wm~2 (Broccoli, personal communication)
#This is based on a value of 3.5 Wm~2 for the effective forcing at the tropopause due to doubling CO

2
concentrations from present day values

before any climate feedbacks have acted, but allowing for the stratosphere to adjust, using HADCM2 (Mitchell et al. 1995)
$ If the revised estimates ofthe LGM forcings are used this gives an implied sensitivity to doubling CO

2
of 2.9 K which is more consistent with

the results here
%As reported in Manabe and Broccoli (1985a)

gives a radiative forcing very close to zero. However,
a more accurate insolation forcing can be calculated by
considering the seasonal and latitudinal pattern of insola-
tion changes interacting with the seasonal and latitudinal
variation of present-day planetary albedo (as used in
ALB2). The forcing calculated this way, using monthly
mean values for insolation and albedo, is larger, but still
only amounts to about 0.1 Wm~2, which is small when
compared to the forcings described previously, but of the
opposite sign. The reduced tilt of the Earth’s axis redis-
tributes the insolation to the darker low latitudes, which
outweighs the summer insolation decreases over the relat-
ively small high latitudes where the albedo is large
(Fig. 2c).

3.4 ‘Lost heat flux’

The global mean surface heat flux (H in Eq. 1) in the
control simulation is !2.8 Wm~2. In the simulations
with 21 kBP land-sea distributions (LGM and TOP) the
heat flux is !2.2 Wm~2, implying that the heat flux that
is ‘lost’ as a result of land grid-points becoming ocean
grid-points amounts to a global mean radiative forcing of
0.6 Wm~2. If this were added to the total forcing de-
scribed later, the negative forcing in the Barents Sea and
Bering Sea would increase in the location of the ice age
ice-sheets, and there would be a positive forcing around
Malaysia and Indonesia. In an experiment parallel to the
LGM experiment, in which this heat flux is distributed

equally over all LGM ocean points so that the global
mean H is the same as in CON, the climatology is similar
to the LGM experiment with similar patterns of temper-
ature change, but the annual mean cooling is 0.5 K more
than in the LGM experiment. This ‘lost heat flux’ will not
be included in the total LGM radiative forcing calcu-
lations that follow, but it does influence the response
described in Sect. 4.

3.5 Total forcing estimate

The total radiative forcing at the LGM, using the
CLIMAP ice sheet reconstruction, is estimated to be
!7.1$1.5 Wm~2 by Hansen et al. (1993) and
!6.7$0.9 Wm~2 by Hoffert and Covey (1992). How-
ever, both these studies include the radiative forcing of
increased glacial atmospheric aerosols, which they estim-
ate to be about !1$0.5 Wm~2, have a relatively large
greenhouse gas forcing as mentioned already, and include
the forcing from higher ice age surface albedos resulting
from vegetation changes. If we take into account their
estimate of the radiative forcing due to ice age atmo-
spheric aerosol loading, the forcing from additional green-
house gas changes, and Broccoli and Manabe’s (1987)
estimate of vegetation forcing, the best guess of the total
global climate forcing during the ice age, relative to the
Holocene climate, based on the GCM experiments re-
ported here would be of the order of !6.5 Wm~2.
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Table 5. Annual mean 1.5 m
temperature change, in Kelvin,
induced by the changed
boundary conditions simulated
and estimated. Note that the
land-sea mask is different at
21 kBP

Global N. Hemi- S. Hemi- Land Ocean
sphere sphere

Total (simulated)!4.4 !6.5 !2.3 !8.1 !1.7
Topography and
surface albedo (simulated)!3.0 !5.0 !1.1 !6.3 !0.6
CO

2
(estimated)!1.4 !1.6 !1.2 !1.8 !1.2

Insolation (simulated)!0.1 0.1 !0.2 0.0 !0.1
Topography (estimated)!0.7 !1.0 !0.3 !1.9 0.0
Total of rows 2, 3, 4 !4.5 !6.5 !2.5 !8.1 !1.9

The estimated geographical pattern of the radiative
forcing in the LGM experiment is shown in Fig. 2d. This
represents the sum of the forcing from ALB2 (excluding
the sea—ice changes), the insolation forcing interacting
with the albedo changes, and a forcing due to lowered
CO

2
concentrations calculated by scaling the forcing de-

rived from experiments with doubled CO
2

using
HADCM2, and has a global average of !5.1 Wm~2. In
summary, there is a large negative forcing due to the
inclusion of the Northern Hemisphere ice-sheets with
local values in excess of !50 Wm~2, a large negative
forcing due to lowered CO

2
concentrations, a fairly large

negative forcing over new land points whose albedo has
increased from the dark ocean to brighter vegetation with
values exceeding !10 Wm~2 locally, and a relatively
small zonal pattern produced by the insolation changes
with a negative forcing at high latitudes and a positive
forcing throughout the subtropics and Tropics.

4 Response of the climate system to LGM boundary
conditions

4.1 Simulated LGM climate

The global mean cooling simulated at the LGM by
HADSM2b, is 4.4 K. This is in line with other GCM
simulations (see Hewitt and Mitchell 1996b for a sum-
mary of some PMIP simulations) and estimates from
proxy records (e.g. the 5 K quoted by Hansen et al. 1993).
Table 5 summarises the contribution from each of the
changed boundary conditions to this total cooling, and
these contributions are described in more detail in the
following section. The largest temperature changes occur
over land and in the Northern Hemisphere, with maxima
over the ice sheets (Fig. 3a), consistent with the radiative
forcing described previously. However, as has been re-
ported in the previous section, the LGM experiment does
not include the effect of glacial aerosols, additional green-
house gases and vegetation changes.

The high-latitude near-surface air temperature changes
described earlier produce dramatic changes in the thick-
ness and extent of sea ice. The Southern Hemisphere sea
ice becomes thicker (by about 1 m), with the sea—ice edge
extending further equatorward, particularly in winter,
though not as far as indicated by the CLIMAP data. The
Northern Hemisphere sea—ice changes simulated at the
LGM are much larger than those of the Southern Hemi-

sphere. Most of the Arctic becomes permanently covered
throughout the year with depths exceeding 15 m, an in-
crease of typically 10 m compared to the control. A large
region of the northwestern Pacific becomes partially ice
covered in winter, extending equatorwards to about
45 °N, as does the Norwegian Sea and most of the north-
western sector of the North Atlantic, extending equator-
wards along the east American coast to about 45 °N.
Permanent winter sea—ice is evident over the Labrador
Sea and north of Iceland. In summer the permanent
sea—ice boundary retreats back to the Davis Strait and the
Greenland Sea, although the Norwegian Sea and Labra-
dor Sea remain partially ice covered.

The albedo effect of the increased glacial sea—ice
cover produces an additional radiative forcing of
!0.8 Wm~2 (Table 3) which is about 15% of the
size of the total radiative forcing described in Sect. 3, and
represents a positive feedback enhancing the cooling from
the altered surface boundary conditions. This forcing is
larger in the Northern Hemisphere, but it has relatively
more effect on the response in the Southern Hemisphere,
representing about 22% of the total Southern Hemisphere
forcing.

The CLIMAP reconstruction provides global SST data
at the LGM against which the GCM can be compared
(Fig. 4a). The GCM produces a qualitatively similar pat-
tern to the CLIMAP data, but there are some notable
differences, also found in other GCM results. The model
cools more than the CLIMAP reconstruction indicates in
the Tropics, and less in mid-latitudes. The differences in
the Tropics dominate and the modelled global mean cool-
ing is about 0.4 K larger than indicated by the CLIMAP
data set. There are much larger regional differences (not
shown). This implies one or more of the following:

1. There are inaccuracies in the CLIMAP data set. The
low-latitude SSTs have been the subject of much specula-
tion, with some indicators implying a much larger cooling,
for example a 5 °C cooling inferred from Barbados corals
(Guilderson et al. 1995). Broccoli and Marciniak (1996)
performed a comparison of GCM results with CLIMAP
data but only used model data at grid-points where sedi-
ment cores exist and found that the results analysed in this
way agreed much more favourably than a comparison
made using the data set subjectively interpolated by the
CLIMAP project members. This is also true with this
GCM, apart from at high latitudes (Fig. 4b) most notice-
ably in the Northern Hemisphere although the number of
model grid-boxes for which there are sediment cores
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Fig. 3a–e. Change in annual average 1.5 m temperature between 21 kBP and 0 kBP. Contours at !30, !10, !4, !2, 0 K. a Experiment
LGM. b Experiment TOP. c Estimated by scaling the temperature change from the HADSM2b 2]CO

2
experiment. d Experiment ORB.

e Sum of TOP, CO
2

estimate, and ORB

to compare to is small. CLIMAP also produces a larger
cooling in the Southern Ocean than the GCM, but it has
been suggested that CLIMAP overestimated the sea—ice
extent there at the LGM (Burckle et al. 1982).

2. The model simulation may be wrong and there may
be shortcomings in representing essential components of
the climate system, for example, the mixed layer ocean
model is not capable of simulating any changes in ocean
circulation.

3. The forcing for the LGM climate is incorrect. This
may be due to the absence or inaccuracy of a particular
component of the total forcing.

4.2 Components of surface temperature response

The previous section has illustrated that the largest radi-
ative forcing in the LGM simulation is the increased
surface albedo. It is not possible to isolate the temperature
change due to albedo changes in these GCM experiments
from the temperature change due to topographic height
changes because the changes in elevation will produce
changes in the water vapour column. The high-altitude ice
will have more sunlight impinging on it than the lower
land did, because of less water vapour absorption. This
factor is more important than one might think since water
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Fig. 4a, b. Zonal mean change in SST between 21 kBP and 0 kBP
using the average of February and August SSTs. Solid line is GCM,
dashed line is CLIMAP. a Using gridded subjective CLIMAP analy-
sis. b Only using GCM grid-boxes where CLIMAP data is located,
and a histogram showing the number of such grid-boxes at each
latitude

vapour is a strong absorber of solar radiation in the
invisible part of the solar spectrum. However, a crude and
simple estimate can be made of the cooling that could
result from the higher topography alone.

TOP combines the surface albedo changes with the
topographic height changes and produces a cooling of
3 K, about two-thirds of the total cooling (Table 5 and
Fig. 3b). The global average increase in the model’s topo-
graphic heights (above mean sea level) is about 100 m,
which represents an increase of about 290 m if averaged
only over the model’s land points. Assuming the environ-
mental lapse rate for the troposphere is 6.5 K per kilo-
metre would imply that the model’s global surface air
temperature would drop by about 0.65 K due to the
model’s higher topography (roughly 15% of the total
cooling) and over the land the cooling would be about
1.9 K. Therefore, the cooling is not dominated solely by
the trivial cooling resulting from increasing the height of
the Earth’s surface, but rather by the albedo effect of the
high-altitude ice. However, the cooling resulting from
increasing topography would force more feedbacks which
would give a larger cooling, for example the cooling would
produce increases in snow cover and sea ice.

The global mean warming simulated on doubling CO
2using HADSM2b is 2.9 K (Senior, personal communi-

cation). This would imply that the lowering of CO
2

at 21 kBP would be expected to produce a cooling of
about 1.4 K compared to the control simulation
(*F

LGMCO2
]*T2]CO2

*F2]CO2

"!1.7]2.9
3.5

), about one-third of the
total cooling. Even though the gas is well-mixed in the
atmosphere the temperature response would not be uni-
form (Fig. 3c shows an estimate based on scaling the
computed response to doubling CO

2
) due to feedbacks in

the climate system.
The global average annual mean change in insolation at

21 kBP compared to present-day is close to zero, with
relatively small regional and seasonal insolation changes,
maximum decreases at the poles of less than 15 Wm~2 in
the summer hemisphere, due mainly to the decrease in the
tilt of the Earth’s axis, and changes of less than 5 Wm~2 at
most other latitudes (Fig. 1). The global average annual
mean temperature response to insolation changes is very
small, of the order of one-tenth of a degree Kelvin (ORB).
Averaged over the full annual cycle there is less insolation
at high latitudes and more at low latitudes, which would
tend to cool the high latitudes and warm the low latitudes,
especially in the Northern Hemisphere where there is
more land (Fig. 3d).

The last row of Table 5 shows the sum of the temper-
ature changes from the experiments TOP and ORB and
estimated from the lowering of CO

2
. These values are very

similar to the totals simulated by the LGM experiment
(first row of Table 5), suggesting that the total response in
the LGM experiment can be considered to be a linear
combination of the response to each of the changed
boundary conditions. Comparing Figs. 3a and 3e shows
that the linear combination produces a remarkably sim-
ilar pattern of temperature change to that simulated in the
LGM experiment with values within one or two degrees at
most points.

4.3 Cloud changes, cause and effect

4.3.1 Cloud changes The model simulates a cooling of the
entire troposphere at 21 kBP, with a maximum cooling in
the lower troposphere at high latitudes especially around
the Northern Hemisphere ice sheets and sea ice as stated
previously, and the upper tropical troposphere. This
increases the tropical lapse rate, the low level pole-equator
temperature gradient especially in the Northern Hemi-
sphere, and lowers the tropopause, particularly at high
latitudes. As a consequence of the tropospheric cooling,
the specific humidity of the entire troposphere is reduced.

The lowered tropopause and colder, drier troposphere
leads to a downward displacement of the upper tropo-
spheric stratiform cloud decks (Fig. 5a), a decrease in
convective cloud cover in mid- and high-latitudes
(Fig. 5b), and a large reduction of the low-level stratiform
cloud cover around the cold, dry ice sheets. The increased
Northern Hemisphere zonal temperature gradient
strengthens the North Atlantic storm tracks which pro-
duces an increase in low-level layer cloud (associated with
synoptic-scale frontal weather systems) over much of the
North Atlantic.

The Northern Hemisphere sub-tropical anticyclones
are generally strengthened and the Southern Hemisphere
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Fig. 5a–c. Zonal mean of annual average changes between 21 kBP
and 0 kBP. Areas of decrease shaded. Dashed lines show the !9 °C
and 0 °C from the CON experiment marking the mixed-phase re-
gion. The y-axis refers to the hybrid vertical coordinate, etc. a Layer
cloud amount, contours at 0, $1, 5, 10%. b Convective cloud
amount, contours at 0, $0.5, 1, 2, 3%. c Total cloud water content,
contours at 0, $1, 5, 10]10~6 kg~1

sub-tropical anticyclones are weakened which is accom-
panied by a weakening and southward displacement of
the Inter-Tropical Convergence Zone (ITCZ) especially
over northern South America and Central America. This
produces a southward displacement of the tropical con-
vective clouds and the upper tropospheric tropical cirrus.

There is also a decrease in cloud in the mixed-phase
region of the atmosphere. As the atmosphere cools, more
cloud is diagnosed as ice cloud which does not persist for
as long as water cloud since the precipitation of cloud ice
from cloud is more efficient than for cloud water, and
hence the cloud cover is reduced. The radiative properties
of the clouds also change, decreases in liquid water frac-
tion and total water content (Fig. 5c) produce a reduction
in cloud water path which reduces the albedo and emissiv-
ity of the clouds, particularly in mid- and high-latitudes of
the Northern Hemisphere.

The importance of changes in the mixed-phase region
has been emphasised in experiments with doubled CO

2concentrations which simulate a warming rather than
cooling of the atmosphere (e.g. Senior and Mitchell 1993).

The same mechanisms operate, but the changes are of the
opposite sign to those reported here.

4.3.2 Cloud feedback The radiative impact of cloud is an
important component of the Earth’s radiation budget,
feedbacks can arise from changes in the height, amount,
water content and radiative properties of cloud. Differ-
ences in simulated cloud feedback can lead to a factor of
two or more difference in climate sensitivity (Senior and
Mitchell 1993). Hence it is important to estimate the
contribution of clouds to climate sensitivity in the current
experiment. A standard measure of cloud feedback is the
cloud radiative forcing (see for example Ramanathan et al.
1989), henceforth referred to as CRF. Two diagnostics are
used to calculate CRF, the radiative fluxes emitted to
space F from an atmosphere including clouds, and the
radiative fluxes F

C
from a cloud-free atmosphere, which

are calculated by calling the model radiation code twice.
The radiative impact of adding cloud to a clear-sky earth
as seen from space is then F!F

C
and so the effect on the

planet (with a negative value implying a cooling due to the
presence of cloud) is

CRF"F
C
!F

It is instructive to split the CRF into its shortwave
(S¼

C
!S¼ ) and longwave (¸¼

C
!¸¼ ) components

(where S¼ and ¸¼ are the outgoing shortwave and
long-wave radiation, respectively, and the subscript C re-
fers to clear-sky fluxes of radiation, which are the net
fluxes for a cloud-free atmosphere) since clouds tend to
cool the climate in the shortwave part of the spectrum, due
to reflection mainly from low-level optically thick cloud,
and warm the climate in the longwave, due to absorption
mainly from high clouds which have a low emitting tem-
perature.

The global mean net cloud radiative forcing at 21 kBP
is reduced (i.e becomes less negative) by 1.6 Wm~2
(Table 6), mainly as a result of a decrease in shortwave
cloud forcing (SCF). The main decreases in SCF are over
the ice sheets and where sea ice cover has expanded
(Fig. 6a). However, there are several regions where SCF
increases, most noticeably in the Northern Hemisphere
storm track regions, especially over the North Atlantic,
where there is an increase in low-level cloud as discussed
already, and northeastern South America and south-
eastern Asia associated with the southward shift of the
ITCZ. The warming effect from the longwave cloud forc-
ing (LCF) is reduced, mainly due to the reduction in high
level cloud in the Tropics and over the ice sheets (Fig. 6b).
The changes seen in the longwave CRF in the Tropics are
consistent with the southward displacement of the ITCZ.

There is a major shortcoming in using change in cloud
radiative forcing as a measure of cloud feedback, since
cloud forcing can change even if cloud and cloud proper-
ties don’t. For example, an increase in surface albedo will
lead to a bigger increase in the clear-sky solar flux than the
cloudy solar flux, and an apparent increase in the solar
component of cloud radiative forcing even if cloud hasn’t
changed. In the 21 kBP experiment, the model simulates
large cloud changes in the same regions as the imposed
large surface albedo changes, so it is not trivial to separate
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Table 6. Changes in global average annual mean cloud forcing
(Wm~2) (see text for descriptions of methods)

*LW *SW *net

Method a !1.2 2.8 1.6
Method b 2.2 1.0
Method c 0.7 !0.5
Method d 1.3 0.1

Fig. 6a, b. Change in annual average cloud radiative forcing, areas
of decreases shaded, contours at 0, $10, 25, 50 Wm~2. a Shortwave
cloud forcing using method a; b longwave cloud forcing

the radiative forcing due to cloud changes from the surface
albedo forcing. In this study four different methods are
used (see Appendix) in an attempt to separate the contri-
bution of changes in cloud and changes in surface albedo
to the changes in cloud-radiative forcing. (Note that ex-
periments simulating the effect of doubling atmospheric
CO

2
concentrations will also include such surface albedo

effects in their estimates of CRF, but these effects are
generally ignored either on the assumption that they are
small or because it is not known how to deal with them!).

The global mean change in SCF is substantially re-
duced if we try to remove the effect of increases in surface
albedo (Appendix), leading to estimates of net cloud forc-
ing which span zero (Table 6). Even with method c, which
gives the largest correction, the residual change in SCF
remains positive, indicating that changes in cloud tend to
reduce the surface cooling and hence act as a negative
feedback.

The local net affect of the simulated changes in cloud,
even after allowing for changes in surface albedo, is to

warm the ice sheets (Fig. 7) which represents a negative
feedback offsetting the glacial cooling, and to cool the
southern section of the Northern Hemisphere storm
tracks, especially in the Atlantic, and much of the tropical
North Atlantic and northeastern South America enhanc-
ing the glacial cooling, a positive feedback. In general, low
cloud and cloud water content decrease where land ice
and sea ice increase so that the reduction in reflection
from clouds offsets the increased reflection of solar radi-
ation from the surface. The cloud forcing is generally
reduced over most of the continents, regardless of which
method is used, which offsets the glacial cooling indicating
that changes in cloud act as a negative feedback on tem-
perature there.

5 Climate sensitivity

We are now in a position to be able to calculate the
climate sensitivity parameter j based on estimates derived
from the LGM climate. Here we assume, as in previous
studies, that the global mean temperature response can be
simply related to the global mean forcing, and does not
depend on the distribution of the forcing. Note that this
may not necessarily be the case, as is discussed at the end
of this section.

Palaeoclimatic data imply a global mean temperature
change at the LGM compared to present to be in the
region of !5 K. The best guess for the total global
climate forcing during the ice age compared to the present
was put at about !6.5 Wm~2 in Sect. 3. This value of *Q
is similar to the estimates of Hansen et al. (1993) and
Hoffert and Covey (1992) and is based on the combined
forcings from the LGM reconstructions of ice sheet
extents, greenhouse gas concentrations, glacial aerosol
loading, vegetation changes, and insolation changes.
These values for *Q and *¹

EQ
give a value of j of

1.3 Wm~2K~1. If we use this value of j and a *Q of
3.5 Wm~2 to represent the radiative forcing due to doub-
ling atmospheric CO

2
from present day concentrations (as

used in Sect. 3.2) then this would imply a global mean
warming of 2.7 K on doubling CO

2
.

By way of comparison, Hansen et al. (1993) estimate
j to be about 1.4 Wm~2K~1 (similar to the value above)
from palaeoclimatic data, and *Q for doubling CO

2
to be

4.2 Wm~2, giving an expected global mean warming of
about 3 K on doubling CO

2
(Table 4). Hoffert and Covey

(1992) have a higher estimate of j of 2.2 Wm~2K~1 from
palaeoclimatic data, and use a *Q for doubling CO

2
of

4.4 Wm~2, giving an expected global warming of about
2 K on doubling CO

2
. The Hoffert and Covey (1992) j is

higher because they assumed an ice age cooling of only
3 K which was calculated by averaging the CLIMAP
SSTs and assuming that the temperature change over land
was identical to that of the ocean in the same latitude
zone. Hoffert and Covey state that this assumption is
likely to be too conservative, and so the 5 K cooling of
Hansen et al. (1993) may be a better estimate, and is more
in line with GCM simulations.

An estimate of j can also be made from the temperature
response of the GCM used in this study. The total radi-
ative forcing of !5.1 Wm~2 (!4.5 Wm~2 with the ‘lost
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Fig. 7a–d. Change in annual average net cloud forcing using the four different methods for SCF. Contours at 0, $10, 25, 50 Wm~2. Note
that positive values have been shaded. a Using method a for SCF; b using method b for SCF; c using method c for SCF; d using method d for SCF

heat flux’) produces a global mean temperature change of
!4.9 K (!4.4 K with the ‘lost heat flux’). These values
give a value of j of just over 1.0 Wm~2K~1, and this
would imply a global mean warming of 3.4 K on doubling
CO

2
. However, this model actually produces a *¹

2]CO2of 2.9 K (Senior, personal communication), which is
somewhat lower. The same calculations can be made
using the results of Broccoli and Manabe (1987), although
the published ice sheet forcing and CO

2
forcing are some-

what lower than expected and we apply some revisions to
their estimates (see Table 4). The result is the same as
found already, namely that the climate sensitivity to
doubling present day CO

2
, as deduced from the ice age

simulation, is larger than that actually simulated by the
model.

This implies that we may not be able to use the same
estimate of j as derived from the LGM simulation for the
2]CO

2
climate since nonlinear responses may compli-

cate the estimation of *¹ from *F. For example, Oglesby
and Saltzman (1990) found that the global temperature
response to CO

2
concentration is nonlinear, with sensitiv-

ity decreasing as CO
2
increases; Hansen et al. (1997) found

that changes in radiative forcing were most effective near
the surface and in high latitudes; Spelman and Manabe
(1984) found that the sea ice and snow albedo feedbacks
become more important at lower temperatures and that
the climate sensitivity increases as sea ice and snow extend

to lower latitudes, consistent with the findings relating to
vegetation changes in the work of Broccoli and Manabe
(1987) who also point out that the geographical distribu-
tion of the forcing is important.

6 Summary and conclusions

The radiative forcing of the climate at the last glacial
maximum has been investigated by performing a set of
GCM experiments to isolate the effect of each of the ice
age boundary conditions. These are a change to the sur-
face albedo, changed insolation, and an estimate of the
radiative forcing from lowering atmospheric carbon diox-
ide concentrations based on an experiment with doubled
CO

2
concentrations. The largest forcing is the inclusion of

the 21 kBP continental ice-sheets, but away from the ice
sheets the lowering of CO

2
dominates. However, it is

difficult to separate ‘‘forcings’’ from ‘‘response’’. For
example, the simulated sea—ice response produces a signif-
icant radiative cooling, with a global mean radiative forc-
ing of !0.8 Wm~2. The sea ice could have been imposed
as a boundary condition just as the continental ice-sheets
were and would then have represented a radiative forcing,
but in the experiments described here the sea ice is diag-
nosed by the model and therefore has been considered as
a model response.
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Considering the total LGM forcing to be a linear com-
bination of the individual forcings derived from the set of
GCM experiments, and including estimates for potential
additional forcings such as increased atmospheric glacial
aerosols, gives us a best guess of the forcing at 21 kBP to
be of the order of !6.5 Wm~2, which is slightly lower
than the values reported by Hansen et al. (1993) and
Hoffert and Covey (1992). Most of this difference is due to
a higher greenhouse gas forcing in their studies.

The temperature response produced by each of the
changed boundary conditions has also been investigated.
Again, the largest response is due to the 21 kBP continen-
tal ice-sheets, and this cooling is dominated by the high
albedo of the ice sheets and not by the increased elevation
of the land. Locally, the sum of the temperature changes
from the individual experiments is generally within one or
two degrees of the total changes simulated in the LGM
experiment, which indicates that the changes to the
boundary conditions are fairly independent of one an-
other. The simulated increases in sea ice enhance the
cooling at the LGM giving a positive climate feedback.
While the Northern Hemisphere forcing is dominated by the
presence of the continental ice-sheets, the Southern Hemi-
sphere forcing is dominated by the lowering of CO

2
and

the cooling effect of the sea ice becomes more significant.
The climate sensitivity at the LGM can be calculated

from the radiative forcing and the associated temperature
change. Palaeoclimatic reconstructions can provide estim-
ates of the temperature change and radiative forcing that
has occurred in a climate that differed from the present
and if we know the radiative forcing for a future climate
then we can estimate the temperature change that will
occur. Note however that this method does not give any
regional details, merely global annual averages. Hoffert
and Covey (1992) deduce that the global warming due to
doubling CO

2
would be about 2 K and Hansen et al.

(1993) deduce a warming of 3 K. The results from the
HADSM2b GCM experiments imply a warming of 3.4 K
using this method. This is higher than the 2.9 K actually
simulated by this GCM in a doubled CO

2
experiment,

and is probably because the albedo feedbacks are more
effective at the lower glacial temperatures.

A detailed analysis of the cloud changes and how they
influence the temperature response reveals that over the
ice sheets the cloud changes represent a negative feedback
on the climate tending to reduce the simulated glacial
cooling. Large decreases in low-level high-albedo clouds
over the ice sheets reduce the shortwave cooling by reflec-
tion, which outweighs the reductions in the longwave
warming effect from reduced upper level cloud. However,
large cloud changes occur where there are large changes
to surface albedo, and the combined changes are not
easily separated. Away from the ice sheets the forcing is
dominated by the cloud increases over the North Atlantic
and along parts of the ITCZ which represent a positive
feedback on the climate in all four methods, enhancing the
glacial cooling.

Finally, a comparison of the simulated SSTs to the
CLIMAP data set produces some large-scale qualitative
agreement, but several regional discrepancies which have
been noted in other GCM results. An updated CLIMAP
data set would be extremely useful now that more GCMs

are including a representation of the oceanic mixed layer.
Such models would benefit from a database with greater
spatial coverage, and potentially more accurate estimates
of palaeo-SSTs and sea—ice extent as a tool for validating
and assessing the capabilites of the models in a climate
change context, although this is more difficult for some
regions such as the infertile subtropical gyres and deep
basins where it is more difficult to obtain data.
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Appendix

Shortwave cloud radiative forcing

We wish to determine the cloud feedback that arises from
the change in the shortwave flux of radiation due to cloud
changes alone (the SCF) with all other processes held
fixed. The standard formalism for calculating a change in
SCF is

*SCF"SCF
21,

!SCF
0,

method a

However, this can produce a cloud radiative forcing in the
absence of any change in cloud if, as is the case in the
experiments being dealt with in this study, there is a
change in surface albedo or insolation.

We can attempt to limit the effect of albedo changes
on SCF by rescaling using the ratio of the clear-sky
co-albedos and the ratio of 21 kBP and 0 kBP insolation.
One method would be to rescale using the present as the
reference case:

*SCF"SCF
21,A

1!a
CS0,

1!a
CS21,

S
0,

S
21,
B!SCF

0,
method b

or alternatively use 21 kBP as the reference case:

*SCF"SCF
21,

!SCF
0,A

1!a
CS21,

1!a
CS0,

S
21,

S
0,
B method c

where a
CS21,

and a
CS0,

are the clear-sky planetary albedos
at 21 kBP and 0 kBP respectively, and S

21,
and S

0,
are

the insolation at 21 kBP and 0 kBP respectively. Both of
these methods produce no change in SCF if there is no
change in cloud, given a (realistic) change to the surface
albedo or insolation.

The fourth approach used in this study is provided by
Murphy (1995) who decomposes the changes in shortwave
radiation at the top of the atmosphere into three compo-
nents, changes in reflection to space by clouds (the com-
ponent that we are interested in here), changes in surface
albedo, and changes in the atmospheric absorption by
water vapour and clouds. His formulation has been modi-
fied in this paper to allow for changes in insolation and
this final method is referred to as method d.
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Monthly mean data is used for all four methods with
calculations performed at each grid-box before global
annual mean values are calculated.
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