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Abstract
The turbulent fluxes across the ocean/atmosphere interface represent one of the principal driving forces of the global atmos-
pheric and oceanic circulation. Despite decades of effort and improvements, representation of these fluxes still presents 
a challenge due to the small-scale acting turbulent processes compared to the resolved scales of the models. Beyond this 
subgrid parameterization issue, a comprehensive understanding of the impact of air-sea interactions on the climate system 
is still lacking. In this paper we investigates the large-scale impacts of the transfer coefficient used to compute turbulent heat 
fluxes with the IPSL-CM4 climate model in which the surface bulk formula is modified. Analyzing both atmosphere and 
coupled ocean–atmosphere general circulation model (AGCM, OAGCM) simulations allows us to study the direct effect and 
the mechanisms of adjustment to this modification. We focus on the representation of latent heat flux in the tropics. We show 
that the heat transfer coefficients are highly similar for a given parameterization between AGCM and OAGCM simulations. 
Although the same areas are impacted in both kind of simulations, the differences in surface heat fluxes are substantial. A 
regional modification of heat transfer coefficient has more impact than uniform modification in AGCM simulations while in 
OAGCM simulations, the opposite is observed. By studying the global energetics and the atmospheric circulation response 
to the modification, we highlight the role of the ocean in dampening a large part of the disturbance. Modification of the heat 
exchange coefficient modifies the way the coupled system works due to the link between atmospheric circulation and SST, 
and the different feedbacks between ocean and atmosphere. The adjustment that takes place implies a balance of net incom-
ing solar radiation that is the same in all simulations. As there is no change in model physics other than drag coefficient, we 
obtain similar latent heat flux between coupled simulations with different atmospheric circulations. Finally, we analyze the 
impact of model tuning and show that it can offset part of the feedbacks.

Keywords Latent heat flux · Bulk parameterization · Sensitivity tests · Atmospheric heat transport · Ocean–atmosphere 
coupling · Climate simulations

1 Introduction

The ocean forms key component of the climate system. It 
has a major contribution in the equator-to-pole heat trans-
port (Covey and Barron 1988) and in the feeding of the 
atmospheric water cycle (Chahine 1992). In the tropics 
the ocean and atmosphere are mainly coupled through two 

large-scale atmospheric circulation systems: the Hadley and 
Walker circulations (Cao et al. 2015) which are driven by 
the heat and momentum exchanges at the air-sea interface 
and impact most of the globe (Trenberth 1995). These tur-
bulent fluxes represent the main coupling between ocean 
and atmosphere and establish the link between ocean-surface 
temperature changes and atmospheric circulation variability 
(Kubota et al. 2002). They also provide the mechanism by 
which ocean variability is forced by the atmosphere. With 
the exception of surface roughness and albedo, sea surface 
temperature (SST) is the only oceanic variable that directly 
affects the atmosphere. SST is a key variables for the predic-
tion of future climate variations (Seager et al. 1995) and is 
regulated by heat and momentum fluxes which contribute to 
the turbulent mixing within the ocean (Barnier 1998). The 
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turbulent momentum flux is the source of the wind-driven 
circulation of the upper ocean (Chen et al. 1994) and the 
transfer of heat across the air-sea interface determines the 
distribution of temperature and salinity in the ocean (Swen-
son and Hansen 1999). Globally averaged, the turbulent 
latent heat flux represents one of the largest contributions to 
the heat loss of the ocean. This flux is highest in the tropics 
where warm conditions prevails and regulates the adjustment 
between ocean and atmosphere by controlling the energetic 
balance and the amount of water available in the atmosphere. 
Improved understanding of the air-sea turbulent fluxes and 
their representation in climate models is therefore essential. 
This requires not only the representation of the fluxes them-
selves but also the mechanisms underlying energy and water 
adjustments between the ocean and atmosphere.

Compared to the resolved scales of the models, turbulent 
fluxes are subgrid scale phenomena and need to be param-
eterized. The understanding of air-sea fluxes is based on 
Monin–Obukhov similarity theory (Monin and Obukhov 
1954) for surface boundary layers. In large-scale global 
numerical models, these fluxes are calculated using bulk 
formulae (Zeng et al. 1998). These are empirical equa-
tions that seek to represent, using large-scale variables, the 
air-sea fluxes generated by complex turbulent processes in 
the boundary layer (Large and Pond 1981; DeCosmo et al. 
1996). The most common parameterization is to determine 
transfer coefficients as a function of wind speed and surface 
air stability (Blanc 1985; Smith 1988). One of the principal 
difficulties is the choice, or computation, of the exchange 
(drag) coefficients that appear in bulk formulae. Bulk for-
mulae have difficulties in representing air-sea fluxes across 
all wind ranges (mainly low and high wind speed regimes) 
due to buoyancy effects on turbulent transport (Birol Kara 
et al. 2000) and therefore a large number of schemes are 
currently in use (Large and Yeager 2004; Fairall et al. 2003; 
Birol Kara et al. 2000). Such parameterizations represent a 
source of considerable uncertainty regarding the reliabil-
ity of model simulations and forecasts (Seager et al. 1995). 
In atmospheric general circulation models (AGCM), the 
SST is required in the prognostic equation for surface air 
temperature. This is in turn necessary to calculate vertical 
fluxes through the planetary boundary layer of the atmos-
phere (Stull 1988). Climate simulations have been shown 
to be sensitive to the exchange coefficient. Depending on 
the parameterization, transition to free convective regimes 
(Miller et al. 1992) and various high frequency processes 
such as wind gustiness (Redelsperger et al. 2000) or wind 
waves (Fairall et al. 2003) are considered. In a coupled 
ocean–atmosphere model, turbulent fluxes are determined 
internally and are fully interactive with the simulated SST 
and near-surface atmospheric field. Because of this, it is 
difficult to disentangle the exact role of the fluxes on cli-
mate due to the feedbacks between ocean and atmosphere 

or between the fluxes and the other atmosphere or oceanic 
parameterizations in climate models.

Hourdin et al. (2015) show that the biases in surface 
evaporation, specifically the biases in latent heat flux play 
as strong a role as cloud radiative effects in controlling the 
intensity of the eastern Pacific and Atlantic tropical ocean 
SST warm biases in CMIP5 simulations. Găinuşă-Bogdan 
et al. (2018) highlight this relationship between the pattern 
of latent heat flux biases developed in forced atmospheric 
simulations and the SST biases present in coupled modes. 
This key relationship was not found previously because the 
ocean–atmosphere adjustment in coupled models suggested 
a different relationship between SST and latent heat fluxes, 
which corresponds in most regions to a response of the latent 
heat to SST and not the response of SST to the latent heat 
flux. These studies show that there is still a lack of under-
standing of the role played by turbulent fluxes in the adjust-
ment between ocean and atmosphere and that there is a need 
to further investigate how the representation of these fluxes 
affects the results of climate change simulations.

This study aims to better understand the large-scale 
impacts of the turbulent fluxes and of their parameterization 
in global climate models by considering coupled and uncou-
pled simulations with a low atmospheric resolution version 
of the IPSL climate model (Marti et al. 2010). Sensitivity 
experiments to changes in the computation of the heat drag 
coefficient allow us to explore how changes in the latent heat 
flux parameterization affect the patterns and magnitudes of 
the simulated heat fluxes and of the variables used to com-
pute them. Focusing on the atmospheric moist static energy 
balance, we relate surface changes to the redistribution of 
heat from source to sink regions and to analyze the coupled 
ocean atmosphere adjustment. Section 2 presents the model 
used for this study, the theoretical framework and the modi-
fications introduced in the bulk formulations to performed 
sensitivity experiments. Section 3 present the results of the 
simulations obtained with an atmospheric stand-alone model 
(AGCM) while Sect. 4 present the results of the simula-
tions obtained with an ocean–atmosphere coupled system 
(OAGCM) and a focus on the effect of model tuning. The 
main conclusions are given in Sect. 5.

2  Model and experiments

2.1  The IPSL‑CM4 “Modèle Grande Vitesse” (MGV)

The model used in this study is the MGV version of the 
IPSL-CM4 coupled ocean–atmosphere model (Marti et al. 
2010). It couples LMDZ-4 (Hourdin et al. 2006) for atmos-
pheric dynamics and physics, NEMO-OPA (ORCA2.0 grid) 
for ocean dynamics (Madec et al. 1998), ORCHIDEE for 
terrestrial vegetation (Krinner 2005), and LIM (Fichefet and 
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Morales Maqueda 1999) for sea ice. In this configuration 
the atmosphere-land resolution is degraded to 44 * 44 grid 
points on the horizontal plane and 19 vertical levels. The 
ocean resolution (2°) is the same as in the standard IPSL-
CM4 model. The AGCM reference (ASTD, Table 2) is a 
11 year simulation performed using climatological SST’s 
i.e. without interannual variations as described in Hourdin 
et al. (2006). For aerosols, greenhouse gases and continental 
surfaces a repeated 1980 climate is used. The OAGCM refer-
ence (CSTD, Table 2) is a 100 year simulation. The ocean 
initial state comes from the end of a 500 year reference 
simulation described in Marti et al. (2010) where the ocean 
is at equilibrium with the forcing conditions. The atmos-
pheric initial state come from the last year of the AGCM 
(ASTD) simulation. The climatologies are computed from 
the last 10 years of simulation for the AGCM and from the 
last 40 years of the OAGCM simulation.

Figure 1 presents the climatological annual mean for pre-
cipitation, wind speed at 10 m and sea surface temperature 
for the reference simulation with the standard IPSL-CM4 
(2L24, Marti et al. 2010), the reference simulation for the 
MGV (CSTD) and the observations. The observations comes 
from GPCP for precipitation (Adler et al. 2003), ERA-40 
reanalysis for wind speed (Uppala et al. 2005) and Had-
ISST1 for SST (Rayner 2003). Despite its low atmospheric 

resolution, the MGV simulation is similar to the IPSL-CM4 
reference. It represents the large-scale patterns of sea sur-
face temperature and precipitation (Fig. 1). Compared to the 
observations, the warm pool is too wide in latitude and the 
well-known east coast warm bias is present both in CSTD 
and 2L24 simulations. Compared to the 2L24 simulation, 
the warm pool is less eroded in CSTD however the Atlantic 
Ocean is too warm. A less pronounced double ITCZ (Inter-
Tropical Convergence Zone) and more intense precipitation 
around the maritime continent is also observed for CSTD 
compared to 2L24. This is due to the smoothing of the SST 
pattern on the atmospheric grid, which dampens local feed-
backs between SST, wind convergence, precipitation and 
radiation that contribute to the development of the double 
ITCZ in the IPSL model (Bellucci et al. 2010). For wind 
speed, the large-scale structures are represented but in mid-
dle and high latitudes winds are not strong enough in storm 
track regions in the CSTD simulation compared to both 
2L24 and observations. The MGV underestimates ocean 
heat transport in the northern hemisphere (Fig. 2). This is 
due to the slowdown of the thermohaline circulation caused 
by low wind speeds and associated reduced gyre circula-
tion that brings less warm and high salinity water from the 
tropics to the North Atlantic Ocean convection sites. With 
the exception of this bias, ocean atmosphere heat transport 

Fig. 1  Annual mean precipitation (mm/day) and surface wind (m/s) (left) and SST (right) for the MGV reference CSTD (up), the IPSL-CM4 
reference 2L24 (middle) and observations (bottom)
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is well represented with the correct order of magnitude 
respected.

This short comparison highlights that the MGV model 
represents the large-scale phenomena although with defi-
ciencies related to its resolution and to IPSL-CM4 physics. 
The MGV and the computational advantages it represents 
is thus an efficient compromise for this study where we con-
sider first order large scale adjustments between ocean and 
atmosphere. We are confidents that the results will remain 
valid at higher resolutions.

2.2  Theoretical framework

At the scale of a GCM (general circulation model) mesh, 
turbulence is not explicitly resolved and needs to be parame-
terized. For this purpose an analogy with the diffusion equa-
tions at the molecular scale is made. The turbulent diffusion 
is estimated from resolved large-scale variables (Corrsin 
1975), according to Monin–Obukhov’s theory of similarity 
(Monin and Obukhov 1954). In the IPSL-CM4 model (Marti 
et al. 2010) the latent heat flux is calculated as follows:

where L� is the latent heat of vaporization (J/kg), �a is the 
air density (kg/m3), U1 and US represent respectively wind 
speeds at the first vertical model level and the surface (m/s), 
CQ is the transfer coefficient and, qs and q1 represent specific 
humidity (kg/kg) at the surface and at the first vertical model 
level respectively.

For each flux there is theoretically a corresponding trans-
fer coefficient,  CD for roughness,  CQ for latent heat and  CH 
for sensible heat (Louis 1979; Beljaars and Beljaars 1995). 

(1)L�e = −�aLvCQ

(
U1 − US

)(
q1 − qS

)

Over the continents, surface roughness length is calculated 
as a function of surface land cover and is given by the land 
surface model according to vegetation type. In the following 
we only consider the oceanic part of the system in sensitivity 
experiments.

Over the ocean, the transfer coefficient for momentum is 
expressed as follows:

with:

where CDN is the neutral coefficient, � is the kinematic vis-
cosity, u∗ is the friction velocity, f(Ri) is a stability function 
derived from the stability of the atmosphere determined by 
the Richardson number (4), κ is the von Kármán constant 
(= 0.4), z is the height of the first layer of the model and z0 
is the roughness length (3) based on (Smith 1988) through 
the Charnock formula (Charnock 1955) which takes into 
account the aerodynamic roughness height of the surface (
0.018∗u2

∗

g

)
 and the roughness length for a smooth surface 

(
0.11∗�

u∗

)
.

In the model, the stability function f(Ri) is different in 
stable and unstable cases. Over the ocean a low wind speed 
parameterization is used for the heat transfer coefficient. It 
mimics the transition to free convection regimes over low 
wind speed unstable regimes (Miller et al. 1992). For sen-
sible and latent heat, the drag coefficient over the ocean is:

With CR =
0.0016

CQN|U1| (�vs − �vl)
1

� and � = 1.25 (Miller et al. 

1992).
Note that in the parameterization used in this study the 

bulk transfer coefficients for sensible heat  (CH) and for water 
vapor  (CQ) are equal as shown in Eqs. 5 and 6. In the fol-
lowing,  CH refers to both of these transfer coefficients. In 
addition, it is important to note that the 0.8 coefficient used 

(2)
CD = CDN ∗ f

(
Ri

)
=

�2

log
(
1 +

z

z0m

)2
∗ f

(
Ri

)

(3)z0m =
0.11 ∗ �

u∗
+

0.018 ∗ u2
∗

g

(4)Ri =
fΔzΔ�v

�v|Δu|2

(5)
Stable case ∶ CD = CDN ∗ f (Ri) and CH = CQ = 0.8 ∗ CD

(6)
Unstable case ∶CD = CDN ∗ f (Ri) and

CH = CQ = 0.8 ∗ CD ∗ (1 + C
�

R
)
1

�

Fig. 2  Meridional heat transport (PW) considering the total heat 
transport (black) and the atmosphere (red) and ocean (blue) contribu-
tion. The solids line stand for the MGV CREF simulation and the dot-
ted lines for the IPSL-CM4 2L24 reference
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in Eqs. 5 and 6 has been introduced to take into account the 
differences between the momentum transfer coefficient and 
the transfer coefficients for water vapor and sensible heat in 
a version of the model in which it was not possible to imple-
ment a full parameterization of sensible heat and water vapor 
transfer coefficients (Marti et al. 2010).

2.3  Sensitivity experiment to bulk 
parameterization

In order to test the impact of the heat transfer coefficients 
and thus of the bulk parameterizations, several idealized 
sensitivity tests were carried out on the various character-
istics of the  CH parameterization in forced mode (AGCM) 
with prescribed SST as well as in coupled mode (OAGCM). 
Starting from the reference simulations ASTD and CSTD 
the different simulations have slight modifications of the 
exchange coefficient parameterization (Table 1). Each sim-
ulation realized in this study has a specific objective. The 
first simulation focuses on the impact of the separating fac-
tor used to differentiate  CD and  CH (AREF, CREF). The 
second explores the impact of a change in the neutral coef-
ficient (ACTN, CCTN). The third addresses the impact of 
wind dependency on the heat exchange coefficient (ACTU, 
CCTU). Finally, the fourth simulation focuses on the impor-
tance of the low wind speed parameterization as in Miller 
et al. (1992) (ANLW, CNLW). It should be noted that the 

perturbations initiated for the various sensitivity tests only 
impact the transfer coefficients for heat  (CH). The calculation 
of the momentum transfer coefficient  (CD) remains identical 
in all simulations. AGCM sensitivity experiments have the 
same climate forcing as ASTD and a duration of 10 years. 
For the OAGCM sensitivity simulations, the atmospheric 
initial state is the last year of the corresponding AGCM 
simulation, whereas the oceanic initial state is the same 
as for CSTD. The OAGCM simulations have a duration of 
100 years. The objective is not to run the model to equilib-
rium but to understand the different model adjustments.

Figure 3 presents the transfer coefficients for heat  (CH) 
as a function of wind speed for the different simulations. 
The effects of the modification of the parameterization 
are the same between the simulations carried out with the 
AGCM (Fig. 3a) and the fully coupled system (Fig. 3b). 
This confirms that similar wind regimes and physics are 
active in coupled and in the corresponding atmosphere 
stand-alone simulations. The reference simulations ASTD, 
CSTD have a transfer coefficient about 17% lower than the 
simulations AREF, CREF as expected from the removal of 
the separating factor (0.8) in the parameterization. The dif-
ferences between AREF, CREF and ACTN, CCTN come 
from the introduction of a fixed neutral coefficient that 
increases  CH by about 25% (Table 2). Removing the low 
wind speed parameterization (ANLW, CLNW) leads to a 
strong decrease of about 19% in the transfer coefficient. 

Table 1  Set up of each different 
bulk parameterization

Mode Name Low wind 
speed func-
tion

Neutral coefficient 
over ocean for  CQ 
and  CH

Heat transfer coefficients over ocean  (CQ,  CH)

Forced ASTD On �2

log
(
1+

z

z0m

)2
Stable: 0.8 ∗ CD * stability
Unstable: 0.8 ∗ CD ∗ (1 + C

�

R
)
1

� * stability

AREF On �2

log
(
1+

z

z0m

)2
Stable: CD * stability
Unstable: CD ∗ (1 + C

�

R
)
1

� * stability

ACTN On 0.0011 Stable: CD * stability
Unstable: CD ∗ (1 + C

�

R
)
1

� * stability
ACTU Off �2

log
(
1+

z

z0m

)2
Stable: CD * stability
Unstable: 0.0011

ANLW Off �2

log
(
1+

z

z0m

)2
Stable: CD * stability
Unstable: CD * stability

Coupled CSTD On �2

log
(
1+

z

z0m

)2
Stable: 0.8 ∗ CD * stability
Unstable: 0.8 ∗ CD ∗ (1 + C

�

R
)
1

� * stability

CREF On �2

log
(
1+

z

z0m

)2
Stable: CD * stability
Unstable: CD ∗ (1 + C

�

R
)
1

� * stability

CCTN On 0.0011 Stable: CD * stability
Unstable: CD ∗ (1 + C

�

R
)
1

� * stability
CCTU On �2

log
(
1+

z

z0m

)2
Stable: CD * stability
Unstable: 0.0011

CNLW Off �2

log
(
1+

z

z0m

)2
Stable: CD * stability
Unstable: CD * stability
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When this is active, it reinforces  CH for low wind speed 
values as expected but it should be noted that this function 
also affect  CH for wind speeds greater than 5 m/s (Fig. 3). 
Finally, for the simulations ACTU, CCTU the transfer 
coefficient decreases by about 8% compared to AREF, 
CREF. These simulations have the lowest transfer coef-
ficient for very low wind speeds (< 2 m s), in the unstable 
cases the  CH is fixed at 0.0011 and in the stable cases, the 
values of  CH approximates the values of ANLW, CNLW.

The model version equivalent to the IPSL-CM4 (2L24 
simulation) is used for ASTD and CSTD (for AGCM and 
OAGCM). However in this study, to overcome the effect of 
the coefficient (0.8) used to separate the transfer coefficients 
that is only present in ASTD and CSTD, we consider AREF 

and CREF as reference simulation for atmosphere alone and 
coupled ocean–atmosphere simulations respectively.

3  Impact of bulk formulae on AGCM 
simulations

3.1  Annual mean changes

Figure 4 shows the long-term mean changes in latent heat 
flux (LH, W/m2), rainfall (Pr, mm/day), specific humidity 
at the first atmospheric level (H, g kg) and the transfer coef-
ficient  (CH) compared to the reference (AREF). The tropics, 
where evaporation is the strongest, are the most affected by 

Fig. 3  Transfer coefficient for 
heat over ocean  (CH,*10− 3) as 
a function of the wind speed for 
a AGCM’s and b OAGCM’s 
simulations

Table 2  Spatio-temporal averages between 20°N and 20°S of heat 
exchange coefficient  CH (*10−3), latent heat flux (W/m2) and precipi-
tation (mm/day), together with the % change compared to the refer-
ence.  The last column is the global average of net radiative flux at 

top of atmosphere (TOA) that provide a measure of the global climate 
equilibrium of the model. Note that the error bar (±) is compute from 
the last 40 years for the coupled simulations and from the 10 years of 
simulation for AGCM’s simulations

Mode Name CH (*10−3) ± 0.01 % Latent heat flux 
(W/m2) ± 3.3

% Precipitations (mm/
day) ± 0.31

% Net TOA 
(W/m2) ± 0.6

AGCM AREF 1.18 0.00 136.20 0.00 3.69 0.00 − 2.47
ASTD 0.97 − 17.72 128.30 − 5.80 3.43 − 7.23 − 0.51
ACTN 1.48 25.38 145.30 6.68 4.09 10.78 − 4.49
ACTU 1.10 − 6.62 130.10 − 4.48 3.62 − 1.95 − 0.46
ANLW 0.96 − 18.75 124.10 − 8.88 3.34 − 9.64 0.84

Mode Name CH (*10−3) ± 0.01 % Latent heat flux 
(W/m2) ± 1.9

% Precipitations 
(mm/day) ± 0.16

% Net TOA (W/
m2) ± 0.28

OAGCM CREF 1.22 0.00 132.50 0.00 3.78 0.00 − 0.43
CSTD 1.01 − 16.78 134.00 1.13 3.85 1.93 0.59
CCTN 1.51 23.93 129.30 − 2.42 3.58 − 5.26 − 1.43
CCTU 1.10 − 9.54 133.50 0.75 3.83 1.35 − 0.12
CNLW 0.98 − 19.76 134.50 1.51 3.90 3.12 0.22
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the modification in the bulk formulae (Fig. 4). With imposed 
SST and humidity at the ocean surface, the model reacts as 
expected. An increase (decrease) in the transfer coefficient 
leads to an increase (decrease) of the latent heat flux and 
thereby of precipitation and specific humidity at the first 
model level (Fig. 4).

Table 2 summarizes the spatio-temporal averages over 
the tropics (10 year averages between 20°S and 20°N) of 
 CH, LH, Pr, net radiative balance at the top of atmosphere 
(TOA) and the relative increases/decreases (in %) with 
respect to the reference simulation. All simulations, except 
ACTN, reduced  CH with the largest reduction obtained for 
ANLW with a decrease of 18.8% in the heat transfer coef-
ficient (ANLW, Table 2). This reduction leads to a decrease 
of 8.9% in the latent heat flux and a decrease of 9.6% in 
precipitation, impacting the global radiative balance at the 
top of atmosphere (Table 2). Compared to the reference, 
the tropics are colder and drier for ANLW (− 0.7 °C and 
− 0.35 mm/day). With the exception of ACTN [where the 
tropics are warmer and wetter (+ 0.5 °C and + 0.4 mm/day)], 
the other simulations exhibits similar behaviors (Table 2). 
The imposed changes in the drag coefficient impose a change 
that has almost no impact on the pattern of the simulated 

latent heat flux or a change that causes regional difference 
compared to the reference simulation (Fig. 4). This explains 
why changes between the different variables at the scale of 
the tropics are not proportional from one simulation to the 
other. In particular, ASTD and ANLW have close values for 
the change in latent heat drag coefficient but ASTD simu-
lates 7.23% and ANLW 9.64% (Table 2) less precipitation 
compared to the reference (AREF).

For ASTD and ACTN, the change in the transfer coef-
ficient is spatially homogeneous and leads to an increase 
(decrease) of the latent heat flux almost everywhere (Fig. 4 
1b, 2b). This implies an enhancement (reduction) of the 
humidity over the entire tropics (Fig. 4 1c, 2c). When SST 
is imposed, such changes do not alter large-scale humidity 
or temperature gradients and do not cross thresholds that 
would modify the atmospheric circulation or stability and 
thereby atmospheric convection. Consequently, the variation 
of the transfer coefficient has no impact on vertical velocity 
or the large-scale walker circulation (Fig. 5a, b). We only 
notice an increase (decrease) in precipitation in the tropical 
band where the ITCZ is located due to the modification of 
humidity (Fig. 4 1d, 2d).

Fig. 4  Annual mean differences between (1) ASTD and AREF, (2) ACTN and AREF, (3) ACTU and AREF and (4) ANLW and AREF for a  CH, 
b latent heat fluxes (W/m2), c humidity at 1st level (g/kg) and d precipitation (mm/day)
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Conversely, for ANLW and ACTU the change is more 
regional. Suppressing the low wind speed parameteriza-
tion induces large-scale pattern changes in the heat trans-
fer coefficient over the warm pool and Indo-Pacific sectors 
where low winds are found (Fig. 4 3a, 4a). This implies a 
decrease in the latent heat flux and therefore a reduction in 
humidity in the first atmospheric layers. Global precipitation 
decreases. Over the Indian Ocean and west Pacific precipi-
tation declines by more than 2 mm/day while it increases 
over the western parts of the Pacific and Atlantic oceans 
(Fig. 4 3c 3d). Figure 5c, d shows that it affects the whole 
atmospheric column and is associated with a decrease in the 

upward branch of the Walker cell in the warm pool region 
and with reduced atmospheric convection as can be deduced 
from the reduced upward vertical velocity at 500 hPa. The 
large-scale linkages between convection and winds in 
the tropics is such that the surface wind is also reduced. 
This comparison shows that depending on the pattern of 
 CH changes and the linkages with change in humidity and 
atmospheric convection, different zonal wind speeds cor-
respond to the same imposed SST gradients at the surface.

These differences in latent heat between the east and 
west of the Pacific basin which depend on the change in 
CH are also found in the net surface fluxes calculated as 

Fig. 5  Annual mean differences 
between a ASTD and AREF, b 
ACTN and AREF, c ACTU and 
AREF and d ANLW and AREF 
averaged between 5°N and 5°S 
for humidity (colors, g/kg), 
wind (arrows, Pa/m s) and verti-
cal velocity at 500 hPa where 
the black lines stands for the 
reference simulation (AREF) 
and the green line for the sen-
sitivity experiment (Pa/s). Note 
that on these figures the vertical 
velocity has been magnified by 
a factor 100 and the sign has 
been reversed so that descend-
ing (ascending) arrows indicate 
subsidence (ascent)
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the sum of the latent, sensible and radiative fluxes. We 
define two boxes between 30°N and 30°S, one in the in 
the west Pacific (60°–180°E) and one in the east Pacific 
(180°–80°W). Figure 6 presents the spatio-temporal aver-
age differences for ASTD and ANLW compared to the 
reference (AREF) in these two boxes for the net surface 
flux and its different components. In this figure, although 
included in the calculation of the net surface flux, the sen-
sible heat flux is not shown because in tropical regions it 
is an order of magnitude lower than the other components.

In the west Pacific box the mean anomaly value of 
the net surface flux is − 1.99 and − 19.1 W m2 while in 
the east box is − 3.28 and − 1.89 W m2 respectively for 
ASTD and ANLW compared to the reference. In both 
boxes, the latent heat flux dominates the net radiative 
flux (− 6.87 and − 16.19 W m2 in the west and − 7.95 
and − 7.5 W m2 in the east respectively for ASTD and 
ANLW). The effect of latent heat flux is reinforced by 
the shortwave surface flux (− 0.89 and − 8.69 W m2 in 
the west and − 2.29 and − 2.76 W m2 in the east respec-
tively for ASTD and ANLW) and counterbalanced by the 
long wave flux at surface (5.26 and 6.18 W m2 in the 
west and 6.22 and 7.37 W m2 in the east respectively for 
ASTD and ANLW). When we analyze the cloud radia-
tive forcing (CRF) at the surface, we find that the change 
in solar radiation is due to reduced cloud cover. Indeed, 
the short-wave CRF accounts for most of the SW change 
(− 0.11 and − 8.03 W m2 in the west box and − 1.61 and 
− 2.04 W m2 in the east box). The long-wave CRF is 
almost negligible (Fig. 6), LW directly reflect the reduced 
humidity and associated reduced greenhouse effect. The 
changes observed in the AGCM simulations are mostly 
controlled by the modification of the latent flux. How-
ever, the west and east Pacific basins respond differently, 
a global change has stronger impacts in the east while 
the low wind parameterization (regional change) induces 
larger effects in the west (Fig. 6).

3.2  Equator‑to‑pole redistribution of energy

These changes in large-scale circulation and net radiative 
flux are related to large-scale differences in moist static 
energy (MSE) induced by surface latent heat changes. We 
consider the MSE, combining the dry static energy (heat 
plus potential energy) and the latent energy:

where  CP is the specific heat of air at constant pressure, T is 
the air temperature, g is the gravitational acceleration, z is 
the altitude, L is the latent heat of condensation and q is the 
specific humidity.

In an ocean atmosphere column at equilibrium, the annual 
mean net radiative flux RADTOA (positive downward) is bal-
anced by the divergence of the MSE horizontal export out 
of the atmospheric column ( ⃗∇.F⃗MSE ) and the divergence of 
the ocean heat horizontal export out of the oceanic column 
( ⃗∇.F⃗O):

In this study, we only consider the horizontal export out 
of the atmospheric column ( ⃗∇.F⃗MSE).

The MSE horizontal transport ( ⃗FMSE ) is computed as the 
divergent part of the MSE horizontal flux (Saint-Lu et al. 
2016). The annual mean F⃗MSE and its different components 
(dry static energy (DSE) and latent energy (Lq)) is shown 
in Fig. 7 for the reference AREF. Regions where the MSE 
potential is negative correspond to energy sources, whereas 
regions where it is positive correspond to energy sinks for 
the atmosphere. Figure 7a shows that atmospheric energy 
transports diverge from the tropics (the sources) and con-
verge in high latitudes (the sinks). The warm pool, where 
the warmest water (SST) is found and where deep convec-
tion occurs, is the largest source of MSE. Energy is zonally 
transferred by the atmosphere from the warm pool to the 
other oceanic basins (Fig. 7).

As explained by Trenberth and Stepaniak (2004), the 
moisture in the atmosphere is transported (Lq export) 

(7)MSE = CpT + gz + Lq

(8)RADTOA = ∇⃗.F⃗MSE + ∇⃗.F⃗O

Fig. 6  Annual mean differ-
ences on net surface flux and 
its different components in two 
boxes for ASTD and ANLW 
compared to AREF. The west 
box correspond to a spatial 
average between 30°N, 30°S 
and 80°–180°E while the east 
box correspond to a spatial aver-
age between 30°N−30°S and 
180°–80°W
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towards areas where the air is forced to raise (mostly around 
the warm pool) and hence cool. This explains the zonal 
export of energy from Atlantic and east Pacific basins to 
the warm pool regions by the latent energy (Lq, Fig. 7b). 
This phenomena results in a strong latent heating that drives 
the upward branch of the walker circulation located in this 
region. The DSE export is on the other hand linked with the 
upper atmospheric circulation. When the air rises, the moist 
energy is converted into sensible heat through the release 
of latent heat and is then exported poleward by the Hadley 
cells in the form of dry static energy (Fig. 7c). The warm 
pool thus is both a sink (Lq potential energy) and a source 
(DSE potential energy) of energy. The result is a net export 
of MSE to the poles and from the warm pool to the other 
basins (Fig. 7a–c).

Figure 8 depicts the long-term mean changes in MSE 
and Lq potential for ASTD and ANLW compared to the 

reference (AREF). For ASTD the decrease in transfer coef-
ficient does not change the atmospheric circulation (Fig. 5a). 
It only affects the atmospheric humidity, which decreases, 
but doesn’t induces changes in Lq export (Fig. 8b). Con-
sequently the differences in MSE export are very small 
(Fig. 8a) with only slight differences between the east and 
west of the Pacific basin. For ACTN (map not shown) 
the same behavior is observed but with opposite sign and 
slightly larger amplitude.

For ANLW the mean MSE export out of the warm pool 
region is reduced (Fig. 8c). This is consistent with the latent 
heat flux reduction over this region due to the suppression 
of the low wind speed parameterization that reduces heat 
and moisture availability for the atmosphere and leads to 
a decrease in the export of Lq from the other basins to the 
warm pool (Fig. 8d). This reduction in Lq potential is asso-
ciated with an increase of MSE potential over the eastern 
part of the Pacific (negative value) and a decrease (positive 
value) over the western part (Fig. 8c). The eastern and west-
ern parts of the Pacific respond differently. This reflects the 
E/W gradient in latent heat flux (Fig. 4b) and the differences 
in net heat fluxes (Fig. 6). It also confirms that the change in 
Walker circulation balances the Lq and therefore the MSE 
exchange coming from the E/W gradient induced by latent 
heat changes at the surface. Latent heat flux control is there-
fore an important part of the exchange of energy between 
basins. For ACTU the same phenomenon is observed with 
a slightly lower amplitude.

The zonal integral of the heat transport (Fig. 9) confirms 
that the largest reduction of the equator-to-pole heat trans-
port is obtained for ANLW and ACTU. For these two simu-
lations, the largest differences are found between 20°S and 
20°N and is associated with changes in the Hadley circula-
tion. The change in atmospheric moisture increases the MSE 
transport in the south and decreases it in the north. It also 
shows that the latitude of maximum difference in latent heat 
transport strongly depends on whether the changes in latent 
heat induced by different drag coefficient parameterizations 
is homogeneous or has an E/W asymmetry in the Pacific 
ocean (Fig. 9).

The comparison of these simulations indicates that latent 
heat flux plays a key role on the atmospheric circulation and 
the exchange of energy between basins due to its impact 
on lower atmospherics layers. In an AGCM, the changes in 
latent heat directly reflect the way the heat exchange coef-
ficients are represented. It is enhanced by radiative feed-
backs due to the imposed SST and incoming solar radiation. 
Increasing (decreasing) the turbulent heat flux at the sur-
face leads to an increase (decrease) of the radiative imbal-
ance at the TOA (Table 2) of up to − 4.49 W/m2 for ACTN. 
This imbalance would lead to long-term adjustment when 
the atmosphere is coupled to the ocean as discussed below 
from the analysis of the same sensitivity test with the MGV 

Fig. 7  Annual mean MSE transport by the atmosphere (arrows, W/m) 
and MSE potential (colors, W) (a), Lq transport by the atmosphere 
(arrows, W/m) and Lq potential (colors, W) (b) and DSE transport by 
the atmosphere (arrows, W/m) and DSE potential (colors, W) (c) for 
the reference simulation AREF. Arrows are draw every 2 points on X 
and Y axis and continents are masked because of the too noisy conti-
nental signal due to low resolution
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OAGCM. Note that the simulation ASTD is almost equili-
brated (− 0.51 W/m2) because it corresponds to the reference 
climate version (2L24). Our reference here is AREF with 
− 2.47 W/m2 resulting from the removal of the separating 
factor (0.8) and an increase in heat exchange coefficient 
 (CH). This need to be accounted for when discussing the 
OAGCM simulations below.

4  Impact of bulk formula on OAGCM 
simulations

4.1  Adjustment of the ocean atmosphere system

Figure 3b shows that the effect of the perturbations on the 
heat drag coefficient  (CH) is similar between the simulations 
carried out with the fully coupled system and the AGCM. 
The same physical processes are acting in the AGCM 
and OAGCM simulations. This is consistent with what is 
expected from the change in parameterizations. However, 
the effects observed on latent heat flux are opposite (Table 2; 
Figs. 4, 10). An increase in the transfer coefficient leads to 
a decrease in the latent heat flux and precipitation. Con-
versely, decreased  CH leads to an increase in latent heat flux 
and precipitation. As for the simulation carried out with 
the atmospheric stand-alone model, the tropical band is the 
most impacted by the perturbation (Fig. 10). For CCTN, pre-
cipitation decreases between 10°N and 10°S and increases 
between 40°N and 10°N and 40°S and 10°S while moisture 
decreases everywhere compared to the reference CREF. For 
CSTD, CNLW and CCTU the opposite is observed with a 

Fig. 8  Differences on the annual mean MSE and Lq transport by 
the atmosphere (arrows, W/m) and MSE and Lq potential (colors, 
W) between (a, b) ASTD and AREF and (c, d) ANLW and AREF. 

Arrows are draw every 2 points on X and Y axis and continents are 
masked because of the too noisy continental signal due to low resolu-
tion

Fig. 9  Differences of a the annual mean MSE transport by the 
atmosphere (PW), b annual mean atmospheric latent heat transport 
(PW) and c annual mean dry static energy transport between ASTD, 
ACTN, ACTU, ANLW and AREF
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lower intensity (Fig. 10). When we coupled the ocean and 
the atmosphere the perturbation induced by the modification 
of the heat drag coefficient had a direct impacts on SST. The 
ocean dampens the direct effect by absorbing or releasing 
energy and counteracting the initial perturbation. Modifica-
tion of the SST leads to a destabilization of the humidity 
gradient that modifies the atmospheric circulation involving 
the link between SST and circulation highlighted in other 
studies (McGregor et al. 2014; Minobe et al. 2008). Sub-
sequently, atmospheric and oceanic feedbacks modify the 
atmosphere ocean radiative equilibrium.

Figure 11 illustrates the ocean atmosphere adjustment. 
All sensitivity experiments start from the final year of the 
corresponding AGCM simulation and with the same initial 
ocean state. The radiative imbalance induced by the sensitiv-
ity test to  CH leads to rapid model drift. A negative (positive) 
heat budget at TOA corresponds to a cooling (warming). As 
an example, the −2.47 W/m2 radiative imbalance at TOA 
for AREF (Table 2) is seen at the beginning of the CREF 
simulation (Fig. 11a). After 40 years the imbalance at TOA 
declines as the ocean cools (Fig. 11a, c). The reduced SST 
is also associated with reduced air temperature and humidity 
following the Clausius–Clapeyron relationship (Fig. 11d). 
This corresponds to a reduction of 7.82% of humidity per 
degree for the CREF simulation. This value is similar to the 
ones obtains for global warming experiments (7.5%/K ± 2%) 
(Held and Soden 2006). At the same time the reduced SST 
dampens the surface latent heat flux (Fig. 10b), which 

explains why despite a much higher drag coefficient the 
latent heat flux is almost the same as in the other simulations 
(Table 2). This adjustment process leads to nearly the same 
global latent heat flux in all simulations (Fig. 11b) with dif-
ferent SST and other climate variables. The latent heat flux 
has a key role in determining Earth’s radiative equilibrium. 
As all simulations respond to identical incoming solar radia-
tion, the latent heat needs to be almost identical to achieve 
global radiative balance. The adjustment of the ocean cre-
ates a modification of the state variables like temperature 
and humidity used to compute the turbulent fluxes. When 
the adjustment is almost complete, compared to the refer-
ence (CREF, Table 2), the tropics (20°S–20°N) are colder 
and dryer for CCTN by about − 2.1 °C and − 0.2 mm/day. 
It is warmer and wetter for CSTD, CCTU and CNLW by 
about + 1.5 °C and + 0.07 mm/day, + 0.6 °C and + 0.05 mm/
day and + 1.7 °C and + 0.12 mm/day respectively.

4.2  Response of the coupled system to a global 
change in drag exchange coefficient

To analyze further the ocean–atmosphere feedbacks in terms 
of spatial patterns, we consider first the CSTD simulation. 
Compared to CREF, it represents the case where CH is 
reduced by a factor 0.8 (Table 1). In addition, this simula-
tion is at equilibrium with almost no drift in SST. As can be 
deduced from the AGCM simulation, the modification of the 
transfer coefficient in CSTD does not impact the wind. The 

Fig. 10  Annual mean differences between (1) CSTD and CREF, (2) CCTN and CREF, (3) CCTU and CREF and (4) CNLW and CREF for a 
Latent heat fluxes (W/m2), b SST (°C) and c precipitation (mm/day)
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Fig. 11  Temporal evolution of the spatial averages (over the whole domain) for a atmospheric net radiative flux at the top of the atmosphere (W/
m2), b latent heat flux over ocean (W/m2), c sea surface temperature (°C) and d humidity at 2 m (g kg) for OAGCM’s simulations
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Fig. 12  Annual mean differ-
ences on net surface flux and 
its different components in two 
boxes for CSTD and CNLW 
compared to CREF. The west 
box correspond to a spatial 
average between 30°N, 30°S 
and 80°–180°E while the east 
box correspond to a spatial aver-
age between 30°N–30°S and 
180°– 80°W

Fig. 13  Annual mean differ-
ences between a CSTD and 
CREF and b CNLW and CREF 
averaged between 5°N and 5°S. 
(Top) atmospheric vertical sec-
tion for humidity (colors, g/kg), 
wind (arrows, Pa/m s) and verti-
cal velocity at 500 hPa where 
the black lines stands for the 
reference simulation (CFAC) 
and the green line for the sen-
sitivity experiment (Pa/s). Note 
that on these figure the vertical 
velocity has been magnified by 
a factor 100 and the sign has 
been reversed so that descend-
ing (ascending) arrows indicate 
subsidence (ascent). (Bottom) 
oceanic vertical section for dif-
ferences in temperature (colors, 
°C) and thermocline depth (m) 
where the black lines stands 
for the reference simulation 
(CFAC) and the green line for 
the sensitivity experiment
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modification observed is therefore due to a direct effect of 
the latent heat flux. Compared to CREF, the SST is warmer 
in order to release almost the same amount of latent heat flux 
at the global scale and achieve global radiative balance. Fig-
ure 13a presents a vertical section of the atmosphere–ocean 
circulation differences with CREF along the equatorial band 
(5°S–5°N). At the beginning of the simulation, decreasing 
the heat transfer coefficient diminishes the latent heat flux 
and reduced the evaporation everywhere. This reduces the 
energy transfer from the ocean to the atmosphere, leading to 
decreased evaporative cooling until a new, warm equilibrium 
is reached. Despite very small differences in net and latent 
heat fluxes between CSTD and CREF in the west and the 
east Pacific (− 1.15, 0.83 W m2 in the west box and 0.73, 
1.51 W m2 in the east box define in Sect. 3.1 for net and 
latent heat flux respectively, Fig. 12) the SST response is 
larger in the eastern part of the Pacific where the thermocline 
is shallower. It reaches + 1.4 K in the west box (as given in 
Sect. 3.1) and + 1.81 K in the east box, which reduces the 
temperature gradient along the equator. Trade winds are very 
similar in the west box and slightly decreased by 0.05 m s 
in the east box, which in turn decreases evaporation and 
SST cooling. This mechanism is similar to positive wind-
evaporation-SST (WES) feedbacks (Xie and Philander 1994) 
especially if we combine CH and wind into an evaporative 
efficiency where the effect of CH decrease is equivalent to 
the effect of reduced wind on evaporation (Eq. 1). It has 
been shown that the WES feedbacks are positive when sur-
face temperature and zonal wind variations are in phase with 
westerly (easterly) wind anomalies overlying warm (cold) 
SST anomalies (Kossin and Vimont 2007; Xie 1999).

The establishment of the WES feedback causes the 
appearance of another important feedback, the Bjerknes 
feedback. Bjerknes (1969) gave the name “Walker Circula-
tion” to the east–west convection cell and related it to SST 
(Kousky et al. 1984). As stated previously, in the CSTD sim-
ulation, trade winds are weakened in the eastern and central 
Pacific. The dynamical effect of wind reduces the tilt of the 
thermocline. Its depth shoals by 7 m in the central Pacific. 
This leads to reduced upwelling, a slowdown in ocean cir-
culation and increased SSTs in the region. This reinforces 
locally the surface warming and causes an increase of lower-
tropospheric moisture through latent heat and increased 
moisture convergence. This strengthen ascending motion 
through enhanced diabatic heating and the combination of 
these two feedbacks and of the modification of humidity 
gradient explains the slight extent to the east of the walker 
cell (over warm SST) in this case and the maximum humid-
ity differences found in the central Pacific (Fig. 13a).

After adjustment occurs, the net surface and latent heat 
flux differences observed in AGCM between ASTD and 
AREF largely disappear (Fig. 12). The surface has a simi-
lar net heat budget between the two simulations. However, 

radiative fluxes indicate that the atmospheric circulation is 
different (Fig. 12). As for AGCM simulations, the short-
wave CRF has strong impacts (− 4.18 in the west box and 
− 6.76 W m2 in the east box define in Sect. 3.1) but unlike 
AGCM simulations it is balanced by the long-wave CRF 
(2.64 in the west and 4.63 W m2 in the east box). This high-
lights that changes in cloud cover have a larger role than 
water vapour and counteract the LW greenhouse effect. The 
net surface flux confirms that the changes observed in the 
OAGCM simulations are controlled by the modification of 
the circulation. It also show that the ocean absorbs almost all 
the perturbation produced by the modification of the transfer 
coefficient. However, as with the AGCM simulations, the 
west and east Pacific basins respond differently (Fig. 12).

The differences in the atmospheric column between 
AGCM and OAGCM simulations have their counterpart in 
the differences in MSE transport. Figure 14 shows that the 
MSE export is enhanced over the eastern part of the Pacific 
and an E/W structure, not observed in AGCM appears for 
CSTD compared to CREF (Fig. 14a). This is consistent with 
the warming of tropical SST’s, which is stronger in the east-
ern part of the Pacific and increases the ocean heat available 
for the atmosphere. It is also consistent with the extent to the 
east of the ascending branch of the Walker’s cell (Fig. 13a). 
This can be interpreted as more energy being transferred 
into the Indian and western Pacific from the eastern Pacific 
and the Atlantic. As shown in Fig. 14b, the impact of the 
Lq export is very low due to the adjustment which causes a 
similar latent heat flux between CSTD and CREF.

For CCTN, which also responds to a uniform change in 
 CH the same mechanisms operate but the opposite sign is 
observed. Increased  CH cools the upper ocean leading to a 
decrease of atmospheric humidity, an enhancement of the 
westward wind and a deepening of the thermocline of about 
40 m in the center of the Pacific Ocean. In this simulation 
the same feedbacks are active but with an opposite sign 
and reinforced effects. This amplitude difference is seen in 
Fig. 16 which show a spatial distribution in boxplot form of 
the annual mean differences in MSE potential compared to 
their respective references (AREF and CREF) in the two dif-
ferent boxes define in Sect. 3.1. As with CSTD, in the CCTN 
simulation the east box is the most impacted but the sign is 
opposite and the amplitude is much higher.

4.3  Response of the coupled system to a regional 
change in drag exchange coefficient

To study the ocean–atmosphere system response to a 
regional change in heat drag coefficient (in the warm 
pool region), we consider the ANLW simulation. Com-
pared to CREF, this simulation represents the case where 
the low wind speed parameterization used to compute  CH 
is removed. As for CSTD, the SST is higher compared to 
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CREF in order to release almost the same amount of latent 
heat at the global scale and achieve radiative balance. Fig-
ure 13b presents a vertical section of the atmosphere–ocean 
circulation differences with CREF along the equatorial band 
(5°N–5°S). At the beginning of the simulation, decreasing 
the heat transfer coefficient diminishes the latent heat flux 
and reduces the evaporation predominately in the west of 
the Pacific basin where low winds are found. This effect 
is amplified by radiative feedbacks (Fig. 12) which further 
reduce the energy transfer from the ocean to the atmosphere. 
This warms and stratifies the ocean and shoals the thermo-
cline depth by 18 m in the west Pacific, until a new warm 
equilibrium is reached. As observed in the AGCM simula-
tion, trade winds are reduced (− 0.13 m s in the east box 
defined in Sect. 3.1 and − 0.06 m s in the west box), which 
in turn decreases the moisture advection from the east to 
the west of the Pacific and decreases evaporation and SST 
cooling. As for a global modification, this mechanism is 
similar to positive wind-evaporation-SST (WES) feedbacks 
(Xie and Philander 1994). The establishing of the feedbacks 
differs from CSTD simulation (Sect. 4.2) due to the direct 
impact of a regional modification on the wind which has a 
direct effect on temperature through Bjerknes (1969) feed-
back. Despite similar net heat flux and thermocline depth 
between the east and the west Pacific in the CNLW simula-
tion, due to the wind response, the SST response is slightly 
larger in the eastern part of the Pacific (+ 1.96 K in the east 
box defined in Sect. 3.1) than in the western part (+ 1.64 K 
in the west box). In this case the Bjerknes feedback is active 
from the beginning of the simulation, explaining why the 
thermocline change is larger in CNLW than is CSTD. As 
with the CSTD simulation, the adjustment produces a 

moistening of the lower troposphere (with a maximum in 
the middle of the Pacific). However, the effect on the ocean 
on the other part is different, it is much more stratified and 
slightly warmer at the surface for CNLW (Fig. 13) which 
causes a shift in Walker circulation and not only an extent 
(Fig. 13b). This indicates the dampening effect of the ocean 
in the ocean–atmosphere adjustment.

Figure 14c presents long-term mean changes in MSE 
potential export for CNLW compared to CREF. The mean 
MSE export is enhanced over the eastern part of the Pacific. 
This is consistent with the warming of tropical SST’s and 
also with the strengthening and shifted to the east Walker cir-
culation. As for CSTD, the impact of the Lq potential export 
is limited (Fig. 14d). When the low wind speed parameteri-
zation is suppressed, the same behavior is observed between 
OAGCM and AGCM simulations for the MSE export dif-
ferences (Figs. 8c, 14c), but with lower amplitudes due to 
the dampening effect of the ocean. The same E/W structure 
is observed due to the same response of wind. This implies 
that it is not because we have a change in latent heat flux sign 
that we observe an inversion in the heat transport pattern. In 
this case, when the modification is regional, the change in 
latent heat flux does not counteract the radiative fluxes. As 
with the AGCM simulation, more energy is transferred into 
the Indian and western Pacific from the eastern Pacific and 
the Atlantic. For CCTU (not shown), similar features emerge 
but with a lower intensity. These amplitude differences are 
shown Fig. 16.

As previously explained, the adjustment that occurs 
between the ocean and the atmosphere leads to a similar 
atmospheric state for CNLW and CSTD. This results in 
almost identical zonal heat transport by the atmosphere 

Fig. 14  Differences on the annual mean MSE and Lq transport by 
the atmosphere (arrows, W/m) and MSE and Lq potential (colors, W) 
between a, b CSTD and CREF and c, d CNLW and CREF. Arrows 

are draw every 2 points on X and Y axis and continents are masked 
because of the too noisy continental signal due to low resolution
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for these simulations compared to the reference (CREF), 
with only oceanic heat transport differing (Fig. 15). Unlike 
AGCM simulations, the latitude of the maximum differ-
ence in latent heat transport is similar for all sensitivity 

experiments. The asymmetries observed in AGCM are not 
present in the OAGCM simulations, only the amplitude 
changes between the simulations compared to the refer-
ence (CREF) for atmospheric heat transport. However, as 
in AGCM simulations, the more the atmospheric circulation 
is impacted the greater the difference in the equator-to-pole 
export of energy. For the coupled model, the largest modi-
fication of equator-to-pole heat transport is obtained for the 
CCTN simulation (Fig. 15).

4.4  Impact of atmospheric model tuning

In a fully coupled model the response to a perturbation is dif-
ficult to predict, the adjustment that takes place between the 
ocean and atmosphere is, on the other hand, an understand-
able phenomenon. Găinuşă-Bogdan et al. (2018) highlights 
the link between the pattern of the latent heat flux biases in 
stand-alone models and the systematically and negatively 
correlated pattern of SST biases in coupled simulations. The 
comparison between atmosphere stand-alone and coupled 
simulations indicates that this holds in our simulations. The 
patterns are different from those found in Găinuşă-Bogdan 
et al. (2018) due to the fact that we compare simulations and 
in the initial study they compared simulations with observa-
tions. Here we find the strongest link between differences 
in SST in coupled simulation and differences in latent heat 
flux in atmosphere stand-alone simulation around the warm 
pool and in the Atlantic and Indian oceans. With an imposed 
SST field, errors or modification in the atmospheric stand-
alone model impact directly on the distribution of other vari-
ables such as latent heat flux while in the coupled model, 
when the SST is allowed to develop, the same atmospheric 
modification or errors are transferred to the SST field and 
heat is stored in the ocean. Moreover, as Potter et al. (2017) 
shows, SST changes are propagated by ocean currents and 
can therefore have a more long-term effect than flux changes, 
which are instantaneous. This phenomenon further compli-
cates the response of a coupled ocean atmosphere model.

However, we must not forget that in a coupled model, to 
properly represent the Earth’s energetics with the appropri-
ate global temperature, tuning is always required (Hourdin 
et al. 2016). Some of the changes we highlight in the sensi-
tivity experiments to the heat drag coefficient lead to unre-
alistic climate temperatures that are too warm or too cold 
compared to modern observations (Fig. 12). To explore if 
model tuning realized to adjust the overall energy balance 
modifies our main conclusions we performed a twin simula-
tion to CCTN, named CAJU, in which some clouds param-
eters were adjusted to maintain a warmer temperature in the 
atmosphere. While CCTN has a global mean temperature of 
9.73 °C, the adjustment brings it to a spatio-temporal aver-
age temperature at 2 m of 14.69 °C for CAJU. We recognize 

Fig. 15  Differences of the annual mean. a MSE transport by the 
atmosphere (PW), b atmospheric latent heat transport (PW), c dry 
static energy transport (PW) and d oceanic heat transport (PW) 
between CSTD, CCTN, CCTU, CNLW and CREF

Fig. 16  Spatial distribution in form of boxplot of the annual mean 
differences of MSE potential export by the atmosphere (W) between 
30°S and 30°N in two different boxes in the Pacific region (40°–
180°E for the west boxes and 180°–80°W for the east boxes) for all 
the simulations (AGCM and OAGCM) compared to their respective 
references (AREF and CREF)
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this is a significant tuning, but it was performed within the 
range of atmospheric parameter uncertainties.

Figure 16 presents the results for the adjusted simula-
tion (CAJU) compared to the reference used in this paper 
(CREF). Although the increase of transfer coefficient is 
similar between CCTN and CAJU the tuning leads to an 
opposite response of the system. The tuning of clouds to 
maintain the atmospheric temperature counteracts the cool-
ing induced by the adjustment of the latent heat fluxes in 
CCTN. A strong increase of LH, humidity and therefore of 
the precipitation is observed (not shown). The comparison of 
CAJU and CREF shows that the western part of the Pacific 
Ocean transfer less energy (positive values). This is balanced 
by energy transfer from the Atlantic and the eastern part of 
the Pacific basin (negative values), and is the opposite of 
that found for CCTN. However, the east box remains the 
most impacted due to the global modification of the transfer 
coefficient in CAJU. By strengthening the ascending branch 
of the walker cells, the cloud tuning maintains more humid-
ity in the upper layer of the atmosphere and increases the 
precipitations in all equatorial bands.

The adjustment counteracts the radiative imbalance in 
ACTN and maintains more energy in the system. In short, 
the tuning counterbalances the results obtained with the ini-
tial perturbation and modifies the feedbacks in the coupled 
model by bringing it closer to the atmosphere stand-alone 
model. When tuning is performed, in most cases, the impact 
of a parameterization modification is difficult to disentangle 
from other feedbacks that take place in a coupled system and 
there is a risk of assessing the effect of the tuning and not of 
the modification on the physical package.

5  Conclusion

The present study investigates the large scale impacts of the 
transfer coefficient used to compute turbulent heat fluxes, 
focusing on the tropical regions. This is a key area of the cli-
mate system that is important for the redistribution of energy 
between the equator and the poles (Kjellsson 2015; Saint-
Lu et al. 2016). The latent heat flux provides energy to the 
evaporation process. It plays an important role in the water 
cycle (Cao et al. 2015) and the global ocean atmosphere 
circulation. To better understand how the representation of 
this flux affects the coupled ocean atmosphere system, we 
performed sensitivity experiments with a very low atmos-
pheric resolution version of the IPSL-CM4 model in which 
the surface bulk formula is modified. Performing these tests 
with parallel atmospheric stand-alone and fully coupled 
ocean–atmosphere models allows us to study the direct 
effect of the disturbance with the AGCM and the mecha-
nisms of adjustment to these changes between the ocean 

and the atmosphere with the OAGCM. We focus on global 
energetics and the atmospheric circulation response.

An atmosphere stand-alone model reflects a direct 
response to the modification of the bulk formula. With 
an imposed SST, there is a clear link between latent heat 
flux, humidity and precipitation. A regional modification 
of heat transfer coefficient has more impact than a global 
modification due to the impact on large scale humidity and 
temperature gradients which give rise to pressure gradients 
that in turn cause modification of the wind and thereby 
the atmospheric circulation. A coupled model reacts dif-
ferently to the same perturbation. Specifically, the modi-
fication of the transfer coefficient impacts the SST and 
atmospheric state variables but not directly the latent heat 
flux which must remain almost the same to achieve radia-
tive balance. This modifies the way the coupled system 
works due to the link between atmospheric circulation 
and SST and the different feedbacks between ocean and 
atmosphere. Global impacts have more importance than 
regional impacts in this case. As shown in Fig. 16, the 
same areas are impacted in AGCM and OAGCM simu-
lations. Regional changes have more impact in the west 
Pacific while global changes affect the east of the Pacific 
basin. This demonstrates that beyond the physical details 
of the model itself, the relationships between regions 
through large scale atmosphere ocean circulation are of 
critical importance in explaining the functioning of the 
global system.

The last key point highlighted in this study is that in 
climate models, although the importance of turbulent heat 
fluxes on the global system is recognized, it remains dif-
ficult to improve their representations to upgrade both the 
climatology of a coupled and a forced model. It is also 
difficult to understand the impacts of the parameterization 
of turbulent fluxes due to the sensitivity of atmospheric 
circulation to their representation, the different feedbacks 
between ocean and atmosphere and model tuning. For this 
reason, idealized studies are needed to understand how 
different parameterizations interact but also to avoid the 
risk of only assessing the effects of tuning when analyzing 
coupled simulations. It would be interesting to do further 
investigations on the role of latent heat flux on the clouds 
and how convection and cloud parameterization responds 
to surface change. This would help to further understand 
the differences between low and high atmospheric layers 
and thereby to better assess the role of this flux in balanc-
ing energetics in global climate models.
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