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Abstract
The Atlantic meridional overturning circulation (AMOC) is predicted to weaken over the coming century due to warming 
from greenhouse gases and increased input of fresh water into the North Atlantic, however there is considerable uncertainty 
as to the amount and rate of AMOC weakening. Understanding what controls the rate and timescale of AMOC weaken-
ing may help to reduce this uncertainty and hence reduce the uncertainty surrounding associated impacts. As a first step 
towards this we consider the timescales associated with weakening in response to idealized freshening scenarios. Here we 
explore timescales of AMOC weakening in response to a freshening of the North Atlantic in a suite of experiments with an 
eddy-permitting global climate model (GCM). When the rate of fresh water added to the North Atlantic is small (0.1 Sv; 
1 Sv = 1 × 10

6 m 3/s), the timescale of AMOC weakening depends mainly on the rate of fresh water input itself and can be 
longer than a century. When the rate of fresh water added is large ( ≥ 0.3 Sv) however, the timescale is a few decades and 
is insensitive to the actual rate of fresh water input. This insensitivity is because with a greater rate of fresh water input 
the advective feedbacks become more important at exporting fresh anomalies, so the rate of freshening is similar. We find 
advective feedbacks from: an export of fresh anomalies by the mean flow; less volume import through the Bering Strait; a 
weakening AMOC transporting less subtropical water northwards; and anomalous subtropical circulations which amplify 
export of the fresh anomalies. This latter circulation change is driven itself by the presence of fresh anomalies exported 
from the subpolar gyre through geostrophy. This feedback has not been identified in previous model studies and when the 
rate of freshening is strong it is found to dominate the total export of fresh anomalies, and hence the timescale of AMOC 
decline. Although results may be model dependent, qualitatively similar mechanisms are also found in a single experiment 
with a different GCM.

Keywords AMOC · Timescale · Climate

1 Introduction

The Atlantic meridional overturning circulation (AMOC) is 
projected to decline as concentrations of greenhouse gases 
increase, however there is a wide range in the magnitude 
and speed of this decline across Global Climate Models 
(GCMs), leading to significant uncertainties in projec-
tions. Reintges et al. (2016) attributed the model spread 
in response of the AMOC to the model spread in density, 
and particularly salinity, changes. These model projections 
also generally do not include additional fresh water input 
into the high latitudes from melting glaciers and ice sheets, 
another process which can inhibit deep convection in the 

North Atlantic and weaken the AMOC. Although experi-
ments which do include realistic estimates of future fresh 
water input only show a small additional AMOC weaken-
ing over the next century (Swingedouw et al. 2015; Bakker 
et al. 2016), there are suggestions that the AMOC in the 
real world might be more sensitive. One line of evidence 
comes from paleo data showing large, rapid (over decades) 
changes in surface temperature which have been suggested 
to originate from large shifts in the AMOC in response to 
the addition of fresh water (McManus et al. 2004; Rahm-
storf 2002; Clement and Peterson 2008). Theories suggest 
that the AMOC might have both stable on and off states 
dependent on the fresh water added to the North Atlantic 
(Rahmstorf 1996). Rapid transitions between such states 
could result in large shifts in surface temperatures such as 
those measured in paleo records. Studies have suggested that 
GCMs may be too stable since they are unable to correctly 

 * Laura C. Jackson 
 laura.jackson@metoffice.gov.uk

1 Met Office Hadley Centre, Exeter, UK

http://crossmark.crossref.org/dialog/?doi=10.1007/s00382-017-3957-6&domain=pdf


1334 L. C. Jackson, R. A. Wood 

1 3

simulate these large paleo changes (Valdes 2011), and that 
biases in GCMs associated with the transport of fresh water 
could affect the stability and response of the AMOC (Jack-
son 2013; Liu et al. 2013, 2017). Other evidence that the 
AMOC is potentially more sensitive in the real world than in 
models is recent evidence that the interannual AMOC vari-
ability in GCMs is weaker than that observed (Roberts et al. 
2014). This suggests that the AMOC may be more sensitive 
to interannual atmospheric forcing in the real world than in 
models, with the implication of potentially greater sensitiv-
ity to other forcings.

Many studies have examined the question of AMOC 
stability using theoretical models (Rahmstorf 1996; Cima-
toribus et al. 2014), Earth system models of intermediate 
complexity (Rahmstorf et al. 2005; Hofmann and Rahmstorf 
2009) and fully coupled GCMs (Hawkins et al. 2011; Liu 
et al. 2013), although there are limitations for the latter in 
the experiments that are possible. In terms of policy how-
ever, the question of the stability of the AMOC may be less 
relevant than the questions of whether it is possible to detect 
that a threshold has been passed, the timescales and rate of 
AMOC decline, and whether the decline is reversible. We 
focus here on the question of what controls the timescale 
and speed of AMOC decline when fresh water is added to 
the Atlantic. Although warming from increased greenhouse 
gases undoubtedly plays a significant role in the projected 
weakening of the AMOC, we initially concentrate on fresh 
water forcing since it is believed to potentially be important 
for rapid changes of the AMOC. We note that these results 
are also relevant for understanding large, rapid paleoclimate 
changes that are believed to have have been caused by rapid 
changes in the AMOC in response to large inputs of fresh 
water (McManus et al. 2004; Rahmstorf 2002). The sce-
narios applied here are idealized with large inputs of fresh 
water, in order to identify the signals and mechanisms. This 
is a first step towards understanding the response and time-
scales in more realistic projections. It is also likely that the 
timescale is sensitive to the region of fresh water input, as 
well as being model dependent. Hence we focus on the dif-
ferent mechanisms of AMOC weakening and how these 
affect the timescale. Little previous work has concentrated 
on what controls the timescale of AMOC decline. One study 
(Sgubin et al. 2015) considered the AMOC recovery after an 
increase and then decrease of greenhouse gases and related 
the different AMOC recoveries in different models to differ-
ent inertial timescales in the recovery of salinity because of 
different advective responses.

Other studies have examined the response of the AMOC 
to idealized formulations (Stouffer et al. 2006; Swingedouw 
et al. 2013) or projections (Driesschaert et al. 2007; Hu et al. 
2011; Bakker et al. 2016) of future fresh water input in the 
North Atlantic. Conclusions have been that expected fresh 
water input from Greenland Ice Sheets would cause little 

additional AMOC weakening up to 2100, however Bak-
ker et al. (2016) suggested that the impacts would be much 
larger by 2300, with an additional 37% AMOC weakening 
predicted in a high end scenario. Various processes have 
been found to affect the fate of the fresh water added, and 
hence the AMOC weakening. Swingedouw et al. (2013) 
found that the magnitude of AMOC weakening depended 
on the leakage of fresh anomalies from the subpolar to sub-
tropical gyres, and that models with more asymmetric fronts 
between the subpolar and subtropical gyres had less export 
of fresh anomalies and weakened more. Hu et al. (2011) 
found that the hosing weakened the import of Pacific water 
through the Bering Strait, offsetting some of the freshening, 
and other studies have also found that changes in meridional 
fresh water transport can oppose freshening from hosing 
(Jackson 2013; den Toom et al. 2014). The ocean response 
has also been shown to be sensitive to the ocean resolution 
and presence of eddies (Weijer et al. 2012; den Toom et al. 
2014).

In Sect. 2 we describe the model and outline the experi-
ments. In Sect. 3 we analyze the AMOC decline and the 
mechanisms controlling that decline in the different experi-
ments. The timescale over which the AMOC weakens is 
evaluated in Sect. 4, as well as how the mechanisms affect 
this timescale. A summary and conclusions are then pre-
sented in Sect. 5.

2  Methods

We use HadGEM3-GC2 which is an eddy-permitting GCM 
(Williams et al. 2015) that has been developed since the 
5th Coupled Model Intercomparison Project (CMIP5). 
The GCM consists of ocean, atmosphere, land and sea–ice 
components. This ocean model component uses the Global 
Ocean version 5 (GO5) (Megann et  al. 2014) of the 
ORCA025 configuration of the Nucleus for European Mod-
elling of the Ocean (NEMO) (Madec 2008) which has a 
nominal resolution of 0.25◦ and 75 vertical levels. Because 
of the increased horizontal resolution the model does not 
use the GM (Gent and McWilliams 1990) parameterization 
for eddy mixing, however other mixing parameterizations 
are used including: lateral mixing along isoneutral surfaces, 
diapycnal mixing from a turbulent kinetic energy scheme 
and a background vertical eddy diffusivity (Megann et al. 
2014). The model uses a linear free surface approximation 
which means that there is no volume change from precipi-
tation and that freshening from surface fluxes is then rep-
resented as described in Roullet and Madec (2000). The 
atmosphere model is the Global Atmosphere version 6 
(GA6.0) of the Met Office Unified Model, and is used with 
a horizontal resolution of about 60 km in mid-latitudes, and 
85 levels in the vertical.
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A simulation with steady preindustrial forcing pro-
vided the control, and a set of experiments were conducted 
where fresh water was added to the North Atlantic to drive 
a weakening of the AMOC. For this study we use 200 
years of control; the AMOC strength is 14.5 Sv with a 
standard deviation of 0.9 Sv and a small upwards trend 
of 0.27 Sv per century. A previous study (Mecking et al. 
2016) showed that the addition of a large amount of fresh 
water into the North Atlantic in HadGEM3-GC2 caused 
the AMOC to substantially weaken, with no recovery 
found over the subsequent centuries. Instead of adding 
a large amount of fresh water over a decade, as in that 
study, we use the more standard methodology of applying 
an additional fresh water flux to the surface ocean (hos-
ing). We use an idealized forcing with the flux applied 
uniformly over the Arctic and North Atlantic north of 50o

N. To prevent the hosing changing the global mean salin-
ity, we also apply a volume compensation for the hosing 
by removing fresh water from each grid cell through the 
ocean volume. The amount to be removed is calculated so 
that the global volume average salinity change from the 
hosing and compensation is zero. We apply several rates of 
hosing (0.1, 0.2, 0.3, 0.5, 0.7, 1.0 Sv, where 1 Sverdrup = 
106m3/s) for 150–250 years. Experiment names and details 
are shown in Table 1.

A comparison is also made in Sect. 3.4 with results 
from a hosing experiment with a different GCM, HadCM3 
(Gordon et al. 2000). This is an earlier coupled GCM 
with lower resolution (1.25◦ and 20 vertical layers in the 
ocean). Although both models were developed at the Met 
Office Hadley Centre, all components use very different 
models, with the ocean and sea ice components having a 
different provenance. The HadCM3 experiment used for 
the comparison (referred to here as hadcm3_hos10) also 
applies 1 Sv hosing to the North Atlantic (over 50–70◦ N 
rather than including the Arctic as well). Further details of 
the model and experiment can be found in Jackson (2013) 
(where HadCM3 is the unfluxadjusted model).

AMOC timeseries are measured as the maximum of the 
streamfunction over 200–3000 m at 26.5 N. Details of the 
salinity budget can be found in Appendix and a description 
of the numerical calculation in 6.3.

2.1  Piecewise linear function

In Sect. 4 we fit timeseries with a piecewise linear function. 
This is a function with two linear segments and a join at 
time T. Firstly we choose a point � in the timeseries and fit 
the timeseries up to that point with a linear function using 
least squares regression (giving a trend and an intercept). 
We then fit the timeseries after � in the same way, but with 
the constraint that the value at time � matches that from the 
first line. This gives us a second trend. We then repeat this 
for all possible values of � in the timeseries and choose the 
value of � = T  that minimizes the root mean square error of 
the function from the timeseries data.

3  Mechanism of AMOC response

3.1  The AMOC

In the preindustrial control the AMOC consists of a coher-
ent overturning cell in the top 2500 m of the Atlantic, with a 
strength of 14.5 Sv. This is slightly weaker than the observed 
value (from 2004 to 2012) of 17.2 ± 0.9 Sv (McCarthy et al. 
2015) (Fig. 1).

The AMOC weakens to <4 Sv in all experiments where 
hosing is applied, with the reduction occurring over time-
scales of ∼ 50–200 years. The rate and magnitude of the 
weakening of the 0.1 and 1 Sv hosing experiments are con-
sistent with those found in a multi-model study (Stouffer 
et al. 2006). The AMOC in our experiments decreases faster 
with stronger hosing, however there is a saturation of this 
effect at higher hosing rates (with little difference in the 
AMOC decrease between 0.5 and 1 Sv of hosing). This sug-
gests that, even with infinite hosing, there is a limit on how 
fast the AMOC can decrease. Timeseries of North Atlantic 
March mixed layer depth (Fig. 1b) show that deep convec-
tion decreases faster than the AMOC, and that the AMOC 
can continue decreasing for decades after deep convection 
has ceased. This will be discussed further in Sect. 4 where 
we investigate the timescales in more depth.

The ’off’ state reached consists of a very weak AMOC 
cell with very little sinking in the northern hemisphere 

Table 1  Experiments and the 
fits of a piecewise linear model 
to the AMOC timeseries from 
Fig. 11

Hosing (Sv) Length of run T (year) First trend 
(Sv/year)

Second trend 
(Sv/year)

Tmld (year)

hos01 0.1 250 250 −0.04 187
hos02 0.2 200 78 −0.11 −0.010 49
hos03 0.3 150 44 −0.21 −0.017 33
hos05 0.5 200 40 −0.23 −0.014 21
hos07 0.7 150 38 −0.24 −0.019 6
hos10 1.0 200 36 −0.24 −0.012 4
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(Fig. 1c). Some previous studies have found off states with 
large reversed Atlantic cells either with stronger Antarctic 
bottom water cells or cells associated with Antarctic inter-
mediate water (Marotzke and Willebrand 1991; Manabe 
and Stouffer 1999; Gregory et al. 2003); the results in 
Jackson et al. (2016) suggest that the type of off state 
reached could influence the stability of the off state. In 
these experiments there is no strengthening of the deep 
Antarctic bottom water reverse cell, although we can see 
the appearance of a weak reverse cell in the upper 1000 m, 
which may be related to an Antarctic intermediate water 
cell. A similar off state was found in Mecking et al. (2016) 
where the same GCM was forced with a different hosing 

scenario, however the off state in our experiments has a 
weaker AMOC cell and stronger upper ocean reverse cell.

3.2  Relationship to salinity

Many previous studies have found a strong relationship 
between the AMOC strength and North Atlantic density 
(Thorpe et al. 2001; Swingedouw et al. 2007; Jackson et al. 
2016), since density changes in the subpolar North Atlan-
tic lead to greater sinking and an acceleration of the deep 
western boundary currents that make up the return branch 
of the AMOC (Straneo 2006). In these experiments den-
sity changes are dominated by salinity changes, leading to 

(a) (b)

(c) (d)

Fig. 1  AMOC. a Timeseries of AMOC (at 26 N) and b timeseries of 
maximum March mixed layer depth over the subpolar North Atlantic 
(smoothed with a 5 year running mean) for experiments hos01 (blue), 
hos02 (cyan), hos03 (green), hos05 (yellow), hos07 (red), hos10 (pur-

ple) and the control (black). c Time mean Atlantic streamfunction 
from the control (years 150–200). d Time mean Atlantic streamfunc-
tion after strong hosing (years 150–200 of hos10)
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a strong relationship between North Atlantic salinity and 
the AMOC. Figure 2 shows a scatter plot of North Atlantic 
(between 30◦ N and the Bering Strait) volume averaged salin-
ity against AMOC strength. There is a strong correlation 
(0.92) for salinities greater than 34.95 PSU, hence under-
standing of the AMOC decline may be gained by examin-
ing the salinity changes in the North Atlantic. Note that the 
AMOC (as measured here by the maximum value at 26.5 
N) does not decrease below a background value of 0–2 Sv 
even when the salinities become fresher. A different metric 
might capture the development of a shallow reverse (nega-
tive) cell when the freshening is large (Fig. 1), however in 
this study we are focusing on the weakening of the positive 
AMOC cell.

The average salinity of the North Atlantic ( ̃S ) is affected 
by the addition of fresh water from the hosing flux ( FH ) and 
by changes in advection ( Fadv), changes in diffusion ( FD ) 
and surface fluxes (evaporation–precipitation–runoff, Fsurf  ) 
that occur as the climate system responds. Changes in sea 
ice can also affect the salinity, however these are found to be 
negligible in these experiments and are therefore neglected. 
Hence the salinity budget (see Appendix) is given by

where � is the volume of the region which remains con-
stant. These terms are shown in Fig. 3. In each experiment 
the hosing starts abruptly at the start of the experiment, so 
before the advection and surface fluxes respond we have 
𝜈dS̃∕dt = −FH . Over time the advective terms change to 
oppose the freshening from the hosing. At least part of this 
is the removal of fresh anomalies generated in the hosing 

(1)𝜈
dS̃

dt
≈ −FH + Fadv + Fsurf + FD

region by the circulation, however there are also changes in 
the circulation itself which will be discussed below. There is 
also a slight salinification from changes in the surface fluxes 
caused by a reduction in net precipitation (not shown), and a 
slight salinification from diffusion in hos01, however most 
of the opposition to the freshening comes from advective 
changes. Eventually a balance is reached where the increased 
freshening from the hosing is balanced by advective and sur-
face fluxes, and the magnitude of dS̃∕dt is small. Note that 
dS̃∕dt is still weakly negative in all experiments, implying a 
further gradual freshening which is consistent with the pic-
ture of a slowly weakening AMOC after the initial decline.

Over the time of AMOC decrease T (which is defined 
and discussed in more detail in Sect. 4) the total amount 
of fresh water added to the North Atlantic is TH where 
H is the hosing flux. We can calculate where this fresh 
water goes by integrating the terms in Eq. 1 over the time 
T; this is shown in Fig. 4 as a percentage of the total fresh 
water input. When the hosing is weak, ≈ 90% of fresh 
water goes into freshening the North Atlantic, with ≈ 10% 
lost through changes in advection and surface fluxes each. 
When the hosing is stronger, the advection is more effi-
cient at removing fresh water ( ≈ 50%), so less fresh water 
is available to freshen the North Atlantic.

3.3  Response of advection

The influence of advection on the salinity of the North 
Atlantic can be split into 3 components (see Appendix):

where Fthr is the component due the volume transport 
through the region (throughflow) having different salinities 
at the boundaries. FN = ∫

BS
vSdxdz is the exchange of salin-

ity across the northern boundary (taken to be the Bering 
Strait) which is found to be negligible. FS = ∫

30N
vSdxdz is 

the exchange of salinity across the southern boundary (30◦

N). Timeseries for these terms (as anomalies from the con-
trol) are shown in Fig. 5a, b for two experiments hos02 and 
hos10. The exchange across the southern boundary can fur-
ther be decomposed into terms related to the variations of 
salinity and velocity separately (see Appendix):

Alternatively the exchange across the southern bound-
ary can be decomposed into terms related to the overturn-
ing or gyre components (see Appendix):

These two decompositions are shown in Fig. 5c, d.

(2)Fadv = Fthr + FS + FN

(3)FS = FvcS
� + Fv�Sc

+ Fv�S�

(4)FS = Fo + Fg
Fig. 2  Plot of AMOC strength Q against North Atlantic salinity. A 
linear fit to values where S > 34.95 PSU gives a regression slope of 
43.6 Sv/PSU and a correlation coefficient of 0.93 (black dashed line). 
Colors are the same as in Fig. 1
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Examination of the different components of advection 
reveals four processes that are contributing to the changes 
in advection seen in Fig. 3:

• Changes in the throughflow component cause salinifi-
cation (cyan lines, Fig. 5). This is found to be because 
of changes in the total transport through the region (not 
shown), rather than changes in salinity. The volume 
transport through the Bering Straits weakens, and in 
stronger hosing cases reverses. These transport changes 
are likely caused by a reduction of the gradient in sea 
surface height between the Atlantic and Pacific basins 
due to the freshening of the North Atlantic.

• Fresh anomalies generated by the hosing would be 
exported through the south boundary if the circula-
tion does not change, resulting in salinification (pur-
ple dotted lines, Fig. 5). This export is mostly done by 

the gyre circulation (thick purple lines). Other studies 
have also found a salinification of the equatorial North 
Atlantic from a southwards shift in the Intertropical 
Convergence Zone (Vellinga and Wu 2004; Stouffer 
et al. 2006, ITCZ), providing saline anomalies to be 
advected northwards in the western boundary current, 
which would also salinify the subpolar North Atlan-
tic. There is some low latitude and western boundary 
current salinification in the weaker hosing experiments 
(not shown), however in the strong hosing cases the 
recirculation of fresh anomalies in the subtropical gyre 
outweighs the import of saltier water from the ITCZ 
region. Over time this results in the freshening of the 
western boundary current and a reversal from an ini-
tial export of fresh anomalies to a net import of fresh 
anomalies (purple dotted line, Fig. 5d). This term does 
assume no change in the velocity, so does not take into 

Fig. 3  Timeseries of terms 
from the salinity budget (Eq. 1) 
for the six hosing experiments 
as anomalies from the control 
experiment with smoothing 
from a 10 year running mean. 
Terms are: salinity tendency 
( �dS∕dt , black), hosing −FH 
(gray), changes in salinity 
advection (red), changes in 
diffusion (yellow) and changes 
in surface fluxes (blue). The 
dashed vertical line shows 
the time T (see Table 1). Note 
the different time axis in the 
top panel. The black horizon-
tal dashed line shows the zero 
line
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account the weakening of the AMOC itself. Hence the 
decomposition is misleading at this point.

• Changes in circulation alone cause an additional fresh-
ening (purple dashed lines, Fig. 5). This is found to be 
caused by the weakening of the AMOC (pale purple 
lines) which imports less of the saline subtropical water, 
and has a freshening contribution.

• There is also a large contribution from Fv′S′ in hos10 (pur-
ple dash-dot lines, Fig. 5); this is the covariance of veloc-
ity and salinity anomalies. We will show later that this is 
because of an anomalous circulation in the upper eastern 
subtropics which exports fresh anomalies generated by 
the hosing. Hence this term acts to offset the freshening 
from the hosing.

In the initial phase of AMOC weakening there are three 
components that act to salinify the North Atlantic and 
oppose the freshening from the hosing, and one component 
that acts to amplify the freshening. This latter component, 
the reduced import of saline water from a weakening AMOC 
is often referred to as the advective feedback. It is this feed-
back that is responsible for nonlinear behavior and hysteresis 
in simple models of the AMOC (Rahmstorf 1996; Cima-
toribus et al. 2014), and has been shown to be important 
(when considering the advective changes into the Atlantic 
from the Southern Ocean) for AMOC behavior in GCMs 
(de Vries and Weber 2005; Jackson 2013; Liu et al. 2013). 
One other way in which the hosing could affect the circu-
lation is through an input of volume locally that induces 
a Goldsborough-Stommel circulation (Huang and Schmitt 
1993), however this would not directly affect the transport at 
the southern boundary which is south of the hosing region.

One question is whether the presence of eddies plays a 
role in the salt transport given that the model used is of 
eddy-permitting resolution. Mecking et al. (2016) calculated 
an eddy component of the transport FS as the sub-monthly 
covariances of velocity and salinity (see also Appendix) for 
this model. They found this transport to be small, although 
it played a role in the budget of the tropical Atlantic. We do 
not find the eddy transport to be significant in the region 
considered here. Other studies have found eddy-driven mix-
ing to play a role in spreading fresh anomalies from hosing 
(den Toom et al. 2014; Boning et al. 2016), however the 
impact on AMOC weakening has been mixed: Spence et al. 
(2012) found greater AMOC weakening at high resolution 
but Weijer et al. (2012) found similar magnitudes of AMOC 
decline at low and high resolutions.

It might be expected that when the hosing input increases, 
the advective changes become stronger. Inspection of the 
advective changes from Fig. 5 reveal that this is only par-
tially true. While the Fthr and Fv′S′ both respond substantially 
more in hos10 than hos02, the responses from changes of 
velocity and salinity alone show little increase with greater 
hosing. For the response related to velocity changes alone, 
this can be understood by regarding Fv′Sc as the transport 
due to the anomalous overturning circulation. Since the 
AMOC changes by the same amount in each experiment 
(reduces to near zero), the changes in this transport would 
be expected to be similar. The changes due to advection of 
salinity anomalies alone are more complex. In hos10 there 
is a faster response with fresh anomalies being exported ear-
lier in the experiment, however (as discussed above) these 
fresh anomalies recirculate in the subtropical gyre, opposing 
additional freshening.

3.4  East subtropical circulation

Since the covariance of velocity and salinity anomalies 
( Fv′S′ ) plays a large role in the Atlantic salinity budget, we 
examine cross sections at 30◦ N to investigate the processes 
responsible for changes in this term (Fig. 6). In the control 
the upper waters are warm and saline with isopyncals slop-
ing downwards towards the west. Velocities show a strong 
northwards velocity on the western boundary with recir-
culation slightly off shore. This is the northwards flow of 
the Gulf Stream, some of which is returned at depth, some 
locally recirculated, and some returned in the subtropical 
gyre (as seen by the southwards velocities across most of 
the upper 500 m). At the eastern boundary there is also an 
Eastern boundary current system caused by wind-driven 
upwelling at the boundary (Gill 1982).

In the experiments with hosing, fresh anomalies (from the 
addition of hosing over regions north of 50◦N) are advected 
southwards in the subtropical gyre (see also Fig. 7). This 
results in a fresh and light pool of water in the eastern 

Fig. 4  Percentage of total fresh water added over the time of AMOC 
decline (T) which goes into changing the North Atlantic salinity 
(black), is removed through net changes advection (red), through dif-
fusion (yellow) or removed through changes in surface fluxes (blue). 
The black dashed line shows the zero line
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subtropical gyre (Fig. 6b, d). Velocities show a shift of the 
southerwards gyre flow to the eastern part of the basin, and 
particularly in the near surface waters between 10–20◦ W 
(see also velocity anomaly in 8).

To see where the covariance of salinity and velocity 
anomalies contributes to the export of fresh anomalies, we 
multiply the anomalous velocity and salinity fields ( Fv′S′ , 
Fig. 8c). There is a contribution from the Gulf Stream as 
the northwards flow weakens and the water freshens (as 
the fresh anomaly recirculates in the subtropical gyre) and 
a contribution from the eastern section where there is a 
greater southwards transport of fresher water. To assess the 
contributions to the total transport we do a running inte-
gral Fvs from the eastern boundary, and integrate over depth 
(Fig. 8d). A large contribution to the increased export of 
fresh anomalies comes from near the eastern boundary over 
the top 200 m. This is partly offset by the reduced export of 
fresh anomalies over most of the upper gyre. There is also 

an increased export of fresh anomalies from the Gulf Stream 
weakening.

The southwards transport in the eastern section is intrin-
sically linked to the fresh anomaly through geostrophic 
balance (Fig. 8b). Hence the southwards export of fresh 
anomalies by the mean circulation generates anomalous 
geostrophic velocities which shift the southwards gyre flow 
to the eastern part of the basin where the water is fresher 
and cooler. This enhances the export of fresh anomalies. 
Although there is some ageostropic contribution near the 
boundaries, most of the transport across the section can be 
explained by the geostrophic contribution to Fv′S′ (Fig. 8d, 
blue dashed line). The total southwards transport by the 
gyre is unchanged (consistent with Sverdrup theory (Vallis 
2006) since there is no significant change in the wind stress 
curl). Instead there is a change in the vertical distribution 
of the transport resulting in greater southwards flow in the 
upper east part of the basing where the fresh anomalies are 
greatest.

(a) (b)

(c) (d)

Fig. 5  Anomalous advective terms for hos02 (a, c) and hos10 (b, 
d). Shown are (a, b): Fadv (red), contributions from the throughflow 
transport term Fthr (cyan), from the exchange across the Bering Strait 
FN (green) and from the exchange at 30◦ N FS (purple) (see Eq.  2). 
In (c, d) the latter is decomposed into anomalous advection due to 

salinity variations (dotted line), due to velocity variations (dashed 
line) and due to co-variations in velocity and salinity (dot dash). 
Also shown is the decomposition into overturning (pale line) and 
gyre (thick line) components. See Eqs. 3 and 4. The black horizon-
tal dashed line shows the zero line
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This shift in the near surface circulation plays a greater 
role when the hosing is stronger because of the depth dis-
tribution of the fresh anomaly. Figure 9 shows the salinity 
anomaly from each experiment at a time when each experi-
ment has experienced the same total hosing (20 Sv year) but 
over different lengths of time. In the experiments where the 
hosing is weak, although convection decreases over time, 
it is still able to mix the fresh water applied at the surface 
through the water column resulting in a fresh subpolar gyre 

down to 3000 m. When the hosing is stronger, convection 
decreases more quickly and does not freshen the subsurface 
waters. Instead there is actually a slight increase in subsur-
face subpolar salinity. As a result the fresh water applied 
is confined to the surface, resulting in a very fresh surface 
layer which extends further south into the subtropical gyre. 
It is this fresh anomaly exported into the subtropics that is 
responsible for the near surface subtropical circulation that 
develops.

(a) (b)

(c) (d)

(e) (f)

(g) (h)

Fig. 6  Cross sections at 30◦ N for the control (a, c, e, g) and years 30–40 of hos10 (b, d, f, h). a, b Potential density ( kg∕m3), c, d salinity (PSU), 
e, f temperature ( ◦C) and g, h northwards velocity (m / s)
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A comparison with a similar experiment with a different 
GCM (hadcm3_hos10) shows a similar picture (Fig. 10). 
The evolution of the salinity budget terms is qualitatively 
similar to that in hos10, although there are differences in 
timing and magnitude (note that the throughflow compo-
nent is zero in this model because it allows no net volume 
transport through the Bering Strait). It also shows simi-
lar patterns of velocity and salinity anomalies and Fv′S′ . 
Other model experiments have also shown export of fresh 
anomalies from the subpolar gyre through the eastern sub-
tropical pathway in many, though not all, models (Stouffer 
et al. 2006). Indeed Swingedouw et al. (2013) found that 
models with less export of fresh anomalies through this 
pathway showed a great AMOC decrease, consistent with 
our findings. These results suggest that the shifting of this 
circulation and its role in exporting fresh anomalies is 

likely present in other models, however its importance in 
the salinity budget is likely to be model dependent.

In summary, the hosing initially freshens the North 
Atlantic and weakens the AMOC. The weakening AMOC 
transports less of the saline subtropical water into the sub-
polar, sinking regions, exacerbating the freshening. At the 
same time, the throughflow transport through the North 
Atlantic weakens, resulting in less import of fresher Pacific 
water, and fresh anomalies are exported to the subtropics 
through the gyre circulation. This export of fresh anoma-
lies in the eastern subtropics drives an anomalous circula-
tion which amplifies the export of fresh anomalies. The 
advective changes which act to salinify the North Atlan-
tic outweigh the freshening from the weakening AMOC, 
and hence the freshening from the hosing is opposed, and 
eventually balanced, by net changes in advection. There 

(a) (b)

(c) (d)

Fig. 7  Sea surface salinity (a, b) and salinity averaged over the top 200 m (c, d) for the control (a, c) and (b, d) for years 30–40 of hos10
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is also a small contribution from surface fluxes which also 
act to oppose the hosing.

4  Timescales of decline

The AMOC decrease consists of a relatively fast initial 
decrease and then a slower weakening trend (Fig. 11). Fitting 
a piecewise linear function (see Sect. 2) gives us two trends 
and the change year (time at which the function changes). 
We define the timescale T of AMOC decline to be this 
change year, noting that in each experiment this is also the 
year at which the AMOC reaches 3–4 Sv. For the case where 
the hosing is 0.1 Sv, there is no clear change from fast to 
slow decline, so we instead define the time T to be year 250, 
where the AMOC has reached ≈ 4 Sv. Calculated values of T 
and the trends are shown in Table 1. The first trend becomes 
more negative as the hosing increases and the timescale T 
decreases reflecting a stronger and faster decline. The second 
trend is relatively uniform across the experiments. We also 

calculate the timescale of March mixed layer depth (MLD; 
shown in Fig. 1b) in the same way and call this Tmld.

The timescales T and Tmld are shown in the solid lines in 
Fig. 12 (see also Table 1). In all experiments we find that the 
AMOC takes longer to decrease than the mixed layer depth 
( T > Tmld), and we find that both timescales vary inversely 
with the hosing rate, although T has little further decrease 
for H > 0.3 Sv. We would expect T and Tmld to be infinite 
when the hosing is zero (ie there is no decrease in the AMOC 
or MLD). Previous hosing experiments have also found that 
with weak hosing the AMOC can stabilize at a slightly weaker 
strength (Stouffer et al. 2006; Hofmann and Rahmstorf 2009). 
In those cases the timescale would also be infinite for non-zero 
hosing since the AMOC does not decrease to a small value 
(here ≈ 4 Sv). At the other end of the scale, the timescales 
show significant differences. The timescale for MLD collapse 
tends towards zero for large hosing rates, since a very large 
fresh water input could freshen the surface enough to instan-
taneously shut down deep convection. However the timescale 
for AMOC collapse appears to converge to a value T

0
 of a few 

decades. This is because the AMOC is related to the salinity in 

(a) (b)

(c) (d)

Fig. 8  Cross sections of anomalies at 30◦ N (from years 30–40 of 
hos10—control). a Anomalous northwards velocity (m  /  s), b geos-
trophic velocity implied by the anomalous density (m / s), c Anoma-
lous velocity multiplied by anomalous salinity ( Fv′S′ , PSUm / s), d the 

integral of Fv′S′ from that longitude to the eastern boundary and over 
the total depth (blue) or top 200 m (red). Also shown is the integral of 
the geostrophic part of Fv′S′ (blue dashed). Units are in 106 PSU m 3/s
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Fig. 9  Salinity anomalies averaged across the Atlantic for the six experiments. Each plot is an annual mean after 20 Sv year of hosing (year for 
each experiment is shown in the title)

(a) (b) (c)

(d) (e) (f)

Fig. 10  Comparison with hadcm3_hos10. a Plots of AMOC strength 
against Atlantic salinity as in Fig.  2. A regression over the first 50 
years (shown with a dashed line) gives a slope of 47 Sv/PSU. b Salin-

ity budget as in Fig. 3. c Advective terms as in Fig. 5. d Anomalous 
salinity at 30◦N, e anomalous velocity at 30◦ N and f anomalous 
velocity multiplied by anomalous salinity (as in Fig. 8)
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the subpolar regions, and this salinity (and density) continues 
evolving after deep convection ceases as the ocean advection 
comes into balance with the changed surface fluxes. This time 
T
0
 could be regarded as the time to flush salinity anomalies 

through the North Atlantic, so T
0
∼ �∕Q∗ , where � ∼ 10

16 m 3 
is the volume of interest and Q∗

∼ 10
7 m 3/s is the combined 

volume transport from the AMOC and gyre circulations. This 
gives T

0
∼ 10

9 s which is a few decades and is consistent with 
the values of T

0
 found.

We can relate the timescale of AMOC decrease to the rate 
of salinity change using the definition

where ⟨a⟩ = ∫
T

0
a dt∕T  is the time mean value over the first 

T years, � = dQ∕dS is the relationship between the AMOC 

ΔQ

T
=

⟨
dQ

dt

⟩

= �

⟨
dS

dt

⟩

Fig. 11  AMOC timeseries (black) with best fit piecewise linear function (red). See Methods for description of function

Fig. 12  Plot of T (solid black line) and Tmld (gray line) versus H. 
Also shown is the approximation from Eq. 6 for the experiments with 
HadGEM3-GC2 (dashed line), and with hadcm3_hos10 (dotted line)
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strength Q and the salinity change, and ΔQ is the change in 
AMOC strength. Then

Hence the time of decline is dependent on the initial and 
final AMOC strengths, the magnitude of AMOC response 
to salinity changes, and the time mean of the salinity budget 
itself. Since all experiments here have approximately the 
same value of � (see Fig. 2) and ΔQ , we can regard the 
inverse timescale as being proportional to the time mean 
salinity budget over the time T of the AMOC decrease.

⟨dS∕dt⟩ can be split into the time means of the different 
components of the salinity budget (Eq. 1). The time mean 
of each term over the first T years is shown in Fig. 13a, with 
the sum related to T through Eq. 5. Obviously the salinifica-
tion from hosing −FH is proportional to the hosing flux H. 
For small values of the hosing H there is little contribution 
from advective fluxes to the net average change in salinity 
⟨dS∕dt⟩ whereas for large values of H there are large changes 
in advective fluxes which partially compensate for the 
greater hosing. The reason for this can be seen from Fig. 3. 
In all cases the anomalous advective fluxes start at zero and 
increase to ≈ FH , however the average value depends on how 

(5)
1

T
=

�

ΔQ

⟨
dS

dt

⟩

quickly this change is achieved. If the advective fluxes were 
to increase linearly then the average value would be FH∕2 , 
leading to ⟨dS∕dt⟩ = −FH∕(2�) (neglecting the small surface 
flux terms). These relationships are shown using dotted lines 
in Fig. 13a. The advective fluxes do not generally increase 
linearly though: when the hosing is weak the advective terms 
take longer to respond, resulting in a convex shape and a 
smaller average value; when the hosing is strong the advec-
tive terms respond quickly and then level off, resulting in a 
concave shape and a larger average value.

An approximate timescale T can be obtained from Eq. 5 
by assuming ⟨dS∕dt⟩ = −FH∕(2�) (black dotted line in 
Fig. 13a) giving

where � is the volume of the region of the North Atlan-
tic. Estimates of ΔQ and � can be calculated from Fig. 2. 
These parameters, along with equivalent parameters from 
experiment hadcm3_hos10, are shown in Table 2, and the 
implied timescales plotted in Fig. 12. Although it gives an 
approximate fit to the timescale, there are clearly discrepan-
cies. In particular note that Eq. 6 contradicts the arguments 
made previously that an infinitely large hosing would not 
instantaneously shut down the AMOC, and that for small, 
non zero hosing values the AMOC may not shut down at all. 
Nevertheless it gives an approximate way of assessing the 
timescale from large scale, potentially observable quantities.

The most problematic parameter to calculate would be � , 
although it could be estimated from model experiments. In 
the two different models here � was found to be of a similar 
value, however it is sensitive to the length of the timeseries 
used in the regression. For instance, a regression of the 
AMOC against S over the first 40 years in hadcm3_hos10 
gives a value of 47 Sv/PSU. However the AMOC strength 
decreases little after this, despite additional freshening, so 
using the whole timeseries would give a value of � approxi-
mately half this value, and hence double the timescale T. 
Roberts et al. (2013) showed regressions between subpolar 
Atlantic ocean densities and the AMOC in a range of GCMs 
for both variations due to internal variability and an AMOC 
decrease caused by increasing greenhouse gases. They found 
regression coefficients of 29–80 Sv m 3/kg for the former and 
79–119 Sv m 3/kg for the latter, suggesting different values 
for the two scenarios. The regression coefficients in terms of 

(6)T =
2�|ΔQ|
�FH

(a)

(b)

Fig. 13  Contributions to the timescale. a Anomalous salinity budget 
terms from Fig. 3 averaged over the first T years plotted against hos-
ing H. The dashed gray line shows the line y = FH , and the dotted 
gray and red lines show the lines y = ±FH∕2 . b Anomalous advective 
terms from Fig. 5 averaged over the first T years plotted against hos-
ing H. The black horizontal dashed line shows the zero line

Table 2  Estimates of parameters from Eq. 6

Experiment GCM ΔQ (Sv) � (Sv/PSU) � (m3)

hos01–hos10 HadGEM3-GC2 10.5 44 8.8 × 1016

hadcm3_hos10 HadCM3 11.0 47 7.8 × 1016
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density in the experiments presented here are 42 and 43 Sv 
m 3/kg (not shown), though the region used for the volume 
average is different. This implies that either we need to iden-
tify a region for which � is model and scenario independent, 
or that � needs to be calculated for the scenario considered.

Discrepancies between the actual and approximate time-
scales are due to details of how the advection adjusts. To 
investigate how the advective response affects the timescale 
T we average the different advective components over the 
first T years giving different components of ⟨Fadv⟩ . These 
are plotted against the hosing H in Fig. 13b. Advection plays 
little role in the salinity and AMOC reduction and hence 
in the timescale of weakening T for small hosing, but is an 
important factor in offsetting the freshening from hosing and 
hence delaying the AMOC reduction for large hosing. Fig-
ure 13b shows that the dominant contribution comes from 
changes in advection across 30◦ N and in particular from 
Fv′S′ , the covariance of velocity and salinity anomalies. It 
is this term which causes the time for AMOC reduction at 
high hosing rates to be much longer than would be implied 
by the hosing rate alone. Terms associated with changes in 
the throughflow transport Fthr , and changes from salinity 
alone FvcS

′ have a small, positive contribution. Hence they 
act to lengthen the time taken for the AMOC to decrease. 
The contribution from velocity changes alone Fv′Sc

 is nega-
tive and remains the same for all values of hosing since the 
total AMOC decrease (to ≈ 4 Sv) is the same for all experi-
ments (see discussion in Sect. 3.3). Hence it acts to shorten 
the time period of AMOC decline, and has a greater relative 
impact when the hosing is weak.

The impacts of advective terms on the timescale could 
certainly be model and scenario dependent. Studies have 
found that applying the fresh water in different regions can 
result in more or less export of fresh anomalies from the 
region of deep water formation, and hence more or less 
impact on the AMOC (Smith and Gregory 2009; Weijer 
et al. 2012). Swingedouw et al. (2013) also showed that 
models differ in their export of fresh anomalies from the 
subpolar gyre. However we do show that results from an 
experiment with an independent model shows qualitatively 
similar advective responses.

5  Summary and conclusions

We have investigated the reduction of the AMOC when 
forced with additional fresh water in order to understand 
the processes controlling the speed of decline. We find that 
the rate of fresh water added is the main factor in the rate 
and hence time of decline, particularly when the rate is small 
(of order 0.1 Sv). When the rate of hosing is faster, advec-
tive feedbacks play a larger role. The advective feedbacks 
consist of:

• a weakening of the inter-basin sea surface height gra-
dient, and hence the inter-basin volume transport. This 
imports less fresh water and hence decelerates the fresh-
ening and hence AMOC weakening;

• an export of fresh anomalies by the original gyre circula-
tion which decelerates the freshening and hence AMOC 
weakening;

• less northwards import of saline water by the weaken-
ing AMOC which accelerates the freshening and hence 
AMOC weakening;

• an eastwards shift of the near surface subtropical gyre cir-
culation which exports more of the surface fresh anom-
aly. This decelerates the freshening and hence AMOC 
weakening.

This final term is a feedback that has not been previously 
identified and which dominates the other terms when the 
hosing rate is large. When the hosing is large, convection 
shuts down more quickly resulting in the additional fresh 
water mainly staying in the surface layers. This fresh anom-
aly is exported by the gyre circulation causing a fresh, less 
dense anomaly in the eastern subtropics. This generates a 
geostrophic circulation that shifts the gyre transport east-
wards, to where the water exported is fresher, and amplifies 
the export of the fresh anomaly. This process is found to be 
important in a single experiment with a second GCM, how-
ever the degree to which it is important in the weakening of 
the AMOC could be model dependent.

We have outlined a framework for assessing the timescale 
of AMOC decrease and provided estimates of the timescale 
based on a suite of experiments with a high resolution GCM, 
and a single integration of a second GCM. Although we might 
expect some quantitative differences from different models and 
different fresh water forcing scenarios given the wide range 
of responses of the AMOC to hosing across studies (Stouffer 
et al. 2006; Swingedouw et al. 2013), the similar results from 
this second GCM provide some measure of confidence in the 
qualitative robustness of the results. Concentrating on how 
physical mechanisms and feedbacks affect the timescale of 
AMOC decline provides a framework where different compo-
nents can be compared across models and scenarios, leading 
to a greater understanding of why model responses differ. In 
a scenario with a more realistic distribution of future fresh 
water input, for example, we might expect each feedback to 
behave qualitatively as found in this study, although the loca-
tion of fresh water might change the relative magnitudes of the 
response. Feedbacks, and hence controls on timescale, are also 
likely to be affected by warming from increased greenhouse 
gases. Hence this is a first step towards assessing timescales 
of AMOC decline and understanding whether policy-relevant 
conclusions can be drawn about AMOC weakening in the 
future. If borne out by future experiments with other models 
and scenarios, this gives valuable insight into the time that 
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may be available to adapt to committed AMOC changes in the 
future, or to respond through aggressive mitigation measures 
if it is possible to detect that an AMOC threshold has been 
passed.
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Appendix: Salinity budget derivation

Model salinity budget

The salinity (S) evolution is controlled by the equation

where � = (U,V ,W) is the three dimensional velocity, E 
and P are the evaporation and precipitation respectively, 
and �(z − �) is the Dirac function that is one at the surface 
( z = � ) and zero elsewhere (Madec 2008).  contains dif-
fusive and sea ice terms. Integrating over a volume of the 
Atlantic contained by land boundaries in the x direction, by 
latitudes L

1
 and L

2
 in the y direction and from the ocean floor 

( z = −H ) to the surface z = � ) we get

Since the model uses a linear free surface approximation 
(Roullet and Madec 2000; Madec 2008) the surface for the 
integrals are assumed to be at z = 0 and hence the volume 
integrated over remains constant. This gives the approxima-
tion used by the model as

This gives the salinity budget in terms of the convergence 
due to lateral and vertical transports (with the vertical flux 
due to convergence in the free surface layer), surface fresh 
water fluxes (which change the salinity through implied 
changes in volume) and diffusive and ice terms. It is worth 
noting that the linear free surface has an impact on salt con-
servation: if the budget over the entire globe is considered, 
then all terms on the right hand side are zero apart from 
the third one. Although ∫

z=0
Wdxdy = 0 when considering a 

global integral, there can be a contribution from ∫
z=0

WSdxdy 

dS

dt
= −∇(S�) + S(E − P)�(z − �) +

�vol

dS

dt
dxdydz =

�L
1

VSdxdz −
�L

2

VSdxdz −
�surf

WSdxdy

+
�surf

S(E − P)dxdy +
�vol

dxdydz.

(7)

d

dt �vol
0

Sdxdydz =
�L

1

VSdxdz −
�L

2

VSdxdz −
�z=0

WSdxdy

+
�z=0

S(E − P)dxdy +
�vol

0

dxdydz

although this is assumed to be small since W and S at the 
surface are generally not correlated.

Equation 7 can then be written as

where � is the volume of the region, S̃ is the volume aver-
age salinity and Fadv (first 3 terms on the right hand side of 
Eq. 7), Fsurf  and FD are the advective fluxes, surface fluxes 
and diffusive terms respectively.

Now if we write V = V + v where V = ∫ Vdxdz∕A is the 
section mean velocity and A = ∫ dxdz is the section area, 
then we can write

where S = ∫ Sdxdz∕A is the section mean salinity. Similarly 
we can write

where W
s
= ∫ Wdxdy∕As is the area mean of the surface 

vertical velocity, As
= ∫ dxdy and S

s
= ∫ Sdxdz∕As.

Then

where

is the advection due to the volume transport through the 
region having different salinities at the surface, northern and 
southern boundaries. We will refer to this as the throughflow 
component of the salinity transport.

and

are the exchanges of salt across the southern and northern 
boundaries respectively that are not part of the throughflow 
transport. The final term

is the covariance of vertical velocities and salinities. This 
term is small, but non-zero in the control, however remains 
constant throughout the hosing experiments. Hence the con-
tribution to the salinity budget in Eq. 2 is negligable and the 
term is not included.

(8)𝜈
dS̃

dt
= Fadv + Fsurf + FD

∫
VSdxdz = V SA +

∫
vSdxdz

∫
WSdxdy = W

s
S
s
As

+
∫

wSdxdy

(9)Fadv = Fthr + FS + FN + Fws

Fthr = −W
s
S
s
As

+ V
1
S
1
A
1
− V

2
S
2
A
2

FS =
∫

v
1
S
1
dxdz,

FN = −
∫

v
2
S
2
dxdz

Fws = −
∫

wSdxdy
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Advection decomposition

The advective terms in FS can be decomposed further in 
order to elucidate mechanisms. Note that although FN can be 
decomposed in the same way, we do not do this because FN 
is found to be small. One way of doing the decomposition is 
geometrically into zonal mean components and zonally vary-
ing anomalies. We write v = vo + vg and S = So + Sg where 
ao = ∫ adx∕ ∫ dx so by definition ∫ agdx = 0 . Then

with the terms on the right often referred to as overturning 
( Fo ) and gyre ( Fg ) components respectively.

Alternatively FS can be decomposed to identify whether 
advection changes because of circulation or salinity changes. 
Here we decompose v = vc + v� and S = Sc + S� where vc and 
Sc are time mean components from the control experiment. 
Then

This is evaluated for both the hosing experiment and the 
control, and anomalies are taken with respect to time means 
of the control. Denoting the anomalous term with respect to 
the control using Δ ∫ vSdxdz we then have

The first term is the anomalous advection solely due to 
changing salinities (assuming that the circulation remains 
the same as in the control), FvcS

′ ; the second term is the 
anomalous advection solely due to changing circulation 
(assuming that the salinity remains the same as in the con-
trol), Fv′Sc

 ; the third term contains the anomalous advection 
due to co-varying salinity and circulation, Fv′S′ . Note that the 
time mean of the latter term in the control can be non-zero 
if salinity and velocity co-vary due to internal variability.

Numerical calculation

To get an accurate calculation of Eq. 8, terms for the surface, 
diffusive and ice fluxes are calculated at every timestep in 
the model code and output as annual means. The tendency 
term is calculated as the salinity difference between monthly 
mean salinity fields at the beginning and end of each year. 
This is not an exact representation of the tendency, which 
should be calculated with instantaneous salinity fields, how-
ever errors are found to be small. The advective term Fadv is 
calculated from the VS diagnostic where V and S are mul-
tiplied together (on the V grid) at every timestep within the 

(10)
∫

vSdxdz =
∫

voSodxdz +
∫

vgSgdxdz

∫
vSdxdz =

∫
vcScdxdz +

∫
vcS

�dxdz +
∫

v�Scdxdz +
∫

v�S�dxdz.

(11)

Δ
∫

vSdxdz = Δ
∫

vcS
�dxdz + Δ

∫
v�Scdxdz + Δ

∫
v�S�dxdz.

model code. Unfortunately an error in the WS diagnostic 
meant that this had to be calculated from monthly mean W 
and S fields, however we believe that this has introduced lit-
tle error. No terms were calculated as residuals. The sea ice 
terms were found to be negligible and the sum of the remain-
ing terms were found to largely match the tendency terms.

To calculate the decompositions of Fadv in Eq. 9, the 
monthly mean V and S fields were used. This means that Fadv 
also includes an additional term of Feddy = ⟨VS⟩ − ⟨V⟩⟨S⟩ 
where ⟨⟩ indicates a monthly mean. Although this term is 
found to be important in other regions (Mecking et al. 2016), 
it is small across these boundaries so this term is neglected.
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