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Abstract Shifts between on and off states of the Atlan-
tic Meridional Overturning Circulation (AMOC) have been
associated with past abrupt climate change, supported by
the bistability of the AMOC found in many older, coarser
resolution, ocean and climate models. However, as cou-
pled climate models evolved in complexity a stable AMOC
off state no longer seemed supported. Here we show that
a current-generation, eddy-permitting climate model has
an AMOC off state that remains stable for the 450-year
duration of the model integration. Ocean eddies modify
the overall freshwater balance, allowing for stronger north-
ward salt transport by the AMOC compared with previous,
non eddy-permitting models. As a result, the salinification
of the subtropical North Atlantic, due to a southward shift
of the intertropical rain belt, is counteracted by the reduced
salt transport of the collapsed AMOC. The reduced salini-
fication of the subtropical North Atlantic allows for an
anomalous northward freshwater transport into the subpo-
lar North Atlantic dominated by the gyre component. Com-
bining the anomalous northward freshwater transport with
the freshening due to reduced evaporation in this region
helps stabilise the AMOC off state.
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1 Introduction

The Atlantic Meridional Overturning Circulation (AMOC)
describes the meridional volume transport in the Atlantic
Ocean (Wunsch 2002). The AMOC brings warm waters
to the high latitude North Atlantic, warming the climate of
Northern and Western Europe. A collapse of the AMOC
would lead to drastic changes in surface air temperatures
over much of the Northern Hemisphere, in particular in
the Northeast Atlantic where temperatures can drop by
9 °C (Manabe and Stouffer 1988; Vellinga and Wood 2002;
Jackson et al. 2015). As a consequence of anthropogenic
climate change, warming of the high latitude North Atlantic
and the addition of freshwater through enhanced precipita-
tion, increased melting of sea-ice and icebergs, as well as
more runoff from the Greenland ice sheet can cause the
sinking branch of the AMOC to weaken and potentially
shut down. Hereafter, we refer to a collapsed AMOC as
an AMOC off state while, the AMOC circulation, as it is
known today, is referred to as an AMOC on state.

Climate model projections indicate a likely weaken-
ing of the AMOC, but a complete collapse was deemed
unlikely in the latest IPCC report by Collins et al. (2013).
However, models have difficulty correctly simulating past
abrupt climate changes, including an AMOC collapse,
affecting the likelihood of simulating future abrupt climate
change (Valdes 2011; Drijthout et al. 2011). Paleo-proxy
data have shown evidence for wide spread abrupt climate
change events in the times before the Holocene from ice-
core records (Dansgaard et al. 1993; Blunier and Brook
2001) and sediment cores (Abreu et al. 2003). A possible
interpretation of these events is that they are associated
with switches between AMOC on and off states in the past
(Broecker et al. 1990), although the spatial extent of these
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abrupt changes in climate can still be questioned (Wun-
sch 2006). Such switches can be theoretically understood
from simple box model studies showing that under the
same forcing conditions it is possible to have both a sta-
ble AMOC on and off state, or only a mono-stable regime
depending on the forcing (Stommel 1961; Marotzke 1990;
Rahmstorf 1996). The existence of bistability in these box
models depends on the freshwater forcing. Similarly, some
coupled climate models have found a bistable AMOC
dependent on freshwater forcing when freshwater hosing
was applied continuously (Hawkins et al. 2011; Hu et al.
2012; Sijp 2012). However, in newer coupled climate mod-
els after applying freshwater hosing for a set amount of
time the AMOC recovered after the freshwater hosing was
stopped (Peltier et al. 2006; Krebs and Timmermann 2007,
Jackson 2013) while it was possible to maintain the AMOC
off state in some older coupled climate models [e.g. UVic
and GFDL R30 models in Stouffer et al. (2006)].

To identify the transition between the two regimes of
mono- and bistability it was proposed that the sign of the
freshwater transport by the AMOC in the Atlantic can be
used as an indicator for its stability (referred to here as
M,, but often also referred to as F,,) (Rahmstorf 1996;
de Vries and Weber 2005). When used as an indicator for
AMOC stability, M,, is typically measured at the southern
entrance of the Atlantic near 34°S. A positive M,, at 34°S
indicates that the AMOC imports freshwater into the Atlan-
tic and a negative M,, at 34°S indicates freshwater export
from the Atlantic. In an AMOC off state M,, is expected
to tend towards zero, thereby creating an anomalous salt
import into the Atlantic for positive M,, which leads to a
destabilisation of the AMOC off state. On the other hand,
when M,, is negative an AMOC collapse will result in an
anomalous freshwater import into the Atlantic helping sta-
bilise the AMOC off state. Therefore, a positive M,, can
be associated with a mono-stable AMOC while a negative
M,, can be associated with a bistable AMOC (Huisman
et al. 2010). Observational estimates of M,,, at the southern
boundary of the Atlantic based on ship data or estimated
from ARGO float data support a negative M,,, suggesting
that the present day AMOC resides in the bistable regime
(Bryden et al. 2011; Garzoli et al. 2013). It has been recom-
mended that the divergence of the freshwater transport into
the Atlantic by the AMOC, AM,, = M,,s — M,,n, Where S
(N) is the southern (northern) boundary of the Atlantic is a
better indicator of bistability (Huisman et al. 2010; Liu and
Liu 2013).

When the AMOC weakens and even collapses, the
reduction in northward heat transport causes a wide spread
cooling of the northern hemisphere surface air tempera-
tures (Manabe and Stouffer 1988; Vellinga and Wood
2002; Jackson et al. 2015). The cooling leads to a south-
ward/equatorward shift of the latitude of maximum heating
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causing the dividing latitude of the northern and southern
hemisphere Hadley circulations to shift southward (Drijf-
hout 2010), displacing the Intertropical Convergence Zone
(ITCZ). The southward shift of the ITCZ causes a reduc-
tion of precipitation in the subtropical North Atlantic region
leading to a salinification of the ocean. The saltier waters in
this region can be transported into the high latitude regions
of the North Atlantic through large-scale instabilities kick
starting the convection [e.g. the large-scale eddy generated
in GFDL CM2.1 in Yin and Stouffer (2007)]. Therefore, in
order for the AMOC off state to remain stable this salinifi-
cation needs to be balanced by an equally large freshening
term, due to changes in ocean circulation.

In the GFDL R30 model the freshening associated with
ocean circulation changes is large enough to counteract the
salinification due to the southward ITCZ shift because the
overturning circulation reverses (Yin and Stouffer 2007). In
that case Antarctic Intermediate Water (AAIW) sinks to a
depth of 1000 m just south of South America and is trans-
ported northward, then upwells in the North Atlantic sub-
tropical gyre. This circulation has been named the reverse
thermohaline circulation (RTHC). However, the RTHC
only develops in coarse-resolution ocean models and often
is deeper than just the upper 1000 m (Dijkstra 2007; Hawk-
ins et al. 2011; Sijp 2012). In a newer generation of cou-
pled climate models the RTHC cell does not develop [e.g.
GFDL CM2.1 in Yin and Stouffer (2007)] and without the
additional freshwater transport of the RTHC the subtropical
gyre becomes so salty that a fresh subpolar ocean without
deep sinking is no longer stable and the AMOC recovers
(Yin and Stouffer 2007; Jackson 2013). The reason for the
RTHC not to develop is that stronger atmospheric feed-
backs promote saltier and colder thermocline water in the
subtropical North Atlantic, reducing the north-south pres-
sure gradient between the subtropical North Atlantic and
subpolar South Atlantic that is driving the RTHC (Yin and
Stouffer 2007).

In the very latest coupled climate models ocean eddies
and swifter boundary currents are allowed for, changing
the salt balance in the Atlantic. Ocean eddies freshen the
subtropical gyre by exchanging water with the tropics and
subpolar gyre (Tréguier et al. 2012). As a result, eddy-per-
mitting and eddy-resolving models must feature a larger
mean flow salt transport divergence into the subtropical
gyre to maintain equilibrium counteracting freshening by
the eddies. The larger mean flow salt transport divergence
could allow for a stronger advective salt feedback associ-
ated with an AMOC collapse without the need of develop-
ing an RTHC. Indeed, using a higher resolution coupled
climate model (Spence et al. 2013) achieved a stronger
drop and slower recovery of the AMOC in a high-resolution
model relative to a coarser resolution model in a relatively
weak and short freshwater hosing experiment. Similarly,
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Weijer et al. (2012), using an ocean only model, were able
to show that the drop in AMOC in response to a freshwater
hosing was stronger in the higher resolution model. Both
studies suggest that the AMOC off state in higher resolu-
tion models could become stable. Here we discuss whether
a larger salt transport by the AMOC into the North Atlan-
tic subtropical gyre, which is typical for higher resolu-
tion ocean models, can sustain a stable off state, even if
the RTHC does not develop, using a 450 year long hosing
experiment in an eddy-permitting coupled climate model.

2 Model configuration and experiment setup
2.1 Model configuration

For this study the Global Climate version 2 (GC2) (Wil-
liams et al. 2015) configuration of Hadley Centre Global
Environmental Model version 3 (HadGEM3) (Hewitt et al.
2011) is used. This coupled climate model consists of an
ocean, atmosphere, sea-ice and land-surface model coupled
together with data exchanging between the atmosphere and
ocean components every 3 h. The ocean model component
of GC2, HadGEM3 uses the Global Ocean version 5 (GOS5)
(Megann et al. 2013) of the ORCAOQ025 configuration of the
Nucleus for European Modelling of the Ocean (NEMO)
(Madec 2008) version 3.4. The ORCAO025 grid uses a tri-
polar structure with poles over Antarctica, Siberia and Can-
ada and has a horizontal resolution of 0.25°, with the reso-
lution decreasing when moving towards the poles so that
the grid remains quasi-isotropic. The ocean model contains
75 vertical levels with thicknesses ranging from 1 m at the
surface and increasing with depth up to 200 m in the bot-
tom layer. The sea-ice model is the global sea ice version
6 (GSI6) configuration of the Los Alamos National Labo-
ratory sea ice model (CICE) version 3.4 (Rae et al. 2015)
and is used at the same model grid as the ocean model. The
Global Atmosphere version 6 (GA6.0) of the Met Office
unified model is used with a horizontal resolution of N216,
which has a resolution of about 60 km in mid-latitudes, and
has 85 levels in the vertical leading to an improved resolu-
tion in the stratosphere. Global Land version 6 (GL6) con-
figuration of the land model Joint UK Land Environment
Simulator (JULES) is also used in this model setup but
none of its data is analysed in this study. Heat, freshwater
and momentum fluxes are passed between the atmosphere
and ocean/ice model every 3 h through the OASIS cou-
pler while the ocean and sea-ice model exchange fluxes
every ocean model time step (22.5 min) without the use
of flux adjustment. The eddy permitting resolution of the
ocean model has lead to a reduction in the North Atlan-
tic cold bias and the atmospheric model shows improved
Atlantic and European blocking events (Scaife et al. 2011)

and the ability to better predict the winter North Atlantic
Oscillation (Scaife et al. 2014), in previous versions of the
HadGEM3 model setup, i.e. GloSea5.

2.2 Experiment setup

In this study two experiments from the GC2 model are con-
sidered, a 150-year long present day control simulation and
a 450 year long hosing experiment. The hosing experiment
is a continuation of the experiment analysed in Jackson
et al. (2015) (See reference for more details). The present
day control simulation was started from a 36 year long
development run of HadGEM3, which was initialised with
EN3 data (Ingleby and Huddleston 2007) averaged over
2004-2008 and the hosing experiment is started from year
42 of the control experiment. The control simulation uses
CO2 concentrations based on 1978 levels and held constant
throughout both simulations. The main goal of the hos-
ing experiment was to collapse the AMOC, therefore, the
methodology is based on Vellinga and Wood (2002), which
allows for a rapid collapse of the AMOC but is very ide-
alised. For the first 10 years of the hosing experiment the
salinity in the model is perturbed by an amount equivalent
to a hosing of 10 Sv, making a total of 100 Sv - years addi-
tional freshwater. This is done through reducing the salinity
in the Atlantic Ocean north of 20°N and in the Arctic by
0.64 psu in the upper 350 m and then tapering to zero over
the next 186 m (Fig. 1). This is done instantaneously every
December 1 and, as is common practice in hosing experi-
ments, is compensated by adding 0.008 psu everywhere
else in the ocean allowing for the total salinity to be con-
served (Fig. 1). After the 10 years of hosing is completed
and the model is allowed to continue without changes for
another 440 years.

3 Results

In the 450 year long hosing experiment the AMOC is able
to collapse and remain very weak for the entire duration
of the model integration (Fig. 2). During and after the 10
year hosing period the ocean begins to adjust, with salin-
ity anomalies slowly spreading southward from the hosing
region towards the equator and also spreading downward in
the water column. Since we want to discuss the evolution
of the ocean fields in 100 year time-slices, we will take the
period 311-410 (301-400 years after the hosing stopped)
as representative for the final state of the model. The mean
salinity is 0.86 psu fresher in the hosing region towards the
end of the hosing simulation (years 311-410) relative to the
control simulation. The sea surface salinity (SSS) anomaly
with respect to the control run features a comma shaped
pattern in the North Atlantic subtropical gyre (Fig. 3a), as
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Fig. 1 a The region where the
freshwater hosing is applied.

b The redistribution of salinity
in the hosing region (blue) and
everywhere else (red). ¢ The
cumulative salinity reduction in
the hosing region (upper 350 m)

90°N
60°N -+

30°N -

o (b) Salinity Changes

H

depth (km)
o
o

in the model experiments for the EQ
control (black), hosing (blue) N
. 30°S 4 L
post-hosing (green) ' > 0.8
60°S 4 L ——hosing region
11 —elsewhere
180° 120°W 60°W 0° 60°E 120°E 180° -06 -04 -02 O
salinity changes (psu)
| (c) Cumulative Salinity Reduction in Hosing Region |
—+ e _——- L
3 11 i
£
o 27 B
2
g S B
=
O 44 -
2=
‘S 54 B
= ——control
» g ——hosing L
—post-hosing 00— -
-7 T T T T T T
0 5 10 15 20 25
year

typical with most fresh water hosing experiments (Krebs
and Timmermann 2007; Yin and Stouffer 2007). The sea
surface temperatures (SSTs) also drop due to the reduc-
tion of northward heat transport from the AMOC off state
(Fig. 3b; Jackson et al. 2015). The decrease in SSTs allow
for the seasonal sea-ice to extend further southward reach-
ing as far south in winter as the Grand Banks, as well as
covering a large portion of the Norwegian and Baltic Seas
(Fig. 3b). The reductions in SSS and SST fall within the
range of what has been seen in previous modelling stud-
ies with a similar magnitude of freshwater hosing (Yin and
Stouffer 2007).

3.1 AMOC streamfunction

The control simulation features a realistic AMOC with a
maximum strength of 17.4 Sv at 27°N and at a depth of
773 m in the mean (Fig. 4a). The depth reached by the
North Atlantic Deep Water cell is slightly shallower than
that in observations (3000 m as opposed to 4000 m in Kan-
zow et al. 2010; Smeed et al. 2014), a common problem
in ocean models (Danabasoglu et al. 2014). The Faroe
Bank Channel overflow (defined as waters denser than
op = 27.8kg/m?) is slightly weaker in this model than in
observations [1.8 Sv as opposed to 1.9 Sv (Hansen and
@sterhus 2007)]. This overflow is mainly missing the very
cold waters below 0°C which account for the majority of
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the overflow waters in the observations, making the model
overflow less dense. For the Denmark Strait the over-
flows are considerably weaker when considering waters
denser than oy = 27.8kg/m> [1.4 Sv as opposed to 3.4 Sv
(Jochumsen et al. 2012)], which again is missing the very
cold water masses. However, for the Denmark Strait choos-
ing the density cut off to be oy = 27.8 kg/m> misses a lot
of the overflow waters. By choosing the density class cut
off of to be oy = 27.6 kg/m>, matching the depth of density
cutoff in Jochumsen et al. (2012), the overflow increases
to 2.9 Sv. These differences in the overflows between
the model and observations could potentially lead to the
shallower North Atlantic Deep Water cell. The main con-
vection sites are in the Labrador Sea, Greenland Sea and
South of Iceland (Fig. 4b) as expected from observations
(de Boyer Montégut et al. 2004). However, the too buoy-
ant overflows could potentially account for the slightly
weaker and shallower AMOC as compared to observations
at 26.5°N [Fig. 2a, 15.7 Sv as opposed to 17.5 Sv (Smeed
et al. 2014)] but this is not investigated in more detail.
Based on an AMOC index at 26.5°N and between 500—
2000 m the AMOC collapses very rapidly during the hos-
ing, leading to a minimum in AMOC at year 4 (Fig. 2a).
After the hosing has stopped the AMOC recovers slightly,
achieving a maximum at year 21, before dropping in
strength again and remaining in a very weak state for the
duration of the model integration. However, there is a
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Fig.2 a The AMOC index computed as the maximum AMOC
streamfunction at 26.5°N below a depth of 500 m and above 2000 m
for the control experiment (black), hosing period (blue) and post-hos-
ing period (green). b Same as (a) expect computed between 50°N and
65°N

noticeable weak trend in the AMOC index at 26.5°N which
by the end of the model integration causes the AMOC
to increase in strength to just over 5 Sv (Fig. 2a). This
increase in AMOC strength is slow and occurs later in the
model integration than seen in previous climate model stud-
ies (Vellinga and Wood 2002; Stouffer et al. 2006; Jack-
son 2013). Also, it only applies to a shallow, wind-driven,
AMOC that does not extend further north than the sub-
tropics. Considering an AMOC index further to the north
(maximum between 50°N-65°N and 500-2000 m depth)
the AMOC collapse shows no hint of recovering (Fig. 2b).
There is no sign of increasing mixed layer depth in the sub-
polar North Atlantic due to the onset of deep convection
(Fig. 4d). Both subtropical and subpolar wind-driven cells
are enhanced near the surface related to the positive North
Atlantic Oscillation (NAO) that develops in response to the
AMOC collapse (Jackson et al. 2015). The AMOC stream-
function does not develop a stable RTHC after the AMOC

collapses. Despite this, the AMOC off state appears stable,
at least for 450 years. In year 311-410 there appears to be
no convection present in the high latitude regions (Fig. 4d)
and similarly the overflows in the Denmark Strait and Faroe
Banks Channel have completely collapsed to O Sv with no
signs of recovery.

3.2 Atmospheric response

The southward shift of the ITCZ is reflected in the net pre-
cipitation (precipitation—evaporation + runoff, PER) and
causes a reduction in the surface freshwater flux into the
ocean just north of the equator and an increase south of
the equator (Fig. 5a, b). These changes in PER reduce the
amount of freshwater added to the subtropical North Atlan-
tic with the majority of the reduction in precipitation occur-
ring in the subtropical North Atlantic which loses 0.047 Sv
in years 311-410 (Table 1; Fig. 5c). This reduction in PER
is an atmospheric feedback to the AMOC collapse that acts
to destabilise the AMOC off state by salinifying the North
Atlantic.

Over the subpolar North Atlantic evaporation is reduced
due to the increase in sea-ice cover blocking latent heat
exchange and the decrease in atmospheric temperatures
reducing the amount of atmospheric water vapour content
(Table 1; Fig. 5b) (Drijfhout 2014). Despite the reduc-
tion in evaporation being small relative to the precipita-
tion changes in the subtropical regions, it is large enough
to outweigh the reduction in precipitation over the sub-
polar Atlantic. The subsequent increase in PER causes an
anomalous freshening of the sinking regions (Fig. 5d) with
a magnitude of 0.042 Sv in the years 311-410 (Table 1).
The rate at which the precipitation and evaporation anoma-
lies change reduces as the model integration continues,
especially for the evaporation. This subpolar freshening is
an atmospheric feedback that stabilises the AMOC off state
through freshening the North Atlantic. The salinification
over the subtropical North Atlantic is marginally stronger
than the freshening over the subpolar North Atlantic
(Table 1). The salinification of the subtropical North Atlan-
tic could eventually lead to more saline waters being trans-
ported in the subpolar North Atlantic as seen in the GFDL
CM2.1 model (Yin and Stouffer 2007). Nevertheless, the
off state remains stable here, while it quickly destabilises
in the GFDL CM2.1 model. It should be noted that the
initial atmospheric response of precipitation and evapo-
ration in HadGEM3 is similar to that in GFDL CM2.1.
However, in the GFDL CMZ2.1 model the precipitation
anomalies associated with a southward shift of the ITCZ
are not maintained as the AMOC recovers, while here the
anomaly continues to show the characteristic dipole pattern
over the equator although the amplitude is slowly decreas-
ing (Fig. 5c). This brings up the question which additional
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Fig.3 a Mean SSS from years
311-410 of the hosing simula-
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Hosing (311-410) - Control

(b) SST Anomaly
Hlosing (311|-410) - Conllrol

tion minus the mean SSS from 90°N 90°N
the control simulation. b Same
as in (a) but for SST with the
black contour indicating the
annual maximum sea-ice extent
in the control simulation and the 60°N - 60°N
red contour from years 311 to
410 of the hosing simulation
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feedbacks are present in HadGEM3, stabilising the AMOC
off state? To answer this question we analyse in detail the
freshwater budget in the subtropical and subpolar North
Atlantic.

3.3 Freshwater budget

The freshwater budget analysis is based on an extension
to the calculations detailed in Drijfhout et al. (2011) (see
“Appendix” for details). The freshwater budget can be sum-
marised as follows:

Mirena = AMoy + AMy; + AMegay + PER + Mipix, D

where Myenq is the freshwater trend in the region of inter-
est, AMy/az/eddy TEPresents the divergence of the fresh-
water transport for the specific region, in our case the
southern boundary minus the northern boundary, for the
various components of the transport, PER is the precipi-
tation minus evaporation plus runoffs over the specific
region of interest and finally M,y is the residual term of
the budget, mainly comprised of mixing along the bounda-
ries. In Eq. (1) the decomposition of mean flow transport
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temperature (°C)

divergence into an overturning (M,,) and gyre (M,;) com-
ponent was motivated by the much stronger coupling
between M,, and AMOC than between M,, and AMOC at
the southern boundary of the Atlantic, when they budget is
applied to the Atlantic as a whole. Especially in the North
Atlantic subpolar gyre this decomposition can be ques-
tioned. However, this framework can still be used to link
area integrated changes in freshwater budget to changes
in the AMOC, especially in the North Atlantic subtrop-
ics. It appears that changes in M, are first order in Eq. (1)
and can be understood from the AMOC collapse as they
are dominated from changes in the zonal mean velocity
field. In addition it allows for comparison with observa-
tions where freshwater transports have been diagnosed
using the same framework (McDonagh et al. 2010, 2015;
Bryden et al. 2011; Garzoli et al. 2013). When the model
is in an equilibrium state the changes in PER are approxi-
mately balanced by changes in freshwater transport by
overturning circulation (M,,), azonal circulation (M,;) and
eddies (M,qqy). We apply the freshwater budget analysis
to the subtropical North Atlantic, defined as 10°N—45°N,
and to the subpolar North Atlantic, defined to be 45°N
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Fig. 4 a The mean AMOC
streamfunction and b the mean
annual maximum mixed layer
depth from the control simula-
tion. ¢ and d Same as (a) and
(b) but for years 311-410 of the
hosing simulation

Fig. 5 a The zonally integrated
P-E + R from the control
simulation normalized to Sv per
meter in latitude. b The anoma-
lous P-E + R from various

100 year means in the hosing
simulation, ¢ same as (b) but for
precipitation only, d same as (b)
but for evaporation only with
blue years 11-110, green years
111-210 yellow years 211-310
and red years 311-410. All data
is smoothed using a 2° latitude
window to reduce the spikes
from the river runoffs
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Table 1 Summary of

Overturning Azonal Eddy P-E +R Mixing Total
freshwater budget for
subtropical (10°N—45°N) AMoy AMa; AMeaay — PER Mnix Mirend
and subpolar North Atlantic .
(450N_750N) Subpolar N. Atlantic
Control —0.170 —0.090 —0.033 0.241 0.041 —0.012
Hosing (311-410) —0.165 —0.187 —0.031 0.283 0.093 —0.007
Anomaly 0.006 —0.097 0.001 0.042 0.052 0.005
Subtropical N. Atlantic
Control —0.164 0.524 0.102 —0.504 —0.009 —0.051
Hosing (311-410) —0.032 0.490 0.061 —0.551 —0.024 —0.055
Anomaly 0.132 —0.033 —0.041 —0.047 —0.015 —0.004

All values are given in Sv with positive values indicating an addition of freshwater into the region. The bot-
tom row of each section is the anomalous change in freshwater [i.e. Hosing (311-410)—Control]

—70°N. These boundaries were chosen to coincide with the
boundaries of the subtropical and subpolar gyres, with the
subpolar gyre region containing the main sinking regions
of the North Atlantic. The region specific freshwater
budget analyses are summarised in Table 1 and graphically
in Fig. 6. The atmospheric contributions to the freshwater
budget have already been discussed; below we discuss the
freshwater transport terms as well as the freshwater budget
as a whole.

Fig. 6 a Anomalous freshwater
budget boxes for the subtropi-
cal (10°N-45°N) and subpolar
(45°N-70°N) North Atlantic.
The width of the arrows and
arrow heads have been scaled
according to the strength of the

3.3.1 Freshwater transports

The AMOC off state is associated with changes in the
freshwater transport terms that must be able to balance the
changes in PER, especially in the subtropical North Atlan-
tic, to prevent a salinification of the North Atlantic and
hence a return to the AMOC on state. In the control simula-
tion the freshwater transport due to the overturning, M,,,
is negative throughout the entire Atlantic Ocean, indicating
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A McDonagh, based on McDonagh and King (2005)
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Fig. 7 Mean M,, from control simulation with £+ one standard
deviation of seasonal data (black/grey shading), mean M,, from
control simulation with + one standard deviation of seasonal data
(green/green shading) and mean M,qq, from control simulation with
=+ one standard deviation of seasonal data (blue/blue shading). Esti-
mates of M,, from observations (red): triangle based on McDonagh
and King (2005); cross (McDonagh et al. 2010); stars (Bryden et al.
2011); circles (Garzoli et al. 2013) with vertical line representing the
range in estimates; and diamond (McDonagh et al. 2015) with the
vertical line indicating the standard deviation of 10 day timeseries.
Note that the standard deviations/range are computed using data
available on different timescales

that the AMOC is transporting freshwater southward/salt
northward (Fig. 7). The negative M,,, at 34°S is consistent
with observations [Bryden et al. 2011; Garzoli et al. 2013;
McDonagh Personal Communications based on McDon-
agh and King (2005)], despite being slightly weaker, and
is a possible indication for a bistable AMOC (Fig. 7). After
the AMOC collapses the magnitude of M,,, as expected,
decreases and over time adjusts to a new equilibrium
(Fig. 8a). The reduction in magnitude of M, can be attrib-
uted to the reduction in AMOC transport, with changes in
salinity only having a small effect (Fig. 8b). These changes
lead to an anomalous northward transport of freshwater
south of 45°N in the Atlantic Ocean (Fig. 8b). Even more
important, however, is the sign of the divergence of M,,
instead of the sign of M,, itself, since it is the divergence
that determines whether or not there will be a freshening
or salinification in the region of interest. The subtropical
North Atlantic has an increase of 0.132 Sv of freshwa-
ter due to the changes in the divergence of M,, (Fig. 6c;
Table 1). The associated increase in freshwater is twice the
amount of freshwater required to balance the anomalous
salinification caused by changes in PER (Table 1). Changes
in the divergence of My, and M,4qy need to enhance the
salinification caused by PER and thereby balance the
changes in divergence of M,,.

The salinity decrease after the AMOC collapse is larg-
est at the eastern side of the basin, which does not only
hold for the surface (Fig. 3a) but, also at depth (not
shown). This decrease in salinity is strongest over the
southward branch of the subtropical gyre and northward
branch of the subpolar gyre, near the eastern boundary,
leading to changes in M. This results in a decrease in M,
in the subtropical gyre and an increase in M, in the sub-
polar gyre, while changes at the gyre boundaries are small
(e.g 10°N and 45°N) (Fig. 8c, d). Relative to the climate
models in Yin and Stouffer (2007), which have a coarser
resolution, HadGEM3 has larger amplitude in M, diver-
gence, also leading to larger changes in its divergence after
the collapse. This is due to the increase in model resolu-
tion leading to stronger gyres (Tréguier et al. 2005; Spence
et al. 2013) and less east-west difference in salinity bias
(Yin and Stouffer 2007 their Fig. 1), likely due to the
Gulf Stream separation being too far north in lower reso-
lution models. The change in divergence of M,, for both
the subtropical and subpolar North Atlantic reduces the
amount of freshwater being transported into these regions
(Fig. 6; Table 1). This anomaly in freshwater transport par-
tially balances the additional freshwater being added to
the subtropical North Atlantic by changes in M,,, (Table 1;
Fig. 6¢) and changes in the subpolar gyre PER and mixing
(Fig. 6b).

The resolution of the model used in this study allows for
the analysis of the effect of eddies on the freshwater budget
from the equator to mid latitudes. Here, freshwater transport
due to eddies is defined as the difference between total fresh-
water transport and freshwater transport calculated by using
the seasonal fields only (see “Appendix” for more details).
The main effect of the eddies is to exchange water between
the subtropical and subpolar gyres, freshening the former and
salinifying the latter (Fig. 8e; Table 1). Immediately after the
AMOC collapse the salinity gradient at the edge of the hosing
region becomes very large leading to a large increase in the
southward freshwater transport by the eddies at 20°N. Within
a few decades after the freshwater hosing M.qqy becomes
relatively small again compared to M,,, and M, with values
similar to the control integration (Fig. 8e). In the eddy-per-
mitting model the freshening of the subtropical North Atlantic
by M.4qy and the increased freshening by a larger M, play a
similar role to the flux adjustment in coarser resolution climate
models in the control integration [e.g. GFDL R30 model in
Yin and Stouffer (2007)]. This helps to stabilise the freshwa-
ter budget by allowing for a larger negative M, in the control
integration and subsequently a larger change in M, after the
AMOC collapses. The change in M,,, is now large enough to
balance all other terms in the freshwater budget without leav-
ing a strong positive salinity trend in the subtropical North
Atlantic. As model resolution increases further towards eddy-
resolving the magnitude of M,4q4y is expected to become even
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Fig. 8 The freshwater trans-
ports along latitude bands in
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larger (Tréguier et al. 2012), further adding to the stabilising
effect of the eddies.

3.3.2 Total freshwater budget

The total freshwater trend in the subtropical North Atlan-
tic still shows a small salinification over the 311-410 year
period, slightly stronger than the salinification in the con-
trol run (Table 1; Fig. 6). Despite the salinification of the
subtropical North Atlantic, the subpolar North Atlantic
shows a freshening trend, enhancing the salinity gradient
between the two (Table 1; Fig. 6). The anomalous fresh-
ening trend of the subpolar North Atlantic can be attrib-
uted to the combination of decreased evaporation in this
region, the anomalous northward freshwater transport
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at the gyre boundaries and an increased mixing term (i.e
M,ix). The gradient in salinity across the North Atlantic,
despite being stronger than in the control integration, does
not lead to large-scale instabilities that suddenly give rise to
very strong salinity transports as seen in Yin and Stouffer
(2007). The eddies are likely helping to keep the gradient
small enough to avoid a sudden large-scale instability to
develop and to restart the convection in the high latitude
sinking regions.

4 Discussion

The AMOC response to freshwater perturbations has been
previously investigated in a large CMIP/PMIP coordinated



Stable AMOC off state in an eddy-permitting coupled climate model

2465

experiment (Stouffer et al. 2006). A freshwater hosing of
0.1 and 1 Sv was applied for 100 years, versus a hosing
of 10 Sv over 10 years in the present experiment. Of the
nine models involved in the 100 Sv year hosing experiment,
seven models had started the transition from the off state
back to the on state before 100 years after the completion
of the hosing. Two models remained in the off state; one
model of intermediate complexity, Uvic, and one older
GFDL model, GFDL R30. The different behaviour between
GFDL R30 and a newer version, GFDL CM2.1, was after-
wards analysed (Yin and Stouffer 2007) and it was argued
that the stable off state in GFDL R30 was maintained by
flux adjustment and weak atmospheric feedbacks allowing
the RTHC to develop. This result led to the paradigm that
newer generation climate models that no longer use flux
adjustment and feature more realistic atmospheric dynam-
ics are not able to maintain a stable AMOC off state (Yin
and Stouffer 2007; Liu et al. 2014). Here we show that an
eddy-permitting coupled climate model is able to maintain
a stable AMOC off state for 440 years after the hosing is
completed, which is more than twice as long as the runs
performed in the CMIP/PMIP experiment. The increase in
freshwater transport into the subtropical North Atlantic due
to higher-resolution eddies and increased boundary cur-
rents allow the AMOC to transport more salt northwards
across the entire Atlantic basin. This stronger advective
salt feedback is key for the model to be able to counteract
the strong atmospheric response over the tropical/subtropi-
cal North Atlantic basin that features in complex climate
models when the AMOC collapses. In a sense, eddies and
swifter boundary currents play a similar role in the fresh-
water budget to the flux adjustment used in older genera-
tion climate models.

Some coupled climate models of lower complexity
have been integrated for even longer durations with some
of them having the AMOC off state become unstable after
many centuries (Krebs and Timmermann 2007). We can-
not exclude that such a transition will eventually occur in
HadGEM3, but at present there is no deep water formation
site returning to the high latitude North Atlantic (Fig. 4d)
and the freshwater budget shows no signs of a potential
recovery. While the subtropical North Atlantic is continu-
ing to increase its salinity, albeit with a very small trend,
the subpolar North Atlantic is getting relatively fresher,
hampering the restart of deep convection. Also when tak-
ing the subpolar North Atlantic and the Arctic into account
there is an overall freshening trend suggesting that having a
return of deep convection in the high latitude North Atlan-
tic in the near future is very unlikely.

When taking the salinity of the entire Atlantic into
account, as was done in Sijp (2012), we do not see a dif-
ference in salinity between the hosing and control simula-
tions. In Sijp (2012) the two states in Atlantic mean salinity

Salinity Bias

6
30°S EQ 30°N

-0.8 -04
salinity (psu)

Fig. 9 Zonal mean salinity bias of the control experiment relative to
EN3 data (Ingleby and Huddleston 2007)

are associated with the AMOC on and off states. However
in Sijp (2012) an RTHC develops, which is responsible for
the low salinity state, while in HadGEM3 the AMOC off
state still has a shallow wind-driven cell that extends into
the Northern Hemisphere, preventing a low salinity state.
However if we focus on the region north of 35°N only, the
hosing integration is 0.7 psu fresher in the upper 3000 m
than the control integration, indicating that low and high
salinity states in the subpolar gyre can be associated with
the AMOC on and off state in this model. This suggests
that a bifurcation in basin average salinity no longer exists
in HadGEM3 but bistability in subpolar gyre salinity is still
existent.

The increase in northward salt transport by the AMOC
in HadGEM3, relative to the coarser resolution climate
models (Yin and Stouffer 2007) is associated with a reduc-
tion in vertical gradient of salinity bias in the Atlantic. The
model using flux adjustment in Yin and Stouffer (2007),
GFDL R30, showed little bias, but the climate model that
did not use flux adjustment, GFDL CM2.1, featured larger
biases. In particular, the salinity bias in the GFDL CM2.1
model contained a pronounced vertical gradient with a
negative salinity bias near the surface and a positive bias
at deeper levels throughout most of the Atlantic. Combined
with an AMOC that transports surface water northward and
deep water southward this salinity bias leads to M, being
strongly biased towards positive values. With a positive
M,,, when the AMOC collapses, more saline water will
be transported into the Atlantic, aiding the recovery of the
AMOC, as is clearly the case with GFDL CM2.1 in Yin and
Stouffer (2007). These results are supported by the analy-
sis of Liu et al. (2014), where they see a larger negative
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salinity bias in the surface for the un-flux adjusted models
relative to flux adjusted models. This led to a less negative
M,, at 34°S, reducing the likelihood of bistability. For the
model used in this study, HadGEM3, the salinity bias has
a weak negative vertical gradient in the Southern Atlantic
in the depths corresponding with the North Atlantic Deep
Water (NADW) cell of the AMOC and a mostly positive
bias in the upper 1000 m throughout the rest of the Atlan-
tic (Fig. 9). This weaker salinity bias is likely due to the
fact that the model is eddy permitting and has swifter and
narrower boundary currents. In GFDL CM2.1 the posi-
tive salinity bias peaks near 20°N (Yin and Stouffer 2007),
while in HadGEM3 the model bias is smaller there (Fig. 9)
since 20°N coincides with a convergence in freshwater
transport due to the eddies (Fig. 8e). The vertical structure
of the salinity bias in HadGEM3 is too small to affect the
sign of M,,: it only has a minor effect on M,, south of the
equator and an even weaker effect between the equator and
30°N (Fig. 7). However, a further reduction of the salinity
bias would move the model values of M,, even closer to
the estimates based on observations of M,, throughout the
Atlantic (Fig. 7).

At 26°N M,, is —0.601 Sv in the control integration
of HadGEM3 [about —0.6 Sv GFDL CM2.1 (Yin and
Stouffer 2007)] and —0.78 Sv in observations (McDon-
agh et al. 2015). A larger difference between HadGEM3
and the models analysed in Yin and Stouffer (2007) occurs
at the southern boundary of the subtropical gyre (10°N).
In HadGEM3 M,, is largely negative at those latitudes,
—0.361 Sv, while in GFDL CM2.1 M,, has about half the
amplitude, approximately —0.2 Sv. Both models agree on
M,, being slightly negative at the subtropical-subpolar
boundary, around —0.2 Sv. Thus the different values at
the southern boundary of the subtropical gyre in the mod-
els determines the sign of the divergence of M,, over the
subtropical gyre and the sign of the advective salt feedback
in this area when the AMOC weakens or collapses. Unfor-
tunately there are no estimates of M,, near 10°N, but the
reduced salinity bias in HadGEM3 suggests that a negative
M,, at those latitudes is the more likely.

Of some concern is the absence of an RTHC in the
AMOC streamfunction after hosing is applied. Stability
analysis of coarse-resolution ocean-only models suggests
that the collapsed AMOC is an unstable steady state, divid-
ing the attractor space between a stable on state and a sta-
ble RTHC reaching to the bottom of the Atlantic (Dijkstra
2007). Furthermore, the studies of Saenko et al. (2003)
and Sijp et al. (2012) point out that it is the density dif-
ference between the NADW and the Antarctic Intermedi-
ate Water (AAIW) formation regions which are important
for the existence of an RTHC. In this study the density of
the NADW formation region is not reduced enough after
the initial hosing to become lighter than the water in the
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AAIW formation region as RTHC is not maintained. This
study and the results of Yin and Stouffer (2007) suggest
that the development of the RTHC is suppressed by atmos-
pheric feedbacks. However, there is at present insuffi-
cient analysis to conclude whether atmospheric feedbacks
really prevent a stable RTHC to develop, or whether there
are other reasons for why it is absent in HadGEM3. For
HadGEM3, we believe there are two possibilities; (1) the
AMOC off state, despite the maintaining an AMOC off
state for much longer than the models used in the PMIP
experiment of Stouffer et al. (2006), will eventually return
to an AMOC on state, or (2) the AMOC off state is a stable
solution of coupled climate models at eddy-permitting or
higher resolution.

In HadGEM3 the presence of eddies and swifter bound-
ary currents (stronger gyres) allows for stronger north-
ward salt transport of the AMOC, stabilising the off state
(Fig. 8). An even higher-resolution (1/12 degree), eddy-
resolving ocean model features even larger northward
salt transport by M,4qy than the eddy-permitting version
(Tréguier et al. 2012), implying an AMOC off state could
potentially be favoured by even stronger advective salt
feedbacks. On the other hand, the latitudinal structure of
M,, in HadGEM3 seems broadly consistent with the few
estimates we have at different latitudes (Fig. 7) and we
anticipate only a small improvement in this respect when
going to higher resolution in the ocean component of cli-
mate models.

5 Conclusions

The goal of the model run analysed in this study was to
rapidly collapse the AMOC and study the stability of the
AMOC off state. Several other studies have been done
choosing a freshwater hosing setup that more realisti-
cally represents what could happen in the climate system
(Weijer et al. 2012; Spence et al. 2013; Swingedouw et al.
2013). These studies have all shown that it is possible to
weaken the AMOC using a more realistic hosing setup.
On top of that Weijer et al. (2012) and Spence et al. (2013)
have shown that when using higher resolution the amount
by which the AMOC weakens is larger relative to their
coarse resolution models used in those studies. However,
these studies often only have been run for 50 years in the
high resolution setting. These results plus the results pre-
sented in this study support the possibility of coupled mod-
els being more likely to model abrupt climate changes as
model resolutions continue to improve. At higher resolu-
tion a stronger advective salt feedback associated with the
AMOC, leading to a freshening of the subtropical North
Atlantic, overcomes the damping feedback that salinifies
this region, associated with the atmospheric response to an
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AMOC collapse. This changed balance between the differ-
ent feedbacks makes the transition to a stable AMOC off
state possible, when the freshwater transports at high lati-
tudes in the North Atlantic increases. This is illustrated by
the eddy-permitting climate model, HadGEM3, being able
to maintain an AMOC off state for 440 years.
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Appendix: Freshwater budget calculation

The freshwater budget calculation used in this study is
based on the method presented in Drijthout et al. (2011)
with modifications to include the effects of a northern and
southern boundary, as well as specifics to the version of
NEMO used (GOS5, version 3.4 of NEMO) (Megann et al.
2013). Mean flow transports are based on 3 month means,
while total transports (i.e. vS) are calculated online and are
updated after each ocean model time step, which are later
averaged over the years of interest removing the effects of
the seasonal cycle on the budget. Following Drijthout et al.
(2011), the equation for the volume budget is as follows:

Vi =Ts — Ty — Tpreq + PER — Resy, 2)

where V; is the rate of change of the volume, Ty s) are vol-
ume transports through the northern and southern bound-
aries, Tjs.q is the volume transport through the Strait of
Gibraltar, PER is the precipitation minus evaporation plus
runoffs and Resy is the error generated by the choice of
differencing scheme and temporal resolution of the data.
The value of Resy is computed as a residual to close the
budget. Since the model has a free surface V; is equivalent
to the changes in the sea surface height using backwards
differencing. The main differences between Eq. (2) and
eqn. 4 in Drijthout et al. (2011) are that we have left the
choice of the northern and southern boundaries as arbi-
trary as opposed to choosing 34°S and the Bering Strait
and we have included a term, 7},.4 for the volume trans-
ports through the Strait of Gibraltar. In this configuration
of NEMO the transports are computed without taking the
changes in sea surface height into account. For the regions
of interest used in this study the values of Resy are rela-
tively small resulting in O(10~* Sv) for the North Atlantic
subtropical gyre and O(10™> Sv) for the North Atlantic sub-
polar gyre, which in both cases is the smallest term in the

budget with the remaining terms ranging from O(10~3 Sv)
to O(1 Sv). Choosing instantaneous values of sea surface
height from the model restart files in the computation of
V; leads to Resy having the same order as the precision in
which the data is stored but, not all model restart files were
available.

Similarly the salinity budget in terms of freshwater
becomes the following:

Mirena — Vi = Ms — My — Mpgeqd + Myix — Resy + H, (3)

where Myenq 1S the rate of change of freshwater in the
region of interest, M(y,s) are the northward/southward
freshwater transports, M., is the freshwater transport
through the Strait of Gibraltar, H represents the freshwa-
ter hosing and M,,;,, computed as a residual, closes the
budget capturing mixing and errors introduced by the
temporal resolution of the data, as well as, the choice
of reference salinity, S,. The conversion between salin-
ity based terms to the freshwater based terms in Eq. (3)
is done through multiplying all the terms in the equation
by —1/S,. Note that we have dropped the negative sign
before Mg in Eq. (3), contrary to Drijfthout et al. (2011)
so that positive values indicate an increase in freshwa-
ter not salinity. In this case the hosing is included in the
salinity budget and not the volume budget since it is com-
puted as a redistribution of salinity in this model study.
Combining Eqs. (2) and (3)gives the following expression
for the fresh water budget:

Myena = Ms + Ts) — My + Tn) — Mpgea + Tptea)

+ Myjix + PER + H. @)

The M(y/s) terms can be divided into eddy and mean flow
components since the ocean model output includes vS com-
puted at every model time step. The eddy contribution to
the freshwater transport is defined as follows:

-1 _ _
M eaay(n/s)) = 5 /N /S(vS —vS)dA )
o

= Mwnssy — Mmean(v/s))s

= M /s) = Monean(N/)) + M (eddy(N /5))» (6)

where the integral is taken over each zonal section of
the Atlantic basin, vS is the total seasonal mean trans-
port, v and S are the seasonal mean meridional velocity
and salinity and M ueancs/ny) = —1/S0 fN/SvfdA repre-
sents the non-eddy transports, with the overbar denoting a
mean computed over 3 months. A map of the eddy kinetic
energy (Fig. 10) shows that the eddy field in HadGEM3
is very similar to other models of similar resolution (Del-
worth et al. 2012), perhaps even slightly closer to what
is expected from observations. The eddy contribution is
computed in a very similar way to Tréguier et al. (2012),
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Fig. 10 Logarithm of the surface eddy kinetic energy in the control
simulation. The eddy kinetic energy was computed from the model’s
surface velocity fields using the difference between the instantane-
ous velocities and seasonal mean velocities before averaging over all
years of the simulation

in which it was also shown that the eddy contribution will
be even stronger at higher model resolutions. Since the
current model resolution is eddy-permitting it is not pos-
sible to completely resolve eddies at all latitudes, therefore
caution must be taken in interpreting the role of the eddies
in the high latitudes. Similar to what is done in Drijthout
et al. (2011), M(nean(s/ny) can be divided into an overturn-
ing Mov(s/n)), azonal M4 (s/ny) and the volume transport
T(s/n) terms as follows:

Meanivys) = Movinvysy + Mazvysy — Tnys), (7)
_l "
Moyny/sy = S0 Juss Vi (S)dA, (8)
0
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MaNysy = —
“ND =5 s )

where (f) = [fdx/ [x is the zonal mean, f'=f — (f)
is the difference from the zonal mean, f = [fdA/ [ dA
is the zonal section mean or barotropic component and
=) - f is the zonal mean baroclinic component
for f =V or f = S. Substituting Egs. (6) and (789) into
Eq. (4) gives the final form for the zonal freshwater budget
equation:

Mirena = AMoy + AMg; + AMeddy + AMpgeqd + Myix + PER + H,

(10)
AMoy = Mov(s)) — Moviny,  AMaz = Maz(s))—
Mgz, AMeddy = Meday(s)) — M(eddy(Ny) and
AMptea = —Mptea — Tred-

The are several possible valid choices of the reference
salinity; the mean salinity over the entire volume of the
region used in the budget calculation, the mean salinity
over the section used as the northern (southern) boundary
or the mean salinity from the Strait of Gibraltar. For this
study it was chosen to use the mean salinity at the bound-
ary between the North Atlantic subtropical and subpolar
gyres for §,, the reference salinity. Choosing one of the
other salinities as a reference salinity creates a maximum
difference of O(10—4 Sv), which is less than 10 % of the
smallest value represented in our budget analysis. To fur-
ther simplify the budget analysis only times when there is
no hosing being applied are considered and the freshwater
transport through the Strait of Gibraltar is combined with
the mixing term, resulting in the following final equation
for the budget analysis:

Mirena = AMyy + AMy; + AMeddy + Myuix + PER. (1

where
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