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Abstract A new simple, coupled climate model is pre-
sented and used to investigate the sensitivity of the
thermohaline circulation and climate to ocean vertical
and horizontal exchange. As formulated, the model
highlights the role of thin, ocean surface layers in the
communication between the atmosphere and the sub-
surface ocean. Model vertical exchange is considered to
be an analogue to small-scale, diapycnal mixing and
convection (when present) in the ocean. Model hori-
zontal exchange is considered to be an analogue to the
effects of the wind-driven circulation. For small vertical
exchange in the ocean, the model exhibits only one
steady-state solution: a relatively cold, mid-high-latitude
climate associated with a weak, salinity-driven circula-
tion (“off” mode). For large vertical and horizontal
exchange in the ocean, the model also exhibits only one
steady-state solution: a relatively warm, mid-high-lati-
tude climate associated with a strong, thermally-driven
circulation (““on” mode). For sufficiently weak hori-
zontal exchange but large enough vertical exchange,
both modes are possible stable, steady-state solutions.
When model parameters are calibrated to fit tracer dis-
tributions of the modern ocean-atmosphere system, only
the “on” mode is possible in this standard case. This
suggests that the wind-driven circulation in consort with
diapycnal mixing suppresses the “off” mode in the
modern ocean-atmosphere system. Since both diapycnal
mixing and the wind-driven circulation would be
expected to increase in a cold climate with greater
meridional temperature gradients and enhanced winds,
vertical and horizontal exchange in the ocean are
probably associated with strong negative feedbacks
which tend to stabilize climate. These results point to the
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need to resolve ocean wind-driven circulation and to
greatly improve the treatment of ocean diapycnal mixing
in more complete models of the climate system.

1 Introduction

The exchange of heat and fresh water between the at-
mosphere and the deep ocean is mediated by the <100 m
thin, ocean surface layer. At low latitudes, atmospheric
heating of this layer increases stratification at its base
inhibiting vertical exchange. At high latitudes, atmo-
spheric cooling of the layer decreases stratification,
promoting vertical exchange, convection and deep water
formation. The atmospheric fresh water cycle (net
evaporation at low latitudes, net precipitation at high
latitudes) opposes these effects on stratification via sur-
face layer salinity but the thermal effect dominates in the
modern ocean. One consequence of this is the partition
of the ocean into the “warm”, <1000 m deep, main
ocean thermocline at low and mid latitudes (warm water
sphere) and the “cold”, deep and high-latitude ocean
(cold water sphere). Considerable circulation and ex-
change exist within each of these spheres. This includes
thermocline ventilation and deep recirculation to and
from the Southern Ocean. It is useful to think of the
thermohaline circulation as the net flow between these
two ‘‘spheres”, involving transformation of “warm”
water to ““‘cold” water and back again. In the modern
ocean this flow carries about 20 Sv (1 Sverdrup is
10° m? s=!) with the bulk of the deep water formation in
the northern North Atlantic Ocean (Gordon 1986;
Schmitz 1995).

Much attention has been focused on the “cold”
branch of the thermohaline circulation but a deeper
understanding of this circulation requires a close look at
the “warm” branch as well. In the main thermocline,
density is determined primarily by temperature and heat
transport across isopycnal surfaces depends upon
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small-scale, vertical (diapycnal) mixing. Such downward
diffusive transport of heat absorbed by the ocean surface
layer at low latitudes “‘balances” cooling from below in
the deep upwelling of the “warm” branch of the ther-
mohaline circulation (Munk 1966; Stommel and Arons
1960). A complementary pathway for transformation of
cold water sphere to warm water sphere water involves
deep upwelling in the Southern Ocean and diapycnal
mixing/surface heating associated with this process (see
Sect. 5). Thus, total transport in the thermohaline cir-
culation is strongly, but not exclusively, controlled by
the intensity of small-scale turbulence within the main
ocean thermocline. Such strong sensitivity has been
noted in ocean-only models (Bryan 1987; Zhang et al.
1999).

Two box, ocean-only models of the thermohaline
circulation exhibit two stable steady-state solutions
under a certain range of mixed boundary conditions
(Stommel 1961). These solutions, the strong, thermally-
driven, “on” mode and the weak, salinity-driven “‘off”’
mode, stem from the nonlinearity of this problem when
surface forcing on temperature and salinity are decou-
pled. The Stommel (1961) model, coupled to a simple
atmosphere model, still exhibits these two modes
(Birchfield 1989; Marotzke and Stone 1995, referred to
hereafter as MS). In such simple, coupled climate
models, the “on” mode corresponds to a relatively
warm, mid-high-latitude climate due to relatively large
poleward, oceanic heat transport (but compensated in
part by a relatively weak atmospheric heat transport).
The “off” mode corresponds to a colder, mid-high-lati-
tude climate due to weaker poleward, oceanic heat
transport (but compensated in part by a stronger at-
mospheric heat transport). Thus, even such simple
models can capture the essence of climate states found in
much more complex coupled models (e.g. Manabe and
Stouffer 1988).

In the MS model, the atmosphere is coupled directly
to the deep ocean; this tacitly assumes infinite vertical
mixing in the ocean while such mixing is rather weak in
the real ocean. Also, in the MS model, the thermohaline
circulation is the only mode of exchange between the
warm and cold water spheres while wind-driven circu-
lation gyres transport cold, fresh high-latitude water
equatorward and warm, salty low-latitude water pole-
ward in the real ocean. As discussed, the thermohaline
circulation is likely to be quite sensitive to vertical and
horizontal exchange. One important question for cli-
mate research is whether the “off” mode can exist for
ocean exchange characterizing present and past climates.

Here we develop and apply perhaps the simplest
possible coupled climate model suitable for the investi-
gation of the effects of vertical and horizontal exchange
in the ocean on the thermohaline circulation and cli-
mate. In Sect. 2 we develop the model and consider its
steady-states. In Sect. 3 we use tracer distributions of the
modern ocean-atmosphere system to calibrate free pa-
rameters of the model and discuss the nature of its so-
lutions. In Sect. 4 we conduct sensitivity studies around
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this modern ocean-atmosphere analogue. Both vertical
and horizontal exchange are found to strongly influence
possible climate states as well as the climate within states
possible. In particular, the “off” mode is found to
be suppressed for model parameters calibrated to the
modern ocean-atmosphere system. Finally in Sect. 5, on
the basis of these results and other work, we discuss
possible interactions between climate state and ocean
exchange as well as the implications of such interactions
for climate stability. Furthermore, we discuss our results
in the context of other ocean and climate modelling
work.

2 The simple coupled model

The one-hemisphere model consists of two atmospheric boxes and
two deep ocean boxes separated in the vertical by two ocean surface
layer boxes (Fig. 1). The model may be considered to be an ex-
tension of the MS model and much of the MS notation will be
adopted here to facilitate comparison with the derivation and re-
sults of that model. The deep ocean boxes are well mixed and have
depth D (taken to be 4000 m here). Subscript w and ¢ refer to the
low-latitude and mid-high-latitude sectors of equal area and
volume, respectively, separated by 30° latitude.

Net radiation at the top of the atmosphere (H, ) is the sum of

incoming, shortwave and outgoing, longwave radiation,

H = Aw,c - BTsw,sc (1)

w,e

where for low- and mid-high-latitudes, 4,, and 4, are net incoming
radiation for a surface temperature of 0 °C, Ty, and T,. are sea

Ha He
|
v
__)'“m:
—=> E
H, H. H, H,
A A
v v
Wy “—> v .
—> 4
q€—
30"

Fig. 1 The simple, coupled, ocean-atmosphere model including thin
ocean surface layers. The one-hemisphere model is divided at 30°
latitude into warm (w) low-latitude and cold (¢) mid-high-latitude
sectors of equal area and volume. Net radiation at the top-of-the-
atmosphere H) . is the sum of incoming shortwave and outgoing
longwave radiation; H,,. and E are poleward eddy transports in the
atmosphere of heat and water vapor, respectively; H,, . and H; are
heat and virtual salt exchanges at the ocean surface, respectively; u,,
are coefficients of vertical exchange between the surface and deep
ocean and v is a coefficient of horizontal exchange between the deep
ocean boxes. The thermohaline circulation intensity ¢ is proportional
to the density difference between the deep ocean boxes which depends
on corresponding temperature and salinity differences
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surface temperatures (and ocean surface layer temperatures; see
below) and BTy, and BT, are longwave fluxes caused by deviations
of surface temperature from 0 °C. For simplicity, transports of heat
(H,.) and water vapor (E) across 30° in the atmosphere are as-
sumed to be linearly related to sea surface temperature differences
such that

ch = X(Trw - Tvz‘) (2)

where y and y are atmospheric exchange coefficients and H,, and H,
are the heat exchanges across the low- and mid-high-latitude ocean
surfaces. Virtual salt exchanges across these surfaces, Hy and —Hj,
are pyee, ES, and —p,ee, ' ES,, respectively, where p,, is the water
density, S, is mean ocean salinity, € is the ratio of ocean area to
total ocean plus land area, and ¢, is the ratio of ocean area to
catchment area, (¢ < ¢, < 1); € and ¢, are taken to be the same in
both sectors for simplicity. The conversion of freshwater fluxes
across the sea surface to salt fluxes in this way is an approximation
which will be considered later. Heat exchanges between surface and
deep ocean boxes at low- and mid-high-latitudes are assumed to be
equal to p,c,eDu,,(Ty, — Tay) and pycpeDuc(Tye — Ty.), respectively,
where ¢, is the heat capacity, u, and u. are vertical exchange
coefficients, and Ty, and T, are deep ocean temperatures.
Corresponding salt exchanges are p,eDu,,(Ss, — Saw) and pyeDu,
(Sse — Sac), where Sg, s and Sg, 4 are salinities in the surface layer
and deep ocean, respectively. There is no net flow across 30° lati-
tude in the surface layer (in the real ocean wind-driven Ekman
transport tends to vanish at this latitude between tropical easterly
and mid-latitude westerly winds).

The thermohaline circulation ¢ is assumed to occur below the
thin ocean surface layers and is taken to be proportional to the
density difference between the deep ocean boxes, as in the original
Stommel (1961) model. This density difference depends on corre-
sponding temperature and salinity differences in the deep ocean
through a linear equation of state such that

q = k[o(Tiw — Tac) — B(Saw — Sac)] (3)

where k is a flow parameter, « is the thermal expansion coefficient
and f is the haline contraction coeflicient. The circulation ¢ is de-
fined to be positive when density in the ¢ deep box exceeds that in
the w deep box. In addition to this circulation there is a horizontal
exchange between the deep boxes associated with the exchange
coefficient v. We interpret v mainly as the effect of the wind-driven,
subtropical gyre circulation.

A key assumption of this simple model is that the heat and
moisture capacities of the atmosphere and the heat and salt ca-
pacities of the ocean surface layer are negligible. Both the atmo-
sphere and the surface layer are assumed to adjust “immediately”
to changes in the deep ocean. Given typical ocean surface layer
depths of 50-100 m, this approximation is valid for the long time
scales (>10 years) of interest here. Then for each sector it follows
that air-sea exchange of heat and water/salt can be determined as
residuals of heat and water budgets for the atmosphere box and as
residuals of heat and salt budgets for the ocean surface layer box
whereby both residuals must match in each sector. This leads to the
following relations

Tsc‘)7 E= 7'(7;‘¢' -

H, = A, — BTy, — (T — Tyc)

= pocpeDityy(Tow — Tw) (4)
H, = Ac — BTy + 1(Tow — Tye) = pocpeDuc(Tye — Tye) (5)
H; = pySo Ei/(T — Tie) = Po€Dthy(Ssw — Saw)

= —po€Duc(Ssc — Sac) - (6)

A more correct boundary condition for salinity in the problem
may be found by treating explicitly the atmospheric fresh water flux
entering the surface layer in the ¢ sector and leaving the surface
layer of the w sector. Then reconsideration of surface-layer salt
budgets shows that S, should be replaced by S, in Eq. (6). Sig-
nificant errors due to our simplified formulation only arise if u,, .
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and v are very small (associated with ocean transports on the order
of the atmospheric fresh water flux). Model results are not reliable
for such low ocean exchanges which, however, are much less than
required to explain observed ocean property distributions (see
later). We retain the approximate boundary condition, Eq. (6),
for simplicity and for the transparency of the analytical solutions
which are possible when it is used.

Salt conservation in the deep ocean and the neglected salt
capacity of the surface layer leads to

So = %(de + Sdc) . (7)

For ocean surface layer depths of 50-100 m, the error associated
with this approximation is several percent only.

The equations for heat and salt conservation in the deep boxes
are
dT s,

dt

d Tdc
dr

dew
dr

dec‘
dr

= uw(]}w - T:!w) - (|q| + U)(wa - I:!c) (8)

= “c(]}c - Tdc) + (\t]\ + U)(wa - Tdc) (9)

= 1y (Sew — Saw) — (lg] + 0) (Saw — Sac) (10)

= uc(Ssc - Sdc) + (|CI\ + U)(de - Sdc) . (1 ])

Together with diagnostic Eqgs. (4)—(7), these equations can be
reduced to three ordinary differential equations in the unknowns
Taw, Ty and S, (or Sy) or some combination of these unknowns. It
is convenient to pose the problem in terms of 7y,, T and S, where
T4 1s the mean temperature in the deep ocean %(wa + Ty)and T
and S are deep ocean temperature and salinity differences, Ty, — Ty
and Sy, — Sg. With these substitutions, the resulting model equa-
tions become

d7y, _

L0 (2p,cyeD) ™ (ty + Ac — 2BT,) (12)
dr

S = AT~ T,) = 20T — ol — ST (13)
ds 28,y

— = Ty — 208 — 2k|aT — 14
= B0, — 2us — 2klaT — s (14)

where Ty, is the mean surface temperature %(T w+ Tie), Ty is the
surface temperature difference Ty — Ty, Tp = (4w — 4c)/ 2y + B)
and 1 = (27 + B)/(ep,cp,D). Here T, is the mean surface tempera-
ture difference between the two sectors in the absence of oceanic
transports and the inverse of 4 is the e-folding time of restoring the
surface temperature difference to 7, after a perturbation in the
absence of oceanic transports (see MS).

Together with expressions for Ty, and Ty (not shown) in terms
of Ty,, T and S and the exchange and geometric parameters of the
problem, Egs. (12), (13) and (14) describe the time-dependent
evolution of mean deep ocean temperature and temperature and
salinity differences between the deep ocean boxes. The evolution of
surface temperature, surface salinity difference and the thermoha-
line circulation can be diagnosed from the former three model
variables.

From Eq. (6), the salinity difference S5 = Sy, —
surface layer can be expressed as

(1 + 1e) So

—T,+S . 15
oD Y+ (15)

With a combined vertical exchange coefficient, u, defined as
2upuc/ (uw + ue), Eq. (15) simplifies to

SY = 250))
ue,,D

S, in the ocean

Sy =
Uylte

Ty +S . (16)

(Note that u~! = u;! +u_! where the terms are proportional to an
overall, a low-latitude and a mid-high-latitude vertical mixing time,
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respectively; the problem is analogous to two resistors connected in
parallel). According to Eq. (16), the surface salinity difference
blows up as u — 0. With the more correct salinity boundary con-
dition (see earlier), the surface salinity difference approaches 25, in
that limit.

Our model reduces to the MS case as u — oo and v — 0. In this
limit, deep and surface layer temperature and salinities converge
(the deep ocean is coupled directly to the atmosphere) and the
thermohaline circulation represents the only horizontal exchange in
the ocean.

At steady-state, Eq. (12) leads to

AW' A(‘
Tyn = 22 . (17)

This also follows directly from a condition of no net radiation at
the top-of-the-atmosphere in a steady-state. Likewise, in a steady-
state, net heat transport across the ocean surface must vanish such
that H,, + H. = 0. Then, from Egs. (4) and (5) and the earlier
definitions, we have

AT (uy + ue) + 2upu.T
B j~(uw + uc) + 2uwuc

T,

(18)

With the combined vertical exchange coefficient u this reduces to

AT +uT
T ou+

With this result and Eq. (16), the steady-state salinity difference in
the surface layer can be expressed as a linear function of 7 and S
(not shown for brevity). Likewise, from the foregoing, steady-state
expressions can also be derived for Ty, . and Su, 4. For example,
Toe = Tom — %ﬂ which can be evaluated using Eq. (17) and (19). All
variables of the problem except Ty, 4 and Sy, can be expressed in
terms of the combined vertical exchange coefficient u. To calculate
the steady state value of Ty,4 (and thereby mean deep ocean
temperature) and of S, ., either u, or u. must be specified in
addition to u (see Egs. 8-11).

Substitution of Eq. (19) into the steady-state versions of
Eqgs. (13) and (14) leads to two, time-independent, algebraic, non-
linear equations in 7 and S, which will be considered in detail later:

(19)

s

Ly -

T) — 2vT — 2k|aT — T=
) ) —2v klaT — BS| 0

(20)

280y (AT, 4+ uT)
ewD (u+2)

— 208 = 2k|aT — SIS =0 . (21)
As in the simple coupled models discussed in Sect. 1, stable “on”
mode (¢ > 0) and “off” mode (¢ < 0) solutions can be found for
this system, and when both of these solutions exist, a weak, un-
stable steady-state solution to the system with ¢ > 0 is also found.
We address in detail the structure of these steady-state solutions
and their sensitivity to the oceanic exchange coefficients.

3 Structure of the steady-state solutions

For the analysis below it is useful to define a standard
case, which should capture the current climate state,
characterized by a vigorous “on” mode in the North
Atlantic, as well as possible in our simple model context.
We consider the Northern Hemisphere and take our
model ocean to be an analogue of the North Atlantic.
Since this ocean is about 60° wide, we take € = %. Since
the North Atlantic has a large catchment area with
runoff from North America and Asia, we take €, =1
which corresponds to a catchment area 180° wide. In the
context of our simple model, atmospheric heat transport
also includes ocean heat transport in the North Pacific

(as in MS). There is no deep water formation in the
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North Pacific in the modern ocean and most of the
ocean heat transport across 30°N there (up to 1 PW)
may be associated with the wind-driven circulation
(Bryden et al. 1991). We introduce a separate v term in
the North Atlantic to be able to address poleward heat
and salt transport in this circulation. These transports
affect the thermohaline circulation there and associated
poleward heat transports.

The global distribution of annual-mean solar (short-
wave) radiation at the top-of-the-atmosphere and the
increase of the ice-free albedo with latitude can be esti-
mated well using second-order Legendre polynomials
(Hartmann 1994). Integrating the radiation, weighted by
albedo, yields net incoming shortwave radiation of
309 Wm2 and 177 W m~2, for the w and ¢ sectors
respectively, assuming the area north of 70°N to be ice-
covered with constant albedo of 0.62. Observations in-
dicate a value for B of about 2.2 W m~2 °C~! (Graves
et al. 1993). Given these values, a choice of a value for
net outgoing radiation for a surface temperature of 0 °C
leads to estimates of 4,, and 4, and mean surface tem-
perature T,,,. The choice of 209 W m~2 for this outgoing
radiation agrees with observations (Graves et al. 1993)
and yields values of 4,, and 4. of 100 W m~2 and
—32 W m2, respectively, and a realistic Ty, of 15.45 °C.

The remaining parameter values of our standard case
are obtained by searching for an “on” mode solution of
Egs. (20) and (21) which matches the following obser-
vational constraints: a mean surface temperature dif-
ference of about 25 °C (our estimate from Hartmann
1994), warm water sphere-cold water sphere temperature
and salinity differences of about 7.5 °C and 0.4 (our
estimates from Levitus (1994) data with mean warm
water sphere values calculated from the upper 800 m of
the North Atlantic between 0 and 30°N), a thermohaline
circulation of about 15 Sv (Gordon 1986; Schmitz 1995),
a North Atlantic Ocean heat transport across 30°N of
about 1 PW, the bulk of which is due to the thermo-
haline circulation (Hall and Bryden 1982), and an at-
mospheric water vapor transport across 30°N within the
North Atlantic catchment area of about 0.25 Sv (Wijf-
fels et al. 1992). The resulting, standard-case parameter
values are given in Table 1. Standard values for u and v
are 18 Sv and 5 Sv, respectively (these exchanges, and ¢
later, have been scaled by multiplication with ocean
sector volume, eaD = 8.5- 10! m3 where ¢ is the half
hemisphere area; A scaled in this way has a value of
159 Sv).

For the standard-case parameter values, we find the
thermohaline circulation intensity, the surface tempera-
ture difference, the deep temperature difference, the deep
salinity difference and the atmospheric water vapor
transport across 30°N into the North Atlantic catch-
ment area to be 15.09 Sv, 24.47 °C, 7.58 °C, 0.41 and
0.23 Sv, respectively. The surface temperature difference
without North Atlantic heat transport, 7,, is 26.40 °C.
Also, we find the atmospheric heat transport and
the heat transports by the thermohaline circulation
and by the horizontal exchange (attributed here to the
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Table 1 Parameter definitions

and standard case values D Ocean depth 4000 m 2
a Half hemisphere area 1.27 - 10" m
€ Ocean to total area fraction 1/6
€w Ocean to ocean catchment area fraction 1/3
S, Mean ocean salinity 35.22
0 Mean ocean water density 1.0-10° kg m™®
cp Specific heat capacity of water 40-10° J kg™ oC™!
o Thermal expansion coefficient 201074 oC!
p Haline contraction coefficient 8.0-107*
A, Net incoming radiation for 0 °C in w sector 100 W m™2
A, Net incoming radiation for 0 °C in ¢ sector -32Wm?
B Sensitivity of LW radiation to surface temperature 22Wm™=°C!
k Thermohaline circulation flow parameter 15-107% 57!
b4 Atmosphere exchange coefficient for heat 1.4 W m2e°C™!
y Atmosphere exchange coefficient for water vapor 15107 m g7 oC™!
u (Scaled) ocean vertical exchange coefficient 18 Sv
v (Scaled) ocean horizontal exchange coefficient 5 Sv

wind-driven circulation) of the North Atlantic to be
4.35 PW, 0.46 PW and 0.15 PW, respectively. Although
the heat transport due to the thermohaline circulation
is somewhat low compared to observations (Hall and
Bryden 1982), part of this transport in the real North
Atlantic originates from the Southern Hemisphere. We
can not deal with such cross hemisphere transport in our
one hemisphere model.

To check the values of the ocean circulation and
exchange parameters in the standard case solution, we
solved for ocean A*C distribution in our model and
evaluated this solution for our standard case. For this,
we assumed an atmospheric concentration of 0%, a gas
transfer velocity for CO, of 5.5-107 m s~! (Wann-
inkhof 1992) and we neglected the radioactive decay in
the thin surface layers. The A*C concentrations in the
deep and surface ocean boxes depend on u, and u..
However, for standard-case parameter values and all
combinations of u, and u. with u =18 Sv, AC in
both deep boxes lies in the range —70 to —75%,, in
agreement with observed preanthropogenic values for
the sub-surface North Atlantic (Shaffer and Sarmiento
1995).

For this “on” mode solution of our simple model it
is reasonable to identify u, with small-scale, diapycnal
mixing and u. with such mixing and, above all, con-
vection. Indeed, in the ¢ sector for standard-case pa-
rameters, water density in the surface layer exceeds that
in the deep layer. This would motivate a choice of u, to
be considerably greater than u, in this situation. One
combination with v = 18 Sv would be u,, and u,. equal
to 10 and 90 Sv, respectively. For these values, we find
deep ocean temperatures, surface layer salinities and
surface and deep layer A*C which all agree quite well
with North Atlantic observations, averaged as de-
scribed already (in our calculations we used an S, of
35.22, calculated for Levitus (1994) data from the
North Atlantic Ocean). In the following, however, it
will not be necessary to choose values for u, and u,.:
as shown above, only the combined vertical exchange
coefficient u enters into the dynamics of the ocean
and climate in the problem as posed. We will return to
u,, and u. in Sect. 5.

Figure 2 shows T — S phase space plots of the steady-
state solutions. The isoclines for time-independent
T (Eq. 20; solid lines) and S (Eq. 21; dashed lines) are
plotted for specific combinations of vertical and hori-
zontal exchange. The 7 and S isoclines intersect at
steady-state solution points. The thermohaline circula-
tion intensity ¢ is proportional to the distance from the
solution points to the diagonal (dotted line) along a line
normal to the diagonal. The diagonal marks a7 = S
where temperature and salinity effects on this density
difference cancel (see Eq. 3) and ¢ = 0. Also shown are
trajectories (thin lines) of the time-dependent solution
for cases with u,, = u.. Solution points to the left of the
diagonal (thermally driven) are the strong, stable “on”
mode (stable node) and a weak, unstable mode (saddle-
point). The solution point to the right of the diagonal
(salinity driven) is the weak, stable “off”” mode (stable
focus).

A comparison of Fig. 2a and b shows the effect of
vertical exchange on the structure of model solutions in
the absence of horizontal exchange. For all nonzero u,
the T isocline intersects the diagonal at (a7, «7,): With
q = 0, deep ocean temperatures would be equal to sur-
face temperatures (Egs. 8 and 9) and with ¢g,v =0, the
surface temperature difference is 7,. As u decreases from
u — oo (Fig. 2a; MS case) to the vertical exchange of
our standard case (u = 18 Sv; Fig. 2b), the deep ocean
becomes less tightly coupled to the surface layer and
thermohaline circulation acts to decrease the deep-ocean
temperature difference. This is expressed in the figures
by the rotation of the 7' isocline downward about its
g = 0 pivot point. However, as this temperature differ-
ence decreases, so does the strength of the “on’ mode;
this allows the deep-ocean salinity difference to increase
which further decreases the ““on” mode strength. From
Eq. (21), the position of the minimum of the S solution
lies on the line T}, = 20~ BS,in for all u. Minimum 7T},
is found for u — oo and is equal to (e,Dka?)”" (4fS,7)
which, for our standard-case parameters, has a value of
2.11 °C. As u decreases, T (and S) at the minimum of the
S solution increases, approaching a maximum for u — 0
of 7.47 °C for our standard-case parameters. Below
some threshold for u, isoclines for T and S cease to
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aT(1079)

aT(10%)

aT(107)

2 3 4 5 6
BS(107)

Fig. 2a— Phase space plots of steady-state model equations for deep
ocean temperature difference (7'; dashed thick lines) and deep ocean
salinity difference (S; solid thick lines) for several combinations
of (scaled) vertical and horizontal exchange coefficients, « and v,
and other parameters set to standard-case values (Table 1;
u = 2uu. [ (uy + uc)). To better illustrate their relative effects on deep
ocean density difference, 7 and S have been multiplied by o and f,
respectively. The diagonal (dotted line) marks o7 = fiS where ¢ = 0.
Steady-state model solutions are found at intersections of the 7 and §
isoclines, marked by filled and open dots for stable and unstable
steady states, respectively. Model results are shown forau — oo, v = 0,
bu =18 Sv,v =0and cu = 18 Sv,v = 5 Sv (standard-case solution).
Also shown are solution trajectories calculated numerically from the
prognostic equations for 7 and S with u,, and u. taken to be equal. In
this special case the phase space of the time-dependent problem reduces
to two dimensions (7, S) as in the general, steady-state phase space
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intersect to the left of the diagonal and no “on” mode
solution exists. For our standard-case parameters with
v = 0, this threshold value for u is 5.22 Sv. Note that an
“off”” mode solution is found for all values of u for this
case.

Figure 3 shows the variation with vertical exchange
of the steady-state values of surface and deep ocean
temperature and salinity differences and of thermohaline
circulation intensity g. As u decreases for v = 0, these
temperature and salinity differences become more de-
coupled from their surface layer forcing whereby surface
differences of these properties become less constrained
by the deep-ocean differences (Fig. 3a, b; thin lines).
While the radiation balance combined with atmospheric
transport puts a strong upper bound on the surface
temperature difference in such a situation (see Eq. 19),
the surface layer salinity difference is less constrained. In
the absence of horizontal exchange, this salinity differ-
ence is inversely proportional to u (Eq. 16) and thus can
become quite large for “‘weak” vertical exchange (see
Fig. 3b). Even a “weak™ u is large enough to commu-
nicate this “runaway’’ surface salinity difference to the
deep ocean. Thus, the relative importance of salinity
versus temperature forcing on the deep ocean shifts
more toward salinity forcing as u becomes smaller. Since
salinity forcing opposes the thermally driven, ‘“on”
mode, this mode eventually collapses for decreasing u
(Fig. 3c; thin solid line). As u approaches (from above)
its threshold for this collapse, 7' goes through a mini-
mum and starts to increase (Fig. 3a). This final increase
in T is due to a precipitous drop in ¢ resulting in less
exchange between the deep ocean boxes. The drop in ¢ is
associated with a rapid rise in S due to the still more
rapid rise in surface layer salinity difference (Fig. 3b).
For u below this threshhold, the only stable, steady-state
solution to the problem is the salinity-driven, “off”
mode (Fig. 3c, d).

A comparison of Fig. 2b and ¢ shows the effect of
horizontal exchange on the model solutions. Horizontal
exchange reduces deep temperature and salinity differ-
ences and this reduction is communicated to the surface
layer by vertical exchange. Due to this effect, for v # 0
the 7 isocline intersects the ¢ =0 diagonal at
(ul + 2v(u + 2))'uloT, which for u < i approaches
(u+20)"'uaT,. Without horizontal exchange, the S
isocline does not intersect the diagonal (Fig. 2b) since
with ¢g,v = 0 there is no model process which can bal-
ance the salinity forcing due to the atmospheric hydro-
logical cycle. But for v # 0, it follows from Eq. (21) that
the S isocline intersects the diagonal at a point which
varies strongly with the inverse of v. These results show
that, for sufficiently large u, there is a value of v at which
both isoclines intersect the diagonal at the same point.
For u — oo, this threshold value of v approaches
(otewD)_lﬁSoy which, for our standard-case parameters,
has a value of 1.34 Sv; with these parameters and
u = 18 Sv, the threshold value for v is 1.57 Sv. For
horizontal exchange larger than the threshold value, the
T and S isoclines do not intersect to the right of the
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Fig. 3a—d Steady-state solu- 30
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diagonal and there is no “off” mode. In that case,
which holds for our standard solution with v =15 Sv
(Fig. 2c), the “on” mode is the only stable, steady-state
solution.

The elimination of the “off” mode for sufficiently
strong horizontal and vertical exchange can be under-
stood as follows: as v increases, deep-ocean temperature
and salinity differences decrease. However, for suffi-
ciently large u, the decrease in the deep-ocean tempera-
ture difference is ‘“‘buffered” by exchange with the
surface layer where the temperature difference is effi-
ciently constrained by the radiation balance combined
with the atmospheric transport (1> u,v in Eq. 19). In
contrast, the surface salinity difference more readily
decreases in response to a decrease in its deep ocean
counterpart for sufficiently large u. As a result, the rel-
ative importance of temperature versus salinity forcing
in the thermohaline circulation shifts more toward
temperature forcing as v becomes larger. Since temper-
ature forcing opposes the “off”” mode, this mode will
eventually be eliminated for increasing v and large en-
ough u (Fig. 3c, thick line). For v — oo, this threshold
value of u approaches (ocewD)_12[3Soy which, for our
standard-case parameters, has a value of 2.68 Sv. For u
below this threshold — below 3.67 Sv with v = 5 Sv — the
“runaway” surface salinity difference described will

30 40 0 10 20 30 40
u(Sv)

dominate and the only stable, steady-state solution is the
“off”” mode.

4 Sensitivity studies

In the analysis, three distinct regimes were identified for
stable, steady-state solutions of the model. Figure 4
shows the distribution of these regimes for different
combinations of vertical and horizontal exchange coef-
ficients. In regime I, for small # and v, only the cold,
“off”” mode exists, while in regime III, for large u and v,
only the warm, ““on”” mode exists. In regime II, for large
enough u and small enough v, both stable, steady-state
modes are possible model solutions.

The thermohaline circulation intensity ¢ of the “on”
mode (contours in Fig. 4a) increases rapidly as u in-
creases from its threshold value at the boundary to re-
gime I. In this range, ¢ varies approximately as 1!/ for u
up to about 15 Sv. This dependency flattens out for in-
creasing u until a maximum ¢ is reached as u — oo (MS
case). For v = 5 Sv and standard-case parameters, this
maximum “on”” mode strength is 41.2 Sv. The strength
of ¢ for the “on” mode decreases with horizontal ex-
change since this exchange acts to decrease the thermal
forcing of the mode. Thus, an increased wind-driven
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Fig. 4 a Thermohaline circulation intensity ¢ in Sv, and b mid-high-
latitude surface temperature Ty in °C, for the “on” mode solution
(stable, thermally driven), as functions of vertical and horizontal
exchange coefficients, # and v, with all other parameters set to
standard-case values. These results are plotted on a regime diagram
whereby regimes I, II and III with heavy, light, and no shading,
respectively, define the (u,v) parameter space in which only the
“off” mode (stable, salinity driven), both “on” and “off” modes
and only the “on” mode are found, respectively. Also shown are
results for “on” mode ¢ (dashed lines in a) for fixed atmospheric
water vapor transport of 0.23 Sv to the North Atlantic catchment
area

circulation would likely lead to a weaker “on” mode,
thermohaline circulation. On the other hand, the weaker
“on” mode in this case is more robust, in the sense of
being farther removed from the regimes which permit
the “off”” mode solution (Fig. 4a).

For the “off” mode (not shown), ¢ increases from
zero at the boundary between regimes II and III as u and
v decrease. This behavior reflects the greater sensitivity
of salinity than of temperature to changes in ocean
exchange for small u# and v. For the virtual salt flux
boundary condition, the “off”” mode increases as u — 0
(see Fig. 3c). But for the more correct boundary condi-
tion on salinity (see earlier), a maximum in “off” mode
strength is found as u becomes very small and ¢ — 0 as
u — 0. In the real ocean, such very low values of vertical
exchange need not be considered (see earlier).
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Mid-high-latitude surface temperature 7. associated
with the “on’ mode (contours in Fig. 4b) increases quite
strongly with increasing vertical exchange and more
weakly with increasing horizontal exchange. The tem-
perature increase with increasing u is due mainly to in-
creased poleward heat transport in a more vigorous
thermohaline circulation. As v increases, increased
poleward heat transport in the wind-driven circulation is
opposed by decreased heat transport in the thermohaline
circulation, explaining the weak temperature depen-
dence on v. The dependency of Ty on u flattens out for
increasing u until a maximum is reached as u — oo. For
v =5 Sv and standard-case parameters, this maximum is
7.11 °C. For the “off” mode (not shown), T is held
quite constant in regime II to values only slightly lower
than its “off”” mode, upper limit, reached for © — oo and
v = (06,D) "' BSoy (2.47 °C for standard-case parame-
ters). The rather constant temperature as v decreases in
this case is due to an approximate balance between re-
duced heat transport in horizontal mixing and increased
heat transport in the “off”” mode, thermohaline circula-
tion. As u — 0, the surface layer becomes isolated
from the deep ocean and Ty. — Ty, — 37, (2.26 °C for
standard-case parameters).

In our simple climate model we adopted the eddy-
moisture transport-thermohaline circulation (EMT)
feedback (Nakamura et al. 1994), in the linear form of
MS, whereby the poleward moisture transport in the
atmosphere increases when the surface temperature
difference increases. However, results from some cou-
pled atmosphere-ocean GCM studies show decreased
poleward moisture transport in the atmosphere in a
cooler climate with increased surface temperature dif-
ferences (Manabe and Stouffer 1994). This decrease was
due to decreased carrying capacity of moisture in colder
air. However, the relationship between this moisture
transport and the meridional surface temperature gra-
dient appears to be quite model-dependent (Rahmstorf
and Ganopolski 1999). To test the sensitivity of our re-
sults to the EMT feedback, we also made simulations
without this feedback whereby we fixed the atmospheric
water vapor transport across 30°N into the North
Atlantic catchment area to our standard-case value
(0.23 Sv). Results for the “on” mode thermohaline cir-
culation intensity with fixed water vapor transport (da-
shed lines in Fig. 4a) differ very little from those which
include the EMT feedback. Likewise, our results for
mid-high-latitude surface temperature are essentially
unaffected by the exclusion of this feedback (not plotted
in Fig. 4b since they are undistinguishable from results
presented).

Figure 5a shows the dependence of the components
of “on” mode, poleward heat transport across 30°N on
ocean vertical and horizontal exchange. These heat
transport components are due to the thermohaline cir-
culation (thick lines), horizontal exchange (wind-driven
circulation) in the North Atlantic (thin lines), and eddy
transport of heat in the atmosphere (including wind-
driven ocean transport in the Pacific; dashed lines). Of
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Fig. 5a, b Poleward heat transports across 30°N in PW for the “on”
mode solution as functions of vertical and horizontal exchange
coefficients, u and v, with all other parameters set to standard-case
values. Shown are a heat transports due to the thermohaline
circulation (thick lines), horizontal exchange (wind-driven circulation)
in the North Atlantic Ocean (thin lines), and eddy transport of heat in
the atmosphere (including wind-driven ocean transport in the Pacific
Ocean; dashed lines) and b the total heat transport (the sum of the
three components shown in a). Regimes I-III from Fig. 4 are
indicated by shading

course, heat transport in the thermohaline circulation
and in horizontal exchange are most sensitive to u and to
v, respectively. While ocean heat transport increases
with increasing u and v, the atmospheric eddy heat
transport decreases as a consequence of more vigorous
ocean exchange leading to decreasing surface tempera-
ture difference. Net ocean heat transport increases al-
most twice as much as the atmospheric heat transport
decreases, leading to a net increase in total heat trans-
port across 30°N (Fig. 5b). In the steady-state, this total
heat transport must balance the net radiation to space
north of 30°N which is a(BT,. — A.). This is why isolines
of total heat transport across 30°N in Fig. 5b parallel
isolines of 7. in Fig. 4b. For the ‘“off” mode (not
shown), total heat transport across 30°N is held quite
constant in regime II to values only very slightly lower
than its “off”” mode upper limit (4.76 PW for standard-
case parameters). As u — 0, the surface layer becomes

isolated from the deep ocean and there is no ocean heat
transport. This case corresponds to maximum atmo-
spheric (but minimum total) heat transport of ayT, (4.69
PW for standard case parameters).

Figure 6 shows the dependence of “on” mode, ther-
mohaline circulation intensity ¢ (solid lines) and mid-
high-latitude surface temperature 7. (dashed lines) on
atmospheric exchange coefficients for heat and water
vapor, y and y. Only the “on” mode was found for the
range of y and y considered in the figure. According to
our results, y (and hence the poleward water vapor
transport across 30°N) would have to more than double
before the “off” mode would be a possible stable,
steady-state solution for our standard-case parameters.
Surface temperature is quite sensitive to y since the bulk
of the model heat transport takes place in the atmo-
sphere (recall that this includes the wind-driven trans-
port in the North Pacific). “On” mode ¢ increases
considerably as y decreases. Increased poleward heat
transport in the thermohaline circulation acts to dampen
the effects of decreased atmospheric heat transport as-
sociated with a smaller y. “On” mode ¢ also increases
for decreasing y but in our model the thermohaline
circulation is considerably more sensitive to changes in
the eddy heat flux than to changes in the eddy water
vapor flux.

5 Discussion

Here we presented a new simple, coupled climate model
for one hemisphere and studied the nature and regimes
of stable, steady-states of the model as functions of
ocean vertical and horizontal exchange. The model
features thin surface layers coupled to the atmosphere
and by vertical exchange to a Stommel (1961) box model

Fig. 6 Thermohaline circulation intensity ¢ in Sv (solid lines) and mid-
high-latitude surface temperature 7. in °C (dashed lines) for the “on”
mode solution as functions of atmospheric exchange coefficients for
heat and water vapor, y and 7, with all other parameters including u
and v set to standard-case values. For the figure y and y have been
scaled by their standard-case values, y, and y, (see Table 1)
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of ocean thermohaline circulation, extended to include
additional horizontal exchange. We consider this

exchange to represent the effects of the wind-driven
circulation. The warm deep box in the model is an
analogue of the main ocean thermocline (warm water
sphere) but for simplicity was taken to be equal in
volume to the cold deep box (cold water sphere).

We demonstrated that the regimes and nature of
possible stable, steady state solutions in this simple
model depend only on a combined vertical exchange
coefficient, u, rather than on the individual low- and
mid-high-latitude exchange coefficients, u,, and u.. It is
reasonable to identify u, and u, with “background”
small-scale, diapycnal mixing, complemented by con-
vection when present. For the case with or without
convection at high latitudes and only diapycnal mixing
at low latitudes, one would have u, < u. < oo which
from the definition of u implies u,, < u < 2u,,. Thus u
would vary by at most a factor of two in the range of
zero to infinite convection at high latitudes but would be
quite sensitive to the level of diapycnal exchange. These
results and our sensitivity analyses above suggest that
changes in levels of diapycnal mixing in the ocean may
have equal or greater effect on the strength of the
thermohaline circulation and climate than changes in the
intensity of high-latitude convection.

We identified a standard case for our model, intended
to capture the current climate state with a vigorous “on”
mode in the North Atlantic, by constraining the model
with ocean and atmosphere temperature data and ocean
salinity and '*C data. The value of the horizontal ex-
change coefficient v deduced for this case exceeded by
more than a factor of two a critical value above which
only the “on” mode was possible in the model. Although
v is one of the least well constrained model parameters,
the standard value we choose for it is likely to be a
conservative estimate: In the North Pacific, about twice
as wide as the North Atlantic, estimates of poleward
heat transport in the wind-driven circulation range up to
1 PW (Bryden et al. 1991). Our results suggest that
wind-driven, ocean circulation may suppress the “off”
mode in the present ocean-atmosphere system and may
have suppressed this mode in the past. This may be the
main reason why such a low-latitude sinking mode is
usually not found in ocean general circulation models
forced by wind stress and mixed boundary conditions
(Bryan 1986; Marotzke and Willebrand 1991).

Both small-scale, diapycnal mixing and the wind-
driven circulation may be expected to be sensitive to
climate change. A turn to a colder climate would result
in a larger meridional surface temperature gradient, an
effect which would be strengthened by snow and ice
albedo feedbacks. A larger temperature gradient leads to
increased eddy activity in the atmosphere and enhanced
poleward heat transport in the atmosphere. Increased
eddy activity also promotes increased poleward trans-
port of angular momentum resulting in stronger easterly
winds in the tropics and stronger westerly winds at mid-
latitudes (Bates 1999). This increased wind stress curl
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would force greater equatorward Sverdrup transport,
a stronger subtropical ocean gyre and more effective
horizontal exchange. As indicated by our model results,
this would also lead to more poleward heat transport
and warmer mid-high-latitudes (Fig. 4b) and, in addi-
tion, to a more robust “on’”’ mode. Therefore, the wind-
driven circulation may represent a negative feedback
which tends to stabilize climate. In recent work with a
complex, coupled ocean-atmosphere model, the wind-
driven circulation was found to stabilize the “on”” mode
(Schiller et al. 1997).

The bulk of small-scale, diapycnal mixing in the
ocean is ultimately forced by the action of tidal currents
(e.g., through the generation and dissipation of internal
tides in interaction with bottom topography) or by the
surface winds (Munk and Wunsch 1998). The part of
this mixing due to tides would be expected to be most
important in the deep ocean and to be relatively insen-
sitive to climate state. Our results indicate that “back-
ground” diapycnal mixing associated with tidal forcing
would support at least a weaker “on” mode of the
thermohaline circulation. Thus tidal mixing may have
been an important player in climate stability over Earth
history. As the ocean surface is approached from below,
diapycnal mixing forced by the wind probably becomes
more important. As argued, a colder climate would lead
to stronger mean and variable winds. Together with
weaker stratification expected in such a climate,
increased wind forcing then would lead to greater
diapycnal mixing. According to our results, this would
force a stronger “on” mode, a weaker meridional
surface temperature difference and a warmer climate at
mid-high-latitudes (Fig. 4a, b). Therefore, diapycnal
mixing would also represent a negative feedback which
tends to stabilize climate. In a complex coupled, ocean-
atmosphere model with flux corrections and prescribed
vertical mixing coefficients, the “on” mode with vigor-
ous deep water formation in the North Atlantic was
found to be stable to large fresh water perturbations for
sufficiently large vertical mixing (Manabe and Stouffer
1999). Our results point out the need to resolve well the
wind-driven circulation and to greatly improve the
treatment of ocean diapycnal exchange in complex,
coupled models of the climate system.

Within the last decade, a number of studies have used
three or four box ocean models in one hemisphere to
address an ocean forced by mixed boundary conditions
or a coupled ocean-atmosphere system (Birchfield 1989;
Joyce 1991; Huang et al. 1992; Nakamura et al. 1994;
Griffies and Tziperman 1995; Rivin and Tziperman
1997). Common to these models is that the thermohaline
circulation passes through deep and ‘‘surface” boxes
whereas the latter are typically identified with the main
ocean thermocline (about 1000 m thick). Such model
configurations allow the thermohaline circulation to be
parameterized as an advection rather than effective
horizontal mixing as in the Stommel (1961) model. On
the other hand, such models are inherently flawed in a
coupled ocean-atmosphere modelling context since



Shaffer and Olsen: Sensitivity of the thermohaline circulation and climate to ocean exchanges

air-sea exchanges and atmospheric transports depend on
surface properties (mainly SST), not on the mean
properties of the main ocean thermocline or the deep
ocean. Our model addresses this problem by considering
surface boxes which correspond to surface mixed layers.
These boxes are taken to be thin enough to neglect
horizontal transport through them from wind-driven
and thermohaline circulations and to neglect heat and
salt storage in them for times greater than decades. Our
approach is also suitable for considering other proper-
ties of the ocean-atmosphere system like CO, since air-
sea exchange of dissolved gases depends on surface
mixed layer concentrations which we model explicitly
(see treatment of A'*C). By calibration of model pa-
rameters to ocean and atmosphere data, we obtained
realistic ocean surface layer (and deep ocean) tempera-
tures and salinities.

Recent ocean modelling work has highlighted the role
of Southern Ocean processes (and the role of diapycnal
mixing) in determining ocean stratification and ther-
mohaline circulation strength (Toggweiler and Samuels
1998; Gnanadesikan 1999; Vallis 1999). Transformation
of cold water sphere to warm water sphere water occurs
through some combination of diapycnal mixing in sub-
surface layers, supporting “upward”, diapycnal flow
there, and heating in the ocean surface layer of cold
water sphere water upwelled into this layer (Walin 1982).
In ocean models with lateral mixing along horizontal
rather than isopycnal surfaces (e.g., Toggweiler and
Samuels 1998), and in the presence of strongly sloping
isopycnal surfaces (as in the Southern Ocean), such
lateral mixing leads to large, spurious diapycnal mixing
and associated spurious “‘upward” diapycnal flow (Ve-
ronis 1975). In such models, this effect would exaggerate
the role of the Southern Ocean in controlling the ocean
thermohaline circulation. Some ocean models show
a rather strong, linear dependence of the strength of
the Atlantic overturning circulation to the strength of
Southern Ocean winds which force local upwelling
(Toggweiler and Samuels 1995; Hasumi and Suginohara
1999). In these models with restoring boundary condi-
tions, surface heating of cold, upwelled water in the
surface Ekman layer would increase about linearly with
the wind (and the equatorward flow in this layer forced
by the wind). Accordingly, this would lead to a linear
increase in ocean overturning. Thus, much of the in-
crease in thermohaline circulation to increasing wind
forcing in the Southern Ocean in such models may
derive from inappropriate boundary conditions. These
effects are likely to be much weaker in a coupled ocean-
atmosphere system. Despite such shortcomings, work
cited earlier has advanced our understanding of the role
of both hemispheres and ocean geometry in the ther-
mohaline circulation and climate, thereby providing
guidance for future work.
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