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Summary

We present a simple, deterministic energy balance model.
The model is designed to represent the atmospheric compo-
nent of the coupled atmosphere-ocean system. It is a one
dimensional, global model with time and space resolutions
of one year and 10° of latitude respectively. The model
predicts the surface air temperature and estimates the surface
freshwater flux diagnostically. The coupling between the
atmospheric model and an ocean model is accomplished by
heat and freshwater fluxes at their interface. The heat flux is
calculated according to the difference in the surface air
temperature and ocean surface temperature, while the fresh-
water flux is estimated from the latent heat transport in the
atmosphere by a diagnostic equation. Two parameterizations
for the latent heat transport are proposed, which distinguishes
the two versions of the model.

Before proceeding with interactive runs, we study the
behaviour of the model in a decoupled mode. Some experi-
ments with initial conditions altered and external forcings
changed aré carried out to investigate the sensitivity and
stability of the model. In particular, the influence of the
ice-albedo feedback on model solutions is examined. The
results of these experiments may be helpful both in under-
standing the characteristics of the model and in interpreting
results when the model is coupled to an OGCM.

1. Introduction

The ocean circulation is forced by heat, mo-
mentum and freshwater fluxes at the upper boun-
dary — the ocean surface. These fluxes provide a
means for the ocean to communicate with the
atmosphere. On the other hand, the atmosphere

is also affected by the ocean state through the
interfacial fluxes. For ocean general circulation
models (OGCMs) these fluxes must be specified.
There are usually two kinds of options to specify
these fluxes for an OGCM. The first one is in a
coupled mode; i.e. the OGCM will be coupled to
an atmospheric general circulation model (AGCM)
through the fluxes, like what is happening in the
real world. The second one is in a decoupled
mode, which means that the OGCM 1is forced
either by some specified fluxes or by fluxes which
are determined from the ocean state predicted by
the ocean model and a specified atmospheric
state. In this case, the atmosphere will not be
influenced by the ocean. Naturally it is ideal to use
the coupled mode. However, since a huge amount
of computing time is needed both by OGCMs and
AGCMs, this kind of coupling is simply too
expensive to run. Moreover, as an OGCM is
already complicated enough, adding an AGCM
may make the interpretation and understanding
of a coupled model much more difficult.

In the decoupled mode, climatological data
for the atmosphere are used to specify the fluxes.
This method has the advantage in that one only
needs to deal with the ocean physics. It is simple
and practical, thereby making the method the
most widely used one in ocean modelling. How-
ever, it should be noted that the lack of communi-
cation between the atmosphere and the ocean is
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artificial and may cause problems. It is well
established that the thermohaline circulation is
sensitive to specified boundary conditions such as
heat flux and fresh water flux. This is especially
true for the fresh water flux. A well known
example of the problems in the decoupled mode
is the “polar halocline catastrophe (PHC)”, a
term coined by F. Bryan (1986). PHCs are ob-
served in models which use mixed boundary
conditions. These models are forced by a specified
fresh water flux and a relaxation of the surface
temperature to a specified value. The fresh water
flux is usually diagnosed from an equilibrium run
in which the ocean model is spun up by restoring
boundary conditions both on surface temperature
and salinity. Most studies (e.g., Weaver et al,,
1993) emphasise the influence of the specified fresh
water flux on the collapse of the thermohaline
circulation, while a few studies also touch the
possible effects of the heat flux. Recently, Zhang
et al. (1993) investigated the effects of the heat flux
associated with the mixed boundary conditions.
They point out that the fixed atmospheric tem-
perature is also responsible for the occurrence of
a PHC. When the atmospheric temperature is
allowed to response to the heat flux in such a way
that the heat capacity of the atmosphere is set to
be zero, they find that a PHC is less likely to occur.
This result demonstrates the necessity of including
a simple atmospheric component to improve the
boundary conditions for the ocean model.

As the two mentioned modes have their own
difficulties, it turns out that we ought to seek an
intermediate method to overcome the difficulties.
This method, on one side, should allow some
communication between the atmosphere and the
ocean; and on the other side, the atmospheric
component should be so simple that only a small
amount of additional computer time is needed.
We intend here to develop an atmospheric model
which is simple enough to be tractable but still has
the essential physics that is relevant to the prob-
lem. Energy balance models appear to meet these
requirements. To start with, we develop a one
dimensional EBM which has the ability to predict
surface air temperature and to diagnose the fresh
water flux. It is hoped that the coupling of this
EBM to an OGCM will help to establish an
intermediate way to study long term change in
coupled ocean-atmosphere system.

We shall first formulate the atmospheric model
and the coupling between the atmospheric model

and ocean model in Section 2. Then, a description
of all parameterizations is given in Section 3.
Section 4 explaines the tuning procedure of the
model. In order to identify the model stability and
sensitivity, some experiments with regard to dif-
ferent perturbations and the parameterization
schemes used by the model are carried out in
Section 5. At last, a summary of the results can be
found in Section 6.

2. Formulation of the Coupled System
2.1 Governing Equation of the Atmospheric Model

The vertically and zonally averaged thermodyna-
mic equation of the atmosphere, averaged over
one year may be written as

! f " [C,flT J dp=[R]—[R,]+ L[P] + [SH]
9Jo ot
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where C,(Jkg 'K ') is the specific heat at con-
stant pressure, T(K) atmospheric temperature,
t(s) time, p(mb) the pressure, R, and R,(Wm~?)
downward net radiative fluxes at the top (p =0)
and the bottom (p=p,) of the atmosphere,
L(Jkg™') the latent heat of vaporization and P
precipitation (kgm ~%s ™ !), SH(Wm ™ ?) the sensible
heat released from the ground to the atmosphere,
and L {rodiv[F,]dp(Wm™?) is divergence of ver-
tically integrated sensible heat flux in the atmo-
sphere. An overbar and a bracket have been used
to denote the zonal mean and time mean oper-
ators respectively. Similarly the conservation of
water vapour in the atmosphere may be written as

L(CE] - [P)) —;f div[FJdp=0 )

0

where é [po div[F,]dp is divergence of vertically
integrated latent heat flux in the atmosphere
(Wm ™ ?).

For the sake of simplicity, all overbars and
brackets will subsequently be dropped. Substitu-
ting (2) into (1), we arrive at the governing equa-
tion for the atmospheric model:

Po 1 Po
IJ Cpa—poz——J div Fdp
gdJo ot gdJo

Po
- lj divFdp+R,—F,, (3)
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where F, (Wm ™ ?)is the sum of all downward heat
fluxes at the surface. Note that the annual average
of F,, vanishes over land surfaces, so it is the heat
exchange between the atmosphere and ocean that
accounts for F,,. If a subscript o denotes ocean
surface, and f, is the fraction of area covered by
ocean in a latitude zone, we have

Foa = fo(Rso - SHo - LEo)' (4)

2.2 Coupling Between the Atmosphere and Ocean

Toillustrate the coupling between the atmosphere
and ocean represented by the derived atmospheric
model and an OGCM, we need a simplified
equation to represent the ocean model. The verti-
cally integrated energy balance equation for the
ocean may be written as

ST,=F,,— J div F,dz (5)
H

where ST,(Wm ™ ?)is the vertically integrated heat
storage in the ocean due to a change in tempera-
ture, and [ div F,dz(Wm ™) is the vertically inte-
grated sensible heat divergence in the ocean.
Equation (5) gives rise to the first coupling be-
tween the model atmosphere and model ocean
through heat fluxes at their interface. Following
Haney (1971), the sum of all interfacial heat fluxes
can be parameterized in terms of the difference in
surface air temperature and ocean surface tem-
perature (SST),

where C,, is the specific heat of sea water, p, the
density of top layer water, D the depth of the top
layer of the ocean model, and 7 the time constant
which is chosen to be 30 days.

The second coupling of the two components is
through the freshwater flux at the ocean surface.
This flux is approximately related to the virtual
salt flux Q¥ at the ocean’s surface by

L
P—E=-Lxpx (7)
S*
where p, and S, are reference density and salinity
of the sea water.

3. Parameterizations

3.1 Relationship Between the Vertically
Integrated Temperature and the Surface Air
Temperature

As we are interested in the coupling between the
atmosphere and ocean, the air temperature at the
sea level rather than the vertically integrated
temperature would be directly relevant. Therefore,
we need to establish the relationship between the
vertically integrated temperature and the surface
air temperature. Rennick (1977) analysed the data
from Oort and Rasmusson (1971) and Taljaard
et al. (1969), and concluded that the local vertical
gradients of the zonally averaged potential tem-
perature at different levels are essentially constant,
although they vary with latitude. Based on this
finding, temperature at any given altitude in the
troposphere may be expressed as a function of

C,.0.D
R, —SH,— LE,= 7P (1, _§5T) (6)
T
2,7
2,65

2,6

2,55

25

2,45

2,4

2,35 | 1 | 1 L Il | 4 H 1 L Il I 1 !

Fig. 1. The relationship between the
vertically integrated temperature and
the surface temperature. The hori-
zontal coordinate represents the sur-
face air temperature T, in K, whereas
the vertical coordinate shows the
vertically integrated temperature
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surface air temperature and the vertical gradient
of the atmospheric potential temperature at a
particular latitude. From Egs. (3) through (8)
given in Rennick’s paper, we can calculate the
vertically integrated temperature as a function of
the surface air temperature. The result is shown
in Fig. 1. There is a nearly linear relation between
the two temperatures. However, closer inspection
of the curve reveals that the curve can be much
better represented by two straight lines with
different slopes instead of one straight line. The
two lines join together at about 275K. For the
present climate, this temperature is observed at
about 50° 5. Thus it is concluded that two distinct
linear relationships exist for low-middle latitudes
and high latitudes. These relationships can be
fairly well repesented by the following equations:

1 [#0T oT,

—j —dp=p-—>; (8)

gJo Ot ot

and

ﬁ_{5708kgm_2 for T,>275K o)
3966kgm~2 for T,<275K.

One-layer EBMs have to deal with the problem
of relating the surface air temperature to the
vertically averaged temperature. This result is
interesting for such a simple EBM because it
shows that the surface air temperature can be
related to the vertically averaged temperature
through two constants globally. The usual as-
sumption made with one-layer EBM so far is that
the two temperatures can be related to each other
with a single constant globally. Unfortunately,
this assumption comes neither from theoretical
reasoning nor from empirical estimation. The
single constant used by many EBMs are therefore
more or less arbitrary. This calculation may
provide an empirical means to estimate the single
constant used by many time dependent EBMs. As
indicated by the result, should just one constant
be used for the global atmosphere, the best choice
would be 5300 kgm ~ 2. Actually, from the unit of
B we can see that SC, can be interpreted as
thermal inertia Jm 2K ™) of a column of air.
The constant B is written as p,H, in some EBMs.
Here p, and H, are surface air density and
an effective atmosphere height, respectively. For
example, Stocker et al. (1992) specify p,=
1.225kgm ™~ * and H, = 8320 m. According to our
result, H, should be equal to 4327 m if the same

density is used. Thus, the two different constants
found in this study simply represent the two
different heat capacities of the air column in two
different latitude-zones as it is ‘felt’ by the surface
air temperature. As the density does not change
so much, this implies that the difference exists
mainly in the effective height of the atmosphere.

It is also worth noting that the heat capacity
of the air column determines the time scale of the
atmospheric thermal response to forcings in gen-
eral case while it is a dummy variable in the
equilibrium state. This can explain the astonish-
ing success of simple EBMs in simulating equi-
librium climate states. It is desirable, however,
that the constants be determined on the sound
basis when we are to study the interaction be-
tween the atmosphere and ocean.

3.2 Net Radiative Flux at the Top
of the Atmosphere

The net radiative flux at the top of the atmosphere
can be expressed by

R,=0(1—a)—1 (10)

where Q is the extraterrestrial insolation, a, is the
planetary albedo, and I is the outgoing infrared
radiation.

The incoming solar radiation is calculated by

Q=Sou (11)

where S, = 1376 Wm ™ 2 is the solar constant, and
p is an annual averaged cosine zenith angle
multiplied by fractional daylight time, which is
calculated by the 5th order polynomial given by
Roads and Vallis (1984).

Following Sellers (1969), «, is made a function
of the surface air temperature and latitude,

. _{b(qb)JrfT0 for T, < 283K
Pl for T, > 283K

p

(12)

where o° is the observed planetary albedo for the
present climate, f = du,/0T, is the so called ice-
albedo feedback factor which is a measure of the
strength of the ice-albedo feedbackand, and b is a
latitude-dependent constant. As we believe that
this parameter is important for the model sensitiv-
ity, we will vary f to study effect of this parameter.
Once f is chosen, b is calculated by matching the
estimated o, to «f) using the observed temperature
at a latitude zone. Through the introduction of f
the parameterization incorporates in a sample
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way the adjustable positive feedback due to high
albedo of snow and sea ice.

The outgoing long wave radiation is estimated
using the parameterization proposed by Budyko
(1969),

[=A+ BT, (13)

where A and B are empirical constants.

3.3 Meridional Heat Transport

Version one: Manabe and Bryan (1985) have
studied the heat transport in the atmosphere and
the ocean under different CO, forcings using a
coupled AGCM and OGCM. They find that the
total heat transport by the combined system is
relatively insensitive to different atmospheric CO,
concentrations ranging from 150 ppm to 2400 ppm.
This is particularly true for the range of 300 ppm
to 2400 ppm. This is due to the negligible change
in intensity of the thermohaline circulation in the
model ocean and the compensation in changes of
sensible and latent heat transport in the atmo-
sphere. Based on this finding, the total heat
transport will be kept at its present climatological
value. In this way, the atmospheric heat transport
can be determined by subtracting the oceanic
transport from the specified total transport. In
order to estimate the precipitation minus evap-
oration rate, however, we need to know the
latent heat transport. As the sensible heat trans-
port is more readily related to the meridional
gradient of the surface air temperature, we param-
eterize it as

Po
lj Fdp= _ngfp_ (14)
9Jo dy

where K (WK ™1) is diffusion coefficient for the
atmospheric sensible heat. It will be determined
by fitting the related climatological data and be
kept constant. The evaporation minus precipi-
tation rate will be diagnostically computed from
the latent heat transport by (2). Obviously the
determination of the latent heat transport is
essential to the estimation of the freshwater flux.
For that reason we would like to try the second
parameterization for the heat transport in order
to test the influence of the transport schemes on
the freshwater flux. By studying the performances
of the schemes it may be possible to judge which
one is more appropriate for the formulation of the
coupled system.

Version two: The second parameterization is
different from the first one in that the total heat
transport is no longer invariant. Thus we need to
parameterize the sensible and latent heat trans-
port in the atmosphere separately. However, the
two fluxes are not totally independent. Actually,
both of them are related to the meridional gra-
dient of the surface air temperature. If we assume
that the flux of moisture can be approximated by
a diffusion process, the latent heat flux may be
parameterized as

Po

" pap = -, 2 (19)
gJo Cp ay

where K,(WK 1) is the diffusion coefficient for
the water vapour and g, is the mixing ratio of
surface air humidity. This is based on the fact that
water vapor is concentrated near the surface. g,
can be related to surface temperature through the
relative humidity RH by the following equation:

do = qos(To)RH (16)

where g, is the surface saturation mixing ratio.

If we make a further assumption that RH
remains constant, we can rewrite (15) as
1 0405 0T,

Po L
dJo C, 0T, 0y

(17)

4. Tuning Procedure

In calibrating the model parameterizations, the
satellite data of outgoing radiation, net radiation
and planetary albedo from Stephens et al. (1981),
surface air temperature from Oort (1983), and
latent heat transport from Sellers (1969) will be
used. It should be kept in mind that these data are
not averaged over the same period of time and
there may be errors in them. Furthermore, the
length of observational records may not be long
enough to be representative for an equilibrium
state of the atmosphere-ocean system. Therefore,
these data will be checked against the governing
equations and will be manipulated, if necessary,
so that they will obey the model physics.

4.1 Total Heat Transport

Adding (5) into (3) and assuming the coupled
ocean-atmosphere is in equilibrium, we have

1 Po
- f div(F, + F)dp + f div F,dz = R, (18)

dJo H
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Fig. 2. Components of the heat
transport in the combined system:
The total transport is estimated using
the net radiation flux data from
Stephens et al., the latent transport
is from Sellers, the oceanic transport
is from an equilibrium run of our
global ocean model, and the sensible
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By integrating (18) with the observed radiation
balance, we should be able to get the total north-
ward heat transport in the coupled atmosphere-
ocean system. However, the globally integrated
heat divergence implied by the radiation data is
not zero. The simplest way to overcome this
difficulty is to subtract the global mean from the
original radiation data at each latitude zone and
use this ‘corrected’ value of R,. The total heat
transport calculated in this way is displayed in
Fig. 2. The transport compares favourably with
the estimate by Carissimo et al. (1985) and others
(not shown).

4.2 Outgoing Longwave Radiation

The original data has been modified to meet the
requirements of (18). We choose to correct the
outgoing radiation data simply because of its
relatively great magnitude. The modified out-
going radiation and the temperature data are
used to estimate 4 and B in (13). A linear cor-
relation shows that 4 =213.35Wm ™2 and B=
222Wm~ 2K ! The correlation coefficient is
0.98.

4.3 Diffusion Coefficients

We need first to compute the oceanic transport
before we can estimate the atmospheric transport
and the related diffusion coefficients. For that
purpose we use an OGCM which will be coupled

transport is calculated as a residual
the total transport from all other
components

to the EBM. The OGCM is the GFDL code
known as mom. (Pacanowski et al., 1991). The
ocean model extends from 66°S to 80°N in
latitude and from 60°W to 14°E in longitude.
Thus it has only a single basin with a width of 74°
of longitude. The horizontal resolution of the
model is 2° x 2°, while in the vertical it has
15 levels. The depth of the ocean is 5700 m
everywhere. For the sake of greatest possible
consistency, the ocean model is forced by the
atmospheric temperature from Oort and a
prescribed surface salinity through Newtonian
damping terms acting at the uppermost level. The
ocean model is integrated until equilibrium is
reached. Then the longitudinally averaged heat
transport is computed. The result is displayed in
Fig. 2.

Now we turn to the question of how to divide
the atmospheric transport into latent and sen-
sible transport. We found if we use the sensible
heat flux from Sellers, we will get a much higher
latent heat transport since the oceanic transport
from Sellers is much larger than that of our ocean
model. Considering the importance of the latent
heat transport for the freshwater flux determina-
tion, we chose to use the latent heat flux of Sellers
plus the estimated oceanic transport and the
specified total transport to calculate the sensible
heat flux as a residual. Then we will use this
adjusted flux to compute the diffusion coefficient.
The adjusted sensible heat flux, along with the
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latent and the total heat transport used, is also
displayed in Fig. 2. We see that the maximum
value of the sensible heat flux is about +4.5 PW
(1 PW = 10'°> W) which is somewhat (about 1.5 PW)
greater than those estimated by radiosonde ob-
servations. However, it is found that AGCM
simulations usually have significant greater value
of atmospheric transport than indicated from the
radiosonde observations, which is argued by
Covey (1988) to be more closer to the truth. It
should also be pointed out that since the climatol-
ogy of the sensible heat transport is estimated as
a residual, its value may include errors in all
involved terms.

The latitudinal profile of the diffusion coeffi-
cient for the sensible heat calculated in this way is
shown in Fig. 3. Note that K/BC, rather than K
is displayed. It is seen that the coefficient varies
from 10°m?s ™! to 10" m?s !, The diffusion coef-
ficient peeks at equator, which can be explained
by the very small meridional temperature gradient
there. The almost evenly distributed diffusion
coefficient in middle and high latitudes may be an
indication that the transport processes there may
be well approximated by a diffusion process.

For the second version, the diffusion coefficient
for the latent heat also needs to be determined.
Using the climatology of the temperature and the
latent heat flux, the diffusion coefficient for water
vapour is calculated and shown in Fig. 3. In the
calculation the relative humidity RH is taken as
0.8 everywhere. Also, K,/fC, rather than K| is
displayed. The diffusion coefficient for the latent

Diffusion Coefficients

heat transport has the same order of magnitude
as those for the sensible heat transport in the
extratropics. Negative values appear in the tro-
pics, as is also found by Ghil (1976) and Harvey
(1988).

4.4 Consistent Factor

At this stage, it is found that when the model is
run using the parameterizations calibrated, we
can not yet get the observed temperature distribu-
tion. This is not surprising since the model tem-
perature is strongly determined by the outgoing
radiation. As there is still 5 per cent of the
radiation variation not explained by the linear
parameterization (13), the predicted temperature
will be affected by the error in that part of the
radiation. Considering that clouds and other
parameters like lapse rate which influence the
outgoing radiation are not variables of the model,
including these factors does not add any freedom
to the model. We could, however, add a tuneable
parameter to the parameterization. The param-
eter should take into account the effect of all
unknown factors. So we have

I=CF(A+ BT,) (19)

where CF is a tuneable parameter and is called
‘consistent factor’ by Schneider (1973). CF is
estimated from the parameterization for the out-
going radiation and the temperature from Oort.
It is found that CF varies between 0.94-1.07,
which is considered to be relatively small. In the
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Fig. 3. Latitudinal distribution of the
diffusion coefficients for the sensible
(K,/BC,) and the latent (K,/BC,) heat
transports in the atmosphere. Note
that the later one is used only in the
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second version of the atmospheric
model that calculates the latent heat
transport explicitly. The unit of the
diffusion coefficients is 10° m?s ™!
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model we will use (19) instead of (13} to calculate
the outgoing radiation.

5. Experiments

In the preceding section the atmospheric model
has been tuned completely to reproduce present
climatologies of surface air temperature and fresh-
water flux. The consistent climatologies of the
climate system will be referred to as the control
climate to which solutions from other experi-
ments will be compared. Note also that in all
experiments to be described the oceanic heat
transport for the control climate will be used.

The governing equation is treated as an initial-
value problem with boundary conditions that the
heat transport vanishes at the poles. The meri-
dional grid spacing is chosen to be 10° of latitude
from pole to pole. An explicit scheme which is
forward in time and centered in space is used to
solve the equation numerically. The diagnostic
equation for the freshwater flux is solved with
centred space differences for the meridional tem-
perature gradient.

5.1 Version 1

We shall examine the model sensitivity of version 1
under an external perturbation of an uniform
increase in net radiation of +4 Wm ™2 Such an
increase is characteristic of the global warming
due to a doubling of the atmospheric CO, (Lal

D. Chen et al.

and Ramanathan, 1984). The integrations with
different ice-albedo feedback factors f are started
with the control climate as initial condition.
Figure 4 shows the changes in the temperature of
the equilibrium response of the model to the
perturbation with six selected ice-albedo feedback
factors ranging from 0 to 0.010. It is seen that the
main difference among all the experiments appears
in middle and high latitudes, ranging from 40°3,
to 60° ¥ The maximum increase occurs at about
50°%, where the ice-albedo feedback seems to be
most efficient. The almost uniform increase in the
tropics is due to the parameterization of the albedo
that eliminates the feedback at temperatures above
283 K. The relatively small sensitivity polarward
of around 75°% can be explained by high albedos
and small insolation there. Since the atmospheric
heat transport is fixed, local temperature change
is solely determined by change in net radiation
which is associated with the ice-albedo effect. So
a change of the temperature in a latitude zone is
simply local, having no influence on the tem-
perature change in another latitude zone. It is also
shown by Fig. 4 that the greater f is, the stronger
the increase in temperature in middle and high
latitudes will be.

To choose an appropriate value of f for the
model, we take a look at some similar experiments
carried out with AGCM:s. The increases in global
mean temperature of our model are 1.8, 2.0, 2.2,
2.7,3.2,3.8K for /=0, 0.002, 0.004, 0.006, 0.008,

Fig. 4. Model responses to a doubling
of CO, with different ice-albedo feed-
back factors. Temperature changes
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equilibrium temperature distribution
due to the doubling of CO, and that
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0.010 respectively, whereas AGCMs predict an
increase ranging from 1.3 to 7 K (Dickinson, 1986)
with a most likely range of 1.4-4.4K (Mitchell,
1989). This implies that f =0.04-0.006 seems to
be a good choice for the model to produce a
comparable global sensitivity to most AGCMs.
However, caution must be taken when comparing
results from AGCMs to that of the EBM since
additional feedback mechanisms exist in AGCMs.
Thus, we believe that it is necessary to isolate the
ice-albedo effect in AGCMs for an approximate
comparison with the EBM with regard to the
feedback strength.

To discuss the global sensitivity of different

climate models to external perturbations, a glob-
ally averaged model is usually used to access
feedbacks qualitatively (see e.g. Lashof, 1989).
This model is formulated as follows:
C Q%T—O—) + MAT,) = AR, (20)
where C is the heat capacity qf the climate system,
AT, is the change in global mean surface air
temperature, AR, is an externally prescribed
change in net radiation, and A is the feedback
parameter of the internal dynamics of the system.
As we are only concerned with the equilibrium
response, (20) can be further simplified,

AR
ATy =—", (21)

L

As pointed out by Dickinson (1986), 4 is an
overall climate system sensitivity factor which
includes the sum of all contributing feedback
factors which are operative in the system. A is a
convenient measure of the strength of individual
feedbacks because of its additive nature. It is
possible, by carrying out experiments with certain
feedbacks switched on or off, to identify individual
feedback parameters due to different mechanisms.
To assess the ice-albedo feedback in the model, we
first estimate a reference value (4,) for a case
without the feedback (f = 0). The global tempera-
ture increase in the CO, doubling experiment
with AR, =4Wm™? is 1.8 K, implying from (21)
that A, = 2.22. Note that 4, includes black-body
(4p) and long-wave water vapour feedbacks (4).
/g can be estimated by

Jp=40T3=375Wm™ 'K~ 22)
where ¢ =5.67 x 1078 Wm 2K ~* is the Stefan-

Boltzmann constant, and T, = 255 K is the earth’s
effective radiative temperature. Then,

dyp =g — = —153Wm 2K .. (23)

Mitchell (1987) has estimated A, from CO,
doubling experiments using both radiative-con-
vective models and AGCMs. These experiments
indicate that i, range from —14Wm 2K™!
to —1.8 Wm 2K ™!, which agrees well with the
above result.

With help of 4, we can estimate the contribution
of the ice-albedo feedback (/) to the total feedback
parameter A with different feedback factors f
in our model. It is found that /, range from
—-022Wm™?K™! to —1.17Wm *K ™! as f
varies from 0.002 to 0.010.

One dimensional EBMs developed so far show
A, ranging from —0.3 Wm ™2 K~ * (Lian and Cess,
1977) to —0.8Wm 2K ™! (Sellers, 1969), while
AGCMs have an even wider range of the feedback
parameter. For example, an experiment carried
out by Washington and Meehl (1983) indicates
/,~00Wm~™?K™!, whereas in another experi-
ment they found 2, ~ —09Wm 2K ! (Wash-
ington and Meehl, 1984). With an interactive
ocean, Spelman and Manabe (1984) find /, ~
—0.45Wm~™?K™"' which is somehow a repre-
sentative value for many AGCM experiments
(Mitchell, 1989).

Because the feedback parameter depends very
much on sea ice and we will couple this model to
an OGCM, we chose f=0.004, which corre-
sponds to A, ~ — 040 Wm~2K !, Another rea-
son why we prefer a small value of f in version 1
is that it produces too strong local sensitivity at
middle latitudes.

To investigate the effect of the feedback factor
on stability, we first carried out some time inte-
grations from initial conditions close to the con-
trol climate state. Time-dependent solutions of
the initial-value problem will converge as t — oo
to a steady state which is near the control climate
if it is stable. The results show that solutions
converge with perturbations as large as +10K
provided f < 0.010. This finding confirms that the
model is stable when f ranges from 0 to 0.010.
Since the perturbations employed are small, the
stability proved is linear stability. To consider the
nonlinear stability we need to look at how solu-
tions evolve when perturbations far from the
control climate are applied (Schneider, 1973).
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If a nonlinear process is invoked, the system
may have multiple equilibria. Indeed, it is well
known that many time-independent EBMs have
three (e.g. North, 1975) or even more (Ghil, 1976)
steady-state solutions when the ice-albedo effect
is included. To find out if our model also possesses
this characteristic, we started the integration with
initial conditions far away from the control cli-
mate. The model is found to be very stable to
positive temperature perturbations. However, an
additional solution besides the present climate
appears if negative perturbations in the initial
conditions are more than 20K, provided f >
0.005. The second solution is characterised by
very low temperatures everywhere, which will be
referred to as an ice-covered earth solution. How-
ever, the ice-covered earth solution disappears for
S/ < 0.005, no matter how strong the perturbation
is. For f < 0.005, the model has only one unique
solution which is the present climate. This state is
very stable.

Finally we would like to show the diagnosed
freshwater flux associated with the CO, doubling
experiment in Fig. 5. We see that the freshwater
flux is altered most significantly in middle lati-
tudes, although there also appears a remarkable
change near the equator. There is a general
reduction of the flux within the latitude zone from
50° S to 40° N expect near the equator, whereas a
significant increase can be observed near 55°S
and 45°N. A similar AGCM experiment carried

out by Manabe and Wetherald (1980) (hereafter
referred to as MW) shows a decrease in the flux
equatorward of about 40°{ and an increase
polarward of about 40°J. The increase within
the narrow latitude zone shown by version 1 is
attributable to the most significant temperature
change predicted there. As the atmospheric heat
transport 1s fixed, the diffusion parameterization
for the sensible heat transport implies that change
in the latent heat transport is also linked to the
meridional temperature gradient. Therefore, the
most remarkable increase of temperature around
50° 5 results in the increased freshwater flux men-
tioned above.

5.2 Version 2

The same perturbation is also added to version 2
of the model. The equilibrium response of the
model to the perturbation with f ranging from
0.00 to 0.010 is shown in Fig. 6. Compared with
the response in version 1, version 2 shows a much
smoother change in the temperature with respect
to latitude. Obviously this is due to the variable
heat transport built in. While the great sensitivity
in the vicinity of the ice line disappears, an evident
polar amplifying effect is observed in Fig. 6. This
effect is more evident as the ice-albedo factor f
increases. Since the parameterization of the albedo
is as the same as that in version 1, the polar
amplifying effect found in version 2 may be
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Change in Temperature (K)

Fig. 6. Model responses to a doubling
of CO, with different ice-albedo feed-
back factors. Temperature changes
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attributed to an additional feedback mechanism:
transport-temperature feedback.

The increases in the global mean temperature
of version 2 are 1.8, 1.9, 2.1, 2.4, 2.8, 3.0 K for
[ =0.00, 0.002, 0.004, 0.006, 0.008, 0.010 respec-
tively. Although the local sensitivity of version 2
differs remarkedly from version 1, the global
sensitivities of the two versions show good agree-
ment. Version 2 shows a slightly smaller global
sensitivity than version 1, indicating that the
transport-temperature feedback is a negative
feedback in this case. Version 2 produces a much
smoother latitudinal temperature variation than
version 1. The smoother temperature variation
will not cause a problem for the diagnostics of the
freshwater flux as in version 1. Contrary to the
rather small value of f in version 1, we use
f =0.006 in version 2.

We also studied the possibility of multiple
equilibria in version 2. It shows similar results as .
found with version 1. When f < 0.006 the ice-
covered earth solution disappears.

Note that the only difference between the two
versions is, in terms of the feedback analysis, that
version 2 has one more mechanism operating. The
effect of the feedback on the global sensitivity can
be assessed by a feedback parameter A;. As
discussed above, A; is simply the difference be-
tween the two total feedback parameters of the
two versions with an equal 4,. For f =0.006 the

total feedback parameter 1, =% -2 and 1, =%

45 55 65 75 85

are expressed by the difference between
the equilibrium temperature distri-
bution due to the doubling of CO,
and that of the control climate

W for version 1 and 2, respectively. This results
in an estimate of 1; =0.19Wm 2K ™! for the
total heat transport. From the experiments with
version 1 we estimate A, = —0.74 Wm™2K ™* for
[ =0.006.

The polar amplifying effect in version 2 is very
interesting because it reproduces an important
feature of the global warming commonly found in
AGCMs. This warming in AGCMs has been
interpreted as due to positive lapse rate and
ice-albedo feedbacks at high latitudes. However,
the parameterization of heat transport associated
with the ice-albedo feedback in our model appears
to be responsible for the amplification. MW point
out that increased latent heat transport in a
warmer climate contributes to the reduction in
meridional temperature gradient near the surface.
In Fig. 7 the latent transports in response to the
doubling of CO, and that from the control
climate are shown. The latent heat transport

" increases at all Jatitudes in our model, which is

due to the exponential temperature dependence of
the saturation water vapour pressure with warm-
ing. The maximum increase appears near the
equator, because dq,,/0T, increases with increas-
ing temperature. It is expected that the increased
latent heat transort will result in an increase in
amplitude of the freshwater flux. The diagnosed
freshwater flux associated with the CO, doubling
experiment and that from the control climate are
displayed in Fig. 8. The freshwater supply to the
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Fig. 7. Latent heat transports due to
a doubling of the atmospheric CO,
and that from the control climate

Fig. 8. Freshwater fluxes in the
control climate and in the experiment
with the doubling of the atmospheric
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ocean will increase at middle and high latitudes
and near the equator, whereas a general decrease
is found at subtropical latitudes. This result is very
similar to that of MW.

On the other side, as the meridional tempera-
ture gradient decreases in the warmer climate, the
sensible heat transport which is proportional to
the gradient will decrease. From Fig. 9 we can see
that to a large extent the increased latent heat
transport is compensated by the reduced sensible
heat transport in our model, as is found in MW.

Co,

A closer examination shows that the atmo-
spheric transport is reduced in the warmer climate
almost everywhere with the maximum reduction
around middle latitudes, though the changes are
small. While the decrease at middle and high
latitudes agree well with the results of MW, the
decrease at low latitudes is just opposite to what
is found by MW. The net increase at low latitudes
found by MW is due to the fact that the ampli-
tudes of the latent and sensible heat transports are
almost equal in their model, implying that the
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hydrological cycle in MW’s model is very strong.
In our model, however, the sensible heat transport
is about three times larger than the latent trans-
port. Therefore, the reduction in the sensible
transport plays a dominant role, resulting in the
decrease in the atmospheric transport. It 1s in-
teresting to notice that version 2 predicts a larger
increase in the temperature at high latitudes under
the global warming even though the atmospheric
heat transport is reduced. This result indicates
that it is the combined effect of the ice-albedo and
transport-temperature feedbacks that causes the
polar amplification.

6. Conclusions

Based on the results of the experiments, following
concluding remarks may be made:

1. Two distinct thermal inertias are found to be
able to describe well the global atmosphere in
the context of time dependent 1-D EBMs.

2. It appears that the largest uncertainty for the
sensitivity of global mean temperature to per-
turbations is theé magnitude of the ice-albedo
feedback factor. On the other side, the param-
eterizations for the heat transport have great
impact on local sensitivity.

3. The ice-albedo feedback not only strongly
affects the sensitivity and stability of the model,

Fig. 9. Sensible heat transport in the
control climate and in the experiment
due to a doubling of the atmospheric
CO,

but also controls the existence of multiple equi-
librium solutions.

4. Although the experiments with version 2 show
that the total heat transport under different
forcings can be satisfactorily approximated as
constant, the tiny variation of the transport
does change the local responses significantly,
especially those at middle and high latitudes,
because of the ice-albedo feedback. Thus, the
coupling between the transport and the feed-
back appears to be very important.

5. In terms of the predicted temperature and the
diagnosed freshwater flux distribution, version
2 closely reproduces results from similar
AGCM experiment. Hence, the application of
version 2 will be preferred.

6. This EBM is appealing because of its simplicity
to allow quick integrations and its ability to
reproduce most important qualitative features
of the climate variability found from AGCM
simulations.

Although much work remains to be done be-
fore the extent to which this simple atmospheric
model can help us in understanding the problems
in ocean modelling can be assessed, we feel that
the simple energy balance models have an impor-
tant role to play in our developing knowledge of
the coupling between the atmosphere and ocean.
The EBM has been coupled to the OGCM. The
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results of the interactive experiments will be
reported elsewhere.
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