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Abstract. A two-layer model of soil hydrology and thermodynamics is combined with a one-dimensional 
model of the planetary boundary layer to study various interactions between evolution of the boundary layer 
and soil moisture transport. Boundary-layer moistening through surface evaporation reduces the potential 
and actual surface evaporation as well as the boundary-layer growth. With more advanced stages of soil 
drying, the restricted surface evaporation allows greater sensible heat flux which enhances boundary-layer 
growth and entrainment drying. 

Special individual cases are studied where the wind speed is strong, solar radiation is reduced, 
transpiration is important, the soil is thin, or the soil is covered with organic debris. 

1. Introduction 

Surface evaporation can substantially reduce surface heating and subsequent develop- 
ment of the daytime boundary layer. As a result, boundary-layer development is quite 
sensitive to availability of surface moisture as previously demonstrated by McCumber 
and Pielke (198 1). 

The interaction among surface evaporation, soil moisture and boundary-layer 
development is quite complex even in the cloudless case as noted schematically in 
Figure 1. For example, the reduction of boundary-layer development is partially limited 
by negative feedbacks. As surface evaporation moistens the boundary layer, the 
potential evaporation normally decreases, which in turn reduces the actual evaporation. 
Exceptions include the case of strong downward entrainment of drier air where low 
humidities are maintained in spite of significant evaporation. 

On a longer time scale, the surface evaporation may significantly deplete the soil 
moisture. This drying reduces the surface evaporation even though it also acts to 
increase the potential evaporation. The time-scale for this process depends on soil 
properties as well as atmospheric conditions. 

Suitable observations which include both adequate measurements of soil variables 
and atmospheric fluxes are not available to study the various stages of drying. In this 
paper we use a relatively simple model of the soil-atmosphere system to identify the 
importance of various interactions related to surface evaporation. The results of this 
study or any modelling effort will remain necessarily inconclusive until the required 
measurements become available. Our goal is to suggest the most important interactions. 
Such information can assist in the design of future observational programs as well as 
help identify the most critical parts of the soil-atmospheric modelling. 
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Fig. 1. Suspected important interactions between surface evapotranspiration and boundary-layer 
development for conditions of daytime surface heating. Solid arrows indicate the direction of feedbacks 
which are normally positive (leading to increases of the recipient variable). Broken arrows indicate negative 

feedbacks. Two consecutive negative feedbacks make a positive one. 

A second goal of this work is to provide a soil-atmosphere boundary layer model 
which is sufficiently simple to use in concert with larger scale atmospheric models. 
Recent numerical experiments by Hunt (1985) indicate that formulations for soil 
moisture and surface evaporation presently used in general circulation models have 
serious shortcomings. The present formulation is somewhat more complicated but 
physically more direct. 

2. The Model 

The atmospheric boundary-layer model of Troen and Mahrt (1986) is coupled to the 
soil moisture model of Mahrt and Pan (1984). The atmospheric model contains 34 levels 
between the surface and 4 km, although approximately the same results can be obtained 
with as few as 10 levels. The boundary-layer height in the model is determined using a 
diagnostic relationship based on a modtied bulk-Richardson number at each time step. 
During the day, the boundary layer grows in response to turbulence generated by surface 
heating. When the solar radiation vanishes and if winds are weak, the boundary layer 
normally collapses to the first model layer (- 50 m). 
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The soil model consists of a thin upper layer, 5 cm thick, which responds mainly to 
diurnal variations, and a thicker lower layer, 95 cm thick, which participates more in 
seasonal changes of soil water storage. The potential evaporation is formulated with a 
modified Penman relationship (Mahrt and Ek, 1984). The &rite diierencing of the soil 
model has been chosen to minimize truncation errors. This choice is based on 
comparisons with higher resolution versions of the model up to 100 layers. The 
truncation errors for the two-layer model, compared to higher resolution versions, led 
to overestimation of the evaporation of about 10% for the case of clay soil and only a 
few percent for the case of sand. These errors are small compared to other uncertainties 
such as treatment of the soil-air interface. Because an accurate description of moisture 
transport close to the soil surface requires prohibitive vertical resolution, the modelled 
surface moisture flux is substantially overestimated and is compensated by increasing 
the air-dry values for the soil moisture content to 0.16 and 0.25 for sand and clay, 
respectively. A lo-min time step is used in all model runs. 

The soil model of Mahrt and Pan (1984) has been generalized to include soil heat flux 
using the usual thermodynamic relationship: 

car2 KE 
at az ( > az 

where the volumetric heat capacity C and the thermal conductivity K are formulated 
as functions of soil water content as in McCumber and Pielke (1981). A more detailed 
discussion of the soil-thermodynamic model is given in Appendix A. 

The soil drying period, and feedback to the atmosphere, usually extend over several 
days or even several weeks. Iteration of one-dimensional models for such periods leads 
to unrealistic buildup of moisture and heat. This buildup does not occur in the 
atmosphere because of clear-air radiative cooling, horizontal advection of heat and 
moisture, and consumption of moisture by precipitating systems. Such processes cannot 
be sensibly formulated within the present framework; instead we specify a climatic 
advection or restoring term of the form 

(CLE - 4)/T, 3 (4 - W%T 

where q and 0 are the actual values of specific humidity and temperature, and 9~ and 
19, are pseudo-equilibrium values. In the present study qE is specified to be the initial 
conditions described below, while 0, is specified to be height-independent with a value 
of 270 K. Heat buildup was controlled by specifying a relaxation time of z, = 10 days 
while long-term moisture buildup was prevented with a shorter relaxation time of 
G = 1 day. While advection is pragmatically specified in this modelling study, it is also 
thought to exert a controlling influence on evaporation, at least in some flow situations 
(McNaughton, 1976). 

The atmospheric temperature is initialized with a constant lapse rate (6 K km- ‘). 
The temperature at the lowest atmospheric model-level is initialized at 283.6 K. The 
initial moisture content of the atmosphere is specitied to be 3 g kg- ’ in the lowest 
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kilometer, 2 g kg- ’ between 1 and 1.2 km, 1 g kg- ’ between 1.2 km and 2 km, and 
0.5 g kg - ’ above 2 km. Both the initial wind and the time-independent geostrophic wind 
are specified to be 5 m s - ‘. The initial volumetric moisture content of the soil is specified 
to be 0.42, a value which is saturated with respect to clay and super-saturated with 
respect to sand, leading to large percolation through the bottom of the sand for the first 
day. The initial soil temperature is specified to be identical to the initial value at the 
lowest atmospheric level (283.6 K). 

The short-wave radiative flux formulation of Holtslag and Van Ulden (1983) is 
applied for 45 “N starting with 21 June. Albedo for the Earth’s surface is set at 0.25. 
For simplicity, we neglect the change of soil surface albedo with soil drying which can 
lead to significant decreases of potential evaporation (Van Bavel and Hillel, 1976). 
Downward long-wave radiative flux is assumed to be constant corresponding to a 
black-body temperature of 270 K. Each numerical experiment is iterated for 21 days in 
order to include the important evaporation stages. 

In the next section, four prototype numerical experiments are iterated for sand and 
clay soil types and for geostrophic wind speeds of 5 or 10 m s - ‘. 

3. Drying Stages 

Radiative fluxes, wind speed, moisture deficit, and atmospheric stability determine the 
potential evaporation, which in turn forces the actual soil evaporation. When the soil 
is relatively wet, evaporation will be at the potential rate (atmospheric demand) as 
determined by atmospheric conditions. When the soil is sulhciently dry, the rate of 
evaporation is controlled by the soil moisture gradient in the upper part of the soil. The 
various atmospheric influences on the potential evaporation interact with soil moisture 
in a nonlinear fashion. Some of the candidate interactions are noted in Figure 1. 
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Fig. 2. The evolution of the noontime surface evaporation for clay and sand for modest geostrophic winds 

of 5 ms ’ and strong geostrophic winds of 10 ms ‘. 
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Fig. 3. Evolution of the noontime potential evaporation. 

We first study the various stages of drying occurring during 21-day iterations by 
plotting the solar noon values of different variables over sand and clay soils for the two 
different values of the geostrophic wind speed. Since vegetation, clouds and 
precipitation are not included, extensive drying and warming will result. 

The soil drying and long-term boundary-layer changes can be divided into three main 
stages. In the first stage, the surface evaporation is at the potential rate, which decreases 
slightly with time (Figures 2 and 3). In the second stage, the actual evaporation decreases 
rapidly with time while the potential evaporation increases with time. The second stage 
leads to a near-equilibrium third stage where the evaporation and potential evaporation 
vary slowly with time. The evolution proceeds more rapidly with sandy soil, partly 
because sand has a larger hydraulic difksivity and conductivity at high volumetric water 
content and therefore loses more water to percolation. The stages of drying correspond- 
ing to Figures 2 and 3 are similar to those in the modelling study of Van Bavel and Hillel 
(1976) except that they included the dependence of surface albedo on soil wetness and 
neglected adjustment of the atmosphere to surface evaporation. 

3.1. FIRST STAGE: POTENTIAL EVAPORATION 

During the first stage when evaporation is at the potential rate, both the specific humidity 
and the relative humidity increase with time (Figure 4) leading to a modest decrease of 
the potential evaporation. In most previous modelling studies of the drying stages, the 
potential evaporation is held constant. The slight decrease of temperature (not shown) 
and the corresponding decrease of saturation vapor pressure also cause the potential 
evaporation to decrease during the 6rst stage. As a result of decreased evaporation, the 
surface sensible heat flux to the atmosphere increases during this period (not shown) 
even though the surface temperature decreases. 
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Fig. 4. Evolution of the noontime relative humidity at 50 m. 

The boundary layer grows deeper (Figure 5) each subsequent day partly due to the 
increase of sensible heat flux. Part of the increase is due to the fact that the boundary 
layer grows quickly through the weakly stratified layer remaining from the mixed layer 
of the previous day. 

The wind speed significantly influences the surface heat budget and boundary-layer 
evolution during the first stage of drying since the surface evaporation is at the potential 
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Fig. 5. Evolution of the noontime boundary-layer depth. 
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rate, which depends on the wind speed. On the other hand, the soil type is of little 
importance since the evaporation is determined completely by the atmospheric demand 
during this stage. 

3.2. SECOND STAGE: RAPID DECREASE OF EVAPORATION 

The onset of the second stage of drying is determined by the soil type. The clay soil is 
able to meet the potential evaporation for five or six days while for sand, the evaporation 
falls significantly below the potential rate during the third day. With the onset of the 
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Fig. 6. (a) Evolution of the surface moisture flux and the moisture flux near the boundary-layer top over 
sandy soil with a geostrophic wind speed of 5 ms- ‘. (b) Vertical profiles of the heat and moisture fluxes 

at 1000 hr on day 8 with a geostrophic wind speed of 5 ms- ‘. 
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second stage of drying, the evaporation depends mainly on soil type and is less 
dependent upon wind speed and other atmospheric properties. 

At the same time, atmospheric conditions change rapidly at the beginning of the 
second stage of drying. The decreasing surface evaporation causes a sharp increase of 
the surface temperature, which in turn increases the surface heat flux and boundary- 
layer growth. Of special importance is that the downward entrainment of drier air from 
above the boundary layer can exceed the surface evaporation (Figure 6a) leading to 
divergence of the upward moisture flux. This causes drying of the boundary layer. As 
expected, this net drying occurs 6rst over sandy soil. Entrainment drying is encouraged 
by the relatively dry air aloft. Entrainment drying is thought to be frequently important 
in the evolution of high-plains boundary layers where air above the boundary layer is 
often dry (Mahrt, 1976). In contrast, with weaker boundary-layer growth and more 
humid air aloft, the entrainment drying is relatively unimportant (DeBruin, 1983). 

The warming and drying cause the relative humidity to decrease and the potential 
evaporation to increase. However, because of increasing control of evaporation by the 
drying soil, the actual evaporation decreases rapidly during stage two. The decrease of 
surface evaporation during stage two causes major changes in the development and 
structure of the boundary layer. For example, consider the atmosphere profiles at 
1000 solar time on day 8 (Figure 6b). Over sandy soil, the surface evaporation is already 
quite small, leading to large surface heat flux and vertical profiles of the heat flux typical 
of the convective mixed layer. The heat flux decreases linearly with height, reaching 
negative values near the boundary-layer top due to downward entrainment of warmer 
air. 

In contrast, surface evaporation over the clay soil is still relatively large leading to 
smaller surface heating and thinner boundary-layer depth. The upper two-thirds of the 
boundary layer is characterized by downward heat flux associated with entrainment. 
This implies that during this period, the mixing in the boundary layer over clay is driven 
primarily by mean shear whereas mixing in the boundary layer over sand is primarily 
driven by convection. This example shows how boundary-layer development depends 
on soil type through the role of surface evaporation. 

3.3. STAGE THREE: NEAR-EQUILIBRIUM 

Eventually the boundary layer approaches an equilibrium state characterized by warm 
and dry conditions. At noon the surface evaporation becomes negligible for sand and 
less than 10% of the potential rate over the clay soil. The boundary layer is deep, 
exceeding 4 km for sand. At this stage of development, the depth of real boundary layers 
would normally be constrained by synoptic or cloud-induced subsidence and/or 
advection of smaller boundary-layer depth while some surface evaporation would be 
maintained by vapor transport in the soil and perhaps transpiration, all of which are 
neglected in these numerical experiments. 
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4. Transpiration 

Realistic modelling of interaction between the soil and the atmospheric boundary layer 
must include the influence of the vegetative canopy. Vegetation moderates diurnal 
variations. Furthermore, the difference between the three stages of drying are not as 
distinct since the vegetation removes water from the deeper root zone which dries only 
slowly. Here the root zone is specified to extend to the bottom of the 1 m layer. With 
deep rooted plants, the influence of rapid drying of the soil surface is then less important. 

We formulate the influence of the vegetative canopy in the simplest possible way 
which approximates the most important aspects of the canopy; namely, transpiration 
and shading of the soil surface. These formulations are detailed in Appendix B. 
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Fig. 7. Evolution of noontime evaporation for the case of surface transpiration as compared to the 
standard case with no transpiration. 

With other conditions the same as in Section 3, the presence of the canopy shading 
70 % of the ground extends the period of evaporation at the potential rate by several days 
for clay (Figure 7); less soil water is removed from near the soil surface to meet the 
atmospheric demand. The decrease of evapotranspiration during stage two is less, 
compared to the case of no canopy. In other terms, drying of the soil surface does not 
substantially reduce the transpiration rate in that signiticant transpiration of deep soil 
water is maintained during stages 2 and 3. As a further result of the transpiration, the 
boundary layer is cooler, more moist and not as deep compared to the case with no 
vegetation. A fourth stage where transpiration decreases due to depletion of deep soil 
moisture was not studied here. 
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5. Influence of Solar Radiation, Climatic Advection, and Soil Properties 

It is instructive to study the sensitivity of the above conclusions to variations of the 
external forcing. This is most simply carried out by neglecting the canopy. We first 
examine the winter case (solstice) where the incoming solar radiation is much reduced. 
Under such conditions, the drying stages evolve more slowly (Figure 8a) due to much 
lower rates of potential evaporation. The second stage of drying with sand does not 
begin until after one week, while the evaporation from the clay soil remains near the 
potential rate during the entire 21-day period of numerical integration. The potential 
evaporation reaches only about 100 W m- 2 during mid-day so that transport of 
moisture within the clay soil is able to meet the demand. During the night, vertical 
transport within the clay is able to restore the soil moisture near the surface to the extent 
that the evaporation is near potential during the subsequent daytime period. 

In actual atmospheric conditions, advection of heat and moisture can signihcantly 
alter the boundary-layer evolution even on short time-scales. Here we study the 
influence of advection as formulated in Section 2 for the summertime case. With less 
dry-air advection, the boundary layer moistens, which reduces the potential evaporation 
and signiticantly delays the transition to the second stage of drying for clay, as is evident 
in Figure 8b, for the case where the relaxation time for moisture is increased to 10 days. 
With reduced cold-air advection (not shown), the boundary layer heats up and grows 
faster, which in turn increases the downward flux of dry air. 

When the soil is thinner, it stores less moisture. As a result, the second stage of drying 
begins slightly earlier. As an example, decreasing the soil depth from 1 to 4 m advances 
onset of the second stage of drying by only a day or less, depending on soil type 
(Figure 8~). However, the influence of thinner soil becomes more significant at later 
times when the moisture content of the thin soil decreases to near air-dry values. The 
surface evaporation rates at stages 2 and 3 are only a fraction of the corresponding 
values for a 1 m thick soil. 

Often natural surfaces are covered by organic ‘debris’ or ‘litter’ consisting of dead 
grass and leaves, conifer needles and other organic matter. Such materials cover a major 
portion of natural land surfaces. When dry, these materials are characterized by 
extremely low hydraulic conductivities; such surfaces then act as a moisture barrier and 
the soil becomes decoupled from the atmosphere on short time-scales in cases with little 
transpiration. 

The thermal and hydraulic properties of such organic debris are not well known. 
Better known are the properties of peat soils, which are between those properties of 
organic surface material and those of other soils. In this study, we use the thermal and 
hydraulic properties for peat adopted by McCumber and Pielke (198 1). The saturation 
water content for peat is nearly twice that of the other soil types. The hydraulic 
conductivity coefficient of saturated peat is similar to that of other soil types at or near 
saturation. However, as soil moisture decreases, the hydraulic conductivity for peat 
decreases rapidly to values several orders of magnitude smaller at water contents 
comparable to the saturation values of sand and clay. At this stage, the peat becomes 
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an effective moisture barrier which eliminates direct exchange between the soil and 
atmosphere. 

Several numerical iterations were performed where the upper 5 cm was specified to 
be peat (not shown). The contribution of the surface evaporation to the surface energy 
balance quickly becomes negligible. In any event, the usual neglect of organic litter in 
large-scale modelling studies probably leads to significant overestimation of evaporation 
from the soil over vegetated natural surfaces. Results are only useful qualitatively since 
the interface between the organic material and the more conventional soil cannot be 
modelled with certainty. Furthermore, organic litter can reduce run-off by absorbing 
more rain water. This can actually lead to increased evaporation at a later stage during 
near-drought conditions. 

6. Diurnal Variation 

As an example, the diurnal variation of the surface energy budget is shown in Figure 9 
for the standard case with sandy soil during days 3 and 4, which corresponds to the 
beginning of the second stage of soil drying. Note that on day 4, the evaporation is 
significantly reduced, leading to greater sensible heat flux to the atmosphere. 
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Fig. 9. The diurnal variation of the surface energy balance over sand with a geostrophic wind of 5 ms ‘. 
Positive net radiation corresponds to a net heat gain at the surface while positive values of the other terms 

correspond to a heat flux away from the surface. 

The surface evaporation increases during the morning as dictated by increasing net 
radiation and resulting increase of potential evaporation (Figure 9). This rapid increase 
of evaporation suppresses sensible heat flux to the atmosphere and leads to temporary 
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retardation of heat flux to the soil. By late morning, the soil surface layer has dried to 
the extent that the evaporation becomes subpotential and decreases in an absolute 
sense. With less evaporation, the sensible heat flux to the atmosphere increases rapidly 
and more heat is transported into the soil. Note that the heat flux to the soil peaks earlier 
than the sensible heat flux to the atmosphere, since the soil warms more rapidly than 
the atmosphere. The delay of the diurnal increase of sensible heat flux to the atmosphere 
is often observed (e.g., Oke, 1978). 

7. Conclusions 

In the above modelling study, the soil drying advances in three stages as has been 
previously observed. In the first stage, the rate of surface evaporation proceeds at the 
potential rate and, therefore, depends mainly on atmospheric conditions such as wind 
speed, relative humidity, and incoming solar radiation. Surface heating is limited by the 
surface evaporation, and the boundary layer may develop primarily due to shear. In such 
cases, weak entrainment heat flux can extend downward through much of the boundary 
layer. In the second stage, the evaporation decreases rapidly to well-below potential 
values and becomes controlled more by the moisture gradients in the soil. In the final 
stage, the drying reaches a small near-equilibrium value. The surface heat flux becomes 
much larger than the latent heat flux and upward heat flux extends upward to the 
entrainment region of the boundary-layer top. 

The duration of each stage depends critically on the soil type as well as on 
atmospheric conditions. The occurrence of dry organic debris, such as leaves and dead 
grass, appears to partially decouple the atmosphere and soil, resulting in signticant 
slowing of the advance of the second and third stages. The development of significant 
transpiration reduces the importance of direct surface evaporation from the soil and thus 
reduces the distinction between the three stages. Entrainment drying of the boundary 
layer can become important with dry air aloft and strong surface heating. The latter is 
encouraged by dry soil conditions. 

Climatic cooling and drying was specified to simulate advection, clear air radiative 
cooling and removal of moisture by convective clouds. Such mechanism are not 
necessary when simulating only one diurnal cycle or when the one-dimensional model 
is combined with a larger scale model. We are presently using the boundary-layer soil 
model with the global spectral model of Brenner et al. (1984). 
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Appendix A: The Two-Layer Soil Thermodynamic Model 

The two-layer structure used for the soil moisture model (Mahrt and Pan, 1984) should 
adequately resolve the diurnal variation of the soil thermodynamics; the thin top layer 
with a thickness of 5 cm can provide an estimate of the sharp diurnal thermal gradient 
and the thicker second layer (95 cm) allows us to incorporate heat storage and seasonal 
variations and to specify a constant lower-boundary soil temperature which, in reality, 
varies on the annual time-scale. 

The heat conduction equation, neglecting horizontal interactions, is given as 

where C is the volumetric heat capacity and K is the thermal conductivity. The heat 
capacity for water is 4.2 x lo6 W m- 3 K- ’ and for soil is chosen as 
1.26 x lo6 W m - 3 K - ’ for simplicity even though it varies slightly for different soil 
types. The heat capacity of the composite soil is simply defined as 

where 8 is the volumetric water content. In this definition, we have neglected the 
contribution due to air, following DeVries (1975). The thermal conductivity, K, is 
strongly dependent on the soil moisture content. Similar to McCumber and Pielke 
(1981) we also adopted the functional form for K following Al Nakshabandi and 
Kohnke (1965): 

K(B) = 
I 

420exp(-P’+2.7), P,i:5.1, 
0.1722, Pf’ 5.1 ; 

64-2) 

where Pf = log,,[ $s(es/e)b]. The factors &, e,, and b are functions of the soil textural 
class (Clapp and Hornberger, 1978). 

In the finite difference formulation, the model equation (A-l) will be integrated first 
over the two layers to express the flux K aT/az explicitly, through each layer. The model 
grid staggering is presented in Figure Al, the level Z, represents the level along which 
the temperature Tk is the same as the layer-average T (in this study, the mid-point of 
the layer is selected). The layer-integrated equation becomes 

(A-3) 

where the gradient dT/az is evaluated as 

(A-4) 
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Fig. A-l. The geometry of the soil thermodynamics. 

At the top of the model, the surface temperature T, will be used to form a one-sided 
estimate of the gradient 

aT _ t - Fl 
az + OSAZ, ' (A-5) 

The gradient at the bottom of the model is estimated using a specified constant tempera- 
ture, T,,, (Figure Al). 

In order to interface the soil thermodynamics into the model, the prediction of Fk 
using (A-3) is performed using the fully implicit Cranck-Nicholson scheme given by 

(-4-6) 

where the superscripts designate the time levels. 
For moist soil, a small difference in the thermal gradient in (A-5) can lead to large 

soil heat flux because the thermal conductivity increases rapidly with soil moisture 
content. For this reason, the surface energy balance equation must be updated 
simultaneously with the soil thermodynamic equations so that the resulting surface 
temperature and soil temperature satisfy the surface energy balance constraint at the 
next time step. 
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Appendix B: Transpiration 

This appendix describes the transpiration formulation for the results in Section 4. We 
want to preserve the distinction since the direct soil evaporation is most appropriately 
related to the soil moisture of an upper thin layer while water for transpiration originates 
more from the deeper root zone. The total evaporation can be written as 

E=Edir+ET+Ec, (B-1) 

where Edir is the direct evaporation from the soil, E, is the transpiration, and E, is the 
evaporation of precipitation intercepted by the canopy. Each of the evaporation terms 
on the right-hand side are proportional to the potentia’l evaporation Ep (we do not 
differentiate between ground temperature and ‘leaf’ temperature in this study). 

Vegetation reduces the direct evaporation from the soil by shading the ground and 
reducing the wind speed near the ground. The reduction of wind speed can be posed 
in terms of increased surface roughness parameter and increased displacement height. 
The reduction of solar radiation reaching the ground surface through the vegetation 
can be expressed as a linear dependence on the shading factor by neglecting complexities 
due to varying sun angle. 

To minimize the number of parameters, we relate both the influences of shading and 
wind-speed reduction to the shading factor or according to the format 

Edir = EsoiI(l - of) ; 03-2) 

Esoi, is the evaporation from the soil in the absence of vegetation as discussed in 
Section 2. 

Transpiration is related to the density of vegetation and the soil moisture content. For 
the two-layer model, these influences are most simply included with the following 
formulation for transpiration: 

E, = E,k,c+ 5 g(f?,) + (z2 g(8,) [ 1 - (c*/s)“] , 
z2 2-2 1 

(B-3) 

where z, is the depth of the upper layer (here 5 cm) and z2 is the depth of the entire two 
layers (1 rn). We have assumed that the root uptake rate is independent of depth within 
a given layer. After consulting numerous studies, the wilting point, ewilt, where root 
uptake ceases, is assigned a value of 0.12. The parameter &is the soil moisture content 
at which the soil moisture deficit begins to reduce root uptake and transpiration. Oref 
is chosen to be 0.25, which is significantly below the saturation values for most soil types. 
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C*, the canopy water content and S, the canopy water capacity, are included to 
represent reduction of transpiration from surfaces covered by a water film. The 
coefficient k, is the plant resistance factor chosen to be 1.0 and a,is specified to be 0.7. 
The product of kvof is similar to the commonly used plant coefficient. The parameter 
n is chosen to be i to be consistent with the interception model discussed below. 

Some dewfall occurs in the iterations reported in Section 4. Interception is modelled 
as 

dC* 
-=afP-E,, 
dt 

E, = af(C*/S)“E, . 
(B-4) 

The storage capacity of the canopy, S, is chosen to be 2 mm. P is the precipitation or 
dewfall rate. This interception model is similar to that of Rutter et al. (197 1) except that: 

(1) the throughfall parameter is replaced with the closely related expression 1 - 9 in 
order to reduce the number of parameters; 

(2) the evaporation factor C*/S is multiplied by a,to account for the asymptotic limit 
that canopy evaporation vanishes as the canopy vanishes; and 

(3) n is chosen to be less than unity to correspond to a finite time for the canopy to 
dry, following rainfall as modelled in DeardorfT(l978). 

Based on the work of Leyton et al. (1967), a value of n = $ is inferred, which is 
somewhat less than the n = f value chosen by Deardorff(1978). 

Once the canopy is saturated (C* = S), all additional rainfall is assumed to fall 
through to the ground. This is analogous to assuming that drip processes occur 
instantaneously so that the canopy is never temporarily ‘supersaturated’. 
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