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  Abstract      The chapter begins with an overview of the exploratory work done in the 
Arctic Ocean from the mid nineteenth century to 1980, when its main features became 
known and a systematic study of the Arctic Ocean evolved. The following section 
concentrates on the decade between 1980 and 1990, when the fi rst scientifi c icebreaker 
expeditions penetrated into the Arctic Ocean, when large international programme 
were launched, and the understanding of the circulation and of the processes active in 
the Arctic Ocean deepened. The main third section deals with the studies and the 
advances made during the ACSYS decade. The section has three headings: the circu-
lation and the transformation of water masses; the changes that have been observed in 
the Arctic Ocean, especially during the last decades; and the transports between the 
Arctic Ocean and the surrounding world ocean through the different passages, Fram 
Strait, Barents Sea, Bering Strait and the Canadian Arctic Archipelago. In section 

    B.   Rudels      (*)
     Department of Physics ,  University of Helsinki ,   P.O. Box 64,   FI-00014   Helsinki ,  Finland  

   Finnish Meteorological Institute ,   P.O. Box 503,   FI-00101   Helsinki ,  Finland    
e-mail:  bert.rudels@helsinki.fi ; bert.rudels@fmi.fi   

     L.   Anderson  
     Department of Chemistry ,  University of Gothenburg ,   SE-41296   Göteborg ,  Sweden    
e-mail:  leifand@chalmers.se  

     P.   Eriksson  
     Finnish Meteorological Institute ,   P.O. Box 503,   FI-00101   Helsinki ,  Finland    
e-mail:  Patrick.Eriksson@fmi.fi   

     E.   Fahrbach   •     U.   Schauer  
     Alfred-Wegener-Institute for Polar and Marine Research ,   P.O. Box 120161,   D-27515  
 Bremerhaven ,  Germany    
e-mail:  Eberhard.Fahrbach@awi.de; Ursula.schauer@awi.de  

     M.   Jakobsson  
     Department of Geological Sciences ,  Stockholm University ,   SE-10691   Stockholm ,  Sweden    
e-mail:  martin.jakobsson@geo.su.se   

    Chapter 4   
 Observations    in the Ocean       

       Bert   Rudels          ,    Leif   Anderson      ,    Patrick   Eriksson      ,    Eberhard   Fahrbach      , 
   Martin   Jakobsson      ,    E.   Peter   Jones      ,    Humfrey   Melling      ,    Simon   Prinsenberg      , 
   Ursula   Schauer      , and    Tom   Yao            



118 B. Rudels et al.

four, the Arctic Ocean is considered as a part of the Arctic Mediterranean Sea, and the 
impacts of possible climatic changes on the circulation in the Arctic Mediterranean 
and on the exchanges with the world ocean are discussed.  

  Keywords   Arctic Ocean  •  Arctic Mediterranean Sea  •  Ocean Circulation  •  Water 
mass formation  •  Water mass transformation  •  Mixing  •  Open ocean convection  
 Thermohaline circulation  •  Boundary convection   • Intrusions  •  Double-diffusive 
convection      

    4.1   Mid 1800–1980: Exploration 

 Because of the severe high-latitude climate and the perennial ice cover, little was 
known about the Arctic Ocean 100 years before the beginning of the ACSYS decade. 
Was it an ocean, or did large, yet undetected, landmasses exist? Was open water to 
be found behind the forbidding ice fi elds? Large polynyas had been observed beyond 
the coastal ice cover, and the northernmost extension of the Gulf Stream was 
believed to transport warm water into the Arctic Ocean west of Svalbard. Because 
sea ice contains so little salt, it was also speculated that only freshwater freezes. 
Once a ship got beyond the pack ice formed in the low-salinity water infl uenced by 
runoff from the continents, it would encounter an ice-free ocean with saline water 
supplied by the Gulf Stream (Petermann  1865  ) . 

 Driftwood, originating from Siberia, had been found on the Greenland coasts, 
indicating a fl ow of ice, or water, across the Polar Sea, exiting between Greenland 
and Svalbard. Finally, remnants from the wreck of the steamship  Jeanette , crushed 
by the ice in the East Siberian Sea in 1881 in its attempt to reach the North Pole 
from Bering Strait, were found at Julianehåb in southwestern Greenland in 1884. 
This confi rmed the existence of a rapid stream carrying ice across the Arctic Ocean 
from the East Siberian Sea to the East Greenland Current, fl owing southward along 
the east coast of Greenland. This discovery was, perhaps, decisive for Nansen’s plan 
to reach the North Pole by allowing a ship to be frozen into the ice – no open water 
was expected by Nansen – upstream of this transpolar stream and then drift across 
the Polar Sea, passing the pole. 
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 The drift of  Fram  1893–1896, although it never reached the pole, provided the 
fi rst information of the Arctic Ocean beneath the ice (Nansen  1902  ) . It was deep, 
>3,000 m, and below the ice and the cold, low-salinity surface water, the salinity 
was observed to increase towards the bottom, and a layer with temperatures above 
0°C was found between 200 and 500 m depth. Nansen concluded that the warm 
layer was Atlantic water advected into the Arctic Ocean from the Norwegian Sea 
through the passage west of Svalbard–Petermann’s Gulf Stream. Nansen also sug-
gested that the high salinity of the deep water was caused by freezing and brine 
rejection on the Arctic Ocean shelves, where the brine-enriched water sinks to and 
accumulates at the bottom. The salinity of the shelf bottom water increases during 
winter, and as it eventually crosses the shelf break, it sinks into the deep Arctic 
Ocean basins. In a later work, largely based on Amundsen’s oceanographic observa-
tions on  Gjöa  in 1901, Nansen examined the possibility to form dense, saline water 
in the eastern Barents Sea (Nansen  1906  ) . In that work, he also discussed open 
ocean convection and deep-water formation in the Greenland Sea. The salinities 
determined on  Fram  were later found erroneous, and Nansen adopted the view that 
the deep waters of the Arctic Ocean were advected from deep-water formation area 
in the Greenland Sea (Nansen  1915  ) . Nansen also noted that sea ice drifted to the 
right of the wind and assumed that this was an effect of the earth’s rotation. This 
observation eventually led to the formulation of the theory of wind-driven ocean 
currents and to the discovery of the Ekman spiral (Ekman  1905  ) . 

 During the following 80 years, up to 1980, the study of the Arctic Ocean retained 
much of its early exploratory character. Amundsen attempted to reach the North 
Pole from Bering Strait with  Maud  1919–1925, but the vessel got trapped in the ice 
in the East Siberian Sea and never crossed the shelf break. An effort to enter the 
Arctic Ocean through Fram Strait, the passage between Greenland and Svalbard, 
using a discarded submarine,  Nautilus , was attempted in 1931, but due to technical 
problems,  Nautilus  only reached slightly north of Svalbard. The icebreaker  Sedov , 
involuntarily, repeated the drift of  Fram  1937–1940, and the fi rst Soviet ice drift 
station, North-pole 1, lead by Papanin, was established by aircraft at the North Pole 
in May 1937, and the research group was picked up by the icebreaker  Taymyr  in the 
East Greenland Current in February 1938 (Libin  1946 ; Buinitsky  1951  ) . This drift 
station was followed by many others, most of them launched by the Soviet Union, 
but also other countries contributed as with e.g. T3 ice island, and the AIDJEX and 
LOREX ice camps. A comprehensive oceanographic survey of the entire Arctic 
Basin was made using aviation during two spring seasons    of 1955 and 1956. In 1973–
1979, seven such surveys were made following each other with a yearly interval and 
a total number of stations of 1,229. These data were used for preparation of charts 
in the Atlas of the Arctic Ocean (Gorshov  1980  )  and in the Atlas of the Arctic 
(Treshnikov  1985  ) . 

 The knowledge of the bathymetry improved steadily, and the large extension of 
the shelves and the existence and location of the major ridges and deep basins 
became gradually known. More than half (53%) of the 9.5 × 10 12  m 2  large Arctic 
Ocean is now known to consist of shelf areas (Jakobsson et al.  2004a  ) . The deep 
ocean is divided into two main basins, the Eurasian Basin and the Canadian Basin, 
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by the Lomonosov Ridge, sill depth ca 1,600 m. The Eurasian Basin is further 
separated into the deeper (4,500 m) Amundsen Basin and the somewhat shallower 
Nansen Basin (4,000 m) by the Gakkel Ridge. The Canadian Basin is separated by 
the Alpha and Mendeleyev ridges into the 4,000 m deep Makarov Basin and the 
shallower (3,800 m) and larger Canada Basin (Fig.  4.1 ). Airborne expeditions during 
spring allowed for hydrographic observations from the ice, covering extensive 
regions. Especially in the 1950s and in the mid 1970s, the Soviet airborne expedi-
tions extended almost over the entire Arctic Ocean.  

 The picture of the deep Arctic Ocean, the northernmost part of the North Atlantic, 
that evolved was one of an ice-covered, strongly stratifi ed ocean, whose water col-
umn was dominated by advection from the neighbouring seas and oceans. The large 
river runoff and the infl ow of low-salinity Pacifi c water through Bering Strait form 

  Fig. 4.1    Map of the Arctic Mediterranean Sea showing geographical and bathymetric features. 
The bathymetry is from IBCAO updated data base (Jakobsson et al.  2004b ; Jakobson et al.  2008  ) , 
and the projection is Lambert Equal Area. The 200, 500, 2,000 and 4,000 m isobaths are shown. 
 BIT  Bear Island Trough,  CB  Canadian Basin,  CeB  Central Bank,  EB  Eurasian Basin,  FJL  Franz 
Josef Land,  GFZ  Greenland Fracture Zone,  FSC  Faroe Shetland Channel,  HD  Hopen Deep,  JMFZ  
Jan Mayen Fracture Zone,  MJP  Morris Jessup Plateau,  NwR  Northwind Ridge,  SAT  St. Anna 
Trough,  SB  Svalbrad Bank,  SD  Sofi a Deep,  SF  Storfjorden,  YP  Yermak Plateau,  VC  Victoria 
Channel,  VS  Vilkiltskij Strait (Rudels 2009)       
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the low-salinity polar surface water, with an upper, winter homogenised Polar Mixed 
Layer (PML) closest to the ice.    In summer, seasonal ice melt creates a 10–20-m sur-
face layer of still lower salinity (Coachman and Barnes  1961 ; Coachman and Aagaard 
 1974  ) . The salinity starts to increase below the PML, at about 50 m, but the tempera-
ture remains close to freezing until it suddenly increases as the Atlantic layer is 
encountered between 100 and 250 m depth. This cold layer, between the PML and 
the Atlantic water, was named the Arctic Ocean halocline (Coachman and Aagaard 
 1974  ) . In the Canadian Basin the PML is less saline than in the Eurasian Basin due 
to the infl ow of low-salinity Pacifi c water. The Pacifi c water entering during winter, 
the Bering Sea Winter Water (BSWW), is colder and more saline and also contrib-
utes to the halocline (Coachman and Barnes  1961  ) . In the Eurasian Basin the PML 
is more saline and Pacifi c water is practically absent, and additional sources for the 
halocline water had to be considered (Fig.  4.2 ). It was realised that it could not be 
created by direct mixing between the PML and the Atlantic water, and Coachman 
and Barnes  (  1962  )  suggested that Atlantic water is brought onto the shelves through 
deeper canyons, becomes cooled and diluted by less-saline surface water and eventu-
ally returns to the deep basins, intruding between the PML and the Atlantic layer.  

 The Atlantic layer was observed throughout the Arctic Ocean, being colder and 
less saline in the Canada Basin than at its entrance through Fram Strait as a part of 
the West Spitsbergen Current (Timofeyev  1960 ; Coachman and Barnes  1963  ) . The 
deep water in the Arctic Ocean was assumed supplied from the Greenland Sea 
through Fram Strait (Nansen  1915 ; Wüst  1941  ) . It is warmer than in the Greenland 
Sea, and the deep Canadian Basin is warmer than the deep Eurasian Basin. The lat-
ter was explained by the presence of the Lomonosov Ridge, which would prevent 
the densest water from the Greenland Sea to penetrate further into the Arctic Ocean. 
This temperature difference was in fact used as evidence for the existence of a ridge 
dividing the Arctic Ocean in two major basins before the Lomonosov Ridge was 
properly mapped (Worthington  1953  ) . Another indication of the presence of a sub-
marine ridge was the retarding of the tidal wave entering through Fram Strait (Harris 
 1911 ; Fjeldstad  1936  ) . 

 The circulation of the ice and the surface water was found to be anti-cyclonic, 
centred around the Beaufort Gyre north of the North American continent, with the 
transpolar drift (TPD) moving across the Arctic Ocean in two branches, the Siberian 
branch from the Siberian shelves and the transpolar branch detaching from the west-
ern side of the Beaufort Gyre (Fig.  4.3 ). The movements of the Atlantic and deeper 
water masses, by contrast, were deduced from water mass properties, mainly tem-
perature, to be cyclonic around the Arctic Ocean (e.g. Timofeyev  1960 ; Coachman 
and Barnes  1963 ; Coachman and Aagaard  1974  ) .  

 The ice camps offered opportunities to measure the velocity profi les underneath 
the ice and Hunkins    ( 1966 ) documented the existence of the Ekman spiral, the 
velocity at the surface was 45° to the right of the wind and decreased and turned 
further to the right with increasing depth. Hunkins separated the velocity into three 
components: a geostrophic velocity caused by the sea surface slope, a turbulent, 
1–2 m thick, boundary layer just below the ice and moving in the same direction as 
the ice and the Ekman spiral caused by the wind as predicted by Ekman  (  1905  ) . 
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 High velocity events in the upper part of the water column were noticed already 
during the drift of the fi rst ice station, NP-1, and were suggested to be connected 
with high-energy eddies (Shirshov  1944  ) . Similar events were encountered on the 
later ice stations (Belyakov and Volkov  1980  )  and during the AIDJEX experiment 
(Hunkins  1974 ; Newton et al.  1974  ) . The eddies were 10 to 20 km in diameter and 
highly energetic with the maximum azimuthal velocities located around 150 m 
depth and reaching 40–60 cm s −1 . These eddies, mostly anti-cyclonic, were mainly 
found in the Canada Basin and were commonly associated with anomalous  Q -S 
characteristics suggesting the presence of a different water mass. Hunkins ( 1974 ) 
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  Fig. 4.2    The characteristics of the upper layers in the different basins of the Arctic Ocean. ( a ) 
potential temperature and salinity profi les, and ( b )  Q S curves.  Yellow  Nansen Basin,  Green  
Amundsen Basin,  Magenta  Makarov Basin,  Blue  Canada Basin.  1  Summer melt water layers,  2  
Temperature maximum related to the Bering Strait summer infl ow,  3  upper halocline,  4  Temperature 
minimum created by winter convection, marking the lower limit of the Polar Mixed Layer,  5  
Winter-mixed layer in the Nansen Basin,  6  lower halocline in the Amundsen ( green ) and Makarov 
( magenta ) basins,  7  lower halocline in the Canada Basin (Adapted from Rudels et al.  2004a  ) . The 
positions of the stations are shown in Fig.  4.19a        
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assumed that the eddies were generated by baroclinic instability as the infl owing 
Pacifi c water entered the Canada Basin in the Barrow Canyon, north of Alaska. This 
idea was later supported by theoretical work by Hart and Killworth  (  1976  ) . 

 The exchanges between the Arctic Ocean and the world ocean through the 
 different passages were studied by hydrographic observations and by direct current 
measurements, and several budgets for the Arctic Ocean and for the Nordic Seas (the 
Greenland, Iceland and Norwegian seas) were presented (e.g. Mosby  1962 ; Vowinckel 
and Orvig  1970 ; Aagaard and Greisman  1975 ; Nikiforov and Shpaiker  1980  ) . 

  Fig. 4.3    The circulation of the upper layers of the Arctic Mediterranean Sea. Warm Atlantic cur-
rents are indicated by red arrows and cold, less-saline polar and arctic currents by  blue arrows . 
Low-salinity transformed currents are shown by  green arrows . The maximum ice extent is shown 
in  blue  and the minimum ice extent in  red . The absolute minimum, to date, of 2007 is shown in 
 dark red .  AC  Anadyr Current,  ACC  Alaskan Coastal Current,  BC  Baffi n Current,  BIC  Bear Island 
Current,  BG  Beaufort Gyre,  EGS  East Greenland Current,  EIC  East Iceland Current,  ESC  East 
Spitsbergen Current,  IC  Irminger Current,  JMC  Jan Mayen Current,  MC  Murman Current,  NAD  
North Atlantic Drift,  NAC  Norwegian Atlantic Current,  NCC  Norwegian Coastal Current,  PS  
Persey Current,  SB  Siberian branch (of the Transpolar Drift),  SCC  Siberian Coastal Current,  TPD  
Transpolar Drift,  WGC  West Greenland Current,  WSC  West Spitsbergen Current (Adapted from 
Rudels  2001  )        
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Fram Strait, connecting the Arctic Ocean with the Nordic Seas, is the only deep 
(2,600 m) passage and the only one where steady in- and outfl ows occur. A second 
connection between the Arctic Ocean and the Nordic Seas is over the broad and fairly 
shallow (200–300 m) Barents Sea, where mainly an infl ow to the Arctic Ocean takes 
place. An infl ow from the Pacifi c Ocean occurs through the narrow and shallow (50 m) 
Bering Strait, while the restricted, shallow (125–230 m) passages in the Canadian 
Arctic Archipelago are dominated by outfl ow of low-salinity polar surface water. 

 The most cited transport estimates through the different passages around 1980 were 
(+ in, − out); Bering Strait; +1.5 Sv, the Canadian Arctic Archipelago; −2.1 Sv, the 
Barents Sea; +0.6 Sv, Fram Strait; Atlantic water +7.1 Sv, polar surface water −1.8 Sv, 
modifi ed Atlantic water −5.3 Sv provided by Aagaard and Greisman ( 1975  ) .    In this 
budget, the transports through Fram Strait were assumed to balance. Such large infl ow 
of warm Atlantic water raised the question: What will happen if the freshwater input to 
the Arctic Ocean diminishes? Will the heat stored in the Atlantic layer then reach the 
surface and melt the ice? The importance of the halocline, acting as a barrier to such 
vertical heat fl ux, was then also appreciated (Aagaard and Coachman  1975  ) . 

 The knowledge of the Arctic Ocean oceanography gained during the fi rst eight 
decades of the twentieth century is admirably summarised and presented in the 
Atlas of the Arctic Ocean (Gorshov  1980  ) . The oceanographic observations from 
the Russian drifting stations continued until 1991, and during the period 1937–1991, 
there were 1,800 soundings. Winter oceanographic observations were conducted at 
7,200 stations using airplanes. During the summers of 1950–1993, oceanographic 
surveys of the Siberian Arctic Sea conducted 31,000 soundings (McClimans personal 
communication 2010).  

    4.2   1980–1990: Interpretation 

 The period from 1980 until the early 1990s saw the, hesitant, beginnings of the sci-
entifi c icebreaker expeditions to the Arctic Ocean:  Ymer  in 1980,  Polarstern  in 1984 
and 1987 and  Oden  and  Polarstern  together reaching the North Pole in 1991. It also 
saw the fi rst large multi-national research programmes, the Marginal Ice Zone 
Experiment (MIZEX) in 1983 and 1984 and a winter MIZEX in 1987; a multi-
national programme to study the convection in the Greenland Sea, the Greenland Sea 
Project (GSP); and the fi rst systematic effort to determine the exchanges through 
Fram Strait with hydrographic sections and current metre arrays extending across the 
entire strait, the Fram Strait Project. In spite of the wealth of observations gathered 
by these programmes, the perhaps most important progress was in understanding the 
circulation and the processes active in the Arctic Mediterranean (see Chap.   6    ). 

 The old idea, advanced by Nansen, about ice formation, brine rejection and accu-
mulation of saline water on the shelves was revived. Aagaard et al.  (  1981  )  proposed 
this as a mechanism for producing the Arctic Ocean halocline. They estimated that 
about 2 Sv ought to be produced on the shelves and examined the potential of the 
different shelf areas to supply water to the halocline. The main production areas 
were found to be the Barents and the Kara Seas and the Chukchi Sea. Melling and 
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Lewis  (  1982  )  studied plumes entering the halocline in the Canada Basin, and Jones 
and Anderson  (  1986  )  suggested that the nutrient maximum at a salinity of 33.1 in 
the Canadian Basin originated from the Chukchi shelf, where dense brine-enriched 
bottom water becomes rich in nutrients from the re-mineralization of organic matter 
at the bottom before it crosses the shelf break into the deep basin and enters the 
halocline. 

 These fi ndings had some bearing on models describing the exchanges between 
the Arctic Ocean and the surrounding seas as a two-layer fjord circulation, where 
Atlantic water enters through Fram Strait, becomes entrained into the PML and then 
exported, together with the Pacifi c water and the runoff, as low salinity Polar surface 
water through Fram Strait and the Canadian Arctic Archipelago in geostrophically 
balanced boundary fl ows (Stigebrandt  1981  ) . The thickness of the ice cover and the 
freshwater content in the PML then depend upon the heat loss to the atmosphere and 
on the amount of heat entrained into the mixed layer from below, and the outfl ow is 
controlled by the depth of the mixed layer and the density difference between the 
PML and Atlantic water. Assuming that the heat loss to the atmosphere, the river 
runoff and the Pacifi c infl ow are known, it is possible to close the system and com-
pute the exchanges between the Arctic Ocean and the North Atlantic. If the straits 
are wider than the internal Rossby radius, the transports are only determined by the 
density difference between the layers and the depth of the upper layer, and since the 
Canadian Arctic Archipelago has more openings than Fram Strait, it can sustain a 
larger transport (Stigebrandt  1981  ) . However, if the entrainment of Atlantic water in 
the interior is prevented by the halocline, this coupling disappears and the shelf 
processes have to be taken explicitly into account. 

 Björk  (  1989  )  assumed that the outfl ow from the Arctic Ocean was geostrophic 
and determined by the stratifi cation. He computed the production of saline shelf 
water necessary to reproduce the stratifi cation and maintain the exchange. He found 
that about 1.2 Sv had to be supplied from the shelves. Rudels  (  1989  )  took the infl ow 
from the Bering Strait to be short-circuited to the Canadian Arctic Archipelago and 
only considered the exchanges with the Nordic Seas. Assuming that the river runoff 
that enters the shelves also enters the basins, it was possible to compute, using 
salinities observed on the shelves and an estimate of the ice production related to the 
observed heat loss, how much of the runoff is exported as ice; how much as less 
saline, compared to the PML, surface water and how much as brine-enriched denser 
water. The salt balance was closed by requiring a compensating fl ow from the basin 
onto the shelves, at the bottom in summer and at the surface in winter. Assuming 
geostrophic fl ow in Fram Strait, an Arctic Ocean water column could be constructed 
that was capable of exporting the created volumes, allowing for a compensating 
infl ow of Atlantic water, divided between Fram Strait and the Barents Sea. It was 
found that the export from the shelves mainly freshened the PML, and additional ice 
formation had to occur in the basins to reach the observed salinity of the PML. Only 
the Barents and Kara Seas produced water dense enough to supply the halocline and 
only a small amount, 0.2 Sv. 

 The deep and bottom waters in the Arctic Ocean are warmer and more saline than 
the Greenland Sea deep water, and Aagaard  (  1980  )  noticed that the Canadian Basin 
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deep water was not only warmer but also more saline than the Eurasian Basin deep 
water (Fig.  4.4 ). This implies that some deep-water formation and convection must 
take place in the Arctic Ocean. The stratifi cation is too strong for this to occur in the 
interior of the basins, and shelf-slope convection, as Nansen originally suggested, is 
the only possibility. Either entraining (Rudels  1986a  )  or shaving (Aagaard et al. 
 1985  )  boundary plumes was suggested as the mode of convection. Dense shelf bot-
tom water had been observed in the eastern Barents Sea (e.g. Nansen  1906 ; Midttun 
 1985  )  and in Storfjorden in southern Svalbard (Midttun  1985 ; Anderson et al.  1988  ) , 
and in 1986, a warmer, saline bottom layer was observed on the continental slope 
west of Svalbard, indicating a plume sinking from Storfjorden into Fram Strait 
entraining warm Atlantic water on its way down the slope (Quadfasel et al.  1988  ) .  
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 Circulation schemes for the deep waters in the Arctic Mediterranean Sea 
 connecting the two deep water sources, the Arctic Ocean and the Greenland Sea, 
through Fram Strait were proposed to explain the differences in deep water charac-
teristics in the different basins (Aagaard et al.  1985 ; Rudels  1986a  ) . The more saline 
deep waters of the Arctic Ocean, the warmer, less-dense Canadian Basin Deep 
Water (CBDW) and the colder, denser Eurasian Basin Deep Water (EBDW) pass 
south through Fram Strait into the Nordic Seas. Part of the outfl ow remains at the 
rim of the Greenland Sea, interacting and mixing with the waters of the Greenland 
Sea. This mixing product then follows the Jan Mayen Fracture Zone into the 
Norwegian Sea to renew the Norwegian Sea Deep Water (NSDW). The NSDW then 
partly returns to the Arctic Ocean via Fram Strait. The other fraction of the Arctic 
Ocean deep waters enters the Greenland Sea, where it, together with the locally 
convecting waters, creates the Greenland Sea Deep Water (GSDW), the presence of 
the EBDW being revealed by the deep salinity maximum in the central Greenland 
Sea (Aagaard et al.  1985 ; Rudels  1986a  )  (Fig.  4.5 ).  

 Some efforts to quantify the circulation were made, either just from the  Q -S 
structures (Rudels  1986a  )  or using additional information from tracer observations 
(e.g. Smethie et al.  1988 ; Heinze et al.  1990 ; Schlosser et al.  1990  ) . To match the 
transports with the observed  Q -S characteristics, Rudels     (  1986a,   1987  )  found that 
more deep water was exchanged through Fram Strait than was formed in the Arctic 
Ocean and in the Greenland Sea. This suggests that the deep exchanges between 
Arctic Ocean and the Nordic Seas are not driven by the deep-water formation but 
forced by other processes, e.g. the wind fi elds. Changes in the strength of the deep-
water formation in one source area, e.g. the Greenland Sea, could, however, change 
the pathways of the circulation. A situation with a strong convection and deep-water 
formation in the Greenland Sea could force the Arctic Ocean deep waters to bypass 
the Greenland Sea and cross the Jan Mayen Fracture Zone into the Iceland Sea and 
perhaps also allow them to exit through Denmark Strait. Such variations in the cir-
culation could also explain the fairly rapid changes in deep-water temperatures 
reported from the Greenland Sea (Aagaard  1968  ) . Cooling is easily explained by an 
increased convection in the Greenland Sea, while it is more diffi cult to account for 
a rapid warming of the GSDW by local processes. However, if more Arctic Ocean 
deep water penetrates into the Greenland Sea in periods when the convection is 
weak, the heating can be explained (Rudels  1986a  ) . 

 A situation with only deep-water sources is not possible, and implicit in all 
efforts to quantify the deep-water production is the assumption that the corre-
sponding volume either upwells into the upper layer or is exported elsewhere. 
However, the circulation connecting the two deep-water sources, the Greenland 
Sea and the Arctic Ocean shelves, was assumed to be largely internal to the Arctic 
Mediterranean, and the overfl ow of dense water from the Arctic Mediterranean to 
the North Atlantic was believed to involve Arctic intermediate water formed 
mainly in the Iceland Sea (Swift et al.  1980 ; Swift and Aagaard  1981  )  and perhaps 
in the Greenland Sea (Smethie and Swift  1989  ) . 

 Fram Strait was studied intensely. A large cyclonic recirculation of Atlantic water, 
as had been suggested already in the end of the nineteenth century (Ryder  1891  ) , 
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was found in the strait (Quadfasel et al.  1987 ; Rudels  1987 ; Bourke et al.  1988  ) , and 
the amount of Atlantic water that really entered the Arctic Ocean was estimated, by 
geostrophy, to be closer to 1 or 2 Sv than to 7 Sv (e.g. Rudels  1987 ; Bourke et al. 
 1988  ) . By contrast it was realised that the volume entering the Arctic Ocean over the 
Barents Sea via St. Anna Trough was as large as that passing through Fram Strait. 
However, the heat transport was considerably smaller because of the large heat loss 
taking place in the Barents Sea (Rudels  1987 ; Blindheim  1989  ) . 

 The understanding of the role and the importance of the processes and the circu-
lation in the Arctic Mediterranean Sea (Krümmel  1907 ; Wüst  1941 ; Sverdrup et al. 
 1942  )  for the global climate 100 years after the drift of  Fram  were summarised by 
Aagaard at the Nansen Centennial Meeting in Bergen 1993 (Aagaard and Carmack 
 1994  ) . In 1997–1998, information collected by that time in the AARI database was 
used for generating climatic atlases of the Arctic Ocean for the winter (EWG  1997  )  
and summer (EWG  1998  )  seasons.  

  Fig. 4.5    Circulation of the deep waters. Advective exchanges through Fram Strait and advective 
input down the St. Anna Trough. Possible sources for slope convection are indicated by  crosses . 
Crosses in the interior of the basins indicates convection or sinking from intermediate to deeper 
levels as for Amundsen Basin intermediate water sinking into the deep Makarov Basin. Uncertain 
sources and pathways are indicated by ‘?’ (Adapted from Jones et al.  1995 )       
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    4.3   The ACSYS Decade: New Insights, Variability and Change 

    4.3.1   Circulation and Transformation of Water Masses 

    4.3.1.1   Atlantic and Intermediate Water Circulation 

 The movement of the Atlantic water in the Arctic Ocean was known to be cyclonic 
but mainly thought of as a broad stream slowly moving around the central basin 
(e.g. Timofeyev  1960 ; Coachman and Barnes  1963  ) , with perhaps a smaller anti-
cyclonic gyre in the Beaufort Sea. The icebreaker expeditions to the Arctic Ocean 
in the late 1980s and early 1990s provided several new observational clues, and a 
more detailed picture of the circulation could be constructed. On hydrographic sec-
tions across the Eurasian Basin, signs of intrusive mixing and of a freshening of the 
Atlantic layer from the Nansen Basin to the Amundsen Basin were observed. Based 
upon XBT observations from the icebreaker  Rossia , Quadfasel et al.  (  1993  )  pro-
posed that the intrusions were created north of the Laptev Sea, as cold, brine-
enriched water sinks off the shelf into the Atlantic layer. The intrusions were then 
assumed advected with the mean fl ow along the Gakkel Ridge toward Fram Strait. 
This interpretation is contrary to the one suggested by Perkin and Lewis  (  1984  ) , 
who observed similar intrusions north of the Yermak Plateau during the EUBEX 
experiment in 1981 and assumed that these were created as the infl owing warm 
Atlantic water of the West Spitsbergen Current encountered and interacted with the 
‘old’ Atlantic water of the Arctic Ocean water column north of Svalbard. 

 On the  Oden  1991 expedition, intrusions and interleaving structures were 
observed in the northern Nansen Basin, in the Amundsen Basin and at the Lomonosov 
Ridge. The structures extended over too large depth interval and were too regular to 
be the result of occasional plumes leaving the Laptev shelf, and a more likely source 
would be the encounter between the infl ow of Atlantic water through Fram Strait 
and the infl ow of Atlantic water from the Norwegian Sea across the Barents Sea, 
which has been cooled and freshened in the Barents Sea before it enters the Arctic 
Ocean via the St. Anna Trough. Not having any observations from the continental 
slope, Rudels et al.  (  1994  )  postulated that the two infl ow branches, the warmer Fram 
Strait branch and the colder, less-saline Barents Sea branch, meet at the continental 
slope east of the St. Anna Trough and that intense mixing takes place creating inter-
leaving structures, which, once formed, would penetrate further across the front 
between the two branches, probably driven by the potential energy released by dou-
ble-diffusive convection. When the driving property contrasts have been removed, 
the intrusions would remain as fossil structures and become advected with the mean 
circulation. These intrusive layers could then be used as tracers, marking the fl ow of 
the now combined branches, especially their return fl ow in the Eurasian Basin 
towards Fram Strait. As the two branches return towards Fram Strait, the Barents 
Sea branch water dominates in the Amundsen Basin and over the Lomonosov Ridge, 
while the Fram Strait branch water makes a tighter turn and is more prominent over 
the Gakkel Ridge and in the northern Nansen Basin. 
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 The  Oden  1991 observations also showed abrupt, and large, changes in water 
mass properties across the Lomonosov Ridge (Anderson et al.  1994 ; Rudels et al. 
 1994  ) . The temperature in the Atlantic layer was much lower, while the intermedi-
ate water below the Atlantic layer was warmer and more saline in the Makarov 
Basin than in the Amundsen Basin. These differences were found at levels shal-
lower than the sill depth of the Lomonosov Ridge and were interpreted as the result 
of shelf-slope convection acting on the boundary current fl owing along the conti-
nental slope (Rudels et al.  1994  ) . 

 Cold, saline and dense shelf water plumes sink down the slope, and the plumes 
merge with their surroundings when they reach their appropriate density level, 
entering, or bypassing, the Atlantic layer. The less-dense plumes thus cool and 
freshen the Atlantic layer, while denser, deeper sinking plumes entrain warm 
Atlantic water during their descent, and their temperature increases and, as they 
merge into the water column, they make the deeper layers warmer and more saline 
(Fig.  4.4 ; Rudels  1986a ; Rudels et al.  1994  ) . To attain the characteristic  Q -S 
 properties of the upper Polar Deep Water (uPDW), with temperature decreasing and 
salinity increasing with depth, forming a straight line in the  Q -S diagram (Rudels 
et al.  1994  ) , which are observed below the Atlantic layer on the Makarov Basin side 
of the Lomonosov Ridge, the water column must have moved a considerable dis-
tance along the continental slope, after it has crossed the Lomonosov Ridge (Fig.  4.4  
and Table  4.1 ). This implies that the water on the Makarov Basin side of the 
Lomonosov Ridge fl ows along the ridge from the American side of the basin, which 
suggested that the boundary current splits at the Mendeleyev Ridge and makes a 
loop in the Makarov Basin and then fl ows along the Lomonosov Ridge in opposite 
direction as the fl ow on the Amundsen Basin side (Rudels et al.  1994  ) .  

 The intermediate water in the Amundsen Basin is colder and less saline than 
that in both the Nansen and the Makarov basins, indicating that the Amundsen 
Basin intermediate layers are dominated by water from the Barents Sea branch, 
which has been less affected by slope convection. In the Atlantic layer, the tem-
perature maximum found over the Lomonosov Ridge on the Amundsen Basin side 
of the front was warmer than in both the Amundsen Basin and the Makarov Basin, 
which could be due to a more rapid return fl ow along the ridge than in the interior 
Amundsen Basin (Rudels et al.  1994  ) , taking into account the higher temperatures 
of the Fram Strait Atlantic water observed in the early 1990s (Quadfasel et al. 
 1991  )  (see Sect.  4.3.2.1 ). 

 Silicate and CFC concentrations on the Oden stations in the outfl ow area between 
the Morris Jesup Plateau and the Yermak Plateau showed differences between the 
intermediate waters closer to Greenland and those farther offshore. This implied that 
the boundary current here consists of streams from the different basins that still can 
be distinguished as the boundary current approaches Fram Strait. A higher silicate 
concentration closer to Greenland indicates the presence of water that has circulated 
around the Canada Basin, receiving its higher silicate content by incorporating Pacifi c 
water. Farther from Greenland, the water column became more similar to that of the 
Makarov Basin, while the waters from the loops in the Amundsen and Nansen basins 
were found closer to the Yermak Plateau (Rudels et al.  1994  )  (Fig.  4.6 ).  
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 Several of these conjectures regarding the circulation were vindicated in the 
 following years. In 1993,  Polarstern  studied the Laptev Sea shelf and slope. The 
less-saline Barents Sea branch water column was observed: the maximum tempera-
ture and salinity in the Atlantic layer were distinctly lower north of the Laptev Sea 
than at stations taken west of Franz Josef Land, and at some stations, strong inter-
leaving between the two branches was observed (Schauer et al.  1997  ) . At the slope 

   Table 4.1    Water mass defi nitions originally derived for Fram Strait (Friedrich et al.  1995 ; Rudels 
et al.  1999c  )  modifi ed to include the less-dense Polar waters. The separation of water masses in the 
Nordic Seas is rudimentary   

 Water mass boundaries  Water masses  Origins, remarks 

  s  
 q 
   £  27.70  Upper waters  

  s  
 q 
   £  27.20,  Q   £  0  Polar Water I (PWI)  Includes the Pacifi c infl ow, 

the PML, shelf water and 
the upper halocline 

 27.20 <  s  
 q 
   £  27.70,  Q   £  0  Polar Water II (PWII)  Includes the Atlantic-derived 

lower halocline and the 
winter-mixed layer in the 
Nansen Basin and the 
Barents Sea 

 27.70 <  s  
 q 
   £  27.97  Atlantic waters  

 (a) 27.70 <  s  
 q 
   £  27.97, 2 <  Q ;  Atlantic Water (AW), 

and Re-circulating 
Atlantic Water 

 Norwegian Sea and West 
Spitsbergen Current 

 (a) 27.70 <  s  
 q 
   £  29.97, 0 <  Q   £  2  Arctic Atlantic Water 

(AAW) 
 Arctic Ocean: (b) includes 

the Arctic Ocean 
thermocline 

 (b) 27.70 <  s  
 q 
   £  27.97,  Q   £  0, 

 S   £  34.676 + 0.232 Q  

 27.97 <  s  
 q 
 ,  s  

0,5
   £  30.444  Intermediate waters  

 27.97 <  s  
 q 
 ,  s  

0,5
   £  30.444, 0 <  Q   Dense Atlantic (DAW) (/) 

and Re-circulating 
dense Atlantic Water 

  Q  decreasing,  S  decreasing 
with depth 

 27.97 <  s  
 q 
 ,  s  

0,5
   £  30.444, 0 <  Q ;  Dense Arctic Atlantic 

Water (DAAW) (\) 
  S  increasing,  Q  decreasing 

with depth 
 27.97 <  s  

 q 
 ,  s  

0,5
   £  30.444,  Q   £  0;  Arctic Intermediate 

Water AIW (/) 
 Greenland Sea: Includes a 

salinity minimum, in the 
Greenland Sea also a 
temperature minimum 

 27.97 <  s  
 q 
 ,  s  

0,5
   £  30.444,  Q   £  0  Upper Polar Deep Water 

(uPDW) (\) 
 Arctic Ocean:  S  increasing, 

 Q  decreasing with depth 

 30.444 <  s  
0,5

   Deep Waters  
 30.444 <  s  

0,5
 ,  S   £  34.915  Nordic seas Deep Water 

(NDW) 
 Greenland Sea: Includes 

GSDW, ISDW, NSDW 
 30.444 <  s  

0,5
 , −0.6 <  Q , 34.915 <  S   Canadian Basin Deep 

Water (CBDW) 
 Canadian Basin 

 30.444 <  s  
0,5

 ,  Q   £  −0.6, 34.915 <  S   Eurasian Basin Deep 
Water (EBDW) 

 Eurasian Basin 

  The  s  
1,5

  and  s  
2,5

  isopycnals shown in the  Q S diagrams correspond to the densities at the sill depth 
of the Lomonosov Ridges and Fram Strait, respectively. For an alternative water mass classifi ca-
tion see Carmack (1990)  
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north of Severnaya Zemlya, the expected strong interleaving between the two infl ow 
branches was observed in 1995 (Rudels et al.  2000a  ) . The interleaving extended 
over several hundred metres depth and was present in all kinds of background strati-
fi cations: saltfi nger    unstable, diffusively unstable and also when the water column 
was stable in both properties. The thickness of the individual layers ranged from 5 
to 50 m (Fig.  4.7 ).  

 In 1996,  Polarstern  occupied a section across the St. Anna Trough. It showed, as 
had the  Northwind  observations in 1965 (Hanzlick and Aagaard  1980  ) , the colder, 
less-saline Barents Sea branch water entering the Nansen Basin in the deepest part 
and along the eastern fl ank of the trough (Schauer et al.  2002a,   b  ) . The 1996  Polarstern  
cruise then continued with a section from the eastern Kara Sea, across the Nansen 
and Amundsen basins, over the Lomonosov Ridge and into to the Makarov Basin 
(Schauer et al.  2002a  ) . The Barents Sea branch was observed at the slope, but the 
mixing between the branches appeared somewhat weaker than in 1995. Farther from 

  Fig. 4.6    Schematics showing the circulation in the subsurface Atlantic and intermediate layers of 
the Arctic Ocean and the Nordic Seas. The interactions between the Barents Sea and Fram Strait 
infl ow branches north of the Kara Sea as well as the recirculation and different infl ow streams in 
Fram Strait and the overfl ows across the Greenland–Scotland Ridge are indicated (Adapted from 
Rudels et al.  1994 )       
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  Fig. 4.7    Potential temperature and salinity profi les and  Q S curves showing the interaction and 
interleaving between the Fram Strait branch and the Barents Sea branch north of Severnaya Zemlya 
( right column ) and the water mass properties in the Nansen and Amundsen basins seaward of the 
Fram Strait branch ( left column ).  Red station  Fram Strait branch,  blue station  Barents Sea branch, 
 black  and  cyan stations  show mixing between the branches.    Note that the interleaving is present 
not only in the Atlantic layer but also in the intermediate levels (~1,000 m). Seaward of the Fram 
Strait branch ( left column ,  red station ), the warm, saline interleaving in the Nansen Basin ( black  
and  magenta stations ) suggests a close recirculation of the Fram Strait branch in the Nansen Basin 
while the colder interleaving in the Amundsen Basin ( green  and  blue stations ) indicates that the 
intermediate part of the water column here is dominated by Barents Sea branch water (From 
Rudels 2009). Station positions are shown in Fig.  4.19c        
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the slope, an almost undisturbed, warm Fram Strait branch Atlantic core was 
observed, while on the basin side of this core, regular inversions and extensive layer 
structures were encountered in the Atlantic layer as well as in the intermediate water 
below. These inversions were similar to those observed on the  Oden  sections but with 
larger layer thickness and with overall higher temperature and salinity. Also these 
layers were interpreted as created by interactions between Barents Sea branch and 
Fram Strait branch waters (Rudels et al.  1999a  )  (Fig.  4.7 ). 

 The Barents Sea branch water was prominent in the Amundsen Basin and at the 
Lomonosov Ridge, consistent with a fl ow of Barents Sea branch, and to a lesser 
degree Farm Strait branch, waters towards Fram Strait in the Amundsen Basin and 
at the Lomonosov Ridge. However, the interleaving structures present on the off-
shore side of the warmer Fram Strait branch water may not only be an indication of 
intruding Barents Sea branch water but could also, as suggested by Rudels et al. 
 (  1994  ) , be a sign that a major fraction of the Fram Strait branch is returning towards 
Fram Strait in the northern Nansen Basin and over the Gakkel Ridge, advecting 
intrusions already formed as the two branches fl owed eastward along the continen-
tal slope. However, the hypotheses of the formation, dynamics and movements of 
the intrusions in the Arctic Ocean diverge and we shall return to this below. 

 In 1994, on the transpolar section taken by the icebreaker  Louis S. St-Laurent , the 
stations in the Makarov Basin close to the Mendeleyev Ridge showed warm cores 
in the Atlantic layer and colder, less-saline water at 1,200–1,600 m depth. This is 
consistent with the picture of the boundary current crossing the Lomonosov Ridge 
and then being partly defl ected into the Makarov Basin at the Mendeleyev Ridge. 
No stations were obtained at the continental slope in the Makarov Basin during the 
AO94 expedition, and it was not possible to determine, with certainty, the origin of 
the intermediate depth, cold, low-salinity lenses. Were they outfl ows from a nearby 
shelf, or did they derive from the Barents Sea branch (Aagaard et al.  1996 ; Carmack 
et al.  1997 ; Swift et al.  1997  ) ? In 1995,  Polarstern  worked on the slope from the 
eastern Kara Sea to the western East Siberian Sea. Less-saline intermediate water 
could then be followed along the slope from the Kara Sea to the East Siberian Sea, 
where it extended down to 1,600 m, indicating the sill depth at the Lomonosov 
Ridge encountered by the boundary current. This is in agreement with less-saline 
intermediate Barents Sea branch water entering the Canadian Basin and the interior 
of the Makarov Basin (Rudels et al.  2000a  ) . 

 No large property contrasts between the waters above sill level on each side of 
the Lomonosov Ridge were seen close to the continental slope as were found at the 
 Oden  section further into the basins. This suggests that the boundary current broad-
ens, or makes a loop along the ridge, before it splits into one part fl owing northward 
along the ridge and the rest entering the Canadian Basin (Rudels et al.  2000a ; 
Schauer et al.  2002a  ) . 

 During the  Polarstern  cruises in 1995 and 1996, three moorings were deployed 
in 1995 and recovered the following year. Two of the moorings were located at the 
1,700 m isobath on the continental slope, north of the Laptev Sea and north of the 
East Siberian Sea and close to the Lomonosov Ridge, while the third was deployed 
at the same bottom depth on the Amundsen Basin side of the ridge. The fl ow in the 
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boundary current was found to be largely barotropic, and the calculated transports 
indicated 5 Sv fl owing eastward above the Laptev Sea slope. The current then bifur-
cated with about 2.5 Sv moving north along the Lomonosov Ridge and 2.5 Sv cross-
ing the ridge into the Makarov Basin (Woodgate et al.  2001  ) . 

 Further to the east, in the Canada Basin, analysis of hydrographic and tracer data 
from the SCICEX-96 expedition together with data obtained from the AO94 and the 
 Polarstern  expeditions indicated that a further bifurcation of the boundary current 
occurred in the Canada Basin west of the Chukchi Cap (Smith et al.  1999 ; Smethie 
et al.  2000  ) . The boundary current in the Canadian Basin thus separates into 3 loops, 
a splitting occurring at each topographic feature present at the slope. Similar bifur-
cations are then to be expected on the American side of the basin, at the Alpha 
Ridge and at the Lomonosov Ridge, bringing older and more transformed Atlantic 
and intermediate layer waters into the interior Canada and Makarov basins forming, 
at least rudimentary, gyres in these basins.  

    4.3.1.2   Formation of the ‘Lower Halocline’ 

 The origin of the more saline, nutrient-poor lower halocline has been found more 
elusive than that of the upper halocline (Jones and Anderson  1986 ; Jones et al.  1991 ; 
Anderson and Jones  1992  ) . The low nutrient content indicates that the contact with 
bottom sediments is brief or non-existent, and an accumulation of brine-enriched 
water at the bottom of the shelves appears less likely. Rudels et al.  (  1991  )  proposed 
that the haline convection in the northern Barents Sea and north of Svalbard was 
limited, not by the shelf bottom but by the pycnocline above the Atlantic water and 
that it was strong enough to homogenise the less-saline upper layer, which would 
continue into the Arctic Ocean, eventually supplying water to the lower halocline. 
Steele et al.  (  1995  )  suggested that the melting of sea ice, as the Atlantic water meets 
the ice in the marginal ice zone in the northern Barents Sea, would lead to the for-
mation of water with the characteristics of the lower halocline. Rudels et al.  (  1996  )  
proposed that as the West Spitsbergen Current enters the Arctic Ocean through 
Fram Strait, the Atlantic water encounters, and melts, sea ice. The melt water is 
mixed into the upper part of the Atlantic water, cooling it and reducing its salinity. 
A less-saline upper layer is created that is homogenised in winter by convection. 
Close to Fram Strait, this convection is initially thermal, but when the upper layer 
reaches freezing temperature, the convection becomes haline, driven by freezing 
and brine rejection. 

 This upper layer extends down to the thermocline above the Atlantic layer and is 
advected eastward together with, and above, the main part of the Fram Strait branch. 
In summer, a low-salinity melt water layer develops at the surface, which again is 
removed by ice formation the following winter. This situation extends over the 
entire Nansen Basin, and the cold halocline, present elsewhere in the Arctic Ocean, 
is missing. Rudels et al.  (  1996  )  proposed that this ‘winter-mixed layer’ reaching 
down to a pycnocline with coinciding thermocline and halocline is the embryo of 
the ‘lower’ halocline water found in the other Arctic Ocean basins. 



136 B. Rudels et al.

 Steele et al.  (  1995  ) , following Moore and Wallace  (  1988  ) , assumed that the 
 salinity,  S  

1
 , of the upper ‘melt water’ layer should be close to  S  

1
  =  S  

A
 (1 −  c  D  TL  −1 ), 

where  S  
A
  is the salinity of the Atlantic water and  D  T  the temperature difference 

between the upper layer and the Atlantic water.  L  is the latent heat of melting and  c  
the heat capacity of sea water. The minimum salinity is reached when the surface 
water is at the freezing point, and all available heat of the Atlantic water has been 
used to melt sea ice. This results in lower salinities than those observed in the lower 
halocline (34.2–34.4), unless the Atlantic water has been cooled considerably before 
it encounters the ice. 

 Rudels et al.  (  1999b  )  proposed that cooling in the presence of sea ice always 
leads to a loss of oceanic sensible heat both to the atmosphere and to ice melt and 
proposed that the fraction, f, going to ice melt is such that the ice melt rate is a mini-
mum. A larger fraction evidently leads to more ice melt, but so does also a smaller 
fraction, since the stability at the base of the mixed layer becomes weaker, allowing 
for stronger entrainment and larger transport of heat into the mixed layer from 
below. The fraction was found to be  f   »  2 a  L ( c  b  S  

A
 ,) −1  where  a  is the coeffi cient of 

heat expansion and  b  the coeffi cient of salinity contraction. The salinity of the upper 
layer becomes  S  

1
  =  S  

A
 (1 + 2 a  D  T ( b  S  

A
 ) −1 ) −1 , and with the temperatures and salinities 

observed in the Atlantic water north of Svalbard, this expression gives a salinity 
range of 34.2–34.4, close to that observed in the upper layer north of Svalbard and 
in the lower halocline. The salinity minimum is attained when the surface layer 
reaches freezing temperature. Once ice starts to form, the salinity again rises above 
this value. 

 The winter-mixed layer remains in contact with the sea surface and is ventilated 
down to the thermocline each winter, until it is overrun by shelf water of still lower 
salinity that crosses the shelf break. A massive outfl ow of low-salinity shelf water 
commonly occurs from the Laptev Sea and is, in reality, a further interaction between 
the two infl ow branches. The Barents Sea branch does not just supply water to the 
Atlantic, intermediate and deeper layers of the Arctic Ocean via the St. Anna 
Trough. One part, comprising much of the water of the Norwegian Coastal Current, 
enters the Kara Sea through the Kara Gate south of Novaya Zemlya. In the Kara 
Sea, it receives the runoff from Ob and Yenisey and its salinity decreases. Most of 
the shelf water appears to continue eastward through the Vilkiltskij Strait into the 
Laptev Sea, and only a smaller fraction crosses the Kara Sea shelf break into the 
Nansen Basin. Once in the Laptev Sea, the runoff from the Lena, Yana and Khatanga 
rivers is added to the shelf water before it crosses the shelf break and enters the deep 
Arctic Ocean basins. 

 The infl ow of less-saline shelf water on top of the winter-mixed layer in the 
Nansen Basin creates a ‘cold’ salinity gradient between the shelf water and the win-
ter-mixed layer. Winter convection becomes limited to the ‘shelf water’, which 
evolves into the PML, while the now isolated ‘winter-mixed layer’ becomes the halo-
cline water mass commonly referred to as the lower halocline (Rudels et al.  1996  ) . 
This implies that the lower halocline initially is a mode water (McCartney  1977  ) , a 
halostad with vertically almost constant temperature and salinity, which, after it has 
been isolated from the surface convection, becomes stratifi ed by internal turbulent 
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mixing. The fact that the term halocline in the Arctic Ocean is used to signify both a 
distinct water mass between the Polar Mixed Layer and the Atlantic layer and a sharp 
salinity gradient may cause some confusion (see below Sect.  4.3.2.2 ). 

 This mechanism for halocline formation differs from the shelf scenarios previ-
ously proposed (Coachman and Barnes  1962 ; Aagaard et al.  1981  ) . The mecha-
nisms do not exclude each other. In the Eurasian Basin, the waters crossing the shelf 
break are either dense enough to enter, or sink below, the Atlantic layer (see e.g. 
Schauer et al.  1997 ; Rudels and Friedrich  2000  )  or are less dense and enter at the 
surface. There, they either become stirred into the mixed layer in winter or, if the 
volumes are large, evolve into the PML. As the PML and the halocline both enter 
the Canadian Basin, the density difference between them is large enough for water 
of intermediate density to sink off the shelves and penetrate between the PML and 
the lower halocline, as e.g. the upper halocline water discussed by Jones and 
Anderson  (  1986  ) . 

 A similar homogenisation of melt water above the Atlantic layer also takes 
place in the northern and eastern Barents Sea, and Rudels et al.  (  2001,   2004a  )  
traced the part of the Barents Sea winter-mixed layer, which enters the Arctic 
Ocean with the Barents Sea branch in the St. Anna Trough, along the Eurasian 
continental slope into the Canada Basin. The halocline water deriving from the 
Barents Sea branch is more saline and becomes warmer than that of the Fram Strait 
branch due to stronger mixing with underlying Atlantic water at the continental 
slope (Rudels et al.  2004a  )  (Fig.  4.8 ).  

 At the mooring deployed on 1995/1996 north of the Laptev Sea, halocline water 
from either the Fram Strait branch or from the Barents Sea branch was observed at 
any particular time (Woodgate et al.  2001  ) . This suggests that the two branches 
move side by side at least as far as the Lomonosov Ridge. The Fram Strait branch 
supplies the colder, and slightly less-saline, halocline observed in the Amundsen 
Basin but also contributes to the lower halocline in Makarov basins and in the 
Canada Basin west of the Chukchi Cap. The Barents Sea branch halocline remains 
at the slope until it crosses the Chukchi Cap. Beyond the Chukchi Cap, it appears to 
leave the slope to fl ow into the basin, supplying the warmer, more saline lower halo-
cline water in the remotest (seen from the Atlantic) part of the Canada Basin. Some 
of the Barents Sea branch halocline water passes through Nares strait into Baffi n 
Bay, but most of it exits the Arctic Ocean together with the Fram Strait branch halo-
cline water in the East Greenland Current, where strong isopycnal mixing between 
the two halocline water masses has been observed in the temperature profi les 
(Rudels et al.  2005  ) .  

    4.3.1.3   Pacifi c Water 

 Pacifi c water in the Arctic Ocean is distinguished from the Atlantic-derived waters 
by its lower salinity and density. This implies that it mostly contributes to the upper 
layers of the Arctic Ocean water column − the PML and the halocline. The Pacifi c 
water enters through the shallow Bering Strait and starts as three separate water 
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masses; farthest to the west is the more saline Gulf of Anadyr water, 32.8 <  S  < 33.2, 
then the Bering Shelf water, 32.5 <  S  < 32.8 and Alaskan Coastal Water  S   »  32 to the 
east (Coachman et al.  1975  ) . Once these waters enter the Chukchi Sea, the two 
westernmost waters merge in the central part to form the Bering Strait Water (BSW), 
while the Alaskan Coastal Water (ACW) remains close to the Alaskan coast in the 
Alaskan Coastal Current (ACC). It becomes further diluted by runoff and enters the 
southern Canada Basin along the Barrow Canyon. The Bering Strait Water mainly 
fl ows northward and enters the Arctic Ocean primarily down the Herald Canyon 
(Coachman et al.  1975  )  (see also Fig.  4.3  above). 

 The characteristics of the Pacifi c water depend upon season, and Coachman and 
Barnes  (  1961  )  distinguished between the Bering Strait Summer Water (BSSW) with 
temperature clearly above the freezing point and salinity around 32.5, which shows 

  Fig. 4.8    Circulation of the Atlantic-derived halocline waters. The proposed source areas for the 
Fram Strait branch lower halocline water ( black ) and the Barents Sea branch lower halocline water 
( blue ) are shown by diagonals and the circulation of these halocline waters in the Arctic Ocean is 
indicated.  RR  river runoff,  PW  Pacifi c water,  AW  Atlantic water. The  green  and  yellow  transparent 
ovals show the distributions of the Eurasian Basin shelf input and the Pacifi c water, respectively. 
The cross indicates possible contribution of Barents Sea branch lower halocline water to the Baffi n 
Bay bottom water (Adapted from Rudels et al.  2004  )        
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up as a temperature maximum around 75 m in the Canada Basin, and Bering Strait 
Winter Water (BSWW) with temperature at the freezing point and salinity around 
33.1 and located between 150 and 200 m in the Canada Basin water column. 

 Steele et al.  (  2004  )  identifi ed two temperature maxima, one less dense deriving 
from the Alaskan Coastal Water (ACW) and one denser originating from the BSSW. 
Since these two water masses enter the Arctic Ocean by different paths, down the 
Barrow Canyon and down the Herald Canyon respectively, the salinity of the upper 
temperature maximum can be used to determine which water mass is present and 
thus trace the circulation of the less-dense part of the Pacifi c water in the interior of 
the Arctic Ocean (see Sect.  4.3.2  below). 

 The denser and colder BSWW mainly enters the Canada Basin west of the 
Chukchi Cap (Coachman et al.  1975  ) , but recent studies have suggested that a less-
dense fraction of BSWW also reaches the Canada Basin east of the Chukchi Cap 
(McLaughlin et al.  2004  ) . The temperature minimum is also associated with an oxy-
gen minimum and a nutrient, especially a silicate, maximum. Jones and Anderson 
 (  1986  )  proposed that this nutrient maximum was the result of remineralisation of 
organic matter from the shelf bottom, which implies convection of brine-enriched 
water to the shelf bottom that subsequently leaves the shelf, sinking into the deep 
Canada Basin forming the upper halocline. 

 The Pacifi c water differs from the Atlantic water also in other parameters. The 
nutrient concentrations are generally higher, and the ratio of nitrate and phosphate 
concentrations is different from that in the Atlantic water. This is because the oxy-
gen concentration in the North Pacifi c, and especially in the Bering Sea, is low, and 
nitrate is used to oxidise organic matter, which results in a deviation from the 
Redfi eld ratio (Redfi eld et al.  1963  )  and changes the nitrate–phosphate ratio. The 
nitrate–phosphate ratio has therefore been used, often together with the silicate con-
centration, to determine the Pacifi c fraction in the water masses both within the 
Arctic Ocean and in the outfl ows through Fram Strait and the Canadian Arctic 
Archipelago (Jones et al.  1998 ; Jones et al.  2003  ) . 

 That the Pacifi c water dominates the upper layers in the Canada Basin is rather 
obvious, considering its proximity to Bering Strait, but also the upper layers of the 
entire Canadian Basin during the early ice camp expeditions were found to exhibit 
Pacifi c water characteristics (Kinney et al.  1970 ; Gorshov  1980 ; Moore et al.  1983  ) . 
This situation has presently changed (see Sect.  4.3.3  below). The Pacifi c water dom-
inates in the western channels of the Canadian Arctic Archipelago (Jones and Coote 
 1980  ) , and only in the deeper (230 m) Nares Strait is Atlantic water found in the 
deeper layers (Jones et al.  2003  ) . Pacifi c water has also been observed leaving the 
Arctic Ocean through Fram Strait (e.g. Anderson and Dyrssen  1981 ; Jones et al. 
 1998,   2003  ) . 

 Elevated silicate concentrations have been found in the lower halocline for 
 salinities at least as high as 33.6 (Salmon and McRoy  1994  ) , and the nitrate and 
phosphate concentrations and also the vertical gradient in I 129  concentration (Swift 
et al.  1997 ; McLaughlin et al.  2002  )  show that Pacifi c water penetrates deeper than 
the 33.1 of the upper halocline (Jones and Anderson  1986  ) . This could be due to 
excessive brine release, especially in polynyas on the Chukchi shelf close to the 
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Alaskan coast, leading to salinities above 34 (Weingartner et al.  1998  )  occasionally 
above 36 (Aagaard et al.  1985  ) , high enough for the Pacifi c water to sink into the 
lower halocline. The difference between the deeper parts of the water columns in 
the Eurasian and Canadian basins, from the Atlantic layer to the bottom, has also 
been interpreted as sign of deep-reaching shelf-slope convection occurring in the 
Canadian Basin, which, by necessity, would involve Pacifi c water (Aagaard et al. 
 1985 ; Rudels  1986a  ) . These volumes of Pacifi c water would, however, be 
small < 0.1 Sv (Rudels et al.  1994 ; Jones et al.  1995  ) . 

 Another possibility could be that large amplitude vertical displacements 
observed at upwelling events (Carmack and Kulikov  1998 ; Kulikov et al.  1998  )  
bring lower halocline and Atlantic water onto the shelf. Atlantic water has been 
observed moving along the bottom of the Barrow Canyon towards the Chukchi 
shelf (Weingartner et al.  1998  ) , and it could occur also elsewhere. This situation, 
similar to the mechanism suggested by Coachman and Barnes  (  1962  )  for the for-
mation of the lower halocline in the Eurasian Basin (see Sect.  4.2 ), would enhance 
the mixing between the Atlantic and Pacifi c water and stir Pacifi c waters into the 
lower halocline.  

    4.3.1.4   Shelf Processes, River Runoff, Ice Melt, Freezing 
and Brine Rejection 

 The atmospheric meridional transport of water vapour leads to net precipitation in 
the Arctic. The low air temperatures limit the vapour content, and the net precipita-
tion over the Arctic Ocean is small. But because of its large catchment area, the 
Arctic Ocean, comprising 2.5% of the area of the world ocean, receives 7% of the 
runoff of the earth’s rivers (Baumgartner and Reichel  1975  ) . The runoff is strongly 
seasonal with the largest discharge in spring and early summer. The river runoff 
forms low-salinity surface plumes that commonly fl ow eastward along the coast. 
The runoff from Ob and Yenisey in the Kara Sea mostly passes through the Vilkiltskij 
Strait into the Laptev Sea before it, together with the runoff from the Lena and Yana 
rivers, crosses the shelf break into the Amundsen Basin. The rivers discharging into 
the East Siberian Sea contribute to the Siberian Coastal Current, which may reach 
as far east as Bering Strait, before it becomes mixed into the northward-fl owing 
Pacifi c water; occasionally, it even passes through the strait into the Bering Sea 
(Roach et al.  1995  ) . The runoff from the Yukon enters the Arctic Ocean in the 
Alaskan Coastal Current (ACC) via Bering Strait, and more runoff is added as 
the ACC moves towards the Mackenzie delta. The river plumes may easily become 
disrupted by offshore winds, which spread the water from the coast, thinning the 
low-salinity layer and thus preventing e.g. the shallow Siberian Coastal Current 
from developing (Münchow et al.  1999 ; Weingartner et al.  1999  ) . Changes in the 
large-scale atmospheric circulation pattern such as the Arctic Oscillation (AO) (or 
the Northern Annular Mode (NAM)) (Thompson and Wallace  1998  )  and the North 
Atlantic Oscillation (NAO) (Hurrell  1995  )  may also affect the paths of the larger 
runoff volumes from the Ob, Yenisey and Lena rivers, making them enter either the 
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Amundsen Basin or fl ow eastward into the East Siberian Sea (Proshutinsky and 
Johnson  1997  )  (see Sect.  4.3.2  below). 

 The river water enters the deep Arctic Ocean basins as the low-salinity shelf 
waters cross the shelf break. River water can be distinguished from sea ice melt 
water by its higher total alkalinity and different  18 O concentrations, which can be 
used to track the river water across the Arctic Ocean (Anderson et al.  1994 ; Anderson 
et al.  2004  ) . Tracers like barium may be used to identify water from different rivers 
(Guay et al.  2001  ) .  18 O makes it possible to separate river runoff, ice melt and ice 
formation (Östlund and Hut  1984  )  (see below, Sects.  4.3.1.5  and  4.3.2 ). 

 The shore-fast ice and the grounded ridges ‘stamukhies’ outside the coast pre-
vent the river water from easily escaping to the outer shelf areas, and large, under 
ice, freshwater lakes may form seasonally as in the Mackenzie delta (Carmack and 
MacDonald  2002  ) . The ice formation and the ice melt, since the ice moves differ-
ently than the water, add a further path for the freshwater to circulate and become 
redistributed in the Arctic Ocean surface layer (Macdonald  2000  ) . On occasion the 
melting and the northward retreat of the drift ice may act as a buoyancy source that 
creates a low-salinity surface fl ow. This has been observed in the East Siberian and 
eastern Chukchi Sea where, in 1995, instead of the expected eastward-fl owing 
Siberian Coastal Current, a westward surface fl ow was observed (Münchow et al. 
 1999 ; Weingartner et al.  1999  ) . 

 The interaction between sea ice and the underlying ocean is simple in most parts 
of the deep Arctic Ocean. Ice melts in summer, mostly from above, due to the strong 
solar radiation. In autumn and winter, the freshwater is removed by freezing, and 
released brine homogenises the PML. Since the PML is located above the cold halo-
cline, no heat is added by entrainment from below during winter, and the ice grows 
as a response to the heat loss to the atmosphere and to space. Only in the marginal 
ice zone does the ice come in direct contact with warmer water and melts from 
below. The formation of a melt water layer below the ice will, however, reduce the 
heat transfer and the melting unless the ice is drifting very rapidly, keeping the melt 
water layer thin, and continuously forcing contact with new, warm water (McPhee 
 1990 ; Boyd and D’Asaro  1994  ) . 

 A somewhat similar situation occurs in the Nansen Basin, where the cold halo-
cline is absent and, during winter, warm Atlantic water may be entrained into the 
winter-mixed layer, infl uencing the ice formation rate as well as supplying heat to 
the atmosphere. In the Nansen Basin, the stratifi cation and the deep winter-mixed 
layer will limit the entrainment, and the only effect is a slightly reduced ice forma-
tion. However, in less-stratifi ed waters like the Greenland Sea and the Weddell Sea 
in Antarctica, this vertical heat fl ux from below could lead to the disappearance of 
the ice already in midwinter, when the cooling is the strongest (Martinson  1990 ; 
Lemke  1993 ; Walin  1993 ; Rudels et al.  1999b  ) . 

 As it became clear that sinking of cold, saline water from the shelves down the 
slope was the one process that could explain not only the formation of water in the 
density range of the halocline but also the transformations of the deeper layers of 
the Arctic Ocean basins (Nansen  1906 ; Aagaard et al.  1985 ; Rudels  1986a  )  and 
after the observation of dense bottom water sinking from Storfjorden into Fram 
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Strait (Quadfasel et al.  1988  ) , the studies of freezing, brine rejection and the 
 accumulation of cold saline water on the shelves and of the sinking of dense water 
down the continental slopes were intensifi ed. The ice production and the corre-
sponding formation of saline water in polynyas were estimated from satellite 
observations of polynya extent and the wind and temperature fi elds (Martin and 
Cavalieri  1989 ; Cavalieri and Martin  1994 ; Winsor and Björk  2000  ) . Winsor and 
Björk examined 28 different polynya areas forced by 39 years of reanalysed mete-
orological data. Using a polynya model originally developed by Pease  (  1987  ) , they 
obtained a much lower (0.2 Sv) estimate of halocline water formation than Björk 
 (  1989  ) , Martin and Cavalieri  (  1989  )  and Cavalieri and Martin  (  1994  )  (around 
1.2 Sv), but similar to the estimate by Rudels  (  1989  )  (0.2 Sv). They concluded that 
the areas most likely to form dense water, capable of renewing the deeper layers of 
the Eurasian Basin and the Canadian Basin, were the Barents Sea and the Chukchi 
Sea, respectively. 

 In numerical studies of dense water production in polynyas, Gawarkiewicz and 
Chapman  (  1995  )  found that water was transported across the shelf in small-scale 
eddies formed by baroclinic instabilities around the polynya. The production of dense 
water and large density anomalies were thus limited by the eddy fl ux (Chapman and 
Gawarkiewicz  1997 ; Gawarkiewicz et al.  1998  ) , and Gawarkiewicz  (  2000  )  found that 
eddies could transport dense water across the shelf break and down the slope, giving 
another mechanism in addition to baroclinic instability (Hart and Killworth  1976  )  and 
frictional spin-up (D’Asaro  1988a,   b  )  for forming and injecting eddies into the upper 
Arctic Ocean. Winsor and Chapman  (  2002  )  combined the polynya model used by 
Winsor and Björk  (  2000  )  with a primitive equation ocean model to estimate the pro-
duction and export of dense water from the Chukchi shelf. They found that the amount 
of dense water production, halocline water and denser, was small and that the density 
anomalies were as much due to the initial conditions, set by the infl owing Pacifi c 
water, as to the ice formation in the polynya. This is in agreement with the observa-
tions by Roach et al.  (  1995  )  and Weingartner at al.  (  1998  ) . 

 Convection, thermal and haline, and the formation and spreading of dense water 
over the shelf and down the slope were modelled by Backhaus et al.  (  1997  ) , using 
different process models. Especially the outfl ow from Storfjorden was examined 
and compared with observations (Jungclaus et al.  1995 ; Backhaus et al.  1997  ) . The 
path of the plume was well simulated as was the change of properties caused by the 
entrainment. The Storfjorden polynya and the outfl ow of dense water from 
Storfjorden into Fram Strait have been thoroughly investigated during the ACSYS 
period (e.g. Schauer  1995 ; Haarpainter  1999 ; Haarpainter et al.  2001 ; Schauer and 
Fahrbach  1999 ; Fer et al.  2003a ; Fer et al.  2003b ; Skogseth et al.  2005  ) . The 1990s 
was a period when little highly dense water was observed in Storfjorden, but in 
2002, salinities above 35.8 were observed in Storfjorden from  Oden  during the 
Arctic Ocean 2002 expedition. This was perhaps the highest salinity reported from 
Storfjorden to that date (Rudels et al.  2005  ) . 

 Sinking of dense water from the shelves into the deep Arctic basins was not 
noticed until 1995 (Rudels et al.  2000a  ) , when thin layers of saline, denser but 
warmer bottom water was found deeper than 2,000 m on the continental slope north 
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of Severnaya Zemlya. Similar bottom layers were also seen north of the eastern 
Kara Sea in 1996 and were actually present also on some  Polarstern  stations taken 
north of the Laptev Sea in 1993 (Fig.  4.9 ). The origin of these dense bottom layers 
has, so far, not been determined, and the paths of the water have not been recon-
structed. Detailed plume models, taking into account the bathymetry and the origins 
and paths of the plumes, have therefore not yet been used to describe the deepest 
reaching boundary convection within the Arctic Ocean.  

 Some efforts have been made to use simple balance models to estimate the prop-
erties the shelf water initially must have and the rate of entrainment into the plume 
that is necessary to reproduce the characteristics observed in the deep Arctic Ocean 
basins. In the Eurasian Basin, the intermediate waters are dominated by the two 
infl ow branches, and the effects of shelf–slope convection are mainly seen in the 
deepest part of the water column, where the temperature is almost constant with 
depth and the salinity increases towards the bottom. In the Canadian Basin, how-
ever, the changes in the Atlantic and intermediate waters that cross the Lomonosov 
Ridge are due to slope convection. Rudels et al.  (  1994  )  assumed that the entrain-
ment rate of ambient water into the plumes was constant with depth and added for 
every 150 m of descent a volume of entrained water corresponding to the initial 
volume passing the 200 m isobath. Since the dense shelf water is formed by brine 
rejection, the initial temperature of all plumes should be the same, and the depths 
the plumes reach would only depend upon their salinity. The assumptions made by 
Rudels et al.  (  1994  )  did not lead to contradiction with the observed water mass 
properties in the interior of the Canadian (Makarov) Basin. The entrained water 
quickly dominated the characteristics of the plumes, making them warmer than their 
surroundings once they had passed the Atlantic layer. To reach the deeper parts of 
the water column, the initial salinity had to be high, close to or above 36, but per-
haps not inconceivable. The volume of shelf water contributing to the ventilation of 
the deeper layers was very small, around 0.02 Sv (Rudels et al.  1994  ) . 

 Goldner  (  1999a,   1999b  )  examined slope convection using an inverse box model 
to determine the transport from the boxes and the renewal from the shelves necessary 
to maintain the mass, heat and salt balances in the boxes. He separated the Canadian 
Basin and the Eurasian Basin and found that the Canadian Basin shelves could sup-
ply about 0.2 Sv and the Eurasian Basin shelves 1.4 Sv, including the Barents Sea 
infl ow, to the deep basins. In these models, there is no balance of the transport 
across the shelf break as in Björk  (  1989  )  and Rudels  (  1989  ) , and the mass and salt 
budgets were assumed closed by infl ows from behind, through Bering Strait, over the 
Barents Sea and by river runoff. For the Bering Strait infl ow, this is obvious, but 
considering how especially the Norwegian Coastal Water of the Barents Sea branch 
spreads from one shelf sea to the next (see e.g. Rudels et al.  1999c  ) , this is probably 
realistic also for the Eurasian Basin. In Goldner  (  1999a  ) , the shelves were found to 
supply mainly dense water to the deep basins, while in Goldner  (  1999b  ) , the input of 
freshwater from the shelves was larger. The fi rst result is likely due to the inclusion 
of the Barents Sea branch as a shelf outfl ow rather than a direct infl ow from the 
Norwegian Sea to the Nansen Basin. The second result, which implies a net ice for-
mation in the deep basins, appears more realistic.  
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    4.3.1.5   Tracking the Waters: Insights from Tracers 

 The chemical signature is useful to trace the source, distribution and circulation of 
most Arctic Ocean water masses. Chemical tracers can be separated into the three 
groups, conservative (e.g.  18 O), bioactive (e.g. oxygen and nutrients) and transient 
(e.g. CFCs,  3 H,  14 C), contributing different information. 

 Two freshwater sources dominate in the PML, sea ice melt and river runoff, and 
they have very distinct chemical signatures. Sea ice melt has a signature that is a 
function of salinity and the composition of the seawater from which it was formed. 
Runoff, on the other hand, has low fraction of  18 O/ 16 O ( d  18 O) and high barium (Ba) 
and total alkalinity (A 

T
 ) concentrations. The low  d  18 O signal is a signature of mete-

oric water, while the high Ba and A 
T
  concentrations are caused by weathering of 

minerals in the drainage basins. The latter often results in high, but variable, con-
centrations of Ba and A 

T
  in the waters of individual rivers. 

 When applying  d  18 O or A 
T
  to evaluate the freshwater sources, one also gets nega-

tive sea ice melt water, and this is an indication of brine being added to the water 
during sea ice production. Already in the beginning of the 1980s,  d  18 O was used to 
evaluate the distribution of sea ice melt water (Tan and Strain  1980  )  and to make 
balances of mass (volume) and freshwaters for the Arctic (Östlund and Hut  1984  ) . 
Since then,  d  18 O has been a commonly used tracer, often in combination with others, 
to evaluate the water mass composition of the Arctic Ocean (e.g. Schlosser et al. 
 1994a ; Bauch et al.  1995 ; Melling and Moore  1995 ; Macdonald et al.  1995 ; 
Macdonald et al.  1999 ; Ekwurzel et al.  2001  ) . 

 By combining data from fi ve cruises performed in 1987, 1991, 1993, 1994 and 
1995, Ekwurzel et al.  (  2001  )  show that the runoff is fairly evenly distributed, adding 
~10 m of freshwater over the whole central Arctic Ocean except for the Nansen 
Basin, where much less is found. This estimate includes freshwater removed as sea ice. 

  Fig. 4.9     Left column , deep-water characteristics in the Makarov Basin ( green ) and the Canada 
Basin ( red  and  violet ).  Right column  deep-water characteristics in the Amundsen Basin ( cyan  
(1991),  green  and  yellow  (1996)) and Nansen Basin ( blue  (1996)).  Violet  (1995) and  magenta  
(1993) indicate stations taken at the slope of the Nansen and Amundsen basins. The deepest of 
these stations is at the base of the slope north of the Laptev Sea. The higher temperatures and 
salinities at the bottom suggest that the bottom water is created by slope convection and entraining 
plumes. The variability in salinity and temperature in the Amundsen Basin bottom water could 
either be due to geothermal heating or to varying characteristics of the waters derived from the 
slope convection, as is seen by the high temperature and salinity found at the base of the Laptev 
Sea slope (deepest  violet station ). The temperature minimum in the Nansen and Amundsen basins 
could be due to less-saline infl ow from the St. Anna Trough. In the Canada Basin, the temperature 
minimum could be explained by the advection of deep waters from the Makarov Basin across the 
sill between the Alpha and the Mendeleyev ridges. The Makarov Basin is the only basin with no 
deep temperature minimum. The salinity fi rst reaches a maximum value in a 1,200 m deep layer 
while the temperature decreases for another 400 m before the isothermal and isohaline bottom 
water is reached. This is in agreement with the densest water mostly deriving from a spillover of 
intermediate water from the Amundsen Basin across the Lomonosov Ridge (Jones et al.  1995  ) , a 
process yet to be confi rmed. Stations positions are shown in Fig.  4.19d        
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The sea ice melt is mainly found north of the Barents Sea, where the warm  infl owing 
Atlantic Water meets and melts the exiting sea ice, while brine equivalent to ~6 m 
sea ice production is found over the Canadian and western Amundsen Basins, with 
little north of the Laptev Sea, where much of the ice in the Arctic initially is formed. 
The distribution of sea ice melt and brine refl ects a combination of ice dynamics and 
circulation of the upper waters. 

 Total alkalinity is an almost conservative tracer in the Arctic Ocean, and high 
concentrations are found in river runoff as a result of a combination of decay of 
organic matter and dissolution of metal carbonates. It has been used to trace the river 
runoff front within the Eurasian Basin (e.g. Anderson and Jones  1992  ) , which refl ects 
the extent of the ‘cold halocline’ as further discussed under  4.3.2.3 . By applying the 
variability of the front during fi ve cruises between 1987 and 2001, it was shown that 
the runoff has a minimum coverage over the Eurasian Basin during years of high AO 
indexes, but with a lag of ~5 years (Anderson et al.  2004  )  (Fig.  4.10 ).  

 Dissolved barium concentrations in the upper Arctic Ocean (<200 m) range 
between 19 and 168 nmol L −1  in a manner geographically consistent with sources 
and sinks. The sources are runoff, with the highest concentrations from the American 
continent, and sinks are biological removals (Guay and Falkner  1998  ) . As a result 
of these variable sources and sinks, barium has to be used more as a qualitative than 
as a quantitative tracer. 

 One of the most useful bioactive chemical tracers of Arctic Ocean water masses 
is silicate, which is high in the Pacifi c water entering over the Bering and Chukchi 
shelves. Through fi xation by marine plankton with subsequent sedimentation and 
decay at the sediment surface, very high concentrations are found in waters of 

  Fig. 4.10    Changes in the shelf (river) water front. The  solid line  represents the winter (November–
February) values of the Arctic Oscillation, and the  dots  show the percentage of the deep Eurasian 
Basin covered by low-salinity shelf water (river runoff) (Adapted from Anderson et al.  2004  )        
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 salinities around 33.1 fl owing off the Chukchi shelf (Jones and Anderson  1986  ) . 
Furthermore, elevated silicate concentrations are found at all depths below the 33.1 
isohaline at the Chukchi shelf slope, suggesting the penetration of high-density 
plumes of high salinity from the Chukchi Sea. 

 The distribution of the silicate concentration in the intermediate depth waters 
(from the upper halocline all the way to below the Atlantic layer) collected during 
the  Oden -91 expedition was one of the key signatures behind the circulation pattern 
suggested by Rudels et al.  (  1994  ) . This circulation pattern was supported by the sili-
cate concentration distribution as observed from ice camps during the 1980s (Jones 
and Anderson  1986 ; Jones et al.  1991 ; Anderson and Jones  1992  ) , suggesting a 
steady-state situation with a consistent circulation pattern. However, during the 
ACSYS, decade changes have been observed in the silicate concentration distribu-
tion, especially within the Canadian Basin, with decreasing concentrations in the 
Makarov Basin and central Canada Basin (McLaughlin et al.  1996  ) . These changes 
have been accompanied by a penetration of warmer Atlantic Layer water into the 
Makarov Basin (e.g. Morison et al.  1998  )  (see Sect.  4.3.2.1  below). 

 The time history of water masses can be deduced from transient tracer distribu-
tion and an appropriate model approach. One of the fi rst estimates of Arctic Ocean 
water mass residence times was made for the freshwater component using observed 
seawater tritium concentrations compared to tritium in precipitation (Östlund  1982  ) . 
At most observational sites, a linear relationship between salinity and tritium 
 concentration was found, indicating mixtures of Atlantic layer water and freshwa-
ter. The resulting freshwater tritium concentration points to an average residence 
time of 11 ± 1 years since the freshwater left the river mouth for the data collected in 
the Nansen Basin and somewhat higher for those collected in the Canada Basin 
(Östlund  1982  ) . This approach was extended by Schlosser et al.  (  1994a  )  by adding 
 3 He and  18 O tracer data to those of tritium. With this extra information, it is possible 
to estimate the residence time of the river runoff on the shelf as well as the time 
since the halocline water left the shelf. This is possible since the tritium/ 3 He age is 
set to zero as long as  3 He can be lost to the atmosphere by gas exchange. When cor-
recting for the limited exchange of  3 He on the shelf, the mean residence time of the 
runoff component on the shelf becomes 3.5 ± 2 years (Schlosser et al.  1994a  ) . The 
tritium/ 3 He age along a section crossing the Nansen Basin at about 30°E shows low 
surface water age (~1 year) at the Barents Sea shelf break, increasing to about 
5 years over the Gakkel Ridge. Over the Gakkel Ridge, the tritium/ 3 He age increases 
with depth to a maximum of about 15 years in the lower halocline (Schlosser et al. 
 1994a,   b  ) . A similar age distribution was also found in the upper and intermediate 
waters using CFCs (Wallace et al.  1992  ) . 

 The transient tracer distribution was used by Frank et al.  (  1998  )  to investigate the 
subsurface fl ow along the continental slope of the Eurasian Basin. The observed 
tritium/ 3 He age distribution in the Atlantic Layer was found to be 2 years along the 
continental slope north of the Barents Sea, while it increased to 6 years at the Laptev 
Sea continental margin for both the Fram Strait and Barents Sea branches. The tran-
sit time of the Fram Strait branch of 4 years from the Barents Sea continental margin 
to that of the Laptev Sea estimated from the tritium/ 3 He age was consistent with the 
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CFC ages of 4–5 years (Frank et al.  1998  ) . The comparably high tritium/ 3 He age of 
the Barents Sea branch at the Laptev Sea continental margin was explained by a 
combination of a ‘non-zero’ age when the water left the Barents Sea and mixed with 
older water along the Kara Sea continental slope. Smethie et al.  (  2000  )  expanded 
the transient tracer study of the intermediate waters into the Canadian Basin using 
samples collected from the Lomonosov Ridge (88°N, 44°W) to the Alaskan North 
slope (71°N, 145°W) on the SCICEX 96 cruise. Their results show tritium/ 3 He ages 
in the Barents Sea branch of the Atlantic Layer of 14.5 years over the Lomonosov 
Ridge, 18.5 years at 78°N off the Chukchi Cap and at the Alaskan North slope, and 
older water between 78°N and 88°N. They suggest that a fraction of the Barents Sea 
branch follows the Lomonosov Ridge from the Laptev Sea, while some follows the 
Siberian continental margin, where a fraction fl ows off the Chukchi Cap into the 
Canada Basin with some fl ow continuing along the boundary to the southern Canada 
Basin (Smethie et al.  2000  ) . This fl ow path is consistent with that described in 
Sect.  4.3.1.1  but adds a time perspective to the fl ow. 

 The most common use of transient tracers in Arctic Ocean research has been to 
deduce the deep-water ventilation (Smethie et al.  1988 ; Heinze et al.  1990 ; Schlosser 
et al.  1990 ; Schlosser et al.  1994b ; Jones et al.  1995 ; Schlosser et al.  1995 ; Schlosser 
et al.  1997 ; Anderson et al.  1999  ) . Different approaches (model formulations) are 
used to evaluate the ‘ages’ of the deep and bottom waters of the different Arctic 
basins, but with consistent results considering the different approaches. In general, 
the results give mean residence times and ventilation times in the order of 100–
250 years for the Eurasian Basin Deep Water, 200–350 years for the Eurasian Basin 
Bottom Water and 300–360 years for the Canadian Basin Deep and Bottom Waters. 
One investigation of special interest is that of Livingston et al.  (  1984  ) , which used 
the artifi cial radionuclide signal from the Sellafi eld (at that time Windscale) repro-
cessing plant on the Irish Sea to fi nd a transit time of 8–10 years from the source to 
1,500 m depth near the North Pole (LOREX site). This is a remarkable short transit 
time but cannot be ruled out in light of the fl ow path of Atlantic water over the 
Lomonosov Ridge and the very high current speeds observed over the ridge close to 
the Laptev Sea (Woodgate et al.  2001  ) .  

    4.3.1.6   Mixing in the Interior 

 The deep, interior Arctic Ocean is a low-energy environment, where processes nor-
mally overwhelmed by mechanical stirring and turbulence may be of importance 
(Carmack  1986 ; Padman  1995  ) . The thermocline, where the temperature is unstably 
stratifi ed, is a region where molecular processes such as double-diffusive convec-
tion through diffusive interfaces could occur. In the Canadian Basin, regular stair-
cases with homogenous layers, 5–10 m thick, separated by thin interfaces with steps 
in temperature and salinity, have been observed (Neal et al.  1969 ; Neshyba et al. 
 1971 ; Padman and Dillon  1987,   1988,   1989  ) . These staircases may extend over 
depth intervals of 100–200 m and could be instrumental in cooling the Atlantic 
layer in the deep Canada Basin. In the Eurasian Basin, the thermocline is stronger 
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but has smaller vertical extent, and the observed steps are larger than those in the 
Canadian Basin and often appear to be connected with weak inversions. Merryfi eld 
 (  2000  )  has suggested that horizontal advection, similar but weaker than the advec-
tion that creates interleaving and inversions, might operate in the formation of step 
structures. Extensive layers and step structures have also been observed closer to the 
bottom in the deep Canada Basin (Timmermans et al.  2003  ) . These layers will be 
discussed further in connection with the deep-water formation and transformation 
(Sect.  4.3.1.7 ). 

 The intermediate layers of the Arctic Ocean are often characterised by large, 
regular intrusions, mainly in the Atlantic layer but also deeper in the water column 
(see Sect.  4.3.1.1  and Fig.  4.4 ). These layers pose several questions: How do they 
form? Do they have dynamics of their own? How important are they for the transfer 
of heat, for example, from the warm Atlantic water in the boundary current into the 
interior of the basins and for the mixing and transformation of the Arctic Ocean 
water masses? 

 Carmack et al.  (  1995  )  noticed that the anomalously high temperatures (see discus-
sion in  4.3.2.1 ) observed in the Atlantic layer in the Makarov Basin in 1993 were 
associated with prominent intrusions and postulated that the intrusions were formed 
as the warmer Atlantic water of the boundary current interacted with the colder, and 
older, Atlantic layer in the Makarov Basin. This explanation is akin to the one offered 
by Perkin and Lewis  (  1984  ) , when they observed inversions in the Atlantic layer 
north of Svalbard during the EUBEX expedition. Similar interleaving structures 
were found in the Makarov, Amundsen and Nansen basins on the AO94 expedition 
(Carmack et al.  1997  )  and had been seen in the Nansen and Amundsen basins on the 
 Oden -91 expedition and on the  Polarstern  expeditions to the Eurasian Basin in the 
1990s (e.g. Rudels et al.  1994 ; Rudels et al.  1999a  ) . The layers appeared to reach 
across the basins, implying a horizontal extension of 100–1,000 km, and Carmack 
et al.  (  1997  )  suggested that the layers were self-propelled, formed at frontal zones, 
especially as the Atlantic water enters through Fram Strait, and then expanded, driven 
by double-diffusive processes, into the interior of the basins. The formation and 
expansion of interleaving layers could then be a major process in bringing heat from 
the boundary current into the interior of the basins (Carmack et al.  1997  ) . 

 The observed interleaving structures often have alternating diffusive and salt-
fi nger interfaces, and double-diffusive transports are likely to be present. Layers are 
observed in all kinds of background stratifi cations, diffusively unstable (cold and 
fresh on top), saltfi nger unstable (warm and saline on top) and stable-stable (tem-
perature decreasing, salinity increasing with depth). Stability analyses show that 
layers may form at thermohaline fronts, when one of the components is unstably 
stratifi ed (Stern  1967 ; Toole and Georgi  1981 ; Ruddick  1992 ; Ruddick and Walsh 
 1995  ) , but with both component stably stratifi ed, fi nite disturbances are needed to 
carry water parcels across, or at least suffi ciently far into, the front to form inver-
sions and allow double-diffusive convection to commence. 

 Walsh and Carmack  (  2002  )  explored the spreading of the intrusions encountered 
in the upper part of the water column, above the Atlantic layer, where the tempera-
ture stratifi cation is unstable, and double-diffusive transports due through diffusive 
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interfaces could occur. They examined the possibility that the non-linear equation of 
state, which would lead to contraction of mixing, or cabbeling, could reduce the 
density changes of the warmer intrusions penetrating into colder surroundings. The 
reduced density changes would then slow down the spreading of the intrusions and 
limit their extent. Considering the suggested basin-wide coherence of the individual 
layers, this effect, should it be present, does not seem to prevent the layer structures 
of the Arctic Ocean to reach the, perhaps largest, horizontal extent and the largest 
ratio of horizontal to vertical scale found in the world ocean. 

 May and Kelley  (  2001  )  examined the older data from the EUBEX expedition 
north of Svalbard in 1981 (Perkin and Lewis  1984  )  and proposed that the baroclinic-
ity of the fl ow fi eld is important, and perhaps necessary, for intrusions to develop. In 
the infl ow region close to Svalbard, such dynamic situation could exist. However, 
inversions and layers are also observed in the stable-stable stratifi ed upper Polar 
Deep Water (uPDW) around 1,000 m depth. These layers are in the Nansen, 
Amundsen and Makarov basins associated with the presence of less-saline Barents 
Sea branch water. Merryfi eld  (  2002  )  suggested that the deep layer structures could 
be caused by differential diffusion due to the faster diffusivity of heat. This effect 
could lead to the formation of layers even when both components are stably strati-
fi ed. The time for the layers to form by this process is of the order of years, which 
appears long, since similar layers are found further to the east in the Nansen and 
Amundsen Basin, closer to the input of the Barents Sea branch (Rudels et al.  1999a  )  
and at the Mendeleyev Ridge as the deeper part of the boundary current penetrates 
into the Makarov Basin (Swift et al.  1997  ) . It is, however, shorter than the residence 
time of the uPDW. 

 These interpretations are all different from the one offered by Rudels et al.  (  1994  )  
and discussed earlier in connection with the circulation of the Atlantic water. Rudels 
et al.  (  1994  )  also assumed that the interleaving structures were formed in frontal 
zones, in the Eurasian Basin primarily in the confl uence area of the Barents Sea and 
in the Fram Strait branches, but expected the intrusions to evolve and expand only 
during a short period, running down the potential energy stored in the unstably dis-
tributed component. Afterward, fossil intrusions would remain and be passively 
advected by the mean circulation around the basins. Interleaving structures could 
also form, when there are changes in the characteristics of the boundary current, 
which create larger property contrasts and intrusions within the boundary current. 
These intrusions are then carried along by the boundary current and become 
 reinforced as the boundary current enters the different basins and encounters differ-
ent water properties. Such interpretation would be consistent with the similar shape 
of the intrusions seen in the boundary current as the warm pulse of Atlantic water 
penetrates further into the Canada Basin (see e.g. McLaughlin et al.  2004  and also 
Sect.  4.3.2.1  below). 

 The formation and the dynamics of the interleaving layers, and their importance 
for the mixing, heat balance and water mass transformations in the Arctic Ocean, 
are thus questions far from solved. Are they as extensive as they appear, or do they 
belong to several distinct water bodies? If interleaving structures are created in dif-
ferent areas, they will, because of the small layer thickness, nevertheless appear to 
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be connected when looked upon in a  Q -S diagram. These layer structures may, in 
the end, be found less important than prominent, but they do pose intriguing theo-
retical and observational challenges.  

    4.3.1.7   The Bottom Water: Stagnant or Ventilated? 

 Because of the higher salinities and temperatures found in the deep Arctic Ocean 
basins, as compared to the Greenland Sea, the renewal of the deep and bottom 
waters in the different basins has been assumed due to slope convection that brings 
cold, brine-enriched shelf water into the deep (e.g. Nansen  1906  ) . In the Nansen 
Basin, this process is modifi ed by the infl ow of Nordic Sea deep water through Fram 
Strait and the input of denser water of the Barents Sea branch, sinking down the St. 
Anna Trough. In the Canadian Basin, no such deep infl ows occur, and differences 
between the water characteristics in the Amundsen Basin at the sill depth of the 
Lomonosov Ridge and in the deep Makarov Basin, the Makarov Basin being warmer 
and more saline must be caused by slope convection. Jones et al.  (  1995  )  estimated 
the ventilation time of the deeper (>1,700 m) layers of the Makarov Basin using 
potential temperature and salinity profi les and C 14  concentrations and the plume 
model applied by Rudels et al.  (  1994  )  for the intermediate layers. The deeper layers 
in the Makarov Basin do not exhibit an increasing salinity and constant temperature 
with depth, as do the other Arctic Ocean basins. Instead, the salinity reaches a 
 constant value, while the temperature continues to decrease with depth until an 
800 m deep isothermal and isohaline bottom layer is encountered. No temperature 
minimum is present above this layer (Fig.  4.9 ). 

 This is not what to expect from slope convection, where the temperature would 
attain a constant value as the plumes eventually reach the same temperature as their 
surroundings, and the plumes with the highest salinity (density) will reach the bot-
tom and fi ll up the deepest layers, leading to increasing salinity with depth. The 
explanation offered by Jones et al.  (  1995  )  was that a spillover of colder water from 
the Amundsen Basin could take place through deeper, undetected gaps in the central 
Lomonosov Ridge. Once colder Amundsen Basin water enters the warmer Makarov 
Basin, it would sink due to its higher compressibility (the thermobaric effect). 
Although newer bathymetry (Jakobsson et al.  2004b  )  indicated a narrow, deep 
(2,500 m) passage through the central part of the Lomonosov Ridge, no oceano-
graphic observations had so far been ‘knowingly’ made in this passage. The ventila-
tion times determined by Jones et al.  (  1995  )  for the deep Makarov Basin were of the 
same order, 200–300 years, as was found independently by Schlosser et al.  (  1994b  ) . 

 However, on the  Healy–Oden  crossing of the Arctic Ocean in 2005, the HOTRAX 
expedition, this area was closely examined. A 2,700-m deep depression referred to 
as the  intra-basin  was found in the Lomonosov Ridge with a sill depth of 2,400 m 
to the Amundsen Basin but a sill depth of only 1870 m to the Makarov Basin (Björk 
et al.  2007  ) . The layers in the intra-basin between 1,700 and 2,300 m were domi-
nated by deep water from the Makarov Basin overlaying colder, denser Amundsen 
Basin deep water. No continuous fl ow from the Amundsen Basin to the Makarov 
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Basin was observed. Should such fl ow exist, it must be intermittent and perhaps 
depend upon external forcing. The Canadian Basin Deep Water (CBDW) was pres-
ent not only in the intra-basin but also beyond the sill in the Amundsen Basin, 
implying that CBDW passes from the Makarov Basin through the intra-basin into 
the Amundsen Basin. The CBDW did not spread into the Amundsen Basin but 
appeared to follow the Lomonosov Ridge towards Greenland. The passage through 
the intra-basin might thus be an important, perhaps the most important, passage for 
CBDW to the Eurasian Basin and to Fram Strait (Björk et al.  2007  ) . 

 In the Canada, Amundsen and Nansen basins, the salinity increases, and the 
temperature in the deep waters decreases with depth until a weak, deep temperature 
minimum is encountered. Below the minimum, both the temperature and the salin-
ity increase with depth until a thick (800 m in the Amundsen Basin, >1,000 m in the 
Canada Basin) isothermal and isohaline bottom layer is reached (Fig.  4.9 ). The 
salinity increase towards the bottom suggests bottom water renewal by slope con-
vection. However, the temperature minimum above the homogenous bottom layer 
cannot be explained by slope convection. 

 Extrema often indicate advective features. The minimum present in the Canada 
Basin can be explained by an infl ow of colder, less-saline and less-dense deep water 
from the Makarov Basin, passing the sill between the Mendeleyev Ridge and the 
Alpha Ridge (Fig.  4.9 ). In contrast to the situation in the Makarov Basin, the slope 
convection in the Canada Basin then creates water denser than that crossing the sill, 
and the infl ow from the Makarov Basin stays above the bottom layer. The similar 
structure in the Amundsen and Nansen basins is more diffi cult to understand. One 
possibility would be that very dense Barents Sea branch water is formed intermit-
tently and sinks along the bottom of the St. Anna Trough, reaching a suffi ciently 
large ‘initial’ depth at the slope that it avoids entraining warmer, less-dense interme-
diate water. A smaller salinity excess would then be suffi cient for dense plumes 
originating from the Barents Sea branch to sink deep into the basin, and the tem-
perature increase would be less if they start to entrain higher up on the slope, as 
would be the case for the high-salinity water formed around Severnaya Zemlya 
(Rudels et al.  2000a  ) . 

 However, another interpretation has been proposed. Timmermans et al.  (  2003  )  
assume that the deepest layer in the Canada Basin is a remnant from a convection 
event occurring several hundred years ago (MacDonald and Carmack  1991  ) . The 
temperature in the bottom layer is slowly increasing due to geothermal heating, 
which stirs and homogenises the bottom layer. The heat is transferred out of the bot-
tom layer, perhaps by double-diffusive convection through the diffusive interfaces, 
which form an extensive step structure extending over most of the Canada Basin 
(see Fig.  4.9 ), or by increased diapycnal mixing at the lateral boundaries at the con-
tinental slopes. This transfer prevents the temperature of the bottom layer from 
increasing, and the density from decreasing, too rapidly. However, in the next decade 
or so, the density of the bottom layer might have decreased suffi ciently for the bot-
tom layer to overturn and mix with the overlying water (Timmermans et al.  2003  ) . 

 Björk    and Winsor  (  2006  )  noticed a temperature change in the bottom layer in the 
Amundsen Basin between 1991, 1996 and 2001, which they interpreted as an effect 
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of geothermal heating. However, the temperature and salinity in the bottom layers 
in the Amundsen and Nansen basins also vary along the basins, and higher tempera-
tures and salinities were observed closer to the Laptev Sea in 1995 than in the 
 central part of the basin in 1996. This is where dense water, formed by slope convec-
tion, is expected to enter the deep Amundsen Basin. It is thus at least conceivable 
that the observed changes are due to advection of water with higher temperatures 
and salinities recently created by slope convection (Fig.  4.9 ). However, the bottom 
layers are likely to be infl uenced by geothermal heating. The earth is losing heat, 
and it is to be expected that this heat is stored in a stagnant layer. The deep and 
homogenous layer also suggests that a mixing agent such as a weak thermal convec-
tion stirs the bottom water. Geothermal heating and boundary convection are two 
completely independent processes and can well operate simultaneously, together 
forming the characteristics and the controlling evolution of the bottom waters in the 
deep basins. The slope convection would supply the high-salinity water, causing 
part of the temperature increase in the deep and bottom waters, while the geother-
mal heating adds further heat and also stirs the bottom layers. 

 The Canadian and Eurasian basins are different below mid-depth because of the 
presence of the Lomonosov Ridge, but within the Eurasian Basin, the Nansen and 
Amundsen basins also exhibit differences below the sill depth of the Lomonosov 
Ridge. The Nansen Basin has a lower salinity between 1,500 and 2,500 m due to the 
infl ow of less-saline Arctic Intermediate Water (AIW) and Nordic Seas Deep Water 
(NDW) through Fram Strait. This is the infl ow of deep water from the Greenland 
Sea postulated by Nansen  (  1915  ) . The lower salinity extends upward almost to the 
Atlantic layer in the Nansen Basin, but the Amundsen Basin becomes less saline 
than the Nansen Basin above 1,500 m because of the presence of the even less-
saline Barents Sea infl ow branch at these levels in the Amundsen Basin. Below the 
Barents Sea branch water, the Amundsen Basin has a salinity maximum around 
1,500 m (Fig.  4.4 ) due to returning, saline deep water from the Canadian Basin, 
which, after crossing the Lomonosov Ridge, perhaps mainly through the intra-basin 
(Björk et al.  2007  ) , bifurcates at the Morris Jesup Plateau with one part penetrating 
into the Amundsen and along the Gakkel Ridge but not entering the Nansen Basin. 
The rest joins the East Greenland Current and exit the Arctic Ocean through Fram 
Strait (Jones et al.  1995 ; Fig. 5). Warm saline Canadian Basin Deep Water (CBDW) 
has also been observed on the Amundsen Basin side of the Lomonosov Ridge close 
to the Laptev Sea. These volumes appear to be much smaller than those involved in 
the exchanges through the intra-basin (Rudels et al.  2000a ; Woodgate et al.  2001  ) .  

    4.3.1.8   Eddies 

 The description of the circulation presented above gives the impression that the 
water movements below the halocline all occur as streams, or rivers, moving around 
the basins. However, just as eddies have been observed in the upper layers of the 
Canadian Basin (e.g. Hunkins  1974 , Newton et al.  1974 ; see Sect.  4.2  above), eddies 
have also been seen in the deeper layers. The low-salinity lens observed in the 
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Makarov Basin from  Louis S. St-Laurent  in 1994 (Swift et al.  1997  )  might well have 
been an eddy, and on the  Polarstern  96 section across the Eurasian Basin, 4 or 5 
eddies were observed. They were found at different depths and displayed different 
 Q -S characteristics with respect to the neighbouring stations (Fig.  4.11 ). The origin 
of the different eddies could therefore be determined (Schauer et al.  2002a  ) .  

 The eddy with the largest vertical extent was observed over the Gakkel Ridge 
and was centred at 1,700 m depth, and its presence was detected vertically over 
more than 2,000 m. It was a warm and saline anomaly implying the presence of 
Canadian Basin Deep Water (CBDW) (Fig.  4.11 ). In the Amundsen Basin, a cold, 
less-saline eddy was found at 1,000 m depth, showing the presence of almost undi-
luted Barents Sea branch water. The deeper interleaving thermohaline layers present 
in the Nansen Basin did not show a continuous change across the front but had a 
station with extreme properties in the centre, suggesting layers evolving out of (or 
into) a lens of Barents Sea branch water, just as layers are forming around ‘meddies’ 
in the North Atlantic. Two eddies were also found in the Atlantic layer. One was 
identifi ed in the interleaving structure on the basin side of the Fram Strait branch by 
having much weaker intrusions, suggesting infl owing rather than returning Fram 
Strait branch water. The second was a warm, saline fairly deep eddy of Fram Strait 
branch water in the Amundsen Basin. The CBDW eddy made an especially large 
impact on the water column, displacing the isolines downward, giving the impres-
sion that the homogenous bottom layer thickness had been reduced compared with 
the neighbouring stations (Fig.  4.9 ). The eddies, except the one surrounded by inter-
leaving layers, were only observed at single stations and thus had a horizontal extent 
of less than 30 nautical miles. 

 How numerous are these eddies and what is their impact on the observed prop-
erty distributions? How much of the deep salinity maximum in the Amundsen 
Basin is due to eddies moving from Greenland towards the Laptev Sea, slowly 
losing their properties, compared to a continuous, direct fl ow? The eddies appear 
to move differently than the mean circulation, as is suggested by their passing 
through ambient water masses without affecting the interleaving thermohaline 
layers, creating unexpected water mass characteristics in far-off areas (Schauer 
et al.  2002a  ) .   

    4.3.2   Change 

 An appreciation of the variability of Arctic Ocean water masses was implicit in the 
rhetoric question asked by Quadfasel et al.  (  1991  )  ‘Is the Arctic warming?’ This 
question was based upon comparison between the climatological temperature fi eld 
found in the Atlas of the Arctic Ocean (Gorshov  1980  )  and XBT observations made 
from the icebreaker  Rossia  in 1990. These indications have been followed by many 
others during the ‘ACSYS’ decade. First, the changes were mainly considered as 
possible evidence that the Arctic now was showing signs of what climate models 
long have been implying − the global climate is getting warmer and the largest 
changes are expected at high northern latitudes. While this may well be the case, the 
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awareness that conditions in the deep Arctic Ocean could change initiated a search 
for variability in the Arctic Ocean and lead to efforts to relate this variability to 
changes in the forcing. These investigations have also gone back in time, examining 
older data. Did similar changes occur earlier but pass unnoticed? Intense study of 

  Fig. 4.11    ( Top )  Q S diagram showing eddies present in the Intermediate and deep layers on the 
 Polarstern  96 section across the Eurasian Basin. The  red station  shows the warm and saline 
Canadian Basin Deep Water; the  blue station  indicates an isolated lens of cold, low-salinity Barents 
Sea branch water. The  cyan  and  black stations  show an eddy of Barents Sea branch water with 
warmer and more saline water in both the slope and the basin directions and surrounded by inter-
leaving structures like a ‘meddy’. This is in contrast to the slope to basin decrease in salinity and 
temperature seen in the interleaving in the Atlantic layer, although also here an eddy of warm 
Atlantic water was detected ( green station  located in space between the  black  and  cyan stations ). 
Finally, an eddy of warm, saline Fram Strait branch water,  yellow station , was present in the colder, 
Barents Sea branch-dominated Atlantic layer in the Amundsen Basin (Adapted from Rudels 2009). 
( Bottom ) Blow-up map showing the positions of the stations       
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the different meteorological conditions has revealed changing, and alternating, 
dominant climatic regimes in the Arctic, e.g. the Arctic Oscillation (AO) (Thompson 
and Wallace  1998  )  and the North Atlantic Oscillation (NAO) (Hurrell  1995  ) , and 
imposed the question how the different regimes in these oscillations infl uence and 
interact with the oceanic circulation regimes in the Arctic Mediterranean 
(Proshutinsky and Johnson  1997  ) . The strength and importance of the recent changes 
have also lead to reanalyses of earlier, historic observations to fi nd if similar rapid 
changes in the water mass characteristics had occurred (e.g. Swift et al.  2005 ; 
Polyakov et al.  2004  ) . 

    4.3.2.1   The Atlantic Layer 

 An increase in temperature in the Atlantic layer as the one observed by Quadfasel 
et al.  (  1991  )  could be due to a stronger and/or warmer infl ow of Atlantic water 
through Fram Strait. Probably, it is a consequence of both. The higher temperatures 
were fi rst observed at the continental slope in the Nansen Basin in 1990 (Quadfasel 
et al.  1991  ) , north of the Laptev Sea in 1993 (Schauer et al.  1997  ) , at the Arlis 
Plateau in 1993 (Carmack et al.  1995  ) , in the interior of the Makarov Basin and at 
the Lomonosov Ridge close to the pole in 1993 during the SCICEX-93 expedition 
with  USS Pago  (Morison et al.  1998  ) , in 1994 from  CCGS Louis S. St Laurent  
(Aagaard et al.  1996 ; Swift et al.  1997  )  and in the eastern Amundsen Basin from  RV 
Polarstern  in 1995 (Rudels et al.  2000a  )  and 1996 (Schauer et al.  2002a  ) . In 1997, 
a warmer Atlantic layer with intrusions of less-saline and colder Barents Sea branch 
water was seen north of Fram Strait, returning from, presumably, the Nansen Basin 
(Rudels et al.  2000b  ) . 

 The eastward spreading in the boundary current in the Canada Basin has taken 
longer time, and only in 1998 was warmer Atlantic water observed north of the 
Chukchi Cap and the Northwind Ridge (McLaughlin et al.  2004  ) . The ‘pulse’ of 
warm Atlantic water thus works as a Lagrangian tracer delineating the paths of the 
Atlantic water in the Arctic Ocean. The warm Atlantic core was here, as almost 
everywhere else, characterised by inversions in temperature and salinity in the verti-
cal profi les. This indicates mixing with ambient waters, or since the intrusions are 
very similar to those observed upstream in the boundary current, they could also 
have formed at the fi rst encounter between the different waters, and these initial, 
advected, intrusions might precondition the further evolution of the interleaving 
(see Sect.  4.3.1.6  above). 

 After a short period of colder Atlantic water entering the Arctic Ocean in the late 
1990s, the temperature of the infl owing Atlantic water has again increased. The new 
infl ow pulses have been traced both upstream through the Norwegian Sea and down-
stream along the continental slope and ridges in the Arctic Ocean (Polyakov et al. 
 2005 ; Walczowski and Piechura  2006  ) . Long-term changes in the Atlantic water are 
examined further in Chap.   6    .  
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    4.3.2.2   Redistribution of Water Masses in the Upper Layers 

 In connection with the presence of warmer Atlantic water in the Eurasian Basin, it 
was also found that the thickness of the upper, low-salinity surface layer had been 
reduced, and the Atlantic layer was closer to the sea surface and the ice (Morison 
et al.  1998  ) . This vertical shift of the temperature and salinity profi les accounts for 
a large part of the change relative to the climatology. A similar change was also seen 
in the Makarov Basin (Carmack et al.  1995 ; Morison et al.  1998  ) , where both the 
salinity and the temperature were higher than the climatological values. Changes 
were also seen in the nutrient and oxygen distributions. The high nutrient and low 
oxygen concentrations observed from the ice camps in the 1960s and 1970s (e.g. 
Kinney et al.  1970 ; Jones and Anderson  1986  )  were largely absent, when the 
icebreakers in the 1990s started to penetrate into the Makarov Basin. Excess of low-
salinity surface water, by contrast, was found in the Canada Basin (McPhee et al. 
 1998 ; MacDonald et al.  1999  ) , where the salinity of the upper layer was reduced. 
Carmack et al.  (  1995  ) , McLaughlin et al.  (  1996  )  and Morison et al.  (  1998  )  explained 
this as a shift of the front between upper waters deriving from the Atlantic and the 
Pacifi c Oceans. The Pacifi c upper water lens no longer extended to the Lomonosov 
Ridge but was confi ned to the Canada Basin, and the Atlantic derived upper layer 
was in contact with the surface up to the Mendeleyev Ridge. The Pacifi c water, 
being forced into the Beaufort Sea and towards the North American slope and shelf, 
was becoming more prominent in the Lincoln Sea north of Ellesmere Island (Newton 
and Sotirin  1997  ) . This could indicate an increased eastward boundary fl ow along 
the continental slope towards Nares Strait and Fram Strait, compensating the shift 
in Pacifi c water on the Siberian side of the Arctic Ocean. The draining of the Pacifi c 
water through the western channels of the Canadian Arctic Archipelago might also 
have increased. 

 The frontal shift is a manifestation of the contraction of the anti-cyclonic Beaufort 
Gyre, which is maintained by the high-pressure cell that develops during winter over 
the Beaufort Sea. When the advection of warmer air from lower latitudes is strong, 
especially through the Atlantic sector, the high-pressure cell weakens, and the oce-
anic anticyclone diminishes and is forced closer to the American continent, while the 
cyclonic circulation is strengthened. This leads to changes in the circulation of the 
low-salinity shelf waters on the Eurasian shelves (Proshutinsky and Johnson  1997 ; 
Polyakov et al.  1999 ; Polyakov and Johnson  2000 ; Maslowski et al.  2000  ) . 

 In the anti-cyclonic regimes, the shelf water crosses the shelf break in the eastern 
Laptev Sea and enters the Amundsen Basin, but in the cyclonic regime (Proshutinsky 
and Johnson  1997  )  that has dominated during the 1990s, the shelf water has instead 
moved into the East Siberian Sea and then entered either the Makarov Basin or the 
Canada Basin (Maslowski et al.  2000  ) . Since the Siberian shelves receive the runoff 
from the large rivers, this has led to increased salinities in the upper layers of the 
Amundsen and partly in the Makarov Basin and, likely, to lower salinities in the 
Canada Basin. The latter effect is enhanced by the closer confi nement of the low-
salinity Pacifi c water to the Canada Basin. 
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 Steele et al.  (  2004  )  traced the distribution of the upper temperature maxima of 
the Pacifi c water, deriving from the Alaskan Coastal Water (ACW) and Bering Sea 
Summer Water (BSSW), respectively (see above Sect.  4.3.1.3 ). They concluded that 
during a negative or weakly positive AO state with a well-developed Beaufort Gyre, 
the BSSW becomes trapped in the Beaufort Gyre and the upper waters north of 
Ellesmere Island and Greenland derive from the Siberian branch of the Transpolar 
Drift. In the strong positive AO state with a diminished Beaufort Gyre, the Siberian 
branch starts farther to the east, and the BSSW becomes incorporated into the 
Transpolar Drift and passes directly to the Lincoln Sea. It is also possible that the 
shifting of the low-salinity Beaufort Gyre surface water lens towards the North 
American continent strengthens the boundary fl ow of the Alaskan Coastal Current 
(ACC) to the Lincoln Sea (Steele et al.  2004  )  (Fig.  4.12 ).   

  Fig. 4.12    Different circulation modes in the Pacifi c water. ( a ) Time series of the Arctic Oscillation 
( AO ) index for January–March and its running means. Monthly values are shown as  grey dots . 
Three periods are distinguished, 1979–1987 ( green , AO negative), 1988–1994 ( red , AO positive) 
and 1995–2001 ( blue , AO weakly positive). ( b ,  c , and  d ) show the mean sea-ice motion (vectors) 
and sea level pressure (contours). The  blue streaks  are the Lagrangian paths forced by the mean 
vector fi elds. The magenta line indicates the zero vorticity contour (From Steele et al.  2004  )        
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    4.3.2.3   Changes in the Halocline 

 The defl ection of the low-salinity shelf water occurring in the cyclonic regime has 
caused a weakening and even occasional disappearance of the two-layer Polar 
Mixed Layer − halocline structure in parts of the Amundsen Basin. This was fi rst 
noted by Steele and Boyd  (  1998  ) , who compared observations close to the North 
Pole from SCICEX cruises in 1993 and 1995 and from  Louis S. St-Laurent  1994 
with the measurements from  Oden  in 1991. This change implies that warm water of 
the Atlantic layer is in direct contact with and could be entrained into the winter-
mixed layer in the Amundsen Basin as well as in the Nansen Basin, which might 
lead to melting of ice, or rather, could reduce the ice formation rate (Martinson and 
Steele  2001  ) . Whether this important implication takes place or not, depends upon 
the mixing mechanisms. If the main stirring is due to mechanically generated turbu-
lence, heat can continuously be brought to the surface. Some heat would be used to 
melt ice; the rest would be lost to the atmosphere (Walin  1993 ; Rudels et al.  1999b  ) . 
If the mixing is due to haline convection, as a consequence of ice formation, the heat 
brought into the winter-mixed layer causes ice to melt or at least lowers the ice for-
mation rate. This reduces the convection (Martinson  1990 ; Martinson and Steele 
 2001  ) . This in turn weakens the entrainment and the vertical heat transfer from the 
Atlantic layer to the mixed layer and to the ice. In either case, mechanical mixing or 
convection, the vertical heat fl ux to the ice only occurs in winter, when the strong 
stratifi cation induced by summer ice melt has been removed by freezing. 

 The presence of the ice cover and the heat advected to the Arctic Ocean by the 
Atlantic water are both important components in the heat balance of the Arctic, and 
the formation and maintenance of the halocline as an insulating layer has therefore 
drawn some attention. The change in the upper layer  Q -S distribution has been 
described as ‘the retreat of the cold halocline  layer ’ (Steele and Boyd  1998  )  This, 
perhaps, to take into consideration that the halocline in the Arctic Ocean is a water 
mass in its own right, having a vertical extension of 50–200 m, not being just a 
salinity gradient (Coachman and Aagaard  1974  )  (see Sect.  4.2  above). To speak of 
the retreat of the halocline layer might then suggest that the formation of halocline 
water has diminished. This is not the case. In the 1990s, a winter-mixed layer has 
been present not only in the Nansen Basin but also in the central Amundsen Basin 
up to the Lomonosov Ridge, and perhaps also in the Makarov Basin. What was 
missing was the upper, cold low-salinity shelf water because it had been defl ected 
farther to the east, and no cold salinity gradient had formed above the winter-mixed 
layer. This prevents the winter-mixed layer from becoming a halocline water mass, 
but it does not mean that the production of potential halocline water has diminished. 
The ‘retreat of the cold halocline layer’ had thus perhaps better been rendered ‘the 
diversion of the low-salinity surface water’. 

 Recent observations have shown the return of the low-salinity shelf water to the 
central Amundsen Basin, and a cold halocline has again been established between 
the shelf water layer (the Polar Mixed Layer) and the winter-mixed layer (Björk 
et al.  2002 ; Boyd et al.  2002  ) . Anderson et al.  (  2004  )  determined from total alkalin-
ity the presence of river water and sea ice melt water in the upper layers of the 
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Eurasian Basin between 1987 and 2001 using data from 5 icebreaker cruises (see 
also Sect.  4.3.1.5  above). They found that in 1987 (Anderson et al.  1989 ) the  river 
water front, defi ned as the line along which 5% of the surface water was river water, 
reached to the Gakkel Ridge. The extent of the river water layer then diminished 
from 1991 and 1994 to a minimum in 1996, when the front was located over the 
Lomonosov Ridge and river water was practically absent in the Amundsen Basin. In 
2001, the front again had moved into the Amundsen Basin but not as far as the 
Gakkel Ridge (Fig.  4.10 ). 

 Another feature, which may be connected with the changed distribution of the 
river water, was observed in 1998 in the Canada Basin. At this time, a cold, close to 
freezing, highly oxygenised temperature minimum with salinity 33.9 was found 
close to the northern part of the Chukchi Cap (McLaughlin et al.  2004  ) . McLaughlin 
et al.  (  2004  )  suggest that this halocline water mass derives from a new source of 
lower halocline water, the East Siberian Sea. Before 1990, the East Siberian Sea had 
been ignored as a possible source of halocline water because of its low salinity 
(Aagaard et al.  1981  ) . During the 1990s, when most of the runoff from the western 
Siberian rivers entered the East Siberian Sea and not the Amundsen Basin, the salin-
ity could be even less, and the East Siberian Sea as a source for lower halocline 
water appears unlikely. However, the change in the river water distribution might 
have caused the low-salinity surface water to be absent also from parts of the 
Makarov Basin. This would extend the area without a cold halocline and with con-
vection down to the thermocline from the Nansen Basin and parts of the Amundsen 
Basin into the Makarov Basin, and it would maintain the cold winter-mixed layer 
that is the embryo of the Fram Strait branch halocline in these basins (Rudels et al. 
 1996 ; Rudels et al.  2004a  ) . The location of the saline temperature minimum north 
of the Chukchi Cap rather than between the Chukchi Cap and the continental slope 
is in agreement with the different paths of the Barents Sea branch and the Fram 
Strait branch halocline waters as suggested by Rudels et al.  (  2001,   2004a  ) . 

 In the Nansen Basin, the Polar Mixed Layer − halocline structure is absent during 
both the anti-cyclonic and the cyclonic regimes. Consequently, the area where the 
Atlantic layer and the ice cover were in contact did not increase dramatically during 
the 1990s and therefore probably did not contribute much to the reported reduction 
of the ice cover extent and thickness in the Arctic Ocean (McPhee et al.  1998 ; 
Rothrock et al.  1999 ; Winsor  2001 ; Holloway  2001 ; Holloway and Sou  2002  ) .  

    4.3.2.4   The Intermediate Layers 

 The variability observed in the 1990s was not confi ned to the upper and Atlantic 
layers. Changes were also seen at intermediate depths. The less-saline Barents Sea 
infl ow branch became more prominent in the Eurasian Basin between 1991 and 
1995/1996, and a distinct salinity minimum was present below the Atlantic layer in 
1995 (see e.g. Fig.  4.7 ). This change could have several causes. A larger precipita-
tion in the Norwegian Sea and the Barents Sea, as a result of the strong positive 
NAO state dominating in the early 1990s, would lower the salinity of the Barents 
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Sea branch, and the warmer Atlantic water of the Fram Strait branch could be less 
dense than before, leading to a, relatively, deeper input from the St. Anna Trough 
that penetrated below rather than into the Atlantic layer, creating the mid-depth 
salinity minimum (Rudels and Friedrich  2000  ) . The low-salinity Barents Sea branch 
water mass could be traced in the interior Nansen Basin and Amundsen Basin and 
along the Lomonosov Ridge. It was also seen entering the Makarov Basin in the 
boundary current (Rudels et al.  2000a  ) . 

 The cold, less-saline intermediate water found in the Makarov Basin during 
AO94 expedition (Swift et al.  1997  )  and the cooling and freshening of the interme-
diate waters observed in the Canada Basin between 1989 and 1995 (McLaughlin 
et al.  2002,   2004  )  indicate an infl ow of Barents Sea branch intermediate water into 
the interior of the Makarov and Canada basins. However, this colder, less-saline 
water must have left the Barents Sea earlier than the low-salinity water observed at 
the Lomonosov Ridge and north of the East Siberian Sea in 1995. Are we then 
observing a trend in decreasing salinities in the intermediate waters supplied by the 
Barents Sea, or are we just beginning to observe the variability of the Barents Sea 
branch infl ow characteristics? 

 A lower salinity at the Lomonosov Ridge and in the boundary current changes the 
characteristics of the intermediate water of the Makarov and Canada basins by lateral 
advection and mixing. It will also affect the slope convection, since the entrained 
water will be colder and less saline. This gradually leads to different characteristics 
of the intermediate and deep waters in the Canadian Basin, even if the formation of 
dense shelf water and the entrainment rate do not change (Rudels et al.  2000a  ) . Most 
likely they do, and the deep Makarov and Canada Basin water columns will never 
attain a state, where the advection in the boundary current, the slope convection and 
the exchanges between slope and basin interior are in equilibrium.   

    4.3.3   Exchanges 

 The exchanges, not just of volume but also of heat and freshwater (salt), have a 
signifi cance extending beyond pure bookkeeping. The oceanic transports of heat 
have impact on the Arctic climate, and the freshwater balance of the Arctic Ocean 
is important for the existence of the ice cover as well as for the dense water forma-
tion, in the Arctic Ocean and in the downstream convection sites: the Greenland 
Sea, the Iceland Sea and the Labrador Sea. Through its infl uence on the deep-water 
formation, the freshwater transport affects the Meridional Overturning Circulation 
and thus the global climate. Much of the recent work on the exchanges between the 
Arctic Ocean and the world ocean has been carried out within the international 
Arctic–Subarctic Ocean Fluxes (ASOF) programme, which has acted as an umbrella 
for several international and national studies. Results of these efforts have now been 
published in the volume ‘Arctic–Subarctic Ocean Fluxes’ edited by Dickson, 
Meincke and Rhines (Dickson et al.  2008a  ) . The summary of the transport estimates 
through the different passages given below represents the state of knowledge at the 
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early stage of ASOF. Rather than trying to update the present section, we refer the 
reader to the ASOF volume for more recent results. The North Atlantic Meridional 
Overturning Circulation (MOC) is discussed in Chap.   6     with reference to some 
diagnostic model calculations. 

    4.3.3.1   Fram Strait Transports 

 As the deepest connection between the Arctic Ocean and its surrounding seas, the 
passage between Greenland and Svalbard − Fram Strait −, has long been recognised 
as being of prime importance not only for the hydrography of the Arctic Ocean but 
also for the climate of the Arctic. It is the main (>90%) exit for the sea ice formed 
in the Arctic Ocean. It is also the passage where most of the oceanic sensible heat is 
advected into the Arctic Ocean. Although this transport is not large enough to keep 
the Arctic Ocean free of ice, as was speculated in the mid nineteenth century, the 
heat transport in the narrow meridional band occupied by the West Spitsbergen 
Current is comparable to the atmospheric heat transport across 80°N. In addition, 
the export of ice, or latent ‘cold’, further emphasises the importance of Fram Strait 
for the heat balance of the Arctic. 

 Fram Strait is also the only deep passage through which the Arctic Ocean deep 
waters may be advectively renewed, and for a long time, it was assumed that the 
Arctic Ocean deep waters derived from the Greenland Sea. When it was found that 
the Arctic Ocean deep waters to a large extent are locally produced, or at least 
locally modifi ed, Fram Strait nevertheless remained the only passage, where an 
exchange of deep water could occur. A study of the water masses present in Fram 
Strait thus provides information of the integral effects of the water mass (trans) 
formation processes in the Arctic Ocean. 

 The main focus, however, has always been the transports. The infl ow of Atlantic 
water was fi rst estimated by geostrophic computations on hydrographic sections 
extending from Svalbard to the ice edge (e.g. Timofeyev  1962  ) . Some hydrographic 
sections extended across the strait to the Greenland side, e.g. Ob in 1956 and Edisto 
in 1965 (Palfrey  1967  ) . The northward transport was estimated to be 3–4 Sv 
(Timofeyev  1962  ) . The outfl ow of polar surface water in the East Greenland Current 
has been more diffi cult to determine but has commonly been estimated to be 1–2 Sv 
(e.g. Mosby  1962 ; Vowinckel and Orvig  1970  ) . 

 In 1971–1972, the fi rst yearlong current measurements in the West Spitsbergen 
Current were obtained (Aagaard et al.  1973  ) . They showed a much larger northward 
transport, 8 Sv, than previously assumed. The larger transport was due to a strong 
barotropic component of the current, which could not be assessed by the geostrophic 
computations. These observations formed the backbone of the mass, salt and heat 
budget for the Arctic Ocean made by Aagaard and Greisman  (  1975  ) , where the 
infl ow of 7.1 Sv of Atlantic water was assumed balanced by an outfl ow of 1.8 Sv of 
polar water and 5.3 Sv of returning, colder Atlantic water. The current measure-
ments were continued for several years, and in 1984–1985 and 1985–1986, current 
metre arrays extending across the entire strait were deployed. The observations 
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showed a westward turning of the current in the central part of the strait, and the 
southward fl ow in the East Greenland Current above 600 m was estimated to be 
3 Sv, 1 Sv polar water and 2 Sv Atlantic water (Foldvik et al.  1988  ) . 

 In the 1980s, several complete sections were obtained across Fram Strait, and 
geostrophic transports were computed. The obtained transports of Atlantic water 
(1–2 Sv) were generally much lower than those estimated from direct current mea-
surements, and a large recirculation of the West Spitsbergen Current was found in 
the strait (Rudels  1987 ; Bourke et al.  1988  ) . That warmer Atlantic water is moving 
south beneath the polar water in the East Greenland Current has been known for a 
century, and its source had been deduced as the recirculation of the Atlantic water 
of the West Spitsbergen Current (Ryder  1891  ) . 

 To allow for the unknown reference velocities, Rudels  (  1987  )  used a variational 
approach with constraints on the mass and salt transports imposed by requirement 
of mass and salt balance, estimates of the transports through the other passages and 
constraints on the deep circulation based on considerations of the  Q -S structure of 
the deep waters. The reference velocities were then calculated by minimising the 
total kinetic energy of the fl ow fi eld. The obtained transports were about half of 
those estimated by Aagaard and Greisman  (  1975  ) : The northward transport of 
Atlantic water was close to 2 Sv with 1 Sv recirculating in the strait. The applied 
mass balance also required a net southward fl ow of 1 Sv through the strait. 
Schlichtholz and Houssais  (  1999a,   b  )  used the entire hydrographic data set from the 
MIZEX 1984 experiment but no other data and determined the circulation in the 
strait using a 3-dimensional variational model. They obtained a still smaller north-
ward transport; less than 1 Sv of Atlantic water was found to enter the Arctic Ocean. 
By the end of the 1980s, the general opinion was that the transport estimates based 
on the direct current measurements had been too large and that the recirculation in 
the strait had been underestimated. Aagaard and Carmack  (  1989  )  in their new mass 
and freshwater balance of the Arctic Ocean gave 1 Sv as the infl ow of Atlantic water 
through Fram Strait. 

 After a few years with less activity, the study of the Fram Strait exchanges took 
new life by the end of the 1990s. In connection with the VEINS (Variability of 
Exchanges in the Northern Seas) programme, a current metre array comprising 14 
moorings was deployed across the strait along the sill at 79°N. This mooring array 
has, with small changes, additions and reductions, been in position ever since, fi rst 
as a part of the ASOF programme and now within the DAMOCLES (Developing 
Arctic Modelling and Observing Capabilities for Long-term Environmental 
Studies). Hydrographic sections have been taken at least once every year in con-
nection with the replacement of the moorings, but often more than one section have 
been taken in a year. 

 The results from the current measurements confi rm the large northward transport 
and the barotropic fl ow obtained by the earlier moorings in the West Spitsbergen 
Current (Aagaard et al.  1973  ) . The total, northward and southward, monthly mean 
transports have been around 10 Sv, with a net southward fl ow ranging from 1 to 3 Sv 
in the different years (Fahrbach et al.  2001 ; Schauer et al.  2004 ; Schauer et al.  2008  ) . 
The estimated northward transport of Atlantic water has been around 4 Sv. 
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The transports have shown variations not only between the years but also seasonally 
with the strongest fl ow in winter. The northward heat fl ux has also varied between the 
years, but in 1999, the amount of heat entering the Arctic Ocean through Fram Strait was 
estimated to be suffi cient to generate a temperature increase in the Atlantic layer com-
parable to that observed in the early 1990s (Schauer et al.  2004 ; Schauer et al.  2008  ) . 

 The different streams of the West Spitsbergen Current have also become better 
known. In addition to the infl ow stream over the shelf north of Svalbard, a second 
stream follows the western and northern slope around the Yermak Plateau. This 
stream transports Atlantic water and also intermediate and deep waters from the 
Nordic Seas into the Arctic Ocean (Aagaard et al.  1987 ; Rudels et al.  2000b ; Rudels 
et al.  2005  ) . The fl ow around the Yermak Plateau may be as strong as that closer to 
Svalbard (Schauer et al.  2004  ) . Gascard et al.  (  1995  )  found from sub-surface drifters 
that a part of the West Spitsbergen Current may also cross the Yermak Plateau into 
the Sofi a Deep along a smaller trough in the plateau. The recirculation in Fram 
Strait is clearly seen in the water mass properties, but it has been diffi cult to chart 
the recirculating branch(es), and it may be that the exchange between the West 
Spitsbergen Current and the East Greenland Current mainly takes place by the 
transfer of eddies (Gascard et al.  1988 ; Gascard et al.  1995 ; Rudels et al.  2005  ) . 

 During VEINS and ASOF, the West Spitsbergen Current has been extensively 
explored during yearly expeditions with the sailing research vessel  Oceania . 
Recently, the hydrography work has been augmented by current observations using 
ship-mounted ADCP as well as lowered (L)ADCP. These snapshots also show the 
large difference between geostrophically computed velocity and direct current mea-
surements. Especially, the LADCP observations indicate transports in the West 
Spitsbergen Current that are even larger than those estimated from the mooring 
array (Walczowski et al.  2005  ) . One complete CTD section made by  Polarstern  was 
complemented by current measurements from a ship mounted ADCP. Also, this 
estimate showed high transport and a net southward fl ow, 11.5 Sv to the north and 
13.1 Sv to the south (Cisewski et al.  2003  ) . 

 In the context of the ASOF programme, geostrophic transport computations were 
made also on historic sections. These, surprisingly, also show an increase in trans-
ports between the early 1980s and the late 1990s. A part, but not all, of this increase 
could be due to the closer station spacing on the more recent sections, which allows 
for the resolution of smaller eddies, which will add to the total northward and south-
ward fl ows. The net southward fl ow ranged from 1.5 to above 4 Sv (Rudels et al. 
 2004b ; Rudels et al.  2008  ) . A net outfl ow is expected because of the Barents Sea 
infl ow, but more than 3 Sv appears unrealistic. However, geostrophic computations, 
here combined with constraints on the deep salt and mass fl uxes, are always suscep-
tible to incomplete station spacing, not resolving the eddies, the effects of the 
 sections not being synoptic, and to the unknown reference velocity. It is also likely 
that the geostrophic computations more severely underestimate the transports in the 
West Spitsbergen Current than in the more baroclinic East Greenland Current, 
resulting in a too large net outfl ow. 

 Rudels et al.  (  2000b  )  compared the water mass distributions on hydrographic 
sections taken in 1984 and in 1997 and found that the area occupied by recirculating 
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Atlantic water in 1984 extended up to the Greenland continental slope, while in 
1997, it was more confi ned to the central part of the strait, opening a free passage 
for the Atlantic, intermediate and deep water of the Arctic Ocean (Fig.  4.13 ). This 
was interpreted as a change from a state with strong recirculation in the strait to one 
where more Atlantic water enters the Arctic Ocean and takes part in the circulation 
of the boundary current around the Arctic Ocean basins. A similar interpretation 
was made by Blindheim et al.  (  2000  )  in a discussion of the recent freshening trend 
occurring in the Nordic Seas, which could partly result from a larger presence of 
Arctic Ocean waters at the expense of the Recirculating Atlantic Water (RAW) in 
the Nordic Seas.  

 The ice export, although temporally varying, appears to have a fairly steady mean 
transport around 0.09 Sv (e.g. Dickson et al.  2008a  ) . The estimates of the Fram Strait 
export of liquid freshwater, by contrast, seems to vary between less than half of the 
ice export (Aagaard and Carmack  1989  )  and as large, and perhaps larger, than the ice 

  Fig. 4.13    Potential temperature and salinity sections at the sill in Fram Strait taken in 1984 and 1997. 
The recirculation, indicated by the lateral extent of the high salinity Atlantic water, was more con-
fi ned to the central part of the strait in 1997 than in 1984, allowing a broader passage for the Arctic 
Ocean water masses to exit the Arctic Ocean and suggesting a closer coupling between the Arctic 
Ocean and the Nordic Sea in the 1990s. The outfl ow of Arctic Ocean intermediate and deep waters 
are seen by the larger separation of the +0.5°C and −0.5°C isotherms and the higher salinity at the 
Greenland slope. Recent years have shown a return to the 1980s situation with larger recirculation in 
the strait and the saline Atlantic water reaching to the Greenland slope (Adapted from Rudels  2001  )        
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export (Meredith et al.  2001  ) . The presence in the East Greenland Current and the 
export of Pacifi c water through Fram Strait are also changing with time. After being 
present in the 1980s and 1990s up to the early 2000 (Anderson and Dyrssen  1981 ; 
Jones et al.  2003  ) , Pacifi c water was not observed in 2004 (Falck et al.  2005  ) . Falck 
et al.  (  2005  )  suggest that this change could be caused by changes in the state of the 
Arctic Oscillation, a more negative AO index would indicate a larger Beaufort Gyre 
and a westward shift of the Transpolar Drift, confi ning the Pacifi c water to north of 
the Canadian Arctic Archipelago (Steele et al.  2004 , see also Fig.  4.12 ).  

    4.3.3.2   The Barents Sea 

 The widest entrance to the Arctic Ocean is over the Barents Sea. It is one of the 
Arctic shelf seas and thus considered a part of the Arctic Ocean. Its southern and 
western half is ice free and dominated by infl owing Atlantic water from the Norwegian 
Sea, while the northern and eastern half is more polar, and ice covered a large part of 
the year. In the early Russian literature, this difference was taken into account in the 
defi nition of the Polar Ocean, which included the deep Arctic Ocean and the Kara, 
Laptev, East Siberian and Chukchi Seas but only the part of the Barents Sea lying 
north of a line connecting the north-eastern part of Svalbard with the northern cape 
of Novaya Zemlya, excluding the mainly ice-free southern part of the Barents Sea. 

 The Norwegian Atlantic Current bifurcates when it reaches the latitudes of north-
ern Norway, and the eastern stream enters the Barents Sea in the Bear Island Trough 
together with the Norwegian Coastal Current. The low-salinity (S  »  34.4) coastal 
current fl ows eastward close to the coast, while the Atlantic water again splits with 
one branch continuing eastward south of the Central Bank in the middle of the 
Barents Sea and the second moving north into the Hopen Deep west of the bank. As 
it encounters the sill between Edgeøya and the Great Bank, the stream separates into 
3 parts, one part turns eastward north of the Central Bank, a smaller part crosses the 
sill into the northern Barents Sea and the third part recirculates in the Hopen Deep 
towards the Norwegian Sea (Loeng  1991 ; Pfi rman et al.  1994  ) . 

 The Atlantic water is cooled and freshened by net precipitation and by ice melt. 
Few rivers enter the Barents Sea, and the main freshwater source is the Norwegian 
Coastal Current, carrying low-salinity water from the Baltic Sea augmented by run-
off from the Norwegian coast. The cooling increases the density of the Atlantic 
water, and it occupies the main part of the water column above the deeper depres-
sions. However, the densest water is formed over the shallow shelf areas in 
Storfjorden (see Sects.  4.2  and  4.3.1.5  above), close to Novaya Zemlya, and over the 
Central Bank. Here, less-saline surface water deriving, west of Novaya Zemlya 
from the Norwegian Coastal Current and from ice melt over the Central Bank, is 
cooled to freezing temperature. Ice is formed and the released brine convects into 
the water column. The convection eventually reaches the bottom and creates an 
almost homogenous water column at freezing temperature. Over the Central Bank, 
the water becomes less saline, but denser, than the Atlantic water in the Hopen Deep 
(Quadfasel et al.  1992  ) , but on the shallow area west of Novaya Zemlya, the water 
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may occasionally become more saline than the Atlantic water in the eastern depres-
sion. This higher salinity is mainly due to the presence of a lee polynya close to 
Novaya Zemlya, while the ice remains above the Central Bank and the convection 
just homogenises the underlying water column and creates a dense anti-cyclonic 
vortex above the bank, trapping the ice. The water eventually drains from the shal-
low areas into the deeper depressions, entraining some Atlantic water forming a 
cold, dense bottom layer (Quadfasel et al.  1992  ) . 

 Sea ice is advected with the wind and the surface currents and will ultimately 
melt, often at a position different from its formation. In the northern Barents Sea, 
this creates a less-saline upper layer on top of the Atlantic water. The stratifi cation 
due to the separator effect caused by freezing and melting sea ice is augmented by 
the advection of sea ice and low-salinity surface water from the Arctic Ocean and 
from the Kara Sea into the northern Barents Sea. Aagaard and Woodgate  (  2001  )  
proposed that ice melt was fundamental in lowering the salinity of the Atlantic 
water creating the less-saline deep-water masses of the Arctic Ocean that eventually 
also supply water to the Greenland–Scotland overfl ow. However, extremely strong 
wind mixing and/or a partial refreezing and convection are needed to mix the melt 
water against the stratifi cation into the underlying Atlantic water. 

 The Atlantic water entering the Barents Sea from the west thus becomes trans-
formed into three different waters: (1) less-saline and less-dense upper layer, (2) 
cooled and denser Atlantic water and (3) cold, dense and brine-enriched bottom 
water. The main outfl ow from the Barents Sea occurs between Franz Josef Land and 
Novaya Zemlya and then continues into the Arctic Ocean via the St. Anna Trough. 
A considerable mixing takes place between the denser water of the two infl ow 
branches, but the less-dense upper layer of the Barents Sea branch remains distinct 
and eventually evolves into Barents Sea branch lower halocline water (Rudels et al. 
 2001,   2004a  ) . Some less-saline water, mainly Norwegian Coastal Current water, 
enters the Kara Sea south of Novaya Zemlya, and a weaker outfl ow of dense water 
to the Arctic Ocean takes place in the Victoria Channel to the west of Franz Josef 
Land (Rudels  1986a ; Schauer et al.  1997  ) . The water that recirculates in the Hopen 
Deep returns as denser and colder water to the Norwegian Sea via the northern part 
of the Bear Island Trough (Blindheim  1989 ; Quadfasel et al.  1992  ) . Here, an out-
fl ow of cold, less-saline and less-dense Arctic water is also present along the 
Svalbard Bank (Loeng  1991  ) . This is partly a continuation of the Persey Current to 
the south of Franz Josef Land, which fl ows from the Kara Sea westward along the 
polar front and partly a southward transport of polar surface water from the Arctic 
Ocean. The waters entering the Norwegian Sea from the Barents Sea are carried 
northward into the Arctic Ocean by the West Spitsbergen Current. 

 In the early 1900s it was assumed that the main infl ow to the Arctic Ocean 
occurred through the Barents Sea (Nansen  1906  ) , and in Russian literature an infl ow 
of 1.5 Sv was estimated (Nikiforov and Shpaiker  1980  ) . Later, the strength of the 
Barents Sea infl ow was assumed to be less, and Aagaard and Greisman  (  1975  )  gave 
a total fl ow of 0.7 Sv into the Kara Sea between Franz Josef Land and 
the Eurasian continent, only 10% of their estimated infl ow through Fram Strait. In 
the 1980s, the transport estimates for the Barents Sea again began to increase. 
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Rudels  (  1987  )  derived 1.2 Sv from heat budget considerations, about the same as his 
estimate of the infl ow of Atlantic water through Fram Strait, and Blindheim  (  1989  )  
obtained a net transport of 1.9 Sv into the Barents Sea from a 3-week record from a 
current metre array deployed in the Bear Island Channel. 

 Loeng et al.  (  1993,   1997  )  and Schauer et al.  (  2002b  )  analysed the measurements 
from a yearlong deployment of a mooring array between Franz Josef Land and 
Novaya Zemlya in 1991. They found a net infl ow to the Kara Sea of about 2 Sv. The 
largest transport occurred in the deeper southern part of the passage, and to the 
north, a weak westward fl ow of Atlantic water deriving from the Fram Strait infl ow 
branch was observed, suggesting an anti-cyclonic circulation around Franz Josef 
Land. Schauer et al.  (  2002a,   2002b  )  also examined the hydrography in the St. Anna 
Trough and in the passage between Franz Josef Land and Novaya Zemlya and con-
cluded that the high-density cold water present in the deepest part and at the eastern 
fl ank of the St. Anna Trough was a continuation of the fl ow passing eastward 
between Franz Josef Land and Novaya Zemlya. 

 The direct current measurements between Franz Josef Land and Novaya Zemlya 
have not been repeated yet, but since 1997, a current metre array has been deployed 
within the VEINS and ASOF programme in the western Barents Sea opening, being 
replaced every year. It has revealed a strong barotropic component and large short-
time variability in the transport of Atlantic water. The fl ow is mainly eastward with 
a net transport around 1.5 Sv. However, not only days but also periods extended over 
almost a month (mostly April) with westward net transport through the Barents Sea 
opening have been recorded (Ingvaldsen et al.  2004a ; Ingvaldsen et al.  2004b  ) . 

 To get the total infl ow over the Barents Sea, the transport of 0.7 Sv of the Norwegian 
Coastal Current has to be added (Blindheim  1989  ) . A total transport of 2.2 Sv is in 
agreement with Blindheim  (  1989  )  and Loeng et al.  (  1993  )  and Schauer et al.  (  2002b  ) . 
The Norwegian Coastal Current, as it enters the Barents Sea, still carries about half of 
the freshwater exported from the Baltic Sea and a large fraction of the runoff from the 
Norwegian coast. Its low salinity (34.4) and comparably large transport make it 
the largest freshwater source in the Barents Sea, and it contributes signifi cantly to the 
freshwater balance of the other Siberian shelf seas and of the Arctic Ocean.  

    4.3.3.3   Bering Strait 

 Bering Strait connects the two opposite poles of the world ocean, the deeply venti-
lated North Atlantic and the almost stagnant North Pacifi c, and allows for a direct 
communication of surface waters between the two oceans. The fl ow is northward, 
into the Arctic Ocean, although southward fl ow may take place in the presence of 
strong northerly winds. In ‘The Oceans’, Sverdrup estimated the transport to be 
0.3 Sv (Sverdrup et al.  1942  ) . Russian work during the mid century indicated a larger 
transport and a signifi cant seasonal variability, 1.2 Sv in summer and 0.4 Sv in winter 
(Maksimov  1945 ; Fedorova and Yankina  1964  ) . The early direct measurements of 
the currents in and north of the strait suggested a somewhat larger fl ow 1.0–1.5 Sv, 
and no seasonal variation was reported (see e.g. Coachman et al.  1975  ) . 
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 The driving force for the fl ow was early realised to be the higher sea level in the 
North Pacifi c as compared to the Arctic Ocean, giving a pressure head that forces an 
essentially barotropic fl ow through the strait. The force balance becomes one-
dimensional between the downstream pressure gradient, the fi eld acceleration and 
the retarding friction (Coachman and Aagaard  1966 ). Coachman and Aagaard 
( 1966 ) related the sea level slope to the local wind fi eld and found a relation between 
the wind measured in Nome, Alaska and the sea level slope and thus the transport. 

 Stigebrandt  (  1984  )  took a more global view and showed that the cause for the 
higher sea level in the Pacifi c was the less-saline and less-dense water column in the 
North Pacifi c as compared to the water column in the North Atlantic. Assuming a 
level of compensating pressure at 1,600 m, the upper boundary of the North Atlantic 
Deep Water, which moves from the North Atlantic towards the Pacifi c, he obtained 
a value of the sea level slope and estimated the transport through Bering Strait to be 
1.5 Sv, consistent with the current measurements. The higher sea level in the Pacifi c 
has partly been explained by the westward atmospheric transport of water vapour 
from the North Atlantic across the Isthmus of Panama to the North Pacifi c, making 
the Pacifi c water column less and the Atlantic water column more saline (Weyl 
 1968  ) . The transport of low-salinity Pacifi c water through Bering Strait is thus a 
shortcut to correct this freshwater imbalance. 

 The observational work in the Bering Strait area has continued and has been espe-
cially intense in the last years. The more recent transport estimates vindicate the 
early Russian results (Coachman and Aagaard  1981 ; Coachman and Aagaard  1988 ; 
Roach et al.  1995  ) . The transport varies seasonally with the strongest fl ow in sum-
mer. The yearly mean transport through the strait is about 0.8 Sv, less than what was 
believed in the 1970s and 1980s. The annual variability of the transport appears to be 
small, but the salinity as well as the temperature of the infl ow varies both seasonally 
and annually (Roach et al.  1995  ) . Woodgate et al.  (  2005  )  deduced from yearlong cur-
rent measurements in 1991–1992 that the Pacifi c water leaves the Chukchi Sea at 
four main locations: (1) through De Long Strait into the East Siberian Sea, (2) along 
Herald Canyon, (3) through the Central Channel and (4) along the Barrow Canyon. 
These fl ows appeared to be equal in strength but with different properties. The out-
fl ow to the East Siberian Sea is likely compensated, in volume if not in salt, by an 
infl ow of the Siberian Coastal Current. From current observations between 1990 and 
2004 Woodgate and Aagaard  (  2005  )  also reported on the transport of the Alaskan 
Coastal Current, a strong, maximum velocity 1.7 m/s, and narrow low-salinity sur-
face current present along the Alaskan coast from early summer to late fall. Woodgate 
and Aagaard  (  2005  )  estimated that this current, previously ignored, could add about 
0.01–0.02 Sv or 20% to the freshwater transport through Bering Strait.  

    4.3.3.4   The Canadian Arctic Archipelago 

 The narrow channels of the Canadian Arctic Archipelago connect the Arctic Ocean 
with the Baffi n Bay and the Labrador Sea and provide a second outlet for the less-
dense Arctic Ocean waters to the North Atlantic, which does not pass through the 
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Nordic Seas. In the fi rst half of the 1900s, it was assumed that the outfl ow through 
the archipelago was small, and in his mass balance for the Arctic Mediterranean, 
Sverdrup ignored the fl ow through the Canadian Arctic Archipelago and assumed 
that the water masses in Baffi n Bay derived from the Labrador Sea with a deep 
water renewal by local convection (Sverdrup et al.  1942  ) . 

 Baffi n Bay is a deep (>2,300 m) narrow bay connected to the Labrador Sea and the 
North Atlantic by the 600 m deep Davis Strait. Baffi n Bay is ice covered most of the 
year, and its upper layer has a temperature minimum close to freezing around 100 m 
with a salinity of ~33.6, indicating the depth of local winter convection. Below this 
low-salinity layer, a temperature maximum with temperatures of 2–3°C and a salinity 
of 34.5 is encountered, showing Atlantic water entering Baffi n Bay from the south in 
the West Greenland Current. Below sill depth, the temperature decreases to −0.45°C 
at the bottom with a salinity of 34.45 (Riis-Carstensen  1936 ; Kiilerich  1939 ). 

 The channels in the Canadian Arctic Archipelago are shallow, 100 m to 230 m, 
and covered by land-fast ice most of the year, but the low-salinity surface water pres-
ent in Baffi n Bay suggests an infl ow from the Arctic Ocean, and Sverdrup’s view was 
later challenged. Several estimates, from geostrophic computations and occasionally 
from current observations (Day  1968 ; Sadler  1976  ) , were made during the 1950s and 
1960s, either in the individual straits or in Baffi n Bay and Davis Strait, and have been 
summarised by Bailey  (  1957  ) , Collin ( 1962 ), Collin and Dunbar  (  1963  ) , Muench 
 (  1971  )  and Coachman and Aagaard  (  1974  ) . A net southward fl ow of 1–2 Sv was 
obtained but with large temporal variations and with indications that changes in the 
transports through the different passages may compensate each other. 

 Bailey  (  1956  )  noticed that the characteristics of the Baffi n Bay deep and bottom 
water were similar to those observed at 250 m in the Beaufort Sea and suggested 
that the deeper layers were supplied from the Arctic Ocean. This view has been 
contested by Bourke et al.  (  1990  )  and Bourke and Paquette  (  1991  )  who, during an 
expedition in 1986, did not observe any connection between the water found in the 
northern Nares Strait with the bottom water in Baffi n Bay even though the charac-
teristics were similar. They proposed, as did Sverdrup, that the Baffi n Bay deep and 
bottom water is formed by local convection. Since neither an advective renewal of 
the Baffi n Bay bottom water nor local convection has been observed in Baffi n Bay, 
the question is still open. Should the Arctic Ocean supply the deep and bottom water 
of Baffi n Bay, it would primarily be a contribution from the Barents Sea branch 
halocline water (Rudels et al.  2004a  ) . 

 Simple model estimates of the outfl ow through the Archipelago have been pro-
vided by Stigebrandt  (  1981  ) , who considered the entire Arctic Ocean and assumed a 
two layer geostrophically controlled outfl ow through Fram Strait and the Canadian 
Arctic Archipelago. He found the outfl ow through the archipelago to be larger (2 Sv) 
than that through Fram Strait (1.5 Sv). Rudels  (  1986b  )  assumed geostrophic two-layer 
fl ow through the channels in the archipelago as well as through Davis Strait and com-
bined this with a heat, mass and salt balance for Baffi n Bay, fi nding an outfl ow in the 
upper layers of 0.7 Sv and postulating an additional deeper outfl ow of 0.3 Sv. Steele 
et al.  (  1996  )  estimated the freshwater balance in different parts of the Arctic Ocean, 
assuming geostrophic transports across the boundaries between the different areas. 
They obtained an outfl ow of low-salinity water through the archipelago of 0.54 Sv. 
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 All transports through the Canadian Arctic Archipelago must cross the sills at one 
(or two) of six constrictions – Bellot Strait, Barrow Strait (Lancaster Sound), Wellington 
Channel, Cardigan Strait and Hell Gate (Jones Sound) and Kennedy Channel (Nares 
Strait). As Bellot Strait cross-section is small compared to the other straits and 
Wellington Channel enters into eastern Barrow Strait, monitoring surveys of the fl uxes 
through the archipelago have been concentrated on the three main pathways: Kennedy 
Channel, Hell Gate and Cardigan Strait and eastern Barrow Strait (Fig.  4.14 ).  

 In the early 1980s, efforts were made to reference geostrophic calculations to 
measure currents in a number of channels (Prinsenberg and Bennett  1987 ; Fissel 
et al.  1988  ) . Four factors posed signifi cant challenges to the technology available at 
that time – unsatisfactory direction reference, small (less than 5 km) coherence scales 
for the fl ows, large seasonal variability and the logistics. However, a general pattern 
emerged from this study; currents near the surface fl ow towards Baffi n Bay on the 
right-hand side of channels (looking south-east), and counter fl ow on the left-hand 
side creates a generally cyclonic circulation within the channels of the archipelago. 
In the late 1980s and early 1990s, the Bedford Institute of Oceanography ran a large 
hydrographic and mooring programme in Baffi n Bay. The current metre moorings 
were mostly concentrated to Davis Strait, but deployments were also made in the 
central and northern Baffi n Bay. The net volume transport through Davis Strait, 
based upon these current measurements, was 2.4 Sv (Tang et al.  2004  ) . 

 Successful year-round use of acoustic Doppler profi ling sonar in the Arctic 
(Melling et al.  1995  )  has stimulated new initiatives in measuring fl ow within the 
Archipelago. An RDI Work Horse ADCP was deployed on one of two moorings in 

  Fig. 4.14    Map showing the Canadian Arctic Archipelago and the main choke points       
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Smith Sound during the North Water Project, and in 1998, Fisheries and Oceans, 
Canada began a mooring study in Cardigan Strait and in eastern Barrow Strait. 
Along with the re-deployments in Cardigan Strait, the combined work established 
for the fi rst time simultaneous observations in two of the three pathways through the 
archipelago with two goals: (1) to develop a reliable and cost-effective method of 
measuring current direction near the geomagnetic pole and (2) to acquire a better 
knowledge of the structure of Arctic channel fl ows. 

 For shallow straits, torsionally rigid moorings for ADCPs, holding the instru-
ment at a fi xed geographic heading so that a geomagnetic direction reference is not 
needed, have been successfully used. The unique mooring was designed to meet the 
special challenges of the environment. It is compact, rising less than 4 m from the 
seafl oor to minimise vulnerability to icebergs and to reduce sensitivity to the strong, 
2–3 ms −1 , currents. The Work Horse Monitor and in later years a 75-kHz Work 
Horse Long Ranger both of RD Instruments are mounted in gimbals to remain 
zenith-pointing despite lay-down of the mooring in strong current. A universal joint 
in the backbone permits the mooring to stand upright regardless of seabed  roughness 
and slope (Melling  2004  )  (Fig.  4.15 ).  
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2500-lb chain clump

130 m

  Fig. 4.15    Sketch of 
torsionally rigid mooring 
(Adapted from Melling 2004)       
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 A second method to measure current direction near the magnetic pole especially 
for mid-water fl ow has been developed for the eastern Barrow Strait moorings 
(Hamilton  2001  ) . The system uses precision heading reference systems to measure 
the orientation of ADCPs mounted in streamlined buoyancy packages. The  measured 
magnetic heading is then adjusted for the varying declination with measurements 
from the Natural Resources Canada (NRCAN) geomagnetic observatory in Resolute 
to obtain direction relative to true north which, at the mooring site, varies by as 
much as ±30° over the course of a day. Thus, three commercially available products 
have been combined into a single package to provide reliable current direction and 
speeds in areas with any depths where the horizontal component of the earth’s mag-
netic fi eld is too low for conventional instrumentation to be useful. 

 Yearly mean fl ows through Cardigan Strait and Hell Gate during 1998–2002 
show little year-to-year variations (Melling  2004  ) . Shear is concentrated near the 
seabed and surface and suggested to be generated near the bottom by the benthic 
drag and by hydraulics at the sill. The surface shear is in part a consequence of 
wind, which accelerates between the high lands bordering the straits. The surface 
velocity is derived from tracking ice, which is sometimes land-fast, and the effect of 
annual averaging is not the same as for the current. Figure  4.16  displays the varia-
tion of a 15-day average current at 85 m depth for Hell Gate and Cardigan Strait. 
This measure of fl ow is clearly covariant in Cardigan Strait and Hell Gate, but the 
amplitude of the variation in Hell Gate is less than one seventh of that in Cardigan 
Strait, only 17 km away.  
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  Fig. 4.16    15-day average of the current at 85 m depth in the Cardigan Strait and in the Hell Gate  
(Adapted from Melling 2004)       
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 With support from the US National Science Foundation and from Fisheries and 
Oceans Canada, insights and technology from the study in Cardigan Strait and Hell 
Gate are being applied to the measurement of the fl uxes of volume, freshwater and 
heat through Nares Strait, the third major pathway through the archipelago (Melling 
 2004  ) . Twenty-three moorings were deployed during a 4-week expedition using the 
USCGC  Healy  in the summer of 2003. Eight torsionally rigid moorings carrying 
75 kHz Long Ranger ADCPs were positioned at 5 km spacing across southern 
Kennedy Channel. These moorings were interleaved with eight taut-line moorings 
rising to 30 m depth and carrying SBE37 temperature-salinity-pressure recorders. 
In addition, two moorings carried ice-profi ling sonar to measure the fl ux of freshwa-
ter by ice (Melling and Riedel  1996 ). Nestled into sheltered coastal locations were 
5 very stable moorings carrying instruments to measure the total hydrostatic pres-
sure (plus temperature and salinity). The deployment of the mooring array went 
according to plan, but the intended recovery from the ice in spring had to be can-
celled, and the camp abandoned due to high-speed winds. This postponed the recov-
ery by more than a year. However, the instruments were eventually recovered, and 
the measurements are being analysed (Müchow et al.  2006 ; Müchow et al.  2007 ; 
Müchow and Melling  2008 ; Melling et al.  2008  ) . 

 At the mooring array in eastern Barrow Strait, the channel is 65 km wide and 
reaches a maximum depth of 285 m. Mobile and land-fast pack ice conditions are 
normally found for 10 months of the year. Salinity and temperature profi les collected 
during the August surveys showed that the coldest water (−1.7°C) was located at mid-
depth, had a salinity of 32.8–33.0 and represented remnants of the  winter-surface-mixed 
layer. Above this water mass, a very stable surface layer, diluted by ice melt and local 
runoff and warmed by summer heating, was found. The warmest and least saline 
water was observed at the surface along the two coasts, indicating the existence of 
coastal currents along both shores. Below the cold mid-depth water mass, the water 
became warmer and saltier with depth. This warmer deep water had entered the area 
from northern Baffi n Bay. Geostrophic current fi eld derived from the August 1998 
density distribution shows an eastward-fl owing current decreasing with depth that 
extends from the southern shore of Lancaster Sound to two-thirds of the way across 
the sound. A depth-varying current along the northern shore appears to be restricted to 
one-third of the northern part of the sound (Prinsenberg and Hamilton  2004  ) . 

 Seasonal mean velocity profi les, derived from the daily mean along-strait data, 
show that different fl ow regimes exist at the two sides of the sound and that the 
 currents exhibit seasonal and inter-annual variability. Along the southern shore, the 
yearly mean and seasonal fl ows are eastward, very homogeneous and mainly 
 barotropic. Along the northern shore, the seasonal mean fl ow is weak, variable and 
baroclinic and generally westward in the surface and bottom layers. As was seen 
earlier in the geostrophic fl ow fi eld, the strongest eastward fl ow along the southern 
shore occurs during the late summer, while along the northern shore, a defi nite 
three-layer fl ow regime exists. 

 To estimate fl uxes from site-specifi c time series, it is assumed that the  site-specifi c 
mooring data can represent, through weighting, the cross-sectional fl uxes. Preliminary 
analysis of data from August 2001 to August 2002 of a modifi ed array provided 
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 surface layer (0–60 m) current measurements from ¼ to ½ way across the strait as 
well as measurements at the southern and northern sites. A preliminary look at this 
data indicates that in winter and spring the eastward currents are similar across the 
southern two-thirds of the strait, while in summer and fall, the southern array should 
be reduced to 55% to represent the mean currents observed over two-thirds of the 
strait. The estimated transports of volume, heat and freshwater, calculated relative to 
34.8 and −0.1°C, through Lancaster Sound during 3 years, are shown in Fig.  4.17 .  

  Fig. 4.17    Flux estimate through Barrow Strait over a 4-year period, August 1998 to August 2002 
(Adapted from Prinsenberg and Hamilton 2004)       
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 A regional numerical model was developed for the Canadian Arctic Archipelago 
to provide a basis for evaluating the mooring programmes and to extrapolate ocean-
ographic properties through the entire domain, as not all areas can be instrumented. 
The intent is to calibrate the model with the mooring observations to present day 
conditions and then to simulate changes in sea-ice regime and oceanography within 
the archipelago due to global climate change. The modelling work has successfully 
simulated the barotropic tidal heights and currents as well as the mean circulation 
(and fl uxes) in response to sea level difference between the Arctic Ocean and Baffi n 
Bay (Kliem and Greenberg  2003  ) . The model is diagnostic, and the temperature and 
salinity fi elds are thus treated as fi xed in time and used as forcing for the model. The 
open boundaries in the Arctic Ocean and Baffi n Bay have both infl ow and outfl ow 
regions. The infl ow is given by prescribing the elevation along the boundary as 
specifi ed for summer conditions by a large-scale ocean model (Holloway and Sou 
 2002  ) . The simulations highlight the huge impact of the density fi eld on the fl ow, 
emphasising the importance of the baroclinic forces. Secondly, the fl uxes depend on 
the Arctic Ocean–Baffi n Bay elevation difference, and a 5-cm Baffi n Bay set-down 
can double the fl uxes (Kliem and Greenberg  2003  ) . The actual value is unknown but 
may be accessible once GPS referenced tide gauge data become available. 

 Fluxes derived from these observations in eastern Barrow Strait, and to a lesser 
extent in Cardigan Strait and Hell Gate, show large seasonal and inter-annual vari-
ability. Model simulations indicate that summer fl uxes through the eastern Barrow 
Strait make up 35% of the fl ux through the Canadian Arctic Archipelago (Kliem 
and Greenberg  2003  ) . Other models with different grid sizes and differently simu-
lated physical processes indicate that fl uxes through eastern Barrow Strait can be up 
to 50% of the total fl uxes through the archipelago (Maslowski  2003  ) . If these frac-
tions also apply to the yearly mean fl uxes (0.7 Sv), this indicates that the yearly 
mean volume fl ux through the archipelago would range from 1.4 to 2.0 Sv, similar 
to present literature values (Melling  2000 ; Prinsenberg and Bennett  1987  ) . The 
archipelago model indicates 0.3 Sv through Jones Sound (sum of Hell Gate and 
Cardigan Strait). A 10-cm set-down is required to match the estimated summer fl ux 
of 1.0 Sv through eastern Barrow Strait (Kliem and Greenberg  2003  ) . Both data sets 
thus indicate a Baffi n Bay set-down in sea surface relative to the Arctic Ocean that 
is not simulated by existing coarse global models.    

    4.4   The Arctic Ocean as Part of the Arctic Mediterranean Sea 

 The larger Arctic Mediterranean Sea comprises not only the Arctic Ocean but also 
the Nordic Seas; the Greenland, Iceland and Norwegian Seas. In the fi rst part of the 
twentieth century, the part played by the Arctic Mediterranean in the global circula-
tion was assumed small, as was refl ected in the mass balance for the Arctic 
Mediterranean compiled by Sverdrup in ‘The Oceans’ (Sverdrup et al.  1942  ) . He 
estimated that 3 Sv entered the Arctic Mediterranean from the North Atlantic and 
0.3 Sv from the North Pacifi c through Bering Strait. Net precipitation and runoff 
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were estimated to be 0.09 Sv and 0.16 Sv, respectively. The outfl ow, 3.55 Sv, was 
assumed to occur almost exclusively through Denmark Strait and to consist mainly 
of less-saline surface water. The amount of dense overfl ow water from the Arctic 
Mediterranean to the North Atlantic was considered negligible, and the North Atlantic 
Deep Water was believed to form in the North Atlantic southeast of Greenland. 

 This view has been completely revised. The infl ow from the North Atlantic is 
now estimated to be 8 Sv, and most of it, 75%, returns as dense overfl ow water, 3 Sv 
between Scotland and Iceland and 3 Sv through Denmark Strait. The rest is trans-
formed into less-dense water masses (Hansen and Østerhus  2000  ) . The Bering Strait 
infl ow is estimated to be 0.8 Sv, implying an outfl ow of 3 Sv of less-dense polar 
water, which likely is divided equally between Denmark Strait and the Arctic 
Archipelago (Hansen and Østerhus  2000  ) . These fi ndings indicate that the Arctic 
Mediterranean, together with the Southern Ocean, ventilates the deep world ocean. 
The Southern Ocean supplies the bottom waters and the Antarctic Intermediate 
Waters (AAIW), while the deep waters between 1,500 and 4,000 m derives from the 
Arctic Mediterranean, with less-dense additions from the Mediterranean outfl ow 
and from the Labrador Sea (Worthington  1976 ; Talley and McCartney  1982 ; 
McCartney and Talley  1984  ) . In recent years, the possibility that the deep convec-
tion taking place in the Irminger Sea, in the northern limp of the subpolar gyre, also 
contributes to the North Atlantic Deep Water has again been revived (Pickart et al. 
 2003  ) . However, the major contribution to the North Atlantic Deep Water are the 
overfl ows crossing the Greenland–Scotland Ridge, mainly in Denmark Strait and 
through the Faroe–Shetland Channel, and the ambient water entrained into the 
descending overfl ow plumes (Dickson and Brown  1994  ) . 

 In the early 1980s, it was widely assumed that the intermediate convection in 
the Nordic Seas, especially in the Iceland Sea, supplied the Denmark Strait over-
fl ow water (Swift et al.  1980 ; Swift and Aagaard  1981  ) , while the deep water 
formed in the Greenland Sea contributed to the deep waters of the Nordic Seas and 
the Arctic Ocean (Nansen  1906 ; Wüst  1941 ; Kiilerich  1945 ; Mosby  1959  ) . The 
insights gained in the 1980s have shown that the Arctic Ocean is a source of deep 
water and that the Arctic Ocean and the Greenland Sea both contribute to the for-
mation of the Norwegian Sea Deep Water (NSDW) (Aagaard et al.  1985 ; Rudels 
 1986a   ; Swift and Koltermann  1988  ) . The deep fl ow through Fram Strait goes in 
both directions, exchanging deep waters between the two source regions. Since the 
depths of the basins are larger than the sill depth in Fram Strait, the bottom waters 
in the Arctic Ocean basins and in the Greenland Sea are locally produced and very 
distinct, the Arctic Ocean deep and bottom waters being warmer and more saline 
than the Greenland Sea bottom water. This deep circulation was, however, thought 
mainly confi ned to the Arctic Mediterranean. 

 During the Greenland Sea project in the late 1980s and the early 1990s, saline 
deep water from the Arctic Ocean was observed in Denmark Strait (Buch et al. 
 1996  ) , and the possibility that the Arctic Ocean could contribute directly to the 
overfl ow was then considered seriously. This had been suggested earlier by Rudels 
 (  1986a  )  based on continuity arguments, and it had been implicit in all work on the 
deep circulation in the Arctic Mediterranean from the late 1980s (Aagaard et al. 
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 1985 ; Smethie et al.  1988 ; Heinze et al.  1990  ) . It is not possible to continuously 
produce deep and bottom water without allowing it to exit somewhere. 

 Mauritzen  (  1996a,   1996b  ) , using an inverse box model, concluded that the 
Atlantic layer in the Arctic Ocean and the Atlantic water recirculating in Fram Strait 
were the main suppliers of the Denmark Strait overfl ow water. In this model, the 
contributions from the central gyres in the Greenland and Iceland seas were found 
almost negligible. Anderson et al.  (  1999  )  estimated the Arctic Ocean contribution to 
the overfl ow water using a plume entrainment model constraint with CFCs and 
concluded that the Arctic Ocean likely supplied about 40% of the overfl ow water. 

 The question of the importance of the different source areas is, however, far from 
settled. In addition to the time variability in the source waters, the overfl ow waters 
may also be drawn from different sources at different periods. This is especially the 
case for the Denmark Strait overfl ow water. Rudels et al.  (  2002  )  examined the dif-
ferent waters in the East Greenland Current and found that, in 1998, the Arctic and 
Recirculating Atlantic waters (AAW & RAW) and the upper Polar Deep Water 
(uPDW) were light enough to cross the Jan Mayen Fracture Zone and the sill in 
Denmark Strait. The Canadian Basin Deep Water was mostly too dense to cross the 
Jan Mayen Fracture Zone and remained in the Greenland Sea, while Arctic 
Intermediate Water from the Greenland Sea entered the East Greenland Current and 
crossed the sill into the Iceland Sea. Water masses too dense to cross the sill in 
Denmark Strait then fl ow eastward north of Iceland into the Norwegian Sea (Rudels 
et al.  1999c  ) . The densest water crossing the sill appears to be transported by a nar-
row barotropic jet formed north of Iceland (Jónsson and Waldimarsson  2004  ) , but 
whether this means that the jet carries waters formed in the Iceland Sea or the deeper 
part of the East Greenland Current is shifted towards Iceland north of the strait 
before it crosses the sill was not clarifi ed by the end of the ACSYS decade. 

 The intensifi ed observational activity during the decades at the turn of the mil-
lennium has revealed changes also in the characteristics of the deep waters in the 
Arctic Mediterranean, especially in the smaller basins in the Nordic Seas. Rudels 
et al.  (  1999c  )  examined data from the Greenland Sea taken in the late 1980s and 
concluded that, at least in 1988, a ventilation deeper than 2,000 m had occurred 
(see Fig.  4.18 ). The deep salinity maximum, deriving from the Eurasian Basin 
Deep Water (EBDW), had been reduced, and the Arctic Intermediate Water 
formed this year was denser than the Canadian Basin Deep Water (CBDW), which 
did not penetrate into the basin but remained at the slope, staying high enough to 
partly cross the Jan Mayen Fracture Zone and enter the Iceland Sea and then con-
tinue towards Denmark Strait (Rudels et al.  1999c  ) . In 1993, the convection was 
limited to the upper 1,000 m, and the deep salinity maximum became more saline 
and shifted downward. Rudels  (  1995  )  and Meincke et al.  (  1997  )  suggested that 
the absence of deep convection relaxes the high-density dome in the central 
Greenland Sea. The isopycnals, and the salinity maximum, then move downward, 
and the EBDW at the rim can penetrate, isopycnally, into the central gyre without 
its salinity being reduced by the input of convecting, less-saline and colder water 
from above. The volume of the Greenland Sea Bottom Water (GSBW) below the 
salinity maximum has decreased, and its temperature and salinity have increased. 
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This agrees with the observations made on transient tracers, which suggest a 
reduction of the Greenland Sea deep water formation (Schlosser et al.    1991   ; 
Bönisch and Schlosser  1995 ; Bönisch et al.  1997 ). Meincke et al.  (  1997  )  used the 
changes in the salinity  maximum to estimate the strength of the mechanically 
driven diapycnal mixing in the deep Greenland Sea and obtained a surprisingly 
large vertical diffusion coeffi cient, K 

v
   »  3.7 × 10 −3  m 2  s −1 . It should be emphasised 

that the EBDW and CBDW signals encountered in the Greenland Sea are much 
diluted by mixing in Fram Strait and along the Greenland slope from Fram Strait 
to the Greenland Sea, and probably less than 10% of the water in the temperature 
and salinity maxima comes from the Canadian and Eurasian basins.   

 After 1993, an intermediate temperature maximum started to develop in the 
Greenland Sea, indicating that Canadian Basin Deep Water (CBDW) was penetrating 
from the rim into the central gyre and that the convection in the Greenland Sea was 
producing intermediate water, less dense than the CBDW (Rudels  1995  ) . This was a 
change from the 1980s, when the Arctic Intermediate Water (AIW) was denser than the 
CBDW and less CBDW entered the Greenland Sea Gyre, and the part that did enter the 
central basin was redistributed vertically by the deeper reaching local convection 
(Rudels et al.  1999c  ) . The temperature and salinity of the CBDW-derived temperature 
maximum have gradually increased, and the maximum has been shifted towards deeper 
levels (Budéus et al.  1998  ) . A possible cause for this downward displacement could be 
that the recent Greenland Sea convection has been confi ned to levels above the tem-
perature maximum and that it is easier to bring water at the surface into the central 
Greenland Sea than remove it as AIW at intermediate levels, causing the storage and 
the thickness of the AIW layer in the Greenland Sea to increase with time (Fig.  4.18 ). 

 In 1996, low-salinity surface water was present in the Greenland Sea due to a large 
ice export through Fram Strait during the winter of 1994/1995, and ice formation 
occurred in the winter of 1996/1997. This led to a deepening of the convection from 800 
to 1,200 m, and a less-saline, thick intermediate layer of Arctic Intermediate water was 
created. The winter of 1996/1997 was also the fi rst winter after the Tracer Release 
Experiment in the Greenland Sea, when a cloud of SF 

6
  was injected at the 28.049  s  

 q 
  

surface. In the centre of the Greenland Sea Gyre, the convection reached deeper than this 
density surface, and the maximum tracer concentration was shifted to deeper (denser) 
levels, while outside of the gyre the SF 

6
 , except for turbulent diffusion, remained on the 

initial density surface (Watson et al.  1999  ) . This suggests that the convection in 1996/1997 
was mainly haline, penetrating through the SF 

6
  cloud, entraining intermediate, SF 

6
  rich, 

water and bringing it to denser levels. The convection in the following years has been 
thermal and reached 1,600 m to 1,800 m, except locally within deeper vortices to be 
discussed below. The convecting water, the AIW, has been less dense than the CBDW, 
and the ventilated layer has remained above the temperature maximum. 

 A question, which has been ignored lately because of the presently almost ice-
free conditions in the Greenland Sea, is the importance of ice formation for deep 
convection in the Greenland Sea. Most of the deep waters in the world ocean derive 
from high latitudes, where the stratifi cation in the upper layers is in salinity, not in 
temperature, and ice formation is necessary to attain suffi ciently high surface densi-
ties to induce convection, on the shelves and slopes as well as in the deep basins 
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  Fig. 4.18    Changes in the  Q S properties in the water column in the central Greenland Sea between 
1988 and 2002. ( upper left ) potential temperature profi les, ( upper right ) salinity profi les, ( centre 
left ) potential density profi les referenced to the sea surface, ( centre right ) potential density profi les 
referenced to 3,000db ( lower panel )  Q S curves. The cyan station is from a winter station in 1988 
with active convection down to 1,250 m (see also Rudels et al. 1989), while the  blue station  is from 
June the same year, indicating that the convection eventually reached deeper than 2,000 m. The 
 green station  is from 1993, the  violet  from 1997, the  grey-blue  from 1998 and the  yellow  from 
2002, showing the advent and the deepening of the mid-depth temperature maximum derived from 
the Canadian Basin Deep Water, as well as the increase in temperature and salinity of the deeper 
layers due to infl ow of EBDW. The red station is from the continental slope in 2002 showing the 
CBDW characteristics as it enters the Greenland Sea Gyre. The colder, less-saline layer found 
close to the bottom at the slope has the same characteristics as water at 3,300 m in the central 
Greenland Sea Gyre. This indicates that the previous doming of the isopycnals towards the surface 
in the central Greenland Sea, prominent in previous years, has now in the deeper layers been 
replaced by a depression of the isopycnals as a response to the infl ow of Arctic Ocean deep waters 
and the accumulation of AIW in the upper part of the water column. The salinity and the tempera-
ture of the Arctic Intermediate Water have increased after the haline convection event in 1997. The 
upper, convectively ventilated part of the water column has become more homogenous and less 
stable during the thermal convection operating in recent years compared to the haline convection 
that occurred e.g. in 1988 (Adapted from Rudels 2010)       

  Fig. 4.19    ( a ) Positions of stations shown in Fig.  4.2 . ( b ) Positions of stations shown in Fig.  4.4 .
( c ) Positions of stations shown in Fig.  4.7 . ( d ) Positions of stations shown in Fig.  4.9        
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(Rudels  1993  ) . Carmack  (  2000  )  separated the world ocean in a mid-latitude  a -ocean 
and a high-latitude  b -ocean,  a  and  b  being the coeffi cients of heat expansion and 
salt contraction, respectively, where the stability was determined by either heat or 
salt, and pointed out that the open ocean deep convection sites were mostly located 
at the boundary between these two oceans. Is the deepest convection expected to 
occur on the  a -side or on the  b -side of the boundary? 

 In the Greenland Sea, the common assumption has been that ice-free conditions 
lead to larger heat loss and to deep thermal convection into a weakly stratifi ed water 
column, where the density surfaces dome upwards, preconditioned by the wind 
(Nansen  1906 ; Helland-Hansen and Nansen  1909 ; Mosby  1959 ; Killworth  1979 ). 
Rudels  (  1986a  )  and Aagaard and Carmack  (  1989  )  pointed out that for the same heat 
loss, the density increase of a water parcel due to ice formation and brine release is 
substantially larger than that due to cooling. If the ice cover never grows thick 
enough to signifi cantly lower the heat fl ux to the atmosphere, ice formation would 
be more effi cient in creating dense water. 

 Rudels  (  1986a  )  noted the deep salinity maximum always present in the 
Greenland Sea water column and suggested that the density anomalies created by 
brine rejection lead to a large-enough density increase in the upper layer that it 
could convect through and bypass the intermediate layers below, in the case of 
bottom water formation also through the salinity maximum, instead of gradually 
deepening into the underlying water. As the upper layer is emptied into the deep, 
warmer intermediate water is brought to the surface and starts to melt ice, 
re-forming the less-saline surface layer that again becomes cooled to freezing 
temperature. Ice formation recommences and a new deep convection event occurs. 
This would continue until so much freshwater is convected into the deeper parts 
of the water column that the surface layer does not reach the freezing point before 
the water column becomes unstable and convects (Rudels et al.  1999b  ) . A stage of 
thermal convection with a slow deepening of the mixed layer then begins, which 
does not allow for any further deep convection events and for renewal of the deep 
and bottom waters, unless the thermal convection manages to homogenise the 
entire water column before the end of winter. The mainly ice-free conditions dur-
ing the last 10 years have prevented any rigorous test of these ideas and they 
remain speculations. 

 There could be several causes behind the recent reduced convective deep and 
bottom water renewal in the Greenland Sea. The most obvious cause would be that 
the climate has become warmer, leading to less cooling and less dense water forma-
tion. The high NAO + state during the 1990s with warmer, windier winters and more 
precipitation could also reduce the salinity, and density, of the surface water in the 
Greenland Sea. Disregarding variability and changes in the atmospheric forcing, the 
largest difference between the 1980s and the present is the thick >1,000 m upper 
layer with higher temperature and initially a fairly low salinity, which likely was 
established after the large freshwater import from the Arctic Ocean in 1994/1995. 
The density difference between this layer and the temperature maximum below is so 
great that cooling of the entire layer to freezing temperature is required to reach the 
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density of the temperature  maximum. The heat content in the upper layer is too 
large for this to occur during one winter, and in the last years the convection in the 
Greenland Sea has been thermal and confi ned to above the intermediate temperature 
maximum. 

 During the last few years, several, deep homogenous vortices have been observed 
in the Greenland Sea. These vortices are 10–20 km in diameter, and some have 
penetrated down to 2,400 m. They are denser than their surroundings in their upper 
part and less dense in their lower part, and the isopycnals below the vortices are 
depressed (Gascard et al.  2002 ; Wadhams et al.  2002 ; Budéus et al.  2004  ) . Apart 
from a much larger vertical extent, they are similar to the mesoscale eddies observed 
in the Arctic Ocean (see above, Sect.  4.2 ). The water mass characteristics of the 
eddies can be reproduced by a mixing of about 1/3 surface water with 2/3 intermedi-
ate water (Gascard et al.  2002  ) . This suggests a homogenisation of the water column 
by convection. However, the scales of the meteorological forcing are larger than 
20 km, and to create such a localised convection, the water column must be precon-
ditioned on that scale. Wadhams et al.  (  2002  )  proposed that the passage of interme-
diate water between the Boreas Basin and the Greenland Basin through a narrow 
gap in the Greenland Fracture Zone might spin up the intermediate water and bring 
it closer to the surface. This is somewhat similar to the suggestion by  D’Asaro 
(1988)  for formation of the Arctic eddies by a frictional spin-up of dense Bering 
Strait infl ow water in the Barrow Canyon. The possibility for the convection to 
locally break through the surface layer and homogenise a narrow water column thus 
increases. Once the convection has commenced, the surface water from a larger area 
may convect down the funnel, increase the depth of the convection and depress the 
isopycnals below the maximum convection depth. In summer, the eddy will be cov-
ered by a less-dense surface layer, which will be rapidly removed the next fall, and 
the eddy will be further cooled and ‘recharged’ thus being able to survive several 
seasons. Because their density is lower than that of the mid-depth temperature max-
imum, these vortices do not appear to be the mode by which the deep and bottom 
waters of the Greenland Sea might locally be renewed. It is also not known how 
much they contribute to the formation of Arctic Intermediate Water that presently 
takes place in the Greenland Sea. The nature of these eddies and of the convection 
is presently subject to intense research. 

 Contrary to the earlier situation, when the isopycnals domed upwards toward the 
sea surface, the density surfaces in the Greenland Sea below the AIW now are 
depressed downwards (Budéus and Ronski  2009 ). The wind stress curl, which has 
commonly been assumed to cause the doming of the isopycnals, has not, except 
during some years in the mid 1980s, shown any sign of decreasing (Jakobsen et al. 
 2003  )  and should be as effective in creating a doming of the density surfaces in the 
Greenland Sea as in the 1970s. This suggests that the dome of dense deep water 
observed earlier would rather be due to the active formation and convection of 
denser water than an effect of wind forcing. 

 The formation of Arctic Intermediate Water (AIW) has also led to a freshening 
of the Norwegian Sea (Blindheim et al.  2000 ; Mork and Blindheim  2000  ) . The 
intermediate and deep waters have become less dense, and the isopycnals crossing 
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the Iceland–Scotland Ridge at the Faroe–Shetland Channel have been displaced 
downwards. The pressure head driving dense water through the Faroe–Shetland 
Channel then becomes reduced, which could lead to a decrease in the overfl ow. 
A possible slowing down of the Faroe–Shetland overfl ow has also been reported 
(Hansen et al.  2001  ) . However, this trend appears to have been reversed in recent 
years (Hansen and Østerhus  2007  ) . The strength of the Denmark Strait overfl ow has 
remained unaffected, and a slowdown of the Meridional Overturning Circulation 
has not been documented (Dickson et al.  2008b  ) . 

 The importance of the Arctic Ocean freshwater balance for the Atlantic 
Overturning Circulation has been the focus of much recent research (Peterson 
et al.  2006 ; Serreze et al.  2006 ; Dickson et al.  2007  ) . The freshwater discharged 
into the Arctic Ocean is exported as ice and as liquid water within the water col-
umn. Will a reduced ice cover affect the distribution of the fl uxes between these 
two routes and will this lead to a change in the residence time of the freshwater 
in the Arctic Ocean, and in what direction? Will such a change infl uence the 
convection in the downstream ventilation sites, the Greenland Sea and the 
Labrador Sea? Will the freshwater be only temporarily stored in the Nordic Seas 
and then continue with the overfl ow water into the North Atlantic, causing 
changes like the recently documented freshening of the North Atlantic Deep 
Water (Curry et al.  2003  ) ? 

 Many sources, in the Arctic Ocean as well as in the Nordic Seas, contribute 
to the overfl ow (Rudels et al.  2002 ; Rudels et al.  2003  ) , and also the Arctic 
Intermediate Water presently created in the Greenland Sea, in spite of its reduced 
density, is still dense enough to barely pass the sill in the Denmark Strait. SF 

6
 , 

which has become an identifi er of the AIW and its spreading into the Iceland 
and Norwegian seas and into the Arctic Ocean through Fram Strait, has been 
followed. The main export appears to be towards the Arctic Ocean, not towards 
the Norwegian and Iceland seas and the Greenland–Scotland Ridge (Messias 
et al.  2008 ; but see also Marnela et al.  2008  ) . This suggests that the main part of 
the AIW makes a loop into the Arctic Ocean, or at least into Fram Strait, before 
it joins the East Greenland Current and becomes transported southward. The 
direct southward transport of SF 

6
  reached the Greenland–Scotland Ridge fi rst in 

Denmark Strait and later in the Faroe–Shetland Channel. It appears, however, 
that the SF 

6
  fi rst crossed the ridge into the North Atlantic through the Faroe–

Shetland Channel and only later through Denmark Strait (Messias et al.  2008  ) . 
In the Arctic Mediterranean Sea, the overall production and storage of water 
dense enough to supply the Greenland–Scotland overfl ow thus do not appear to 
have diminished, and the renewal of the North Atlantic Deep Water and the 
forcing of the Meridional Overturning Circulation are not presently threatened.      
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