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Abstract
A quantitative understanding of the principle factors that govern their
geochemical behavior is required to employ boron and its isotopes as
geochemical tracers of any vapor-, liquid- or melt-mediated process in the
Earth’s interior. Feedback between experiments and computational
predictions are required to gain insight into the processes driving isotope
partitioning. This chapter comprises methods and results of selected
experimental studies and first principles atomistic modeling techniques
aimed at determining and predicting temperature-, pressure-, and
pH-dependent B-isotope fractionation among B-bearing geomaterials.

3.1 Introduction

One of the fundamental tasks in Geosciences is
unraveling the transport of Earth’s materials and
their interactions with the dynamic, evolving
Earth system. For any sophisticated description
of geochemical cycles, knowledge of the distri-
bution of elements and isotopes among geoma-
terials is a prerequisite to understand the

underlying mechanisms and laws that govern
their interactions. The light element boron is
highly fluid-mobile and tends to strongly parti-
tion into the fluid phase during fluid-rock inter-
action processes (e.g., Mottl and Holland 1978).
The two stable isotopes, 10B and 11B, differ in
their atomic mass by 10%. Consequently, boron
isotopes strongly fractionate during geological
processes, thereby leading to natural d11B-var-
iations of about 100‰ (Barth 1993; Palmer and
Swihart 2002). Therefore, B isotopes have great
potential for modeling geochemical cycles and
are widely used as geochemical tracers to unravel
processes operating at the surface, as well as in
the deeper crust and mantle (e.g., Leeman and
Sisson 2002; Palmer and Swihart 2002).

Arc magmas, for example, are typically enri-
ched in B relative to fresh mid-ocean ridge
basalts and mantle (e.g., Ryan and Langmuir
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1993). In addition, the boron concentration in arc
magmas often systematically decreases with
increasing distance to the underlying old and
cold subducting plates (e.g., Rosner et al. 2003).
This indicates continuous dehydration within
these slabs during the breakdown of (OH, B)-
bearing minerals (e.g., micas, serpentine) with
increasing depth. Furthermore, 11B preferentially
fractionates into hydrous fluids relative to the
co-existing minerals, and arc magmas are suc-
cessively depleted in the heavy 11B with pro-
gressing subduction (e.g., Ishikawa and
Nakamura 1994). Both observations indicate that
B is transported from subducted sediments
and/or altered oceanic crust into the magma’s
source region by a fluid or melt. As those
reservoirs show different B concentrations and
d11B-values (Palmer and Swihart 2002), B and
its isotopes are ideal geochemical tracers for
tracking the source and to quantify the mass flux
from the slab into the mantle wedge and finally to
the surface. Details of a large body of work on
this topic are presented in this book (De Hoog
and Savov 2017).

Another important natural process, which
strongly fractionates B isotopes, is the interaction
of seawater with various solid marine compo-
nents (e.g., biogenic carbonates, clays, oxides) at
near surface conditions. The isotopic composi-
tion of seawater is governed by the B isotope
exchange between the two main aqueous
B-species, B(OH)3 and [B(OH)4]

−, which can be
expressed as:

10B OHð Þ3 þ 11B OHð Þ4
� ��

$ 11 B OHð Þ3 þ 10B OHð Þ4
� ��

: ð3:1Þ

This reaction in turn controls the isotopic
composition of geomaterials in contact with sea-
water through fractionation during surface
adsorption and/or a structural exchange mecha-
nism. As the B-isotopic fractionation factor awith

a ¼ 11B OHð Þ3= 10B OHð Þ4
� ��� �

= 11B OHð Þ4
� ��

=10B OHð Þ3
� � ð3:2Þ

strongly depends on pH, paleo-pH values of
seawater can be reconstructed from the
B-isotopic composition of biogenic carbonates in
marine sediments (e.g., Hemming and Hanson
1992; Spivack et al. 1993; Gaillardet and Allègre
1995; Sanyal et al. 1995; Palmer et al. 1998).
Three chapters within this book (Branson 2017;
Rae 2017; McCulloch 2017).

The use of such carbonate archives is a key to
the understanding of past and present climate
changes (e.g., Lea 2003), whereas the first
example is used to expand geochemical models
in subduction-zone regimes (e.g., Marschall et al.
2007; Konrad-Schmolke and Halama 2014).
Both, either require the assumption of isotope
equilibrium or quantitative knowledge of pH-,
temperature-, and pressure-dependent equilib-
rium B-isotope fractionation among the various
phases of interest in order to identify
disequilibrium.

The establishment of B-isotope fractionation
data has progressed via two different routes,
namely by laboratory experiments and by com-
putational modeling. In the first part of this
chapter, we present methods and results from
selected experimental studies, designed to deter-
mine B-isotopic fractionation data at low to high
temperatures in the systems vapor–liquids–
solids–melts. In the second part, we present the
modeling methodology behind the first-principles
simulation approach to the ab initio prediction of
equilibrium isotope fractionation between phases
at high temperatures and pressures recently
developed by Kowalski and Jahn (2011) and
Kowalski et al. (2013). For various systems and
conditions, B-isotopic fractionation data are cal-
culated and compared with results from the
experimental studies.

3.2 Notations

The B-isotope composition of a phase is gener-
ally given as per mil variations relative to the B
isotopic standard NIST 951 boric acid according
to
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d11B ¼ 11B=10B
� �

phase

�	

= 11B=10B
� �

NIST SRM 951

i
� 1

o
� 1000

ð3:3Þ

For the B-isotopic exchange reaction

10Bphase 1 þ 11Bphase 2 $11 Bphase 1 þ 10Bphase 2;

ð3:4Þ

the B-isotopic fractionation between two phases
is denoted by the isotopic fractionation factor a,
an equilibrium coefficient defined as:

a ¼ 11Bphase 1=
10Bphase2

� �
= 11Bphase 1=

10Bphase 2

� �
;

ð3:5Þ

or as:

D11Bphase 1�phase 2 ffi d11Bphase 1�d11Bphase 2:

ð3:6Þ

The a factor, rather than D11B, is used in
thermodynamic modeling of isotopic fractiona-
tion because a is equal to the equilibrium con-
stant (K) in the Gibbs free energy equation

DG ffi DH � TDS ¼ �RT lna ð3:7Þ

of the exchange reaction, with DG (Gibbs free
energy), DH (reaction enthalpy), DS (entropy), R
(universal gas constant), and T (temperature). For
ideal gas reactions, ln K follows*1/T (in kelvin)
for phases containing hydroxyl groups, at low
temperatures (below room temperature) and is
roughly proportional to 1/T2 at high temperatures
relevant for geological environments.

The isotopic fractionation factors D11B and a
are related by:

D11B ffi 1000 � lna. ð3:8Þ

Only for strong isotopic fractionation and
large d11B-values the approximation (3.8) does
not match within the range of experimental

uncertainties of d11B (see later). Combining Eqs.
3.6 and Eq. (3.8), the isotope fractionation factor
a, expressed in terms of d11B, is defined as:

a ffi ð1000þ d11Bphase 1Þ=ð1000 þ d11Bphase 2Þ:
ð3:9Þ

3.3 Controls of B-Isotopic
Fractionation

Due to the rather low experimentally derived
diffusivities of B in melts of haplogranitic com-
positions (Chakroborty et al. 1993), it can be
assumed that kinetic B-isotope exchange is
insignificant at melt-crystallization temperatures.
This is in strong contrast to the behavior of
lithium and its isotopes, for which significant
kinetic isotopic fractionation is observed at
temperatures above 800 °C (Dohmen et al.
2010). Owing to the limited amount of experi-
mental data on high-T diffusion-induced
B-isotope fractionation—which strongly awaits
further future high-temperature studies—
B-isotope fractionation is regarded here as solely
resulting from low-T surface adsorption pro-
cesses (e.g., smectites) and from equilibrium
isotope exchange. Generally, equilibrium iso-
topic fractionation is driven by differences in the
chemical potentials between coexisting phases,
which may be represented by the energetic dif-
ferences in the respective bonding environments.
Equilibrium isotope fractionation usually
decreases as temperature increases, following the
approximation ln a * 1/T2. For many solid–
solid or solid–fluid systems, it has been shown
experimentally and by modeling that isotopic
fractionation between two phases follows a
simple rule: the lighter isotope is preferentially
incorporated in the phase where it is at higher
coordination. This is accompanied with longer
cation-anion bond lengths and weaker bond
strength (e.g., Zheng 1993; Schauble 2004;
Wunder et al. 2006). Owed to its small ionic
radius ([3]r = 0.01Å, [4]r = 0.11Å after Shannon
1976) B occurs either in trigonal or tetrahedral
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coordination with oxygen, whereby 11B prefers
trigonal coordination and 10B the tetrahedral
coordination (Palmer and Swihart 2002). In
addition to the concept of coordination-driven
isotope fractionation there is also significant
isotopic fractionation between phases of the same
coordination, e.g., tourmaline—boric acid (Pal-
mer et al. 1992; Meyer et al. 2008) both with
trigonal B-coordination (some tourmaline also
have [4]B, see later). This indicates that beside the
often as “first-order criteria” defined coordination
rule, also second-order effects, like differences in
bond strengths, geometries, energetics, and
electronic environments of the local atomic
structures of different phases have to be consid-
ered. Therefore, structural characterisation of the
B-environment in all phases of interest is a pre-
requisite for the understanding of the principle
mechanism and for reliable modeling of
B-isotope fractionation in the different systems.

3.4 B-Speciation in Liquids, Vapor,
and Melts

3.4.1 B-Speciation in Aqueous Fluids

B in seawater mainly forms two aqueous species
which are in a pH-dependent equilibrium
(Eq. 3.1): the neutral trigonal boric acid B(OH)3
and the larger tetrahedral borate anion [B(OH)4]

−

(Hershey et al. 1986). At atmospheric conditions,
the predominant B species is B(OH)3 at low pH
and [B(OH)4]

− at high pH (Vengosh et al. 1991;
Sanchez-Valle et al. 2005). At high aqueous
B-concentrations (>0.5 mol/L) other minor B
species may be present, e.g., polyborates and
borates NaB(OH)4, [MgB(OH)4]

+, [CaB(OH)4]
+

(Christ and Harder 1978), and [B3O3(OH)4]
−,

[B3O3(OH)5]
2− (Kakihana et al. 1977). Hershey

et al. (1986) determined the fraction of B(OH)3
and [B(OH)4]

− species present at ambient con-
ditions as a function of pH. For determination of
aqueous B-species in crustal and mantle wedge
fluids, Schmidt et al. (2005) studied B-bearing
fluids of various compositions in situ at temper-
atures between 22 and 600 °C and pressures
from 0.1 MPa to about 2 GPa using Raman

spectroscopy and an externally heated
hydrothermal diamond anvil cell (Fig. 3.1a). In
acidic fluids, they found B(OH)3 as the main
species with traces of HBO2, whose amount
weakly increases with temperature and decreases
with the addition of NaCl (Fig. 3.1b, e). In
alkaline solutions, ring-like polyboric ions
[B3O3(OH)4]

−, [B4O5(OH)4]
2−, [B5O6(OH)4]

−,
which occur together with B(OH)3 and [B
(OH)4]

− at low pressures and temperatures,
completely depolymerise with inceasing tem-
perature, and the amount of B(OH)3 increases
relative to [B(OH)4]

− (Fig. 3.1c,d). In basic
fluids, the [B(OH)4]

− to B(OH)3 ratio increases
with increasing pressure.

In summary, Schmidt et al. (2005) showed that
B(OH)3 is the predominant aqueous B-species
over a wide range of pressure-temperature-pH
conditions in slab-related fluids and that the
aqueous [B(OH)4]

− species may become more
important in near-neutral to basic fluids at greater
depth. Full quantification of the relative propor-
tions of the different B-species from the Raman
spectra (Schmidt et al. 2005) would require
scattering coefficients of individual species,
which are not readily available. Additionally, the
aqueous B-species are completely unknown for
temperatures above 600 °C and pressures above
2.0 GPa. These are shortcomings, when model-
ing high pressure and temperature B-isotope
fractionation (see later). It should also be kept in
mind that due to the high fluid solubilities of
alkalis, Si, Al and particularly light elements like
Li and Be at high pressures and temperatures
(Manning 2004), natural fluids might exhibit
other B-species associated with the fluid-
compatible elements, more complex than boric
acid and the anionic tetrahedral borate.

3.4.2 Boron Speciation in Vapor

To the best of our knowledge, no direct mea-
surements of B-species in vapor are available.
Speculations about B speciation in vapor are
based on experimental data on B-isotopic vapor -
liquid fractionation determined in the T-range
400–450 °C for seawater-like H2O–NaCl model
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(a)

(b)

(d) (e)

(c)

Fig. 3.1 a Schematic diagram of the central portion (not to
scale) of an externally heated hydrothermal diamond anvil
cell (courtesy of Christian Schmidt, GFZ Potsdam). In situ
Raman spectra of fluids for three different systems:
b H2O + H3BO3; c, d H2O + Na2B4O7; e H2O + H3BO3 +

NaCl (modified after Schmidt et al. 2005). Additionally, the
structures of the various B-species dissolved in fluids are
shown (green boron; red oxygen; blue hydrogen) according
to Liu and Tossel (2005)
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systems at near-neutral pH conditions (see
below, Spivack et al. 1990; Liebscher et al.
2005). The D11Bvapor-liquid-values are small;
hence, due to the coordination rule, this suggests
similar B(OH)3-speciation in the conjugated
aqueous fluid and vapor pairs at the experimental
conditions. It is furthermore assumed that B in
vapor exhibits the same pH-dependent charac-
teristics as in aqueous fluids: B(OH)3 is pre-
dominant at acidic to neutral conditions, while [B
(OH)4]

− is only significantly abundant at strongly
basic pH. In the system H2O–NaCl, the hydrol-
ysis reaction H2O + NaCl = HCl + NaOH
exerts control on the pH. At ambient conditions
hydrolysis is small and H2O–NaCl solutions
have near neutral pH. At higher temperatures the
concentrations of HCl and NaCl increase. In
liquid–vapor systems HCl fractionates into the
vapor and the conjugated liquid becomes slightly
enriched in NaOH (Shumolvich et al. 2002).
Consequently, according to Vakulenko et al.
(1989) at 390–470 °C, and 21.7–35.5 MPa, the
vapor becomes more acidic (quench pH = 5–6)
and the liquid more basic (quench pH = 8–9).
This process may influence the boron speciation
of the liquid to contain slightly more [B(OH)4]

−

than the coexisting vapor (see later Chap. 5.1).

3.4.3 Boron Speciation in Melt

Boron is only a minor component in natural
magmas, but can be significantly enriched by
several weight percent of B2O3 in S-type granites
evolved from evaporitic metasediments (Picha-
vant et al. 1988), or during late magmatic or
pegmatitic stages of granitic intrusions (e.g.,
London 1997; Thomas et al. 2003). These stages
are known to be associated with highly complex
internal processes, which may involve more than
one phase, i.e., by separation of immiscible sil-
ica- and (hydrous) borate-rich liquids (Thomas
et al. 2000; Veksler et al. 2002; see also Trum-
bull and Slack 2017, this book). Boron is the
smallest of the network-forming cations in glas-
ses and melts with a high ionic charge. It strongly
affects the physical and chemical properties in
melts (e.g., glass transition temperature Tg,

density, thermal expansion coefficient) and
therefore has also broad applications in the glass
industry (e.g., Scholze 1988). Information on
B-speciation in melts and glasses come from
neutron diffraction, infrared (IR), Raman, and
nuclear magnetic resonance (NMR) spec-
troscopy. In borosilicate melts and glasses two
distinct structural units of boron exist:
quasi-planar [BO3]

3− triangles and [BO4]
5−

tetrahedra. Both species tend to polymerise and
form numerous combinations with
network-forming components, i.e., [SiO4]

4−,
[AlO4]

5−. The proportions of 3- and 4-fold
coordinations in melts and glasses depend on
several factors including composition (e.g., Gei-
singer et al. 1988; Zhong and Bray 1989; Sch-
midt et al. 2004; Wu and Stebbins 2013),
temperature (e.g., Smirnov et al. 2005; Manara
et al. 2009; Wu and Stebbins 2010, 2013), and
pressure (e.g., Schmidt et al. 2004; Edwards et al.
2014). Furthermore, the fraction of tetrahedral B
significantly increases below the glass transition
temperature (Michel et al. 2013). The structural
modification during quenching of a B-rich sili-
cate melt changes B from a network-modifier to a
network-forming cation, and might explain the
low viscosity of B-bearing melts. As the glass
transition temperature depends on the cooling
rate, the latter also affects the B-coordination. In
binary alkali borate melts the addition of up to
35 mol% alkali oxide to a B2O3-glass results in a
decrease of the [3]B/[4]B-ratio (Bray and O’Keefe
1963; Zhong and Bray 1989). At higher alkali
contents tetrahedral diborate-complexes depoly-
merise again and form trigonal B, which is
coordinated by one nonbridging oxygen
(NBO) with an associated alkali cation. For
glasses along the albite (Ab, NaAlSi3O8)—
reedmergnerite (Rd, NaBSi3O8) join, the [BO3]/
[BO4]-ratio increases from about 0.3 for an
Al-free Rd-glass to 0.6 for a glass of Ab80Rd20-
composition (Geisinger et al. 1988). This indi-
cates that the presence of Al destabilizes the
tetrahedral B units. This trend of an increasing
[3]B/[4]B-ratio was also determined for anhydrous
melts of increasing A/CNK-value (A = Al2O3;
CNK = sum of oxides of charge-balancing
cations like CaO, Na2O, K2O; all in mole)
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varying from peralkaline (A/CNK < 1) to pera-
luminous (A/CNK > 1) compositions. Addition-
ally, increasing temperature shifts the reaction
[BO4] $ [BO3] + NBO to the right (Wu and
Stebbins 2010, 2013). Anhydrous boroalumi-
nosilicate glasses synthesized at ambient pressure
contain about 2% of tetrahedral species, the
amount of which increases to approximately 6%
upon hydration with 4.4 wt% water (Schmidt
et al. 2004). In the same study, anhydrous glasses
synthesized at 1.0 and 2.0 GPa have increased
fractions of tetrahedral [BO4] to 3 and 7,
respectively. Spectroscopic measurements of B
speciation in three natural rhyolite glasses by
Tonarini et al. (2003) revealed 74–92% of B in
trigonal sites. Using a highly sophisticated in situ
method of high-pressure 11B NMR spectroscopy,
Edwards et al. (2014) studied the trigonal [BO3]
to tetrahedral [BO4] conversion in B-bearing
glasses with increasing pressure, and found that
the coordination change proceeds via a trigonal
bipyramid as precursor phase.

In summary, in natural melts, the amount of
tetrahedral boron units is generally small and
only slightly increases with higher water content,
increasing amounts of alkalis, or at high pressure
and low temperature, which might be relevant for
the melts of deeply subducted young slabs.

3.5 Experimental Determination
of B-Isotope Fractionation

Here we present methods and some examples on
the experimental determination of B-isotope
fractionation between different phases. Firstly,
we résumé experimental studies on vapor–liq-
uid–melt fractionation at medium to high tem-
peratures. A clear distinction needs to be made
between diffusive fractionation at the crystal
surface, which often represents disequilibrium,
and equilibrium exchange due to bulk processes.
We, thus, divide the second section of mineral–
fluid fractionation into two different parts:
(1) solid–aqueous fluid fractionation related to
surface B adsorption at low temperatures, and

(2) equilibrium solid–fluid fractionation at med-
ium to high temperatures.

3.5.1 Vapor–Liquid–Melt Boron
Isotope Fractionation

3.5.1.1 Vapor–Liquid Boron Isotope
Fractionation

The B concentration and B-isotopic composition
of natural hydrothermal fluids may be altered by
various processes, including vapor–liquid sepa-
ration. Numerous studies on fluid inclusions
(e.g., Roedder 1979; Reynolds and Beane 1985;
Hedenquist et al. 1998) have confirmed that liq-
uid brines and low-density vapor can coexist
across large sections through the altered oceanic
crust and also around shallow crustal plutons.
The distribution of B between coexisting liquid
and vapor has been described for several natural
geothermal systems (Smith et al. 1987; Chiodini
et al. 1988; Glover 1988; Leeman et al. 1992). At
low temperatures B fractionates preferentially
into the liquid. DB

liquid/vapor and CB
liquid/CB

vapor

decreases with temperature and varies from
*100 to*10 between 100 and 300 °C (Leeman
et al. 1992), and approaches unity at around
450 °C, 34–38 MPa (Spivack et al. 1990). At
T > 500 °C B fractionates into the vapor phase
with DB

liquid/vapor = 0.84 at 528 °C, 57 MPa
(Audétat et al. 1998) and 0.2 at 800 °C, 100 MPa
(Schatz et al. 2004).

Investigating the dependence of DB
liquid/vapor

on pressure and salinity and for determination of
B-isotope fractionation between liquid and vapor
at subcritical conditions, Liebscher et al. (2005)
conducted experiments in a large-volume Ti
autoclave (Fig. 3.2a), which enabled
quasi-isobaric recovery of coexisting liquid and
vapor. Liquid and vapor pairs were analyzed
separately by ICP-AES for Na and B and by
positive thermal ionization mass spectroscopy
(p-TIMS) for their B isotopic composition.
Experiments were performed in the system H2O–
NaCl–B2O3 along the 400 and 450 °C isotherms,
ranging from 23 to 28 MPa and from 38 to
42 MPa, respectively. The starting fluids had a
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neutral pH (at room temperature), contained
200 lg/g B of natural seawater isotopic compo-
sition (*39.5‰), and NaCl concentrations that
correspond to the composition at the critical
point of the respective isotherms. Boron liquid–
vapor fractionation is generally small and
increases from 1.0 at the critical points with

increasing opening of the H2O–NaCl solvus
(Fig. 3.2b). The maximum values at extrapolated
salt saturated conditions are DB

liquid/vapor = 2.7 (at
400 °C) and 1.8 (at 450 °C).

B-isotope compositions of coexisting vapor
and liquid from natural geothermal systems
induced by phase separation at 170–260 °C were

(a) (b)

(c)

(d)

Fig. 3.2 Experimental data on vapor–liquid fractionation
of B and its isotopes in the system H2O–NaCl–B2O3 at
high-salinity conditions according to Liebscher et al.
(2005). a Schematic drawing of a large-volume
Ti-autoclave to extract immiscible fluids; b B concentra-
tion in coexisting vapor–liquid pairs along the 450 and
400 °C isotherms; c B isotope fraction between coexisting
vapor and liquid along the 450 and 400 °C isotherms,

with additional low-salinity data (green symbols) of
Spivack et al. (1990); d extrapolation of derived D11Bva-

por-liquid at 450 and 400 °C to salt-saturated conditions as a
function of the distance to the critical pressure. For
comparison, vapor–liquid Li-isotopic fractionation data
are also shown (Liebscher et al. 2007). All figures are
modified after Liebscher et al. (2005)
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studied by Leeman et al. (1992). They deter-
mined D11Bvapor-liquid in the range of about 1–
3‰, with more pronounced 11B-enrichment in
the vapor phase at low temperatures. In experi-
ments within systems of high salinity described
above (Liebscher et al. 2005), B-isotope frac-
tionation between vapor and liquid always yiel-
ded fractionation of 11B into the vapor phase,
analogous to data from the natural systems
(Leeman et al. 1992). However, the experimen-
tally derived D11Bvapor-liquid values are smaller
and range from +0.2(± 0.7) to +0.9(± 0.5)‰ at
450 °C and from +0.1(± 0.6) to +0.7(± 0.6)‰
at 400 °C (Fig. 3.2c), without any obvious T-
effect on D11Bvapor-liquid. At extrapolated
salt-saturated conditions, calculations resulted in
D11Bvapor-liquid values of +1.5(± 0.7)‰ at 450 °
C and +1.3(± 0.6)‰ at 400 °C (Fig. 3.2d). The
experimental data perhaps indicate an increase of
vapor - liquid B-isotope fractionation with
decreasing pressure during increasing opening of
the solvus (Fig. 3.2c). The same trend of an
increasingly positive isotope fractionation with
opening of the solvus was also observed for
vapor–fluid (Fig. 3.2d) from experiments in the
system LiCl–H2O at 400 °C/20–28 MPa (Lieb-
scher et al. 2007). The weak B-isotopic frac-
tionation suggests a similar trigonal speciation of
B in vapor and the liquid. Increasing fractiona-
tion might be explained by a slight increase of
the [B(OH)4]

− species in the liquid with
decreasing pressure (Liebscher et al. 2005) as the
pH of the liquid relative to that of the conjugated
vapor increases (Vakulenko et al. 1989, see
above Chap. 4.1). From these experimental
results it was concluded that fluid phase separa-
tion is able to significantly alter the B isotope
signature of hydrous fluids in open hydrothermal
systems. However, due to the low value of
D11Bvapor-liquid, processes other than vapor–liquid
separation might dominate the B isotope geo-
chemistry in oceanic hydrothermal fluids (Lieb-
scher et al. 2005). The B-isotope vapor–liquid
fractionation data for high-salinity brines (Lieb-
scher et al. 2005) slightly differ from D11Bva-

por-liquid values determined for low-salinity
vapor–fluid systems near the critical point
(Fig. 3.2c) of seawater in an earlier experimental

study (Spivack et al. 1990). They found that
D11Bvapor-liquid = + 0.4(± 0.7)‰ (at 34.6 MPa,
425 °C) and −0.4(± 0.7)‰ at 37.9 MPa, 450 °
C, which suggests that within the analytical and
experimental uncertainties, the fractionation is
negligible (Spivack et al. 1990). Thus Spivack
et al. (1990) concluded that phase separation in
high-temperature geothermal systems is unlikely
to have a significant effect on the B-isotopic
composition of liquid and vapor.

3.5.1.2 Aqueous Fluid–Melt B-Isotope
Fractionation

Hervig et al. (2002) have experimentally inves-
tigated B-isotope fractionation between hydrous
fluids and silicate melt of basaltic and rhyolitic
composition over a pressure–temperature range
of 110–500 MPa, 750–1100 °C, which are con-
ditions above the critical point; thus the fluid is
defined here as including gas and liquid. The
experiments were performed in a piston-cylinder
press and an internally heated rapid-quench
hydrothermal apparatus, using B-bearing glass
chips (containing approximately 2000 lg/g B)
and water in a 1:1 ratio as starting materials,
sealed in Au or AuPd capsules. The B concen-
tration and B-isotopic composition of the starting
and run-product glasses were analyzed by sec-
ondary ion mass spectrometry (SIMS); B con-
tents and d11Bfluid of coexisting fluids were
calculated by mass balance considerations.

The partitioning of B between coexisting fluid
and melt (DB

fluid/melt) is 0.33–0.54 at 950–1100 °
C, 110–170 MPa for the system fluid–basaltic
melt and 1.19–1.20 at 750–850 °C, 500 MPa for
fluid–rhyolitic melt. All experiments on
B-isotopic fractionation between melt and aque-
ous fluid (D11Bmelt-fluid) showed significant pref-
erential partitioning of 11B into the hydrous fluid
over the silicate melts. For the basaltic system,
D11Bmelt-fluid values were determined to be: −5.2
(± 1.6)‰ (at 950 °C, 140 MPa), −3.6(± 2.0)‰
(at 1080 °C, 110 MPa), −1.3(± 3.4)‰ (at
1100 °C, 170 MPa); and for the rhyolitic system:
−7.1(± 2.0)‰ (at 750 °C, 500 MPa) and −4.4
(± 2.0)‰ (at 850 °C, 500 MPa). Extrapolating
these D11Bmelt-fluid values to low temperatures,
the extent of melt–fluid B-isotope fractionation

3 Boron Isotope Fractionation Among Vapor–Liquids–Solids–Melts … 41



corresponds to that known for the B-isotope
fractionation between the 4- and 3-fold coordi-
nated phases illite–fluid (Williams et al. 2001)
and mica–fluid, respectively (Wunder et al. 2005,
see also later Fig. 3.10). Therefore, Hervig et al.
(2002) concluded that the large D11Bmelt-fluid

results from significant differences in B coordi-
nation between the two coexisting phases, i.e.,
that B mostly exists as tetrahedral [BO4] in the
melts and as trigonal B(OH)3 species in the
fluids. However, this is in contradiction to the
accepted understanding described above
(Sect. 3.4.3), in which [BO3] is the predominant
B species in melts, particularly in peraluminous
rhyolitic compositions, which have at most 26%
of the B at tetrahedral sites, as determined for
rhyolitic glasses (Tonarini et al. 2003); corre-
sponding rhyolitic melts are expected to have an
even lower proportion of [BO4]. Therefore, the
rational of the strong B-isotopic melt–fluid frac-
tionation at magmatic temperatures observed in
the experimental study of Hervig et al. (2002) is
not fully understood. Future experimental studies
should be completed, for example, to investigate
possible kinetically driven B-isotopic fractiona-
tion processes, which are known to be significant
for lithium and its isotopes (Tomascak et al.
2016).

3.5.2 Solid–Fluid B-Isotope
Fractionation

3.5.2.1 Low-Temperature Solid–
Aqueous Fluid B-Isotope
Fractionation

Diffusive reequilibration of solids with an iso-
topically distinct B-bearing aqueous fluid is the
usual approach to study low-temperature solid–
fluid B-isotope fractionation. In most of these
exchange experiments, B is added to the solid in
a combination of (1) weak adsorption to the
mineral’s surface and to interlayer positions (in
clay minerals) and/or (2) boron incorporation at
distinct structural positions by coupled substitu-
tions. The adsorption of weakly bonded B spe-
cies strongly depends on fluid-pH and charge of
the surface. It is therefore essential to

characterize the reaction mechanism during
adsorption of dissolved boron, for understanding
B-isotope fractionation in low-T regimes.

Carbonate–Fluid B-Isotope Fractionation
In many studies, the low-temperature B-isotope
fractionation in the system carbonate–fluid has
been attributed to the exclusive adsorption of the
charged borate ion [B(OH)4]

− (e.g., Hemming
et al. 1995; Sanyal et al. 2000). Some more
recent results suggest more complex schemes of
adsorption (Tossel 2006; Klochko et al. 2009):
after surface adsorption of B(OH)3 and/or
[B(OH)4]

− (stage 1), reaction of the two B spe-
cies with HCO3

− proceeds in an intermediate
stage forming an amorphous carbonate surface
layer (stage 2); structural incorporation of trigo-
nal and/or tetrahedral species is completed in the
final stage 3.

Boron is reported as a typical trace element in
natural carbonates, with concentrations in the
order of *1 to *100 lg/g (e.g., Furst et al.
1976; Vengosh et al. 1989; Hemming and Han-
son 1992; Branson 2017; Marschall 2017, this
book). Low-temperature experiments indicate
that at ambient conditions and near neutral pH, B
uptake by aragonite is greater by a factor of 3–5
compared to calcite; additionally, the presence of
Mg in the parent solution results in an increased
B incorporation into calcite compared to Mg-free
solutions (Hemming et al. 1995). Experiments by
Sanyal et al. (2000) yielded an increased incor-
poration of B into calcite with increasing pH,
whichwas explained by greater [B(OH)4]

−uptake,
due to the increased [B(OH)4]

−/B(OH)3−ratio in
the more basic fluids. 11B MAS NMR investiga-
tions of Sen et al. (1994) show that in synthetic
calcite boron occurs principally in trigonal coor-
dination, whereas it is tetrahedrally coordinated in
synthetic aragonite. For calcite it was assumed that
[BO3]

3− replaces [CO3]
2− in a coupled substitu-

tion; on the other hand, the structural role of
[BO4]

5− in aragonite was ambiguous (Sen et al.
1994). These results are contrasted by
NMR-investigations ofKlochko et al. (2009), who
observed mixtures of trigonally and tetrahedrally
coordinated B in almost equal abundances in both
natural biogenic calcite and aragonite. In a
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calcite-aragonite co-precipitation study under
controlled pH (7.4–9.5), temperature (5–25 °C)
and precipitation rate, Mavromatis et al. (2015)
showed with 11BMASNMR that B in aragonite is
mostly (� 85%) tetrahedrally coordinated. In
contrast, proportions of trigonally and tetrahe-
drally coordinated B are highly variable in cal-
cite, with the amount of [4]B increasing with
precipitation rate. These data indicate that
adsorbed surface [B(OH)4]

− mostly preserves its
coordination upon structural incorporation into
aragonite, but can undergo a structural coordi-
nation change during incorporation into calcite.
Recent first-principles calculations (Belan et al.
2016) indicate substitution of [CO3]

2− anions by
[BO2(OH)]

2− and [B(OH)4]
− groups in calcite,

and mainly by [B(OH)4]
− species in aragonite.

Synchrotron X-ray spectroscopic investigations
clearly show that B is hosted solely as trigonal
BO3 in foraminiferal calcite (Amphistegina les-
sonii) and that B-concentration exhibits banding
on the micrometer length scale (Branson et al.
2015). Using Atomic Force Microscopy (AFM),
Ruiz-Agudo et al. (2012) showed that calcite
growth rates are site-specific and strongly
depend on pH and B supersaturation within the
fluid. For further details see the book chapters by
Branson (2017), Rae (2017), and McCulloch
(2017).

Hemming et al. (1995) were the first to exper-
imentally investigate B-isotopic fractionation
between carbonates and fluids during growth of
synthetic carbonates (calcite, aragonite, (Ca,Mg)-
carbonate) from solutions at ambient pressure–
temperature conditions and a constant pH of
approximately 8. The yielded B-isotopic carbon-
ate–fluid fractionation (D11Bcarbonate-fluid = −16.5
(± 0.7)‰) was indistinguishable among the three
different carbonates, indicating no dependence of
B-isotope fractionation on carbonate structure and
chemistry. The determined D11Bcarbonate-fluid is in
good agreement with B-isotope fractionation
observed between modern marine carbonates and
seawater with an average pH of 8.2 (Hemming and
Hanson 1992). The B-isotopic composition of
carbonate corresponded to that of the calculated

B-isotopic composition of charged [B(OH)4]
−

species in the experimental fluid. Hence, the
experimental data suggest adsorption of [B
(OH)4]

− to the crystal surface combined with
preferential 10B fractionation as the dominant
influence on B uptake in carbonates. Sanyal et al.
(2000) experimentally investigated the depen-
dence of the B-isotopic composition of calcite on
the pH of seawater at ambient pressure and tem-
perature conditions. For the pH-range of 7.9–8.6,
which approximately covers modern and ancient
seawater, B incorporation into calcite strongly
increased with increasing pH (pH = 7.9,
*34 µg/g; pH = 8.3, *48 µg/g; pH = 8.6,
*84 µg/g). The experimental results show a clear
relationship between d11B of precipitated calcite
and the pH of seawater (pH = 7.9, d11B = −20.3
(± 0.3)‰; pH = 8.3, d11B = −17.9(± 0.4)‰;
pH = 8.6, d11B = −14.8(± 0.6)‰). These data
are consistent with former conclusions (Hemming
et al. 1995), determining [B(OH)4]

−as the domi-
nant species adsorbed on the carbonate surface in
contact with seawater. Compared to results from
pH-dependent B-isotope exchange experiments
by cultivation of foraminifera (Orbulina universa)
in contact with seawater (Sanyal et al. 1996), the
B-isotopic fractionation between inorganic calcite
and seawater (Sanyal et al. 2000) is lower by
approximately 1‰, which indicates the presence
of a small biogenic effect on B-isotope carbonate–
seawater fractionation. The extent of such a bio-
genic effect might vary for different biogenic car-
bonate species (Sanyal et al. 1996).

In summary, small changes in the acidity of
the oceans as a result of changing atmospheric
CO2 levels will significantly change the pH with
respect to the proportions of B(OH)3 and [B
(OH)4]

− species dissolved in seawater. From the
experimental studies (Hemming et al. 1995;
Sanyal et al. 1996, 2000), it is obvious that the
B-isotopic composition of carbonates in marine
sediments is a powerful tool to reconstruct
paleo-ocean pH and ultimately past concentra-
tions of atmospheric CO2. However, data on B
coordination in aragonite and calcite are partly
conflicting, which in turn affects the
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interpretation of measured d11B for natural car-
bonates. This calls for further detailed studies on
both structural B incorporation and
surface-related mechanisms of B adsorption to
different carbonates (calcite, aragonite, carbon-
ates of various solid solutions).

Clay Mineral–Fluid B-Isotope Fractionation
Palmer et al. (1987) proposed that incorporation
of B in clay minerals (e.g., illite) is initialized by
adsorption of trigonal B(OH)3 to its surface. In a
second step, which includes B-isotope fraction-
ation, the coordination of the B species changes
from trigonal to pseudo-tetrahedral at the clay’s
surface. During ongoing exchange, the adsorbed
tetrahedral species (enriched in 10B) is then
incorporated into the Al-silicate structure, with-
out further isotope fractionation (Palmer et al.
1987). This concept of adsorption mechanism
has been modified because more recent studies
(e.g., Singh and Mattigod 1992; Goldberg et al.
1996; Williams et al. 2001; Środoň and McCarty
2008) show that adsorption is a function of the
charge density in non-homogenous structures,
such as phyllosilicates, and the temperature- and
pH-dependent mineral’s zero point of charge
(charge density on the surface is zero). Expand-
able clay minerals have different kind of charged
surfaces: edge(+), exterior(−), basal(−), to which
the weak B-adsorption of different aqueous
B-species is strongly dependent on fluid pH. For
example, at low pH (below 7), the hydroxyl-
group of boric acid may absorb to the H+ on the
negatively charged exterior and basal siloxane
surfaces; above pH 7 the anionic species [B
(OH)4]

− should become prominent to adsorb to
the positively charged clay’s edges.

In clastic sediments, B is hosted predomi-
nantly in the clay mineral illite, which can con-
tain orders of magnitude more B (up to several
hundred lg/g) than other common diagenetic
minerals (e.g., smectites, carbonates). Boron in
clays is located at three different structural posi-
tions: (1) at low temperatures <120 °C clay
minerals adsorb B to their surface by weak
bonding (see above); (2) in expanded smectite
minerals boron might also be adsorbed at inter-
layer positions as both trigonal and tetrahedral

species, perhaps reflecting the composition of the
fluid (Williams et al. 2007); (3) in smectite and
illite B substitutes for Si by a coupled substitu-
tion at structural tetrahedral positions within the
layers of the sheet silicates (Spivack and Edmond
1987).

Schwarcz et al. (1969) were the first to study
B-isotope clay–fluid fractionation by B adsorp-
tion on clays during interaction in contact with
synthetic seawater at 23 °C. Fractionation factors
a were calculated to be 0.957–0.963 for rever-
sible and 0.970–0.974 for irreversible adsorption,
respectively. Based on the interpretation of
Schwarcz et al. (1969) that the real adsorption
process is partly reversible, and the observation
that adsorbed B on clays is isotopically light, the
assumption of a pH control on the isotope com-
position of adsorbed B arose. The pH (pH-range:
6.65–8.45) and temperature (T-range: 5–40 °C)
controls over B-isotopic fractionation during B
adsorption from seawater on marine clay-bearing
sediments were studied experimentally by Pal-
mer et al. (1987). In the investigated T-range (at
constant pH) the B-isotope fractionation was
almost invariant; with increasing pH (at constant
temperature) the B-isotope fractionation
decreased as [B(OH)4]

− becomes the dominant
aqueous species (see below, Fig. 3.10). For the
investigated conditions, the clay’s
surface-adsorbed B is 23.4–34.3‰ lighter than
the boron dissolved in the coexisting seawater
(d11B = + 39.61 ± 0.04‰; Foster et al. 2010).
These values are much larger than the adsorption
on carbonates at the same pH and temperature
(Hemming et al. 1995).

According to Williams and Hervig (2005), the
illitization of smectite represents a
dissolution/recrystallization process. The clay
mineral d11B values, therefore, vary during
crystal growth as the fluid B composition or
temperature change (Clauer et al. 2014). Wil-
liams et al. (2001) investigated the B-isotopic
change during illitization of smectite under con-
ditions simulating burial digenesis. Experiments
were performed at 300 and 350 °C at 100 MPa
with smectite as a solid starting material and
B-bearing fluid containing 1000 lg/g B, sealed
in Au-tubes in a hydrothermal apparatus for
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different run-durations of up to 150 days. After
the experiments, the solids were washed in water
and mannitol solution (0.1 N) to facilitate
removal of exterior surface-adsorbed B (Tonarini
et al. 1997). Adsorbed interlayer B was removed
by cation exchange (Moore and Reynolds 1997).
Analyses of the B-isotopic composition of the
solids were done by SIMS and negative Thermal
Ionization Mass Spectrometry (n-TIMS); the
B-isotopic composition of the fluids was not
measured, but determined from mass-balance
calculations. Equilibrium was determined by
monitoring the oxygen isotopes of the mineral
and fluid, as the equilibrium oxygen isotope
fractionation of illite as a function of temperature
is well known (Longstaffe 1987). Since B sub-
stitution requires breaking of Si–O–bonds, it
follows that B is at equilibrium when O is at
equilibrium with the fluid. Williams et al. (2001)
interpreted their results on B isotope clay–fluid
fractionation as follows: during early stages of
smectite recrystallization, aqueous B may be
adsorbed onto the clay’s exterior surfaces and
some may be incorporated into the smecitite’s
interlayer site where the dominant aqueous B
species varies according to the layer charge dis-
tribution. As smectite recrystallizes to illite,
interlayer collapse occurs during ordering (Alta-
ner and Ylagen 1997). Eventually, B is substi-
tuted in tetrahedral sites of illite replacing Si (in
competition with Al3+) in a coupled substitution.
The B-isotopic illite–fluid fractionation of
well-ordered illite resulted in a D11Bil-

lite-fluid = −13‰ (at 350 °C) and −16‰ (at
300 °C). The long-duration experiments repre-
sent fractionation between the trigonal aqueous B
(quench pH of the fluid was 6.0, thus the fluid
mainly contained B(OH)3 species) and structural
tetrahedral B, and is a linear function of tem-
perature. B-isotopic characterization of natural
and synthetic clays with various degrees of
smectite–illite ordering revealed that trigonal
interlayer boron is isotopically heavier than
tetrahedral boron by up to 40‰. Williams et al.
(2007) observed that the intracrystalline
B-isotope fractionation for clays (D11Btetrahe-

dral-interlayer = d11Btetrahedral−d
11Binterlayer) is

strongly dependent on the degree of clay

ordering and thus on the temperature (or reaction
time) of recrystallization. Accordingly, Williams
et al. (2007) proposed a single-mineral geother-
mometer approximated by the equation T (°
C) = (D11Btetrahedral-interlayer + 30)/0.05, which
however, only applies to samples in which the
interlayer B species is in equilibrium with the
silicate (closed system).

Boron-Isotope Fractionation in Other
Low-Temperature Solid–Fluid Systems
Isotopic fractionation between the B(OH)3 and [B
(OH)4]

− species has been studied experimentally
by Kakihana et al. (1977) at low temperatures by
adsorption of B from boric acid solution to an
ion-exchange resin. The results were used for the
theoretical determination of reduced partition
function ratios to calculate B-isotope fractiona-
tion between trigonal and tetrahedral sites. The
calculated fractionation factor a to for Eq. (3.1)
decreases from 1.0206 to 1.0177 for the temper-
ature range 0 to 60 °C, with a (Kakihana et al.
1977). A larger fractionation factor a of 1.028
(± 0.001) at 25 °C was determined experimen-
tally by Byrne et al. (2006) using spectrophoto-
metric absorbance measurements of aqueous
solutions, which is in good agreement with the-
oretical assessments (e.g., Zeebe 2005; Liu and
Tossel 2005; Rustad et al. 2010a, see below).

Oi et al. (1997) found isotopic fractionation
between trigonal and tetrahedral species to vary
between 18 and 22‰ for different kinds of
hydrocarbon-based ion-exchange resins. They
concluded that smaller fractionation results from
the adsorption of some trigonal B-species as well
as the dominant tetrahedral species, with different
resins adsorbing more or less trigonal boron. All
the resins studied were hydrocarbon-based, and
adsorption was assumed to occur via B
(OH)2(OC)2 clusters (Oi et al. 1997).

Synthesis experiments on B-bearing minerals
at the low temperature of 25 °C from aqueous
boric acid–sodium hydroxide solutions at various
pH conditions (Oi et al. 1991) resulted in the
formation of sassolite (B(OH3) at low pH (5.4–
5.9), and borax (Na2(B4O5(OH)4�3H2O) at neu-
tral to high pH (7.4–11.5). B-isotope analyses of
sassolite and water, both containing B in trigonal
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coordination, showed B isotopic fractionation
(D11Bsassolite-fluid = + 4.3‰ at pH = 5.9 and
+0.6‰ at pH = 5.5), with preferential fractiona-
tion of 11B into the solid phase. Analyses of
borax, which contains B in both trigonal and
tetrahedral coordination in equal amounts,
showed significant pH-dependent fractionation
(D11Bborax-fluid = −12.6 to +13.8‰) in the
pH-range 7.0–11.5, with 11B fractionating into
the fluid phase at pH � 8.7 and 11B fractionat-
ing into borax at pH � 10.3 (Oi et al. 1991).

Vengosh et al. (1992) studied B-isotope
variations in brines and coprecipitated salt min-
erals (gypsum, halite) and potassium-magnesium
sulfate minerals during evaporation of seawater
at 25 °C. They found similar B-isotope frac-
tionation data as for smectite–fluid (Palmer et al.
1987), which was interpreted as coprecipitation
of [B(OH)4]

− species with the salts during
evaporation of seawater (see below, Table 3.1
and Fig. 3.10).

Strong pH-dependent B-isotope solid–fluid
fractionation at 25 °C during surface adsorption
was determined by Lemarchand et al. (2007) for
goethite (a-FeOOH): D11Bgoethite-fluid = −40 to
0‰ in the pH-range *8–10 and birnessite
(K0.1MnO2.2�0.9H2O): D

11Bbirnesite-fluid = −15 to
+23‰ in the pH-range *8–10.8. Maximum
boron adsorption on both of the hydroxide/oxide
surfaces occurred at 8 < pH < 9. Adsorption and
the subsequent B-isotope fractionation were
rationalized by the formation of trigonal and
tetrahedral boron inner-sphere complexes on the
goethite surface, and tetrahedral inner-sphere and
trigonal outer and inner-sphere complexes on the
birnessite surface (Lemarchand et al. 2007).

The strong influence of charge properties at a
mineral’s surface on B-isotope solid–fluid frac-
tionation was experimentally shown for various
(hydr)oxide–fluid systems by Elmaci et al.
(2015). For the manganese oxides birnesite
(K0.3MnO2�1.8H2O) and cryptomelane
(K0.1MnO2�0.5H2O) both possessing negatively
charged surfaces, [10B(OH)4]

− is preferentially
fractionated into the solution (pH = 8.5). For
[Mg0.58Al0.42(OH)2](NO3)0.42�0.6H2O, a Mg–
Al–layered double hydroxide, selective [10B

(OH)4]
− adsorption was favored by the positively

charged layers of the solid at a fluid-pH of 9.5–
10.

3.5.2.2 High-Temperature Solid–
Aqueous Fluid B-Isotope
Fractionation

Some solid phases, e.g., tourmaline, are known
to exhibit very low diffusivities. Due to this
refractory nature, low-temperature diffusive ree-
quilibrium experiments are generally precluded.
In the high-temperature B-isotope fractionation
experiments for mica–fluid and tourmaline–fluid
(both discussed below), the solids were synthe-
sized in situ from their components in the pres-
ence of a coexisting B-bearing fluid. During this
procedure, B is incorporated structurally as a
main component at distinct crystallographic
positions. In the following, boron adsorbed at the
crystal surface is neglected, as its volume con-
centration is dominating over the amount of
boron at the low surface area for solids synthe-
sized at high temperatures (� 350 °C).

Mica–Fluid B-Isotope Fractionation
White mica is ubiquitous in metamorphic rocks
of both igneous and sedimentary origin, and is
stable to depths of 300 km in cold subducting
slabs where, with progressive subduction, its
modal amount continuously decreases and its
composition shifts towards phengitic mica (Sch-
midt 1996). White mica is an important carrier of
fluid-mobile trace elements including B, Li, and
large ion lithophile elements. Because of its high
modal abundance, white mica dominates the
B-budget in most tourmaline-free rocks and its
B-isotopic composition can be considered as
representative of the bulk rock (Peacock and
Hervig 1999). Measuring the B-concentration in
subduction zone minerals (excluding tourmaline
and other boron minerals), white mica contains
the highest amount, with up to 269 lg/g, fol-
lowed by lawsonite, biotite, chlorite, and
amphibole all having B concentrations below
100 lg/g (Domanik et al. 1993; Marschall et al.
2006). The maximum B-incorporation capacity
in white mica is given for boromuscovite, with
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end member composition KAl2[BSi3O10](OH)2,
containing approximately 9 wt% B2O3. Boro-
muscovite was chosen as representative of
B-bearing white mica in the experiments on B
isotope mica–fluid fractionation performed by
Wunder et al. (2005), which was determined
using three different approaches: (a) synthesis of
boromuscovite from gels with boric acid solu-
tions (weakly acidic conditions with B(OH)3 as
the major B-bearing species in the fluid);
(b) synthesis of boromuscovite from an oxide

mixture and a 7.6 M KOH-solution (strongly
basic conditions with [B(OH)4]

−species in the
fluid); (c) time-dependent exchange experiments
lasting up to 28 days with B(OH)3-bearing
aqueous solutions, whose initial isotopic com-
position was far off the expected equilibrium
value using the previously synthesized boro-
muscovite with known isotopic composition
(Fig. 3.3a, b). Experiments using approaches
(a) and (c) were performed in a piston cylin-
der press at 3.0 GPa, 500 °C and at 3.0 GPa,

Table 3.1 Compilation of selected experimentally determined vapor, melt, solid–fluid B-isotope fractionation

system D11B (‰) T(°C)/P(MPa)/pH References #a

[3]vapor–[3]fluid +0.1 ± 0.6 to +0.7 ± 0.6 400/23–28/* 7 Liebscher et al. (2005) 1

+0.2 ± 0.7 to +0.9 ± 0.5 450/38–42/*7

+0.4 ± 0.7 425/34.6/*7 Spivack et al. (1990) 2

−0.4 ± 0.7 450/37.9/*7
d[3,4?]melt–[3]fluid −5.2 ± 1.6 950/140/*7 Hervig et al. (2002) 3
d −3.6 ± 2.0 1080/110/*7
d −1.3 ± 3.4 1100/170/*7
e −7.1 ± 2.0 750/500/*7
e −4.4 ± 2.0 850/500/*7
[4,3?]carbb–[3]fluid −16.5 ± 0.7 23/0.1/*8 Hemming et al. (1995) 4

−20.3 ± 0.3 to −14.8 ± 0.6 23/0.1/7.9–8.6 Sanyal et al. (2000) 5
[3,4]smectite–[3,4]fluid −34.3 ± 0.2 to −23.4 ± 0.2 5–40/0.1/6.65–8.45 Palmer et al. (1987) 6f

[4]illite–[3]fluid −16 ± 1.5 300/100/*6 Williams et al. (2001) 7

−13 ± 1.5 350/100/*6
[3]sassolite–[3]fluid +0.6 ± 0.4 to +4.3 ± 0.6 25/0.1/5.5–5.9 Oi et al. (1991) 8
[3,4]borax–[3,4]fluid −12.6 ± 0.4 to +13.8 ± 0.8 25/0.1/7.0–11.5 Oi et al. (1991) 9
[4]saltc–[3]fluid −18.7 ± 0.6 to −32.7 ± 0.6 25/0.1/*7 Vengosh et al. (1992) 10
[4]mica–[3]fluid −10.9 ± 1.3 500/3000/acidic Wunder et al. (2005) 11

−6.5 ± 0.4 700/3000/acidic
[4]mica–[4]fluid −7.4 ± 1.0 400/400/basic Wunder et al. (2005) 12

−4.8 ± 1.0 500/400/basic
[3]tour–[3]fluid −8.35 ± 0.4 to −5.88 ± 0.4 350–450/50/acidic Palmer et al. (1992) 13

−7.76 ± 0.4 to −2.34 ± 0.4 350–750/100/acidic

−6.50 ± 0.4 to −2.24 ± 0.4 350–750/200/acidic

−2.7 ± 0.5 to −0.8 ± 0.5 400–700/200/acidic Meyer et al. (2008) 14

−2.0 ± 0.6 500/500/acidic

Abbreviations carb = carbonate; tour = tourmaline
aCorresponding numbers in Fig. 3.10; bcalcite, aragonite, Mg-calcite; cgypsum, halite, K–MgSO4;

dbasaltic melt;
erhyolitic melt; fB-isotope fractionation due to surface adsorption
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700 °C; experiments using approach (b) were
done in a hydrothermal apparatus at 0.4 GPa,
400 °C and at 0.4 GPa, 500 °C. The solids were
characterized by powder X-ray diffraction

followed by Rietveld refinement and by trans-
mission electron microscopy (TEM) using elec-
tron energy-loss spectroscopy (EELS) for
B/K-ratio determination. Both the solid run

(a) (b)

(c) (d)

Fig. 3.3 a, b Experimental data on mica—fluid
B-isotope fractionation slightly modified after Wunder
et al. (2005) for experiments performed at 500 and 700 °C
at weakly acidic conditions. Black circles show isotopic
composition of exchange experiments at their starting
conditions; orange circles denote the measured D11Bmica--

fluid for time-dependent experiments. Results from

synthesis experiments (in dark blue) fit within error;
c the thermal structure of the Kamchatka subduction zone
used in the thermodynamic model; d the distribution of
the B-isotopic fractionation values in the subducting plate
(modified after Konrad-Schmolke and Halama 2014)
using fractionation data after Wunder et al. (2005)
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products and coexisting fluids were characterized
by p-TIMS for their B-isotopic composition. All
experiments produced only boromuscovite with
traces of quartz in some of the experiments. The
boromuscovite consisted mainly of the 2M1

polytype (approximately 90%) and approxi-
mately 10% of the 1 M polytype (see Chap. 6.3.2
below, for the small effect that different
mica-polytypes have on B-isotope fractionation).
The synthesis approach (a) and the
time-dependent experiments (c) resulted in
approximately the same fractionations (Fig. 3.3a,
b): D11Bmica-fluid = −10.9 ± 1.3‰ (at 3.0 GPa,
500 °C) and −6.5 ± 0.4‰ (at 3.0 GPa, 700 °C).
Experiments at 0.4 GPa that used the strongly
basic fluid produced significantly less fractiona-
tion D11Bmica-fluid = −7.4 ± 1.0‰ (at 400 °C)
and −4.8 ± 1.0‰ (at 500 °C), reflecting the
reduced fractionation effect, when large amounts
of boron in basic fluids are tetrahedrally coordi-
nated. From these results, Wunder et al. (2005)
proposed that the B-isotopic signature in vol-
canic arcs might result from continuous dehy-
dration of micas, acting as important B carrier
during subduction.

Marschall et al. (2007) modeled the release of
B in a progressively dehydrating altered oceanic
crust during subduction. The derived information
on the B-concentration of rocks and fluids at
different stages of the P-T-path of the subducting
slab was combined with T-dependent B-isotope
fractionation data (Wunder et al. 2005). Assum-
ing low-pH fluids (i.e., trigonally coordinated B
in the fluid), this resulted in a model of the
B-isotopic evolution of subducting rocks and the
released fluids from greenschist to eclogite con-
ditions (Marschall et al. 2007).
Konrad-Schmolke and Halama (2014) extended
this model by combining thermodynamic mod-
eling of phase relations at subduction conditions
for the Kamchatkan subduction zone (Fig. 3.3c),
with T-dependent mica–fluid B-isotope fraction-
ation (Wunder et al. 2005), in order to quantify
the B concentration and B-isotopic composition
of coexisting fluid and solid phases during
devolatilization, fluid migration and fluid-rock
interaction in a subducting slab (Fig. 3.3d). Their
derived data provides insights into element

cycles, and their model can be used to constrain
metamorphic processes and determine
thermo-mechanical parameters for subduction
zone models (Konrad-Schmolke and Halama
2014). For more details on this topic see De
Hoog and Savov (2017).

Tourmaline—Fluid B-Isotope Fractionation
Tourmaline forms in various geochemical envi-
ronments that have undergone diagenetic, meta-
morphic, metasomatic, or magmatic processes
over a wide range of bulk compositions and has a
large P–T-stability field ranging from
near-surface to mantle conditions (e.g., Dutrow
and Henry 2011; van Hinsberg et al. 2011).
Negligible diffusion of elements through tour-
maline’s structure results in the preservation of
growth and sector zoning (van Hinsberg and
Schumacher 2007). Its refractory behavior has
allowed tourmaline to be successfully used for
geothermometry (e.g., van Hinsberg and Schu-
macher 2007), geobarometry (Berryman et al.
2015), for provenance studies (e.g., Dutrow and
Henry 2011), as a monitor for fluid-rock inter-
actions in metamorphic rocks (e.g., von Goerne
et al. 2001), as well as in tourmaline-bearing
fluid–melt–rock systems (e.g., Trumbull and
Chaussidon 1999). Tourmaline’s B-isotope
composition, which can also be affected by
growth zoning (van Hinsberg and Marschall
2007), extends its applicability to include its use
as a geochemical tracer for geological mass
transfer, fluid origin and evolution, and even for
evaluating the source and genesis of ore deposits
(Marschall and Jiang 2011; Slack and Trumbull
2011).

Tourmaline’s compositional variability is due
to its complex crystal chemical structure
[9]X[6]Y3

[6]Z6(
[4]T6O18)(

[3]BO3)3(O,OH)3(O,OH,
F). B in tourmaline is situated at two different
structural positions: trigonal-planar [3]B and
tetrahedral [4]T-site. At the latter, B is incorpo-
rated via exchange with Si by various coupled
substitutions (Kutzschbach et al. 2016a). In most
tourmalines, B is exclusively three-fold coordi-
nated; however, some natural [4]B-bearing tour-
malines with up to 1.23 [4]B per formula unit
(pfu) have also been described (e.g., Kalt et al.
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2001; Hughes et al. 2004; Marschall et al. 2004;
Ertl et al. 2007), mostly from high-pressure
environments and for Al-rich stoichiometries.
According to Ertl et al. (2008), it is possible to
have a maximum of 3 [4]B pfu at the T-site of
tourmaline; they also concluded that the amount
of [4]B increases with decreasing temperature and
increasing pressure. Kutzschbach et al. (2016a)
achieved the incorporation of up to
2.53 ± 0.25 pfu [4]B into olenitic tourmaline
synthesized at 4.0 GPa, 700 °C, which is the
highest B concentration ever detected in either
synthetic or natural tourmaline.

Two experimental studies on B-isotope frac-
tionation between tourmaline and aqueous fluid
exist (Palmer et al. 1992; Meyer et al. 2008).
Both report an enrichment of 11B in the fluid
phase under all conditions. Palmer et al. (1992)
determined the fractionation of B isotopes
between dravitic tourmaline and fluid in
hydrothermal experiments at 350–750 °C and
50–200 MPa. The resulting D11Btour-fluid, [−5.88
to −8.35‰ at 50 MPa, 450–350 °C; −2.34 to
−7.76‰ at 100 MPa, 750–350 °C; −2.24 to
−6.50‰ at 200 MPa, 750–350 °C] display a
decrease in fractionation with increasing tem-
perature and pressure (Fig. 3.4a). Meyer et al.
(2008) determined the fractionation of B isotopes
between dravitic tourmaline and fluid in
hydrothermal experiments between 400 and
700 °C at 200 MPa and at 500 °C, 500 MPa.
Tourmaline was crystallized from a mix of oxi-
des and boric acid in the presence of water that
contained B in excess. In one series of experi-
ments, the fluid to tourmaline B-concentration
ratio CB

fluid/CB
tour was 9 after the run; in another

series it was 0.1 to demonstrate the effect that
fractional crystallization has on the B isotope
tourmaline–fluid distribution (see below). All
experiments produced tourmaline as the only
B-bearing solid, along with traces of quartz and
talc whose B contents are negligible. Solid
samples were characterized by electron micro-
probe (EMP) and by X-ray diffraction with
Rietveld refinement; the isotopic composition of
both solids and fluids, were determined by
p-TIMS. Rietveld refinements on tourmaline
structure revealed no significant amounts of

tetrahedrally coordinated B (Meyer et al. 2008).
For experiments where CB

fluid/CB
tour was 9, a

consistent T-dependent B-isotope fractionation,
valid from 400 to 700 °C, is approximated by
D11Btour-fluid = −4.20 � (1000/T[K]) + 3.52;
R2 = 0.77 (Fig. 3.4a). In contradiction to Palmer
et al. (1992), no pressure dependence was
observed and the D11Btour-fluid values of Meyer
et al. (2008) [−2.7 ± 0.5‰ at 400 °C;
−0.8 ± 0.5‰ at 700 °C] are lower by approxi-
mately 2 to 4‰ [−4.1‰ at 450 °C, 200 MPa;
−2.6 ± 0.3‰ at 750 °C, 200 MPa, see Fig. 3.4
a]. Experiments where CB

fluid/CB
tour was 0.1

showed a significantly larger apparent fractiona-
tion of up to −4.7‰ at 600 °C (Fig. 3.4a). In one
of these runs, the isotopic composition of hand-
picked tourmaline crystals of different sizes var-
ied by 1.3‰. This was interpreted as a result of
fractional crystallization of B isotopes during
tourmaline growth due to the small B reservoir of
the fluid relative to tourmaline. The effect is
eliminated or minimized in experiments with
high amounts of excess B in the fluid. It is,
therefore, suggested that values given by the
above relationship using a high-B-excess reser-
voir in the fluid represent true equilibrium frac-
tionation. Marschall et al. (2009) confirmed this
interpretation by B-isotope SIMS-measurements
of the same synthesized tourmalines. Tourmaline
from an experiment with low excess B had sig-
nificant B-isotope zonation with 11B/10B
increasing in the growth direction of the crystals
(Fig. 3.4b, c). Trend, magnitude, and absolute
values strongly support results from the
high-B-excess isotope fractionation experiments.
Furthermore, the closed system B-isotopic evo-
lution of the experimental fluid, modeled by
Rayleigh fractionation, is in excellent agreement
with the measured B-isotope composition of the
run-product fluid (Fig. 3.4d). In the experiments
of Palmer et al. (1992) only small amounts of B
excess (*10%) were present in the fluid; thus,
one may hypothesize that fractional crystalliza-
tion also occurred in their experiments, creating
stronger fractionation just as in the low-excess B
experiments of Meyer et al. (2008). On the basis
of the adsorption mechanism presented for clays
(Palmer et al. 1987, see above), Palmer et al.
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(1992) suggested a modified version aimed at
explaining the slight B-isotope fractionation and
its P dependence for the system tourmaline–
aqueous fluid, where both phases have exclu-
sively trigonal [3]B. In contrast to clay minerals,
in this scheme no coordination-change from

trigonal to tetrahedral species occurs after surface
adsorption of the trigonal-B species. Instead, the
coordination changes to a pseudo-trigonal coor-
dinated adsorption species at tourmaline’s sur-
face; this mechanism should be favored at higher
pressure. Palmer et al. (1992) also envisaged

(a) (b)

(c) (d)

Fig. 3.4 a Experimental data on tourmaline–fluid
B-isotope fractionation after Palmer et al. (1992) at
various pressures (red) and after Meyer et al. (2008) for
two different fluid/tourmaline B-concentration ratios
(CB

fluid/CB
tour = 9, in blue; CB

fluid/CB
tour = 0.1, in violet).

Note that the apparent fractionation from the small
B-excess experiments are in the range of those proposed
by Palmer et al. (1992) or even larger. b Reflected light
microscope image of tourmaline from a CB

fluid/CB
tour = 0.1

experiment (#CM2, 600 °C) of Meyer et al. (2008). SIMS
spots are visible; numbers refer to measured d11B values.
c B-isotope profile along the growth direction (root to tip)
determined from SIMS analyses of various tourmaline

crystals of #CM2. Arrows show fractionation (according
to Meyer et al. 2008) between the starting material and
early-stage tourmaline in the root (No. 1), and final fluid
and late-stage grown tourmaline at the tip (No. 2),
respectively. d Evolution of B-isotopic composition of
fluid and tourmaline modeled by Rayleigh fractionation
for conditions of experiment #CM2. Note that the
theoretical d11B value of −10.14‰ calculated from the
T-dependent fractionation value of Meyer et al. (2008) is
in very good agreement with the value of −10.0 ± 0.3‰
measured after the experimental run. b–d are slightly
modified after Marschall et al. (2009)
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kinetic effects as a possible reason for the P de-
pendence of fractionation, leaving the observed
effect not fully constrained. Moreover, Palmer
et al. (1992) detected a small amount of
tetrahedrally-coordinated B in their tourmalines
by MAS-NMR. However, only significant
amounts of tetrahedral B in tourmaline would
cause a clear increase in D11Btour-fluid (Kowalski
et al. 2013) and the small observed [4]B con-
centrations cannot account for the variation of
approximately 1–2‰ between low and high
P experiments (Palmer et al. 1992). For synthetic
olenitic tourmaline formed at 700 °C, 4.0 GPa
with significant amounts of [4]B, preliminary data
by Kutzschbach et al. (2016b) reveal an
intracrystalline B-isotope fractionation with
D11B(

[3]
B−
[4]

B) = d11B[3] − d11B[4] of +8.4‰,
which is in agreement with computationally
determined values of B-isotope fractionation for
[4]B-bearing tourmaline–fluid (Kowalski et al.
2013; see below).

Furthermore, according to Kowalski et al.
(2013), tourmaline–fluid B-isotope fractionation
might vary for different tourmaline members due
to differences in the B–O distances of the trigonal
planar groups of different tourmaline (see later
Fig. 3.7a).

3.6 Ab Intio Prediction of B-Isotope
Fractionation

With the tremendous increase in the availability
of computational power that rises by at least a
factor of 100 per decade (www.top500.org), the
ab initio methods of quantum chemistry, namely
density functional theory (DFT), become very
popular investigation tools in various research
fields, including isotope geochemistry (e.g.,
Schauble 2004; Kowalski et al. 2013; Jahn and
Kowalski 2014). Therefore, reliable ab initio
computational methods have been established
recently and were successfully applied to predict
the isotope fractionation factors among various
crystalline solids (Driesner 1997; Yamaji et al.
2001; Schauble 2004; Domagal-Goldman and
Kubicki 2008; Hill and Schauble 2008; Méheut
et al. 2007, 2009; Schauble et al. 2009; Zeebe

2009, 2010; Hill et al. 2010; Rustad et al. 2010a,
b; Kowalski and Jahn 2011; Kowalski et al.
2013; Feng et al. 2014; Méheut and Schauble
2014) and recently also between solids and
aqueous solutions (e.g., Zeebe 2005; Otake et al.
2008; Domagal-Goldman and Kubicki 2008; Hill
and Schauble 2008; Rustad et al. 2008; Zeebe
2009, 2010; Hill et al. 2010; Rustad et al. 2010a,
b; Kowalski and Jahn 2011; Markland and Berne
2012; Kowalski et al. 2013; Fujii et al. 2015;
Pinilla et al. 2015; Dupuis et al. 2015). Many of
these studies have shown that such calculations
are essential for our understanding of the geo-
chemical mechanisms responsible for emerged
isotope fractionation and signatures from exper-
iments and nature.

The majority of the ab initio studies focus on
the computation of stable isotope fractionation
between simple crystalline phases and aqueous
solution represented by ion-aqua complexes,
whereas calculations of continuous fluids are less
abundant. The aqueous solution species are
usually represented by an isolated cluster con-
taining the fractionating species and a hydration
shell (e.g., Zeebe 2005; Domagal-Goldman and
Kubicki 2008; Hill and Schauble 2008; Zeebe
2009, 2010; Hill et al. 2010; Rustad et al. 2010a;
b). However, it is known that the distribution of
cation coordination and cation–oxygen bond
lengths can significantly influence the fractiona-
tion of isotopes (Bigeleisen and Mayer 1947).
These structural properties of materials are
determined by the dynamics of the considered
system or its change under compression (Jahn
and Wunder 2009; Wunder et al. 2011; Kowalski
and Jahn 2011) and can have strong impact on
isotope exchange. For instance, considering
fractionation of Li isotopes, Kowalski and Jahn
(2011) have demonstrated that a cation-hydration
shell cluster is not an appropriate representation
of aqueous solutions at high pressure (P > 2
GPa). Only a few published ab initio studies
account for the dynamical effects on the isotope
fractionation in fluids (Rustad and Bylaska 2007;
Kowalski and Jahn 2011; Kowalski et al. 2013).
Rustad and Bylaska (2007) considered boron
equilibrium isotope fractionation between B
(OH)3 and [B(OH)4]

− species in aqueous
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solution. They performed ab initio molecular
dynamic simulations of these fluids and calcu-
lated the 11B/10B isotope fractionation coefficient
from the vibrational density of states obtained
through the Fourier transform of the velocity
auto-correlation function. Although the obtained
fractionation factor of 0.86 was substantially
different from the experimental value of 1.028,
the experiment and theory were reconciled by
computation of the harmonic frequencies on a set
of the quenched ionic configurations extracted
from the molecular dynamics trajectory. Using a
similar approach together with the “single atom
approximation” of Bigeleisen and Mayer (1947),
in which the isotope fractionation factor was
derived from the force constants acting on Li
cation, Kowalski and Jahn (2011) computed the
high temperature Li isotope fractionation factors
between complex minerals (spodumene, stauro-
lite and mica) and aqueous fluid. It is worth
noticing that because these simulations were
performed using periodic boundary conditions,
the computed solids and fluids were treated as
continuous media, which allowed for correct
accounting for the pressure effects.

With the steadily increasing access to the
computing power it becomes possible to apply
other methods of quantum chemistry to derive
the isotope fractionation factors. For instance,
Marland and Berne (2012), Pinila et al. (2014)
and Dupuis et al. (2015) used path integral
molecular dynamics technique to investigate the
fractionation of H and O isotopes in water. We
thus expect that further similar studies will be
performed in the next years.

3.6.1 Computational Approach

3.6.1.1 The “Single Atom
Approximation”
Following Bigeleisen
and Mayer (1947)

Following the pioneering study of Urey (1947) it
is well accepted that the mass-dependent equi-
librium fractionation of isotopes is driven by the
change in molecular and crystalline vibration
frequencies resulting from the different masses of

isotopes. The principal parameter which
describes the equilibrium isotope fractionation is
the so-called isotopic reduced partition function
ratio, known also as b factor, which describes the
fractionation of isotopes between given species
and an ideal monoatomic gas. In the harmonic
approximation it is given by the following for-
mula (Bigeleisen and Mayer 1947; Urey 1947;
Chacko et al. 2001):

b ¼
YNdof
i¼1

u�i
ui
exp

ui � u�i
2

1� expð�uiÞ
1� expð�u�i Þ

� 

ð3:10Þ

where ui = hmi/kBT, h is the Planck constant, kB is
the Boltzmann constant, mi is the vibrational
frequency of the ith degree of freedom, Ndof is the
number of degrees of freedom and the asterisk
marks the heavier isotope. For N being the
number of atoms in the considered system Ndof is
equal to 3 N-5 for diatomic molecule, 3 N-6 for
multiatomic molecules and 3 N for crystals. The
fractionation factor between two substances
A and B, aA-B is computed as the ratio of the
relevant b factors, which is well approximated by
the differences in the b factors:

DA�B ¼ 1000 � ln bA � 1000 � ln bB ð3:11Þ

The calculation of the b factor requires thus
only knowledge of the vibrational frequencies
that can be measured or computed ab initio (Jahn
and Kowalski 2014). The only problem on the
computational site is that the calculation of the
whole vibrational spectra of complex minerals or
fluids requires substantial computational resour-
ces and, therefore, is currently limited to systems
containing no more than a few dozens of atoms.
Many of the current studies thus focus on com-
putation of simple crystalline solids and ion-aqua
complexes, accounting for the closest hydration
shells only.

Kowalski and Jahn (2011) noticed that by
computing only the force constants acting upon
the fractionating element, by using for instance
the “single atom approximation” of Bigeleisen
and Mayer (1947), instead of the full phonon
spectrum required by Eq. (3.10), one can dra-
matically reduce the computational demand by a
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factor of *N, where N is the number of the
atoms constituting the computed system (super-
cell). Kowalski and Jahn (2011) proposed such a
method for an efficient computing of the high
temperature isotope fractionation factors between
complex materials such as fluids and crystalline
solids. The b factor (Eq. 3.12) can be then
approximated as:

b ffi 1þ
XNdof
i¼1

u2i � u�2i
24

¼ 1þ Dm
mm�

�h2

24k2BT
2

X3
i¼1

Ai; ð3:12Þ

where Ai are the three force constants acting on
the isotopic atom and Dm = m*−m, where m and
m* are the masses of the lighter and heavier
isotopes. This approach refers to the “single atom
approximation” (Bigeleisen and Mayer 1947),
because the computation of the b factors using
Eq. (3.12) only requires the knowledge of prop-
erties of the fractionating element. However, the
validity criteria restrict the usage of Eq. (3.12) to
frequencies m [cm−1] smaller than 1.39 T [K]
(Kowalski et al. 2013). Because of this difficulty,
Kowalski et al. (2013) introduced a modification
of the “single atom approximation” showing that
the error of the computed fractionation factors
can be substantially reduced if one uses the three
frequencies mi derived from the force constants
acting on the fractionating element mi = Ai/4p

2m
—called pseudofrequencies—and combined this
with Eq. (3.10) for the calculations. Kowalski
et al. (2013) provided a theoretical justification
for this method, and tested and applied it suc-
cessfully to B isotope systems, including cases of
tourmaline (dravite, olenite), mica, grandidierite,
serendibite, and aqueous solutions, which will be
discussed in the next sections.

3.6.1.2 Computational Technique

The calculations reported here were performed
by Kowalski et al. (2013), MacGregor et al.
(2013) and Belley et al. (2014). These studies are
complemented by the discussion of the ab initio
data of Zeebe (2005) and Rustadt and Bylaska
(2007). The calculations of pseudofrequencies

and b factors for solids and aqueous solutions
were performed following the procedure outlined
in Kowalski et al. (2013) by applying density
functional theory (DFT), which is currently the
most efficient method allowing for quantum-
mechanical treatment of extended many-particle
systems. The calculations were performed with
the planewave DFT code CPMD (Marx and
Hutter 2000), which is especially suited for
ab initio molecular dynamics simulations of
fluids, and with the BLYP exchange-correlation
functional (Lee et al. 1988). The norm-
conserving Goedecker pseudopotentials were
applied to mimic the presence of the core elec-
trons (Goedecker et al. 1996). One advantage of
using the BLYP functional is that it usually gives
harmonic frequencies that most closely resemble
the observed frequencies (e.g., Finley and Ste-
phens 1995; Alecu et al. 2010). The energy
cut-off for the plane wave basis set was set to
70 Ryd for geometry relaxations and molecular
dynamics simulations and to 140 Ryd for static
computation of the force constants and the
vibrational pseudofrequencies. The periodic
boundary conditions were applied for crystalline
solids as well as aqueous solutions in order to
preserve the continuity of the media. The force
constants and resulting pseudofrequencies were
computed using the finite displacement scheme.
In case of the crystal structures these calculations
were performed with all atomic positions relaxed
to the equilibrium positions. The calculations are
restricted to a single phonon wave vector using
large supercells, thus avoiding an expensive
calculation of full phonon dispersion. Due to the
restrictions of CPMD code and the applied
“single atom approximation”, the calculations
were performed at C-point. Blanchard et al.
(2009) have shown that selection of a represen-
tative C-point, such as the mean value C-point
(Baldereschi 1973), could improve the accuracy
of the calculations. This procedure has been
validated at high temperatures (> 400 °C) for
Mg-bearing materials (Schauble 2011) and
Fe-bearing minerals (Blanchard et al. 2009).

The computation of the force constants and
frequencies in case of the aqueous species were
performed after relaxing the positions of all the
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atoms constituting the B-carrying molecule (B
(OH)3 or [B(OH)4]

−) to the equilibrium posi-
tions, but keeping all other atomic positions
fixed. The 10 ps long molecular dynamics tra-
jectories of systems consisting of 64 H2O mole-
cules and one B(OH)3 or [B(OH)4]

− molecule
were obtained for different temperatures of 1000,
800 and 600 K and a pressure of 0.5 GPa. These
parameters closely resemble the experimental
conditions of Wunder et al. (2005) and Meyer
et al. (2008). The ab initio molecular dynamics
simulations were performed for fixed tempera-
ture and volume using the Car–Parrinello scheme
(Car and Parrinello 1985) and the pressure of
aqueous solution was calculated according to the
equation of state of Wagner and Pruss (2002).
The temperature during each run was controlled
by a Nosé–Hoover chain thermostat (Nosé and
Klein 1983; Hoover 1985). The b factors were
computed on the snapshots extracted uniformly
along the molecular dynamics trajectories using
an interval of 0.1 ps.

3.6.1.3 Error Estimation Technique
An important aspect of reliable predictions is an
estimation of error of the computed fractionation
factors, which unfortunately is often omitted in
many modeling studies. As shown by Kowalski
and Jahn (2011) and Kowalski et al. (2013) the
errors in the computed value of the b and D
fractionation factors can be estimated from an
average error of vibrational frequencies com-
puted using the chosen DFT method. For
instance, Finley and Stephens (1995), Menconi
and Tozer (2002) and Alecu et al. (2010) esti-
mated the errors originating from using different
DFT functionals in the calculations of vibrational
frequencies of small molecules. According to
these studies, the BLYP functional systemati-
cally overestimates the harmonic frequencies by
3.5% with a deviation from the mean offset of
1%. Therefore, we expect that using BLYP
functional the b and D values are systematically
overestimated by 7% and that in addition there is
a 2% error in the derived b factors. All the values
presented here are thus provided together with
errors estimated in this way. Similar errors result
from using other functionals or even more

sophisticated and computationally demanding
post-Hartree–Fock methods such as MP2 (Finley
and Stephens 1995; Alecu et al. 2010).

3.6.2 Computation of Fractionation
Factors

3.6.2.1 Vapor
Kowalski et al. (2013) compared their results for
the gas phase B(OH)3 and [B(OH)4]

− molecules
with the published data of Zeebe (2005), where
the same DFT BLYP functional was used. The
computed vibrational frequencies that are affec-
ted by the different B isotope substitutions are in
good agreement with earlier theoretical predic-
tions and show similar agreement with the
experimental measurements. Figure 3.5a reports
the resulting b factors, together with the results
of Zeebe (2005). The b factors are smaller by
approximately 1‰ at 600–1000 K than the val-
ues of Zeebe (2005), although the difference
between b factors of B(OH)3 and [B(OH)4]

−

remains nearly identical in both sets of calcula-
tions, which points to a systematic error. The
discrepancy between the two sets of calculations
is substantially reduced when the results obtained
with more complete basis set 6-311 + G(d,p) are
used (Zeebe 2005). This shows that the here
utilized plane-wave based DFT approach pro-
vides adequate vibrational frequencies and the
resulting isotope fractionation factors are
reliable.

3.6.2.2 Aqueous Fluid
Computed b factors for B(OH)3 and [B(OH)4]

−

in aqueous solutions according to Kowalski et al.
(2013) are shown in Fig. 3.5c. The presented
functions, b = 1 + 2.416 104/T2−5.823 108/T4

for B(OH)3 and b = 1 + 1.772 104/T2−4.234
108/T4 for [B(OH)4]

− were fitted to the computed
ab initio values. According to the assessment of
uncertainties of the computational method (such
as DFT exchange-correlation functional) and the
“single atom approximation” (Kowalski et al.
2013), the errors of the computed values are
T dependent with larger uncertainties at lower
temperatures: 27% (at T = 300 K), 16% (at
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T = 600 K), 11% (at T = 1000 K). The high
uncertainties of computed b factors at ambient
conditions are also shown by Rustad et al.
(2010a, their Fig. 3.2) from the spread of frac-
tionation factors calculated using various com-
putational methods.

The b factor of B(OH)3-bearing fluid is sub-
stantially larger than the one for the [B(OH)4]

−

and not significantly different from the results
obtained for the isolated molecule (Fig. 3.5a).
This reflects the substantial difference in the B–O
bond lengths exhibited by the two considered B

(a) (b)

(c) (d)

Fig. 3.5 a Gas phase b factors for B(OH)3 (solid blue
line) and [B(OH)4]

− (dashed red lines); b gas phase B
(OH)3–[B(OH)4]

− fractionation factors. The thick lines
represent calculations of Kowalski et al. (2013), and the
thin lines represent the results derived from data com-
puted by Zeebe (2005); c computed aqueous solution b
factors for B(OH)3 (solid blue lines) and [B(OH)4]

−

(dashed red lines); d aqueous solution B(OH)3–[B

(OH)4]
− fractionation factors. The thick lines represent

the results computed by Kowalski et al. (2013). The thin
lines show the results of Sanchez-Valle et al. (2005)
obtained using harmonic frequencies. The dotted line
represents the corrected Sanchez-Valle et al. (2005)
results. The correction is made according to Rustad
et al. (2010a). Figure modified after Kowalski et al.
(2013)
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species. For the isolated molecules Kowalski
et al. (2013) determined the B–O bond length of
1.40 Å and 1.51 Å for B(OH)3 and [B(OH)4]

−,
respectively. Compared to experimental data by
Sanchez-Valle et al. (2005), for B(OH)3 both
studies give nearly identical b factor; however,
for [B(OH)4]

− Kowalski et al. (2013) predicted a
lower value. This discrepancy is caused by the
incorrect assignment of a major vibrational mode
of [B(OH)4]

- in the force field by Sanchez-Valle
et al. (2005) as discussed by Rustad and Bylaska
(2007) and shown by Kowalski et al. (2013). The
accordingly corrected results of Sanchez-Valle
et al. (2005), which are in good agreement with
the prediction of Kowalski et al. (2013), are
plotted in Fig. 3.5d.

Liebscher et al. (2005) measured the frac-
tionation of boron isotopes between liquid and
vapor systems and found a positive D11Bliq-

uid-vapour of +0.1 to +1.3‰ at 400 °C and of +0.2
to +1.5‰ at 450 °C (see Fig. 3.2). The calcula-
tions reported in Fig. 3.5 indicate D11Bliq-

uid-vapour = + 1.0 ± 1.9‰ and +1.5 ± 2.2‰ for
temperature of 400 and 450 °C, respectively.
These values are thus well consistent with the
experimental data.

3.6.2.3 Pressure Dependence
of the Fractionation
Factor in Aqueous Fluids

Kowalski and Jahn (2011) have shown that for
P > 2 GPa the b factor of Li in aqueous solution
increases with increasing pressure. Kowalski et al.
(2013) observed the same for B(OH)3 and [B
(OH)4]

− in aqueous fluid, which is consistent with
the experimentally observed variation in shift of
the vibrational frequencies of different B species
with increasing pressure (Sanchez-Valle et al.
2005; Schmidt et al. 2005). The computed b-1
values for B(OH)3 fluid show a linear dependence
in pressure, b-1 = 23.6 + 0.28P (P in GPa). Such
a relationship is expected as b-1/m2 * m0

2 + 2
0Dm (Schauble 2004) and Dm is a linear function of
P (Sanchez-Valle et al. 2005; Schmidt et al.
2005). As illustrated in Fig. 3.6c, in case of [B
(OH)4]

−, the pressure-dependence is linear up to

P * 2–3 GPa but it becomes less steep at higher
pressures. Kowalski et al. (2013) have shown that
these predictions are consistent with the measured
P-dependent vibrational frequency shifts of
Sanchez-Valle et al. (2005). Such a good agree-
ment with the experimental data shows that
ab initio calculations can be successfully used in
derivation of the pressure dependence of the
fractionation factors and the pressure-induced
vibrational frequencies shifts. Moreover, first
principles calculations can also be useful in
extrapolation of the experimental values for b and
Dm to more extreme conditions, which are difficult
to be reached by experimental techniques.

3.6.3 Computationally Determined
Mineral–Fluid B-Isotope
Fractionation

Kowalski et al. (2013), MacGregor et al. (2013)
and Belley et al. (2014) used the computational
approach outlined above to investigate the frac-
tionation between boron-bearing fluids and
minerals, such as dravite, olenite, boromuscovite,
prismatine, grandidierite and serendibite. The
aim of these studies was to investigate the
mechanisms driving the fractionation process,
including the role of coordination and the B–O
bond length to better understand measured
B-isotopic signatures. Below we discuss each
case separately.

3.6.3.1 Tourmaline–Neutral Fluid
B-Isotope Fractionation

Meyer et al. (2008) measured the boron isotope
fractionation between tourmaline, represented by
dravite, and pH-neutral fluid at T = 400–700 °C
and P = 0.2 GPa (see Fig. 3.4a). The calculated
fractionation curve and the experimental data of
Meyer et al. (2008) are given in Fig. 3.7a. Cal-
culations reproduce the measurements within the
computational accuracy. According to Kowalski
et al. (2013) the dravite–fluid fractionation is
small because both, dravite and neutral fluid,
contain boron in BO3 units. Kowalski et al.
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(2013) also predicted a small but positive frac-
tionation between olenite and aqueous fluid. It is
assumed that the calculated olenite–fluid frac-
tionation differs from that of dravite–fluid due to

shorter B–O bond lengths for olenite (1.378 Å)
versus 1.397 Å for dravite (Kowalski et al. 2013).

Beside trigonally-coordinated boron, tourma-
line can incorporate boron also at the tetrahedral

(a) (b)

(c) (d)

Fig. 3.6 a Computed pressure dependent b factor of
neutral fluid (B(OH)3) at T = 1000 K. Dashed line
represents the linear regression fit to the calculated values
(squares); b computed change of b factor as a function of
pressure (blue squares) compared to the results derived
from the pressure-induced frequency shifts of the 666 and
1454 cm−1 vibrational modes measured by Sanchez-Valle
et al. (2005) (dashed black line); c computed pressure

dependent b factor of strongly basic fluid ([B(OH)4]
−) at

T = 1000 K. Dashed line is the regression fit to the
calculated values (squares); d computed change of the b
factor with pressure compared to the increase in the b
factor derived from the frequency shift of the 975 cm−1

line measured by Sanchez-Valle et al. (2005) (black
dashed line). Figure modified after Kowalski et al. (2013)
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site replacing Si in a coupled substitution (e.g.,
Ertl et al. 1997). Calculations of intra-site

B-isotope fractionation D11B ½3�B�½4�Bð Þ
� �

between

trigonal and tetrahedral boron sites in dravite
resulted in +8.9 ± 1.7‰ (Kowalski et al. 2013)
at 600 °C, which is in good agreement to

(a)

(c)

(b)

Fig. 3.7 a B-isotopic fractionation between tourmaline
and aqueous fluid. The solid line represents the fraction-
ation between dravite and B(OH)3 neutral fluid computed
by Kowalski et al. (2013). The dashed line represents the
prediction for the fractionation between olenite (without
tetrahedral boron) and neutral fluid. The squares represent
the experimental data measured for the dravite–fluid
system by Meyer et al. (2008); b B-isotope fractionation
factors between boromuscovite and basic aqueous fluid
(fluid containing [B(OH)4]

−). The lines represent the
values calculated by Kowalski et al. (2013) assuming the
presence of boron species in the form of [B(OH)4]

− only
(solid line) and admixture of 10% of B(OH)3 in the fluid

(dashed line). The squares represent the experimental data
(Wunder et al. 2005); c B-isotope fractionation factors
between boromuscovite and aqueous fluid. The data
points are the values measured by Wunder et al. (2005).
The thick lines represent the fractionation factor computed
assuming ambient pressure (solid line) and P = 3 GPa
accounting for compression and thermal expansion
(dashed line). The dotted lines represent the fractionation
factors obtained assuming different admixture of [4]B
species (represented by [B(OH)4]

− with abundance indi-
cated in the figure) to the fluid. The blue regions represent
the computational uncertainty. Figure modified after
Kowalski et al. (2013)
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experimental data (Kutzschbach et al. 2016b, see
above).

3.6.3.2 Boromuscovite–Strongly Basic
Fluid B-Isotope
Fractionation

Wunder et al. (2005) measured the isotopic sig-
natures of synthesized boromuscovite that con-
sisted of polytypes, 1 M (*10%) and 2M1

(*90%). As a comparison with these data,
Kowalski et al. (2013) derived b factors for both
polytypes and used their weighted average for
the analysis. Both polytypes of mica have similar
mean B–O bond lengths [1.515 Å (1 M) and
1.525 Å (2M1)], and the calculations show that
they are characterized by similar b factors with
difference in (b−1) no larger than 3% (see
Fig. 3.9). In order to investigate the impact of the
B–O bond length on the fractionation, Kowalski
et al. (2013) compared the fractionation between
boromusovite, that generally has B in tetrahedral
coordination, and a strongly basic fluid contain-
ing boron as [B(OH)4]

−. The results of the cal-
culations and the experimental data from the
system boromuscovite–strongly basic fluid
(Wunder et al. 2005) are shown in Fig. 3.7b. The
calculations predict a negative fractionation
between mica and the [B(OH)4]

− fluid, in line
with the experimental findings. This result seems
reasonable, because the mean B–O bond length
of mica is larger than that of aqueous [B(OH)4]

−

(1.513 Å).
Although the data from calculations and

experiments agree within errors, the experimental
data might indicate a slightly stronger fractiona-
tion. Kowalski et al. (2013) explained this dis-
crepancy by admixture of aqueous [3]B species in
the experiment. The presence of as little as 10%
of B(OH)3 in the measured basic fluid brings
predictions and experiments to good agreement
(Fig. 3.7b). The experiments were performed
with a “strongly basic” fluid (Wunder et al.
2005), yet, its exact composition, especially the
amount of [3]B species at the conditions of the
experiments, was unknown. Nevertheless, good

agreement between the prediction and the
experimental data exists, which indicates that the
strongly basic fluid was dominated by [B(OH)4]

−

species, in line with previous studies (e.g., Zeebe
2005).

3.6.3.3 Boromuscovite–Neutral Fluid
B-Isotope Fractionation

The strong B-isotopic fractionation between
boromuscovite and neutral fluid results from
different coordination of boron in boromuscovite
([4]B) and neutral fluid ([3]B). Comparison of data
from experiments performed at 3.0 GPa (Wunder
et al. 2005) with the predicted fractionation
shows a difference of *2.5‰ (Fig. 3.7c). The
effect of difference in thermal expansion and
compressibility between boromuscovite and fluid
was shown to be not responsible for the dis-
crepancy (Kowalski et al. 2013). However, the
comparison of calculated results with the exper-
imental data (Kowalski et al. 2013) suggests that
the fractionation between boromuscovite and
fluid is the same as between B(OH)3 and [B
(OH)4]

− fluids, which is at odds with the
non-negligible and negative fractionation
between boromuscovite and a strongly basic fluid
(Fig. 3.7b). As the b factor derived for boro-
muscovite seems to be reliable, this points
towards another, unaccounted effect that led to
the decrease of the B-isotope fractionation
between mica and neutral fluid in the
high-pressure experiments of Wunder et al.
(2005). One possible solution for the discrepancy
is a non-negligible amount of [4]B in the neutral
solution at 3.0 GPa. This is in line with the
studies of Schmidt et al. (2005), who detected
admixture of significant amounts of [4]B species
in near-neutral, B(OH)3-dominated fluid at high
pressures (see Fig. 3.1). Assuming a presence of
15–30% [4]B species in the fluid at 3.0 GPa and a
b factor of these species similar to that of [B
(OH)4]

−, the fractionation factor between boro-
muscovite and B(OH)3 in the aqueous fluid
decreases, bringing theory and experiment to
much better agreement (Fig. 3.7c). If this
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interpretation is correct, it suggests that boron
isotope fractionation could be used to gather
information on the B-speciation in aqueous
fluids.

3.6.4 B-Isotope Fractionation Among
Minerals

The fractionation of B isotopes among solids has
received considerable attention (e.g., Hervig
et al. 2002; Marschall 2005; Klemme et al. 2011;
MacGregor et al. 2013; Belley et al. 2014). From
a theoretical point of view, Kowalski et al.
(2013) investigated the mica–tourmaline system
in which the two coexisting minerals have boron
in different coordination, [3]B in tourmaline and
[4]B in mica. This results in large B isotope
fractionation between these two minerals, which
has been investigated by analyzing natural
coexisting pairs of tourmaline and mica (Klemme
et al. 2011, and references herein). Comparison
of experimental data with measurements from

natural samples and the computed T-dependent
fractionation curve are given in Fig. 3.8. The
fractionation factors predicted by Kowalski et al.
(2013) are consistent with the natural data
(Klemme et al. 2011), which are both larger
(taking the absolute values) than the experimen-
tal data (Wunder et al. 2005; Meyer et al. 2008).
As discussed in Sect. 3.6.3, this discrepancy can
be resolved by assuming that in the experiments
on mica–fluid B-isotope fractionation (Wunder
et al. 2005) the fluid contained a significant
admixture of [4]B species. The experimental
mica–tourmaline fractionation factor corrected
for the presence of [4]B species in the
high-pressure fluids results in a better consis-
tency with the natural data (Fig. 3.8).

The mineral serendibite (ideally Ca4(Mg6Al6)
O4[Si6B3Al3O36]) contains boron in tetrahedral
coordination. The B-isotope difference of peak
metamorphic serendibite and coexisting uvitic
tourmaline in the Central Metasedimentary Belt
in the Grenville Province of Quebec was deter-
mined to be −6.3‰ (Belley et al. 2014), which is

Fig. 3.8 Boron isotope fractionation factors betweenmica
and tourmaline. The solid line represents the computed
fractionation factor between B-muscovite and dravite. The
uncertainties are indicated by the blue area. The dashed red
line is the experimental fractionation factor determined by
combining the data ofWunder et al. (2005) andMeyer et al.

(2008). The experimental error is ± 2‰. The dotted red
line is the experimental fractionation factor corrected for the
presence of [4]B species in the neutral fluid in the
experiments ofWunder et al. (2005). The squares represent
the data on natural samples (Klemme et al. 2011).
Figure modified after Kowalski et al. (2013)
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consistent with the fractionation factor from
ab initio calculations using the method of
Kowalski et al. (2013).

Kowalski et al. (2013) have demonstrated that
the b factor not only depends on boron coordi-
nation but is also strongly correlated with the B–
O bond length. Phases with trigonal-coordinated
B and short B–O bond lengths have higher b
factors than [4]B-containing phases and long B–O
bond lengths (Fig. 3.9). This observation was
used to explain the measured 11B-enrichment of
grandidierite (containing structural [3]B) and
11B-depletion of prismatine (containing structural
[4]B) relative to tourmaline (MacGregor et al.
2013). At a temperature of 623 °C, the calculated
fractionation factor between grandidierite (B–O
bond length of 1.368 Å) and dravitic tourmaline
(B–O bond length of 1.385 Å) is +1.8 ± 1.1‰,
whereas for the system tourmaline–prismatine
the calculations resulted in a B-isotopic frac-
tionation of −6.4 ± 1.3‰. For both systems
these data are in good agreement to measured
B-isotope mineral–mineral fractionation of
+3.3 ± 0.8‰ for coexisting natural grandi-
dierite–tourmaline and −5.0 ± 1.4‰ for tour-
maline–prismatine pairs (MacGregor et al. 2013).

3.7 Conclusions

Table 3.1 and Fig. 3.10 summarize the results of
experimentally determined B-isotope fractiona-
tion data for selected systems presented in this
chapter. Due to the discrepancies between
assumed B-species in (rhyolitic) melts and the
measured large B-isotopic melt–fluid fractiona-
tion (Hervig et al. 2002), these data are assumed
here to represent disequilibrium fractionation.
Therefore, further experimental investigation is
greatly needed, which should be complemented
by the evaluation of possible kinetic B-isotope
fractionation at high temperatures, which might
produce considerable effects. Furthermore,
inconsistencies in the results on B-incorporation
mechanisms for calcite and aragonite and the
not-fully understood variations in D11B values for
different solid–fluid systems (e.g., smectite and
carbonates), alert us to the potential role of often
poorly known surface-dependent processes in
controlling subsequent B-isotope fractionation
for different minerals in low-temperature diffu-
sive experiments. Thus, further experimental
investigation is needed here too, e.g., by

Fig. 3.9 b factor at
T = 1000 K for various
boron-bearing species as a
function of the B–O bond
length. Blue circles and red
triangles represent the values
obtained for [3]B and [4]B
species, respectively.
Figure modified after
Kowalski et al. (2013)
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innovative methods like AFM (Ruiz-Agudo et al.
2012), to develop a robust mechanistic knowledge
of B incorporation into minerals during growth.
Additionally, it is obvious from Fig. 3.10 that
there is a lack of experimental data in the T-range
40–350 °C. Further experiments at these temper-
atures are needed to fill the gap between existing
high- and low-T data and to better understand the
structural controls on B-isotope fractionation
during diagenesis, low-T metamorphism, low-
T hydrothermal activity and volcanic exhalation.
Generally, it would seem that using experiments
with a well-understood B-incorporation mecha-
nism is the favorable approach for acquiring more

reliable fractionation data and for avoiding
surface-related effects and diffusion problems
potentially-occurring in the low-temperature ree-
quilibration experiments.

Recently performed ab initio calculations
have the potential to obtain T- and P-dependent
fractionation factors for given materials, which
are successfully used not only to complement the
experimental data but also to assist their correct
interpretation and to derive constraints on
unmeasured systems. The computed B-isotope
fractionation factors can also help in explaining
discrepancies between contrasting measurements
and provide valuable insight into the boron

Fig. 3.10 Compilaton of selected experimental data on
vapor, melt, solid–fluid B-isotope fractionation. Fraction-
ation data for systems with contrasting B-coordination
(i.e., [4]B vs. [3]B) are marked by a blue background.
Possibly, this does not hold for the melt–fluid (for more
details see text). Pink color mark fractionation data for
systems with uniform B-coordination. Borax (containing

mixed [3]B and [4]B)–fluid data (in green) show a strong
variation in fractionation due to variable experimental
fluid pH (7, with mainly [3]B, to 11.5, with mainly [4]B).
Smectite–fluid B-isotope fractionation (in orange) as
result of B-surface adsorption strongly depend on pH.
The numbers correspond to the references given in
Table 3.1
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speciation in fluids. In consideration of the con-
tinuous increase in the efficiency of computing
resources and performance of quantum chemistry
software, it is concluded that ab initio computa-
tional geochemistry will flourish in the coming
decades, and that computer-aided first-principles
simulations will become standard research tools
in isotope geochemistry. They assist in the
interpretation of experimental data and the
understanding of B behavior in natural settings.
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