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1Boron Isotopes in the Earth
and Planetary Sciences—A Short
History and Introduction

Horst R. Marschall and Gavin L. Foster

Me fifth element – supreme being. Me protect you.
Leeloo

Abstract
This volume on boron isotope geochemistry contains chapters reviewing
the low- and high-temperature geochemistry, marine chemistry, and
cosmochemistry of boron isotopes. It covers theoretical aspects of B
isotope fractionation, experiments and atomic modeling, as well as all
aspects of boron isotope analyses in geologic materials by the full range of
solution and in situ methods. The book provides guidance for researchers
on the analytical and theoretical end, and introduces the various scientific
applications and research fields in which boron isotopes play a growing
role today. This chapter provides a brief history of boron isotope research
and analytical development and provides an overview of the other
chapters of the volume “Boron Isotopes—The Fifth Element” in the series
Advancements in Isotope Geochemistry.

Keywords
Boron isotopes � History of boron � Geochemistry

1.1 Introduction

Boron is a moderately volatile, lithophile metal-
loid with a low atomic mass and two stable
isotopes (10B and 11B). The 11B/10B ratio in
terrestrial materials is approximately 4, but
shows a variation of *100 ‰ in nature (Palmer
and Swihart 1996; Foster et al. 2016).The large B
isotopic fractionation at low temperatures has led
to the use of the B stable isotope system for
studies on processes acting on the Earth’s surface
(e.g. Hemming and Hanson 1992; Barth 1998)
and for the detection of fluid-rock interaction
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processes, such as in seafloor hydrothermal sys-
tems or enrichment processes in subduction
zones (e.g. Spivack and Edmond 1987; Ishikawa
and Nakamura 1994; Scambelluri and Tonarini
2012). The pH-dependent speciation of B in
water and hydrous fluids leads to pH-dependent
boron isotope fractionation between water and
solids (Kakihana et al. 1977; Wunder et al. 2005;
Klochko et al. 2006). Consequently, the boron
isotopic composition of biogenic carbonate can
be employed as a paleo-pH proxy for seawater
during, for example, glacial-interglacial cycles
and periods of the more distant geological past
(e.g., Hönisch and Hemming 2005; Martí-
nez-Botí et al. 2015).

The strong enrichment of B in the crust and
the significant difference in B isotopic composi-
tion among continental crust, modern seawater
and the depleted mantle make boron a powerful
tracer for the secular evolution of the
ocean-crust-mantle system (e.g., Leeman and
Sisson 1996; Marschall et al. 2017). In cosmo-
chemistry, boron isotope ratios are employed to
investigate the timing of condensation and
accretion, and in particular irradiation processes
in the early solar system that led to the produc-
tion of short-lived 10Be and the subsequent
ingrowth of radiogenic 10B (e.g., McKeegan
et al. 2000; Hoppe et al. 2001; MacPherson et al.
2003; Gounelle et al. 2013).

1.2 A Short History of Boron
Isotope Analyses

1.2.1 The Discovery of Boron Stable
Isotopes

The invention of the mass spectrometer by F.W.
Aston and J.J. Thomson at Cambridge University
(Thomson 1913; Aston 1919) and by A.
J. Dempster at the University of Chicago
(Dempster 1918) led to the discovery of stable
isotopes in 1920 for which F. W. Aston was
awarded the Noble Price in chemistry in 1922.
Boron was among the first elements investigated
with the new instrument and the discovery of its
two stable isotopes was already reported in one

of the first papers (Aston 1920). Soon, the masses
of 10B and 11B were determined from ionized
BF3 (Aston 1927), and the results were already
within 0.02‰ of the currently accepted values.

1.2.2 Natural Abundances
and Variations

Other workers used acid titration of BCl3 and
BBr3 solution to determine the atomic mass of
boron and, hence, the natural abundances of the
two stable isotopes (Baxter and Scott 1921).
Discrepancies among different workers led to the
consideration that natural isotopic abundances
could vary depending on the source of boron,
and attempts to demonstrate this experimentally
occurred as early as 1925 (Briscoe and Robinson
1925). However the d11B values determined for
sassolite from Italy, colemanite from California
and boracite from Turkey by Briscoe and
Robinson (1925) ranged from +54 to +208‰.1

These values are much higher and show a much
larger spread than any values determined for
natural boron minerals more recently, suggesting
that fractionation occured in the laboratory dur-
ing sample preparation. The results and other
contrasting reports of the 1920s for natural
variations of boron isotope abundance ratios
were questioned in the 1930s and explained as
due to experimental errors. The quest for the
determination of the atomic mass of boron (and
hence its natural isotopic abundance ratio)
continued.

Photometric analysis of boron from BF3 and
from boron oxide in the 1930s led to the estab-
lishment of the atomic mass of boron closer to
the presently accepted value, and it was assumed
that natural variations would not be resolvable
analytically with the methods available at the
time (Elliott 1930a, b; Jenkins and McKellar
1932; Ornstein and Vreeswijk 1933). These early
pioneers quickly recognised something that
modern analysts know all too well: the isotopic
composition of boron was difficult to measure

1d11B values are calculated from the reported 11B=10B
ratios relative to the certified ratio of SRM951.
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precisely. In this case, it was suspected that the
widely used BF3 method caused instrumental
fractionation and memory effects, leading to the
use of other boron compounds instead, such as
trimethyl boroxine, B3O3(CH3)3 (Inghram 1946).

The lighter boron isotope, 10B, has a very
large cross section for thermal neutrons that is
only rivaled by Cd and some of the rare earths
(Sears 1992). The cross section of 11B is
approximately six orders of magnitude smaller
than that of 10B; the efficacy of boron as a neu-
tron absorber in nuclear reactors, therefore,
depends strongly on its isotopic composition.
Following the discovery of nuclear fission in the
1930s and 1940s there was a growing interest in
the natural isotopic abundance of boron. Indeed,
such investigations played an important role in
the discovery of the neutron itself (Chadwick
1933). The high neutron absorption of boron was
also investigated early on in the context of neu-
tron irradiation treatment of cancer (Zahl and
Cooper 1941; Conger 1953). However, the nat-
ural isotope abundances became less important
for technical applications once efficient isotope
enrichment methods were developed (e.g.,
Beams and Haynes 1936; Yates 1938).

Nevertheless, the debate on the natural isotope
abundances of boron continued, and some
authors still suspected that natural variations of
boron isotope ratios could exist (e.g. Aston
1931). This hypothesis was encouraged espe-
cially after Urey and Greiff (1935) had predicted
variations in the atomic masses of light elements
in nature; they argued for natural stable isotope
fractionation based on a theoretical discussion of
mass-dependent fractionation among molecules.
This renewed the interest in the natural variation
of the abundances of boron isotopes (Thode et al.
1948). However, most of these early studies did
not include controlled sample preparation
strategies from sampling of natural material to
the stage of sample introduction into the mass
spectrometer. Instead, commercially available,
industrially processed boric acid was used for
which the mine sources and original mineralogy
were known (Thode et al. 1948). The possibility

(and likelihood) of isotope fractionation during
chemical processing was not discussed, and
indeed all published boron isotope ratios from
this early period are suspiciously enriched in the
heavy isotope with d11B ranging from +56 to
+94‰ (see Footnote 1) (Inghram 1946; Thode
et al. 1948).

The debate continued with improvements in
mass spectrometric methods, but subsequent
papers reporting full preparation procedures for
analyzed minerals found no resolvable variation
for a large selection of borates and borosilicates
(Osberghaus 1950; Parwel et al. 1956). This also
includes the first analyses of borosilicates (ax-
inite and tourmaline) and of seawater, but
unfortunately, no actual values were reported by
Parwel et al. (1956). Analytical methods initially
included the use of single-focussing mass spec-
trometers, but then moved to double-focussing
instruments, and employed a range of boron
compounds, such as boron hydride, trimethyl
borane (CH3)3B, and trimethyl boroxine
(Inghram 1946; Lehmann and Shapiro 1959;
Abernathey 1960), as well as BF3 and BCl3
(Inghram 1946; Thode et al. 1948; Osberghaus
1950; Bentley 1960), all of which resulted in
very high 11B/10B ratios and hence high esti-
mates for the atomic mass of boron.

1.2.3 TIMS and the Establishment
of Standards

The debate was resolved in the 1960s with the
introduction of isotope reference materials that
could be used to correct for instrumental mass
fractionation, and the use of thermal-ionization
mass spectrometry (TIMS), in which boron
compounds with higher masses (and so with
reduced machine induced mass fractionation)
were analyzed (McMullen et al. 1961). Ions of
boron compounds were analyzed in P-TIMS,
most importantly Na2BO2

þ , but also K2BO2
þ ,

which show less instrumental fractionation than
BF3 due to the much smaller relative mass dif-
ference between the 10B- and 11B-bearing
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compounds, respectively (McMullen et al. 1961;
Finley et al. 1962; Shima 1962, 1963; Agyei and
McMullen 1968). Other alkali-borate compounds
were also used later on, including Rb2BO2

þ and
Li2BO2

þ (Gensho and Honda 1971), and
Cs2BO2

þ (Ramakumar et al. 1985; Spivack and
Edmond 1986). In particular the cesium borate
method produced very precise data, owing to the
low instrumental fractionation of masses
309/308. In the early 1980s, TIMS employing
the analysis of negative ions (BO2

�) was devel-
oped, which enabled the analyses of much
smaller samples compared to P-TIMS (Zeininger
and Heumann 1983; Duchateau and De Bièvre
1983).

The first modern studies on minerals, rocks
and waters included the investigation of borates
and borosilicates, which contain boron as a major
component, but also meteorites, igneous and
sedimentary rocks and seawater, all of which
contain B as a trace element (Finley et al. 1962;
Shima 1962, 1963; Agyei and McMullen 1968).
The possibility of interlaboratory comparison
was given with the establishment of an interna-
tionally distributed boron isotope standard, a
boric acid distributed by NIST (then the NBS) in
1970, named standard reference material 951
(Catanzaro et al. 1970). This material was
established as the primary standard for boron
isotopes, and boron isotope ratios of terrestrial
materials are since reported in delta notation
relative to NIST-SRM951:

d11B ¼
11B=10Bsample
11B/10BSRM951

� 1

 !
� 1000 ð1:1Þ

A number of secondary reference materials
have since been established, as listed in this book
(see Foster et al. 2017). These materials include a
range of silicate glasses, silicate minerals,
boro-silicates, borates, waters, rocks, and car-
bonates and cover a large compositional and
structural range (e.g., Kasemann et al. 2001,
2009; Tonarini et al. 2003; Rosner and Meixner
2004; Brand et al. 2014).

1.2.4 Plasma Mass Spectrometry
and Interlaboratory
Comparison

Inductively-coupled plasma mass spectrometry
(ICP-MS) was first utilized for the determination
of boron isotopes in the late 1980s using quad-
ropole mass spectrometers for the analysis of
waters, borates and borosilicates (Gregoire 1987;
Porteous et al. 1995; Al-Ammar et al. 2000).
This was followed by the use of magnetic
sector-field instruments (Gäbler and Bahr 1999)
and eventually the employment of multi-collector
ICP-MS, which led to improvements in precision
and accuracy to the sub-permil level (Lécuyer
et al. 2002; Aggarwal et al. 2003; Foster 2008).

The growing number of laboratories and
analytical techniques necessitated the execution
of interlaboratory comparison studies. The first
two such intercomparison studies involved the
majority of labs worldwide that had been work-
ing on boron isotopes at the time (Gonfiantini
et al. 2003; Aggarwal et al. 2009, with 27 and 28
different labs, respectively). The outcomes of
these studies were sobering: in both studies half
of the laboratories did not release their analyses;
and the results from the labs that did showed
interlaboratory discrepancies that were much
larger than the uncertainties reported by indi-
vidual labs. For example, most laboratories
reported sub-permil uncertainties, whereas
reported values would vary by up to 15‰
between labs for the same reference material with
non-systematic off-sets among different labs
(Gonfiantini et al. 2003; Aggarwal et al. 2009).
This demonstrated that analyses of boron isotope
ratios in geologic materials and even in simple
boric acid solutions is still challenging, and that
reported uncertainties did not reflect accuracies
of the measurements—at least for a number of
laboratories.

A more encouraging outcome was presented
by a more recent intercomparison study on boron
isotopes in seawater and carbonates, which
included only four different labs (Foster et al.
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2013). This study showed agreement of reported
d11B values for seawater that agreed within the
reported uncertainties (2SD � 0.4‰), and only a
slightly larger discrepancy for the analysed car-
bonates (1.5‰).

1.2.5 The Development of in Situ
Techniques

It was realised early on that geological samples
can show small-scale heterogeneity in boron
isotopes that bear a wealth of information on the
physical or geochemical evolution of their for-
mation environments. These heterogeneities are
inaccessible through bulk methods and require
in situ analytical methods instead.

The development of in situ analytical methods
followed the development of the bulk methods,
which provided boron isotope reference values
for solid materials (glasses and minerals) that
could be used to correct for instrumental mass
fractionation. The first published B isotope
analyses by secondary-ion mass spectrometry
(“ionprobe”) were completed in the late 1970s
and early 1980s (Phinney et al. 1979; Christie
et al. 1981; Shimizu and Hart 1982), but it took
ten years before quantitative B isotope data
became available for a larger number of samples,
mostly produced by the group of Chaussidon
et al. (Chaussidon and Alabrède 1992; Chakra-
borty et al. 1993; Chaussidon and Jambon 1994;
Chaussidon and Robert 1995; Chaussidon et al.
1997) and studies by Smith and Yardley (1996)
and Peacock and Hervig (1999). And it was not
until the early 2000s that SIMS was applied to
boron isotope geochemistry and cosmochemistry
in a more widespread manner, as the number of
installed facilities grew larger (e.g., Kasemann
et al. 2001; Williams et al. 2001; Hoppe et al.
2001; Nakano and Nakamura 2001; Sugiura et al.
2001; Rose et al. 2001; Gurenko and Schmincke
2002; Kobayashi et al. 2004; Altherr et al. 2004).
In situ analyses of boron isotopes by
laser-ablation ICP-MS has also been completed
more recently with a growing number of labo-
ratories applying this method (e.g., le Roux et al.
2004; Tiepolo et al. 2006; Fietzke et al. 2010;

Hou et al. 2010). Advantages and limitations of
modern, state-of-the-art boron isotope analyses
by various mass-spectrometric methods are dis-
cussed in this book (Foster et al. 2017) and in
earlier reviews (You 2004; Aggarwal and You
2016).

1.2.6 Theoretical and Experimental
Boron Isotope
Fractionation

Boron isotope fractionation was demonstrated
experimentally and calculated theoretically by
Kakihana et al. (1977) and applied to
pH-dependent B isotope fractionation between
carbonates and seawater by Hemming and Han-
son (1992). Equilibrium stable isotope fraction-
ation is dominated by differences in the bond
strength of the element of interest to its bonding
partners. Boron does not form B3+ ions, but is
almost exclusively bonded to O in nature with a
strongly covalent character of the B–O bonds
(Hawthorne et al. 1996). It forms B(OH)3,
BðOHÞ4� or other complex ions in fluids. Frac-
tionation effects are notably large where the
coordination polyhedra of B between two phases
differ. Boron in minerals, melts and fluids is
either trigonally (3-fold) or tetrahedrally (4-fold)
coordinated to oxygen, and therefore, displays
large isotopic fractionation between different
phases (Kakihana et al. 1977). The higher bond
strength of the trigonal coordination leads to a
fractionation of 11B into the trigonal sites, and a
relative enrichment of the light isotope 10B in the
phase with tetrahedrally coordinated B.

In the early 2000s various laboratories started
to conduct experiments on boron isotope frac-
tionation at a range of pressures and temperatures
that were compared to the theoretical predictions.
These experimentally derived fractionation fac-
tors were used to calibrate temperature- and
pH-dependent fractionation laws for specific
mineral–fluid (± melt) systems (Williams et al.
2001; Hervig et al. 2002; Williams and Hervig
2005; Wunder et al. 2005). Experiments on
boron sorption onto organic and inorganic sur-
faces demonstrated the importance of boron

1 Boron Isotopes in the Earth and Planetary Sciences … 5



speciation in surface complexes (Lemarchand
et al. 2007), and carbonate–water B isotope
fractionation experiments improved the accuracy
of B isotopes as a tool of paleo-pH indicator for
seawater from fossil biogenic carbonate (Hem-
ming et al. 1995; Sanyal et al. 2000; Klochko
et al. 2006). Theoretical predictions also became
more sophisticated with the application of
ab initio calculations (Rustad and Bylaska 2007;
Kowalski et al. 2013). These theoretical studies
have accompanied and informed the gradual
improvement in the analysis of boron in natural
materials.

1.3 The Fifth Element

The last compendium that summarized the geo-
chemistry of boron, with some coverage of its iso-
tope geochemistry, was published more than
20 years ago (Grew and Anovitz 1996), and we
have since seen significant progress in analytical
techniques, applications and scientific insight in the
isotope geochemistry of boron. Thepresent volume,
therefore, provides a unique resource for students
and professionals alike, including those who will
use it as an introduction into a new field and those
who use it as a reference in their ongoing research.

This introductory chapter is followed by a
review and outlook by Foster et al. (2017,
Chap. 2) of the laboratory methods employed to
analyze the boron isotopic compositions of geo-
logic materials, which may include waters,
glasses, minerals or biogenic carbonates. Major
obstacles in the accurate and precise analysis of
boron isotopes are evaluated that arise from
sample preparation, chemical purification and
mass spectrometric methods. The treatment of
reference materials and matrix bias are discussed,
as well as recent improvements in precision and
accuracy. Contamination and unintended isotope
fractionation in the laboratory are highlighted as
major sources of inaccuracy.

In Chap. 3, Kowalski and Wunder (2017)
discuss boron isotope fractionation in vapor–
fluid–melt–mineral systems from a theoretical
standpoint together with a review of fractionation
experiments that have been reported. The current

state of atomistic modeling of boron isotope
fractionation among fluid and solid phases is
discussed and the experimental work conducted
at a range of pressure-temperature conditions is
summarized and critically evaluated. The authors
then explore the feedback between the two
approaches and identify areas in the geosciences
where further experimental data is sorely needed.

These three general chapters of the volume are
followed by a block of four Chaps. (4–7) on the
low-temperature geochemistry of boron isotopes
in the surface environments of the Earth, such as
during weathering and in riverine and marine
environments, and by a block of four Chaps. (8–
11) on the high-temperature geochemistry and
cosmochemistry of boron isotopes.

Chapter 4 provides a detailed discussion of
boron incorporation into calcium carbonate on
the molecular and crystallographic level. Bran-
son (2017) discusses the adsorption and struc-
tural incorporation of boron into inorganic
carbonate (calcite and aragonite) and their
dependence on seawater chemical composition,
temperature, pH and abundances of boron, as
well as on growth rates and structure of the
carbonate. The relevant experimental work is
reviewed and discussed in the context of isotope
fractionation among aqueous dissolved boron
species and boron adsorbed to CaCO3 growth
surfaces and incorporated in the mineral struc-
ture. The chapter then proceeds to discuss boron
isotope fractionation between seawater and bio-
genic carbonate and the vital effects that offset
various species from the inorganic fractionation
line. The chapter lays out the framework on
which the following two chapter discuss the
specific application of boron isotope signatures
in foraminifera and corals, respectively.

Chapter 5 discusses the systematics of boron
isotopes in foraminifera and their use as a pH
proxy for paleo-seawater. Rae (2017) reviews
calibration studies for benthic and planktic spe-
cies using culturing experiments and the results
from natural specimen sampled in the seawater
column and in sediment cores. His chapter pro-
vides an overview of the applications of boron
isotopes in foraminifera in studies of past sea-
water pH and atmospheric CO2 levels and
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discusses current obstacles and future opportu-
nities in these fields.

Chapter 6 reviews the use of boron isotopes in
scleractinian corals for the reconstruction of
seawater pH. Emphasis is placed on the pH offset
between seawater and the calcification fluid
generated by the organism itself to stabilize the
aragonite skeleton. McCulloch et al. (2017)
describe how the investigation of boron isotopes
in corals has led to the detailed study of, and new
insight into, the process of calcification and pH
regulation by different species. The chapter
highlights the complexities of pH variations in
the calcifying fluid in scleractinian corals and,
therefore, of their boron isotopic compositions.
Both parameters may depend on more than just
temperature, seawater pH and availability of
light, but are also influenced by seawater chem-
istry including the level of dissolved inorganic
carbon, as well as vital processes that produce
different responses for example between sym-
biont and asymbiont species.

The use of boron isotopes as a tracer for rock
weathering and erosion is reviewed in Chap. 7.
Gaillardet and Lemarchand (2017) discuss boron
isotope fractionation in subaerial weathering
processes including isotopic signatures recorded
in soil, vegetation, groundwater and by rivers.
Fractionation mechanisms during chemical
weathering and the formation of secondary
minerals are examined, as well as the influence of
precipitation and of the vegetation cycle. The
riverine transport is estimated with its effects on
the global budget of the ocean, including fluc-
tuations caused by changes in climate and veg-
etation. The anthropogenic influence, such as
land use, on the boron cycle is also explored.

The boron isotopic composition of oceanic
basalts and the Earth’s mantle are discussed in
Chap. 8. Marschall (2017) also reviews the
available data on altered oceanic crust, serpen-
tinized abyssal peridotites, and oceanic sedi-
ments, as well as hydrothermal vent fluids. The
fractionation of boron isotopes during low- and
high-temperature alteration of the oceanic crust is
discussed based on these data. The chapter also
reviews the Earth boron budget and isotopic
composition of the crust–mantle system and its

major reservoirs, and provides an overview of
our current knowledge of the secular evolution of
seawater over geological time.

The boron isotope systematics of subduction
zones is evaluated in Chap. 9. De Hoog and
Savov (2017) review the boron isotope variations
observed in fore-arc materials and magmas
erupted along active convergent margins and
show that boron and its isotope ratio varies sys-
tematically with the physical geometry of sub-
duction zones and with a range of regularly
employed geochemical tracers. The boron budget
of the slab entering subduction zones is sum-
marized, followed by a discussion of boron iso-
tope fractionation processes related to slab
dehydration and the role of the serpentinized
mantle wedge as an important boron reservoir.

In Chap. 10 Trumbull and Slack (2017) elu-
cidate the geochemistry of boron isotopes in the
continental crust with a discussion of prograde
metamorphism, of various types of granite and
pegmatites, and of hydrothermal systems
including ore deposits. They show via a compi-
lation of global granite data that S-type granites
are on average isotopically lighter then the
mantle, which is in agreement with their inter-
pretation as derived from melting of sedimentary
rocks. In contrast, I-type granites, which may be
to a large degree derived from fractionated or
remelted mantle-derived magmas or magmatic
rocks, are on average isotopically heavier than
the mantle. This agrees with the isotopically
heavy composition of basaltic magmas erupted
along modern subduction zones. The authors
show that this S-type/I-type dichotomy also
holds for the hydrothermal ore deposits that are
associated with the respective granitic
magmatism.

Finally, Chap. 11 reviews the cosmochemistry
of boron isotopes. Liu and Chaussidon (2017)
summarize our knowledge of the boron isotopic
composition of the solar system and its compo-
nents, as well as that of other stars of the galaxy
and of the interstellar medium as derived from
spectroscopy. The possible sources of the two
isotopes of boron and their nucleosynthesis are
discussed along with the meteoritic record of
boron in the early solar system. The isotopic
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record of live 10Be in the early solar system as
recorded in early condensates is reviewed, which
points not only to spallation processes during this
phase, but also to boron isotopic heterogeneity in
the planetary disc. Liu and Chaussidon (2017)
close their chapter with a number of major
unresolved questions of boron isotope cosmo-
chemistry that concern for example the origin of
the boron isotopic composition of the solar sys-
tem near a 11B/10B ratio of 4, which is shared by
other stars of the galaxy, and the origin of the
small-scale isotopic heterogeneity observed
among primitive meteorites and individual com-
ponents of meteorites.

Acknowledgements We would like to thank series edi-
tor Jochen Hoefs for inviting us to contribute this volume
on boron isotopes to the Springer series Advances in
Isotope Geochemistry. We are also grateful to Springer
editors Annett Büttner and Chris Bendall for their support
at various stages of the project. James Rae is thanked for
editorial handling of Chaps. 1 and 2. Preparation of this
review chapter was financially supported by a WHOI
Independent Study Award from the Andrew W. Mellon
Foundation to HRM.

References

Abernathey RM (1960) Isotopic analysis of boron as
trimethyl borate, vol 14503. U. S. Atomic Energy
Commision, IDO, Idaho Falls, Idaho

Aggarwal SK, You CF (2016) A review on the determi-
nation of isotope ratios of boron with mass spectrom-
etry. Mass Spectrom Rev 9999:1–21

Aggarwal JK, Sheppard D, Mezger K, Pernicka E (2003)
Precise and accurate determination of boron isotope
ratios by multiple collector ICP-MS: origin of boron in
the Ngawha geothermal system, New Zealand. Chem
Geol 199:331–342

Aggarwal J, Böhm F, Foster G, Halas S, Hönisch B,
Jiang SY, Košler J, Liba A, Rodushkin I, Sheehan T,
Shen JJS, Tonarini S, Xie Q, You CF, Zhao ZQ,
Zuleger E (2009) How well do non-traditional stable
isotope results compare between different laboratories:
results from interlaboratory comparison of boron
isotope measurements. J Analyt Atom Spectrom
24:825–831

Agyei EK, McMullen CC (1968) A study of the isotopic
abundance of boron from various sources. Can J Earth
Sci 5:921–927

Al-Ammar AS, Reitznerová E, Barnes RM (2000)
Improving boron isotope ratio measurement precision
with quadropole inductively coupled plasma-mass
spectrometry. Spectrochim Acta B 55:1861–1867

Altherr R, Topuz G, Marschall H, Zack T, Ludwig T
(2004) Evolution of a tourmaline-bearing lawsonite
eclogite from Elekdag area (Central Pontides, N
Turkey): evidence for infiltration of slab-derived -rich
fluids during exhumation. Contrib Mineral Petrol
148:409–425

Aston FW (1919) A positive ray spectrograph. Phil Mag
38:707–714

Aston FW (1920) The mass-spectra of chemical elements
(Part 2.). Phil Mag 40:628–634

Aston FW (1927) Bakerian Lecture. A new
mass-spectrograph and the whole number rule. Proc
Royal Soc A 115:487–514

Aston FW (1931) The isotopic constitution and atomic
weights of selenium, bromine, boron, tungsten,
antimony, osmium, ruthenium, tellurium, germanium,
rhenium and chlorine. Proc Royal Soc 132:
487–498

Barth S (1998) 11B/10B variations of dissolved boron in a
freshwater-seawater mixing plume (Elbe Estuary,
North Sea). Marine Chem. 62:1–14

Baxter GP, Scott AF (1921) The atomic weight of boron.
Science 54:524–525

Beams JW, Haynes FB (1936) The separation of isotopes
by centrifuging. Phys Rev 50:491–492

Bentley PG (1960) Isotopic analysis of boron in boron
trifluoride by mass spectrometery and measurement of
natural boron 10 concentration. J Sci Instrum 37:323–
328

Brand WA, Coplen TB, Vogl J, Rosner M, Prohaska T
(2014) Assessment of international reference materials
for isotope-ratio analysis (IUPAC Technical Report).
Pure Appl Chem 86:425–467

Branson O (2017) Boron incorporation into marine
CaCO3. In: Marschall HR, Foster GL (eds) Boron
isotopes—The fifth element, advances in isotope
geochemistry, vol 7. Springer, Heidelberg

Briscoe HVA, Robinson PL (1925) A redetermination of
the atomic weight of boron. J Chem Soc Transact
127:696–720

Catanzaro EJ, Champion CE, Garner EL, Marinenko G,
Sappenfield KM, Shields WR (1970) Boric acid:
isotopic and assay standard reference materials. NBS
(US) Spec Publ 260–17:1–71

Chadwick J (1933) Bakerian Lecture. The neutron. Proc
Royal Soc A 142:1–25

Chakraborty S, Dingwell DB, Chaussidon M (1993)
Chemical diffusivity of boron in melts of haplogranitic
composition. Geochim Cosmochim Acta 57:1741–
1751

Chaussidon M, Albarède F (1992) Secular boron isotope
variations in the continental crust: an ion microprobe
study. Earth Planet Sci Lett 108:229–241

Chaussidon M, Jambon A (1994) Boron content and
isotopic composition of oceanic basalts: geochemical
and cosmochemical implications. Earth Planet Sci Lett
121:277–291

Chaussidon M, Robert F (1995) Nucleosynthesis of
11B-rich boron in the pre-solar cloud recorded in
meteoritic chondrules. Nature 374:337–339

8 H.R. Marschall and G.L. Foster

http://dx.doi.org/10.1007/978-3-319-64666-4_1
http://dx.doi.org/10.1007/978-3-319-64666-4_2


Chaussidon M, Robert F, Mangin D, Hanon P, Rose EF
(1997) Analytical procedures for the measurement of
boron isotope composition by ion microprobe in
meteorites and mantle rocks. Geostand Newsl 21:7–17

Christie WH, Eby RE, Warmack RJ, Landau L (1981)
Determination of boron and lithium in nuclear mate-
rials by secondary ion mass spectrometry. Anal Chem
53:13–17

Conger AD (1953) The effect of boron enrichment on
slow neutron-irradiated tissues. Genetics 38:128–133

De Hoog CJ, Savov IP (2017) Subduction zones, dehy-
dration, metasomatism, mud and serpentinite volca-
noes, and arc magmatism. In: Marschall HR, Foster GL
(eds) Boron isotopes—The fifth element, advances in
isotope geochemistry, vol. 7. Springer, Heidelberg

Dempster AJ (1918) A new method of positive ray
analysis. Phys Rev 11:316–325

Duchateau NL, De Bièvre P (1983) Boron isotopic
measurements by thermal ionization mass spetrometry
using the negative BO2

− ion. Internat. J. Mass Spec-
trom 54:289–297

Elliott A (1930a) Determination of the abundance ratios
of isotopes from band spectra. Nature 126:845–846

Elliott A (1930b) Isotope effect in the spectrum of boron
monoxide: intensity measurements and structure of the
b-bands. Nature 126:203–204

Fietzke J, Heinemann A, Taubner I, Böhm F, Erez J,
Eisenhauer A (2010) Boron isotope ratio determina-
tion in carbonates via LA-MC-ICP-MS using
soda-lime glass standards as reference material. J An-
alyt Atom Spectrom 25:1953–1957

Finley HO, Eberle AR, Rodden CJ (1962) Isotopic boron
composition of certain boron minerals. Geochim
Cosmochim Acta 26:911–914

Foster GL (2008) Seawater pH, pCO2 and [CO3
2−]

variations in the Caribbean Sea over the last 130kyr: a
boron isotope and B/Ca study of planktic foraminifera.
Earth Planet Sci Lett 271:254–266

Foster GL, Hönisch B, Paris G, Dwyer GS, Rae JWB,
ElliottT,Gaillardet J,HemmingNG,LouvatP,VengoshA
(2013) Interlaboratory comparison of boron isotope
analyses of boric acid, seawater and marine CaCO3 by
MC-ICPMS and NTIMS. Chem Geol 358:1–14

Foster GL, Lécuyer C, Marschall HR (2016) Boron stable
isotopes. In: White WM (ed) Encyclopedia of geo-
chemistry, encyclopedia earth science series. Springer,
Berlin, pp 1–6

Foster GL, Marschall HR, Palmer MR (2017) Boron
isotope analysis of geologic materials. In:
Marschall HR, Foster GL (eds) Boron isotopes—The
fifth element, advances in isotope geochemistry, vol 7.
Springer, Heidelberg

Gäbler HE, Bahr A (1999) Boron isotope ratio measure-
ments with a double-focusing magnetic sector ICP
mass spectrometer for tracing anthropogenic input into
surface and ground water. Chem Geol 156:323–330

Gaillardet J, Lemarchand D (2017) Boron isotopes in
riverine systems and the weathering environment. In:
Marschall HR, Foster GL (eds) Boron isotopes—The

fifth element, Advances in Isotope Geochemistry, vol.
7. Springer, Heidelberg

Gensho R, Honda M (1971) Measurement of the isotopic
ratio of boron. J Mass Spectrom Soc Japan 19:134–
143. (Japanese with English abstract)

Gonfiantini R, Tonarini S, Gröning M, Adorni-Braccesi
A, Al-Ammar AS, Astner M, Bächler S, Barnes RM,
Basset RL, Cocherie A, Deyhle A, Dini A, Ferrara G,
Gaillardet J, Grimm J, Guerrot C, Krähenbühl U,
Layne G, Lemarchand D, Meixner A, Northington DJ,
Pennisi M, Reitznerová E, Rodushkin I, Sugiura N,
Surberg R, Tonn S, Wiedenbeck M, Wunderli S,
Xiao Y, Zack T (2003) Intercomparison of boron
isotope and concentration measurements. Part II:
evaluation of results. Geostand Newsl 27:41–57

Gounelle M, Chaussidon M, Rollion-Bard C (2013)
Variable and extreme irradiation conditions in the
early solar system inferred from the initial abundance
of 10Be in Isheyevo CAIs. Astrophys J Lett 763:L33

Gregoire DC (1987) Determination of boron isotope ratios
in geological materials by inductively coupled plasma
mass spectrometry. Anal Chem 59:2479–2484

Grew ES, Anovitz LM (1996) Boron: mineralogy,
petrology and geochemistry, reviews in mineralogy,
vol 33. Mineralogical Society of America, Washing-
ton, D.C., 864p

Gurenko AA, Schmincke HU (2002) Orthopyroxene-
bearing tholeiites of the Iblean Plateau (Sicily):
constraints on magma origin and evolution from glass
inclusions in olivine and orthopyroxene. Chem Geol
183:305–331

Hawthorne FC, Burns PC, Grice JD (1996) The crystal
chemistry of boron. In: Grew E, LM A (eds) Boron:
mineralogy, petrology and geochemistry, reviews in
mineralogy, vol 33. Mineralogical Society of America,
Washington, D.C., pp 41–116

Hemming NG, Hanson GN (1992) Boron isotopic
composition and concentration in modern marine
carbonates. Geochim Cosmochim Acta 56:537–543

Hemming NG, Reeder RJ, Hanson GN (1995)
Mineral-fluid partitioning and isotopic fractionation
of boron in synthetic calcium carbonate. Geochim
Cosmochim Acta 59:371–379

Hervig RL, Moore GM, Williams LB, Peacock SM,
Holloway JR, Roggensack K (2002) Isotopic and
elemental partitioning of boron between hydrous fluid
and silicate melt. Am Mineral 87:769–774

Hönisch B, Hemming NG (2005) Surface ocean pH
response to variations in pCO2 through two full glacial
cycles. Earth Planet Sci Lett 236:305–314

Hoppe P, Goswami JN, Krähenbühl U, Marti K (2001)
Boron in chondrules. Meteor Planet Sci 36:
1331–1343

Hou KJ, Li YH, Xiao YK, Liu F, Tian YR (2010) In situ
boron isotope measurements of natural geological
materials by LA-MC-ICP-MS. Chinese Sci Bull
55:3305–3311

Inghram MG (1946) The isotopic constitution of tungsten,
silicon, and boron. Phys Rev 70:653–660

1 Boron Isotopes in the Earth and Planetary Sciences … 9



Ishikawa T, Nakamura E (1994) Origin of the slab
component in arc lavas from across-arc variation of B
and Pb isotopes. Nature 370:205–208

Jenkins FA, McKellar A (1932) Mass ratio of the boron
isotopes from the spectrum of BO. Phys Rev 42:464–
487

Kakihana H, Kotaka M, Satoh S, Nomura M, Okamoto M
(1977) Fundamental studies on the ion exchange
separation of boron isotopes. Bull Chem Soc Japan
50:158–163

Kasemann S, Meixner A, Rocholl A, Vennemann T,
Rosner M, Schmitt AK, Wiedenbeck M (2001) Boron
and oxygen isotopic composition of certified reference
materials NIST SRM 610/612 and reference materials
JB-2 and JR-2. Geostand Newsl 25:405–416

Kasemann SA, Schmidt DN, Bijma J, Foster GL (2009)
In situ boron isotope analysis in marine carbonates and
its application for foraminifera and palaeo-pH. Chem
Geol 260:138–147

Klochko K, Kaufmann AJ, Yao W, Byrne RH, Tossell JA
(2006) Experimental measurement of boron isotope
fractionation in seawater. Earth Planet Sci Lett
248:276–285

Kobayashi K, Tanaka R, Moriguti T, Shimizu K, Naka-
mura E (2004) Lithium, boron, and lead isotope
systematics of glass inclusions in olivines from
Hawaiian lavas: evidence for recycled components in
the Hawaiian plume. Chem Geol 212:143–161

Kowalski P, Wunder B (2017) Boron-isotope fractiona-
tion among solids-fluids-melts: experiments and
atomic modeling. In: Marschall HR, Foster GL
(eds) Boron isotopes—The fifth element, advances in
isotope geochemistry, vol 7. Springer, Heidelberg

Kowalski PM, Wunder B, Jahn S (2013) Ab initio
prediction of equilibrium boron isotope fractionation
between minerals and aqueous fluids at high P and
T. Geochim Cosmochim Acta 101:285–301

le Roux PJ, Shirey SB, Benton L, Hauri EH, Mock TD
(2004) In situ, multiple-multiplier, laser ablation
ICP-MS measurement of boron isotopic composition
(d11B) at the nanogram level. Chem Geol 203:123–138

Lécuyer C, Grandjean P, Reynard B, Albarède F,
Telouk P (2002) 11B10B analysis of geological
materials by ICP-MS Plasma 54: application to the
boron fractionation between brachiopod calcite and
seawater. Chem Geol 186:45–55

Leeman WP, Sisson VB (1996) Geochemistry of boron
and its implications for crustal and mantle processes.
In: Grew ES, Anovitz LM (eds) Boron: mineralogy,
petrology and geochemistry, reviews in mineralogy,
Vol 33. Mineralogical Society of America, Washing-
ton, D.C., pp 645–695

Lehmann WJ, Shapiro I (1959) Isotopic composition of
boron and its atomic weight. Nature 183:1324

Lemarchand D, Schott J, Gaillardet J (2007) How surface
complexes impact boron isotope fractionation: evi-
dence from Fe and Mn oxides sorption experiments.
Earth Planet Sci Lett 260:277–296

Liu MC, Chaussidon M (2017) The cosmochemistry of
boron isotopes. In: Marschall HR, Foster GL
(eds) Boron isotopes—The fifth element, advances in
isotope geochemistry, vol 7. Springer, Heidelberg

MacPherson GJ, Huss GR, Davis AM (2003) Extinct 10Be
in Type A calcium-aluminum-rich inclusions from CV
chondrites. Geochim Cosmochim Acta 67:3165–3179

Marschall HR (2017) Boron isotopes in the ocean floor
realm and the mantle. In: Marschall HR, Foster GL
(eds) Boron isotopes—The fifth element, advances in
isotope geochemistry, vol 7. Springer, Heidelberg

Marschall HR, Wanless VD, Shimizu N, Pogge von
Strandmann PAE, Elliott T, Monteleone BD (2017)
The boron and lithium isotopic composition of
mid-ocean ridge basalts and the mantle. Geochimica
et Cosmochimca Acta 207:102–138. doi:10.1016/j.
gca.2017.03.028

Martnez-Bot MA, Marino G, Foster GL, Ziveri P,
Henehan MJ, Rae JWB, Mortyn PG, Vance D
(2015) Boron isotope evidence for oceanic carbon
dioxide leakage during the last deglaciation. Nature
518:219–222

McCulloch MT, D’Olivio JP, Falter J, Georgiou L,
Holcomb M, Montagna P, Trotter J (2017) Boron
isotopes in corals. In: Marschall HR, Foster GL
(eds) Boron isotopes—The fifth element, advances in
isotope geochemistry, vol 7. Springer, Heidelberg

McKeegan KD, Chaussidon M, Robert F (2000) Incor-
poration of short-lived 10Be in a
calciu-aluminium-rich inclusion from the Allende
meteorite. Science 289:1334–1337

McMullen CC, Cragg CB, Thode HG (1961) Absolute
ratio of 11B/10B in Searles Lake borax. Geochim
Cosmochim Acta 23:147–150

Nakano T, Nakamura E (2001) Boron isotope geochem-
istry of metasedimentary rocks and tourmalines in a
subduction zone metamorphic suite. Phys Earth Planet
Inter 127:233–252

Ornstein LS, Vreeswijk JA (1933) Messung des Inten-
sitätsverhältnisses der Bor-Isotope B10 und B11.
Zeitschr Phys 80:57–58

Osberghaus O (1950) Die Isotopenhäufigkeit des Bors.
Massenspektrometrische Untersuchung der Elektro-
nenstoßprodukte von BF3 und BCl3. Zeitschr Phys
128:366–377

Palmer MR, Swihart GH (1996) Boron isotope geochem-
istry: an overview. In: Grew ES, Anovitz LM
(eds) Boron: mineralogy, petrology and geochemistry,
Reviews in Mineralogy, 1st edn, Vol 33. Mineralog-
ical Society of America, Washington, DC, pp 709–740

Parwel A, von Ubisch H, Wickman FE (1956) On the
variations in the relative abundance of boron isotopes
in nature. Geochim Cosmochim Acta 10:185–190

Peacock SM, Hervig RL (1999) Boron isotopic compo-
sition of subduction-zone metamorphic rocks. Chem
Geol 160:281–290

Phinney D, Whitehead B, Anderson D (1979) Li, Be, and
B in minerals of a refractory-rich Allende inclusion.

10 H.R. Marschall and G.L. Foster

http://dx.doi.org/10.1016/j.gca.2017.03.028
http://dx.doi.org/10.1016/j.gca.2017.03.028


In: Proceedings 10th Lunar and Planetary Science
Conference, pp 885–905

Porteous NC, Walsh JN, Jarvis KE (1995) Measurement
of boron isotope ratios in groundwater studies.
Analyst 120:1397–1400

Rae JWB (2017) Boron isotopes in foraminfera. In:
Marschall HR, Foster GL (eds) Boron isotopes—the
fifth element, advances in isotope geochemistry, vol 7.
Springer, Heidelberg

Ramakumar KL, Parab AR, Khodade PS, Almaula AI,
Chitambar SA, Jain HJ (1985) Determination of
isotopic composition of boron. Radioanal Nucl Chem
Lett 94:53–62

Rose E, Shimizu N, Layne G, Grove TL (2001) Melt
production beneath Mt. Shasta from boron data in
primitive melt inclusions. Science 293:281–283

Rosner M, Meixner A (2004) Boron isotopic composition
and concentration of ten geological reference materi-
als. Geostand Geoanal Res 28:431–441

Rustad JR, Bylaska EJ (2007) Ab initio calculation of
isotopic fractionation in BH(OH)3(aq) and BHO-
H4

−(aq). J Am Chem Soc 129:2222–2223
Sanyal A, Nugent M, Reeder RJ, Bijma J (2000) Seawater

pH control on the boron isotopic composition of
calcite: evidence from inorganic calcite precipitation
experiments. Geochim Cosmochim Acta 64:1551–
1555

Scambelluri M, Tonarini S (2012) Boron isotope evidence
for shallow fluid transfer across subduction zones by
serpentinized mantle. Geology 40:907–910

Sears VF (1992) Neutron scattering lengths and cross
sections. Neutr News 3:26–37

Shima M (1962) Boron in Meteorites. J Geophys Res
67:4521–4523

Shima M (1963) Geochemical study of boron isotopes.
Geochim Cosmochim Acta 27:911–913

Shimizu N, Hart SR (1982) Isotope fractionation in
secondary ion mass spectometry. J Appl Phys
53:1303–1311

Smith MP, Yardley BWD (1996) The boron isotopic
composition of tourmaline as a guide to fluid
processes in the southwestern England orefield: an
ion microprobe study. Geochim Cosmochim Acta
60:1415–1427

Spivack AJ, Edmond JM (1986) Determination of boron
isotope ratios by thermal ionizationmass spectrometry of
the dicesium metaborate cation. Anal Chem 58:31–35

Spivack AJ, Edmond JM (1987) Boron isotope exchange
between seawater and the oceanic crust. Geochim
Cosmochim Acta 51:1033–1043

Sugiura N, Shuzou Y, Ulyanov A (2001) Beryllium-boron
and aluminium-magnesium chronology of

calcium-aluminium-rich inclusions in CV chondrites.
Meteor Planet Sci 36:1397–1408

Thode HG, Macnamara J, Lossing FP, Collins CB (1948)
Natural variations in the isotopic content of boron and
its chemical atomic weight. J Am Chem Soc 70:3008–
3011

Thomson JJ (1913) Bakterian Lecture: rays of positive
electricity. Proc Royal Soc A 89:1–20

Tiepolo M, Bouman C, Vannucci R, Schwieters J (2006)
Laser ablation multicollector ICP-MS determination of
d11B in geological samples. Appl Geochem 21:788–
801

Tonarini S, Pennisi M, Adorno-Braccesi A, Dini A,
Ferrara G, Gonfiantini R, Wiedenbeck M, Gröning M
(2003) Intercomparison of boron isotope and concen-
tration measurements. Part I: selection, preparation
and homogeneity tests of the intercomparison materi-
als. Geostand Newsl 27:21–39

Trumbull RB, Slack JF (2017) Continental crust, granites,
pegmatites, high-T crustal metamorphism, and ore
deposits. In: Marschall HR, Foster GL (eds) Boron
isotopes—The fifth element, advances in isotope
geochemistry, vol 7. Springer, Heidelberg

Urey HC, Greiff LJ (1935) Isotopic exchange equilibria.
J Am Chem Soc 57:321–327

Williams LB, Hervig RL (2005) Lithium and boron
isotopes in illite-smectite: the importance of crystal
size. Geochim Cosmochim Acta 69:5705–5716

Williams LB, Hervig RL, Holloway JR, Hutcheon I
(2001) B isotope geochemistry during diagenesis.
Part I. Experimental determination of fractionation
during illitization of smectite. Geochim Cosmochim
Acta 65:1769–1782

Wunder B, Meixner A, Romer RL, Wirth R, Heinrich W
(2005) The geochemical cycle of boron: constraints
from boron isotope partitioning experiments between
mica and fluid. Lithos 84:206–216

Yates EL (1938) The separation of isotopes for the
investigation of nuclear transmutations. Proc Royal
Soc 168:148–158

You CF (2004) Thermal ionization mass spectrometry
techniques for boron isotopic analysis: a review. In: de
Groot PA (ed) Handbook of Stable Isotope Analytical
Techniques, vol 1. Elsevier, Amsterdam, pp 142–152

Zahl PA, Cooper FS (1941) Physical and biological
considerations in the use of slow neutrons for cancer
therapy. Radiology 37:673–682

Zeininger H, Heumann KG (1983) Boron isotope ratio
measurements by negative ionization mass spectrom-
etry. Internat J Mass Spectrom 48:377–380

1 Boron Isotopes in the Earth and Planetary Sciences … 11



2Boron Isotope Analysis of Geological
Materials

Gavin L Foster, Horst R Marschall and Martin R Palmer

Abstract
Over the last twenty years applications of the boron isotope system have
expanded from the analysis of boron-rich phases (e.g., tourmaline, borates)
to include other materials with low B concentrations (e.g., carbonates,
basaltic glass). The accurate and precise determination of the boron isotopic
composition of geological materials is however a difficult task, particularly
for those where boron is present in low-concentration. For solution
methods, this difficulty arises principally from the near ubiquitous level of
boron contamination in most standard clean laboratories, the light mass of
the element, the occurrence of only two stable isotopes, and the large mass
difference between them. For in situ approaches, such as secondary-ion
mass spectrometry, additional difficulties arise from the restricted avail-
ability of well-characterized reference materials, from surface contamina-
tion, from limited precision in low-concentration samples, and limitations
in reproducibility in high-concentration samples that may partly arise from
small-scale heterogeneities in the analyzed materials. Nevertheless, a
variety of novel techniques, strategies and methodologies have been
developed over the past two decades to meet these challenges. We describe
here some of these developments and focus on those that we feel are going
to play a major role in the growing use of the boron isotope system in the
earth and planetary sciences in decades to come.
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2.1 Introduction

Boron has two naturally occurring stable isotopes:
11B and 10B that occur approximately in a 4:1
ratio in terrestrial materials. The large relative
mass difference between the two isotopes
(*10%), and the behavior of boron in aqueous
solutions, results in variations in the isotopic
composition of boron in Earth and extra-terrestrial
materials providing numerous and unique insights
into low- and high-temperature geochemical
processes. As with other stable isotope systems,
boron isotope variations are expressed in delta
notation with reference to a standard: in this case,
a boric acid (NIST SRM 951; Catanzaro et al.
1970; Brand et al. 2014). Despite its utility, the
applicability of the boron isotope system is often
restricted by the analytical challenges involved in
its precise and accurate measurement. Some of the
difficulties are common to other dual isotope
systems (e.g., Li and Cu isotopes), whilst others,
such as the volatility of boron in acidic solutions
and the near ubiquitous level of blank contami-
nation in most clean laboratories, are unique to the
boron isotope system. Despite these complica-
tions boron isotope measurement of geological
materials has a long history (e.g., McMullen et al.
1961; Marschall and Foster 2017). In recognition
of the important information that can be gained
from boron isotope studies, analytical techniques
have evolved considerably, and there are now
many dissolution, purification and mass spectro-
metric methods available, each with its own
advantages and disadvantages. Several publica-
tions reviewed the methods in use by the late
1990s (e.g., Aggarwal and Palmer 1995; Swihart
1996), so here we will focus only on those
methods that are most commonly used today (also
see the recent review of analytical techniques by
Aggarwal and You 2016). In the following sec-
tions, the required purification methods and the
analytical methodology are discussed briefly in
turn, and the more commonly used analytical
techniques are summarized in Table 2.1. The
d11B values of commonly used standards and
reference materials for boron isotope research are
shown in Table 2.2. Note that many of the stan-
dards listed in Table 2.2 are not commercially

available; we therefore recommend that the
interested reader contact the lead author of the
appropriate study to enquire about availability.

2.2 Digestion and Purification
Methods for Boron Isotope
Analysis of Geologic Materials

For the most accurate bulk sample isotopic
analysis the sample is first dissolved and then
boron is generally purified from the sample
matrix to remove isobaric interferences and
enhance ionization. This requirement applies to
all analyses by Inductively Coupled Plasma Mass
Spectrometry (ICPMS) and for most, but not all,
Thermal Ionization Mass Spectrometry (TIMS)
techniques.

2.2.1 Sample Digestion

A number of procedures are available for diges-
tion of a geological sample. These include:
pyro-hydrolysis, alkali fusion and acid digestion.
Pyro-hydrolysis is time consuming and is per-
haps most suitable for boron-rich materials such
as tourmalines (Spivack and Edmond 1986).
Acid digestion is currently popular due to the
small volumes of reagents needed and hence
lower levels of contamination. For carbonates
cold HNO3 (or HCl; e.g., Foster et al. 2013) is
sufficient to completely dissolve a sample,
whereas silicates are most commonly dissolved
for geochemical analysis by heating the sample
together with high concentrations of HF (to
volatilise Si in the sample) and HNO3 (to retain
the dissolved cations in solution), with additional
acids (e.g., HClO4) being employed for particu-
larly refractory/organic-rich samples. This cre-
ates problems for boron analyses of silicates
because BF3 is highly volatile and can easily be
lost from solution. Hence, studies employing the
acid dissolution technique typically add mannitol
to the dissolution cocktail to form a
boron-mannitol complex that is stable in acid
solution (Nakamura et al. 1992). Alternatively,
by using the alkali fusion method the
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aluminosilicate matrix can be broken down by
high temperature fusion of the sample with a
fluxing agent, typically K2CO3, followed by
dissolution of the fusion cake in pure water
(Tonarini et al. 1997).

For all digestion methods any further chemi-
cal treatments prior to purification (e.g., the
conversion of the dissolved silicate sample to
chloride) must be done with care to avoid any
isotopic fractionation arising from the volatility

Table 2.1 Summary of boron isotope measurement techniques

Analytical
technique

Acronym Chemical
purification
commonly
performed

Sample
types

Sample
size
(ng)

Precision
(‰)

Example
references

Positive ion
thermal
ionisation mass
spectrometry

PTIMS Cation and anion
(typically
Amberlite
IRA743)
exchange resin

Carbonates,
silicates,
waters

20–
1000

0.1–0.3 He et al. (2013),
Trotter et al.
(2011)

Negative ion
thermal
ionisation mass
spectrometry

NTIMS None or cation
and anion
(typically
Amberlite
IRA743)
exchange resin

Carbonates,
waters

1–10 0.3–1.0 Hemming and
Hönisch (2007),
Kasemann et al.
(2009), Foster
et al. (2013),
Clarkson et al.
(2015)

Total
evaporation
negative ion
thermal
ionisation mass
spectrometry

TE-NTIMS None Carbonates,
waters

0.3–1 1–2 Foster et al.
(2006), Ni et al.
(2010), Liu et al.
(2013)

High-resolution
inductively
coupled plasma
mass
spectrometry

HR-ICPMS Microsublimation
or cation and/or
anion (typically
Amberlite
IRA743)
exchange resin

Carbonates,
waters

3–5 0.5–0.7 Misra et al.
(2014)

Multi-collector
inductively
coupled plasma
mass
spectrometry

MC-ICPMS Microsublimation
or cation and/or
anion (typically
Amberlite
IRA743)
exchange resin

Carbonates,
silicates,
waters

5–50 0.2–0.3 Foster et al.
(2013), Louvat
et al. (2011),
Foster (2008)

Laser ablation
multi-collector
inductively
coupled plasma
mass
spectrometry

LA-MC-ICPMS None required-in
situ technique

Carbonate,
silicates

0.1–0.3 0.5–1.75 Fitzke et al.
(2010), Thil et al.
(2016)

Secondary ion
mass
spectrometry

SIMS None required-in
situ technique

Carbonate,
silicates

0.001–
0.00001

0.5–3 Chaussidon et al.
(1997), Marschall
and Monteleone
(2015),
Kasemann et al.
(2009), Liu et al.
(2010)

2 Boron Isotope Analysis of Geological Materials 15



Ta
b
le

2.
2

Su
m
m
ar
y
of

bo
ro
n
is
ot
op

e
re
fe
re
nc
e
m
at
er
ia
ls
an
d
co
m
m
on

ly
us
ed

st
an
da
rd
s

D
es
cr
ip
tio

n
M
at
er
ia
l

d1
1 B

95
1

U
nc
er
ta
in
ty

Su
ita
bl
e
fo
r:

R
ef
er
en
ce
s

PT
IM

S
N
T
IM

S
IC
PM

S
SI
M
S

L
A
-I
C
PM

S

N
IS
T
SR

M
95

1
(9
51

a)
B
or
ic

ac
id

0
x

x
x

B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

IR
M
M
-0
11

B
or
ic

ac
id

0.
16

/
−
0.
37

5
x

x
x

B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

E
R
M
-A

E
10

1
B
or
ic

ac
id

(a
qu

eo
us
)

−
12

2.
96

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

−
12

3.
01

0.
41

B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

E
R
M
-A

E
12

0
B
or
ic

ac
id

(a
qu

eo
us
)

−
20

.2
0.
6

x
x

x
V
og

l
an
d
R
os
ne
r
(2
01

1)

E
R
M
-A

E
12

1
B
or
ic

ac
id

(a
qu

eo
us
)

19
.9

0.
6

x
x

x
V
og

l
an
d
R
os
ne
r
(2
01

1)

E
R
M
-A

E
12

2
B
or
ic

ac
id

(a
qu

eo
us
)

39
.7

0.
6

x
x

x
V
og

l
an
d
R
os
ne
r
(2
01

1)

N
R
C
N
A
SS

-5
Se
aw

at
er

39
.8
9

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

O
SI
L
IA

PS
O

Se
aw

at
er

39
.6
4

0.
42

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

N
at
ur
al

se
aw

at
er

Se
aw

at
er

39
.6
1

0.
2

x
x

x
Fr
om

Fo
st
er

et
al
.
(2
01

0)

IA
E
A
-B
-1

Se
aw

at
er

38
.6

1.
66

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

38
.7
6

0.
79

B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

IA
E
A
-B
-2

G
ro
un

dw
at
er

13
.8

0.
79

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

14
.3
8

1.
2

B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

IA
E
A
-B
-3

G
ro
un

dw
at
er

−
21

.4
0.
89

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

−
20

.8
2

0.
86

B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

(c
on

tin
ue
d)

16 G.L. Foster et al.



Ta
b
le

2.
2

(c
on

tin
ue
d)

D
es
cr
ip
tio

n
M
at
er
ia
l

d1
1 B

95
1

U
nc
er
ta
in
ty

Su
ita
bl
e
fo
r:

R
ef
er
en
ce
s

PT
IM

S
N
T
IM

S
IC
PM

S
SI
M
S

L
A
-I
C
PM

S

IA
E
A
-B
-4

T
ou

rm
al
in
e
(s
ch
or
l)

−
8.
7

0.
18

x
x

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

IA
E
A
-B
-5

B
as
al
t

−
3.
8

2
x

x
x

B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

IA
E
A
-B
-6

O
bs
id
ia
n

−
1.
8

1.
5

x
x

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

IA
E
A
-B
-7

L
im

es
to
ne

9.
7

5.
9

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

IA
E
A
-B
-8

C
la
y

−
5.
1

0.
87

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

H
11

25
66

T
ou

rm
al
in
e
(s
ch
or
l)

−
12

.5
1.
5

x
x

x
x

x
L
ee
m
an

an
d
T
on

ar
in
i
(2
00

1)

H
10

87
96

T
ou

rm
al
in
e
(d
ra
vi
te
)

−
6.
6

0.
6

x
x

x
x

x
L
ee
m
an

an
d
T
on

ar
in
i
(2
00

1)

H
98

14
4

T
ou

rm
al
in
e
(e
lb
ai
te
)

−
10

.4
0.
3

x
x

x
x

x
L
ee
m
an

an
d
T
on

ar
in
i
(2
00

1)

G
O
R
-1
28

-G
K
om

at
iit
ic

gl
as
s

13
.5
5

0.
21

x
x

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

G
O
R
-1
32

-G
K
om

at
iit
ic

gl
as
s

7.
11

0.
97

x
x

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

St
H
s6
/8
0-
G

A
nd

es
iti
c
gl
as
s

−
4.
48

0.
29

x
x

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

T
B

Sh
al
e
ro
ck

po
w
de
r

−
12

.6
1.
3

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

A
m
-2
18

05
A
m
ph

ib
ol
e

−
0.
4

0.
9

x
x

x
x

x
Pa
bs
t
et

al
.
(2
01

2)

Ph
e-
80

-3
Ph

en
gi
te

(w
hi
te

m
ic
a)

−
13

.5
0.
7

x
x

x
x

x
Pa
bs
t
et

al
.
(2
01

2)

N
IS
T
SR

M
61

0
Si
lic
at
e
gl
as
s

−
0.
52

0.
53

x
x

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

N
IS
T
SR

M
61

2
Si
lic
at
e
gl
as
s

−
0.
51

0.
52

x
x

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

G
SJ

JB
-2

B
as
al
t
ro
ck

po
w
de
r

7.
24

0.
33

x
x

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

G
SJ

JB
-3

B
as
al
t
ro
ck

po
w
de
r

5.
9

0.
8

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

G
SJ

JG
b-
1

G
ab
br
o
ro
ck

po
w
de
r

4.
0

2.
8

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

(c
on

tin
ue
d)

2 Boron Isotope Analysis of Geological Materials 17



Ta
b
le

2.
2

(c
on

tin
ue
d)

D
es
cr
ip
tio

n
M
at
er
ia
l

d1
1 B

95
1

U
nc
er
ta
in
ty

Su
ita
bl
e
fo
r:

R
ef
er
en
ce
s

PT
IM

S
N
T
IM

S
IC
PM

S
SI
M
S

L
A
-I
C
PM

S

G
SJ

JA
-1

A
nd

es
ite

ro
ck

po
w
de
r

5.
3

0.
3

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

G
SJ

JR
-2

R
hy

ol
ite

ro
ck

po
w
de
r

2.
9

0.
2

x
x

x
R
os
ne
r
an
d
M
ei
xn

er
(2
00

4)

G
SJ

JR
-2
e

R
hy

ol
ite

2.
57

1.
06

x
x

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

G
SJ

JC
p-
1

C
or
al

po
w
de
r

24
.2
4

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

N
IS
T
R
M

15
47

Pe
ac
h
le
av
es

41
.0
9

1.
12

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

N
IS
T
R
M

84
33

C
or
n
br
an

8.
3

1.
69

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

B
C
R
-6
79

W
hi
te

ca
bb

ag
e

−
23

.8
1.
15

x
x

x
B
ra
nd

et
al
.
(2
01

4)
an
d

re
fe
re
nc
es

th
er
ei
n

B
IG

-D
B
or
ic

ac
id

(a
qu

eo
us
)

14
.5
6

0.
61

x
x

x
Fo

st
er

et
al
.
(2
01

3)

B
IG

-E
B
or
ic

ac
id

(a
qu

eo
us
)

24
.9
6

0.
31

x
x

x
Fo

st
er

et
al
.
(2
01

3)

U
M
D

B
or
ic

ac
id

(a
qu

eo
us
)

−
12

.8
7

0.
29

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
A

D
ee
p
oc
ea
n
ca
rb
on

at
e

15
.9
6

1.
50

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
B
/U
W
C
-1

In
or
ga
ni
c
ca
lc
ite

rh
om

b
8.
99

1.
64

x
x

x
x

x
Fo

st
er

et
al
.
(2
01

3)

8.
08

1.
16

K
as
em

an
n
et

al
.
(2
00

9)

IC
C
/P
S6

9/
31

8-
1

C
ol
d
w
at
er

oc
to
co
ra
l

15
.9
0

0.
65

x
x

x
x

x
Fo

st
er

et
al
.
(2
01

3)

16
.0
7

0.
67

K
as
em

an
n
et

al
.
(2
00

9)

IC
D
/

M
93

-T
B
-F
C
-1

A
ra
go

ni
tic

P
or
ite
s
(s
p)

co
ra
l

25
.2
3

0.
67

x
x

x
x

x
Fo

st
er

et
al
.
(2
01

3)

24
.8

K
as
em

an
n
et

al
.
(2
00

9)

IC
1

P
or
ite
s
cy
lin

dr
ic
a
co
ra
l

24
.8
6

0.
89

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
2

A
cr
op

or
a
no

bi
lis

co
ra
l

24
.0
3

1.
81

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
3

P
or
ite
s
cy
lin

dr
ic
a
co
ra
l

23
.7
5

1.
35

x
x

x
Fo

st
er

et
al
.
(2
01

3)

(c
on

tin
ue
d)

18 G.L. Foster et al.



Ta
b
le

2.
2

(c
on

tin
ue
d)

D
es
cr
ip
tio

n
M
at
er
ia
l

d1
1 B

95
1

U
nc
er
ta
in
ty

Su
ita
bl
e
fo
r:

R
ef
er
en
ce
s

PT
IM

S
N
T
IM

S
IC
PM

S
SI
M
S

L
A
-I
C
PM

S

IC
4

A
cr
op

or
a
no

bi
lis

co
ra
l

22
.7
2

0.
92

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
5

A
cr
op

or
a
no

bi
lis

co
ra
l

22
.0
4

1.
37

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
6

Pl
an
kt
ic

fo
ra
m
in
if
er
s

(G
lo
bi
ge
ri
no

id
es

sa
cc
ul
ife
r)

20
.1
6

2.
27

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
7

Pl
an
kt
ic

fo
ra
m
in
if
er
s

(G
lo
bi
ge
ri
no

id
es

sa
cc
ul
ife
r)

20
.8
7

1.
73

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
8

Pl
an
kt
ic

fo
ra
m
in
if
er
s

(G
lo
bi
ge
ri
no

id
es

sa
cc
ul
ife
r)

19
.9
9

2.
24

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
9

Pl
an
kt
ic

fo
ra
m
in
if
er
s

(G
lo
bi
ge
ri
no

id
es

sa
cc
ul
ife
r)

20
.7
8

2.
15

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
10

B
ra
ch
io
po

d
(T
er
eb
ra
ta
lia

tr
an

sv
er
sa
)

16
.9
5

2.
86

x
x

x
Fo

st
er

et
al
.
(2
01

3)

IC
11

B
ra
ch
io
po

d
(T
er
eb
ra
ta
lia

tr
an

sv
er
sa
)

15
.3
8

1.
60

x
x

x
Fo

st
er

et
al
.
(2
01

3)

K
W
-T
6

Tr
id
ac
na

gi
ga

s
bi
va
lv
e

15
.5
3

0.
64

x
x

x
x

x
K
as
em

an
n
et

al
.
(2
00

1)

U
nc
er
ta
in
ty

is
ty
pi
ca
lly

at
a
95

%
co
nfi

de
nc
e
le
ve
l
bu

t
th
e
re
ad
er

sh
ou

ld
re
fe
r
to

th
e
ci
te
d
re
fe
re
nc
e.

Fo
r
V
og

l
an
d
R
os
ne
r
(2
01

1)
qu

ot
ed

va
lu
es

ar
e
th
e
m
ea
n
of

gr
av
im

et
ri
c

de
te
rm

in
at
io
n
an
d
tw
o
m
ea
su
re
m
en
ts
,u

nc
er
ta
ity

is
2s
d
of

th
es
e.
Fo

r
th
e
da
ta
fr
om

Fo
st
er

et
al
.(
20

10
)
un

ce
rt
ai
nt
y
is
m
ea
n
an
d
2s
d
of

28
se
aw

at
er

sa
m
pl
es
.F

or
st
an
da
rd
s
fr
om

Fo
st
er

et
al
.(
20

13
)t
he

qu
ot
ed

va
lu
e
is
th
e
m
ea
n
of

al
ll
ab
or
at
or
ie
s
an
d
th
e
un

ce
rt
ai
nt
y
is
th
e
2s
d
ab
ou

tt
hi
s
m
ea
n.
Fo

rt
he

da
ta
fr
om

K
as
em

an
n
et
al
.(
20

09
)t
he

qu
ot
ed

va
lu
es

ar
e

th
e
m
ea
n
an
d
un

ce
rt
ai
nt
y
fr
om

th
ei
r
T
ab
le

2.
2

2 Boron Isotope Analysis of Geological Materials 19



of boron. The alkali fusion method was devel-
oped with this limitation in mind, especially with
regard to silicates where the formation of a
K2CO3 fusion cake avoids the need for HF for
dissolution (e.g., Tonarini et al. 1997). Regard-
less of the sample type, all reagents must have
very low boron concentrations (�1 ng/g) to
keep the procedural blank contamination suffi-
ciently low. To this end, most clean laboratories
carrying out boron isotope analysis are fitted with
boron-free HEPA filters to reduce the blank
contamination during sample handling (e.g.,
Rosner et al. 2005).

Once a sample is dissolved, there are two
principal methods currently in use to purify
boron prior to analysis. These are discussed in
turn below.

2.2.2 Ion Exchange

For carbonate samples, boron purification from
the relatively simple CaCO3 matrix typically
involves the use of the boron specific
ion-exchange resin Amberlite 743 (Kiss 1988)
either in a one-step (Foster 2008) or two step
procedure (Lemarchand et al. 2002; McCulloch
et al. 2014). The Amberlite 743 resin contains a
hydrophobic styrene backbone and tertiary amine
group that only absorbs boron in the borate form
(B(OH)4

−; Yoshimura et al. 1998). In the one-step
method of Foster (2008), the dissolved CaCO3

sample is added to a 2 M Na acetate–0.5 M
acetic acid buffer to ensure that the loading pH is
*5. This pH is sufficient to ensure quantitative
retention of boron on the column and low enough
to prevent Ca precipitation prior to loading. In
the two-step process (Foster et al. 2013;
Lemarchand et al. 2002; McCulloch et al. 2014),
dissolved cations (e.g., Ca, Mg) are first removed
using a cationic exchange resin (e.g., Dowex
AG50X8; Lemarchand et al. 2002; McCulloch
et al. 2014). The pH of the solution from this first
step is then increased to *9 using NH4OH
without fear of forming precipitates and is then
further purified using Amberlite 743 (Lemarc-
hand et al. 2002; McCulloch et al. 2014). Fol-
lowing rinses with MQ water, and in some

methods with NaNO3 as well to remove the
matrix (Foster et al. 2013; Lemarchand et al.
2002), quantitative elution of boron from
Amberlite 743 is typically achieved using 0.1–
0.5 M HNO3. Experiments by Lemarchand et al.
(2002) illustrate that relatively large isotopic
fractionations can result if recovery is not close
to 100%, although this is relatively easy to
achieve and monitor (e.g., Foster et al. 2013;
Lemarchand et al. 2002). The volume of HNO3

required to elute all the boron depends on its
molarity, resin mesh size, column volume and
column geometry. Due to the volatility of boron
in acidic solutions further concentration of the
eluant via a dry-down step is generally avoided.
Hence, column design has to be optimized to
recover boron in sufficiently low quantities of
HNO3 such that final boron concentration is not
diluted beyond that required for precise mea-
surement by mass spectrometry. Hence, for
measurement of CaCO3 samples that generally
have low boron contents (10–50 µg/g B; Hem-
ming and Hansen, 1992), the columns are typi-
cally small volume (<50 ll) and reagent volumes
are also small (<1 ml HNO3). Thus blank con-
tamination from purification is low: typically
<1 ng and in some instances <50 pg (Foster et al.
2013; Henehan et al. 2013).

Purification of boron contained within alumi-
nosilicate geological samples is more complex.
This is partly because rock samples contain a
more diverse suite of cations that must be
removed from the sample, but the complexities
of purification largely arise because of the more
aggressive procedures that are required to release
boron from the rock matrix (see above).
Regardless of whether the rock is dissolved or
fused, the boron must then be purified from a
concentrated solution containing high concen-
trations of a wide range of dissolved species.
Hence, the purification method has typically
involved at least three separate ion-exchange
columns (Nakamura et al. 1992; Tonarini et al.
1997). This is time-consuming and problematic
in terms of controlling potential contamination of
the sample from the large volumes of reagents
required and prolonged sample processing. More
recently, Romer and Meixner (2014) have
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developed an improved two-step method and
Wei et al. (2013) developed a single column
procedure using Bio-Rad AG MP-1 (an anion
exchange resin) for separation of rock samples
that had undergone acid dissolution. This latter
technique greatly simplifies the purification stage
but, in its current incarnation, requires large
volumes of 24 M HF (*24 ml per sample) in
nine separate aliquots during the column chem-
istry. Recent tests by one of us (Palmer and
Cooper, in prep) however suggest the approach is
well-suited to miniaturisation allowing for a
reduction in blank and HF volume.

2.2.3 Purification by Non Exchange
Resin Methodologies

A number of methods exist to purify boron that
do not rely on anion/cation exchange resins. The
earliest of these, methyl borate distillation,
exploits the volatility of trimethyl borate to sep-
arate boron from more refractory species such as
Si (Aggarwal and Palmer 1995; Spivack and
Edmond 1986). More recently, a method initially
used as a final purification step to remove organic
contamination (Gaillardet et al. 2001; Lemarc-
hand et al. 2002) known as “microsublimation”
is being used to separate boron from CaCO3 and
other matrices (Misra et al. 2014; Pi et al. 2014;
Wang et al. 2010). The microsublimation
approach exploits the volatility of boron and its
ability to sublime from a solid at low tempera-
tures (*75–100 °C). In this separation method
CaCO3 samples are dissolved in a small volume
(<50 ll) of HNO3 or HCl with pH <2 and loaded
onto the center of the cap of a 5 ml Savillex
Teflon fin legged screw top beaker (Misra et al.
2014; Wang et al. 2010). The inverted beaker
with sample loaded on the lid is then placed on a
hotplate at a relatively well-controlled tempera-
ture ideally with wells or digestion blocks to
ensure an even heating of the vial (Liu et al.
2013; Wang et al. 2010). The distillation process
is then carried out for >12 h and the purified
boron is simply recovered from the drop that
forms in the conical end of the inverted beaker.
The potential for fractionation if recovery is not

quantitative, as with the column procedures
above, is large (Gaillardet et al. 2001; Misra et al.
2014; Wang et al. 2010) and incomplete recovery
can occur through loss of sample through the
screw-top seal of the distillation vial or because
complexes can form in the residue that bind to
boron (Gaillardet et al. 2001). The extent of
recovery when applied to CaCO3 purification is
checked by analyzing the B/Ca ratio of what was
loaded on the lid and the B concentration of the
final distillate and residue (Misra et al. 2014),
although the accuracy of these approaches limits
these assessments of B concentration to ±1–12%
and significant fractionation occurs if B recovery
is <90% (Misra et al. 2014). Due to the limited
handling and small volume of reagents used the
total procedural blanks, provided B-clean
reagents are used, tend to be smaller for this
method than for column-based approaches (e.g.,
<10 pg).

2.3 Analytical Methods for Boron
Isotope Analysis of Geological
Materials

Boron isotopes are commonly measured using a
variety of analytical techniques. Figure 2.1 pro-
vides an up-to-date summary of the state of the
art with regard to the precision and sample size
required for each of the techniques and Table 2.2
lists some of the commonly used reference
materials. In the following we attempt to briefly
summarize the relevant methodologies, paying
particular attention to their strengths and
weaknesses.

2.3.1 The Isotopic Analysis of Boron
in Solution Mode

2.3.1.1 Positive Ion Thermal Ionization
Mass Spectrometry

The first boron isotope measurement technique
suitable for high precision analysis of geological
materials was Positive ion Thermal Ionization
Mass Spectrometry (PTIMS; e.g., Ramakumar
et al. 1985). Initial attempts using a
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sodium-borate complex only achieved a preci-
sion of around ±2‰ (at 95% confidence; e.g.,
Swihart et al. 1986) due to the relatively light
mass of the Na2BO2

+ ion (mass 88 and 89 for
10B and 11B, respectively). Better precision was
achieved with using Cs-borate complexes
(Cs2BO2

+; masses 308 and 309) due its heavier
mass minimizing instrumental fractionation
(±0.4‰ at 95% confidence; Ramakumar et al.
1985). However the relatively low ion yield from
these heavy alkali-borate complexes, the
requirement for dynamic runs due to the close
spacing of masses 308 and 309, and the potential
high level of B-contamination during purification
of the boron prior to mass spectrometric analysis,
typically resulted in sample size being relatively
large for these early PTIMS methods (5000 ng;
Spivack and Edmond 1986). Since the initial
development of the Cs-borate TIMS method
there has been a series of improvements to
sample size and precision. For example,
improved signal intensity and reproducibility was

achieved by coating the filament with graphite
(Xiao et al. 1988) and changes to the sample
dissolution method and boron purification pro-
cess (Nakamura et al. 1992; Tonarini et al. 1997).
In addition, the introduction of a specially
designed double collector package allowed for
static multi-collection of both boron isotopes
(Nakano and Nakamura 1998) that further
improved precision and reduced the required
sample size, such that it is now possible to
achieve accuracy and precision of around
±0.3‰ (at 95% confidence) on sample sizes as
small as 20 ng of boron (Deyhle 2001; He et al.
2013). These latest methods therefore offer the
potential for achieving precise data on small
samples using PTIMS.

2.3.1.2 Negative Ion Thermal
Ionization Mass
Spectrometry

Negative ion thermal ionization mass spectrom-
etry (NTIMS) approaches to the measurement of

Fig. 2.1 Summary of the sample size and reported preci-
sion (at 95% confidence) for the commonly used techniques
for boron isotope analysis from a selection of contributions.
SourcesSecondary ionmass spectrometry (SIMS;Marschall
and Monteleone 2015); laser ablation multi-collector
inductively-coupled plasma mass spectrometry
(LA-MC-ICPMS; Fietzke et al. 2010); total evaporation
negative ion thermal ionization mass spectrometry

(TE-NTIMS; Foster et al. 2006; Ni et al. 2010);
high-resolution ICPMS (Misra et al. 2014); negative ion
thermal ionizationmass spectrometry (NTIMS;Hönisch and
Hemming 2007; Kasemann et al. 2009); multi-collector
ICPMS (MC-ICPMS; Foster et al. 2013); positive ion
thermal ionization mass spectrometry (PTIMS; He et al.
2013; Trotter et al. 2011). Note that across the techniques as
sample size increases precision tends to improve
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boron were first developed by Zeininger and
Heumann (1983). This approach, where
10B16O2

− and 11B16O2
− are measured statically at

masses 42 and 43, has a very high ion yield when
an activator (e.g., lanthanum nitrate or boron-free
seawater) is used, meaning samples as small as
1 ng can be measured to relatively high precision
(±0.4–0.7‰ at 95% confidence; Hemming and
Hanson 1992; Kasemann et al. 2001; Clarkson
et al. 2015; Farmer et al. 2016). Hemming and
Hanson (1994) noted that a complex ionic elec-
trolyte like acidified seawater or dissolved cal-
cium carbonate also resulted in very high ion
yields with NTIMS. Hemming and Hanson
(1992) therefore proposed that for carbonates and
natural waters no boron purification was neces-
sary provided the same boron-free seawater was
added to samples (dissolved carbonate or natural
water) and standards (boric acid NIST SRM 951)
to ensure some similarity in matrix. The principal
difficulties of this approach are: (i) the accurate
correction of machine induced mass fractionation
of the two relatively light isotopologues of BO2

−

at masses 42 and 43; (ii) interference of minor
borate isotopologues (e.g., 10B16O17O− on mass
43, and CNO− from organic contamination on
mass 42). Whilst the interference of CNO− can
be adequately monitored using CN− and the
other borate isotopologues are typically minor, it
is the accurate correction of machine-induced
bias that has proven most difficult to overcome.
Several approaches exist that all require a high
level of operator skill and care, from using a
linear regression to correct for the
time-dependent fractionation relating to ioniza-
tion (e.g., Kasemann et al. 2001), to total evap-
oration (TE-NTIMS) whereby the entire sample
is ionized and the 11B/10B ratio is determined
from the total 11B measured/total 10B measured
(Foster et al. 2006; Liu et al. 2013). The degree
of instrumental mass fractionation and the pre-
cision of NTIMS analyses are improved if care is
taken to control the filament temperature during
warm-up of the filament (up to *970 °C) and
during the data acquisition (approximately 950–
1000 °C) (Hemming and Hanson 1994; Hem-
ming and Hönisch 2007). For some, but not all
(e.g., Foster et al. 2013; Kasemann et al. 2009),

NTIMS methodologies, the accuracy of CaCO3

analysis remains an issue and biases of 0.5 to
2.7‰ are evident and appear to be related to
sample matrix in some way (e.g., Foster et al.
2013; Farmer et al. 2016).

2.3.1.3 Inductively Coupled Plasma
Mass Spectrometry

The measurement of boron isotopes by ICPMS
also has a relatively long history, with the first
study by Gregoire (1987). These early attempts
however were associated with high uncertainty
(±3‰ at 95% confidence; Gregoire 1987) mak-
ing the methodology unsuitable for most geo-
chemical applications. The last 20 years or so
have seen a dramatic growth in the use of
multi-collector inductively coupled plasma mass
spectrometry (MC-ICPMS; e.g., Walder and
Freedman 1992; Halliday et al. 1998). This new
technology was rapidly adopted for boron iso-
tope measurement with early applications meet-
ing some success (e.g., Aggarwal et al. 2003;
Lecuyer et al. 2002). However the challenges of
boron isotope analysis by MC-ICPMS (and
ICPMS) are also manifold: (i) due to the
volatility of boron in acidic solutions wash out
between samples can be very long (Al-Amar
et al. 2000); (ii) 40Ar4+ and/or 20Ne2+ from the
ionization gas interfere on 10B (Wang et al.
2010); (iii) mass fractionation is large although
typically relatively stable (up to 16%; Foster
2008); (iv) due to its light mass, boron has very
low transmission across the plasma interface
leading to poor sensitivity; (v) matrix effects
mean solutions must be purified first in order to
obtain accurate and precise data (e.g., Guerrot
et al. 2011; Pi et al. 2014). Improved analytical
and abundance sensitivity, and mass fractiona-
tion stability with the most recent generations of
MC-ICPMS has overcome many of these prob-
lems (Foster 2008). Purification is typically
achieved using one of the options discussed in
Sect. 2.2 and several strategies are also available
to overcome the wash-out problem, including:
(a) the addition of small quantities of NH3 gas to
ensure spray chamber pH is high enough that
boron is present in the non-volatile borate form
(Foster 2008); (b) protracted wash-outs and the
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use of dilute solutions (Wang et al. 2010;
McCulloch et al. 2014); (c) the use of a mixed
0.3 M HF/0.4 M HNO3 reagent for the intro-
duction of samples, standards, blanks and wash
(Misra et al. 2014); (d) the use of direct injection
where the volume of wetted parts is small and
hence the boron wash-out is relatively quick
(Louvat et al. 2011). Regardless of which strat-
egy is used to overcome the wash out issue, the
most precise d11B data are obtained when
sample-standard bracketing is as fast as possible
(i.e. <5 min between sample and standard), wash
out is stable and machine-blank is <2% of ana-
lyte signal, and the MC-ICPMS is optimized for
mass fractionation stability rather than maximum
signal (e.g., Foster 2008; Guerrot et al. 2011;
Louvat et al. 2011; Wang et al. 2010). Until
recently, analytical sensitivity placed a lower
limit on sample size (*10 ng of B), however
improved electronics (1012 X resistors for fara-
day cup amplifiers; e.g., John and Adkins 2010)
now allow a further reduction in sample sizes
(<5 ng of B) making laboratory blank contami-
nation, rather than total available boron, the
limiting factor.

2.3.2 The Isotopic Analysis of Boron
in Situ

Many geological materials show small-scale
chemical and isotopic heterogeneities that con-
tain a wealth of relevant information but are
inaccessible by bulk methods, as these only
reveal average compositions of the dissolved
sample mass. This is where in situ methods of
boron isotope analyses become indispensable,
and the two most common techniques are dis-
cussed here.

2.3.2.1 Secondary Ion Mass
Spectrometry (SIMS)

Secondary-ion mass spectrometry (SIMS)
employs a beam of focused ions to sputter and
ionize small amounts of material from the surface
of a solid sample. The secondary ions created in
this process are accelerated by a homogenous
high-voltage electric field into a mass

spectrometer. The mass spectrometer may
employ a time-of-flight mass separation system
(e.g., Lyon et al. 2007) or a quadrupole filter, but
more typically for boron isotope analysis consists
of an electrostatic filter and a sector magnet (e.g.,
Straub and Layne 2002). More recently, the
NanoSIMS, which enables higher lateral resolu-
tion than standard ion probes, has been employed
to analyze B isotopes in meteorites (Liu et al.
2010).

SIMS is a method that requires introduction of
the sample in solid form into the mass spec-
trometer. Typically, these include silicate min-
erals, glass, and biogenic carbonates that may
contain trace concentrations of boron or are
boro-silcates or borates that contain boron as a
major component. Ideally, the samples should be
very well polished to provide a flat, smooth
surface. This is important, because the sample
surface is part of the extraction lens for the sec-
ondary ion beam, and surface topography leads
to distortion of the electric field that may result in
irreproducible boron isotope fractionation. SIMS
has also been applied to analyze boron isotopes
of water samples and clay suspensions. These
liquid materials were dried on Si wafers or glass
slides, and the dry residues were analyzed by ion
probe (Rose-Koga et al. 2006; Williams et al.
2001).

The prominent advantage of SIMS compared
to any alternative analytical method lies in the
very high spatial resolution of the method. This
follows from the gentle sputtering process with
slow depth progress (compared with
laser-ablation methods) and from the ability to
focus the primary ion beam to spot sizes of 5–
100 µm, depending on required signal intensity
and B concentration in the sample. In Nano-
SIMS, spot diameters below 1 µm are possible.
The sputter rate depends on the material and the
primary beam density and is typically on the
order of 0.1–5 nm/s for beam currents of 1–
40 nA in carbonates, silicates and silicate glasses
(e.g., Marschall and Monteleone 2015;
Rollion-Bard et al. 2007). This translates to a pit
depth of 0.1–5 µm for typical B isotope analyses
that take 10–30 min total analysis time for a
single spot. These small volumes of sputtered
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material make SIMS the ideal method for
resolving spatial heterogeneity, for instance in
foraminifera and coral skeletons (e.g., Rollion‐
Bard et al. 2003; Blamart et al. 2007) and for
material with limited volume, such as melt
inclusions (e.g., Schmitt et al. 2002). The small
analyzed volume also translates to a very small
mass boron required for a SIMS isotope analysis,
which is several orders of magnitude lower than
for any other method, and may range from
approximately 10 femto grams to several pico
grams (Fig. 2.1).

For high-concentration samples (� 20 µg/g
B, depending on the instrument), the analytical
precision of SIMS depends on the stability of the
mass spectrometer, most importantly the stability
of the magnet, the detection system (electron
multiplier = ion counter; or Faraday cups), and
the primary beam. Most published B isotope
analyses from magnetic-sector field SIMS have
been completed using a single collector and
magnet cycling between the collection of 10B+

and 11B+. Two electron multipliers in
multi-collection mode have also been used, but
precision was not significantly better compared
to mono-collection (Kobayashi et al. 2004).
More recently, the B isotope ratio of tourmaline
(ca. 30,000 µg/g B) has been analyzed in
multi-collection mode using two Faraday cups,
which reduced the total analysis time to 2 min
per spot at a precision of ±0.8‰ (2SE; Büttner
et al. 2016). A 16O− primary beam was used in
all cases, including small- and large-radius
spectrometers and NanoSIMS. Fluctuations of
the primary beam intensity that are on the same
time scale as the integration cycles of the mea-
surement will directly affect internal precision in
single-collection mode and cannot be corrected.
Magnet stability has been improved over the
years through better electronic hardware, lami-
nated magnets, software improvements, and the
introduction of a nuclear magnetic resonance
magnet control. The combined instrument sta-
bility translates to an internal precision of typi-
cally between 0.4 and 1.0‰ (2SE) for a 11B/10B
analysis of a high-concentration sample (Büttner
and Kasemann 2007; Drivenes et al. 2015;
Marschall and Monteleone 2015). Internal

precision refers to the standard deviation among
the analyzed 11B–10B cycles in a single mea-
surement divided by the square root of the
number of cycles in that measurement.

For low-concentration analysis, the internal
precision depends on the number of counted ions
and can be predicted from counting statistics
(Fitzsimons et al. 2000). The total counts of the
measurement depend on the boron concentration
in the sample, the primary beam current (or beam
density and the analyzed area), the composition
of the analyzed sample, and the sensitivity of the
instrument.

A way to express instrument sensitivity is
through the useful ion yield, which depicts the
fraction of ions counted at the conditions of the
measurement relative to the amount present in
the sputtered sample volume. For boron, this
value ranges from approximately 0.15–0.3% for
small-radius instruments to 1.8% for the
large-radius instruments (Hervig et al. 2006;
Marschall and Monteleone 2015). That means
that >98% of the boron present in the sample is
currently wasted, mostly because of poor ion-
ization during the sputter process. Large-radius
magnet SIMS instruments now achieve preci-
sions of ±3‰ (2r) in samples with 1 µg/g boron
in a single-spot 30-min analysis (Marschall and
Monteleone 2015).

Strong or systematic deviations of the preci-
sion of low-concentration analysis from the pre-
cision predicted from counting statistics may be
due to small-scale sample heterogeneity, or they
may be a sign of an analytical problem, for
example caused by insufficient instrument sta-
bility or by surface contamination of the sample.
Surface contamination is a challenge in SIMS
particularly for boron analysis (e.g., Chaussidon
et al. 1997; Marschall and Ludwig 2004; Shaw
et al. 1988). Several measures have been applied
to reduce and quantify surface contamination:
(i) avoid boron-bearing lubricants and polishing
materials during sample preparation; (ii) produce
a sample surface that is as smooth as possible
without roughness, cracks, pits, or other topog-
raphy; (iii) clean sample mounts (or thin sec-
tions) in ultra-sonic bath with B-free de-ionized
water immediately before gold-coating and
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introduction into the air-lock system of the mass
spectrometer; (iv) use sufficient pre-sputter time
to remove remaining surface contamination prior
to signal integration; (v) raster the beam over a
larger area during pre-sputter and reduce the
rastered area (or fixed spot) during collection of
the analysis signal; (vi) use a field aperture to
block the margin of the secondary beam, so that
only the central, low-contamination part of the
sample is analyzed (Chaussidon et al. 1997; Liu
et al. 2009; Marschall and Ludwig 2004; Mar-
schall and Monteleone 2015). The best way to
quantify any remaining contamination is by the
analysis of a material that contains as little B as
possible. Silica glass Herasil-102 was suggested
for this purpose, which contains � 1 ng/g boron
(Marschall and Ludwig 2004).

Mass interferences are not a problem for B
isotope analysis by SIMS, and a mass resolving
power (m/Dm at 10% peak height) of approxi-
mately 1200 is sufficient to suppress the principle
interferences (9BeH+ and 30Si3+ on 10B+; 10BH+

on 11B+). Machine drift is typically slow
(� 0.3‰/h) and can be corrected for by com-
pleting regular analysis of well-characterized
(ideally internationally distributed) reference
materials or standards. Reproducibility of the
measurements is quantified by repeated analyses
of a homogenous material, which may include
the reference materials. Reported reproducibility
(2 SD) for SIMS boron isotope analysis ranges
from 0.4 to 4.7‰, but is typically on the order of
1.5‰, as summarized by Marschall and Mon-
teleone (2005) (see also Büttner and Kasemann
2007; Büttner et al. 2016; Kasemann et al. 2009;
Nakano and Nakamura 2001; Trumbull et al.
2008).

Accuracy is the most difficult aspect to
quantify in any measurement, and B isotopes by
SIMS are no exception. Instrumental mass frac-
tionation of 11B/10B in SIMS is typically between
2 and 6%, and it may vary among different
instruments, from session to session on a par-
ticular instrument, and even within an analytical
session (e.g., Chaussidon et al. 1997). The pri-
mary B isotope standard (NIST SRM951) is
boric acid, a white crystalline powder that is
water soluble and widely used for TIMS and

ICP-MS analyses, but for most applications it is
not suitable for SIMS.

The mass fractionation of SIMS may depend
on the chemical composition of the analyzed
material. This so-called “chemical matrix effect”
requires that reference materials used for cor-
rection of instrumental mass fractionation need to
be similar to the analyzed samples, or at least it
needs to be demonstrated through the analysis of
a range of materials that the matrix effect is
negligible or can be quantified for data correc-
tion. A range of silicate glasses has been dis-
tributed internationally and has been
characterized for their B isotopic compositions.
They are homogeneous at the level of current
analytical precision, and range from komatiitic to
basaltic to andesitic to rhyolitic in composition
(e.g., Jochum et al. 2006; see Table 2.2).

The matrix effect for SIMS boron isotope
analyses among this wide range of naturally
occurring glass compositions was analytically
not resolvable (less than 0.5‰) in a study by
Marschall and Monteleone (2015). This had also
been demonstrated previously for a similar set of
basaltic to rhyolitic glasses in two other SIMS
labs at a level of � 1.3 and � 2.1‰, respectively
by Rosner et al. (2008), showing that matrix
effects are not limiting the accuracy of B isotope
analyses of natural silicate glasses by SIMS. In
contrast, the widely distributed NIST glasses of
the 61X series (e.g., SRM610, SRM612) are not
suitable for SIMS boron isotope analyses as a
reference for instrumental mass fractionation
correction; they consistently produce fractiona-
tion factors that are 2–4‰ different from all
glasses with natural compositions (Rosner et al.
2008; Gurenko and Kamenetsky 2011). These
glasses are, therefore, generally avoided for
SIMS boron isotope work in modern studies.

Chaussidon et al. (1997) investigated boric
acid solution and seawater evaporated on a Si
wafer, silicate glasses, and tourmaline, and found
less than 1.6‰ matrix effect among all these
materials. In an earlier study, the same group had
reported a strong effect of tourmaline chemistry
on instrumental mass fractionation, amounting to
approximately 15‰ between the Fe–Mg-rich
types (schorl-dravite) on the one hand and the
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Li-rich elbaite on the other. However, the
reported relationship is mostly anchored on one
elbaite sample, and this set of tourmalines was
only used in that particular lab. A set of three
tourmaline reference materials (dravite, schorl
and elbaite) has subsequently been established
and is now widely distributed through the Har-
vard museum (Leeman and Tonarini 2001).
Small (<2‰) or negligible matrix effects among
various tourmaline compositions have been
reported by a number of labs (e.g., Büttner and
Kasemann 2007; Drivenes et al. 2015; Ludwig
et al. 2011; Nakano and Nakamura 2001).
However, recently McGregor et al. (2013)
reported difference in instrumental mass frac-
tionation of approximately 5‰ among the Har-
vard reference tourmalines, in addition to a
matrix effect of 4–5‰ for the B-rich silicate
prismatine depending on its Fe content. It is,
therefore, recommended that a range of reference
materials should be analyzed in each laboratory
and during each analytical session (Table 2.2).

Few other minerals have been investigated for
their matrix effect in SIMS (e.g., Pabst et al.
2012), but the growing number of laboratories
that specialize on B isotope studies may lead to
the establishment of a wider range of reference
materials. For the analysis of carbonates, a
characterized standard of inorganic calcite and a
Porites coral sample are in use for mass frac-
tionation correction; the latter has been analyzed
by NTIMS and MC-ICP-MS (Kasemann et al.
2009; Table 2.2).

2.3.2.2 Laser Ablation Inductively
Coupled Mass
Spectrometry

The rapid growth in the adoption of MC-ICPMS
for isotopic analysis stems partly from the utility
of the plasma interface, as it is able to efficiently
ionize both wet and dry aerosols (Halliday et al.
1998). This allows the direct coupling of the
MC-ICPMS with a laser ablation (LA) system for
high spatial resolution sample introduction.
Shortly after the first applications of solution
mode MC-ICPMS for boron isotope analysis
(e.g., Lecuyer et al. 2002), LA-MC-ICPMS was
applied to the in situ determination of d11B (le

Roux et al. 2004). As with solution-mode
MC-ICPMS, there has been a resurgence in
recent years, following the enhanced analytical
sensitivity and mass fractionation stability of the
latest generation of MC-ICPMS. Several studies
now report precise (<1‰ at 95% confidence)
d11B in high boron matrices like tourmaline (e.g.,
Hou et al. 2010; Martin et al. 2015; Ribeiro da
Costa et al. 2014) and low boron matrices such as
biogenic CaCO3 with a spatial resolution of
<100 lm (Fietzke et al. 2010; Yang et al. 2015).
Although, as with the other approaches discussed
here, demonstrating accuracy is challenging and
requires the use of an appropriate standards and
reference materials (e.g., Devulder et al. 2015;
Table 2.2).

The LA-MC-ICPMS introduction system is
very flexible allowing for a diverse range of
sample sizes and types to be analysed, and is
relatively rapid (1 sample every 2–5 min).
However, despite this utility the sample/spot size
of LA-MC-ICPMS is still larger than is achiev-
able with SIMS. Focusing of the laser beam on
the surface of the sample is not thought to be
critical (Thil et al. 2016) so a high degree of
polish on the sectioned sample is not necessary.
As with all boron isotopic analytical techniques,
blank contamination can however be an issue and
many studies do a pre-analysis ablation to clean
the surface of the sample immediately prior to
analysis (e.g., Fietzke et al. 2010).

For most applications NIST 610 (356 µg/g B)
or NIST 612 (34.7 µg/g B) are used to correct for
machine induced isotopic fractionation
(Table 2.2) through a sample-standard bracket-
ing routine (e.g., Fietzke et al. 2010). The
importance of matrix matching sample and
standard is currently unclear, with some studies
reporting that there is no need (e.g., Fietzke et al.
2010; Hou et al. 2010) but others suggesting
corrections of >2‰ are required if NIST glasses
are used for sample-standard bracketing of
CaCO3 matrixes (e.g., Thil et al. 2016). This
debate is well illustrated for tourmaline, for
which Mikova et al. (2014) proposed that varia-
tions in major element chemistry were sufficient
to impart significant matrix effects, whereas
Ribeiro da Costa et al. (2014) reported no
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significant matrix dependence for 18 tourmaline
samples covering a d11B range of −24.5 to
+3.2‰ as determined by PTIMS (Palmer and
Slack 1989). Indeed, in Ribeiro da Costa et al.
(2014) the average deviation between solution
and laser ablation was only 0.7% (maximum
deviation of 2.3%; 15 of the 18 analyses differed
by <1‰), despite the differences in sample size:
the TIMS technique involved analysis of the total
B extracted from multiple grains of tourmaline
sometimes showing evidence of optical and iso-
topic zoning, whereas the LA-MC-ICPMS tech-
nique only analyses a small portion of individual
tourmaline grains (using a 25 lm spot rastered
over 100–200 lm).

Despite some difficulties, the advantage of the
high spatial resolution and relatively quick
throughput makes LA-MC-ICPMS analysis of
d11B an attractive technique, albeit one where
accuracy and precision approaching the bulk
methods is a significant challenge.

2.4 Summary and Outlook

The last 20 years or so have seen the interest and
application of stable isotope systems to key
problems in the Earth sciences grow at a phe-
nomenal rate. The stable isotopes of boron have a
long history in this regard but analytical diffi-
culties have always made the analysis of the
11B/10B ratio difficult and hard won. There are,
however, a wealth of sample preparation, diges-
tion, purification and analytical techniques
available that allow for the analysis of boron at a
wide range of scales and from a plethora of
sample types (Table 2.1; Fig. 2.1). Given the
ever wider proliferation of MC-ICPMS technol-
ogy and the suitability of this technique for both
bulk and in situ analysis, along with the instal-
lation of large-radius ion probes with high
transmission in a number of laboratories world-
wide, we are in no doubt that the years to come
will continue to see a growth in the application
and utility of boron isotopes. This, along with the
continued growth in interest in boron isotopes in
general, will lead to the establishment of new

standards and quality control materials for in situ
and solid B isotope analyses.
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3Boron Isotope Fractionation Among
Vapor–Liquids–Solids–Melts:
Experiments and Atomistic Modeling

Piotr M. Kowalski and Bernd Wunder

Abstract
A quantitative understanding of the principle factors that govern their
geochemical behavior is required to employ boron and its isotopes as
geochemical tracers of any vapor-, liquid- or melt-mediated process in the
Earth’s interior. Feedback between experiments and computational
predictions are required to gain insight into the processes driving isotope
partitioning. This chapter comprises methods and results of selected
experimental studies and first principles atomistic modeling techniques
aimed at determining and predicting temperature-, pressure-, and
pH-dependent B-isotope fractionation among B-bearing geomaterials.

3.1 Introduction

One of the fundamental tasks in Geosciences is
unraveling the transport of Earth’s materials and
their interactions with the dynamic, evolving
Earth system. For any sophisticated description
of geochemical cycles, knowledge of the distri-
bution of elements and isotopes among geoma-
terials is a prerequisite to understand the

underlying mechanisms and laws that govern
their interactions. The light element boron is
highly fluid-mobile and tends to strongly parti-
tion into the fluid phase during fluid-rock inter-
action processes (e.g., Mottl and Holland 1978).
The two stable isotopes, 10B and 11B, differ in
their atomic mass by 10%. Consequently, boron
isotopes strongly fractionate during geological
processes, thereby leading to natural d11B-var-
iations of about 100‰ (Barth 1993; Palmer and
Swihart 2002). Therefore, B isotopes have great
potential for modeling geochemical cycles and
are widely used as geochemical tracers to unravel
processes operating at the surface, as well as in
the deeper crust and mantle (e.g., Leeman and
Sisson 2002; Palmer and Swihart 2002).

Arc magmas, for example, are typically enri-
ched in B relative to fresh mid-ocean ridge
basalts and mantle (e.g., Ryan and Langmuir
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1993). In addition, the boron concentration in arc
magmas often systematically decreases with
increasing distance to the underlying old and
cold subducting plates (e.g., Rosner et al. 2003).
This indicates continuous dehydration within
these slabs during the breakdown of (OH, B)-
bearing minerals (e.g., micas, serpentine) with
increasing depth. Furthermore, 11B preferentially
fractionates into hydrous fluids relative to the
co-existing minerals, and arc magmas are suc-
cessively depleted in the heavy 11B with pro-
gressing subduction (e.g., Ishikawa and
Nakamura 1994). Both observations indicate that
B is transported from subducted sediments
and/or altered oceanic crust into the magma’s
source region by a fluid or melt. As those
reservoirs show different B concentrations and
d11B-values (Palmer and Swihart 2002), B and
its isotopes are ideal geochemical tracers for
tracking the source and to quantify the mass flux
from the slab into the mantle wedge and finally to
the surface. Details of a large body of work on
this topic are presented in this book (De Hoog
and Savov 2017).

Another important natural process, which
strongly fractionates B isotopes, is the interaction
of seawater with various solid marine compo-
nents (e.g., biogenic carbonates, clays, oxides) at
near surface conditions. The isotopic composi-
tion of seawater is governed by the B isotope
exchange between the two main aqueous
B-species, B(OH)3 and [B(OH)4]

−, which can be
expressed as:

10B OHð Þ3 þ 11B OHð Þ4
� ��

$ 11 B OHð Þ3 þ 10B OHð Þ4
� ��

: ð3:1Þ

This reaction in turn controls the isotopic
composition of geomaterials in contact with sea-
water through fractionation during surface
adsorption and/or a structural exchange mecha-
nism. As the B-isotopic fractionation factor awith

a ¼ 11B OHð Þ3= 10B OHð Þ4
� ��� �

= 11B OHð Þ4
� ��

=10B OHð Þ3
� � ð3:2Þ

strongly depends on pH, paleo-pH values of
seawater can be reconstructed from the
B-isotopic composition of biogenic carbonates in
marine sediments (e.g., Hemming and Hanson
1992; Spivack et al. 1993; Gaillardet and Allègre
1995; Sanyal et al. 1995; Palmer et al. 1998).
Three chapters within this book (Branson 2017;
Rae 2017; McCulloch 2017).

The use of such carbonate archives is a key to
the understanding of past and present climate
changes (e.g., Lea 2003), whereas the first
example is used to expand geochemical models
in subduction-zone regimes (e.g., Marschall et al.
2007; Konrad-Schmolke and Halama 2014).
Both, either require the assumption of isotope
equilibrium or quantitative knowledge of pH-,
temperature-, and pressure-dependent equilib-
rium B-isotope fractionation among the various
phases of interest in order to identify
disequilibrium.

The establishment of B-isotope fractionation
data has progressed via two different routes,
namely by laboratory experiments and by com-
putational modeling. In the first part of this
chapter, we present methods and results from
selected experimental studies, designed to deter-
mine B-isotopic fractionation data at low to high
temperatures in the systems vapor–liquids–
solids–melts. In the second part, we present the
modeling methodology behind the first-principles
simulation approach to the ab initio prediction of
equilibrium isotope fractionation between phases
at high temperatures and pressures recently
developed by Kowalski and Jahn (2011) and
Kowalski et al. (2013). For various systems and
conditions, B-isotopic fractionation data are cal-
culated and compared with results from the
experimental studies.

3.2 Notations

The B-isotope composition of a phase is gener-
ally given as per mil variations relative to the B
isotopic standard NIST 951 boric acid according
to
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d11B ¼ 11B=10B
� �

phase

�	

= 11B=10B
� �

NIST SRM 951

i
� 1

o
� 1000

ð3:3Þ

For the B-isotopic exchange reaction

10Bphase 1 þ 11Bphase 2 $11 Bphase 1 þ 10Bphase 2;

ð3:4Þ

the B-isotopic fractionation between two phases
is denoted by the isotopic fractionation factor a,
an equilibrium coefficient defined as:

a ¼ 11Bphase 1=
10Bphase2

� �
= 11Bphase 1=

10Bphase 2

� �
;

ð3:5Þ

or as:

D11Bphase 1�phase 2 ffi d11Bphase 1�d11Bphase 2:

ð3:6Þ

The a factor, rather than D11B, is used in
thermodynamic modeling of isotopic fractiona-
tion because a is equal to the equilibrium con-
stant (K) in the Gibbs free energy equation

DG ffi DH � TDS ¼ �RT lna ð3:7Þ

of the exchange reaction, with DG (Gibbs free
energy), DH (reaction enthalpy), DS (entropy), R
(universal gas constant), and T (temperature). For
ideal gas reactions, ln K follows*1/T (in kelvin)
for phases containing hydroxyl groups, at low
temperatures (below room temperature) and is
roughly proportional to 1/T2 at high temperatures
relevant for geological environments.

The isotopic fractionation factors D11B and a
are related by:

D11B ffi 1000 � lna. ð3:8Þ

Only for strong isotopic fractionation and
large d11B-values the approximation (3.8) does
not match within the range of experimental

uncertainties of d11B (see later). Combining Eqs.
3.6 and Eq. (3.8), the isotope fractionation factor
a, expressed in terms of d11B, is defined as:

a ffi ð1000þ d11Bphase 1Þ=ð1000 þ d11Bphase 2Þ:
ð3:9Þ

3.3 Controls of B-Isotopic
Fractionation

Due to the rather low experimentally derived
diffusivities of B in melts of haplogranitic com-
positions (Chakroborty et al. 1993), it can be
assumed that kinetic B-isotope exchange is
insignificant at melt-crystallization temperatures.
This is in strong contrast to the behavior of
lithium and its isotopes, for which significant
kinetic isotopic fractionation is observed at
temperatures above 800 °C (Dohmen et al.
2010). Owing to the limited amount of experi-
mental data on high-T diffusion-induced
B-isotope fractionation—which strongly awaits
further future high-temperature studies—
B-isotope fractionation is regarded here as solely
resulting from low-T surface adsorption pro-
cesses (e.g., smectites) and from equilibrium
isotope exchange. Generally, equilibrium iso-
topic fractionation is driven by differences in the
chemical potentials between coexisting phases,
which may be represented by the energetic dif-
ferences in the respective bonding environments.
Equilibrium isotope fractionation usually
decreases as temperature increases, following the
approximation ln a * 1/T2. For many solid–
solid or solid–fluid systems, it has been shown
experimentally and by modeling that isotopic
fractionation between two phases follows a
simple rule: the lighter isotope is preferentially
incorporated in the phase where it is at higher
coordination. This is accompanied with longer
cation-anion bond lengths and weaker bond
strength (e.g., Zheng 1993; Schauble 2004;
Wunder et al. 2006). Owed to its small ionic
radius ([3]r = 0.01Å, [4]r = 0.11Å after Shannon
1976) B occurs either in trigonal or tetrahedral
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coordination with oxygen, whereby 11B prefers
trigonal coordination and 10B the tetrahedral
coordination (Palmer and Swihart 2002). In
addition to the concept of coordination-driven
isotope fractionation there is also significant
isotopic fractionation between phases of the same
coordination, e.g., tourmaline—boric acid (Pal-
mer et al. 1992; Meyer et al. 2008) both with
trigonal B-coordination (some tourmaline also
have [4]B, see later). This indicates that beside the
often as “first-order criteria” defined coordination
rule, also second-order effects, like differences in
bond strengths, geometries, energetics, and
electronic environments of the local atomic
structures of different phases have to be consid-
ered. Therefore, structural characterisation of the
B-environment in all phases of interest is a pre-
requisite for the understanding of the principle
mechanism and for reliable modeling of
B-isotope fractionation in the different systems.

3.4 B-Speciation in Liquids, Vapor,
and Melts

3.4.1 B-Speciation in Aqueous Fluids

B in seawater mainly forms two aqueous species
which are in a pH-dependent equilibrium
(Eq. 3.1): the neutral trigonal boric acid B(OH)3
and the larger tetrahedral borate anion [B(OH)4]

−

(Hershey et al. 1986). At atmospheric conditions,
the predominant B species is B(OH)3 at low pH
and [B(OH)4]

− at high pH (Vengosh et al. 1991;
Sanchez-Valle et al. 2005). At high aqueous
B-concentrations (>0.5 mol/L) other minor B
species may be present, e.g., polyborates and
borates NaB(OH)4, [MgB(OH)4]

+, [CaB(OH)4]
+

(Christ and Harder 1978), and [B3O3(OH)4]
−,

[B3O3(OH)5]
2− (Kakihana et al. 1977). Hershey

et al. (1986) determined the fraction of B(OH)3
and [B(OH)4]

− species present at ambient con-
ditions as a function of pH. For determination of
aqueous B-species in crustal and mantle wedge
fluids, Schmidt et al. (2005) studied B-bearing
fluids of various compositions in situ at temper-
atures between 22 and 600 °C and pressures
from 0.1 MPa to about 2 GPa using Raman

spectroscopy and an externally heated
hydrothermal diamond anvil cell (Fig. 3.1a). In
acidic fluids, they found B(OH)3 as the main
species with traces of HBO2, whose amount
weakly increases with temperature and decreases
with the addition of NaCl (Fig. 3.1b, e). In
alkaline solutions, ring-like polyboric ions
[B3O3(OH)4]

−, [B4O5(OH)4]
2−, [B5O6(OH)4]

−,
which occur together with B(OH)3 and [B
(OH)4]

− at low pressures and temperatures,
completely depolymerise with inceasing tem-
perature, and the amount of B(OH)3 increases
relative to [B(OH)4]

− (Fig. 3.1c,d). In basic
fluids, the [B(OH)4]

− to B(OH)3 ratio increases
with increasing pressure.

In summary, Schmidt et al. (2005) showed that
B(OH)3 is the predominant aqueous B-species
over a wide range of pressure-temperature-pH
conditions in slab-related fluids and that the
aqueous [B(OH)4]

− species may become more
important in near-neutral to basic fluids at greater
depth. Full quantification of the relative propor-
tions of the different B-species from the Raman
spectra (Schmidt et al. 2005) would require
scattering coefficients of individual species,
which are not readily available. Additionally, the
aqueous B-species are completely unknown for
temperatures above 600 °C and pressures above
2.0 GPa. These are shortcomings, when model-
ing high pressure and temperature B-isotope
fractionation (see later). It should also be kept in
mind that due to the high fluid solubilities of
alkalis, Si, Al and particularly light elements like
Li and Be at high pressures and temperatures
(Manning 2004), natural fluids might exhibit
other B-species associated with the fluid-
compatible elements, more complex than boric
acid and the anionic tetrahedral borate.

3.4.2 Boron Speciation in Vapor

To the best of our knowledge, no direct mea-
surements of B-species in vapor are available.
Speculations about B speciation in vapor are
based on experimental data on B-isotopic vapor -
liquid fractionation determined in the T-range
400–450 °C for seawater-like H2O–NaCl model
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(a)

(b)

(d) (e)

(c)

Fig. 3.1 a Schematic diagram of the central portion (not to
scale) of an externally heated hydrothermal diamond anvil
cell (courtesy of Christian Schmidt, GFZ Potsdam). In situ
Raman spectra of fluids for three different systems:
b H2O + H3BO3; c, d H2O + Na2B4O7; e H2O + H3BO3 +

NaCl (modified after Schmidt et al. 2005). Additionally, the
structures of the various B-species dissolved in fluids are
shown (green boron; red oxygen; blue hydrogen) according
to Liu and Tossel (2005)
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systems at near-neutral pH conditions (see
below, Spivack et al. 1990; Liebscher et al.
2005). The D11Bvapor-liquid-values are small;
hence, due to the coordination rule, this suggests
similar B(OH)3-speciation in the conjugated
aqueous fluid and vapor pairs at the experimental
conditions. It is furthermore assumed that B in
vapor exhibits the same pH-dependent charac-
teristics as in aqueous fluids: B(OH)3 is pre-
dominant at acidic to neutral conditions, while [B
(OH)4]

− is only significantly abundant at strongly
basic pH. In the system H2O–NaCl, the hydrol-
ysis reaction H2O + NaCl = HCl + NaOH
exerts control on the pH. At ambient conditions
hydrolysis is small and H2O–NaCl solutions
have near neutral pH. At higher temperatures the
concentrations of HCl and NaCl increase. In
liquid–vapor systems HCl fractionates into the
vapor and the conjugated liquid becomes slightly
enriched in NaOH (Shumolvich et al. 2002).
Consequently, according to Vakulenko et al.
(1989) at 390–470 °C, and 21.7–35.5 MPa, the
vapor becomes more acidic (quench pH = 5–6)
and the liquid more basic (quench pH = 8–9).
This process may influence the boron speciation
of the liquid to contain slightly more [B(OH)4]

−

than the coexisting vapor (see later Chap. 5.1).

3.4.3 Boron Speciation in Melt

Boron is only a minor component in natural
magmas, but can be significantly enriched by
several weight percent of B2O3 in S-type granites
evolved from evaporitic metasediments (Picha-
vant et al. 1988), or during late magmatic or
pegmatitic stages of granitic intrusions (e.g.,
London 1997; Thomas et al. 2003). These stages
are known to be associated with highly complex
internal processes, which may involve more than
one phase, i.e., by separation of immiscible sil-
ica- and (hydrous) borate-rich liquids (Thomas
et al. 2000; Veksler et al. 2002; see also Trum-
bull and Slack 2017, this book). Boron is the
smallest of the network-forming cations in glas-
ses and melts with a high ionic charge. It strongly
affects the physical and chemical properties in
melts (e.g., glass transition temperature Tg,

density, thermal expansion coefficient) and
therefore has also broad applications in the glass
industry (e.g., Scholze 1988). Information on
B-speciation in melts and glasses come from
neutron diffraction, infrared (IR), Raman, and
nuclear magnetic resonance (NMR) spec-
troscopy. In borosilicate melts and glasses two
distinct structural units of boron exist:
quasi-planar [BO3]

3− triangles and [BO4]
5−

tetrahedra. Both species tend to polymerise and
form numerous combinations with
network-forming components, i.e., [SiO4]

4−,
[AlO4]

5−. The proportions of 3- and 4-fold
coordinations in melts and glasses depend on
several factors including composition (e.g., Gei-
singer et al. 1988; Zhong and Bray 1989; Sch-
midt et al. 2004; Wu and Stebbins 2013),
temperature (e.g., Smirnov et al. 2005; Manara
et al. 2009; Wu and Stebbins 2010, 2013), and
pressure (e.g., Schmidt et al. 2004; Edwards et al.
2014). Furthermore, the fraction of tetrahedral B
significantly increases below the glass transition
temperature (Michel et al. 2013). The structural
modification during quenching of a B-rich sili-
cate melt changes B from a network-modifier to a
network-forming cation, and might explain the
low viscosity of B-bearing melts. As the glass
transition temperature depends on the cooling
rate, the latter also affects the B-coordination. In
binary alkali borate melts the addition of up to
35 mol% alkali oxide to a B2O3-glass results in a
decrease of the [3]B/[4]B-ratio (Bray and O’Keefe
1963; Zhong and Bray 1989). At higher alkali
contents tetrahedral diborate-complexes depoly-
merise again and form trigonal B, which is
coordinated by one nonbridging oxygen
(NBO) with an associated alkali cation. For
glasses along the albite (Ab, NaAlSi3O8)—
reedmergnerite (Rd, NaBSi3O8) join, the [BO3]/
[BO4]-ratio increases from about 0.3 for an
Al-free Rd-glass to 0.6 for a glass of Ab80Rd20-
composition (Geisinger et al. 1988). This indi-
cates that the presence of Al destabilizes the
tetrahedral B units. This trend of an increasing
[3]B/[4]B-ratio was also determined for anhydrous
melts of increasing A/CNK-value (A = Al2O3;
CNK = sum of oxides of charge-balancing
cations like CaO, Na2O, K2O; all in mole)
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varying from peralkaline (A/CNK < 1) to pera-
luminous (A/CNK > 1) compositions. Addition-
ally, increasing temperature shifts the reaction
[BO4] $ [BO3] + NBO to the right (Wu and
Stebbins 2010, 2013). Anhydrous boroalumi-
nosilicate glasses synthesized at ambient pressure
contain about 2% of tetrahedral species, the
amount of which increases to approximately 6%
upon hydration with 4.4 wt% water (Schmidt
et al. 2004). In the same study, anhydrous glasses
synthesized at 1.0 and 2.0 GPa have increased
fractions of tetrahedral [BO4] to 3 and 7,
respectively. Spectroscopic measurements of B
speciation in three natural rhyolite glasses by
Tonarini et al. (2003) revealed 74–92% of B in
trigonal sites. Using a highly sophisticated in situ
method of high-pressure 11B NMR spectroscopy,
Edwards et al. (2014) studied the trigonal [BO3]
to tetrahedral [BO4] conversion in B-bearing
glasses with increasing pressure, and found that
the coordination change proceeds via a trigonal
bipyramid as precursor phase.

In summary, in natural melts, the amount of
tetrahedral boron units is generally small and
only slightly increases with higher water content,
increasing amounts of alkalis, or at high pressure
and low temperature, which might be relevant for
the melts of deeply subducted young slabs.

3.5 Experimental Determination
of B-Isotope Fractionation

Here we present methods and some examples on
the experimental determination of B-isotope
fractionation between different phases. Firstly,
we résumé experimental studies on vapor–liq-
uid–melt fractionation at medium to high tem-
peratures. A clear distinction needs to be made
between diffusive fractionation at the crystal
surface, which often represents disequilibrium,
and equilibrium exchange due to bulk processes.
We, thus, divide the second section of mineral–
fluid fractionation into two different parts:
(1) solid–aqueous fluid fractionation related to
surface B adsorption at low temperatures, and

(2) equilibrium solid–fluid fractionation at med-
ium to high temperatures.

3.5.1 Vapor–Liquid–Melt Boron
Isotope Fractionation

3.5.1.1 Vapor–Liquid Boron Isotope
Fractionation

The B concentration and B-isotopic composition
of natural hydrothermal fluids may be altered by
various processes, including vapor–liquid sepa-
ration. Numerous studies on fluid inclusions
(e.g., Roedder 1979; Reynolds and Beane 1985;
Hedenquist et al. 1998) have confirmed that liq-
uid brines and low-density vapor can coexist
across large sections through the altered oceanic
crust and also around shallow crustal plutons.
The distribution of B between coexisting liquid
and vapor has been described for several natural
geothermal systems (Smith et al. 1987; Chiodini
et al. 1988; Glover 1988; Leeman et al. 1992). At
low temperatures B fractionates preferentially
into the liquid. DB

liquid/vapor and CB
liquid/CB

vapor

decreases with temperature and varies from
*100 to*10 between 100 and 300 °C (Leeman
et al. 1992), and approaches unity at around
450 °C, 34–38 MPa (Spivack et al. 1990). At
T > 500 °C B fractionates into the vapor phase
with DB

liquid/vapor = 0.84 at 528 °C, 57 MPa
(Audétat et al. 1998) and 0.2 at 800 °C, 100 MPa
(Schatz et al. 2004).

Investigating the dependence of DB
liquid/vapor

on pressure and salinity and for determination of
B-isotope fractionation between liquid and vapor
at subcritical conditions, Liebscher et al. (2005)
conducted experiments in a large-volume Ti
autoclave (Fig. 3.2a), which enabled
quasi-isobaric recovery of coexisting liquid and
vapor. Liquid and vapor pairs were analyzed
separately by ICP-AES for Na and B and by
positive thermal ionization mass spectroscopy
(p-TIMS) for their B isotopic composition.
Experiments were performed in the system H2O–
NaCl–B2O3 along the 400 and 450 °C isotherms,
ranging from 23 to 28 MPa and from 38 to
42 MPa, respectively. The starting fluids had a
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neutral pH (at room temperature), contained
200 lg/g B of natural seawater isotopic compo-
sition (*39.5‰), and NaCl concentrations that
correspond to the composition at the critical
point of the respective isotherms. Boron liquid–
vapor fractionation is generally small and
increases from 1.0 at the critical points with

increasing opening of the H2O–NaCl solvus
(Fig. 3.2b). The maximum values at extrapolated
salt saturated conditions are DB

liquid/vapor = 2.7 (at
400 °C) and 1.8 (at 450 °C).

B-isotope compositions of coexisting vapor
and liquid from natural geothermal systems
induced by phase separation at 170–260 °C were

(a) (b)

(c)

(d)

Fig. 3.2 Experimental data on vapor–liquid fractionation
of B and its isotopes in the system H2O–NaCl–B2O3 at
high-salinity conditions according to Liebscher et al.
(2005). a Schematic drawing of a large-volume
Ti-autoclave to extract immiscible fluids; b B concentra-
tion in coexisting vapor–liquid pairs along the 450 and
400 °C isotherms; c B isotope fraction between coexisting
vapor and liquid along the 450 and 400 °C isotherms,

with additional low-salinity data (green symbols) of
Spivack et al. (1990); d extrapolation of derived D11Bva-

por-liquid at 450 and 400 °C to salt-saturated conditions as a
function of the distance to the critical pressure. For
comparison, vapor–liquid Li-isotopic fractionation data
are also shown (Liebscher et al. 2007). All figures are
modified after Liebscher et al. (2005)
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studied by Leeman et al. (1992). They deter-
mined D11Bvapor-liquid in the range of about 1–
3‰, with more pronounced 11B-enrichment in
the vapor phase at low temperatures. In experi-
ments within systems of high salinity described
above (Liebscher et al. 2005), B-isotope frac-
tionation between vapor and liquid always yiel-
ded fractionation of 11B into the vapor phase,
analogous to data from the natural systems
(Leeman et al. 1992). However, the experimen-
tally derived D11Bvapor-liquid values are smaller
and range from +0.2(± 0.7) to +0.9(± 0.5)‰ at
450 °C and from +0.1(± 0.6) to +0.7(± 0.6)‰
at 400 °C (Fig. 3.2c), without any obvious T-
effect on D11Bvapor-liquid. At extrapolated
salt-saturated conditions, calculations resulted in
D11Bvapor-liquid values of +1.5(± 0.7)‰ at 450 °
C and +1.3(± 0.6)‰ at 400 °C (Fig. 3.2d). The
experimental data perhaps indicate an increase of
vapor - liquid B-isotope fractionation with
decreasing pressure during increasing opening of
the solvus (Fig. 3.2c). The same trend of an
increasingly positive isotope fractionation with
opening of the solvus was also observed for
vapor–fluid (Fig. 3.2d) from experiments in the
system LiCl–H2O at 400 °C/20–28 MPa (Lieb-
scher et al. 2007). The weak B-isotopic frac-
tionation suggests a similar trigonal speciation of
B in vapor and the liquid. Increasing fractiona-
tion might be explained by a slight increase of
the [B(OH)4]

− species in the liquid with
decreasing pressure (Liebscher et al. 2005) as the
pH of the liquid relative to that of the conjugated
vapor increases (Vakulenko et al. 1989, see
above Chap. 4.1). From these experimental
results it was concluded that fluid phase separa-
tion is able to significantly alter the B isotope
signature of hydrous fluids in open hydrothermal
systems. However, due to the low value of
D11Bvapor-liquid, processes other than vapor–liquid
separation might dominate the B isotope geo-
chemistry in oceanic hydrothermal fluids (Lieb-
scher et al. 2005). The B-isotope vapor–liquid
fractionation data for high-salinity brines (Lieb-
scher et al. 2005) slightly differ from D11Bva-

por-liquid values determined for low-salinity
vapor–fluid systems near the critical point
(Fig. 3.2c) of seawater in an earlier experimental

study (Spivack et al. 1990). They found that
D11Bvapor-liquid = + 0.4(± 0.7)‰ (at 34.6 MPa,
425 °C) and −0.4(± 0.7)‰ at 37.9 MPa, 450 °
C, which suggests that within the analytical and
experimental uncertainties, the fractionation is
negligible (Spivack et al. 1990). Thus Spivack
et al. (1990) concluded that phase separation in
high-temperature geothermal systems is unlikely
to have a significant effect on the B-isotopic
composition of liquid and vapor.

3.5.1.2 Aqueous Fluid–Melt B-Isotope
Fractionation

Hervig et al. (2002) have experimentally inves-
tigated B-isotope fractionation between hydrous
fluids and silicate melt of basaltic and rhyolitic
composition over a pressure–temperature range
of 110–500 MPa, 750–1100 °C, which are con-
ditions above the critical point; thus the fluid is
defined here as including gas and liquid. The
experiments were performed in a piston-cylinder
press and an internally heated rapid-quench
hydrothermal apparatus, using B-bearing glass
chips (containing approximately 2000 lg/g B)
and water in a 1:1 ratio as starting materials,
sealed in Au or AuPd capsules. The B concen-
tration and B-isotopic composition of the starting
and run-product glasses were analyzed by sec-
ondary ion mass spectrometry (SIMS); B con-
tents and d11Bfluid of coexisting fluids were
calculated by mass balance considerations.

The partitioning of B between coexisting fluid
and melt (DB

fluid/melt) is 0.33–0.54 at 950–1100 °
C, 110–170 MPa for the system fluid–basaltic
melt and 1.19–1.20 at 750–850 °C, 500 MPa for
fluid–rhyolitic melt. All experiments on
B-isotopic fractionation between melt and aque-
ous fluid (D11Bmelt-fluid) showed significant pref-
erential partitioning of 11B into the hydrous fluid
over the silicate melts. For the basaltic system,
D11Bmelt-fluid values were determined to be: −5.2
(± 1.6)‰ (at 950 °C, 140 MPa), −3.6(± 2.0)‰
(at 1080 °C, 110 MPa), −1.3(± 3.4)‰ (at
1100 °C, 170 MPa); and for the rhyolitic system:
−7.1(± 2.0)‰ (at 750 °C, 500 MPa) and −4.4
(± 2.0)‰ (at 850 °C, 500 MPa). Extrapolating
these D11Bmelt-fluid values to low temperatures,
the extent of melt–fluid B-isotope fractionation
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corresponds to that known for the B-isotope
fractionation between the 4- and 3-fold coordi-
nated phases illite–fluid (Williams et al. 2001)
and mica–fluid, respectively (Wunder et al. 2005,
see also later Fig. 3.10). Therefore, Hervig et al.
(2002) concluded that the large D11Bmelt-fluid

results from significant differences in B coordi-
nation between the two coexisting phases, i.e.,
that B mostly exists as tetrahedral [BO4] in the
melts and as trigonal B(OH)3 species in the
fluids. However, this is in contradiction to the
accepted understanding described above
(Sect. 3.4.3), in which [BO3] is the predominant
B species in melts, particularly in peraluminous
rhyolitic compositions, which have at most 26%
of the B at tetrahedral sites, as determined for
rhyolitic glasses (Tonarini et al. 2003); corre-
sponding rhyolitic melts are expected to have an
even lower proportion of [BO4]. Therefore, the
rational of the strong B-isotopic melt–fluid frac-
tionation at magmatic temperatures observed in
the experimental study of Hervig et al. (2002) is
not fully understood. Future experimental studies
should be completed, for example, to investigate
possible kinetically driven B-isotopic fractiona-
tion processes, which are known to be significant
for lithium and its isotopes (Tomascak et al.
2016).

3.5.2 Solid–Fluid B-Isotope
Fractionation

3.5.2.1 Low-Temperature Solid–
Aqueous Fluid B-Isotope
Fractionation

Diffusive reequilibration of solids with an iso-
topically distinct B-bearing aqueous fluid is the
usual approach to study low-temperature solid–
fluid B-isotope fractionation. In most of these
exchange experiments, B is added to the solid in
a combination of (1) weak adsorption to the
mineral’s surface and to interlayer positions (in
clay minerals) and/or (2) boron incorporation at
distinct structural positions by coupled substitu-
tions. The adsorption of weakly bonded B spe-
cies strongly depends on fluid-pH and charge of
the surface. It is therefore essential to

characterize the reaction mechanism during
adsorption of dissolved boron, for understanding
B-isotope fractionation in low-T regimes.

Carbonate–Fluid B-Isotope Fractionation
In many studies, the low-temperature B-isotope
fractionation in the system carbonate–fluid has
been attributed to the exclusive adsorption of the
charged borate ion [B(OH)4]

− (e.g., Hemming
et al. 1995; Sanyal et al. 2000). Some more
recent results suggest more complex schemes of
adsorption (Tossel 2006; Klochko et al. 2009):
after surface adsorption of B(OH)3 and/or
[B(OH)4]

− (stage 1), reaction of the two B spe-
cies with HCO3

− proceeds in an intermediate
stage forming an amorphous carbonate surface
layer (stage 2); structural incorporation of trigo-
nal and/or tetrahedral species is completed in the
final stage 3.

Boron is reported as a typical trace element in
natural carbonates, with concentrations in the
order of *1 to *100 lg/g (e.g., Furst et al.
1976; Vengosh et al. 1989; Hemming and Han-
son 1992; Branson 2017; Marschall 2017, this
book). Low-temperature experiments indicate
that at ambient conditions and near neutral pH, B
uptake by aragonite is greater by a factor of 3–5
compared to calcite; additionally, the presence of
Mg in the parent solution results in an increased
B incorporation into calcite compared to Mg-free
solutions (Hemming et al. 1995). Experiments by
Sanyal et al. (2000) yielded an increased incor-
poration of B into calcite with increasing pH,
whichwas explained by greater [B(OH)4]

−uptake,
due to the increased [B(OH)4]

−/B(OH)3−ratio in
the more basic fluids. 11B MAS NMR investiga-
tions of Sen et al. (1994) show that in synthetic
calcite boron occurs principally in trigonal coor-
dination, whereas it is tetrahedrally coordinated in
synthetic aragonite. For calcite it was assumed that
[BO3]

3− replaces [CO3]
2− in a coupled substitu-

tion; on the other hand, the structural role of
[BO4]

5− in aragonite was ambiguous (Sen et al.
1994). These results are contrasted by
NMR-investigations ofKlochko et al. (2009), who
observed mixtures of trigonally and tetrahedrally
coordinated B in almost equal abundances in both
natural biogenic calcite and aragonite. In a
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calcite-aragonite co-precipitation study under
controlled pH (7.4–9.5), temperature (5–25 °C)
and precipitation rate, Mavromatis et al. (2015)
showed with 11BMASNMR that B in aragonite is
mostly (� 85%) tetrahedrally coordinated. In
contrast, proportions of trigonally and tetrahe-
drally coordinated B are highly variable in cal-
cite, with the amount of [4]B increasing with
precipitation rate. These data indicate that
adsorbed surface [B(OH)4]

− mostly preserves its
coordination upon structural incorporation into
aragonite, but can undergo a structural coordi-
nation change during incorporation into calcite.
Recent first-principles calculations (Belan et al.
2016) indicate substitution of [CO3]

2− anions by
[BO2(OH)]

2− and [B(OH)4]
− groups in calcite,

and mainly by [B(OH)4]
− species in aragonite.

Synchrotron X-ray spectroscopic investigations
clearly show that B is hosted solely as trigonal
BO3 in foraminiferal calcite (Amphistegina les-
sonii) and that B-concentration exhibits banding
on the micrometer length scale (Branson et al.
2015). Using Atomic Force Microscopy (AFM),
Ruiz-Agudo et al. (2012) showed that calcite
growth rates are site-specific and strongly
depend on pH and B supersaturation within the
fluid. For further details see the book chapters by
Branson (2017), Rae (2017), and McCulloch
(2017).

Hemming et al. (1995) were the first to exper-
imentally investigate B-isotopic fractionation
between carbonates and fluids during growth of
synthetic carbonates (calcite, aragonite, (Ca,Mg)-
carbonate) from solutions at ambient pressure–
temperature conditions and a constant pH of
approximately 8. The yielded B-isotopic carbon-
ate–fluid fractionation (D11Bcarbonate-fluid = −16.5
(± 0.7)‰) was indistinguishable among the three
different carbonates, indicating no dependence of
B-isotope fractionation on carbonate structure and
chemistry. The determined D11Bcarbonate-fluid is in
good agreement with B-isotope fractionation
observed between modern marine carbonates and
seawater with an average pH of 8.2 (Hemming and
Hanson 1992). The B-isotopic composition of
carbonate corresponded to that of the calculated

B-isotopic composition of charged [B(OH)4]
−

species in the experimental fluid. Hence, the
experimental data suggest adsorption of [B
(OH)4]

− to the crystal surface combined with
preferential 10B fractionation as the dominant
influence on B uptake in carbonates. Sanyal et al.
(2000) experimentally investigated the depen-
dence of the B-isotopic composition of calcite on
the pH of seawater at ambient pressure and tem-
perature conditions. For the pH-range of 7.9–8.6,
which approximately covers modern and ancient
seawater, B incorporation into calcite strongly
increased with increasing pH (pH = 7.9,
*34 µg/g; pH = 8.3, *48 µg/g; pH = 8.6,
*84 µg/g). The experimental results show a clear
relationship between d11B of precipitated calcite
and the pH of seawater (pH = 7.9, d11B = −20.3
(± 0.3)‰; pH = 8.3, d11B = −17.9(± 0.4)‰;
pH = 8.6, d11B = −14.8(± 0.6)‰). These data
are consistent with former conclusions (Hemming
et al. 1995), determining [B(OH)4]

−as the domi-
nant species adsorbed on the carbonate surface in
contact with seawater. Compared to results from
pH-dependent B-isotope exchange experiments
by cultivation of foraminifera (Orbulina universa)
in contact with seawater (Sanyal et al. 1996), the
B-isotopic fractionation between inorganic calcite
and seawater (Sanyal et al. 2000) is lower by
approximately 1‰, which indicates the presence
of a small biogenic effect on B-isotope carbonate–
seawater fractionation. The extent of such a bio-
genic effect might vary for different biogenic car-
bonate species (Sanyal et al. 1996).

In summary, small changes in the acidity of
the oceans as a result of changing atmospheric
CO2 levels will significantly change the pH with
respect to the proportions of B(OH)3 and [B
(OH)4]

− species dissolved in seawater. From the
experimental studies (Hemming et al. 1995;
Sanyal et al. 1996, 2000), it is obvious that the
B-isotopic composition of carbonates in marine
sediments is a powerful tool to reconstruct
paleo-ocean pH and ultimately past concentra-
tions of atmospheric CO2. However, data on B
coordination in aragonite and calcite are partly
conflicting, which in turn affects the
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interpretation of measured d11B for natural car-
bonates. This calls for further detailed studies on
both structural B incorporation and
surface-related mechanisms of B adsorption to
different carbonates (calcite, aragonite, carbon-
ates of various solid solutions).

Clay Mineral–Fluid B-Isotope Fractionation
Palmer et al. (1987) proposed that incorporation
of B in clay minerals (e.g., illite) is initialized by
adsorption of trigonal B(OH)3 to its surface. In a
second step, which includes B-isotope fraction-
ation, the coordination of the B species changes
from trigonal to pseudo-tetrahedral at the clay’s
surface. During ongoing exchange, the adsorbed
tetrahedral species (enriched in 10B) is then
incorporated into the Al-silicate structure, with-
out further isotope fractionation (Palmer et al.
1987). This concept of adsorption mechanism
has been modified because more recent studies
(e.g., Singh and Mattigod 1992; Goldberg et al.
1996; Williams et al. 2001; Środoň and McCarty
2008) show that adsorption is a function of the
charge density in non-homogenous structures,
such as phyllosilicates, and the temperature- and
pH-dependent mineral’s zero point of charge
(charge density on the surface is zero). Expand-
able clay minerals have different kind of charged
surfaces: edge(+), exterior(−), basal(−), to which
the weak B-adsorption of different aqueous
B-species is strongly dependent on fluid pH. For
example, at low pH (below 7), the hydroxyl-
group of boric acid may absorb to the H+ on the
negatively charged exterior and basal siloxane
surfaces; above pH 7 the anionic species [B
(OH)4]

− should become prominent to adsorb to
the positively charged clay’s edges.

In clastic sediments, B is hosted predomi-
nantly in the clay mineral illite, which can con-
tain orders of magnitude more B (up to several
hundred lg/g) than other common diagenetic
minerals (e.g., smectites, carbonates). Boron in
clays is located at three different structural posi-
tions: (1) at low temperatures <120 °C clay
minerals adsorb B to their surface by weak
bonding (see above); (2) in expanded smectite
minerals boron might also be adsorbed at inter-
layer positions as both trigonal and tetrahedral

species, perhaps reflecting the composition of the
fluid (Williams et al. 2007); (3) in smectite and
illite B substitutes for Si by a coupled substitu-
tion at structural tetrahedral positions within the
layers of the sheet silicates (Spivack and Edmond
1987).

Schwarcz et al. (1969) were the first to study
B-isotope clay–fluid fractionation by B adsorp-
tion on clays during interaction in contact with
synthetic seawater at 23 °C. Fractionation factors
a were calculated to be 0.957–0.963 for rever-
sible and 0.970–0.974 for irreversible adsorption,
respectively. Based on the interpretation of
Schwarcz et al. (1969) that the real adsorption
process is partly reversible, and the observation
that adsorbed B on clays is isotopically light, the
assumption of a pH control on the isotope com-
position of adsorbed B arose. The pH (pH-range:
6.65–8.45) and temperature (T-range: 5–40 °C)
controls over B-isotopic fractionation during B
adsorption from seawater on marine clay-bearing
sediments were studied experimentally by Pal-
mer et al. (1987). In the investigated T-range (at
constant pH) the B-isotope fractionation was
almost invariant; with increasing pH (at constant
temperature) the B-isotope fractionation
decreased as [B(OH)4]

− becomes the dominant
aqueous species (see below, Fig. 3.10). For the
investigated conditions, the clay’s
surface-adsorbed B is 23.4–34.3‰ lighter than
the boron dissolved in the coexisting seawater
(d11B = + 39.61 ± 0.04‰; Foster et al. 2010).
These values are much larger than the adsorption
on carbonates at the same pH and temperature
(Hemming et al. 1995).

According to Williams and Hervig (2005), the
illitization of smectite represents a
dissolution/recrystallization process. The clay
mineral d11B values, therefore, vary during
crystal growth as the fluid B composition or
temperature change (Clauer et al. 2014). Wil-
liams et al. (2001) investigated the B-isotopic
change during illitization of smectite under con-
ditions simulating burial digenesis. Experiments
were performed at 300 and 350 °C at 100 MPa
with smectite as a solid starting material and
B-bearing fluid containing 1000 lg/g B, sealed
in Au-tubes in a hydrothermal apparatus for
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different run-durations of up to 150 days. After
the experiments, the solids were washed in water
and mannitol solution (0.1 N) to facilitate
removal of exterior surface-adsorbed B (Tonarini
et al. 1997). Adsorbed interlayer B was removed
by cation exchange (Moore and Reynolds 1997).
Analyses of the B-isotopic composition of the
solids were done by SIMS and negative Thermal
Ionization Mass Spectrometry (n-TIMS); the
B-isotopic composition of the fluids was not
measured, but determined from mass-balance
calculations. Equilibrium was determined by
monitoring the oxygen isotopes of the mineral
and fluid, as the equilibrium oxygen isotope
fractionation of illite as a function of temperature
is well known (Longstaffe 1987). Since B sub-
stitution requires breaking of Si–O–bonds, it
follows that B is at equilibrium when O is at
equilibrium with the fluid. Williams et al. (2001)
interpreted their results on B isotope clay–fluid
fractionation as follows: during early stages of
smectite recrystallization, aqueous B may be
adsorbed onto the clay’s exterior surfaces and
some may be incorporated into the smecitite’s
interlayer site where the dominant aqueous B
species varies according to the layer charge dis-
tribution. As smectite recrystallizes to illite,
interlayer collapse occurs during ordering (Alta-
ner and Ylagen 1997). Eventually, B is substi-
tuted in tetrahedral sites of illite replacing Si (in
competition with Al3+) in a coupled substitution.
The B-isotopic illite–fluid fractionation of
well-ordered illite resulted in a D11Bil-

lite-fluid = −13‰ (at 350 °C) and −16‰ (at
300 °C). The long-duration experiments repre-
sent fractionation between the trigonal aqueous B
(quench pH of the fluid was 6.0, thus the fluid
mainly contained B(OH)3 species) and structural
tetrahedral B, and is a linear function of tem-
perature. B-isotopic characterization of natural
and synthetic clays with various degrees of
smectite–illite ordering revealed that trigonal
interlayer boron is isotopically heavier than
tetrahedral boron by up to 40‰. Williams et al.
(2007) observed that the intracrystalline
B-isotope fractionation for clays (D11Btetrahe-

dral-interlayer = d11Btetrahedral−d
11Binterlayer) is

strongly dependent on the degree of clay

ordering and thus on the temperature (or reaction
time) of recrystallization. Accordingly, Williams
et al. (2007) proposed a single-mineral geother-
mometer approximated by the equation T (°
C) = (D11Btetrahedral-interlayer + 30)/0.05, which
however, only applies to samples in which the
interlayer B species is in equilibrium with the
silicate (closed system).

Boron-Isotope Fractionation in Other
Low-Temperature Solid–Fluid Systems
Isotopic fractionation between the B(OH)3 and [B
(OH)4]

− species has been studied experimentally
by Kakihana et al. (1977) at low temperatures by
adsorption of B from boric acid solution to an
ion-exchange resin. The results were used for the
theoretical determination of reduced partition
function ratios to calculate B-isotope fractiona-
tion between trigonal and tetrahedral sites. The
calculated fractionation factor a to for Eq. (3.1)
decreases from 1.0206 to 1.0177 for the temper-
ature range 0 to 60 °C, with a (Kakihana et al.
1977). A larger fractionation factor a of 1.028
(± 0.001) at 25 °C was determined experimen-
tally by Byrne et al. (2006) using spectrophoto-
metric absorbance measurements of aqueous
solutions, which is in good agreement with the-
oretical assessments (e.g., Zeebe 2005; Liu and
Tossel 2005; Rustad et al. 2010a, see below).

Oi et al. (1997) found isotopic fractionation
between trigonal and tetrahedral species to vary
between 18 and 22‰ for different kinds of
hydrocarbon-based ion-exchange resins. They
concluded that smaller fractionation results from
the adsorption of some trigonal B-species as well
as the dominant tetrahedral species, with different
resins adsorbing more or less trigonal boron. All
the resins studied were hydrocarbon-based, and
adsorption was assumed to occur via B
(OH)2(OC)2 clusters (Oi et al. 1997).

Synthesis experiments on B-bearing minerals
at the low temperature of 25 °C from aqueous
boric acid–sodium hydroxide solutions at various
pH conditions (Oi et al. 1991) resulted in the
formation of sassolite (B(OH3) at low pH (5.4–
5.9), and borax (Na2(B4O5(OH)4�3H2O) at neu-
tral to high pH (7.4–11.5). B-isotope analyses of
sassolite and water, both containing B in trigonal
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coordination, showed B isotopic fractionation
(D11Bsassolite-fluid = + 4.3‰ at pH = 5.9 and
+0.6‰ at pH = 5.5), with preferential fractiona-
tion of 11B into the solid phase. Analyses of
borax, which contains B in both trigonal and
tetrahedral coordination in equal amounts,
showed significant pH-dependent fractionation
(D11Bborax-fluid = −12.6 to +13.8‰) in the
pH-range 7.0–11.5, with 11B fractionating into
the fluid phase at pH � 8.7 and 11B fractionat-
ing into borax at pH � 10.3 (Oi et al. 1991).

Vengosh et al. (1992) studied B-isotope
variations in brines and coprecipitated salt min-
erals (gypsum, halite) and potassium-magnesium
sulfate minerals during evaporation of seawater
at 25 °C. They found similar B-isotope frac-
tionation data as for smectite–fluid (Palmer et al.
1987), which was interpreted as coprecipitation
of [B(OH)4]

− species with the salts during
evaporation of seawater (see below, Table 3.1
and Fig. 3.10).

Strong pH-dependent B-isotope solid–fluid
fractionation at 25 °C during surface adsorption
was determined by Lemarchand et al. (2007) for
goethite (a-FeOOH): D11Bgoethite-fluid = −40 to
0‰ in the pH-range *8–10 and birnessite
(K0.1MnO2.2�0.9H2O): D

11Bbirnesite-fluid = −15 to
+23‰ in the pH-range *8–10.8. Maximum
boron adsorption on both of the hydroxide/oxide
surfaces occurred at 8 < pH < 9. Adsorption and
the subsequent B-isotope fractionation were
rationalized by the formation of trigonal and
tetrahedral boron inner-sphere complexes on the
goethite surface, and tetrahedral inner-sphere and
trigonal outer and inner-sphere complexes on the
birnessite surface (Lemarchand et al. 2007).

The strong influence of charge properties at a
mineral’s surface on B-isotope solid–fluid frac-
tionation was experimentally shown for various
(hydr)oxide–fluid systems by Elmaci et al.
(2015). For the manganese oxides birnesite
(K0.3MnO2�1.8H2O) and cryptomelane
(K0.1MnO2�0.5H2O) both possessing negatively
charged surfaces, [10B(OH)4]

− is preferentially
fractionated into the solution (pH = 8.5). For
[Mg0.58Al0.42(OH)2](NO3)0.42�0.6H2O, a Mg–
Al–layered double hydroxide, selective [10B

(OH)4]
− adsorption was favored by the positively

charged layers of the solid at a fluid-pH of 9.5–
10.

3.5.2.2 High-Temperature Solid–
Aqueous Fluid B-Isotope
Fractionation

Some solid phases, e.g., tourmaline, are known
to exhibit very low diffusivities. Due to this
refractory nature, low-temperature diffusive ree-
quilibrium experiments are generally precluded.
In the high-temperature B-isotope fractionation
experiments for mica–fluid and tourmaline–fluid
(both discussed below), the solids were synthe-
sized in situ from their components in the pres-
ence of a coexisting B-bearing fluid. During this
procedure, B is incorporated structurally as a
main component at distinct crystallographic
positions. In the following, boron adsorbed at the
crystal surface is neglected, as its volume con-
centration is dominating over the amount of
boron at the low surface area for solids synthe-
sized at high temperatures (� 350 °C).

Mica–Fluid B-Isotope Fractionation
White mica is ubiquitous in metamorphic rocks
of both igneous and sedimentary origin, and is
stable to depths of 300 km in cold subducting
slabs where, with progressive subduction, its
modal amount continuously decreases and its
composition shifts towards phengitic mica (Sch-
midt 1996). White mica is an important carrier of
fluid-mobile trace elements including B, Li, and
large ion lithophile elements. Because of its high
modal abundance, white mica dominates the
B-budget in most tourmaline-free rocks and its
B-isotopic composition can be considered as
representative of the bulk rock (Peacock and
Hervig 1999). Measuring the B-concentration in
subduction zone minerals (excluding tourmaline
and other boron minerals), white mica contains
the highest amount, with up to 269 lg/g, fol-
lowed by lawsonite, biotite, chlorite, and
amphibole all having B concentrations below
100 lg/g (Domanik et al. 1993; Marschall et al.
2006). The maximum B-incorporation capacity
in white mica is given for boromuscovite, with
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end member composition KAl2[BSi3O10](OH)2,
containing approximately 9 wt% B2O3. Boro-
muscovite was chosen as representative of
B-bearing white mica in the experiments on B
isotope mica–fluid fractionation performed by
Wunder et al. (2005), which was determined
using three different approaches: (a) synthesis of
boromuscovite from gels with boric acid solu-
tions (weakly acidic conditions with B(OH)3 as
the major B-bearing species in the fluid);
(b) synthesis of boromuscovite from an oxide

mixture and a 7.6 M KOH-solution (strongly
basic conditions with [B(OH)4]

−species in the
fluid); (c) time-dependent exchange experiments
lasting up to 28 days with B(OH)3-bearing
aqueous solutions, whose initial isotopic com-
position was far off the expected equilibrium
value using the previously synthesized boro-
muscovite with known isotopic composition
(Fig. 3.3a, b). Experiments using approaches
(a) and (c) were performed in a piston cylin-
der press at 3.0 GPa, 500 °C and at 3.0 GPa,

Table 3.1 Compilation of selected experimentally determined vapor, melt, solid–fluid B-isotope fractionation

system D11B (‰) T(°C)/P(MPa)/pH References #a

[3]vapor–[3]fluid +0.1 ± 0.6 to +0.7 ± 0.6 400/23–28/* 7 Liebscher et al. (2005) 1

+0.2 ± 0.7 to +0.9 ± 0.5 450/38–42/*7

+0.4 ± 0.7 425/34.6/*7 Spivack et al. (1990) 2

−0.4 ± 0.7 450/37.9/*7
d[3,4?]melt–[3]fluid −5.2 ± 1.6 950/140/*7 Hervig et al. (2002) 3
d −3.6 ± 2.0 1080/110/*7
d −1.3 ± 3.4 1100/170/*7
e −7.1 ± 2.0 750/500/*7
e −4.4 ± 2.0 850/500/*7
[4,3?]carbb–[3]fluid −16.5 ± 0.7 23/0.1/*8 Hemming et al. (1995) 4

−20.3 ± 0.3 to −14.8 ± 0.6 23/0.1/7.9–8.6 Sanyal et al. (2000) 5
[3,4]smectite–[3,4]fluid −34.3 ± 0.2 to −23.4 ± 0.2 5–40/0.1/6.65–8.45 Palmer et al. (1987) 6f

[4]illite–[3]fluid −16 ± 1.5 300/100/*6 Williams et al. (2001) 7

−13 ± 1.5 350/100/*6
[3]sassolite–[3]fluid +0.6 ± 0.4 to +4.3 ± 0.6 25/0.1/5.5–5.9 Oi et al. (1991) 8
[3,4]borax–[3,4]fluid −12.6 ± 0.4 to +13.8 ± 0.8 25/0.1/7.0–11.5 Oi et al. (1991) 9
[4]saltc–[3]fluid −18.7 ± 0.6 to −32.7 ± 0.6 25/0.1/*7 Vengosh et al. (1992) 10
[4]mica–[3]fluid −10.9 ± 1.3 500/3000/acidic Wunder et al. (2005) 11

−6.5 ± 0.4 700/3000/acidic
[4]mica–[4]fluid −7.4 ± 1.0 400/400/basic Wunder et al. (2005) 12

−4.8 ± 1.0 500/400/basic
[3]tour–[3]fluid −8.35 ± 0.4 to −5.88 ± 0.4 350–450/50/acidic Palmer et al. (1992) 13

−7.76 ± 0.4 to −2.34 ± 0.4 350–750/100/acidic

−6.50 ± 0.4 to −2.24 ± 0.4 350–750/200/acidic

−2.7 ± 0.5 to −0.8 ± 0.5 400–700/200/acidic Meyer et al. (2008) 14

−2.0 ± 0.6 500/500/acidic

Abbreviations carb = carbonate; tour = tourmaline
aCorresponding numbers in Fig. 3.10; bcalcite, aragonite, Mg-calcite; cgypsum, halite, K–MgSO4;

dbasaltic melt;
erhyolitic melt; fB-isotope fractionation due to surface adsorption
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700 °C; experiments using approach (b) were
done in a hydrothermal apparatus at 0.4 GPa,
400 °C and at 0.4 GPa, 500 °C. The solids were
characterized by powder X-ray diffraction

followed by Rietveld refinement and by trans-
mission electron microscopy (TEM) using elec-
tron energy-loss spectroscopy (EELS) for
B/K-ratio determination. Both the solid run

(a) (b)

(c) (d)

Fig. 3.3 a, b Experimental data on mica—fluid
B-isotope fractionation slightly modified after Wunder
et al. (2005) for experiments performed at 500 and 700 °C
at weakly acidic conditions. Black circles show isotopic
composition of exchange experiments at their starting
conditions; orange circles denote the measured D11Bmica--

fluid for time-dependent experiments. Results from

synthesis experiments (in dark blue) fit within error;
c the thermal structure of the Kamchatka subduction zone
used in the thermodynamic model; d the distribution of
the B-isotopic fractionation values in the subducting plate
(modified after Konrad-Schmolke and Halama 2014)
using fractionation data after Wunder et al. (2005)
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products and coexisting fluids were characterized
by p-TIMS for their B-isotopic composition. All
experiments produced only boromuscovite with
traces of quartz in some of the experiments. The
boromuscovite consisted mainly of the 2M1

polytype (approximately 90%) and approxi-
mately 10% of the 1 M polytype (see Chap. 6.3.2
below, for the small effect that different
mica-polytypes have on B-isotope fractionation).
The synthesis approach (a) and the
time-dependent experiments (c) resulted in
approximately the same fractionations (Fig. 3.3a,
b): D11Bmica-fluid = −10.9 ± 1.3‰ (at 3.0 GPa,
500 °C) and −6.5 ± 0.4‰ (at 3.0 GPa, 700 °C).
Experiments at 0.4 GPa that used the strongly
basic fluid produced significantly less fractiona-
tion D11Bmica-fluid = −7.4 ± 1.0‰ (at 400 °C)
and −4.8 ± 1.0‰ (at 500 °C), reflecting the
reduced fractionation effect, when large amounts
of boron in basic fluids are tetrahedrally coordi-
nated. From these results, Wunder et al. (2005)
proposed that the B-isotopic signature in vol-
canic arcs might result from continuous dehy-
dration of micas, acting as important B carrier
during subduction.

Marschall et al. (2007) modeled the release of
B in a progressively dehydrating altered oceanic
crust during subduction. The derived information
on the B-concentration of rocks and fluids at
different stages of the P-T-path of the subducting
slab was combined with T-dependent B-isotope
fractionation data (Wunder et al. 2005). Assum-
ing low-pH fluids (i.e., trigonally coordinated B
in the fluid), this resulted in a model of the
B-isotopic evolution of subducting rocks and the
released fluids from greenschist to eclogite con-
ditions (Marschall et al. 2007).
Konrad-Schmolke and Halama (2014) extended
this model by combining thermodynamic mod-
eling of phase relations at subduction conditions
for the Kamchatkan subduction zone (Fig. 3.3c),
with T-dependent mica–fluid B-isotope fraction-
ation (Wunder et al. 2005), in order to quantify
the B concentration and B-isotopic composition
of coexisting fluid and solid phases during
devolatilization, fluid migration and fluid-rock
interaction in a subducting slab (Fig. 3.3d). Their
derived data provides insights into element

cycles, and their model can be used to constrain
metamorphic processes and determine
thermo-mechanical parameters for subduction
zone models (Konrad-Schmolke and Halama
2014). For more details on this topic see De
Hoog and Savov (2017).

Tourmaline—Fluid B-Isotope Fractionation
Tourmaline forms in various geochemical envi-
ronments that have undergone diagenetic, meta-
morphic, metasomatic, or magmatic processes
over a wide range of bulk compositions and has a
large P–T-stability field ranging from
near-surface to mantle conditions (e.g., Dutrow
and Henry 2011; van Hinsberg et al. 2011).
Negligible diffusion of elements through tour-
maline’s structure results in the preservation of
growth and sector zoning (van Hinsberg and
Schumacher 2007). Its refractory behavior has
allowed tourmaline to be successfully used for
geothermometry (e.g., van Hinsberg and Schu-
macher 2007), geobarometry (Berryman et al.
2015), for provenance studies (e.g., Dutrow and
Henry 2011), as a monitor for fluid-rock inter-
actions in metamorphic rocks (e.g., von Goerne
et al. 2001), as well as in tourmaline-bearing
fluid–melt–rock systems (e.g., Trumbull and
Chaussidon 1999). Tourmaline’s B-isotope
composition, which can also be affected by
growth zoning (van Hinsberg and Marschall
2007), extends its applicability to include its use
as a geochemical tracer for geological mass
transfer, fluid origin and evolution, and even for
evaluating the source and genesis of ore deposits
(Marschall and Jiang 2011; Slack and Trumbull
2011).

Tourmaline’s compositional variability is due
to its complex crystal chemical structure
[9]X[6]Y3

[6]Z6(
[4]T6O18)(

[3]BO3)3(O,OH)3(O,OH,
F). B in tourmaline is situated at two different
structural positions: trigonal-planar [3]B and
tetrahedral [4]T-site. At the latter, B is incorpo-
rated via exchange with Si by various coupled
substitutions (Kutzschbach et al. 2016a). In most
tourmalines, B is exclusively three-fold coordi-
nated; however, some natural [4]B-bearing tour-
malines with up to 1.23 [4]B per formula unit
(pfu) have also been described (e.g., Kalt et al.
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2001; Hughes et al. 2004; Marschall et al. 2004;
Ertl et al. 2007), mostly from high-pressure
environments and for Al-rich stoichiometries.
According to Ertl et al. (2008), it is possible to
have a maximum of 3 [4]B pfu at the T-site of
tourmaline; they also concluded that the amount
of [4]B increases with decreasing temperature and
increasing pressure. Kutzschbach et al. (2016a)
achieved the incorporation of up to
2.53 ± 0.25 pfu [4]B into olenitic tourmaline
synthesized at 4.0 GPa, 700 °C, which is the
highest B concentration ever detected in either
synthetic or natural tourmaline.

Two experimental studies on B-isotope frac-
tionation between tourmaline and aqueous fluid
exist (Palmer et al. 1992; Meyer et al. 2008).
Both report an enrichment of 11B in the fluid
phase under all conditions. Palmer et al. (1992)
determined the fractionation of B isotopes
between dravitic tourmaline and fluid in
hydrothermal experiments at 350–750 °C and
50–200 MPa. The resulting D11Btour-fluid, [−5.88
to −8.35‰ at 50 MPa, 450–350 °C; −2.34 to
−7.76‰ at 100 MPa, 750–350 °C; −2.24 to
−6.50‰ at 200 MPa, 750–350 °C] display a
decrease in fractionation with increasing tem-
perature and pressure (Fig. 3.4a). Meyer et al.
(2008) determined the fractionation of B isotopes
between dravitic tourmaline and fluid in
hydrothermal experiments between 400 and
700 °C at 200 MPa and at 500 °C, 500 MPa.
Tourmaline was crystallized from a mix of oxi-
des and boric acid in the presence of water that
contained B in excess. In one series of experi-
ments, the fluid to tourmaline B-concentration
ratio CB

fluid/CB
tour was 9 after the run; in another

series it was 0.1 to demonstrate the effect that
fractional crystallization has on the B isotope
tourmaline–fluid distribution (see below). All
experiments produced tourmaline as the only
B-bearing solid, along with traces of quartz and
talc whose B contents are negligible. Solid
samples were characterized by electron micro-
probe (EMP) and by X-ray diffraction with
Rietveld refinement; the isotopic composition of
both solids and fluids, were determined by
p-TIMS. Rietveld refinements on tourmaline
structure revealed no significant amounts of

tetrahedrally coordinated B (Meyer et al. 2008).
For experiments where CB

fluid/CB
tour was 9, a

consistent T-dependent B-isotope fractionation,
valid from 400 to 700 °C, is approximated by
D11Btour-fluid = −4.20 � (1000/T[K]) + 3.52;
R2 = 0.77 (Fig. 3.4a). In contradiction to Palmer
et al. (1992), no pressure dependence was
observed and the D11Btour-fluid values of Meyer
et al. (2008) [−2.7 ± 0.5‰ at 400 °C;
−0.8 ± 0.5‰ at 700 °C] are lower by approxi-
mately 2 to 4‰ [−4.1‰ at 450 °C, 200 MPa;
−2.6 ± 0.3‰ at 750 °C, 200 MPa, see Fig. 3.4
a]. Experiments where CB

fluid/CB
tour was 0.1

showed a significantly larger apparent fractiona-
tion of up to −4.7‰ at 600 °C (Fig. 3.4a). In one
of these runs, the isotopic composition of hand-
picked tourmaline crystals of different sizes var-
ied by 1.3‰. This was interpreted as a result of
fractional crystallization of B isotopes during
tourmaline growth due to the small B reservoir of
the fluid relative to tourmaline. The effect is
eliminated or minimized in experiments with
high amounts of excess B in the fluid. It is,
therefore, suggested that values given by the
above relationship using a high-B-excess reser-
voir in the fluid represent true equilibrium frac-
tionation. Marschall et al. (2009) confirmed this
interpretation by B-isotope SIMS-measurements
of the same synthesized tourmalines. Tourmaline
from an experiment with low excess B had sig-
nificant B-isotope zonation with 11B/10B
increasing in the growth direction of the crystals
(Fig. 3.4b, c). Trend, magnitude, and absolute
values strongly support results from the
high-B-excess isotope fractionation experiments.
Furthermore, the closed system B-isotopic evo-
lution of the experimental fluid, modeled by
Rayleigh fractionation, is in excellent agreement
with the measured B-isotope composition of the
run-product fluid (Fig. 3.4d). In the experiments
of Palmer et al. (1992) only small amounts of B
excess (*10%) were present in the fluid; thus,
one may hypothesize that fractional crystalliza-
tion also occurred in their experiments, creating
stronger fractionation just as in the low-excess B
experiments of Meyer et al. (2008). On the basis
of the adsorption mechanism presented for clays
(Palmer et al. 1987, see above), Palmer et al.
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(1992) suggested a modified version aimed at
explaining the slight B-isotope fractionation and
its P dependence for the system tourmaline–
aqueous fluid, where both phases have exclu-
sively trigonal [3]B. In contrast to clay minerals,
in this scheme no coordination-change from

trigonal to tetrahedral species occurs after surface
adsorption of the trigonal-B species. Instead, the
coordination changes to a pseudo-trigonal coor-
dinated adsorption species at tourmaline’s sur-
face; this mechanism should be favored at higher
pressure. Palmer et al. (1992) also envisaged

(a) (b)

(c) (d)

Fig. 3.4 a Experimental data on tourmaline–fluid
B-isotope fractionation after Palmer et al. (1992) at
various pressures (red) and after Meyer et al. (2008) for
two different fluid/tourmaline B-concentration ratios
(CB

fluid/CB
tour = 9, in blue; CB

fluid/CB
tour = 0.1, in violet).

Note that the apparent fractionation from the small
B-excess experiments are in the range of those proposed
by Palmer et al. (1992) or even larger. b Reflected light
microscope image of tourmaline from a CB

fluid/CB
tour = 0.1

experiment (#CM2, 600 °C) of Meyer et al. (2008). SIMS
spots are visible; numbers refer to measured d11B values.
c B-isotope profile along the growth direction (root to tip)
determined from SIMS analyses of various tourmaline

crystals of #CM2. Arrows show fractionation (according
to Meyer et al. 2008) between the starting material and
early-stage tourmaline in the root (No. 1), and final fluid
and late-stage grown tourmaline at the tip (No. 2),
respectively. d Evolution of B-isotopic composition of
fluid and tourmaline modeled by Rayleigh fractionation
for conditions of experiment #CM2. Note that the
theoretical d11B value of −10.14‰ calculated from the
T-dependent fractionation value of Meyer et al. (2008) is
in very good agreement with the value of −10.0 ± 0.3‰
measured after the experimental run. b–d are slightly
modified after Marschall et al. (2009)

3 Boron Isotope Fractionation Among Vapor–Liquids–Solids–Melts … 51



kinetic effects as a possible reason for the P de-
pendence of fractionation, leaving the observed
effect not fully constrained. Moreover, Palmer
et al. (1992) detected a small amount of
tetrahedrally-coordinated B in their tourmalines
by MAS-NMR. However, only significant
amounts of tetrahedral B in tourmaline would
cause a clear increase in D11Btour-fluid (Kowalski
et al. 2013) and the small observed [4]B con-
centrations cannot account for the variation of
approximately 1–2‰ between low and high
P experiments (Palmer et al. 1992). For synthetic
olenitic tourmaline formed at 700 °C, 4.0 GPa
with significant amounts of [4]B, preliminary data
by Kutzschbach et al. (2016b) reveal an
intracrystalline B-isotope fractionation with
D11B(

[3]
B−
[4]

B) = d11B[3] − d11B[4] of +8.4‰,
which is in agreement with computationally
determined values of B-isotope fractionation for
[4]B-bearing tourmaline–fluid (Kowalski et al.
2013; see below).

Furthermore, according to Kowalski et al.
(2013), tourmaline–fluid B-isotope fractionation
might vary for different tourmaline members due
to differences in the B–O distances of the trigonal
planar groups of different tourmaline (see later
Fig. 3.7a).

3.6 Ab Intio Prediction of B-Isotope
Fractionation

With the tremendous increase in the availability
of computational power that rises by at least a
factor of 100 per decade (www.top500.org), the
ab initio methods of quantum chemistry, namely
density functional theory (DFT), become very
popular investigation tools in various research
fields, including isotope geochemistry (e.g.,
Schauble 2004; Kowalski et al. 2013; Jahn and
Kowalski 2014). Therefore, reliable ab initio
computational methods have been established
recently and were successfully applied to predict
the isotope fractionation factors among various
crystalline solids (Driesner 1997; Yamaji et al.
2001; Schauble 2004; Domagal-Goldman and
Kubicki 2008; Hill and Schauble 2008; Méheut
et al. 2007, 2009; Schauble et al. 2009; Zeebe

2009, 2010; Hill et al. 2010; Rustad et al. 2010a,
b; Kowalski and Jahn 2011; Kowalski et al.
2013; Feng et al. 2014; Méheut and Schauble
2014) and recently also between solids and
aqueous solutions (e.g., Zeebe 2005; Otake et al.
2008; Domagal-Goldman and Kubicki 2008; Hill
and Schauble 2008; Rustad et al. 2008; Zeebe
2009, 2010; Hill et al. 2010; Rustad et al. 2010a,
b; Kowalski and Jahn 2011; Markland and Berne
2012; Kowalski et al. 2013; Fujii et al. 2015;
Pinilla et al. 2015; Dupuis et al. 2015). Many of
these studies have shown that such calculations
are essential for our understanding of the geo-
chemical mechanisms responsible for emerged
isotope fractionation and signatures from exper-
iments and nature.

The majority of the ab initio studies focus on
the computation of stable isotope fractionation
between simple crystalline phases and aqueous
solution represented by ion-aqua complexes,
whereas calculations of continuous fluids are less
abundant. The aqueous solution species are
usually represented by an isolated cluster con-
taining the fractionating species and a hydration
shell (e.g., Zeebe 2005; Domagal-Goldman and
Kubicki 2008; Hill and Schauble 2008; Zeebe
2009, 2010; Hill et al. 2010; Rustad et al. 2010a;
b). However, it is known that the distribution of
cation coordination and cation–oxygen bond
lengths can significantly influence the fractiona-
tion of isotopes (Bigeleisen and Mayer 1947).
These structural properties of materials are
determined by the dynamics of the considered
system or its change under compression (Jahn
and Wunder 2009; Wunder et al. 2011; Kowalski
and Jahn 2011) and can have strong impact on
isotope exchange. For instance, considering
fractionation of Li isotopes, Kowalski and Jahn
(2011) have demonstrated that a cation-hydration
shell cluster is not an appropriate representation
of aqueous solutions at high pressure (P > 2
GPa). Only a few published ab initio studies
account for the dynamical effects on the isotope
fractionation in fluids (Rustad and Bylaska 2007;
Kowalski and Jahn 2011; Kowalski et al. 2013).
Rustad and Bylaska (2007) considered boron
equilibrium isotope fractionation between B
(OH)3 and [B(OH)4]

− species in aqueous
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solution. They performed ab initio molecular
dynamic simulations of these fluids and calcu-
lated the 11B/10B isotope fractionation coefficient
from the vibrational density of states obtained
through the Fourier transform of the velocity
auto-correlation function. Although the obtained
fractionation factor of 0.86 was substantially
different from the experimental value of 1.028,
the experiment and theory were reconciled by
computation of the harmonic frequencies on a set
of the quenched ionic configurations extracted
from the molecular dynamics trajectory. Using a
similar approach together with the “single atom
approximation” of Bigeleisen and Mayer (1947),
in which the isotope fractionation factor was
derived from the force constants acting on Li
cation, Kowalski and Jahn (2011) computed the
high temperature Li isotope fractionation factors
between complex minerals (spodumene, stauro-
lite and mica) and aqueous fluid. It is worth
noticing that because these simulations were
performed using periodic boundary conditions,
the computed solids and fluids were treated as
continuous media, which allowed for correct
accounting for the pressure effects.

With the steadily increasing access to the
computing power it becomes possible to apply
other methods of quantum chemistry to derive
the isotope fractionation factors. For instance,
Marland and Berne (2012), Pinila et al. (2014)
and Dupuis et al. (2015) used path integral
molecular dynamics technique to investigate the
fractionation of H and O isotopes in water. We
thus expect that further similar studies will be
performed in the next years.

3.6.1 Computational Approach

3.6.1.1 The “Single Atom
Approximation”
Following Bigeleisen
and Mayer (1947)

Following the pioneering study of Urey (1947) it
is well accepted that the mass-dependent equi-
librium fractionation of isotopes is driven by the
change in molecular and crystalline vibration
frequencies resulting from the different masses of

isotopes. The principal parameter which
describes the equilibrium isotope fractionation is
the so-called isotopic reduced partition function
ratio, known also as b factor, which describes the
fractionation of isotopes between given species
and an ideal monoatomic gas. In the harmonic
approximation it is given by the following for-
mula (Bigeleisen and Mayer 1947; Urey 1947;
Chacko et al. 2001):

b ¼
YNdof
i¼1

u�i
ui
exp

ui � u�i
2

1� expð�uiÞ
1� expð�u�i Þ

� 

ð3:10Þ

where ui = hmi/kBT, h is the Planck constant, kB is
the Boltzmann constant, mi is the vibrational
frequency of the ith degree of freedom, Ndof is the
number of degrees of freedom and the asterisk
marks the heavier isotope. For N being the
number of atoms in the considered system Ndof is
equal to 3 N-5 for diatomic molecule, 3 N-6 for
multiatomic molecules and 3 N for crystals. The
fractionation factor between two substances
A and B, aA-B is computed as the ratio of the
relevant b factors, which is well approximated by
the differences in the b factors:

DA�B ¼ 1000 � ln bA � 1000 � ln bB ð3:11Þ

The calculation of the b factor requires thus
only knowledge of the vibrational frequencies
that can be measured or computed ab initio (Jahn
and Kowalski 2014). The only problem on the
computational site is that the calculation of the
whole vibrational spectra of complex minerals or
fluids requires substantial computational resour-
ces and, therefore, is currently limited to systems
containing no more than a few dozens of atoms.
Many of the current studies thus focus on com-
putation of simple crystalline solids and ion-aqua
complexes, accounting for the closest hydration
shells only.

Kowalski and Jahn (2011) noticed that by
computing only the force constants acting upon
the fractionating element, by using for instance
the “single atom approximation” of Bigeleisen
and Mayer (1947), instead of the full phonon
spectrum required by Eq. (3.10), one can dra-
matically reduce the computational demand by a
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factor of *N, where N is the number of the
atoms constituting the computed system (super-
cell). Kowalski and Jahn (2011) proposed such a
method for an efficient computing of the high
temperature isotope fractionation factors between
complex materials such as fluids and crystalline
solids. The b factor (Eq. 3.12) can be then
approximated as:

b ffi 1þ
XNdof
i¼1

u2i � u�2i
24

¼ 1þ Dm
mm�

�h2

24k2BT
2

X3
i¼1

Ai; ð3:12Þ

where Ai are the three force constants acting on
the isotopic atom and Dm = m*−m, where m and
m* are the masses of the lighter and heavier
isotopes. This approach refers to the “single atom
approximation” (Bigeleisen and Mayer 1947),
because the computation of the b factors using
Eq. (3.12) only requires the knowledge of prop-
erties of the fractionating element. However, the
validity criteria restrict the usage of Eq. (3.12) to
frequencies m [cm−1] smaller than 1.39 T [K]
(Kowalski et al. 2013). Because of this difficulty,
Kowalski et al. (2013) introduced a modification
of the “single atom approximation” showing that
the error of the computed fractionation factors
can be substantially reduced if one uses the three
frequencies mi derived from the force constants
acting on the fractionating element mi = Ai/4p

2m
—called pseudofrequencies—and combined this
with Eq. (3.10) for the calculations. Kowalski
et al. (2013) provided a theoretical justification
for this method, and tested and applied it suc-
cessfully to B isotope systems, including cases of
tourmaline (dravite, olenite), mica, grandidierite,
serendibite, and aqueous solutions, which will be
discussed in the next sections.

3.6.1.2 Computational Technique

The calculations reported here were performed
by Kowalski et al. (2013), MacGregor et al.
(2013) and Belley et al. (2014). These studies are
complemented by the discussion of the ab initio
data of Zeebe (2005) and Rustadt and Bylaska
(2007). The calculations of pseudofrequencies

and b factors for solids and aqueous solutions
were performed following the procedure outlined
in Kowalski et al. (2013) by applying density
functional theory (DFT), which is currently the
most efficient method allowing for quantum-
mechanical treatment of extended many-particle
systems. The calculations were performed with
the planewave DFT code CPMD (Marx and
Hutter 2000), which is especially suited for
ab initio molecular dynamics simulations of
fluids, and with the BLYP exchange-correlation
functional (Lee et al. 1988). The norm-
conserving Goedecker pseudopotentials were
applied to mimic the presence of the core elec-
trons (Goedecker et al. 1996). One advantage of
using the BLYP functional is that it usually gives
harmonic frequencies that most closely resemble
the observed frequencies (e.g., Finley and Ste-
phens 1995; Alecu et al. 2010). The energy
cut-off for the plane wave basis set was set to
70 Ryd for geometry relaxations and molecular
dynamics simulations and to 140 Ryd for static
computation of the force constants and the
vibrational pseudofrequencies. The periodic
boundary conditions were applied for crystalline
solids as well as aqueous solutions in order to
preserve the continuity of the media. The force
constants and resulting pseudofrequencies were
computed using the finite displacement scheme.
In case of the crystal structures these calculations
were performed with all atomic positions relaxed
to the equilibrium positions. The calculations are
restricted to a single phonon wave vector using
large supercells, thus avoiding an expensive
calculation of full phonon dispersion. Due to the
restrictions of CPMD code and the applied
“single atom approximation”, the calculations
were performed at C-point. Blanchard et al.
(2009) have shown that selection of a represen-
tative C-point, such as the mean value C-point
(Baldereschi 1973), could improve the accuracy
of the calculations. This procedure has been
validated at high temperatures (> 400 °C) for
Mg-bearing materials (Schauble 2011) and
Fe-bearing minerals (Blanchard et al. 2009).

The computation of the force constants and
frequencies in case of the aqueous species were
performed after relaxing the positions of all the
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atoms constituting the B-carrying molecule (B
(OH)3 or [B(OH)4]

−) to the equilibrium posi-
tions, but keeping all other atomic positions
fixed. The 10 ps long molecular dynamics tra-
jectories of systems consisting of 64 H2O mole-
cules and one B(OH)3 or [B(OH)4]

− molecule
were obtained for different temperatures of 1000,
800 and 600 K and a pressure of 0.5 GPa. These
parameters closely resemble the experimental
conditions of Wunder et al. (2005) and Meyer
et al. (2008). The ab initio molecular dynamics
simulations were performed for fixed tempera-
ture and volume using the Car–Parrinello scheme
(Car and Parrinello 1985) and the pressure of
aqueous solution was calculated according to the
equation of state of Wagner and Pruss (2002).
The temperature during each run was controlled
by a Nosé–Hoover chain thermostat (Nosé and
Klein 1983; Hoover 1985). The b factors were
computed on the snapshots extracted uniformly
along the molecular dynamics trajectories using
an interval of 0.1 ps.

3.6.1.3 Error Estimation Technique
An important aspect of reliable predictions is an
estimation of error of the computed fractionation
factors, which unfortunately is often omitted in
many modeling studies. As shown by Kowalski
and Jahn (2011) and Kowalski et al. (2013) the
errors in the computed value of the b and D
fractionation factors can be estimated from an
average error of vibrational frequencies com-
puted using the chosen DFT method. For
instance, Finley and Stephens (1995), Menconi
and Tozer (2002) and Alecu et al. (2010) esti-
mated the errors originating from using different
DFT functionals in the calculations of vibrational
frequencies of small molecules. According to
these studies, the BLYP functional systemati-
cally overestimates the harmonic frequencies by
3.5% with a deviation from the mean offset of
1%. Therefore, we expect that using BLYP
functional the b and D values are systematically
overestimated by 7% and that in addition there is
a 2% error in the derived b factors. All the values
presented here are thus provided together with
errors estimated in this way. Similar errors result
from using other functionals or even more

sophisticated and computationally demanding
post-Hartree–Fock methods such as MP2 (Finley
and Stephens 1995; Alecu et al. 2010).

3.6.2 Computation of Fractionation
Factors

3.6.2.1 Vapor
Kowalski et al. (2013) compared their results for
the gas phase B(OH)3 and [B(OH)4]

− molecules
with the published data of Zeebe (2005), where
the same DFT BLYP functional was used. The
computed vibrational frequencies that are affec-
ted by the different B isotope substitutions are in
good agreement with earlier theoretical predic-
tions and show similar agreement with the
experimental measurements. Figure 3.5a reports
the resulting b factors, together with the results
of Zeebe (2005). The b factors are smaller by
approximately 1‰ at 600–1000 K than the val-
ues of Zeebe (2005), although the difference
between b factors of B(OH)3 and [B(OH)4]

−

remains nearly identical in both sets of calcula-
tions, which points to a systematic error. The
discrepancy between the two sets of calculations
is substantially reduced when the results obtained
with more complete basis set 6-311 + G(d,p) are
used (Zeebe 2005). This shows that the here
utilized plane-wave based DFT approach pro-
vides adequate vibrational frequencies and the
resulting isotope fractionation factors are
reliable.

3.6.2.2 Aqueous Fluid
Computed b factors for B(OH)3 and [B(OH)4]

−

in aqueous solutions according to Kowalski et al.
(2013) are shown in Fig. 3.5c. The presented
functions, b = 1 + 2.416 104/T2−5.823 108/T4

for B(OH)3 and b = 1 + 1.772 104/T2−4.234
108/T4 for [B(OH)4]

− were fitted to the computed
ab initio values. According to the assessment of
uncertainties of the computational method (such
as DFT exchange-correlation functional) and the
“single atom approximation” (Kowalski et al.
2013), the errors of the computed values are
T dependent with larger uncertainties at lower
temperatures: 27% (at T = 300 K), 16% (at
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T = 600 K), 11% (at T = 1000 K). The high
uncertainties of computed b factors at ambient
conditions are also shown by Rustad et al.
(2010a, their Fig. 3.2) from the spread of frac-
tionation factors calculated using various com-
putational methods.

The b factor of B(OH)3-bearing fluid is sub-
stantially larger than the one for the [B(OH)4]

−

and not significantly different from the results
obtained for the isolated molecule (Fig. 3.5a).
This reflects the substantial difference in the B–O
bond lengths exhibited by the two considered B

(a) (b)

(c) (d)

Fig. 3.5 a Gas phase b factors for B(OH)3 (solid blue
line) and [B(OH)4]

− (dashed red lines); b gas phase B
(OH)3–[B(OH)4]

− fractionation factors. The thick lines
represent calculations of Kowalski et al. (2013), and the
thin lines represent the results derived from data com-
puted by Zeebe (2005); c computed aqueous solution b
factors for B(OH)3 (solid blue lines) and [B(OH)4]

−

(dashed red lines); d aqueous solution B(OH)3–[B

(OH)4]
− fractionation factors. The thick lines represent

the results computed by Kowalski et al. (2013). The thin
lines show the results of Sanchez-Valle et al. (2005)
obtained using harmonic frequencies. The dotted line
represents the corrected Sanchez-Valle et al. (2005)
results. The correction is made according to Rustad
et al. (2010a). Figure modified after Kowalski et al.
(2013)
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species. For the isolated molecules Kowalski
et al. (2013) determined the B–O bond length of
1.40 Å and 1.51 Å for B(OH)3 and [B(OH)4]

−,
respectively. Compared to experimental data by
Sanchez-Valle et al. (2005), for B(OH)3 both
studies give nearly identical b factor; however,
for [B(OH)4]

− Kowalski et al. (2013) predicted a
lower value. This discrepancy is caused by the
incorrect assignment of a major vibrational mode
of [B(OH)4]

- in the force field by Sanchez-Valle
et al. (2005) as discussed by Rustad and Bylaska
(2007) and shown by Kowalski et al. (2013). The
accordingly corrected results of Sanchez-Valle
et al. (2005), which are in good agreement with
the prediction of Kowalski et al. (2013), are
plotted in Fig. 3.5d.

Liebscher et al. (2005) measured the frac-
tionation of boron isotopes between liquid and
vapor systems and found a positive D11Bliq-

uid-vapour of +0.1 to +1.3‰ at 400 °C and of +0.2
to +1.5‰ at 450 °C (see Fig. 3.2). The calcula-
tions reported in Fig. 3.5 indicate D11Bliq-

uid-vapour = + 1.0 ± 1.9‰ and +1.5 ± 2.2‰ for
temperature of 400 and 450 °C, respectively.
These values are thus well consistent with the
experimental data.

3.6.2.3 Pressure Dependence
of the Fractionation
Factor in Aqueous Fluids

Kowalski and Jahn (2011) have shown that for
P > 2 GPa the b factor of Li in aqueous solution
increases with increasing pressure. Kowalski et al.
(2013) observed the same for B(OH)3 and [B
(OH)4]

− in aqueous fluid, which is consistent with
the experimentally observed variation in shift of
the vibrational frequencies of different B species
with increasing pressure (Sanchez-Valle et al.
2005; Schmidt et al. 2005). The computed b-1
values for B(OH)3 fluid show a linear dependence
in pressure, b-1 = 23.6 + 0.28P (P in GPa). Such
a relationship is expected as b-1/m2 * m0

2 + 2
0Dm (Schauble 2004) and Dm is a linear function of
P (Sanchez-Valle et al. 2005; Schmidt et al.
2005). As illustrated in Fig. 3.6c, in case of [B
(OH)4]

−, the pressure-dependence is linear up to

P * 2–3 GPa but it becomes less steep at higher
pressures. Kowalski et al. (2013) have shown that
these predictions are consistent with the measured
P-dependent vibrational frequency shifts of
Sanchez-Valle et al. (2005). Such a good agree-
ment with the experimental data shows that
ab initio calculations can be successfully used in
derivation of the pressure dependence of the
fractionation factors and the pressure-induced
vibrational frequencies shifts. Moreover, first
principles calculations can also be useful in
extrapolation of the experimental values for b and
Dm to more extreme conditions, which are difficult
to be reached by experimental techniques.

3.6.3 Computationally Determined
Mineral–Fluid B-Isotope
Fractionation

Kowalski et al. (2013), MacGregor et al. (2013)
and Belley et al. (2014) used the computational
approach outlined above to investigate the frac-
tionation between boron-bearing fluids and
minerals, such as dravite, olenite, boromuscovite,
prismatine, grandidierite and serendibite. The
aim of these studies was to investigate the
mechanisms driving the fractionation process,
including the role of coordination and the B–O
bond length to better understand measured
B-isotopic signatures. Below we discuss each
case separately.

3.6.3.1 Tourmaline–Neutral Fluid
B-Isotope Fractionation

Meyer et al. (2008) measured the boron isotope
fractionation between tourmaline, represented by
dravite, and pH-neutral fluid at T = 400–700 °C
and P = 0.2 GPa (see Fig. 3.4a). The calculated
fractionation curve and the experimental data of
Meyer et al. (2008) are given in Fig. 3.7a. Cal-
culations reproduce the measurements within the
computational accuracy. According to Kowalski
et al. (2013) the dravite–fluid fractionation is
small because both, dravite and neutral fluid,
contain boron in BO3 units. Kowalski et al.
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(2013) also predicted a small but positive frac-
tionation between olenite and aqueous fluid. It is
assumed that the calculated olenite–fluid frac-
tionation differs from that of dravite–fluid due to

shorter B–O bond lengths for olenite (1.378 Å)
versus 1.397 Å for dravite (Kowalski et al. 2013).

Beside trigonally-coordinated boron, tourma-
line can incorporate boron also at the tetrahedral

(a) (b)

(c) (d)

Fig. 3.6 a Computed pressure dependent b factor of
neutral fluid (B(OH)3) at T = 1000 K. Dashed line
represents the linear regression fit to the calculated values
(squares); b computed change of b factor as a function of
pressure (blue squares) compared to the results derived
from the pressure-induced frequency shifts of the 666 and
1454 cm−1 vibrational modes measured by Sanchez-Valle
et al. (2005) (dashed black line); c computed pressure

dependent b factor of strongly basic fluid ([B(OH)4]
−) at

T = 1000 K. Dashed line is the regression fit to the
calculated values (squares); d computed change of the b
factor with pressure compared to the increase in the b
factor derived from the frequency shift of the 975 cm−1

line measured by Sanchez-Valle et al. (2005) (black
dashed line). Figure modified after Kowalski et al. (2013)
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site replacing Si in a coupled substitution (e.g.,
Ertl et al. 1997). Calculations of intra-site

B-isotope fractionation D11B ½3�B�½4�Bð Þ
� �

between

trigonal and tetrahedral boron sites in dravite
resulted in +8.9 ± 1.7‰ (Kowalski et al. 2013)
at 600 °C, which is in good agreement to

(a)

(c)

(b)

Fig. 3.7 a B-isotopic fractionation between tourmaline
and aqueous fluid. The solid line represents the fraction-
ation between dravite and B(OH)3 neutral fluid computed
by Kowalski et al. (2013). The dashed line represents the
prediction for the fractionation between olenite (without
tetrahedral boron) and neutral fluid. The squares represent
the experimental data measured for the dravite–fluid
system by Meyer et al. (2008); b B-isotope fractionation
factors between boromuscovite and basic aqueous fluid
(fluid containing [B(OH)4]

−). The lines represent the
values calculated by Kowalski et al. (2013) assuming the
presence of boron species in the form of [B(OH)4]

− only
(solid line) and admixture of 10% of B(OH)3 in the fluid

(dashed line). The squares represent the experimental data
(Wunder et al. 2005); c B-isotope fractionation factors
between boromuscovite and aqueous fluid. The data
points are the values measured by Wunder et al. (2005).
The thick lines represent the fractionation factor computed
assuming ambient pressure (solid line) and P = 3 GPa
accounting for compression and thermal expansion
(dashed line). The dotted lines represent the fractionation
factors obtained assuming different admixture of [4]B
species (represented by [B(OH)4]

− with abundance indi-
cated in the figure) to the fluid. The blue regions represent
the computational uncertainty. Figure modified after
Kowalski et al. (2013)
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experimental data (Kutzschbach et al. 2016b, see
above).

3.6.3.2 Boromuscovite–Strongly Basic
Fluid B-Isotope
Fractionation

Wunder et al. (2005) measured the isotopic sig-
natures of synthesized boromuscovite that con-
sisted of polytypes, 1 M (*10%) and 2M1

(*90%). As a comparison with these data,
Kowalski et al. (2013) derived b factors for both
polytypes and used their weighted average for
the analysis. Both polytypes of mica have similar
mean B–O bond lengths [1.515 Å (1 M) and
1.525 Å (2M1)], and the calculations show that
they are characterized by similar b factors with
difference in (b−1) no larger than 3% (see
Fig. 3.9). In order to investigate the impact of the
B–O bond length on the fractionation, Kowalski
et al. (2013) compared the fractionation between
boromusovite, that generally has B in tetrahedral
coordination, and a strongly basic fluid contain-
ing boron as [B(OH)4]

−. The results of the cal-
culations and the experimental data from the
system boromuscovite–strongly basic fluid
(Wunder et al. 2005) are shown in Fig. 3.7b. The
calculations predict a negative fractionation
between mica and the [B(OH)4]

− fluid, in line
with the experimental findings. This result seems
reasonable, because the mean B–O bond length
of mica is larger than that of aqueous [B(OH)4]

−

(1.513 Å).
Although the data from calculations and

experiments agree within errors, the experimental
data might indicate a slightly stronger fractiona-
tion. Kowalski et al. (2013) explained this dis-
crepancy by admixture of aqueous [3]B species in
the experiment. The presence of as little as 10%
of B(OH)3 in the measured basic fluid brings
predictions and experiments to good agreement
(Fig. 3.7b). The experiments were performed
with a “strongly basic” fluid (Wunder et al.
2005), yet, its exact composition, especially the
amount of [3]B species at the conditions of the
experiments, was unknown. Nevertheless, good

agreement between the prediction and the
experimental data exists, which indicates that the
strongly basic fluid was dominated by [B(OH)4]

−

species, in line with previous studies (e.g., Zeebe
2005).

3.6.3.3 Boromuscovite–Neutral Fluid
B-Isotope Fractionation

The strong B-isotopic fractionation between
boromuscovite and neutral fluid results from
different coordination of boron in boromuscovite
([4]B) and neutral fluid ([3]B). Comparison of data
from experiments performed at 3.0 GPa (Wunder
et al. 2005) with the predicted fractionation
shows a difference of *2.5‰ (Fig. 3.7c). The
effect of difference in thermal expansion and
compressibility between boromuscovite and fluid
was shown to be not responsible for the dis-
crepancy (Kowalski et al. 2013). However, the
comparison of calculated results with the exper-
imental data (Kowalski et al. 2013) suggests that
the fractionation between boromuscovite and
fluid is the same as between B(OH)3 and [B
(OH)4]

− fluids, which is at odds with the
non-negligible and negative fractionation
between boromuscovite and a strongly basic fluid
(Fig. 3.7b). As the b factor derived for boro-
muscovite seems to be reliable, this points
towards another, unaccounted effect that led to
the decrease of the B-isotope fractionation
between mica and neutral fluid in the
high-pressure experiments of Wunder et al.
(2005). One possible solution for the discrepancy
is a non-negligible amount of [4]B in the neutral
solution at 3.0 GPa. This is in line with the
studies of Schmidt et al. (2005), who detected
admixture of significant amounts of [4]B species
in near-neutral, B(OH)3-dominated fluid at high
pressures (see Fig. 3.1). Assuming a presence of
15–30% [4]B species in the fluid at 3.0 GPa and a
b factor of these species similar to that of [B
(OH)4]

−, the fractionation factor between boro-
muscovite and B(OH)3 in the aqueous fluid
decreases, bringing theory and experiment to
much better agreement (Fig. 3.7c). If this
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interpretation is correct, it suggests that boron
isotope fractionation could be used to gather
information on the B-speciation in aqueous
fluids.

3.6.4 B-Isotope Fractionation Among
Minerals

The fractionation of B isotopes among solids has
received considerable attention (e.g., Hervig
et al. 2002; Marschall 2005; Klemme et al. 2011;
MacGregor et al. 2013; Belley et al. 2014). From
a theoretical point of view, Kowalski et al.
(2013) investigated the mica–tourmaline system
in which the two coexisting minerals have boron
in different coordination, [3]B in tourmaline and
[4]B in mica. This results in large B isotope
fractionation between these two minerals, which
has been investigated by analyzing natural
coexisting pairs of tourmaline and mica (Klemme
et al. 2011, and references herein). Comparison
of experimental data with measurements from

natural samples and the computed T-dependent
fractionation curve are given in Fig. 3.8. The
fractionation factors predicted by Kowalski et al.
(2013) are consistent with the natural data
(Klemme et al. 2011), which are both larger
(taking the absolute values) than the experimen-
tal data (Wunder et al. 2005; Meyer et al. 2008).
As discussed in Sect. 3.6.3, this discrepancy can
be resolved by assuming that in the experiments
on mica–fluid B-isotope fractionation (Wunder
et al. 2005) the fluid contained a significant
admixture of [4]B species. The experimental
mica–tourmaline fractionation factor corrected
for the presence of [4]B species in the
high-pressure fluids results in a better consis-
tency with the natural data (Fig. 3.8).

The mineral serendibite (ideally Ca4(Mg6Al6)
O4[Si6B3Al3O36]) contains boron in tetrahedral
coordination. The B-isotope difference of peak
metamorphic serendibite and coexisting uvitic
tourmaline in the Central Metasedimentary Belt
in the Grenville Province of Quebec was deter-
mined to be −6.3‰ (Belley et al. 2014), which is

Fig. 3.8 Boron isotope fractionation factors betweenmica
and tourmaline. The solid line represents the computed
fractionation factor between B-muscovite and dravite. The
uncertainties are indicated by the blue area. The dashed red
line is the experimental fractionation factor determined by
combining the data ofWunder et al. (2005) andMeyer et al.

(2008). The experimental error is ± 2‰. The dotted red
line is the experimental fractionation factor corrected for the
presence of [4]B species in the neutral fluid in the
experiments ofWunder et al. (2005). The squares represent
the data on natural samples (Klemme et al. 2011).
Figure modified after Kowalski et al. (2013)
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consistent with the fractionation factor from
ab initio calculations using the method of
Kowalski et al. (2013).

Kowalski et al. (2013) have demonstrated that
the b factor not only depends on boron coordi-
nation but is also strongly correlated with the B–
O bond length. Phases with trigonal-coordinated
B and short B–O bond lengths have higher b
factors than [4]B-containing phases and long B–O
bond lengths (Fig. 3.9). This observation was
used to explain the measured 11B-enrichment of
grandidierite (containing structural [3]B) and
11B-depletion of prismatine (containing structural
[4]B) relative to tourmaline (MacGregor et al.
2013). At a temperature of 623 °C, the calculated
fractionation factor between grandidierite (B–O
bond length of 1.368 Å) and dravitic tourmaline
(B–O bond length of 1.385 Å) is +1.8 ± 1.1‰,
whereas for the system tourmaline–prismatine
the calculations resulted in a B-isotopic frac-
tionation of −6.4 ± 1.3‰. For both systems
these data are in good agreement to measured
B-isotope mineral–mineral fractionation of
+3.3 ± 0.8‰ for coexisting natural grandi-
dierite–tourmaline and −5.0 ± 1.4‰ for tour-
maline–prismatine pairs (MacGregor et al. 2013).

3.7 Conclusions

Table 3.1 and Fig. 3.10 summarize the results of
experimentally determined B-isotope fractiona-
tion data for selected systems presented in this
chapter. Due to the discrepancies between
assumed B-species in (rhyolitic) melts and the
measured large B-isotopic melt–fluid fractiona-
tion (Hervig et al. 2002), these data are assumed
here to represent disequilibrium fractionation.
Therefore, further experimental investigation is
greatly needed, which should be complemented
by the evaluation of possible kinetic B-isotope
fractionation at high temperatures, which might
produce considerable effects. Furthermore,
inconsistencies in the results on B-incorporation
mechanisms for calcite and aragonite and the
not-fully understood variations in D11B values for
different solid–fluid systems (e.g., smectite and
carbonates), alert us to the potential role of often
poorly known surface-dependent processes in
controlling subsequent B-isotope fractionation
for different minerals in low-temperature diffu-
sive experiments. Thus, further experimental
investigation is needed here too, e.g., by

Fig. 3.9 b factor at
T = 1000 K for various
boron-bearing species as a
function of the B–O bond
length. Blue circles and red
triangles represent the values
obtained for [3]B and [4]B
species, respectively.
Figure modified after
Kowalski et al. (2013)
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innovative methods like AFM (Ruiz-Agudo et al.
2012), to develop a robust mechanistic knowledge
of B incorporation into minerals during growth.
Additionally, it is obvious from Fig. 3.10 that
there is a lack of experimental data in the T-range
40–350 °C. Further experiments at these temper-
atures are needed to fill the gap between existing
high- and low-T data and to better understand the
structural controls on B-isotope fractionation
during diagenesis, low-T metamorphism, low-
T hydrothermal activity and volcanic exhalation.
Generally, it would seem that using experiments
with a well-understood B-incorporation mecha-
nism is the favorable approach for acquiring more

reliable fractionation data and for avoiding
surface-related effects and diffusion problems
potentially-occurring in the low-temperature ree-
quilibration experiments.

Recently performed ab initio calculations
have the potential to obtain T- and P-dependent
fractionation factors for given materials, which
are successfully used not only to complement the
experimental data but also to assist their correct
interpretation and to derive constraints on
unmeasured systems. The computed B-isotope
fractionation factors can also help in explaining
discrepancies between contrasting measurements
and provide valuable insight into the boron

Fig. 3.10 Compilaton of selected experimental data on
vapor, melt, solid–fluid B-isotope fractionation. Fraction-
ation data for systems with contrasting B-coordination
(i.e., [4]B vs. [3]B) are marked by a blue background.
Possibly, this does not hold for the melt–fluid (for more
details see text). Pink color mark fractionation data for
systems with uniform B-coordination. Borax (containing

mixed [3]B and [4]B)–fluid data (in green) show a strong
variation in fractionation due to variable experimental
fluid pH (7, with mainly [3]B, to 11.5, with mainly [4]B).
Smectite–fluid B-isotope fractionation (in orange) as
result of B-surface adsorption strongly depend on pH.
The numbers correspond to the references given in
Table 3.1
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speciation in fluids. In consideration of the con-
tinuous increase in the efficiency of computing
resources and performance of quantum chemistry
software, it is concluded that ab initio computa-
tional geochemistry will flourish in the coming
decades, and that computer-aided first-principles
simulations will become standard research tools
in isotope geochemistry. They assist in the
interpretation of experimental data and the
understanding of B behavior in natural settings.
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4Boron Incorporation into Marine
CaCO3

Oscar Branson

Abstract
The isotopic composition (d11B) and abundance (B/Ca) of boron in the
marine CaCO3 minerals calcite and aragonite are used as paleoceano-
graphic tracers for past oceanic pH and carbon chemistry. These
environmental proxies depend upon the ability of CaCO3 minerals to
incorporate trace concentrations of B within their structure, and record the
state of the pH-dependent equilibrium between B(OH)3 and B OHð Þ4�,
and the relative abundance of B and C in seawater. To achieve this CaCO3

minerals must either incorporate a single species of aqueous B, or take up
a predictable mixture of both species. Initial investigations found evidence
to suggest the sole incorporation of aqueous B OHð Þ4� into the anion site
of CaCO3 minerals. These observations established the required link
between aqueous B chemistry and CaCO3

– hosted B, and provided the
foundation for the development and application of the d11B and B/Ca
proxies. However, advances in our understanding of aqueous B chemistry,
improvements in the accuracy of B isotopic measurements of carbonates,
and new data from controlled precipitation experiments have since
revealed more complex, structure-dependent mechanisms of B incorpo-
ration into CaCO3. Studies of aragonite appear to support a relatively
straightforward substitution of B OHð Þ4� into the mineral anion site.
Conversely, a growing number of studies of calcite suggest either that

O. Branson (&)
Department of Earth and Planetary Sciences,
University of California, Davis, One Shields Ave,
Davis, CA 95616, USA
e-mail: obranson@ucdavis.edu

Present Address:
O. Branson
Research School of Earth Sciences, Australian
National University, 142 Mills Rd, Acton, ACT
2601, Australia

© Springer International Publishing AG 2018
H. Marschall and G. Foster (eds.), Boron Isotopes, Advances in Isotope Geochemistry,
https://doi.org/10.1007/978-3-319-64666-4_4

71



both aqueous B(OH)3 and B OHð Þ4� are taken up into the mineral, or that
B is subject to a significant isotopic fractionation during incorporation.
While a growing body of theoretical and experimental work are moving
toward an understanding of B uptake in CaCO3, we currently lack a
systematic description of this key process, particularly in calcite. As long
as the mechanisms of B incorporation remain unknown, the relationships
between d11B and B/Ca and ocean chemistry must be treated as empirical,
adding uncertainty to the paleoceanographic records derived from them.
This chapter will explore our current understanding of B incorporation
into marine CaCO3 minerals, in context of their structure and growth
mechanisms. We will consider the broad question of ‘how does B get from
seawater into calcite and aragonite?’

Keywords
Boron � Cacite � Aragonite

4.1 Introduction

It has so far been impossible to directly observe
the uptake of B from solution into a carbonate
mineral. Our mechanistic understanding of B
incorporation is inferred from indirect geo-
chemical and structural observations, in context
of our understanding of mineral growth pro-
cesses. Theories of B incorporation have there-
fore evolved with advances in our understanding
of carbonate mineral growth processes and B
solution chemistry, and our ability to measure B
geochemistry.

The study of B as an impurity in carbonate
minerals began with descriptions of boron con-
centrations in synthetic and biogenic carbonates.
These studies revealed that B is more easily
incorporated into aragonite than calcite (Leut-
wein and Waskowiakr 1962; Furst et al. 1976;
Kitano et al. 1978), and that the abundance of B
within both minerals is directly proportional to its
concentration in the host solution (Kitano et al.
1978). This demonstrated a dependence of B
incorporation on both external B concentration
and mineral structure. Subsequent study of
diverse authigenic and biogenic marine carbon-
ates revealed a broad range of naturally occurring
B concentrations (Hemming and Hanson 1992),

indicating that natural variability in the condi-
tions and mechanisms of mineral growth are also
important factors in B uptake.

Studies of B isotopic content of biogenic
(Vengosh et al. 1991; Hemming and Hanson
1992) and synthetic (Hemming et al. 1995) car-
bonates revealed a systematic variability in B
isotopic composition with solution chemistry.
Based on the best available measurement of
aqueous B fractionation (Kakihana et al. 1977),
carbonate d11B appeared most similar to the pre-
dicted d11BB(OH)4 of seawater. This early body of
work, combined with observations that B OHð Þ4�
appeared to interact directly with calcite growth
surfaces (Hemming et al. 1998), culminated in the
development of a working model of B incorpo-
ration in which only the tetrahedral B(OH)4

−

anion is incorporated from solution. In this model
B OHð Þ4� is adsorbed onto the growing surface of
carbonate minerals, and directly incorporated into
the anion site of aragonite, or transformed into
trigonal HBO3

2− during incorporation into calcite
with little or no isotopic fractionation (Hemming
et al. 1995; Hemming and Hanson 1992). This
mechanism was supported by all available
experimental data, and was based on a funda-
mental difference between the aqueous B species:
the charged B OHð Þ4� ion will interact more
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readily with a growing mineral surface, compared
to uncharged B(OH)3. This model provided the
basis for the subsequent development and appli-
cation of the B carbonate proxies.

The first evidence to suggest that B incorpo-
ration may be more complex came from the
detailed study of isotope fractionation between
aqueous B(OH)3 and B OHð Þ4�. Numerous the-
oretical and experimental studies concluded that
B fractionation is significantly different from
Kakihana et al. (1977) initial estimate of *19‰,
with estimates ranging between 18–30‰,
depending on the specifics of the experimental
conditions or theoretical approach used (Klochko
et al. 2006; Y. Liu and Tossell 2005; Nir et al.
2015; Oi 2000; Sanchez-Valle et al. 2005; Zeebe
2005). Today, the widely accepted fractionation
factor for B in seawater is 27.2 ± 0.6‰ (Klochko
et al. 2006). In light of this revised fractionation
factor, it became apparent that previous d11B
measurements of carbonates (Hemming et al.
1995; Hemming and Hanson 1992; Sanyal et al.
1996, 2000, 2001) were significantly different
from aqueous d11BB OHð Þ4� , which undermines the
conveniently straightforward B incorporation
mechanism proposed by Hemming and Hanson
(1992). Subsequent measurements of d11B in
other synthetic and biomineral carbonates largely
reinforce this observation, exhibiting d11B values
that are often heavier (more positive) or lighter
(more negative) than the d11BB OHð Þ4� predicted by
a *27.2‰ fractionation (Fig. 4.1; e.g. Sanyal
et al. 2001; Foster 2008; Henehan et al. 2013).
Some studies report d11B that is very similar to
aqueous d11BB OHð Þ4� (e.g. Rae et al. 2011;
Kaczmarek et al. 2016), but given the wide d11B
variability in the literature, and the complexity
and diversity of B data processing methods (e.g.
choice of equilibrium coefficients and fractiona-
tion factors), these studies must be treated as the
exceptions, rather than the rule, when seeking to
understand B incorporation mechanisms.

The d11B of the majority of naturally and
synthetically formed carbonates are significantly
offset in both intercept and slope from ‘ideal’

Fig. 4.1 Boron in solution and carbonates. Aqueous B
exists in a pH-dependent equilibrium between B(OH)3 and
B(OH)4

_ (top), and there is an isotope fractionation of
*26‰ (Nir et al. 2015) between these species (bottom).
The d11B of trace B within carbonate minerals varies with
pH, although the absolute d11B value and slope of the
change is highly variable, depending on the provenance of
the mineral (e.g. specific organism or precipitation envi-
ronment). In this plot pKB = 8.6 (Dickson et al. 2007) and
r4–3 = 1.026 (Nir et al. 2015). The ‘calcite range’
envelope is described by two r4–3 values of 1.019 and
1.037, and encompasses 95% of measurements of syn-
thetic and biomineral calcite and aragonite reported by
systematic studies across a broad pH range (Hemming
et al. 1995; Sanyal et al. 1995; Sanyal et al. 2000; Sanyal
et al. 2001; Hönisch et al. 2003; Hönisch et al. 2004;
Foster 2008; Rollion-Bard & Erez 2010; Krief et al. 2010;
Trotter et al. 2011; McCulloch et al. 2012; Anagnostou
et al. 2012; Henehan et al. 2013; Martinez-Boti et al. 2015;
Noireaux et al. 2015; Henehan et al 2016). Data points
used to calculate this range are shown as grey dots. The
variability within this data reflects a combination of both
constant offsets and deviations in slope from r4–3 lines
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predicted d11BB OHð Þ4� values. The offsets from

predicted d11BB OHð Þ4� may be caused by kinetic
isotope fractionation during the incorporation of
B, the incorporation of both B(OH)4

− and B(OH)3
from solution or, in biominerals, the influences of
biological controls on solution chemistry and
mineral precipitation processes. However,
despite these offsets it is notable that carbonates
from a single, distinct origin (e.g. precipitates
formed under similar conditions, or shells pro-
duced by the same organism) consistently show
relationships between mineral d11B and solution
d11BB OHð Þ4� . Based on these relationships, care-
ful calibrations linking the d11B and B/Ca1 of
carbonates to solution chemistry have allowed
the development of empirical carbonate chem-
istry and pH palaeoproxies. However, the
unknown factors influencing B uptake into car-
bonate minerals introduces considerable uncer-
tainties into their interpretation, particularly
when seeking to interpret the B chemistry of
biominerals beyond the range of extant species
where unknown ‘vital effects’ complicate
empirical calibrations. A systematic understand-
ing of B uptake into carbonate minerals would
allow us to separate the influences of crystallo-
graphic, biological and climatic signals on car-
bonate d11B and B/Ca, and significantly increase
our confidence in their application as
paleoproxies.

Uncovering the mechanisms of B incorpora-
tion in carbonates is inherently complex, because
it involves the interaction of two kinetically and
thermodynamically distinct aqueous B species
with a complex growing crystal surface. There
are a lot more ‘moving parts’ to consider than
with the relatively straightforward cationic trace
elements (e.g. Mg2+ or Sr2+). There have also
been historical uncertainties surrounding the
equilibrium values of B speciation and isotope

fractionation in solution (Pagani et al. 2005;
Hemming and Hönisch 2007), and differences in
precipitation conditions and choices of data
processing methods between studies (e.g. Uchi-
kawa et al. 2015 vs. Kaczmarek et al. 2016), all
of which combine to complicate interpretation of
published data. Recent inorganic precipitation
experiments seek to take these considerations
into account, and offer insights into the dynamics
of B uptake into calcite and aragonite through
systematic, controlled experiments (Farmer et al.
2015; Mavromatis et al. 2015; Noireaux et al.
2015; Uchikawa et al. 2015; Kaczmarek et al.
2016; Holcomb et al. 2016). These studies pro-
vide compelling evidence to suggest that the
incorporation of B into synthetic calcite and
aragonite occurs via distinct mechanisms. Arag-
onite appears to solely incorporate B OHð Þ4�,
while calcite may take up a mixture of both
B OHð Þ4� and B(OH)3 from solution, possibly
with a significant isotopic fractionation associ-
ated with B incorporation. This offers confidence
in our understanding of B incorporation into
aragonite, but highlights a significant shortfall in
our understanding of B uptake into calcite.

The lack of a comprehensive model of B
uptake mechanism in carbonates has significant
implications for our interpretation of
carbonate-derived B proxy records, and is sorely
needed if we are to confidently interpret these
records. To explore the mechanisms of B incor-
poration in calcite and aragonite, we will first
review the structure and growth mechanisms of
marine carbonate minerals, and the mechanics of
impurity incorporation. We will then review the
B geochemistry of synthetic carbonates, and
consider how they fit with our current under-
standing of B solution chemistry and mineral
growth processes. Finally, we will consider the
complicating factors that may separate carbonate
biominerals from these synthetic precipitates.

1Strictly, it is more appropriate to consider B/CO3
2− ratios

in carbonates because B is an anion. However, B is
routinely measured by mass spectrometry relatve to Ca, so
is conveniently expressed as B/Ca. Stoichiometrically,
B/CO3

2− = B/Ca / (1 − B/Ca), so as long as B is a trace
element, the difference between B/Ca and B/CO3

2− will
be vanishingly small, and they can be treated as
equivalent.

74 O. Branson



4.2 Marine Calcium Carbonate
Minerals

Calcium Carbonate (CaCO3) minerals are abun-
dant throughout the ocean, and are a major
component of the global carbon cycle. The
majority of CaCO3 produced in the modern

ocean is in the form of biomineral skeletal
components, made by a diverse range of organ-
isms (Milliman 1993; Morse et al. 2007). The
two most abundant forms of CaCO3 are calcite
and aragonite. These polymorphs are stoichio-
metrically identical, formed from a lattice of Ca2+

and CO3
2− ions, but differences in the arrange-

ment and bonding of these ions give them dis-
parate physical, chemical and structural
properties (Fig. 4.2; Reeder 1983).

4.2.1 Carbonate Mineral Formation

While the composition and structure of carbonate
minerals are relatively simple, their formation
processes can be surprisingly diverse and com-
plex (Fig. 4.3). Calcite and aragonite may form
via monomer addition to a growing mineral
surface, as described by the Terrace Ledge Kink
(TLK) model (Fig. 4.4; Burton et al. 1951;
Chernov 1984; de Yoreo and Vekilov 2003), or
‘non-classical’ processes such as the agglomer-
ation and crystallization of amorphous precursor
phases via Ostwald ripening (Bots et al. 2012;
Ostwald 1897), or the oriented assembly of
nano-crystalline particles (Fig. 4.3; de Yoreo
et al. 2015). Numerous extensive reviews offer a
more complete discussion of carbonate nucle-
ation and growth (e.g. de Yoreo et al. 2015; de
Yoreo and Vekilov 2003; Morse et al. 2007;
Weiner 2008), and we will focus here on those
aspects of mineral precipitation most relevant to
B incorporation in marine carbonates.

Many carbonate biominerals are likely to be
formed via non-classical growth pathways,
involving amorphous precursor phases or
nano-particle assembly (de Yoreo et al. 2015;
Weiner and Addadi 2011; Weiner et al. 2002).
Therefore, deciphering the uptake of B via
non-classical mineralization pathways may ulti-
mately offer the most comprehensive and useful
understanding of B incorporation in marine car-
bonates. However, these growth mechanisms are
diverse and complex, and studies seeking to

Calcite

Aragonite
Ca

O
C

Fig. 4.2 The atomic-scale structure and calcite and
aragonite. Calcite is a trigonal hexagonal structure with
R3c symmetry, while aragonite is an orthorhombic structure
with mmm symmetry. Calcite (DGformation = −1128.8 kJ
mol−1) is more stable than aragonite (−1127.8), with a
higher solubility product (−log Ksp = 8.30 vs 8.12).
Aragonite is denser than calcite (2.95 vs 2.71 g cm−3)

4 Boron Incorporation into Marine CaCO3 75



determine the mechanisms of B uptake into car-
bonates have thus far focussed on simpler syn-
thetic precipitates, produced in well-constrained
laboratory conditions. In these idealized systems,
crystal growth tends to proceed via the relatively
simple and well-understood ‘classical’ TLK
growth model.

4.2.1.1 Terrace-Ledge-Kink
(TLK) Growth

The overall drive of mineral precipitation is
thermodynamic. A carbonate mineral may form
from a solution when the concentrations of Ca2+

and CO3
2+ are high enough that the precipitation

of a mineral reduces the free energy of the sys-
tem. At the level of TLK growth, this is

described in terms of the kinetics of monomer or
molecule attachment and detachment at the
growing surface of a crystal (de Yoreo and
Vekilov 2003; Zhang and Nancollas 1990).
Crystal growth will occur when the rate of ion
attachment exceeds the rate of detachment
(Fig. 4.4a). These rates can be considered
instantaneously in terms of the probability of a
given ion overcoming the energy barriers asso-
ciated with attachment or detachment.

The first step to attachment at a crystal surface
is the encounter of a solute ion with the surface.
The probability of this encounter is directly
proportional to the activity of the ion in solution,
which in simple solutions is equivalent to its
concentration. Next, the ion must undergo

Fig. 4.3 Carbonate precipitation mechanisms. Car-
bonates form via a diverse range of processes, from a the
addition of monomers from solution onto a mineral
growth surface (Fig. 4.4), to b the accumulation and
transformation of amorphous precursor phases, or c the
formation and assembly of crystalline nano-particles.
These processes are more accurately considered as

mechanistic end-members, and may often coincide (e.g.
de Yoreo et al. 2015). This schematic illustrates the
general steps involved in each end member and they ways
they can interact. The mechanisms of mineral growth in
carbonates produce a diverse range of both structural and
non-structural mechanisms of trace element incorporation
(Fig. 4.5)
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‘desolvation’, and break free of an ordered shell
of water molecules, known as its hydration shell.
Once free of its associated water molecules, the
ion may form bonds with the mineral surface
(Fig. 4.4b). These steps each involve an energy
barrier, and the probability that these barriers are
overcome depends upon the amount of free
energy in the environment (i.e. temperature). The
energy barrier to desolvation of the ion in solu-
tion or the mineral surface is often a rate limiting
step in this processes, and variations in the

strength of hydration shells between different
ions drives a degree of specificity in the attach-
ment of solute ions to the surface. The energy
required for desolvation can be increased or
decreased by ion-specific interactions with other
solutes, or ions and compounds that are already
attached to the crystal surface. This can lead to
complex relationships between solute and surface
composition, surface structure, and ion uptake
into the crystal (e.g. Piana et al. 2008). Once
attached to the mineral surface, the ion may
detach from the surface, migrate across the sur-
face to adjacent attachment sites, or remain
attached and become incorporated into the bulk
mineral structure.

The probability of ion detachment is deter-
mined by the energy barrier to break the bonds
formed with the surface, and is nearly indepen-
dent of its concentration of solution (DePaolo
2011). The migration of ions on the surface is
governed by the principles of surface diffusion,
where the energy barrier for an ion to ‘jump’
between adjacent binding sites tends to be much
lower than the energy barrier to detachment. The
energy barriers to both surface diffusion and
detachment depend on the strength and number
of bonds formed with the mineral surface, which
is largely dependent on the structure of the
bonding environment. During precipitation, ions
on the surface are most strongly attached at ‘step’
edges, where they are bonded on two sides, and
‘kink’ sites where they bond on three sides
(Fig. 4.4c). At near-equilibrium conditions, the
majority of ion detachment and attachment
occurs at kink sites, while at high supersatura-
tions the attachment of ions to step edges occurs
more frequently, forming ‘1D nuclei’ which
generate new kink sites (Zhang and Nancollas
1990). Once attached to a step edge or kink site,
the energy barriers to ion detachment and diffu-
sion are significantly greater, and the ion is more
likely to be incorporated into the bulk mineral.
This drives the propagation of kink sites and
growth terraces across a mineral face. Because
atoms can be unevenly arranged within the
crystal lattice, different growth faces of the

(a)

(b)

Ca2+

CO3
2-

H2O

1

2

3
1 Desolvation

2 Attraction

3 Migration

Rf

Rb

Rp = Rf - RbSolid Fluid

(c)

Fig. 4.4 The TLK growth model. a Crystal precipita-
tion rate (Rp) may be considered as the difference between
the rates of molecule attachment (Rf) and detachment
(Rb). b Attachment rates at the mineral surface are
governed by the energy barriers to desolvation of the
solution ion and/or surface, bond making, and migration
across the surface to a low-energy binding environment at
‘growth step’ edges. The energy barrier to bond breaking
at the mineral surface determines detachment rates. c In
three dimensions, this leads to the development of the
‘Terrace-Ledge-Kink’ growth environment, where
monomer-thick layers propagate across the crystal sur-
face, adding new ions at the low energy bonding
environments available at ‘step’ and ‘kink’ sites
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mineral can present distinct bonding environ-
ments, with corresponding differences in binding
energies. In the case of a crystal like calcite,
differences in the atomic structure of these
binding sites leads to strong preferential attach-
ment and growth parallel to the crystallographic
‘c axis’, which determines the shape of the
overall crystal.

4.2.1.2 Non-classical Crystal Growth
Crystals may also grow via more complex pro-
cesses, involving the formation and transforma-
tion of intermediate metastable phases.
Mineralization via amorphous calcium carbonate
(ACC, Fig. 4.3b, c) involves the concentration of
disordered, or poorly ordered Ca2+ and CO3

2− at
similar density to the mature mineral (Faatz et al.
2004; Navrotsky 2004; Radha et al. 2010), with
stabilizing additives (e.g. amino acids, proteins,
or inorganic ligands), that prevents the nucleation
or growth of a coherent crystalline structure
(Aizenberg et al. 2002; Raz et al. 2003; Wang
et al. 2009). Note that ‘ACC’ is an umbrella term
describing a diverse range of poorly crystalline
precursor phases, with a wide range of stabi-
lization and crystallization mechanisms, and a
corresponding range in geochemistry (de Yoreo
et al. 2015). On contact with an external nucle-
ation sites, or on removal of the stabilizing ele-
ment, the nucleation and growth of the mature
mineral phase occurs rapidly from ACC, either
through a highly localized dissolution-
reprecipitation reaction (Bots et al. 2012;
Rodriguez-Blanco et al. 2011; Rodriguez-
Navarro et al. 2015, 2016), or via a propagat-
ing solid phase transformation (Gal et al. 2013).
The assembly of ACC nano-particles can follow
similar TLK-type patterns, adding ACC particles
to the growing surface instead of monomer ions
(Rodriguez-Navarro et al. 2016). These ACC
‘building blocks’ can transform into coherent,
single crystal structures, or leave a distinctive,
‘nodular’ microstructure, depending on the
specific stabilizing additive in the ACC phase
(Rodriguez-Navarro et al. 2016). The same
thermodynamic and kinetic principles governing
TLK crystal growth still apply to the transfor-
mation of these ACC particles, but the chemical

and physical environment of mineral growth is
far removed from an ‘open’ equilibrated system,
and precipitation or transformation occurs in a
restricted, diffusion-limited environment that is
distinct from the parent solution.

Nano-crystal assembly may be involved in the
formation of complex biomineral structures (e.g.
Oaki et al. 2008; Killian et al. 2009), and is best
considered as a mechanism for controlling the
overall architecture of a mineral structure, rather
than a process of mineral precipitation in itself.
Nano-crystals ‘building blocks’ may form by
either classical or non-classical growth processes,
most likely in chemically controlled biological
environments (de Yoreo et al. 2015).

4.2.2 Impurity Incorporation
in Carbonates

Calcite and aragonite are able to accommodate
trace impurities within their structure. Impurities
can be hosted in a diverse range of atomic
environments (Fig. 4.5), from straightforward
substitution of individual monomers within the
mineral structure (e.g. Branson et al. 2013), to
coupled substitutions (e.g. Binder and Troll
1989), concentration along crystal grain bound-
aries (e.g. Watson 1996), distinct micro-domains
within the mineral structure (e.g. Schmalz 1965;
Weber and Kaufman 1965), or in association
with non-mineral skeletal components in com-
posite biomineral structures (e.g. Branson et al.
2016; Erez 2003). The environment in which an
impurity is hosted within the mineral structure
depends on the chemical and physical charac-
teristics of the impurity, and the structure and
precipitation mechanism of the host mineral.

The dynamics of trace cation incorporation by
direct substitution in simple, TLK growth sys-
tems have been extensively studied (Davis et al.
2000; DePaolo 2011; Gabitov et al. 2013; Katz
1973; Nielsen et al. 2012; Oomori et al. 1987;
Paquette and Reeder 1995), and form the basis of
our understanding of trace element incorporation
in carbonates as a whole. At the bulk scale, as
with mineral precipitation, impurity incorpora-
tion can be considered thermodynamically in
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terms of the free energy contribution of the
impurity to the host mineral. Any disparity in
size, charge or shape between the impurity and

the host ion it is replacing will increase the free
energy of the mineral, and decrease the likeli-
hood of its incorporation. For example, Ca2+ in

Fig. 4.5 The environments of trace elements in car-
bonates, arranged in approximate correspondence to the
mineral precipitation mechanisms most likely to produce
them. Simple monomer-addition growth, as described by
the TLK mechanism (Fig. 4.4) is most likely to incorpo-
rate ideally substituted impurities, either as individual ions
or in coupled ion complexes. If precipitation is rapid,
incorporation in interstitial sites is also likely, via
entrapment mechanisms. This is particularly true during
the rapid dissolution-reprecipitation of ACC phases in
diffusion-limited environments. The crystallization of
ACC phases brings the possibility of excluding impurities

to grain boundaries, or in extreme cases concentrating
them into micro-domains of a distinct mineral phase. This
may occur in either dissolution-reprecipitation or
solid-state transformation, as the crystal formation
excludes impurities present in the ACC phase away from
the propagating crystallization edge. Finally, the assembly
of mineral structures via the agglomeration of crystalline
or ACC nano-particles provides opportunity to include
fluid inclusions that capture trace elements from solution,
or may be built around non-crystalline structural compo-
nents (e.g. organic templates), which can contribute to the
bulk chemical signature of the mineral structure
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Fig. 4.6 The size and shape of C and B anions, and
the structure of the anion site in calcite and aragonite.
The anion sites are defined by an octahedral network of
nearest-neighbor Ca2+ ions. The anion site structure is
superficially similar, but differences in the bounding

symmetry of Ca2+ ions alter the anion bonding environ-
ment. Significantly, the CO3

2− ion in aragonite is shifted
towards the lower edge (as presented here) of the
octahedron, providing more space to incorporate a
non-planar impurity ion
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calcite is bonded to eight CO3
2− anions in a tight

arrangement, while in aragonite it is bonded to
nine anions in a larger, looser arrangement
(Fig. 4.6) (Reeder 1983). Because of the differ-
ences in the size of the cation site, impurity
cations smaller than Ca2+ (e.g. Mg2+) will sub-
stitute more readily into calcite than aragonite, as
less distortion is required to accommodate the
impurity. Conversely, cations larger than Ca2+

(e.g. Sr2+) will substitute more easily into arag-
onite (Mucci and Morse 1983).

While it is convenient to reduce the substitu-
tion of cation impurities to considerations of
ionic radii, this is only a good predictor of trace
element content when the mineral is growing in
equilibrium with the solution. That is, when the
speed of reactions with the mineral surface and
the diffusion of ions in solution are both faster
than the net rate of ion addition to the mineral.
When precipitation rate exceeds the speeds of
surface reactions or ion diffusion, kinetically
controlled non-equilibrium processes become a
much stronger control over impurity incorpora-
tion, and drive deviations from ideal thermody-
namic behavior. A complete kinetic view of
mineral growth involves the interaction of every
solute with the mineral surface, and with each
other. Any solute that encounters the surface may
attach to it, everything attached to the surface
may become detached, and specific ion-ion
interactions both in solution and at the mineral
surface can alter these attachment and detach-
ment rates. Given the prevalent super-saturation
of seawater with respect to CaCO3 minerals, and
the tight controls over biological mineralization,
it is likely that the majority of marine carbonate
minerals are precipitated under reaction-limited
conditions (DePaolo 2011; Nielsen et al. 2012),
possibly within diffusion-limited environments
(DePaolo 2011; Watson and Liang 1995; Watson
1996), where non-equilibrium kinetics are the
main drivers of impurity incorporation.

4.2.2.1 Reaction-Limited Impurity
Incorporation

A complete understanding of impurity incorpo-
ration should consider the interaction of all
solutes with the mineral surface and with each

other, but in practice this is prohibitively com-
plex. Instead, ion-by-ion growth models consid-
ering subsets of solute-mineral interactions are
beginning to uncover some of the kinetic controls
over isotope fractionation and trace element
incorporation during mineral growth (Surface
Kinetic Model, SKM; DePaolo 2011; Nielsen
et al. 2012, 2013). In these models impurity
incorporation is considered in terms of the
attachment and detachment rates of impurities
relative to the host constituents of the mineral
(Fig. 4.7), and the influence that these impurities
exert on the kinetic ‘landscape’ of the mineral
growth surface. The rate of impurity attachment
is determined by its activity in solution relative to
the host ions, the availability of binding sites on
the mineral surface, and the energy barriers to
bond-making with the mineral surface.

The availability of bonding sites is driven by
the relatively well-defined controls over TLK
growth geometry, which link solution chemistry
to the density of ‘kink’ ion binding sites (Zhang
and Nancollas 1990; Nielsen et al. 2012). As
with the host mineral constituents, the energy
barriers to bond-making with the mineral surface
are governed by the desolvation of the impurity
and the mineral surface, and the electrostatic
interaction between the impurity and the surface.
Desolvation energies are highly ion-specific, and
depend upon the charge density (or ionic radius)

Solid Fluid

HRf

HRb

TERf = HRf r Kf

TERb = HRb rsolid Kb

Fig. 4.7 The incorporation of trace elements (TE)
may be reduced to the consideration of the attachment and
detachment of trace impurity ions (TER), relative to the
host ions (HR). This may be expressed in terms of the ratio
of the impurity trace element to the host constituent
(TE/H) in the fluid or solid, and a partition coefficient
(K) (DePaolo 2011)
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of the surface or ion. Electrostatic interactions are
determined by the difference in charge between
the growth surface and ion.

Most surfaces in water are charged, and this
charge is measureable as the ‘zeta potential’—the
electrostatic potential between the surface and
solution under a particular set of conditions. The
sign of this charge dictates whether the surface
will interact more easily with cations or anions.
Numerous processes combine to determine sur-
face charge (e.g. Chap. 4 of Butt et al. 2003), but
at a basic level it can be considered as the
steady-state balance of ion attachment and
detachment rates, and the pH of the solution. At
low pH protons can accumulate at the mineral
surface, making it positively charged, while at
high pH protons move from the mineral surface
to the proton-deplete solution, and the surface
becomes negatively charged. Alongside the
action of pH, the relative attachment and
detachment rates and the ionic potential
(charge/size) of its main constituent ions will also
influence surface charge. For example, in a
solution that is Ca2+ rich but CO3

2− poor,
available Ca2+ sites on the surface will be occu-
pied more quickly than CO3

2− sites, leading to a
more positive surface charge (Sawada 1997;
Chibowski et al. 2003; Durán-Álvarez et al.
2016; Plank and Bassioni 2007; Vdović 2001).
In carbonates, the interaction of pH with aqueous
carbon speciation, and the roles of both Ca2+ and
CO3

2− in determining both binding site avail-
ability and surface charge can create surprisingly
complex relationships between calcite surface
charge and solution chemistry.

The zeta potential of calcite has been mea-
sured by numerous studies, with a wide range of
results (reviewed in Wolthers et al. 2008),
although very few studies explicitly consider
aragonite (Moulin and Roques 2003). Both the
magnitude and sign of the surface charge, and its
response to pH variations are highly variable
across these experiments, with approximately
equal numbers of studies reporting both negative
and positive charges for carbonate surfaces
(Moulin and Roques 2003; Wolthers et al. 2008).
However, the majority of these differences are
accounted for by changes in solution chemistry,

mineral surface structure, and mixing rates
between the experiments. Importantly, studies
that investigate the influence of fluid composition
on surface charge find that a major control over
the surface charge is the relative abundance of
divalent cations and carbon anions in solution
(Chibowski et al.; Fuerstenau and Herrera-Urbina
1992; Huang et al. 1991; Moulin and Roques
2003). Across a seawater- and biomineral-
relevant pH range (*7 to *10), most of these
studies find that carbonates have a weakly posi-
tive surface charge (zeta potential of >4 mV), as
long as Ca2+ or Mg2+ are present in the envi-
ronment at higher concentrations than CO3

2− or
HCO3

− (Chibowski et al. 2003; Fuerstenau and
Herrera-Urbina 1992; Huang et al. 1991). A no-
table exception to this is the study of Moulin and
Roques (2003), who report predominantly neg-
ative surface charges in both calcite and arago-
nite across a range of experimental conditions,
with aragonite being *2–4 mV more negative
than calcite. The authors argue that previous
reports of positive surface charges are primarily
attributable to insufficient equilibration of the
mineral surface before observation. However,
given that natural carbonate minerals are unlikely
to precipitate under surface-equilibrated condi-
tions, and Ca2+ is relatively abundant in seawa-
ter, this may be taken to suggest that carbonate
surfaces are most likely weakly positive in most
natural formation environments, with relatively
more vacant CO3

2– than Ca+ binding sites on the
surface. This must be accompanied by the major
caveat that studies of carbonate zeta potential are
all conducted in relatively simple solutions,
which do not reflect the ionic complexity of
seawater.

Once attached to the surface, the rate of
detachment of impurities will depend upon the
strength of the bonds it forms with the mineral
surface, which is related to how well the impurity
fits in the host mineral structure. The probability
of an attached ion becoming detached may be
considered in terms of the amount of time it
remains on the surface, relative to the growth rate
of the mineral. The longer the impurity remains
on the surface without being structurally incor-
porated, the higher its chance of detachment.
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Attached impurities interact with the growth
processes of minerals, and can influence the
kinetic ‘landscape’ of a mineral surface (Davis
et al. 2004; Ruiz-Agudo et al. 2012), and there-
fore their chance of being incorporated (de Yoreo
and Vekilov 2003; Dove et al. 2004; Nielsen
et al. 2013). Impurities may alter mineral growth
dynamics either by being incorporated and
increasing the local solubility of the mineral
surface, by binding to the surface and blocking
the propagation of growth steps or kink sites, or
by acting as a surfactant to modify the energetics
of the mineral surface (Dove et al. 2004).
Impurities can alter the growth surface of the
crystal, and ultimately its trace chemistry and
morphology.

4.2.2.2 Diffusion-Limited Surface
Environments

The incorporation of trace elements may be
considered in terms of the attachment and
detachment of impurities from a well-mixed,
bulk solution. However, marine carbonates may
often be precipitated rapidly, in diffusion-limited
environments. This can generate boundary layers
with distinct composition, and further complicate
the incorporation of trace elements (DePaolo
2011; Watson and Liang 1995; Watson 1996).

Disequilibrium boundary layers can develop
on both the fluid and mineral sides of a growing
crystal face. In the fluid, a boundary layer will
form if the net rate of ion attachment to the
surface exceeds the diffusivity of the ions in
solution (Watson 1996). The precise composition
and thickness of this surface layer depends upon
the mineral precipitation rate, the ease of incor-
poration of impurity ions into the solid, and the
diffusivity of individual ions in solution. Because
the uptake of host constituents into the mineral
will always exceed impurity uptake, the bound-
ary layer will be enriched in impurity ions rela-
tive to the bulk solution. This surface boundary
layer has the potential to separate the chemistry
‘seen’ by the mineral growth surface from the
chemistry of the bulk solution (Watson and

Liang 1995; Watson 1996). For synthetic car-
bonates growing in well-mixed solutions,
DePaolo (2011) points out that the effects of this
boundary layer will be minimal, given the dif-
fusivities of Ca2+ and CO3

2−, even at high pre-
cipitation rates. However, fluid boundary layers
may be important in natural settings, where
minerals often form in confined, poorly-mixed
microenvironments.

On the mineral side, the first few layers of
attached ions can act as a second,
diffusion-limited boundary layer, and provide a
route to impurity incorporation via ‘growth
entrapment’ (Watson 2004). This mechanism
considers the diffusivity of individual ions within
the mineral surface, and their ability to escape a
‘partially-crystallized’ advancing mineralization
front. If the mineral precipitation rate exceeds the
rate at which an impurity ion can diffuse out of
the mineral surface, the impurity is trapped
within the growing mineral. This entrapment
mechanism can be considered in terms of the
‘critical thickness’ of the surface boundary layer,
which defines the depth below which an impurity
is trapped within the mineral structure (Watson
and Liang 1995; Watson 1996). This growth
entrapment model can be used to explain
precipitation-rate dependent trends in the trace
element content of several inorganically precip-
itated calcites (Watson 2004). However, DePaolo
(2011) points out that to explain these trends, the
model must employ diffusivities many orders of
magnitude faster than those measured in car-
bonate minerals. It is therefore likely that
diffusion-limited boundary layers on the fluid
side of the interface have the most potential to
influence trace element uptake. In this case,
reaction limited impurity incorporation via the
Surface Kinetic Model (SKM; Fig. 4.7; DePaolo
2011; Nielsen et al. 2012, 2013) from a modified
fluid boundary layer offers the highest potential
for deviation from thermodynamic impurity
incorporation behavior. Interestingly, while
DePaolo’s surface-reaction and Watson’s
entrapment models describe significantly
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different processes, the two models predict
functionally similar trends of impurity incorpo-
ration. Both offer a route to impurity uptake in
growing minerals that is distinct from equilib-
rium growth, and depends on the growth rate of
the mineral. Both are able to account for patterns
of growth-rate dependent trace element incorpo-
ration in calcite (DePaolo 2011; Watson 2004),
but the Surface Kinetic Model (SKM; DePaolo
2011) can simultaneously explain kinetic isotope
fractionation during incorporation.

4.2.2.3 Impurity Incorporation
in Non-classical Growth

All mechanisms discussed thus far are derived
from the consideration of relatively simple TLK
growth processes. Non-classical precipitation
mechanisms can significantly alter impurity
incorporation processes and alter the bulk geo-
chemistry of a mineral (Fig. 4.5). In particular,
the involvement of ACC presents a variety of
mechanisms to incorporate impurities into both
structural and non-structural sites within the
mineral. The composition of ACC can be distinct
from the solution in which it formed, and is
controlled by a variety of factors (e.g. Wang et al.
2009). The transformation of ACC to crystalline
carbonate may proceed via dissolution-
reprecipitation (Bots et al. 2012; Rodriguez-
Blanco et al. 2011; Rodriguez-Navarro et al.
2015, 2016) or solid phase transformation (Gal
et al. 2013). Both transformation mechanisms
involve a rapid precipitation of a mineral in a
diffusion-limited poorly-crystalline environment,
where the Growth Entrapment Model (Watson
2004) may become an important mechanism of
trace element uptake. With limited room for
escape, trace elements included in the ACC
phase that are incompatible with the crystalline
phase may either be incorporated in the mineral
via growth entrapment, excluded to ACC grain
boundaries, or concentrated in micro-domains of
a distinct mineral phase. The agglomeration of
ACC or crystalline nano-particle assembly also
provides the opportunity for incorporating fluid
inclusions, which could capture the chemistry of
the surface boundary layer. Finally, the inclusion
of non-mineral structural components in

biominerals may significantly alter the geo-
chemistry of the bulk structure (e.g. Branson
et al. 2016). While impurities in these latter
mechanisms are not strictly ‘incorporated’ into
the mineral structure, they will impact the geo-
chemistry of the bulk mineral. The involvement
of non-classical mineralization processes signif-
icantly complicates the incorporation of impuri-
ties within a mineral, and it is unclear how well
our current understanding of impurity incorpo-
ration derived from classical growth systems
translates to these more complex processes.

4.3 Boron Incorporation in Calcium
Carbonates

The incorporation of B into carbonate minerals is
governed by the same fundamental mineral
growth and impurity incorporation processes as
any other element, and should be predictable
following the same principles. However, B
incorporation has several extra layers of com-
plexity, and there are many more ‘moving parts’
to consider than in direct cation-cation substitu-
tions. The first layer of complexity comes from
the aqueous chemistry of B.

4.3.1 Aqueous Boron Chemistry

Boron in solution exists in a pH-dependent
equilibrium between two aqueous species, trig-
onal B(OH)3 and tetrahedral B OHð Þ4�. The
pK*

B of this equilibrium is sensitive to temper-
ature and solution composition (Pagani et al.
2005), and is *8.6 in typical Holocene seawater
conditions (DOE 1994). The stronger B–O bonds
in B(OH)3 lead to an accumulation of heavy 11B
in this species (Hemming and Hanson 1992;
Urey 1947). In seawater, the isotope fractionation
between the species is somewhere between 26–
27‰ (Klochko et al. 2006; Nir et al. 2015). Most
applications of the B palaeoproxies use Klochko
et al. (2006) seawater value of 27.2 ± 0.6‰, but
it is worth noting that the fractionation of B is not
set in stone. Nir et al. recently reported value of
26‰ had a measurement error of ± 1‰, and

84 O. Branson



while Klochko et al. 27.2‰ value has a smaller
measurement error, they report a wide range of
fractionations ( *24 to *30‰) depending on
solution chemistry (pure water, KCl and seawa-
ter). This may be significant, given that organ-
isms are known to modify the composition of the
fluids in their calcifying environments.

The equilibration and isotopic fractionation
between the aqueous B species is rapid ( *95
and *123 µs), several orders of magnitude fas-
ter than the incorporation of ions during
biomineral carbonate mineral growth, as esti-
mated from gross biomineral extension rates
(Zeebe et al. 2001). The relative speed of isotope
equilibration should preclude any isotope frac-
tionation during B incorporation into carbonates,
if the surface remains in equilibrium with the
solution. However, this reasoning only holds true
if crystal precipitation rate is directly related
gross extension rate. In TLK growth this is likely
the case, but if precipitation proceeds via a more
complex mechanism, it may be more accurately
considered as a series of episodic events with a
fast instantaneous precipitation rate (e.g. crys-
tallization of ACC granules). If this instanta-
neous precipitation rate approaches the
equilibration time of the B species, kinetic frac-
tionation effects may become important.

The size, shape and charge of the major
aqueous B species make them most suited to
substitution in the anion (CO3

2−) site in CaCO3

minerals (Fig. 4.6), particularly when considered
in their dehydrated form (BO3

3− and BO4
4−).

Trigonal BO3
3− is most similar to the CO3

2− ion,
with a similar size (B–O and C–O bonds of 1.28
vs 1.36 Å) and trigonal planar shape (Fig. 4.6).
If, as suggested by the literature, carbonate
growth surfaces in marine environments carry a
weak positive charge (Sect. 4.2.2.1), the nega-
tively charged B OHð Þ4� ion will interact more
readily with the carbonate growth surface than B
(OH)3. However, the tetrahedral pyramidal
structure of BO4

5−, combined with its greater
charge make it a poor fit the CO3

2− ion site
(Balan et al. 2016). Based purely on size and
charge considerations, the most straightforward
substitution for the CO3

2− ion in carbonate

would be a trigonal B species HBO3
2− (Balan

et al. 2016; Hemming et al. 1995; Hemming and
Hanson 1992).

4.3.2 Boron in Synthetic Carbonates

Data from systematic inorganic precipitation
experiments allow the examination of B incor-
poration mechanisms in a relatively
well-constrained environment. The growth
mechanism of the synthetic carbonates discussed
here was not experimentally determined, but the
simple, open-solution chemistry of the experi-
ments, combined with the euhedral structure of
the resulting precipitates strongly suggests that
mineral growth occurred via TLK mechanisms
(Mavromatis et al. 2015; Uchikawa et al. 2015).

When considering the mechanisms of trace
element uptake into minerals grown under dif-
ferent conditions, it is necessary to normalize
measurements to the same scale. In simple ionic
substitutions this is straightforward, and the
‘partitioning coefficient’ (K) of a trace element
can be defined relative to solution chemistry. In
the case of Mg:

K ¼ Mg=Casolid
Mg=Cafluid

Because B exists in two aqueous species, and
most likely interacts with the anion site of car-
bonates, its partitioning can be defined in a variety
of ways relative to the aqueous B and C species. In
the literature partition coefficients have been cal-
culated by normalizing carbonate B/Ca (which is
Stoichiometrically equivalent to B/C) to solution
B OHð Þ4�/HCO3

− (Hemming et al. 1995), B/DIC
(Uchikawa et al. 2015), B OHð Þ4�/CO3

2−

(Mavromatis et al. 2015), B OHð Þ4�/(CO3
2−)0.5,

and the Nernst partition coefficient (mass%
Bsolid/mass% Bsolution, Holcomb et al. 2016). The
diversity of partition coefficient definitions com-
plicates the direct comparison of results from
different studies. To allow direct comparison, data
presented here are re-calculated to the k notation
of Uchikawa et al. (2015), where k =
1000 � (B/Ca)solid/[B/DIC]solution.
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4.3.2.1 Synthetic Aragonite
Boron is incorporated more easily into aragonite
than calcite (Figs. 4.8 and 4.9; Kitano et al. 1978,
1979; Hemming et al. 1995; Mavromatis et al.
2015). The d11B of synthetic aragonite shows
clear correspondence to d11BB OHð Þ4� of the parent
solution (Fig. 4.10; Noireaux et al. 2015), except
in an early study (Hemming et al. 1995) where
analytical offsets account for the discrepancy
(Foster et al. 2013). The partitioning of B into
aragonite increases with mineral precipitation
rate, but is relatively insensitive to temperature
(Fig. 4.9; Mavromatis et al. 2015; Holcomb et al.
2016). Of the various studies investigating B
uptake into aragonite, only the two most recent
characterized the aqueous carbonate system
(Holcomb et al. 2016; Mavromatis et al. 2015).
These studies show that B uptake is best pre-
dicted by either the boron to dissolved inorganic
carbon ratio ([B]/[DIC]; Holcomb et al. 2016;
Mavromatis et al. 2016), or [B OHð Þ4�]/[CO3

2

−]0.5 of solution (Holcomb et al. 2016).

Fig. 4.8 The partitioning of B into calcite and arag-
onite from two recent inorganic studies, presented
following the k notation of Uchikawa et al. (2015). Both
studies note a relationship between B incorporation and
mineral growth rate, although the relationship is not
apparent in the data of Mavromatis et al. (2015) when the
data are converted to the k scale. Mavromatis et al. (2015)
also show that aragonite incorporates significantly more B

than calcite under the same conditions (Fig. 4.9). A sec-
ondary dependence on solution pH is evident in the data,
although Uchikawa et al. (2015) specifically decoupled
pH and precipitation rate, revealing that this is less
significant than precipitation rate. The shaded area in the
left panel highlights the log(R) range shown in the right
panel

Fig. 4.9 Growth dependence of B incorporation. At
similar temperature and pH the partitioning of B increases
exponentially with growth rate in both calcite and
aragonite, although aragonite consistently incorporates
*1 order of magnitude more B than calcite. Data
presented here are from precipitates grown at 25°C, and
8.26<pH<8.38 or 8.42<pH<8.54 for calcite and aragonite,
respectively (following Mavromatis et al. 2015). Solid
lines show least squares linear regressions through the
data, with a shaded 95% confidence envelope

86 O. Branson



Structural studies of the coordination state of
B in synthetic and biomineral aragonite (Klochko
et al. 2009; Mavromatis et al. 2015; Rollion-Bard
et al. 2011; Sen et al. 1994) show that B is pre-
dominantly hosted in a tetrahedral (HnBO4

(4−n)−)
coordination within the mineral structure,
although variable proportions of trigonal B can
also be present (HnBO3

(3−n)−). These data are in
line with Density Functional Theory (DFT) cal-
culations of B coordination within aragonite,
which demonstrate that the direct substitution of
B OHð Þ4� for CO3

2− within the mineral structure
is energetically favourable in aragonite (Balan
et al. 2016). These calculations also show that the
variable amounts of trigonal B observed in
aragonite may be explained by the less
energetically-favorable entrapped or substituted
B(OH)3 groups, particularly in biogenic samples.
Together, the correspondence between aragonite
d11B and aqueous d11BB OHð Þ4� , the predominant
tetrahedral coordination of B within aragonite,
and the relatively weak partitioning against B
incorporation during mineral growth offer strong
evidence to support the direct incorporation of
aqueous B OHð Þ4� into aragonite.

4.3.2.2 Synthetic Calcite
Calcite takes up 2–10 times less B than aragonite
(Fig. 4.9; Hemming et al. 1995; Kitano et al.
1978, 1979; Mavromatis et al. 2015), and the
partitioning of B into synthetic calcite is strongly
dependent on the rate (Gabitov et al. 2014;
Mavromatis et al. 2015; Uchikawa et al. 2015;
Kaczmarek et al. 2016) and mechanism (Hobbs
and Reardon 1999) of mineral precipitation
(Figs. 4.8 and 4.9). Of these studies, only Uchi-
kawa et al. (2015) and Kaczmarek et al. (2016)
explore different B partition coefficient defini-
tions, and only Uchikawa et al’s. experiments
offer the comprehensive experimental matrix
necessary to discriminate between them. Uchi-
kawa et al. (2015) demonstrate that total solution
[B]/[DIC] is the best predictor of B partitioning
in their data, particularly at high precipitation
rates (Fig. 4.8).

Kaczmarek et al. (2016) report a strong neg-
ative correlation between B incorporation and
temperature, while Mavromatis et al. (2015) find
no such effect. Kaczmarek et al ascribe this dis-
crepancy to a lack of directly comparable data in
Mavromatis et al. study. An alternate possibility
is that the temperature effect observed by Kacz-
marek et al is at least partly attributable to large
changes in Ca2+ concentrations used to control
precipitation rate between their temperature
treatments. There is some evidence to suggest
that Ca2+ concentration can influence B uptake
(Uchikawa et al. 2015), possibly as a result of
changes in surface binding site availability driven
by solution Ca2+:CO3

2- ratio (Nielsen et al.
2012). Further study is required to explore the
influence of temperature on B uptake into calcite.

Structural studies of calcite growth surfaces by
atomic force microscopy reveal a specific pref-
erence of B for a particular type of kink site
during TLK growth (Hemming et al. 1998;
Ruiz-Agudo et al. 2012). The symmetry of the
calcite crystal structure gives the terraces and
ledges in TLK growth a distinct rhombohedral
structure, with both obtuse- and acute-angle kink
sites. These studies noted that under high pH
conditions, when the majority of B in solution
exists as B OHð Þ4�, B interacted specifically with
the obtuse angle kink sites, inhibiting their pro-
gression along the step edges, and disrupting the
rhombohedral terrace structure of pure calcite.
Combined with the structural argument that larger
B OHð Þ4� ions will prefer obtuse-angle kink sites
simply because they are larger, this observation
offers compelling evidence for the specific inter-
action of B OHð Þ4� ions with the growing crystal.

Measurements of B coordination in calcite
reveal a wide range of trigonal and tetrahedral
coordination environments, from entirely trigonal
(Branson et al. 2015; Sen et al. 1994), to entirely
tetrahedral (Mavromatis et al. 2015) and every-
thing in between (Klochko et al. 2006; Mavro-
matis et al. 2015; Rollion-Bard et al. 2011; Sen
et al. 1994). First-principles DFT simulations of
B in calcite reveal that the most stable coordi-
nation is a partially deprotonated BO2(OH)

2−
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hosted in the CO3
2− site, along with a lesser

fraction of B OHð Þ4� groups. This supports the
majority of observational data, with the excep-
tion of the few observations of purely tetrahedral
B by Mavromatis et al. (2015), but does not offer
a mechanism to explain variations in the tetra-
hedral B content of calcite. In this regard,
Mavromatis et al. (2015) observed that the pro-
portion of trigonal B tends to decrease at faster
precipitation rates. This suggests that precipita-
tion rate may be a controlling factor in the
incorporation mechanism of B, and presents the
intriguing possibility that the B OHð Þ4� ion is
somehow incorporated more easily at high pre-
cipitation rates, possibly via a growth-entrapment
mechanism. This is counter-intuitive, because the
B OHð Þ4� actively inhibits kink advancement
(Ruiz-Agudo et al. 2012), and is at odds with
Uchikawa et al. (2015) suggestion that more
B(OH)3 is incorporated at faster precipitation
rates. A secondary possibility is that the tetra-
hedral B observed in NMR studies of natural
samples could come from intra-skeletal organic

components, which were not removed by
pre-analysis cleaning procedures, which is con-
sistent with the complete absence of tetrahedral B
in microscopic studies of B coordination (Bran-
son et al. 2015).

Recent B isotope studies report that synthetic
calcites tend to be significantly enriched in 11B,
relative to aqueous d11BB OHð Þ4� (Fig. 4.10;
Farmer et al. 2015; Noireaux et al. 2015). This is
also true in older studies, despite analytical off-
sets (Hemming et al. 1995; Sanyal et al. 2000).
The degree of d11B enrichment in calcite has also
been shown to vary systematically with either pH
of solution (Noireaux et al. 2015) or mineral
growth rate (Farmer et al. 2015) in different
studies. The absolute magnitude of calcite offsets
from d11BB OHð Þ4� varies widely between studies,
and the exact cause of these differences is
unclear, although large differences in major ion
chemistry, ionic strength and B concentrations
between the experiments may account for some
of the variability. For example, the B concen-
trations used for the majority of Mavromatis
et al. (2015) and Noireaux et al. (2015)’s pre-
cipitates were around an order of magnitude
higher than that used by Uchikawa et al. (2015).
These large differences in solution chemistry
may drive differences in the kinetics of mineral
precipitation and the incorporation of B into the
mineral. Finally, a recent precipitation study
reported negligible offsets from solution
d11BB OHð Þ4� , and a *1‰ d11B increase on
doubling crystal growth rate (Kaczmarek et al.
2016). At face value, these data significantly
expand the range of B isotope behavior observed
in calcites. However, the results of Kaczmarek
et al. study are difficult to interpret because they
employ a highly unusual fractionation factor of
25‰ derived from KCl solutions (Klochko et al.
2006), but applied to precipitates formed in a
NaCl medium. It is unclear whether the lack of
offset from d11BB OHð Þ4� in this study is real, or
attributable to the use of an inappropriate frac-
tionation factor. The use of an NaCl-relevant
fractionation factor would introduce a *2 ‰

Fig. 4.10 The offset of carbonate d11B from solution
d11BB OHð Þ4� as calculated by Noireaux et al. (2015; ɑ4−3 =
1.026). Aragonite exhibits no systematic offsets from the
1:1 line (dashed), while calcite is significantly enriched in
d11B. The offset of calcite d11B from solution d11BB OHð Þ4�
decreases with increasing pH (Noireaux et al. 2015). Solid
lines show least squares linear regressions through the
data, with a shaded 95% confidence envelope
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offset from d11BB OHð Þ4� similar to that seen in
other studies.

Together, the wide variety of d11B offsets
between calcite and aqueous B OHð Þ4�, the
dependence of B partitioning on total B in
solution, rather than B OHð Þ4� concentration, and
the inconsistent B coordination environment
within synthetic calcite combine to provide
compelling evidence for a complex B incorpo-
ration mechanism, where B in calcite is not
solely related to B OHð Þ4� in solution.

4.3.2.3 Differences Between Calcite
and Aragonite

The combination of data from synthetic calcite
and aragonite provide evidence for two, distinct
B incorporation mechanisms. In synthetic arag-
onite, B OHð Þ4� appears to be incorporated
directly from solution and substituted into the
carbonate anion site (Balan et al. 2016; Holcomb
et al. 2016; Mavromatis et al. 2015; Noireaux
et al. 2015). In synthetic calcite, most recent
studies show that B incorporation is not solely
related to B OHð Þ4� in solution, exhibits a
dependence upon crystal growth rate and solu-
tion chemistry, and requires some degree of B
re-coordination during incorporation (Balan et al.
2016; Mavromatis et al. 2015; Noireaux et al.
2015; Uchikawa et al. 2015). Given that the
precipitation of both polymorphs is governed by
the same kinetic and thermodynamic principles,
and that they are grown under similar major-ion
solution chemistries, these distinct B incorpora-
tion pathways must be attributable to differences
in the interaction of trigonal B(OH)3 and tetra-
hedral B OHð Þ4� with the unique structures of
calcite and aragonite.

The importance of mineral structure on B
incorporation is demonstrated by both first prin-
ciples calculations (Balan et al. 2016), and
measurements of B coordination within calcite
and aragonite (Sen et al. 1994; Klochko et al.
2009; Rollion-Bard et al. 2011; Branson et al.
2015; Mavromatis et al. 2015). In combination,
these models and data demonstrate that tetrahe-
drally coordinated B can be easily accommo-
dated within the aragonite structure, and that

while calcite can accommodate both trigonal and
tetrahedral B, the trigonal form is more stable.
A key experimental observation in support of this
is the transformation of tetrahedral to trigonal
boron associated with an aragonite-calcite phase
transformation (Sen et al. 1994), which demon-
strates the link between mineral structure and B
coordination.

Hemming et al. (1995) discuss B coordination
in terms of the relative size of the anion sites in
calcite and aragonite. The authors found the
preference of aragonite for incorporating the
larger tetrahedral B ion surprising, given that the
anion site in aragonite (37.8 Å3) is smaller than
calcite (40.9 Å3, sizes calculated based on the
position and geometry of nearest-neighbor Ca2+

ions). While this volumetric consideration is
important, it ignores differences in both the
elasticity (Liu et al. 2005) and bonding structure
of the anion sites between calcite and aragonite,
which can account for this coordination differ-
ence (Balan et al. 2016). The anion site in both
calcite and aragonite is enclosed by an octahedral
framework of Ca2+ ions (Fig. 4.6). In calcite, this
framework is symmetric, with the CO3

2− ion
uniformly bonded in the center of the Ca2+

octahedron. In aragonite the octahedron is
slightly asymmetric, and the CO3

2− ion forms
twice as many bonds on one face of the octahe-
dra than the other, resulting in the CO3

2− ion
being closer to that side (Fig. 4.6). In combina-
tion with the greater elasticity of aragonite
(Blundy and Wood 1994; Liu et al. 2005), the
asymmetry of the anion position in aragonite
may facilitate the incorporation of tetrahedral
impurity ions with relatively little lattice distor-
tion, compared to the symmetric, less elastic site
in calcite. Thus, while the anion site in aragonite
is slightly smaller than in calcite, it is better
suited to accommodating tetrahedral B (Balan
et al. 2016).

In context of TLK mineral growth, a major
factor governing impurity incorporation by direct
substitution is availability of low-energy binding
sites on the growth surface, which reduce the
probability of impurity detachment from the
surface. The relative stability of tetrahedral B in
the aragonite anion site suggests that B OHð Þ4�

4 Boron Incorporation into Marine CaCO3 89



can attain a lower energy state on the surface of
aragonite than calcite, be less likely to detached,
and therefore be more easily incorporated into
the mineral. This is evident in the relatively low
partitioning against B incorporation in aragonite,
relative to calcite (Fig. 4.9; Kitano et al. 1978;
Mavromatis et al. 2015), and in the agreement
between aragonite d11B and solution d11BB OHð Þ4�

(Fig. 4.10; Noireaux et al. 2015). The d11B of
aragonite further reveals that this incorporation
proceeds without any significant isotope frac-
tionation, as predicted by the rapid equilibration
of B isotopes relative to the speed of carbonate
precipitation (Zeebe et al. 2001). In contrast,
B OHð Þ4� does not fit as easily into the anion site
of calcite, and requires a tetrahedral-trigonal
transformation to be incorporated into the min-
eral (Balan et al. 2016). Thus, attached B OHð Þ4�
will remain on the calcite surface until it is either
transformed to a trigonal species, incorporated as
relatively-incompatible B OHð Þ4�, or detaches
from the surface. The difficulty of B OHð Þ4�in-
corporation is evident in its ‘kink blocking’
influence on calcite (Ruiz-Agudo et al. 2012),
where attachment of B OHð Þ4�to kink sites pre-
vents the subsequent attachment of Ca2+, and
inhibits kink propagation. Because of this
incompatibility, attached B OHð Þ4� spends
longer on the mineral surface, greatly increasing
its probability of detachment, driving the rela-
tively strong partitioning against the direct
incorporation of B OHð Þ4� in calcite.

These structural differences can account for
the stronger partitioning against B in calcite, and
offer an explanation for why B uptake in arago-
nite is directly related to B OHð Þ4� in solution,
despite having a smaller anion site. However,
understanding the complex B/Ca and d11B
chemistry of calcite requires a more detailed
consideration of the kinetics of B uptake, and the
mechanisms that may drive systematic offsets
from solution d11BB OHð Þ4� .

4.3.2.4 The Variability of B in Calcite:
Possible Causes

The deviations of calcite d11B from solution
d11BB OHð Þ4� (Hemming et al. 1995; Noireaux

et al. 2015; Sanyal et al. 2000) suggest either a
significant isotopic fractionation during
B OHð Þ4� incorporation, the uptake of B com-
plexes into the mineral, the incorporation of both
B OHð Þ4� and B(OH)3 from solution, or a com-
bination of all three processes. Crucially, any B
incorporation mechanism must be able to
simultaneously explain both the partitioning and
isotopic content of B in calcite.

Isotopic fractionation during B OHð Þ4� incor-
poration has previously been discounted, because
of the speed of isotopic equilibration between
aqueous B species relative to ion attachment rates
in calcification (Zeebe et al. 2001). However, this
argument did not consider possible fractionation
associated with a tetrahedral-trigonal transfor-
mation of ions attached to the mineral surface,
which appears to be a significant step in B
incorporation (Balan et al. 2016). The
tetrahedral-trigonal transformation requires the
breaking of a single B–O bond of an attached
B(OH)4

−. Because the 10B–O bond is slightly
weaker than the 11B–O bond, it follows that
10B OHð Þ4� will transform more easily than its
heavier counterpart. The probability of ion
detachment from the surface is proportional to
the amount of time it spends ‘exposed’ on the
mineral surface. Thus, if the tetrahedral-trigonal
B transformation is the rate-limited step in
B OHð Þ4� incorporation, the detachment proba-
bility will be greater for 11B OHð Þ4� than 10B
(OH)4

−, driving an isotope fractionation that
enriches calcite in 10B (drives d11B negative).
This is the opposite direction to the observed
offsets between calcite d11B and solution
d11BB OHð Þ4� . Therefore, while fractionation
associated with a tetrahedral-trigonal transfor-
mation at the mineral surface is conceivable, it is
unable to account for the discrepancies between
calcite d11B and solution d11BB OHð Þ4� . Calcite
d11B offsets must therefore be driven by either
the incorporation of B complexes from solution,
or the simultaneous uptake of both B(OH)3 and
B(OH)4

−.
Aqueous B interacts with other solutes to

form both large, poly-atomic complexes (e.g.
B(OH)2CO3

−, McElligott and Byrne 1997; and
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B-[humic acid], Tossell 2006), and simpler
ion-pairs (e.g. NaB(OH)4; Bassett 1980; Hershey
et al. 1986; Simonson et al. 1987). The
poly-atomic ions are known to exhibit distinct
isotopic fractionations (Lemarchand et al. 2005;
Tossell 2006), while the isotopic influence of B
ion pairing has not been explored. These com-
plexes are a relatively minor component of total
aqueous B in seawater-like conditions, but have
the potential to have a significant influence on the
partitioning and isotopic content of B, either
through preferential interaction with mineral
growth surfaces or by modifying the activity (and
therefore reactivity) of the free B species.

The direct uptake of complexes or ion pairs is
difficult to exclude as a mechanism of B uptake,
given the relatively simple solutions employed
by precipitation studies thus far. However, the
lack of aragonite d11B offsets from aqueous
d11BB OHð Þ4� either suggest that complexes are an
insignificant component of B incorporation, or
that the B complexes incorporated are isotopi-
cally indistinguishable from B(OH)4

−. If
non-fractionated complexes were involved in B
uptake in aragonite, this could lead to a decou-
pling between B partitioning and [B(OH)4

−] in
solution, while the isotopic content remains the
same as d11BB OHð Þ4� . While data in the literature
are limited, the results of Mavromatis et al.
(2015) and Noireaux et al. (2015) do not support
this. Rather, the majority of data in the literature
supports a straightforward B OHð Þ4� substitution
in aragonite, and it is seems unlikely that the
direct incorporation of complexes is a significant
B uptake pathway. In calcite, where there are
large discrepancies in both B partitioning and
d11B, isotopically distinct B complexes may play
a role. However, the relatively low abundance
(McElligott and Byrne 1997), large size and
complex structure (Tossell 2006) of the more
poly-atomic B complexes, makes them unlikely
candidates for preferential incorporation into
calcite, compared to the simpler, more abundant
B species.

A much more likely influence of B com-
plexing is through the alteration of B(OH)3 and
B OHð Þ4� activities by ion pairing in solution

(Bassett 1980; Hershey et al. 1986; Simonson
et al. 1987). This would be evident in variations
in B partitioning, and possibly isotope fraction-
ation in both calcite and aragonite as a function
of the ionic strength and major ion composition
of the precipitation environment. Unfortunately,
this is hard to evaluate with currently available
data, as experiments that vary either ionic
strength or major ion chemistry simultaneously
change other parameters (Mavromatis et al.
2015; Kaczmarek et al. 2016). However, because
ion-pairing effects should influence both calcite
and aragonite, the apparent straightforward con-
nection between solution B(OH)4 and B incor-
poration in aragonite again suggests that ion
pairing may not be a major factor in controlling
B uptake. While it is impossible to conclusively
evaluate the contribution of B complexes and
their influence on aqueous B activity to B
incorporation, they should not be invoked as a
primary influence on B uptake before exhausting
simpler, kinetically driven incorporation pro-
cesses, which may explain both the complex B
incorporation patterns in calcite, as well as the
differences between calcite and aragonite.

4.3.2.5 The Variability of B in Calcite:
A Surface Kinetic
Explanation?

As with any trace element, the incorporation of B
can be considered in terms of its interactions with
the growing mineral surface. Studies of B uptake
have had some success explaining B partitioning
using Watson’s (2004) Growth Entrapment
Model (Gabitov et al. 2014; Kaczmarek et al.
2016), which describes impurity ‘entrapment’ in
the mineral when precipitation rate exceeds the
impurity’s ability to diffuse out of a boundary
layer. However, significant weaknesses of this
model, as applied in the literature, are that it
relies on the poorly-constrained diffusivity of B
within the mineral surface, and on the develop-
ment of significant diffusion-limited boundary
layers, which are unlikely in a well-mixed open
precipitation environment (DePaolo 2011). Most
importantly, applications of the model only
consider total B concentration in solution. While
this is appropriate for simple cation substitutions,
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this cannot be extended to consider B incorpo-
ration because it neglects the disparate physical
and chemical properties of B(OH)3 and B(OH)4

−

and the different stabilities (and diffusivities) of
each species within the mineral, and is unable to
explain the isotopic content of B in the mineral.
While the GEM could be expanded to consider
each species independently, a more intuitive
solution is offered by DePaolo’s (2011) Surface
Kinetic Model (Fig. 4.7; SKM), which explicitly
considers the attachment and detachment fluxes
of impurities at the mineral surface. The SKM,
and micro-scale extensions of it (Nielsen et al.
2012, 2013), are functionally similar to Watson's
(2004) GEM model, but can simultaneously
predict both stable isotope fractionation and trace
element partitioning into inorganic precipitates.

A complete kinetic consideration of B uptake
into carbonates should consider the attachment
and detachment fluxes of both B(OH)3 and B
(OH)4

−, the feedbacks between precipitation rate
and the kink blocking effect of B(OH)4

−, and the
energy barriers to B re-coordination on the
mineral surface. This is considerably more
complex than straightforward cation-cation sub-
stitutions, and is most suited to a micro-kinetic
approach that explicitly considers all these pro-
cesses (e.g. Nielsen et al. 2012, 2013). However,
the micro-kinetic parameterization required to
fully describe B uptake becomes complex to the
point where it hinders the intuitive understanding
of the underlying processes, so we will focus
here on a first-order ‘thought experiment’ con-
sidering the kinetic controls on B uptake, using
DePaolo’s (2011) simpler formulation.

DePaolo’s (2011) SKM model describes the
precipitation rate of a mineral (Rp) as the balance
between the forward (Rf) and backward (Rb)
reaction rates of its main constituents at the
growth surface:

CRp ¼ C Rf �C Rb ð4:1Þ

where C represents Ca2+ or CO3
2−, the monomer

components of CaCO3 (Fig. 4.4a). The rate of
attachment of a trace element (TERp) is then
defined relative to the fluxes of the host con-
stituent it is replacing (Fig. 4.7):

TERp ¼ TE Rf �TE Rb

¼ TE KTE
f rCL Rf �TE KTE

b rCS Rb
ð4:2Þ

where K represents a reaction-specific fractiona-
tion factor of the trace element (TEK(b or f)), and
r is the ratio of the trace element to the con-
stituent it is replacing in either the liquid (L) or
solid (S). Following DePaolo (2011), during
steady state precipitation the composition (TE/C)
of the mineral surface does not change with time
(i.e. is the same as the bulk mineral):

dTErS
dt

¼ 0 ¼ 1
NC

dNTE

dt
�TE rS

dNC

dt

� �

¼ 1
NC

TERP �TE rS
CRP

� � ð4:3Þ

where N is the number of TE or C atoms in the
structure. This may then be combined with
Eqs. 4.1 and 4.2 to solve the steady-state TErS of
the mineral:

TErS ¼
TEKTE

f rL CRp þ CRb

� �
TEKC

b Rb þ CRp

� � ð4:4Þ

In this formulation, mineral composition
depends solely upon precipitation rate (CRp), the
backward detachment rate of host constituents
(CRb), the forward and backward reaction frac-
tionation factors (TEKf and

TEKb), and the ratio of
TE/C in solution. Both the precipitation (cRp) and
solution TE/C (TErL) must be experimentally
determined, if the model is to be applied to
understand the chemistry of the resulting pre-
cipitates. The detachment rate of ions from cal-
cite (CRb) has been estimated by various methods
to be around 6 � 10−7 mol/m2s−1 across a
seawater-relevant pH range (Chou et al. 1989;
DePaolo 2011). The detachment rate of ions from
aragonite is less well constrained, though likely
higher than in calcite because of its greater sol-
ubility. The reaction fractionation factors can
loosely be equated to the combination of the
energy barriers associated with the attachment or
detachment of an ion. In attachment, this is pri-
marily desolvation and bond-making with the
surface, in detachment it is dominated by
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Fig. 4.11 A kinetic description of B incorporation. The
uptake of B may be considered in terms of the rates of
attachment (Rf) and detachment (Rb) of B(OH)3 (B3) and
B(OH)4

− (B4), relative to the attachment rate of C (CR) to
the crystal surface, as outlined by the Surface Kinetic
Model (DePaolo 2011). For completeness, each B term
should be further divided into separate terms for 11B and
10B. The attachment and incorporation of B(OH)4

−, as
proposed by Hemming et al. (1992, 1995), only explicitly
considers the attachment of B(OH)4

− (box A), although
the backward B(OH)4

− flux is implicit in their mecha-
nism. From inorganic precipitation experiments, it

appears that the fluxes of both B(OH)3 and B(OH)4
−

must be considered in calcite. The attachment rates of
each aqueous species (box B) may be considered in terms
of their abundance in solution relative to C, and a
species-specific partition coefficient (K), based on how
easily B(OH)3 and B(OH)4

− are incorporated into the
mineral. The relative uptake of each isotope may be
considered in terms of a species-specific fractionation
factor (R(11B) / R(10B)), which is likely to be close to 1
(Zeebe et al. 2001). The detachment rates of each species
(box C) are impossible to constrain, given the unknown
dynamics of re-coordination during uptake

bond-breaking, combined with the amount of
time it spends on the surface without being
incorporated—i.e. structurally incompatible ions
are more likely to detach. Because of the com-
plexity of ion-surface interactions, these factors
are best determined by fitting experimental data,
although some constraint may be placed on their
values by measuring the ‘equilibrium partition
coefficient’ (TEKeq)—the trace element ratio of a
precipitate formed at slow precipitation rates,
when the mineral is close to thermodynamic
equilibrium with the solution, and is related to
the forward and backward attachment rates
(TEKeq =

TEKf /
TEKb). Backward reaction coef-

ficients tend to be significantly higher than for-
ward reaction coefficients, because of the
incompatibility of the impurity with the solid—

i.e. the energy barriers to attach to a mineral
surface are much higher than the energy barriers
to detach.

Ignoring the recoordination of B on the sur-
face and the kink blocking effects of B(OH)4

−,
this simple model can be extended to consider
the incorporation of B as the combination of two,
independent B(OH)3 and B OHð Þ4� steady states
(Fig. 4.11):

BrS ¼ B3 rS þ B4rS

¼
B3KB3

f rL CRp þ CRb

� �
B3KC

b Rb þ CRp

� � þ
B4KB4

f rL CRp þ CRb

� �
B4KC

b Rb þ CRp

� �
ð4:5Þ

where the denominator in the xrL term may be
either [CO3

2−], [HCO3
−] or [DIC], each of which

4 Boron Incorporation into Marine CaCO3 93



implies that B competes with different carbon
species for binding sites on the mineral surface.
Finally, the B isotopic content of the resulting
mineral can be calculated by a linear mixing
between the incorporated B(OH)3 and B(OH)4

−:

BA11 ¼
B3A11ðLÞ B3rS þ B4A11ðLÞ B4rS

BrS
ð4:6Þ

where A11 is the fractional abundance of
11B, and

is related to d11B via:

A11 ¼
11B

10Bþ 11B

11R ¼
11B
10B

¼ A11

1� A11

d11B ¼
11Rsample
11Rstandard

� 1

� �
�1000

¼
A11

1�A11

� �
sample

11Rstandard
� 1

0
B@

1
CA�1000

ð4:7Þ

The fractional abundance is used in place of
the more familiar d11B notation because ‘d’
values do not mix linearly (e.g. Zeebe and
Wolf-Gladrow 2001).

While ignoring B re-coordination and
kink-blocking effects over-simplifies the possible
kinetics of B incorporation, this model provides a
starting point from which to explore potential
kinetic controls on B uptake into calcite and
aragonite (Fig. 4.12). Distinct B uptake regimes
can be considered by employing different relative
magnitudes of reaction partition coefficients for
B(OH)3 and B(OH)4

−. For example, in the case of
aragonite, it is apparent from both the partition-
ing and isotopic content of B in inorganic pre-
cipitates (e.g. Mavromatis et al. 2015; Noireaux
et al. 2015) that B OHð Þ4� substitutes relatively
easily into aragonite, and that B OHð Þ4� is rela-
tively stable in the anion site (Balan et al. 2016).
This could be parameterized in the model by
setting B4Kf >

B3Kf and
B4Kb <

B3Kb (Fig. 4.12).
Calcite, on the other hand, may incorporate a
combination of both B(OH)3 and B OHð Þ4�
(Mavromatis et al. 2015; Noireaux et al. 2015;

Uchikawa et al. 2015), and trigonal BO(OH)2
−

appears to be most stable in the anion site (Balan
et al. 2016). If the calcite surface carries a net is
positive charge, B OHð Þ4� would be attracted to
the mineral surface more than B(OH)3, so
B4Kf >

B3Kf, but owing to the incompatibility of
tetrahedral B with the calcite structure (and,
implicitly, the energy barrier to phase transfor-
mation) the detachment rate of B OHð Þ4� would
be much greater than for the more compatible
trigonal species, and B4Kb >

B3Kb. Conversely, if
the calcite surface was negatively charged,
repulsive forces between the surface and
B OHð Þ4� would drive B4Kf <

B3Kf, while
detachment rates remain similar (Fig. 4.12).

Model predictions based on these scenarios
(Fig. 4.12) predict patterns of B partitioning and
isotopic offsets from d11BB OHð Þ4� which are
sensitive to both growth rate and pH, and offer
insights into the possible mechanisms of B
incorporation. Models were calculated using
[DIC] in the denominator for all B/CLiquid (xrL)
terms. Changing the carbon species in the
denominator altered the magnitude, and to a
lesser extent shape of the predicted patterns, but
produced qualitatively similar results. The
CaCO3 backward reaction rate (cRb) was
6 � 10−7 mol m2 s−1.

In the case of aragonite, the model predicts
increased B partitioning with both growth rate
and pH, and a negligible isotopic offset from
solution d11BB OHð Þ4� . This is in agreement with
the majority of inorganic data, and is driven by
the relative ease of both B OHð Þ4� attachment
and incorporation, relative to B(OH)3. For calcite
with a positively charged surface that interacts
with both aqueous B species, partitioning is more
dependent upon precipitation rate than pH, and
the combination between the incorporation of
both B species and their changing relative
abundance with pH drives a pH-dependent offset
from d11BB OHð Þ4� , with more B(OH)3 incorpo-
rated at lower pH. This matches patterns in the
partitioning data of Uchikawa et al. (2015;
Fig. 4.13) and the d11BB OHð Þ4� data of Noireaux
et al. (2015; Fig. 4.14) well, but does not agree
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(B(OH)4

- uptake)
B3Kf = 0.003
B4Kf = 0.03
B3Kb = 100
B4Kb = 10

Calcite 
(positive surface)
B3Kf = 0.01
B4Kf = 0.1
B3Kb = 10
B4Kb = 100
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(negative surface)
B3Kf = 0.02
B4Kf = 0.002
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Low High Low High

Fig. 4.12 Patterns of B partitioning and isotopic
content in calcite and aragonite as a function of pH
and growth rate, based on a Surface Kinetic Model
(SKM). Changes in B(OH)3 and B(OH)4

− abundance
driven by pH interact with species-specific precipitation
rate effects predicted by the SKM to produce distinct
patterns in both B partitioning and offset from
d11BB OHð Þ4� in calcite and aragonite, under distinct
incorporation regimes. Three contours on each plot
highlight the shape and location of maximal gradients
on the plot. Note that, all else being constant, precipitation
rate and pH are inherently linked, as exemplified by the
data of Uchikawa et al. (2015) in Fig. 4.13. This means
that within a single set of precipitation conditions the B
partitioning and d11B offsets will move from the lower

left, to the upper right of this parameter space as pH and
growth rate increase, and the exact slope and form of this
relationship depends upon solution chemistry and the
mineral polymorph. At all stages in the model [DIC] was
used in the denominator for xrL calculations. Using [CO3

2

−] or [HCO3
−] slightly changes the shape and magnitude

of the patterns, but produces qualitatively similar results.
The reaction partition coefficients chosen are purely
illustrative, and slight differences in magnitude were
required to plot all panels on the same scale. The
backward reaction coefficients are orders of magnitude
higher than the forward coefficients, to reflect the strong
equilibrium partitioning (Keq = Kf / Kb) against B
incorporation in carbonates. The rate of backward reaction
(cRb) was 6x10

−7

with the patterns in Mavromatis et al. (2015;
Fig. 4.13). This is surprising, as Noireaux et al
and Mavromatis et al analyzed the same sample
material. A possible source of the discrepancy in
Mavromatis et al. data may derive from the
broad range of major ion chemistry and ionic
strength in their study, combined with the use of
the MINTEQA2 database within PHREEQC

(Parkhurst and Appelo 1999) to calculate their B
and C solution chemistries. Dissociation con-
stants calculated by PHREEQC are known to
diverge from empirical constants across large
shifts in solution chemistry (Hain et al. 2015),
which could lead to inaccuracies in calculated
solution compositions, and the resulting calcu-
lated B partition coefficients into carbonates. If
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this were the case, it might also alter the B iso-
tope offsets observed by Noireaux et al. (2015),
making this pair of studies particularly difficult to

interpret. Finally, calcite with a negative surface
charge, which rejects B OHð Þ4� from the surface
more strongly than neutral B(OH)3 while main-
taining similar relative detachment rates, exhibits
an increase in B partitioning with growth rate,
but a decrease with pH, owing to the scarcity of
B(OH)3 at higher pH. Given the relationship
between pH and growth rate, this would manifest
in a negligible increase in B partitioning with
both pH and growth rate (i.e. moving across the
plot panel from lower left to upper right).
Alongside this, the B isotopes are relatively
uniform and offset from d11BB OHð Þ4� , consistent
with the predominant incorporation of B(OH)3
into the mineral. These patterns do not fit with
any synthetic calcite precipitation data, and
suggest that B OHð Þ4� must account for a sig-
nificant proportion of B incorporated into calcite.

The qualitative similarity between patterns
predicted by the kinetic model and significant
trends in both B partitioning (Uchikawa et al.
2015; Fig. 4.13) and isotope fractionation
(Noireaux et al. 2015; Fig. 4.14) offer com-
pelling evidence to suggest that surface kinetics
may exert a significant influence on B

Fig. 4.13 B partitioning data from recent B precipita-
tion studies of calcite, plotted as a function of precipitation
rate and pH. The data from Uchikawa et al. (2015)
reproduce the pattern predicted by the Surface Kinetic
Model well (Fig. 4.12), with the highest B distribution
coefficients in the high growth rate, high-pH quadrant of the
plot. Data fromMavromatis et al. (2015) do not conform to
the model, possibly because their DIC concentrations are
less well constrained (see main text). The lack of agreement

with the model predictions, and the lower overall partition-
ing of B in the Mavromatis et al. (2015) data may be driven
by around 80% of their precipitation solutions having B
concentrations at least an order of magnitude higher than
Uchikawa et al. (2015). At these high concentrations the
inhibitory effect of B on calcite growth (Ruiz-Agudo et al.
2012) may reduce B partitioning from solution, and alter its
uptake dynamics. The grey bar in the left panel denotes the
log(R) range shown in the right panel

Fig. 4.14 Calcite d11B offsets from solution
d11BB OHð Þ4� as a function of precipitation rate and pH (ɑ
= 1.026; Nir et al. 2015). The pattern of offset between
calcite d11B and aqueous d11BB OHð Þ4� is similar to that
predicted by the Surface Kinetic Model for calcite with a
positive surface charge incorporating both B(OH)3 and B
(OH)4

− (Fig. 4.12)
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incorporation in carbonates. However, the sim-
plistic implementation presented here neglects
several key processes, which could play an
important role in B uptake:

• B re-coordination at the surface. Coordi-
nation (e.g. Branson et al. 2013; Sen et al.
1994) and computational (Balan et al. 2016)
studies suggest that a tetrahedral-trigonal
transformation is an important step in B
incorporation into calcite. The energy barrier
to re-coordination will prevent the incorpo-
ration of B OHð Þ4�, and leave it ‘exposed’ on
the mineral surface for longer, and more
likely to become detached. The influence of
this process on B partitioning can be implic-
itly accommodated in the kinetic model by
increasing the detachment fractionation coef-
ficient of B OHð Þ4� (B4Kb). The effect on
isotopes, however, is more complex. When a
B OHð Þ4� undergoes re-coordination on the
surface it alters the isotopic composition of
the pool of trigonally coordinated B within
the solid, changing the B3A11 of detached
trigonal B, and invalidating Eq. 4.6. If the
rate of tetrahedral-trigonal transformation
were constant this would manifest as a con-
stant, slightly negative offset from
d11BB OHð Þ4� . However, if the transformation
rate changed with growth conditions (e.g.
rate), this could manifest in a dynamic offset
from d11BB OHð Þ4� .

• Kink-blocking by B OHð Þ4�. Atomic force
microscopy has demonstrated a specific
interaction between B OHð Þ4� and
obtuse-angle kink sites (Ruiz-Agudo et al.
2012). At low precipitation rates, the extra
time spent on the surface would lead to an
increased probability of B OHð Þ4� detach-
ment (B4Kb). However, at faster precipitation
rates, where the rate of 1D nucleation on step
edges increases, it is possible that the propa-
gation of new kink sites could collide with the
kink-blocking B OHð Þ4�, stabilizing it in the
structure and allowing its direct incorpora-
tion. This kink-collision entrapment mecha-
nism could provide a route to incorporate

tetrahedral B within the calcite structure. If
this is the case, then the often large propor-
tions of tetrahedral B observed in coordina-
tion studies (e.g. Mavromatis et al. 2015)
might suggest that this is an important B
incorporation mechanism. This could lead to
a growth-rate dependent increase in B OHð Þ4�
incorporation in calcite through a reduction in
B4Kb, driving an increase in B partitioning
and a negative shift in mineral d11B with
precipitation rate. A precipitation-rate depen-
dent shift in d11B of this type was observed
by Kaczmarek et al. (2016) and Farmer et al.
(2015), although not by Noireaux et al.
(2015).

• Alteration of B OHð Þ4� activity by
ion-pairing interactions. The pairing of
aqueous B with free ions in solution has the
potential to alter the activity of B in solution,
particularly in the case of the charged
B OHð Þ4� species (Bassett 1980; Hershey
et al. 1986; Kitano et al. 1978; Simonson et al.
1987). This would effectively alter the B/C
activity ratio in solution (rL), as a function of
solution chemistry, ionic strength and pH.

Each of these processes has the potential to
influence both B partitioning and isotope frac-
tionation in distinct ways, which will not be
apparent when considering patterns of partition-
ing or isotopic content in isolation. The relative
importance of these effects can only be con-
strained by simultaneously fitting a model to
paired analyses of B partitioning and isotopic
offset across a range of precipitation conditions
and solution chemistries. The only such paired
data published today are the combined studies of
Mavromatis et al. (2015) and Noireaux et al.
(2015), but the the lack of clear trends in their B
partitioning data preclude model comparison
(Fig. 4.13). This complexity may either be the
result of some aspect of their experimental design
or analytical approach, or could be taken as
evidence that surface kinetic processes are
insufficient to explain B uptake in calcite. How-
ever, the agreement between patterns predicted
by the kinetic model, Noireaux et al. (2015)
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isotopic analyses, and Uchikawa et al. (2015)
partitioning data, highlight the possible utility of
this approach. Future studies that simultaneously
consider both the partitioning and isotopic com-
position of B across a range of precipitation
conditions will offer a powerful system for test-
ing surface reactive models that explicitly con-
sider the independent reaction of both B species
with the growing mineral surface, and may yield
the next significant advance in our understanding
of B incorporation in carbonates. To that end,
more sophisticated parameterizations of the sur-
face kinetic model, taking into account the
atom-scale processes that govern B
re-coordination and kink blocking (e.g. Nielsen
et al. 2013, 2012), placed in context of
ion-pairing reactions in solution, may be devel-
oped and applied to new and existing data.

The data and models considered here
demonstrate that, while we are approaching a
general understanding of the relationship
between solution chemistry, mineral precipitation
rate, and calcite B geochemistry, we currently
lack a quantitative mechanistic description of B
incorporation in calcite. New experimental stud-
ies that carefully control growth rates and solu-
tion chemistry are beginning to offer significant
new insights into these processes, and the com-
bination of these systematic studies with quanti-
tative models of trace element incorporation into
calcite offer the potential for great advances in
the near future. However, there are clear, unre-
solved differences between inorganic precipita-
tion studies that lead to significant variability in
precipitate B geochemistry. Owing to the com-
plexity of the aqueous B and C system, it is often
unclear whether these differences stem from
differences in B incorporation mechanism, choi-
ces in data processing or solution speciation
calculations, or some overlooked aspect of
experimental design. These discrepancies must
be understood and explained in any general
model of B incorporation that is proposed.
However, even when these differences are
resolved, it is vital to recognize that our under-
standing of B incorporation will be based on
synthetic precipitates, which grow via relatively
straightforward mechanisms from well-mixed

solutions; far removed from the formation envi-
ronments of naturally occurring marine carbon-
ates. The complex chemistry of natural
precipitation environments and the involvement
of non-classical crystal growth processes both
have the potential to dramatically alter the
incorporation mechanisms of B. For example,
although B incorporation into inorganic arago-
nite appears to be relatively straightforward, the
biomineralisation processes of corals introduce
significant, complex offsets from d11B and B/Ca
values predicted by seawater chemistry (e.g.
Anagnostou et al. 2012; see Chap. 6). Con-
versely, the d11B of calcite produced by epifau-
nal benthic foraminifera is indistinguishable from
seawater d11BB OHð Þ4� , despite the complexities of
B uptake into synthetic calcite (Rae et al. 2011;
see Chap. 5). Thus, the consideration of the B
geochemistry of natural carbonates must always
proceed carefully, on a case-by-case basis.

4.4 Boron in Carbonate Biominerals

The involvement of biology brings significant
additional complexity to mineralization and trace
element incorporation, which can distance
biomineral B geochemistry from seawater
chemistry. The primary mechanisms drive devi-
ations from ‘ideal’ B incorporation are the bio-
logical control over the chemistry of the
calcification environment, and the mode of
mineral precipitation employed by the organism.

The mineral precipitation mechanisms of
biomineralising organisms are poorly character-
ized. It is likely that numerous organisms pre-
cipitate skeletal minerals via amorphous
precursor phases (de Yoreo et al. 2015; Weiner
2008; Weiner and Addadi 2011; Weiner and
Dove 2003), which are distinct from the classical
TLK growth of inorganic precipitates that form
the basis of our understanding of B incorpora-
tion. The involvement of amorphous precursors
could drive isotope fractionation during B
incorporation, or increase the non-specific
incorporation of B from solution via growth
entrapment mechanisms. Owing to the unknown
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variety of crystallization processes employed by
biomineralization, the magnitude, direction and
importance of the effects of precipitation mech-
anism on B incorporation remain unclear. Once
the incorporation mechanisms of B into simple,
synthetic carbonates is understood, study of the
incorporation of B via non-classical precipitation
mechanisms in in vitro systems would provide a
useful evaluation of the importance of growth
mechanism on B incorporation.

Whichever crystal growth mechanism is
employed by biominerals, the chemistry of the
calcification environment has the potential to
significantly alter the B uptake. Organisms
exhibit varying degrees of control over the
chemistry of calcification, ranging from external,
biologically facilitated mineralisation by rela-
tively simple bacteria, to the controlled produc-
tion of specific mineral structures in tightly
controlled, internal environments by complex
metazoans (Dove 2010; Knoll 2003). To produce
a mineral structure, organisms must either elevate
the saturation state of seawater by increasing the
concentration of Ca2+ or CO3

2−, or removing
inhibitory Mg2+ (Berner 1975) and organic
components (Walter and E.A. Burton 1986) from
seawater. The pH of the calcification environ-
ment may either be actively controlled (Bentov
et al. 2009; de Nooijer et al. 2009; Anagnostou
et al. 2012; Venn et al. 2013), or be passively
altered by the proton flux associated with CaCO3

precipitation (Glas et al. 2012). The manipulation
of solution chemistry occurs in a calcification
environment that may be completely ‘closed’,
encapsulated in layers of membranes or complex
tissues (e.g. coccolithophorids; Young and Hen-
riksen 2003; Young et al. 1999), or more ‘open’
to seawater (e.g. corals, Gagnon et al. 2012;
foraminifera, Bentov et al. 2009). The size and
geometry of calcification environments varies
widely between organisms, from picoliter-sized
vacuoles in coccoliths, to much larger reservoirs
in complex bivalves and gastropods.

At present, no comprehensive measurements
of the chemistry of the calcification environment
are available. However, the concentration and
isotopic composition of B in the environment

may be considered in terms of the ‘openness’ of
the system with respect to seawater, and the pH
of the environment. Given the rapid equilibration
time of aqueous B (Zeebe et al. 2001), the spe-
ciation and fractionation of B within the calcifi-
cation environment will be predominantly
determined by solution pH and ionic composi-
tion, both of which may alter the equilibrium
dissociation constant (pK*

B) and isotope frac-
tionation of B (DOE 1994; Klochko et al. 2006).
The total B concentration and d11B of the fluids
surrounding calcification will be determined by
the balance of B transport in and out of the
environment. In relatively open calcification
environments with high seawater throughput, the
[B] and d11B if the fluid will be closely linked to
seawater. In more closed environments, addi-
tional B fluxes from diffusive and active trans-
port, as well as B removal by precipitation may
become more important. Neutral B(OH)3 is able
to diffuse relatively freely across biological
membranes, compared the
membrane-impermeable charged B OHð Þ4� ion
(Dordas and Brown 2001, 2000; Dordas et al.
2000; Hu and Brown 1997). Passive
trans-membrane B(OH)3 diffusion will therefore
provide a constant, high-d11B flux into the cal-
cification environment, particularly in calcifica-
tion sites with elevated pH, which will reduce
internal [B(OH)3] and create a strong inward
concentration gradient. In contrast, B OHð Þ4�
may enter the calcification environment either
through specific transport channels (Dordas et al.
2000), or leakage through transporters targeting
similar ions, like HCO3

−. The active transport of
B OHð Þ4� to the calcification site is unlikely, as it
would involve an expenditure of energy for no
mineralization benefit, and the possibility of
leakage through bicarbonate transporters is
entirely theoretical, and has not been observed in
nature (Rae et al. 2011). The diffusive transport
of B(OH)3 alone has been shown to be sufficient
to drive B/Ca in coccolith calcite produced in a
closed biomineralisation environment (Stoll et al.
2012), demonstrating the feasibility of these
processes, but their importance have yet to be
explored in other organisms.
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Despite the complications introduced by the
unknown chemical environment and mineral
precipitation mechanisms of biominerals,
numerous measurements of B geochemistry of
both calcite and aragonite consistently reveal
sensitivity to external pH and B chemistry
(Chaps. 5 and 6). Intriguingly, measurements of
d11B from biomineral calcite are often closer to
seawater d11BB OHð Þ4� (Foster 2008; Rae et al.
2011; Sanyal et al. 1996) than the d11B of
biomineral aragonite (Allison and Finch 2010;
Anagnostou et al. 2012; Blamart et al. 2007;
Hönisch et al. 2004; Krief et al. 2010; McCulloch
et al. 2012; Trotter et al. 2011)—opposite to the
patterns observed in inorganic precipitate studies
(Noireaux et al. 2015). Physiological controls
over calcification chemistry (Anagnostou et al.
2012; Bentov et al. 2009; Rollion-Bard and Erez
2010), and the mineral precipitation mechanism
(Bentov and Erez 2005; Hobbs and Reardon
1999) of biominerals may each influence B
incorporation into biominerals, and drive the
differences between biomineral and synthetic
carbonates. In coral aragonite, several studies
suggest a direct relationship between the pH of
the calcification site and mineral d11B (Chap. 6;
e.g. Anagnostou et al. 2012; Martin et al. 2015;
McCulloch et al. 2012) based on elevated arag-
onite d11B. While this is likely related to the pH
of the calcification environment, studies making
this inference do not consider the influence of
calcification chemistry on the dissociation and
isotopic fractionation of B at the site of calcifi-
cation. For example, if B(OH3) diffusion were an
important factor in corals, it would drive similar
shifts in d11B to those currently attributed to pH
elevation. However, aside from possible solution
chemistry complications, these studies do not
offer any evidence to suggest that B incorpora-
tion into coral aragonite is significantly more
complex than in inorganic systems. Deconvolv-
ing the relative importance of biological controls
over calcification chemistry and mineral precip-
itation processes in calcite biominerals, on the
other hand, is significantly more complicated
because of our lack of understanding of B
incorporation, in synthetic calcite.

Within our current understanding of B incor-
poration into carbonate minerals, the relation-
ships between carbonate B geochemistry and
environmental conditions, and therefore the B/Ca
and d11B paleoceanographic proxies, must
remain empirical. While there is undoubtedly a
connection to seawater pH, B and C chemistry,
the specifics of this relationship currently evade
quantitative, mechanistic description. Develop-
ments in our understanding of B incorporation
into synthetic calcite, and the application of
systematic modeling to both B incorporation and
ion transport in biomineralisation have the
potential to significantly reduce the necessary
empirical elements in the B paleoproxies.
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5Boron Isotopes in Foraminifera:
Systematics, Biomineralisation,
and CO2 Reconstruction

James W.B. Rae

Abstract
The boron isotope composition of foraminifera provides a powerful tracer
for CO2 change over geological time. This proxy is based on the
equilibrium of boron and its isotopes in seawater, which is a function of
pH. However while the chemical principles underlying this proxy are well
understood, its reliability has previously been questioned, due to the
difficulty of boron isotope (d11B) analysis on foraminferal samples and
questions regarding calibrations between d11B and pH. This chapter
reviews the current state of the d11B-pH proxy in foraminfera, including
the pioneering studies that established this proxy’s potential, and the
recent work that has improved understanding of boron isotope systematics
in foraminifera and applied this tracer to the geological record. The
theoretical background of the d11B-pH proxy is introduced, including an
accurate formulation of the boron isotope mass balance equations. Sample
preparation and analysis procedures are then reviewed, with discussion of
sample cleaning, the potential influence of diagenesis, and the strengths
and weaknesses of boron purification by column chromatography versus
microsublimation, and analysis by NTIMS versus MC-ICPMS. The
systematics of boron isotopes in foraminifera are discussed in detail,
including results from benthic and planktic taxa, and models of boron
incorporation, fractionation, and biomineralisation. Benthic taxa from the
deep ocean have d11B within error of borate ion at seawater pH. This is
most easily explained by simple incorporation of borate ion at the pH of
seawater. Planktic foraminifera have d11B close to borate ion, but with
minor offsets. These may be driven by physiological influences on the
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foraminiferal microenvironment; a novel explanation is also suggested for
the reduced d11B-pH sensitivities observed in culture, based on variable
calcification rates. Biomineralisation influences on boron isotopes are then
explored, addressing the apparently contradictory observations that
foraminifera manipulate pH during chamber formation yet their d11B
appears to record the pH of ambient seawater. Potential solutions include
the influences of magnesium-removal and carbon concentration, and the
possibility that pH elevation is most pronounced during initial chamber
formation under favourable environmental conditions. The steps required
to reconstruct pH and pCO2 from d11B are then reviewed, including the
influence of seawater chemistry on boron equilibrium, the evolution of
seawater d11B, and the influence of second carbonate system parameters
on d11B-based reconstructions of pCO2. Applications of foraminiferal
d11B to the geological record are highlighted, including studies that trace
CO2 storage and release during recent ice ages, and reconstructions of
pCO2 over the Cenozoic. Relevant computer codes and data associated
with this article are made available online.
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Boron isotopes � Foraminifera � CO2 � Biomineralisation � Proxy

5.1 Introduction

The boron isotope composition of marine car-
bonates has been widely shown to reflect ocean
pH (Vengosh et al. 1991; Hemming and Hanson
1992; Sanyal et al. 1996; Foster 2008; Rae et al.
2011; Henehan et al. 2013). Boron isotope
measurements on fossil carbonates thus have the
potential to constrain changes in pH and CO2

over geological time (Pearson and Palmer 2000;
Hönisch et al. 2009; Rae et al. 2014; Penman
et al. 2014; Greenop et al. 2014; Martínez-Botí
et al. 2015a). The shells, or “tests”, of for-
aminifera, which are single-celled protists, pro-
vide a convenient host for the d11B-pH proxy,
being widely distributed throughout the world’s
oceans, relatively well-preserved in marine sed-
iment cores, and having chemistry that closely
reflects surrounding seawater conditions (Wefer
et al. 1999; Erez 2003). Foraminifera have thus
become key agents in geochemical reconstruc-
tions of past climates, and boron isotope analyses

on foraminifera may be readily compared to
tracers of various other conditions determined on
the same samples (Katz et al. 2010).

5.1.1 Aqueous Boron Isotope
Systematics

The ability of boron isotopes in foraminifera to
record seawater pH stems from the acid-base
equilibrium between boric acid (B(OH)3) and
borate ion B OHð Þ�4

� �
:

B OHð Þ3 þH2O � B OHð Þ�4 þHþ : ð5:1Þ

The equilibrium constant of this reaction (KB) is
10−8.6 (Dickson 1990), giving pKB of 8.6, close
enough to typical ocean pH (*8) to give large
changes in the relative abundance of these mole-
cules as a function of seawater pH (Fig. 5.1a):

KB ¼ ½B OHð Þ�4 �½Hþ �
½B OHð Þ3�

; pKB � 8:6: ð5:2Þ
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Boron has two stable isotopes, 11B (*80%) and
10B (*20%), and an equilibrium fractionation of
27.2‰ (Klochko et al. 2006) exists between
boric acid and borate ion, due to the stronger
bonding environment of boron in the trigonal
boric acid molecule:

aB ¼
11
10RB OHð Þ3
11
10RB OHð Þ�4

¼ 1:0272: ð5:3Þ

The boron isotope composition of seawater
(d11BSW) is 39.61‰ (Foster et al. 2010). As boron
in seawater is overwhelmingly made up of boric
acid and borate,1 the combined boron nuclides
within these molecules must give 11B/10B equal to
that in seawater. Therefore as the abundance of
these molecules vary, so too must their isotopic
composition (Fig. 5.1b). At low pH, where sea-
water boron is dominantly present as boric acid,
this molecule must have d11B = d11BSW, with an
infinitesimal quantity of borate ion offset below
this by a function of the fractionation factor:

d11BB OHð Þ3 ¼ d11BB OHð Þ�4 � aB þ eB; ð5:4Þ

where eB = 1000 � (aB − 1). The opposite is true
at high pH, while at intermediate pH the isotopic
composition of these molecules will vary as a
predictable function of pH. This is commonly
expressed as the mass balance:

11
10RSW � B½ �SW ¼11

10 RB OHð Þ3 � B OHð Þ3
� �

þ 11
10RB OHð Þ�4 � B OHð Þ�4

� �
;

ð5:5Þ

from which, rearranging and substituting
Eq. (5.4), the following expression for borate
isotopic composition as a function of pH can be
derived:

d11BB OHð Þ�4 ¼ d11B swð Þ B½ �sw�eB B OHð Þ3
� �

B OHð Þ�4
� �þ aB B OHð Þ3

� � :
ð5:6Þ

However note that this is an approximation, as
mass balance cannot accurately be formulated in
terms of isotope ratios. More strictly, we must
write the mass balance for each nuclide and then
combine these equations to obtain the isotope
ratio mass balance. This gives the formula:

11
10RSW � B OHð Þ�4

� �þ B OHð Þ3
� �� �

11
10RSW þ 1

¼
11
10RB OHð Þ�4 � aB � B OHð Þ3

� �
11
10RB OHð Þ�4 � aB þ 1

þ
11
10RB OHð Þ�4 � B OHð Þ�4

� �
11
10RB OHð Þ�4 þ 1

:

ð5:7Þ

which can be rearranged and solved (best done
by computer; see supplementary code) for the
isotopic composition of borate. This is given by
the root:

RBðOHÞ�4 ¼ ððH2 � R2
SW þ 2H2 � RSW � aB

þ H2 � a2B þ 2H � KB � R2
SW � aB

� 2H � KB � RSW � a2B
þ 8 � H � Kb � RSW � aB
� 2 � H � KB � RSW

þ 2H � KB � aB þK2
B � R2

SW � a2B
þ 2K2

B � RSW � aB þK2
BÞð1=2Þ

� H � aB � KB þH � RSW

þ KB � RSW � aBÞ=ð2 � aB � ðHþKBÞÞ;
ð5:8Þ

where R is the 11B/10B ratio and H is the
hydrogen ion concentration. Equation (5.4) can
then be used to calculate the composition of boric
acid. The error in calculated boron isotopic
compositions resulting from the use of the
approximation in Eq. (5.6) compared to the
accurate formula in Eq. (5.8) is illustrated in
Fig. 5.1c, and may be up to 0.15‰. Matlab
codes and an Excel spreadsheet that carry out
these calculations are provided in the supple-
mentary online materials.

1Minor polynuclear species of aqueous boron exist, such
as B3O3 OHð Þ�4 , but are only present in negligible
quantities at boron concentrations <25 mmol/kg (Su
and Suarez 1995), and can thus safely be ignored at
seawater concentrations of *0.4 mmol/kg.
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5.1.2 The Carbonate d11B-pH Proxy

Marine carbonates have boron isotopic compo-
sitions of *15–25‰, substantially lower than
that of seawater (39.61‰). This is explained by
the dominant incorporation of borate ion into
growing carbonate (Vengosh et al. 1991;
Hemming and Hanson 1992). As the boron iso-
topic composition of borate varies with pH, so
too should d11B of marine carbonate.

Early calibrations of boron isotopes in for-
aminifera showed strong control by pH (Sanyal
et al. 1996, 2001), leading to several applications

to reconstruct past CO2 system change and its
causes (Sanyal et al. 1995; Pearson and Palmer
2000; Palmer and Pearson 2003). However the
reliability of this proxy has been challenged,
notably by Pagani et al. (2005a). Concerns with
the d11B-pH proxy have centered on: (1) boron
isotope fractionation; (2) mechanisms of boron
incorporation into carbonate; (3) vital effects in
foraminifera; (4) analytical uncertainties; (5) the
evolution of d11BSW. While several of these
topics remain the subject of considerable ongo-
ing research, significant progress has been made
on each of these fronts.

(a) (c)

(b) (d)

Fig. 5.1 Concentration (a) and isotopic composition
(b) of boric acid and borate ion as a function of seawater
pH, at 25 °C, 35 psu, and 0 m depth (Dickson 1990), with
modern [Mg] and [Ca], d11BSW = 39.61‰ (Foster et al.
2010), and aB = 27.2‰ (Klochko et al. 2006), calculated
using the accurate form of the boron isotope mass balance
equation (Eqs. 5.5 and 5.6). c Influence of possible
changes in temperature, salinity, and pressure at a given
site on d11B of borate. Note that this plot is focused on the
region of pH values close to pKB, where these influences

have greatest sensitivity. Also shown is d11B of borate at
25 °C, 35 psu, 0 m depth calculated using the approxi-
mate boron isotope mass balance equation (Eqs. 5.5 and
5.6; labeled “approx. MB”). d Influence of changes in
[Mg] and [Ca] to Eocene values on d11B of borate, using
the MyAMI model (Hain et al. 2015), are shown
individually and together. Code used to make this figure
is available in the online materials accompanying this
article
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Box 1: A quick primer on the ocean
carbonate system
The behaviour of boron isotopes in for-
aminifera discussed in this chapter is inti-
mately linked to the chemistry of CO2 in
seawater, so a brief review of this topic
may be helpful. For more detailed treat-
ment see Zeebe and Wolf-Gladow (2001)
and Sarmiento and Gruber (2006).

CO2 reacts with water to form bicar-
bonate (HCO3

−) and carbonate ion (CO3
2−):

CO2 þH2O,K1
Hþ þHCO2�

3 ,K2
2Hþ þCO2�

3

where K1 and K2 are the first and second
dissociation constants for carbonic acid, and
have values of *10−6 and *10−9 respec-
tively (varying with temperature, salinity,
pressure, and major ion chemistry).

pH (and thus d11B of borate) is a sensitive
tracer of the equilibrium state of this
acid-base system. However this state is
actually controlled by the balance between
the master variables alkalinity (ALK) and
dissolved inorganic carbon (DIC). DIC is
simply the total concentration of inorganic
carbon molecules. ALK is analytically
defined as the number of moles of strong
acid required to drive seawater to the
equivalence point of bicarbonate. More
intuitively, ALK is equivalent to the charge
imbalance between strong bases and strong

acids in seawater (see inset figure based on
Broecker 2005). The requirement for charge
balance is taken up largely by variable dis-
sociation of weak acids and bases, pre-
dominantly those of CO2 and boron.

Therefore if alkalinity is large and the
pool of DIC to balance it is relatively small,
the carbonate system must be pulled toward
doubly charged CO3

2−; vice versa, if a large
pool of DIC exists but alkalinity is small,
much of the DIC must be present as
uncharged CO2. pCO2, [CO3

2−], pH (and
B OHð Þ�4
� �

) are thus primarily controlled by
the balance of ALK and DIC, and as a result
are tightly coupled and closely traced by
d11B of borate. This is well illustrated by a
ALK-DIC contour plot (inset figure, plotted
for 25 °C, 35 psu, and 0 m water depth).

A final important concept is calcium
carbonate mineral saturation (X):

X ¼ ½Ca2þ � � ½CO�
3 �

Ksp

where Ksp is the equilibrium solubility pro-
duct, *10−6.4 for calcite and *10−6.2 for
aragonite in the surface ocean.Undersaturated
conditions correspond to X < 1, supersatu-
rated conditions to X > 1. Xcalcite ranges
from *4–6 in most of the modern surface
ocean, dominantly as a function of [CO3

2−],
and decreases to <1 at depth.
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5.2 Methods of Boron Isotope
Analysis in Foraminifera

The analysis of boron isotopes is discussed in
detail by Foster et al. (2013) for carbonates, and
in Chap. 2 of this volume for a broad range of
natural samples. Below I provide a brief over-
view of the specifics of d11B analysis of for-
aminifera, which is challenging due to the small
sample sizes and complex matrix involved, and
has been a topic of considerable discussion (Ni
et al. 2010; Foster et al. 2013; Farmer et al.
2016).

5.2.1 Samples

5.2.1.1 Sample Size and Preparation
Foraminiferal samples are taken from ocean
sediment cores, plankton tows, and culture
experiments. For solution analyses between *2
and 20 ng boron are typically used. Boron con-
centrations and shell masses vary considerably
between different species of foraminifera (Yu and
Elderfield 2007; Henehan et al. 2016), dictating
the number of foraminifera required: for low
mass (5–20 lg) low B/Ca (40–60 lmol/mol)
planktic species such as G. bulloides and N.
pachyderma, *400 specimens are typically
required; for bulkier (10–30 lg) or higher B/Ca
(80–120 lmol/mol) planktic species such as T.
sacculifer and G. ruber, *100 specimens are
required; for higher B/Ca epifaunal benthic spe-
cies such as C. wuellerstorfi and C. mundulus
(*30–100 lg; 100–250 lmol/mol) it is possible
to analyze *2–20 specimens. Note that analyti-
cal uncertainty increases as sample sizes are
reduced (Rae et al. 2011).

For sediment core samples, standard 10 cm3

volumes of pelagic sediment are often sufficient,
though this may vary considerably depending on
setting. As with any foraminifera-based work,
sediment disaggregation and sieving is required;
detergents and disaggregation agents (Feldmeijer
et al. 2013) may have high levels of boron and
should be avoided.

5.2.1.2 Preservation and Diagenesis
Preservation state of foraminifera is not currently
thought to exert major influence on boron isotope
ratios. For instance, no change in d11B with
partial dissolution is seen in recent G ruber (Ni
et al. 2007; Seki et al. 2010; Henehan et al. 2013)
or C. wuellerstorfi (Rae et al. 2011). Although
changes in d11B have been noted with partial
dissolution in recent T. sacculifer, this is thought
to be due to the presence of dissolution resistant
and anomalously low-d11B gametogenic calcite
in this species (Hönisch and Hemming 2004; Ni
et al. 2007; Seki et al. 2010).

Edgar et al. (2015) show similar d11B between
well-preserved “glassy” and partially recrystal-
lized “frosty” planktic foraminifera of Eocene
age, despite lower B/Ca in the recrystallized
samples. This may result from only partial
exchange with pore waters during foraminiferal
recrystalisation and from low partitioning of
boron into inorganically (re)precipitated calcite
(Uchikawa et al. 2015) compared to the original
foraminiferal carbonate, especially under low-pH
(and thus low borate) conditions (Edgar et al.
2015). Mass balance may thus help minimize the
influence of diagensis on foraminiferal d11B.

5.2.2 Cleaning of Foraminiferal
Samples

Samples of foraminifera for d11B analysis are
typically subjected to physical and chemical
cleaning, of the type developed for trace element
determinations (Boyle 1981; Barker et al. 2003;
Ni et al. 2007). This involves gentle crushing to
open chambers, repeat ultrasonication in deion-
ized water to remove clays, and oxidation of
organic matter in bleach or buffered hydrogen
peroxide. Extensive tests of the influence of
cleaning on B/Ca ratios suggest that reductive
cleaning, commonly employed for Cd/Ca, has
little effect on B/Ca, but can result in substantial
loss of shell material (Yu et al. 2007). This step is
thus typically omitted when cleaning for-
aminifera for d11B (though may still be used if
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certain other trace element analyses on the same
sample are required). Note that given the high
contents of organic matter in cultured and towed
foraminifera, these samples are typically sub-
jected to a more thorough oxidative cleaning
(Russell et al. 2004; Henehan et al. 2013). To
check for sample cleanliness and obtain com-
plementary proxy data, several laboratories
analyse trace element ratios (e.g. Al/Ca) on ali-
quots of the same samples prior to boron isotope
analyses. No strict cut-off value for contamina-
tion exists, as the boron to aluminium ratio and
the boron isotope composition of the leachate
will vary between samples, but samples with
Al/Ca of a few hundred lmol/mol or more may
be treated with suspicion (see also Deyhle and
Kopf 2004).

5.2.3 Chemical Purification

Chemical purification of boron from the sample
matrix is required prior to analysis by
Multi-Collector Inductively-Coupled-Plasma
Mass Spectrometry (MC-ICPMS; see Wei et al.
2014). Some Negative Thermal Ionisation Mass
Spectrometry (NTIMS) methods also employ
chemical purification, whereas others load sam-
ples in their dissolved carbonate matrix (compare
Duke and Lamont methods in Foster et al. (2013)
and see discussion in Farmer et al. 2016).

5.2.3.1 Column Chromatography
Boron purification is typically carried out using
column chromatography, taking advantage of the
Amberlite 743 boron-specific resin (Kiss 1988;
Lemarchand et al. 2002). Dissolved samples are
buffered to elevate pH, which allows borate to
complex with the resin’s N-methyl-glucamine
groups (Yoshimura et al. 1998). CaCO3 matrix is
then removed using deionized water, and boron
is eluted using dilute acid. Some laboratories use
a cation column to reduce major ion concentra-
tions prior to Amberlite purification (Paris et al.
2010a; Trotter et al. 2011); and see Paris and
Duke methods in Foster et al. 2013). As boron is
volatile in acidic conditions (Gaillardet et al.
2001) it is not possible to pre-concentrate

samples by evaporation, so column volumes
must be minimized to concentrate boron for
analysis. The column chromatography approach
is common in isotope geochemistry and can
provide data with reproducibility of *0.2‰
(2SD; e.g. Rae et al. 2011). However the rela-
tively long exposure time of samples purified by
this technique requires laboratory contamination
(“blank”) to be carefully controlled. This likely
accounts for poor inter-laboratory reproducibility
between MC-ICPMS techniques at small sample
sizes (see discussion in Foster et al. 2013).
Control of laboratory blank is a unique challenge
for boron, due to the common use of boro-silicate
fibers in HEPA filters, lab insulation, and
fire-retardants (Rosner et al. 2005). However as
boron contamination is also a problem for the
semi-conductor industry, boron-free alternatives
are available, allowing total procedural blanks to
be kept to <100 pg under carefully controlled
conditions (Wang et al. 2010; Rae et al. 2011).

5.2.3.2 Microsubliation
Boron purification has also been carried out by
“micro-sublimation” (Gaillardet et al. 2001;
Wang et al. 2010; Misra et al. 2014). This takes
advantage of the volatility of boron to evaporate
it from the sample matrix. The dissolved sample
is loaded onto the upturned lid of a Teflon bea-
ker, which is then closed and placed on a hot-
plate, allowing boron to evaporate from the
matrix and condense along with water in the
beaker’s upturned base. This method has the
advantage of being totally enclosed, minimizing
contamination. Microsublimation has yielded
promising results for solution standards, seawa-
ter, and multiple aliquots of dissolved carbonate
samples (Gaillardet et al. 2001; Wang et al. 2010;
Misra et al. 2014). However results on for-
aminifera are more limited and, to date, show
poorer reproducibility; for instance Misra et al.
(2014) show that multiple solid splits of a for-
aminiferal sample have variability of *1.7‰
(2SD). This is significantly larger than replicate
aliquots of a single solution by this method
(*0.5‰, 2SD), and cannot be attributed to
sample heterogeneity, as the same levels of
scatter are seen in subsamples of 25 and 50
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foraminiferal tests (Misra et al. 2014). This may
suggest variable mass fractionation during boron
evaporation as a function of subtle differences in
sample matrix.

5.2.4 Mass Spectrometry

5.2.4.1 NTIMS
The pioneering early work on boron isotopes in
foraminifera was carried out by Negative Ther-
mal Ionisation Mass Spectrometry (Hemming
and Hanson 1994; Sanyal et al. 1995; Pearson
and Palmer 2000). By switching polarity from
typical positive TIMS and analyzing boron as
BO2

− beams instead of Cs2B2
+, sample sizes

were reduced to levels permitting analysis of
small foraminiferal samples (Hemming and
Hanson 1994). As described in greater detail in
Chap. 2, the carbonate matrix promotes ioniza-
tion of boron, so dissolved foraminifera are
typically loaded directly onto filaments with no
further purification (Kasemann et al. 2009;
Farmer et al. 2016). However this sensitivity to
matrix has the potential to introduce inaccura-
cies, with NTIMS analyses deviating from
MC-ICPMS values in samples with low
boron/matrix ratios (see inter-laboratory com-
parison by Foster et al. (2013) and
intra-laboratory comparison by Farmer et al.
2016), though the exact cause of these offsets
remains unknown.

5.2.4.2 MC-ICPMS
MC-ICPMS is increasingly used for analysis of
boron isotopes on marine carbonates. As descri-
bed above and in Chap. 2, this technique requires
careful separation of boron from the carbonate
matrix, and has further challenges including
memory effects in the sample introduction system
due to boron’s volatility (Al-Ammar et al. 2000),
large mass bias (*15% per amu) requiring
stable-enough conditions for accurate correction
by sample-standard bracketing (Foster 2008), and
relatively low sensitivity (*10 mV/ppb using a
50 ll/min nebuliser). Recent inter-laboratory
comparison shows good agreement (*0.5‰
2SD) between MC-ICPMS analyses for relatively

large samples (Foster et al. 2013; Gutjahr et al.
2014). However reproducibility is notably poorer
for smaller samples, of the size typically used in
foraminiferal analyses (Foster et al. 2013), high-
lighting the need for careful control of laboratory
blank.

5.2.4.3 In Situ Analysis
Laser-Ablation MC-ICPMS (LA-MC-ICPMS)
and Secondary Ionisation Mass Spectrometry
(SIMS) can be used to make in situ analyses of
d11B in foraminifera (Rollion-Bard and Erez
2010; Fietzke et al. 2010; Kaczmarek et al. 2015).
Until recently, the precision of these methods has
been relatively low, due to low count rates.
However recent technical developments, along
with pooling of multiple spots have considerably
improved LA-MC-ICPMS precision (Fietzke
et al. 2015; Sadekov et al. 2016). Accurate cor-
rection for mass bias in situ analyses requires
homogenous and carefully characterized stan-
dards, and matrix matching is important for SIMS
(Kasemann et al. 2009), though less so for
LA-MC-ICPMS (Fietzke et al. 2015). While
in situ analysis is unlikely to replace bulk/solution
techniques for generating foraminiferal d11B
records, it may provide valuable insights into the
distribution of boron isotopes within foraminiferal
carbonate, and the statistical spread of d11B values
of individuals within a sample population
(Rollion-Bard and Erez 2010; Kaczmarek et al.
2015; Sadekov et al. 2016).

5.3 Boron Isotope Systematics
in Modern Foraminifera

A particular attraction of the d11B-pH proxy is its
underlying chemical framework: pH controls
d11B of borate, and as borate is thought to be
incorporated in foraminifera, foraminiferal d11B
should track pH. However it is possible that
equilibrium or kinetic isotopic fractionations
occur on boron incorporation into carbonate,
and/or that foraminiferal physiology may impart
further offsets from inorganic systematics
(known as “vital effects”). Thus it is crucial to
test the relationship between d11B of borate,
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calculated from measured seawater pH, and for-
aminiferal d11B. This has been achieved with
measurements of natural modern samples taken
from sediment core-tops, plankton tow nets and
sediment traps, and using culturing experiments,
where foraminifera are taken from the wild and
grown in controlled laboratory conditions over a
range of pH.

As d11B proxy calibration studies aim to test
the relationship between d11B in foraminifera
and borate—on which this proxy is based—pre-
senting calibration data on cross-plots of foram
d11B versus d11B of borate is recommended. This
also has the advantage over presentation on
d11B-pH figures that different environmental
conditions may be readily plotted together,
whereas d11B-pH figures may only be con-
structed for a single set of environmental condi-
tions (T, S, P, and resulting KB). However given
that several previous studies have shown cali-
bration data on d11B-pH figures, these are also
shown here for reference, with data plotted at the
pH of the original growth conditions and d11B
re-calculated for standard surface water condi-
tions of 25 °C and 35 psu. This is achieved by
applying the offset between foraminiferal and
borate d11B found at the original growth condi-
tions to the d11B of borate calculated with KB for
25 °C, 35 psu, and 0 m depth, at the original
growth pH, i.e.

1. calculate d11B offset at in situ conditions:
Dd11B = d11Bforam − d11Bborate-in situ;

2. calculate KB at the T, S, P conditions of the
desired pH-d11B plot, using Eq. (5.11) (and
5.12 and 5.13 if plotting at non-zero water
depths);

3. calculate d11B of borate for the desired plot
conditions using Eq. (5.8), with KB from step
2 above, and pH from the original measure-
ment at in situ conditions;

4. apply the d11B offset from step 1 to d11B of
borate calculated in step 3, to give the adjusted
foram d11B: d11Bforam-adjusted = d11

Bborate-plot + Dd11B.

Other approaches to this adjustment are pos-
sible (for instance using pH rather than d11B

offsets), but the assumptions and steps in the
approach above are the most straightforward.

Boron isotope data on modern foraminifera
are discussed below, from deep sea calcitic
benthic, planktic, and other benthic foraminifera
in turn. The implications of these data for
d11B-pH systematics are then synthesized,
including modes of boron incorporation into
foraminiferal carbonate, isotopic fractionation
and physiological influences, and constraints on
pH during biomineralisation.

5.3.1 Results of Boron Isotope
Calibration Studies
on Modern Foraminifera

5.3.1.1 Deep Sea Benthic Foraminifera
—A Model System?

The low-Mg calcite hyaline benthic foraminifera
found in deep ocean environments provide a
useful starting point for assessing foraminiferal
boron isotope systematics. This grouping
includes a wide range of genera, lacks symbionts,
is thought to have relatively low metabolic rate,
and inhabits stable deep-sea environments that
span a wide range of conditions (pH, T, S, P,
ΔCO3

2− etc.).
Deep sea benthic foraminifera appear to

record the d11B of borate ion—and thus pH—of
the surrounding water with little or no modifi-
cation. This is most readily demonstrated for the
epifaunal taxa Cibicides and Planulina (Rae et al.
2011; Yu et al. 2010), which inhabit the sediment
surface and thus have the closest association with
bottom water conditions (Figs. 5.2 and 5.3). In a
set of 45 foraminiferal d11B samples spanning 17
different sites in the Atlantic, C. wuellerstorfi, C.
mundulus, C. lobatus, C. ungerianus, and
P. ariminensis all have d11B that closely matches
d11B of borate at bottom water pH (Rae et al.
2011). There are no systematic differences in
d11B values with different foraminiferal test size
nor between species (Rae et al. 2011). C.
wuellerstorfi appears to track bottom water pH
conditions with least scatter, as previously
observed for other geochemical tracers (d13C,
d18O, element/calcium ratios), likely due to its
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elevated epifaunal habitat (Lutze and Thiel
1987).

Infaunal benthic foraminifera also appear to
record d11B of borate, but at conditions reflecting
their pore water environment (Fig. 5.2). Infaunal
species analysed to date include C. robertsoni-
anus, Oridorsalis umbonatus, Gyroidina sol-
danii, Uvigerina peregrine, Melonis zaandamae,
Ammonia beccarii, and Lenticulina vortex,
inhabiting the top few cm of deep sea sediment.
Infaunal foraminifera have d11B up to 2‰ lower
than d11B of borate in bottom waters. However
pH may be lowered in pore waters by oxidation
of organic matter, and d11B of pore water itself
may be lowered by interaction with light boron
from clays, carbonate, opal, and organic matter
(Rae et al. 2011). These factors combine to
decrease d11B of borate by around −0.5 to
−2.0‰ in the top 5 cm of pore waters compared
to overlying bottom waters (Fig. 5.2b), similar to
the d11B offsets seen in infaunal benthic for-
aminifera (Fig. 5.2a). More detailed comparison
of pore-water chemistry and infaunal d11B is
limited by knowledge of sedimentary habitat
depths; nonetheless, the most simple explanation
of d11B in infaunal foraminifera is that it follows

the same systematics as in epifaunal species,
incorporating borate ion but at the conditions of
the surrounding pore water (Corliss 1985).

The close match between d11B of benthic
foraminifera and d11B of borate at the pH of the
surrounding water, across a wide range of envi-
ronmental conditions and different taxa, provides
support for simple models of d11B-pH proxy
systematics (e.g. Hemming and Hanson 1992
and see Sect. 3.2.1).

5.3.1.2 Planktic Foraminifera—Key
Proxy Carriers

Planktic foraminifera have been the focus of
much of the development work on foraminiferal
boron isotopes, due to the importance of surface
ocean d11B-derived pH records in studies of past
atmospheric CO2. Modern planktic foraminifera
evolved from benthic species (Hemleben et al.
2012), and have relatively simple low-Mg calcite
tests compared to the variety found in benthic
taxa. However despite their low taxonomic
diversity, planktic foraminifera span a wide range
of ecological niches and lifestyles, ranging from
shallow-dwelling taxa with photosynthetic sym-
bionts, to deep-dwelling taxa lacking symbionts.
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Fig. 5.2 a Offsets between d11B measured in core-top
benthic foraminifera from deep ocean sediment cores and
d11B of borate ion calculated for overlying seawater (Rae
et al. 2011). Uncertainties are equivalent to 2SD on repeat
analyses. Calcite epifaunal foraminifera have d11B within
error of seawater borate, while infaunal foraminifera are
offset below bottom water by up to 2‰. b Offset between
d11B of borate in bottom water and pore waters, averaged
from 3 sediment cores from the Namibian margin. Pore

water d11B of borate values are calculated from measured
pH and d11B of pore water (Rae et al. 2011); the mean and
2SE of d11B of borate in each of the top 5 cm is shown for
three nearby cores. These offsets are similar to those seen
between bottom water and infaunal benthic foraminifera
(some of which were taken from these cores), suggesting
that these species record d11B of borate in their ambient
pore water conditions
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(a) (b)

(c) (d)

Fig. 5.3 a Boron isotope data from modern planktic and
benthic foraminifera from core-tops and plankton tows,
compared to d11B of borate calculated from carbonate
system data in ambient seawater. b Boron isotope data
from panel (a) re-plotted at 25 °C, 35 psu, and 0 m water
depth, compared to pH from carbonate system data in
ambient seawater. To re-plot boron isotope data, the d11B
offsets between foraminifera and borate ion found at the
original growth conditions are added to the d11B of borate
calculated with pKb for 25 °C, 35 psu, and 0 m depth at
the original growth pH (see main text Sect. 5.3). c, d are
equivalent to (a) and (b) but for cultured planktic
foraminifera. Wild planktics: G. ruber data are from
Henehan et al. (2013) and Foster (2008), T. sacculifer
(formerly known as G. sacculifer) data are from Foster

(2008) and Martínez-Botí et al. (2015b), O. universa data
are from Henehan et al. (2016), G. bulloides data are from
Martínez-Botí et al. (2015b), N. pachyderma data are
from Yu et al. (2013). Wild benthics: P. ariminensis, C.
wuellerstorfi, and C. mundulus data are from Rae et al.
(2011). Cultured planktics: G. ruber data are from
Henehan et al. (2013), O. universa data are from Sanyal
et al. (1996), with a −3.3‰ offset to account for
interlaboratory bias (Henehan et al. 2016), and T.
sacculifer data are from Sanyal et al. (2001), with a
−5.3‰ offset to account for interlaboratory bias (Foster
et al. 2012). Uncertainties are 2r and taken from original
publications. Code and data used to make this figure are
available in the online materials accompanying this article
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The life span of most planktic species is relatively
short (weeks to months), so metabolic rates are
high: compared to benthic foraminifera, planktics
tend to live fast and die young. Some species have
preferences for certain seasons, and some may
migrate through different water depths during
their life cycle. However individual species tend
to occupy a relatively limited set of environ-
mental (e.g. pH and temperature) conditions
(Bijma et al. 1990). These factors, along with
limited depth and seasonally-resolved
water-column pH data, may complicate proxy
calibration in planktic foraminifera from the wild
(e.g. core-tops, tows, sediment traps). Culturing
experiments have thus been employed in d11B
calibrations to provide an expanded pH range
with controlled environmental conditions, but do
not necessarily provide analogous conditions to
the open ocean.

Boron isotope data from all planktic for-
aminifera analysed to date lie within a few permil
of d11B of borate and show sensitivity to sea-
water pH (Fig. 5.3). However while d11B values
lie close to d11B of borate (compared to d11B of
seawater or boric acid), there are notable offsets.
Species lacking photosynthetic symbionts (in-
cluding G. bulloides and N. pachyderma) have
d11B below that of borate ion (i.e. an offset to
lower pH), while symbiont-bearing species (e.g.
G. ruber and T. sacculifer) tend to have d11B
above borate at seawater pH (i.e. an offset to
higher pH; Hönisch et al. 2003).

These offsets may be explained by the phys-
iological influences of photosynthesis, respira-
tion, and calcification on the foraminiferal
microenvironment (Zeebe et al. 2003; Fig. 5.4a).
Photosynthesis draws down CO2, raising
microenvironmental pH, while respiration relea-
ses CO2, lowering pH (Wolf-Gladrow et al.
1999). Calcification draws down two moles of
alkalinity (via Ca2+) per one mole of dissolved
inorganic carbon (either as HCO3

− or CO3
2−),

resulting in a net lowering of pH (see Box 1 for a
quick review of carbonate chemistry).
The influence of these processes on the
microenvironment of planktic foraminifera has
been demonstrated using microelectrodes (Rink
et al. 1998; Köhler-Rink and Kühl 2000), which

reveal pronounced gradients in pH and O2 in the
diffusive boundary layer surrounding planktic
foraminifera. Culturing studies demonstrate that
these processes are reflected in boron isotope
composition (Hönisch et al. 2003), with an
increase in d11B of O. universa grown at
increasing light levels, due to enhanced photo-
symbiont activity. These offsets have also been
reproduced in a diffusion-reaction model of the
foraminiferal microenvironment (Zeebe et al.
2003; and see further discussion below). Physi-
ological alteration of foraminiferal microenvi-
ronment may also account for the influence of
size on d11B in symbiont-bearing planktic for-
aminifera (Zeebe et al. 2003). Increases in d11B
with shell size are seen in G. ruber and T. sac-
culifer (Henehan et al. 2013; Ni et al. 2007;
Hönisch and Hemming 2004), which may result
from documented increases in photosynthetic
rates relative to respiration with increasing test
size (Lombard et al. 2010; Hemleben and Bijma
1994).

Given the influence of physiological processes
on planktic foraminiferal d11B, it is crucial for
proxy calibration to test how these are realized in
modern ocean settings. This is well-illustrated by
recent open ocean d11B data from O. universa
(Henehan et al. 2016), which are offset below
d11B of borate at seawater pH, despite the pres-
ence of dinoflagellate symbionts. This may be
explained by the fact that O. universa tends to
inhabit water depths where light attenuation may
limit photosynthetic activity (Morard et al. 2009;
Jorgensen et al. 1985). Respiration and calcifi-
cation thus exert a greater net influence than
photosynthesis at the habitat depth of O. uni-
versa, leading to an offset to lower d11B and pH.
Indeed Hönisch et al. (2003) note that their cul-
ture experiments that used low light levels lie
closest to their O. universa data from plankton
tows (though not core-tops).

Early culture work (Sanyal et al. 1996) sug-
gested that d11B in O. universa showed a lower
sensitivity to pH than d11B of borate (Fig. 5.3c,
d). However this is not seen in the wild data of
Henehan et al. (2016), which closely follow d11B
of borate with a small constant offset (see further
discussion in Sect. 3.2.2). Indeed despite the
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influence of physiology on planktic foraminiferal
d11B, Henehan et al. (2016)’s open ocean O.
universa data—from plankton tows and core tops
—demonstrate that these vital effects may be
remarkably stable, or closely coupled, over a
wide range of environmental conditions.

5.3.1.3 Other Benthic Foraminifera—
Enigmatic Signals
in High-Mg Calcite
and Aragonite

Large, high-Mg calcite, reef-dwelling benthic
foraminifera of the genus Amphistegina are
commonly used in culture studies of biominer-
alisation, being relatively robust to environmen-
tal change, easy to collect, and large enough to
image effectively. However boron isotope data
on Amphistegina from different studies are cur-
rently somewhat conflicting. While Rollion-Bard
and Erez (2010)’s SIMS data, when averaged,
give bulk d11B values lying *5–12‰ above
d11B borate, Kaczmarek et al. (2015)’s recent
laser ablation data range from values *2‰
above borate to *7‰ below. Kaczmarek et al.
(2015) also find a range of *6‰ between dif-
ferent specimens cultured under the same envi-
ronmental conditions, with the lowest d11B
values in these specimens lying below the lower
limit for d11B of borate ion.

The cause of these offsets between specimens
and studies is currently unknown. However the
range of d11B in specimens taken from the same
environmental conditions suggests strong but
variable internal control of d11B by individual
foraminifera of this species under these condi-
tions. Internal control of d11B in Amphistegina
was also suggested by Rollion-Bard and Erez
(2010), who found a notable change in the spread
of d11B values from individual SIMS spots in a
given specimen as a function of pH (see
Sect. 3.2.3 on Biomineralisation).

Enigmatic boron isotope results have also been
obtained from the only commonmodern aragonitic
foraminifera, Hoeglundina elegans. Indeed the life
style of this species is in itself an enigma, being
widely distributed in the deep ocean at depths and
conditions where aragonite is highly undersatu-
rated. Boron isotope values from this epifaunal

species lie below ambient borate by *0.5–3.5‰
(Rae et al. 2011), notably different to low-Mg epi-
faunal benthic foraminifera. Indeed the lowest d11B
values from this species (11.97‰; Rae et al. 2011)
lie below the lower limit of seawater borate ion,
suggesting further isotopic fractionation during
biomineralisation in this species.

5.3.2 Discussion of Boron Isotope
Calibration on Modern
Foraminifera

The synthesis of boron isotope data on modern
foraminifera presented above provides a basis to
re-evaluate the assumptions underlying the
d11B-pH proxy, and provides powerful con-
straints on models of calcification.

5.3.2.1 Boron Incorporation
in Foraminifera

A key assumption in the use of boron isotopes in
marine carbonates to reconstruct pH is that only
borate ion is incorporated into carbonate (for more
detailed discussion see Chap. 3 by Branson and
recent paper by Balan et al. 2016). Given the
physiological influences on planktic foraminiferal
d11B, the deep sea benthic foraminifera provide a
useful model system to test this assumption. The
close match between epifaunal benthic d11B and
d11B of borate (Figs. 5.2 and 5.3) strongly sup-
ports the exclusive incorporation of borate ion
from seawater into foraminiferal carbonate:
incorporation of just 4% boric acid would offset
benthic d11B from borate ion by more than 1‰, in
contrast with the close match observed. Indeed
across a wide range of life styles and environ-
ments, and despite physiological influences,
almost all foraminiferal d11B data lie relatively
close to d11B of borate, and are substantially
below d11B of seawater or boric acid.

Although NMR data have shown the presence
of both tetrahedrally and trigonally coordinated
boron in biogenic carbonates (Sen et al. 1994;
Klochko et al. 2009; Rollion-Bard et al. 2011;
Noireaux et al. 2015; Mavromatis et al. 2015),
this does not necessarily reflect the coordination
of the molecule incorporated from solution
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(Klochko et al. 2009; Balan et al. 2016). Indeed
some re-coordination of tetrahedral borate is to
be expected upon incorporation into trigonal
calcite (Hemming et al. 1995; Klochko et al.
2009), with recent quantum mechanical mod-
elling showing that boron is structurally substi-
tuted for carbonate groups in the calcite lattice,
being found as partially deprotonated trigonal
BO2(OH)

2− and minor B(OH)4
− (Balan et al.

2016). Although under equilibrium conditions
isotopic fractionation may be expected between
borate and BO2(OH)

2−, if this re-coordination
occurs during incorporation without further
exchange with seawater, it may not be expressed.
Indeed recent synchrotron work (Branson et al.
2015) suggests that boron may be exclusively
present in trigonal form in calcitic benthic for-
aminifera. If this trigonal boron were to reflect
boric acid incorporation, foraminiferal d11B val-
ues should lie *28‰ above borate. However
d11B data on these samples lie within a few ‰ of
d11B of borate ion (Kaczmarek et al. 2015),
supporting exclusive addition of borate ion to
growing calcite, with re-coordination to trigonal
form upon incorporation into foraminiferal cal-
cite with no further isotopic exchange (Hemming
and Hanson 1992).

Although some recent experimental work has
suggested that boric acid may be incorporated
into inorganically precipitated calcites, results
from different studies are conflicting. Based on
boron concentration data, Uchikawa et al. (2015)
suggest that partitioning of boron into calcite is
best described in terms using total boron in
solution rather than borate ion, especially at high
precipitation rates. However preliminary d11B
data on these same precipitates lie close to borate
ion (Farmer et al. 2015), inconsistent with sub-
stantial incorporation of boric acid. Noireaux
et al. (2015) provide d11B data on inorganic
aragonite and calcite precipitates (as used in
Mavromatis et al. 2015). While Noireaux et al.
(2015)’s aragonites have d11B within error of
borate ion, the calcites have d11B up to *10‰
higher than borate, and these authors suggest
incorporation of boric acid may account for this
offset. However in a separate study, Kaczmarek
et al. (2016) give d11B values for inorganic

calcite precipitates within 1.5‰ of borate ion,
supporting the predominant incorporation of
borate. Further work is required to reconcile
these conflicting results and this will doubtless
lead to improved understanding of the funda-
mental mechanisms of boron incorporation into
carbonate (Balan et al. 2016). However it should
be noted that inorganic experiments do not pro-
vide a perfect analogue to precipitation of calcite
by foraminifera, and that foraminiferal d11B data
are currently most easily explained by exclusive
incorporation of borate ion at pH close to that in
surrounding seawater.

5.3.2.2 Boron Isotope Fractionation
in Foraminifera

The boron isotope fractionation factor between
boric acid and borate ion was, for a long time,
poorly constrained (see further discussion in
Chap. 8). Early studies frequently used a value of
1.0194, based on calculations by Kakihana and
Kotaka (1977) using vibrational frequency data
from Kotaka and Kakihana (1977). However it
was later shown that a major vibrational fre-
quency mode had been improperly assigned in
these calculations (Rustad and Bylaska 2007),
and recalculation using various methods yields
higher values, though with considerable range
(*1.020–1.050; Oi 2000; Liu and Tossell 2005;
Zeebe 2005). Experimental determination of the
fractionation factor was thus crucial. Klochko
et al. (2006) achieved this with an elegant
experiment that takes advantage of the fact that
pure 10B boric acid and pure 11B boric acid have
subtly different dissociation constants, which can
be linked to the fractionation factor. This yields
an isotopic fractionation of 1.0272 ± 0.0006
(95% confidence) between borate and boric acid
in seawater, which has been widely adopted. This
has recently been corroborated using an inde-
pendent experimental set-up, based on separation
of boric acid from borate ion (and associated ion
pairs) using reverse osmosis, and isotopic mea-
surement of these solutions (Nir et al. 2015). This
yields a value of 1.0260 ± 0.001, within error of
the Klochko et al. (2006) value.

Although the aqueous fractionation factor is
now well constrained, there has been continued
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discussion about fractionation of boron into car-
bonates (for instance see supplementary infor-
mation of Hönisch et al. 2009). While inorganic
precipitate data might be hoped to provide con-
straints on inorganic equilibrium and/or kinetic
fractionation, the unexplained discrepancies
between different studies (discussed in
Sect. 3.2.1) currently make it difficult to derive
unambiguous fractionation factors from this
work. Much of the discussion of boron frac-
tionation during carbonate formation has thus
been based on d11B in biogenic carbonates.

As discussed above, benthic foraminifera
appear to follow d11B of borate with no signifi-
cant offset (Figs. 5.2 and 5.3). However planktic
foraminifera show a range of offsets (Fig. 5.3),

some of which vary as a function of pH (i.e. the
d11B data have a different “slope” or sensitivity
to pH compared to borate). In corals, large offsets
above d11B of borate are commonly attributed to
internal pH elevation (Hönisch et al. 2004; Krief
et al. 2010; McCulloch et al. 2012b; Allison and
Finch 2010; Allison et al. 2014 and see Chap. 5
by McCulloch), but this appears not to exert
major influence in most foraminifera (see further
discussion below). In foraminifera, the physio-
logical processes of photosynthesis, respiration,
and calcification are well-documented to cause
pH modification in the microenvironment (Rink
et al. 1998; Köhler-Rink and Kühl 2000). Zeebe
et al. (2003)’s reaction-diffusion model suggested
that boron isotope offsets due to these processes

(a) (b) (c)

Fig. 5.4 a Schematic of the influence of foraminiferal
physiology on the carbonate chemistry of the microenvi-
ronment. Circles indicate water conditions; grey arrows
indicate DIC drawdown via photosynthesis, DIC release
via respiration, and alkalinity and DIC drawdown (in a 2:1
ratio) via calcification; black arrows show the net
influence of these processes. For simplicity, the minor
alkalinity changes due to nitrate uptake and release have
been ignored. While respiration and photosynthesis stay
constant with changing carbonate chemistry, calcification
is likely to vary as a function of saturation state, driving
variable offsets in d11B of borate between the forami-
niferal microenvironment and the surrounding seawater.
b, c An equilibrium calculation of d11B offsets in the
foraminiferal microenvironment. Note that this is a major
simplification compared to the Wolf-Gladrow et al. (1999)
and Zeebe et al. (2003) approach, but useful for building
intuition. Bulk solution conditions have DIC of
1800 lmol/kg and alkalinity of 1800–3000 lmol/kg,
giving a range of pH and d11B of borate values. The
green dashed lines show the influence of 75 lmol/kg DIC
drawdown via photosynthesis and 75 lmol/kg DIC

release via respiration on d11B in the foraminiferal
microenvironment. The gray dot-dash line shows the
combined influence of calcification, which draws down
alkalinity and DIC in a 2:1 ratio as a function of 2
(Ω − 1)1.9, and 50 lmol/kg net DIC release via respira-
tion. Also plotted are the wild O. universa data of
Henehan et al. (2016) and the cultured O. universa data of
Sanyal et al. (1996), plotted as in Fig. 5.3. The black
arrow indicates the magnitude of d11B offset in O.
universa observed between light and dark culture condi-
tions (Hönisch et al. 2003), and the gray band indicates
Ωcalcite found in typical modern surface ocean conditions
(i.e. covering the full habitat range of O. universa and
excluding only low Ω waters from the high latitude
Southern Ocean and North Pacific). Changes in calcifica-
tion as a function of carbonate ion saturation may drive
variable d11B offsets in the extremely wide range of
saturation states created under culture conditions, whereas
offsets remain constant for surface ocean values of Ωcalcite.
All plots are given for 25 °C, 35 psu and 0 m water
depth, with calculations carried out in CO2SYS.m (van
Heuven et al. 2009)
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may stay constant across a range of pH, making
the variable offsets hard to explain. However
variable offsets may occur if the nature of car-
bonate precipitation changes over the range of
culture conditions.

Variable d11B offsets may be expected to arise
due to changes in the buffering capacity of the
carbonate system at different pH. At low pH, a
given change in DIC (for instance via photo-
synthesis) will drive a larger change in pH than at
higher absolute pH values (Fig. 5.4a; and see
Allison and Finch 2010). This appears at first to
provide a possible explanation for the larger
offsets from d11B of borate observed in for-
aminifera cultured at low pH. However the effect
of this on the boron isotope system is countered
by the reduced sensitivity of d11B of borate at
lower pH (the flattening of the d11B of borate
curve in Fig. 5.2b). Thus although the size of the
pH offset resulting from a constant photosyn-
thetic DIC-drawdown may change at different
bulk solution pH, the offset in d11B remains
relatively constant. This is illustrated by the
schematic in Fig. 5.4a: the photosynthesis
DIC-drawdown vectors cross 0.1 pH units at
high pH and 0.2 at low pH, but in both cases
cross *2 permil in d11B of borate. This is also
shown with simple steady state calculations in
Fig. 5.4b, c: the offset between d11B of borate in
the bulk solution and the green dashed lines
(depicting a constant DIC-drawdown or addition)
stays relatively constant with solution pH, as
shown more comprehensively in Zeebe et al.
(2003)’s diffusion-reaction model.

Variable d11B offsets may instead be
explained by changes in physiology as a function
of pH. Photosynthesis and respiration rates are
not thought to be substantially impacted by
changes in the carbonate system of this magni-
tude (Glas et al. 2012a). (Though a potential
exception to this is noted by Henehan et al.
(2013), who observe that cultured G. ruber holds
its symbionts closer to its test under low pH
conditions, which may increase the intensity of
photosynthetic elevation of pH and d11B at low
pH.) Calcification rate, on the other hand, is
expected to vary substantially as a function of
changes in carbonate saturation (X) over the

range of pH values used in culture studies (e.g.
Bijma et al. 2002). For instance calcite saturation
state varies from *1.5 to 20 over the pHtot range
of 7.6–8.9 used in Sanyal et al. (1996); a gen-
eralized calcite precipitation rate law of R = 2(Ω
−1)1.9, gives a factor of 1000 change in precip-
itation rate over this range. Carbonate precipita-
tion draws down local pH by removing 2 mol of
ALK for every 1 of DIC (Fig. 5.4a). Rapid
CaCO3 precipitation at high saturation states may
thus drive large decreases in microenvironment
pH (Glas et al. 2012b; Toyofuku et al. 2017),
compared to slower CaCO3 precipitation at lower
saturation states giving smaller local pH decrease
(Fig. 5.4a). This may act to decrease d11B values
in foraminiferal carbonate in cultures at high pH
and saturation state, and thus give d11B in cul-
tured foraminifera a relatively “shallow slope” or
reduced sensitivity to d11B of borate as a func-
tion of pH.

The potential influence of variable calcifica-
tion rates on foraminiferal microenvironment is
illustrated with the simple steady state calcula-
tion in Fig. 5.4b, c. This calculation alters the
carbonate system for a modelled microenviron-
ment compared to the bulk solution by ALK and
DIC drawdown in a 2:1 ratio as a function of
saturation state, along with a constant net
DIC-drawdown due to net respiration. This
equilibrium treatment is a (gross!) simplification
of variable rates of carbonate precipitation, and it
should also be noted that foraminifera may not
follow this precipitation rate law (see Allen et al.
2016, though note that crystal growth rate may
vary substantially from mass added in culture).
However this calculation does illustrate the
potential for the extremely large range of satu-
ration states experienced in culture to cause
reduced sensitivity of foraminiferal d11B to pH
(“shallow slopes”), as observed in culture
(Fig. 5.4b, c).

The reduced sensitivity of planktic for-
aminiferal d11B to pH displayed in culture is not
readily observed in wild samples of planktic or
benthic foraminifera (Figs. 5.3 and 5.4b, c),
although it should be noted that few wild cali-
bration studies span a large-enough pH range to
precisely constrain this sensitivity. Nonetheless,
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the recent wild O. universa data of Henehan et al.
(2016) follow the pH sensitivity of d11B of
borate more closely than previous O. universa
cultures (Sanyal et al. 1996). This might be
explained by the different character of carbonate
system changes under culture versus natural
conditions. While many culture experiments
make large alkalinity changes at constant DIC,
resulting in an extremely large range of carbonate
saturation states (Ωcalcite of *1.5–20), in natural
conditions alkalinity and DIC changes are often
coupled, and changes in saturation state are
muted by carbonate compensation. Furthermore
on long timescales, changes in ocean carbonate
saturation are buffered compared to changes in
pH (Tyrrell and Zeebe 2004; Hönisch et al.
2012). Therefore if the large range of carbonate
saturation is the chief cause of reduced sensitivity
of cultured d11B to pH, then calibration data
obtained from wild samples may be more appli-
cable to the geological record. Further work is
required to test this idea and to further improve
calibrations of foraminiferal d11B to pH under
both culture and wild conditions.

5.3.2.3 Boron Isotope Constraints
on Biomineralisation

The sensitivity of boron isotopes to pH makes
them a powerful constraint on mechanisms of
calcification in foraminifera. Here I briefly dis-
cuss the influence of some potential calcification
processes on boron isotopes in foraminifera, and
speculate on models that may match the con-
straints from d11B. Note that as the timescale of
boron isotope equilibration is extremely fast
(*125 ls; Zeebe et al. 2001), kinetic processes
are unlikely to exert a primary influence, sim-
plifying interpretations compared to d18O and
d13C (Zeebe and Wolf-Gladow 2001).

A common feature of many models of calci-
fication is the elevation of pH in a somewhat
isolated volume of seawater (de Nooijer et al.
2014). pH elevation of *0.5–1 units above
ambient seawater has indeed been observed
during calcification in foraminifera (de Nooijer
et al. 2009; Bentov et al. 2009) and corals (Venn
et al. 2011) using fluorescent dyes. However
while high d11B in corals appears to reflect this

pH elevation (see Chap. 6 and McCulloch et al.
2012a; Krief et al. 2010; Anagnostou et al. 2012;
Allison et al. 2014), d11B in most foraminifera
does not: pH elevation of 1 pH unit should give
d11B *7–14‰ above seawater borate (Fig. 5.5),
but most foraminifera lie within a few permil of
borate ion at seawater pH (Figs. 5.3 and 5.5).

The impact of pH elevation on foraminiferal
d11B may be even greater if boric acid is able to
diffuse from seawater to the site of pH elevation,
where it would re-equilibrate and elevate the total
(or “seawater”) d11B of the calcifying solution
above 39.61‰. Rayleigh fractionation also has
the potential to elevate d11B in an isolated vol-
ume of seawater, due to progressive drawdown
of borate into carbonate, but the low partitioning
of boron into calcite negates this effect (Rae et al.
2011; Stewart et al. 2016).

To date, substantial influence of pH elevation
on foraminiferal d11B has only been suggested
from one study, based on SIMS analyses of
cultured Amphistegina lobifera (Rollion-Bard
and Erez 2010). In these specimens the lowest
d11B values from individual SIMS spots fall
close to d11B of borate at ambient culture water
pH, while the highest d11B values reach an upper
limit of *30‰, equivalent to a pH of *8.9.
Notably, this is similar to pK2, the second
equivalence point of carbonic acid, above which
the overwhelming majority of DIC is present as
CO3

2−. pH elevation above this point would thus
give no further increase in carbonate saturation
and may also impact carbon concentration
mechanisms. Whatever the causal mechanism,
these data thus appear to suggest well-regulated
pH elevation up to a chemically-determined limit
(see also Gagnon et al. 2013 and Toyofuku et al.
2017), with calcification at pHs between this
limit and ambient seawater (Rollion-Bard and
Erez 2010; and see green lines in Fig. 5.5a).
However in a separate study using
LA-MC-ICPMS, Kaczmarek et al. (2015) find
large negative d11B offsets in cultured Amphis-
tegina, which are hard to reconcile with pH
elevation (though one possible explanation is
discussed below). The results from these high
Mg foraminifera thus remain somewhat
enigmatic.
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As the low-Mg benthic and planktic for-
aminifera have d11B values close to d11B of
borate at seawater pH, the majority of the boron
incorporated into these genera seems unlikely to
have been derived directly from a seawater pool
that experienced large pH elevation (Fig. 5.5).
However this must be reconciled with the
observations that at least some seawater is pre-
sent during chamber formation (de Nooijer et al.
2009; Bentov et al. 2009; Nehrke et al. 2013) and
that pH elevation does occur in a range of genera
(de Nooijer et al. 2009; Bentov et al. 2009).
Possible mechanisms that may satisfy these
apparently contradictory observations include:

(1) borate that reaches the calcifying space being
(selectively) removed from seawater at sea-
water pH;

(2) notable pH elevation occurring only dur-
ing initial chamber formation, while the
bulk of the shell is precipitated at a pH
close to seawater, perhaps aided by
Mg-removal;

(3) initial pH elevation being countered by
carbon concentration and/or carbonate
precipitation;

(4) pH elevation being less pronounced in the
wild than during culture observations.

(a)
(b)

Fig. 5.5 a Boron isotope composition of borate ion
under different pH elevation scenarios. The blue curve
shows ambient water conditions. The orange dotted and
dot-dash lines show pH elevation of 0.5 and 1.0. The
green solid line shows pH elevation to the equivalence
point of HCO3

− and CO3
2− (pK2), and the green dashed

line shows the mean of conditions at pK2 and in ambient
water. This illustrates a scenario where pH elevation
initiates calcification, and pH then falls as calcification
takes place, giving d11B offsets that fall between elevated
and ambient conditions. Foraminiferal boron isotope data
are also shown, including wild epifaunal benthic species
(Rae et al. 2011; open squares), wild O. universa
(Henehan et al. 2016; yellow circles), cultured O. universa
(Sanyal et al. 1996), and cultured A. lobifera
(Rollion-Bard and Erez 2010; open diamonds showing
individual SIMS spots on a single foraminifera and filled
diamonds their mean). All scenarios are calculated for
surface water conditions at 25 °C, 35 psu and 0 m water
depth, and foraminiferal data have been adjusted to these

conditions (as described in Fig. 5.5 3 and Sect. 5.3).
b Offset between boron isotope composition of borate
under different pH elevation scenarios compared to
ambient seawater conditions. Red and Orange lines show
surface conditions (25 °C, 35 psu and 0 m water depth),
with initial ambient water pH (pH0) of 8.2 and 7.7. Blue
lines show deep water conditions (0 °C, 35 psu and
2000 m water depth) with pH0 of 7.5. Dot-dash lines
show conditions with magnesium lowered to 3 mmol/kg
(Hain et al. 2015). This is similar to the magnesium
concentration predicted for the site of calcification in
low-Mg foraminifera using inorganic partition coeffi-
cients. (In contrast, calcium concentration has relatively
little influence on these relationships; Fig. 5.5 1d). Right
hand axis shows the maximum proportion of boron that
could have been incorporated into a foraminiferal shell
under elevated pH, while still allowing bulk shell d11B to
fall within 0.5‰ of borate at ambient seawater pH, as
observed in symbiont-barren epifaunal benthic taxa
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If borate ion is selectively transported from
seawater to the calcifying space, without input of
bulk seawater or boric acid, then pH could vary
without impacting shell d11B, provided that all of
the borate in this pool is incorporated (Rae et al.
2011). Selective transport could potentially be
achieved by trans-membrane ion channels, which
have been proposed by some authors to deliver
significant portions of calcium (Nehrke et al. 2013;
de Nooijer et al. 2009; Toyofuku et al. 2008), and
potentially also DIC (de Nooijer et al. 2014), to the
calcifying space. It has been suggested that Ca2+

channels might be “leaky” to Mg2+, given its sim-
ilar size and charge (Raitzsch et al. 2010; deNooijer
et al. 2009); likewise it is possible that HCO3

−

transporters could be leaky to B(OH)4
−. However

the presence of membrane-impermeable dyes and
beads at the site of calcification (Bentov and Erez
2006; Nehrke et al. 2013; de Nooijer et al. 2009)
and in calcite itself (Bentov and Erez 2006) shows
that bulk seawater—and not just channel-derived
ions—must reach the site of calcification.Given the
high concentration of boron in seawater this would
likely dominate the total boron in the calcification
space, so pH elevation would elevate foraminiferal
d11B. Selective transport of borate is thus unlikely
to offer a silver bullet to explain the match between
seawater borate and foraminiferal d11B.However if
borate transport does occur, it could potentially
help counter elevation of d11B due to pH elevation,
by reducing d11B of bulk boron in the calcification
space.

Alternatively the lack of an obvious signal of
pH elevation in low-Mg foraminifera could be
explained if pH elevation only occurs during
initial chamber formation, with the majority of
calcification taking place at pH closer to seawa-
ter. Bulk shell d11B could be kept within 0.5‰ of
seawater borate if pH elevation of 0.5 units is
only experienced by *5–25% of the boron
incorporated into foraminiferal calcite (depend-
ing on environmental conditions; Fig. 5.5b).
The rest of the boron could be sourced from
borate ion adsorbed and incorporated during
thickening of calcite onto existing chambers, if
this process takes place at pH close to ambient
seawater. The challenge to such a scenario is

finding mechanisms to drive calcification under
these conditions.

Calcification at pH close to ambient may per-
haps be facilitated by active magnesium removal
(Bentov and Erez 2006). Mg-removal acts to
increase the activity of carbonate ions and reduce
Mg “poisoning” of calcite growth (Zeebe and
Sanyal 2002), and has been suggested to occur via
mitochondrial activity in pseudopods surrounding
the shell (Spero et al. 2015). Mg-removal has
particular relevance to boron isotopes because
reduced Mg concentrations notably increase KB

(Fig. 5.1d), reducing the sensitivity of d11B to
changes in pH (Fig. 5.5b). For instance reducing
Mg concentrations at the site of calcification
to *3 mol/kg (as predicted using inorganic par-
tition coefficients and Mg concentrations in
low-Mg foraminifera) may reduce the impact of
0.5 units pH elevation on d11B from *5 to *3‰
depending on initial conditions (Fig. 5.5b).
Mg-removal would also reduce the impact of local
pH decrease during calcification (see below).
Different degrees of Mg removal from the calci-
fying space may also partially explain the con-
trasting d11B offsets between taxa with different
Mg/Ca (Fig. 5.5): extensive Mg-removal in
low-Mg benthic and planktic species would min-
imise the impact of local pH changes on d11B; in
contrast minimal Mg-removal in high-Mg taxa
such as Amphistegina renders their boron isotope
composition highly sensitive to pH changes dur-
ing biomineralisation.

The influence of pH elevation during initial
chamber formation on d11B may also be coun-
tered by local reductions in pH due to DIC
concentration or during calcification. Bentov
et al. (2009) demonstrate the presence of low-pH
vacuoles during calcification, which they suggest
may drive carbon concentration via CO2 diffu-
sion to low-CO2/high-pH seawater vacuoles (see
Allison et al. 2014 for analogous process in
corals). Indeed were CO2 diffusion infinitely
efficient, DIC addition would keep pace with pH
elevation, resulting in minimal net elevation in
pH or d11B. The fact that high pH vacuoles are
observed demonstrates that DIC addition is not
as efficient as in this end member scenario.
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Nonetheless, concentration of CO2 seems likely
to play a role in minimizing offsets in d11B.

Acidification of the calcifying microenviron-
ment may also occur due to net alkalinity draw-
down during calcification (Fig. 5.4a), and indeed
could act as a negative feedback on calcification.
To combat this, foraminifera have been shown to
actively extrude H + from the calcifying space
into surrounding seawater (Glas et al. 2012b),
using a V-ATPase “proton-pump” (Toyofuku
et al. 2017). Nonetheless, depending on the effi-
ciency of this pump, some degree of acidification
at the site of calcification may still occur. Acid-
ification of the seawater surrounding the for-
aminifera is also likely to drive further CO2

diffusion to the site of calcification, increasing
DIC and countering some of the initial pH ele-
vation (Toyofuku et al. 2017). Furthermore, if
this low-pH water is vacuolised and transported
to the site of calcification, it could not only
counter the influence of initial pH elevation, but
may even produce negative offsets between for-
aminiferal d11B and seawater borate (Fig. 5.4).
The magnitude of these influences will be highly
dependent on calcification rate and diffusion in
the shell’s microenvironment, which may differ
between settings, and could perhaps provide a
mechanism to explain differences in Amphiste-
gina d11B between studies (Rollion-Bard and
Erez 2010; Kaczmarek et al. 2015).

Finally it is possible that active pH manipu-
lation may be most pronounced under the warm
and energy-rich conditions in lab cultures, and
less pronounced in the wild, in particular in cold
deep-sea environments with low food. The
reduced sensitivity of d11B to pH in cold, low-pH
environments (Fig. 5.5b) may also contribute to
the absence of a pH elevation signal in wild
Cibicidoides from the deep ocean, despite the
fact that pH elevation has been observed in this
genera under culture conditions (de Nooijer et al.
2009). Higher turbulence in the wild may also
help minimize pH gradients in the microenvi-
ronments surrounding calcifying foraminifera
(Glas et al. 2012b; Toyofuku et al. 2017).

In summary, the close correspondence
between d11B of foraminifera and seawater
borate provides useful constraints on pH during

calcification. Trans-membrane transport of borate
ion is unlikely to explain this signal (in contrast
to the suggestion of Rae et al. 2011), as it will be
overwhelmed by boron from the seawater that is
present at the site of calcification. DIC concen-
tration and acidification during calcification
could in part counter pH elevation; however at
least some of this acidification is a result of
actively extruded protons, which will maintain
elevated pH at the site of chamber formation.
Furthermore although scenarios that balance
extremely high and low pH influences are pos-
sible, it seems unlikely that they could consis-
tently produce small d11B offsets if they account
for the majority of the shell’s boron. One possi-
ble scenario is that the majority of the shell’s
boron is incorporated at pH close to seawater
during chamber thickening, with pH elevation
only employed during initial chamber formation
and partially offset by concentration of DIC.
Magnesium removal may help drive this sec-
ondary thickening, and would also reduce the
sensitivity of d11B to further change in pH.
Indeed variable Mg-removal, along with envi-
ronmental influences on pH-d11B sensitivity,
foraminiferal energy budgets, and variable effi-
ciency of DIC concentration, may contribute to
variable d11B offsets between taxa. Further
observations are required to test this model,
including better estimates of the mass balance of
calcite and boron from primary chamber forma-
tion versus secondary thickening (Allen et al.
2011; Raitzsch et al. 2011). Nonetheless, it is
interesting to consider that pH elevation may
only be used to promote rapid initial chamber
formation, with foraminifera expending energy
to quickly overcome the thermodynamic barriers
and physiological vulnerabilities of this process,
whereas the bulk of the shell—and its boron—
may be precipitated onto an existing calcite
template at pH closer to seawater.

5.4 d11B-Derived pH and CO2

Interest in the boron isotope composition of
foraminifera stems largely from its application
as a tracer of the CO2 system in the geological

126 J.W.B. Rae



past (Fig. 5.6). Below I describe the processes
and assumptions that allow foraminiferal d11B
to be converted to pH and CO2. However it
should be noted that even without further con-
version, d11B of borate, as tracked by for-
aminiferal d11B, provides a powerful tracer of
carbonate system changes in its own right.
Indeed, over much of the ALK-DIC space in the
modern ocean, d11B of borate is a more linear
tracer of ALK/DIC ratio—and [CO3

2−] and
pCO2—than is pH (see inset figure in Box 1).
Thus provided timescales are short enough that
d11Bsw can be assumed to have remained rela-
tively constant (<10 Myr; see below), for-
aminiferal d11B alone provides a valuable tracer
of relative changes in past CO2 system condi-
tions, and plotting raw d11B data is a valuable
first step in any record. Indeed this is somewhat
analogous to foraminiferal d18O, which reflects
both temperature and d18Osw, but is typically
provided with no further conversion, and pro-
vides a valuable tracer of past oceanographic
conditions in this raw form. Furthermore, it
should be noted that despite uncertainties in
absolute pH and CO2 values arising from esti-
mates of d11Bsw and a second carbonate system
parameter, relative changes in pH and CO2 may
still be well constrained. Indeed Foster and Rae
(2016) demonstrate that estimates of climate
sensitivity in the past, based on comparison of
d11B-derived CO2 to sea surface temperature,
are relatively insensitive to uncertainties in
d11Bsw and estimates of alkalinity.

5.4.1 pH from d11B

5.4.1.1 d11B of Borate and pH
The first step in obtaining pH from foraminiferal
d11B is conversion to d11B of borate. This is
achieved using the calibrations described above and
shown in Fig. 5.3 (see also Foster and Rae 2016).
Ideally the calibration used would be based on for-
aminifera collected under wild conditions, as these
should most accurately reflect the combination of
influences felt by open ocean foraminifera taken
from samples “down-core”. However in many cases
these wild calibrations do not span a wide range of
pH and so culture calibrations are also commonly
applied. As discussed above, some culture calibra-
tions have lower sensitivity to d11B borate changes
than wild calibrations, and more work is required to
determine which is most appropriate for the geo-
logical record. Careful micropalaeontoloty is also
required to assess the most appropriate calibrations
to use for extinct species (Anagnostou et al. 2016).

With d11B of borate determined, conversion to
pH is typically achieved using Eq. (5.9), which is
based on the approximation provided by Eq. (5.6).

pH ¼ pKB

� log � d11BSW � d11BB OHð Þ�4
d11BSW � aB:d

11BB OHð Þ�4 � eB

 ! ð5:9Þ

More accurately, using Eqs. (5.2) and (5.7), we
obtain the expression in Eq. (5.10) below.
Conversion of d11B borate to pH thus requires
knowledge of KB and d11Bsw.

pH ¼ � log10
KB �

11
10 RB OHð Þ�4 � KB �

11
10 RSW þ aB � KB �

11
10 R2

B OHð Þ�4 � aB � KB �
11
10 RSW �

11
10 RB OHð Þ�4

11
10RSW þ 11

10RSW �1110 RB OHð Þ�4 � aB �
11
10 RB OHð Þ�4 � aB �

11
10 RB OHð Þ�4

ð5:10Þ
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5.4.1.2 KB

The equilibrium constant of boric acid, KB, is a
well-defined function of temperature, salinity,
and pressure, given by the expression (Dickson
1990):

KB ¼ exp[((� 8966:9� 2890:53 � S1=2
� 77:942 � Sþ 1:728 � S3=2 � 0:0996 � S2ÞÞ=Tk
þ 148:0248þ 137:1942 � S1=2 þ 1:62142 � S
þ ð�24:4344� 25:085 � S1=2 � 0:2474 � SÞ � ln(Tk)
þ 0:053105 � S1=2 � Tk]

ð5:11Þ

with the formula below giving the correction for
different pressures:

Pfactor ¼ ð29:48� 0:1622 � Tc
þ 0:002608 � Tc2Þ=ðR*Tk) * P. . .

þ 0:5 � ð�0:00284Þ=ðR*Tk) * P2

ð5:12Þ
KB = exp lnKB + Pfactorð Þ ð5:13Þ

where S is salinity, Tk is temperature in Kelvin,
Tc is temperature in Celcius, P is pressure in bars
(equivalent to depth in meters divided by 10),
and R is the gas constant (83.14472 cm3 bar
K−1 mol−1; Dickson et al. 2007). Note that the
influence of these environmental parameters on
the conversion of d11B of borate to pH is rela-
tively minor over the conditions likely to be
found at a given site: changes of ±5 °C, ±1 psu,
and ±100 m result in differences in d11B borate
of *0.35‰, 0.05‰, and 0.03‰ respectively,
for d11B borate of *15‰ at 25 °C, 35 psu and
100 m water depth (Fig. 5.1c). Matlab codes and
an Excel spreadsheet that carry out these calcu-
lations are provided in the supplementary online
materials.

The composition of seawater can also influ-
ence KB, in particular due to ion pairing of Ca
and Mg ions with borate (Hershey et al. 1986;
Nir et al. 2015; Hain et al. 2015). Hain et al.
(2015)’s MyAMI ion pairing model shows that
pKB is relatively insensitive to the changes in
[Ca] seen over the Cenozoic, though more sen-
sitive to [Mg] (Fig. 5.1d). For instance d11B of

borate of 16‰, at 25 °C, 35 psu, 0 m water
depth, and with modern d11Bsw, yields pH of
7.82 under modern [Ca] of 10 M and [Mg] of
52 M, 7.84 under Miocene [Ca] of 14 M and
[Mg] of 48 M, and 7.94 under Eocene [Ca] of
20 M and [Mg] of 30 M (Horita et al. 2002; Hain
et al. 2015). Note that equivalent calculations
using the Pitzer ion pairing model available with
PHREEQ give slightly larger changes in pKB

(Nir et al. 2015).

5.4.1.3 d11B of Seawater
The boron isotope composition of modern sea-
water is 39.61 ± 0.04‰ (Foster et al. 2010).
Boron has a long residence time in seawater
of *10 Myr, and modelling suggests that typical
rates of change for d11Bsw over the last *100
Myr are of the order 0.1‰/Myr (Lemarchand
et al. 2000). d11Bsw may thus be assumed to have
remained within analytical error of modern val-
ues for the last *3 Myr, and d11B records
spanning a few million years should be domi-
nantly a function of change in pH rather than
d11Bsw. However for accurate reconstruction of
absolute pH values beyond *3 Ma and for
interpretation of d11B records spanning multiple
millions of years, constraints on past d11Bsw are
required (see Figs. 5.6 and 5.8).

Three general approaches have been used to
reconstruct d11Bsw:

(1) box modelling, using estimates of oceanic
input and output fluxes over time;

(2) measurement of substances, such as pore
waters and halites, with d11B close to that of
ancient seawater;

(3) measurement of carbonate d11B where
independent constraints can be placed on pH.

Box models of d11Bsw must take account of
source terms, including weathering flux in rivers
(Lemarchand et al. 2000), hydrothermal venting
(Smith et al. 1995), and fluids from accretionary
prisms (You et al. 1993), and sink terms, including
oceanic crust alteration (Spivack and Edmond
1987), adsorption onto clays (Spivack et al. 1987),
and incorporation in carbonates (Hemming and
Hanson 1992). These terms are not well
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Fig. 5.6 Compilation of d11B-based CO2 reconstructions
and d11BSW estimates for the Cenozoic. a Benthic d18O
compilation (Zachos et al. 2001, 2008; grey line) with a 5
point moving average (black line). Heavier values indicate
cooler temperatures and greater continental ice volume
(note reverse scale). b Estimates of d11B of seawater.
Halite data lighter than 28‰ are not plotted; note that
Paris et al. (2010b) also suggest that several of the lightest
halite values in the intervals shown may be excluded. The
Lemarchand et al. (2000) model output is shown for the
scenario of constant riverine input. The Greenop et al.

(2017) curve is shown with its 2r error envelope. The
Raitzsch and Hönisch (2013) estimate is their scenario
using alpha from Klochko et al. (2006) and assuming a
linear change in pH over the Cenozoic. c pCO2 recon-
structions based on foraminiferal d11B. Where different
estimates of d11BSW or second carbonate system param-
eters were given, the assumptions favored in the original
publication are shown. Note the long term decrease in
atmospheric CO2 as climate cools over the Cenozoic and
the correspondence between more rapid atmospheric CO2

change and major climate transitions
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constrained over geological time, but may be
proxied by more general geological processes,
such as seafloor spreading rates (Simon et al.
2006) and total carbonate deposition (Lemarchand
et al. 2000). Despite the uncertainties in how each
of these fluxes has changed, this approach may be
valuable when paired with constraints on the
secular evolution of seawater chemistry from
other isotopic systems (e.g. 87Sr/86Sr, d7Li).

Measurement of archives with d11B close to
ancient seawater is appealing, but it is hard to
find settings where these signatures are pristine.
Paris et al. (2010b) use d11B measurements on
halites in evaporite deposits to reconstruct d11Bsw

at 3 intervals over the last 40 Myr (Fig. 5.6b).
This approach takes advantage of the fact that
halites are one of the only solid materials with
d11B similar to seawater rather than borate ion,
likely due to the trapping of brine inclusions of
fluid inclusions during halite growth. However

d11Bsw determined by this method lies *3–6‰
below other estimates, and it is possible that
evaporite d11B may be influenced by fractiona-
tion during evaporation or incorporation into
halite (Vengosh et al. 1992) or by riverine input
in the partially isolated conditions of evaporite
formation. Spivack et al (1993) used pore fluid
d11B data from a carbonate-rich ODP core to
estimate changes in d11Bsw. However given the
notable changes in d11Bsw seen in even the top
few cm of pore fluids (Rae et al. 2011), use of
this approach requires careful constraints on
boron desorption from clays and dissolution of
carbonates. Some deep pore fluids have also been
shown to have quite exotic boron isotope com-
positions (Brumsack and Zuleger 1992), which
further complicates this approach.

If pH can be independently constrained, then
measurements of d11B in carbonates can be used
to estimate d11Bsw. Raitzsch and Hönisch (2013)
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Fig. 5.7 Determination of pCO2 from d11B-derived pH,
using an assumption of surface ocean alkalinity (a) or
calcite saturation (b). The red shaded area indicates
d11B-derived pH of 8.0 ± 0.02; the yellow area in
(a) shows alkalinity of 2300 ± 150 lmol/kg (close to
the whole range in the modern surface ocean); the light
blue shaded area in (b) shows Xcalcite of 4–6 (thought to
reflect the long-term range in the surface ocean). Overlap
between the pH and second carbonate system parameter
fields (dark gray area) constrains the range of pCO2

values (black error bar). Note the close relationship

between pH and pCO2, which allows a precise determi-
nation of pH, combined with conservative estimates of
alkalinity or Xcalcite, to still give relatively tight constraints
on pCO2. As contours of Xcalcite are relatively closely
aligned with pH, the use of Xcalcite-derived [CO3

2−]
(b) provides a less precise constraint on pCO2 than does
alkalinity (a). All plots are given for 25 °C, 35 psu and
0 m water depth, with calculations carried out in
CO2SYS.m (van Heuven et al. 2009). The scale of
(b) is expanded compared to (a)
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assume a linear increase in deep ocean pH over
the last 50 Myr, and combined this with d11B
measurements of benthic foraminifera to estimate
d11Bsw (Fig. 5.6). However, it is unlikely that pH
change has been linear through time, as evi-
denced by the unrealistically rapid changes in
d11Bsw; in this record, given boron’s *10 Myr
residence time. Furthermore, use of this d11Bsw

record with benthic d11B data would only ever
reproduce the original assumption of linear
change in pH.

An alternative approach instead uses mea-
surements of carbonate d11B across an assumed
or estimated pH gradient. This takes advantage of
the curved relationship between d11B of borate
and pH, which means that for a given change in
pH, a measured d11B difference will be a func-
tion of d11Bsw. This approach was first proposed
by Palmer et al. (1998), who assumed that the pH
gradient between surface and thermocline-
dwelling planktic foraminifera has remained
constant, and made d11B measurements on a
suite of these species over the Cenozoic. Pagani
et al. (2005a) point out the influence of uncer-
tainty in habitat depth on this calculation. How-
ever Anagnostou et al. (2016) have recently
shown the power of this method to give bounds
on possible changes in d11Bsw, when supported
by measurements of d18O and d13C, and under-
pinned by conservative assumptions with fully
propagated uncertainties. Foster et al. (2012) and
Greenop et al. (2017) have also proposed a
variant of this approach based on comparison of
planktic and benthic d11B measurements, with
the pH gradient between them constrained by
measurements of d13C.

Thus while accurate determination of d11Bsw

remains a challenge for d11B-based reconstructions
of the carbonate system, progress is being made—
and should continue—on a number of fronts.

5.4.2 CO2 from pH

While records of pH may be used to study the
history and impact of ocean acidification, much
of the interest in foraminiferal boron isotope

records stems from the ability of a paleo-pH
meter to reconstruct CO2. pH and aqueous CO2

concentrations are closely coupled in seawater,
both being governed by the primary carbonate
system variables alkalinity and dissolved inor-
ganic carbon (Box 1 and Fig. 5.7). From
knowledge of aqueous [CO2], along with esti-
mates of temperature and salinity, Henry’s law
allows calculation of the partial pressure of
atmospheric CO2 in equilibrium with this water.
Measurement of d11B in planktic foraminifera
may thus be used to reconstruct atmospheric CO2

in regions such as subtropical gyres (e.g.
Figs. 5.6, 5.8 and 5.9), where oceanic and
atmospheric CO2 are close to equilibrium, or
constrain the strength of CO2 sources and sinks
at high latitudes or in upwelling regions
(Fig. 5.10).

The ocean carbonate system is most simply
described by the 6 components alkalinity, DIC,
CO2, HCO3

−, CO3
2−, and pH, which are linked by

4 independent equations; the carbonate system
thus has two degrees of freedom, so knowledge of
two components allows the system to be com-
pletely determined (Box 1 and Fig. 5.7). The next
most important acid-base system in seawater after
CO2 is boron, which adds 3 extra components
BSW; B OHð Þ3; and B OHð Þ�4
� �

and 2 indepen-
dent equations. Thus with knowledge of BSW, the
system continues to have 2 degrees of freedom.
Complete determination of the carbonate system
from d11B-derived pH therefore requires a second
carbonate system parameter to be known.

In any determination of the carbonate system
it is crucially important to consider the relation-
ships—and associated error propagation—be-
tween different carbonate system components
(Fig. 5.7). For instance due to the sub-parallel
relationship between pH and [CO3

2−] in
ALK-DIC space, the use of these parameters to
determine a less closely-related component of the
system (such as DIC) results in large propagated
uncertainties. Rae et al. (2011) show that even
with errors of only *0.03 in pH from d11B
and *10 lmol/kg in [CO3

2−] from benthic
B/Ca, propagated uncertainty on DIC
is *300 lmol/kg, so although the DIC
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Fig. 5.8 Estimates of Miocene pH and atmospheric CO2

from foraminiferal d11B for the Miocene, illustrating the
influence of different d11BSW and Xcalcite values.
a d18OSW from benthic foraminiferal d18O and Mg/Ca
(Lear et al. 2010), reflecting changes in global ice
volume. b d11B of the planktic foraminifera T. sacculifer
(formerly known as G. sacculifer and also known as G.
trilobus in the Miocene; Spezzaferri et al. 2015) from
ODP761 (circles) and ODP926 (triangles); (Foster et al.
2012). c pH calculated from d11B using the T. sacculifer
calibration of Sanyal et al. (2001), as adjusted by Foster
et al. (2012), d11BSW of 37.82‰ (Foster et al. 2012),
temperatures derived from Mg/Ca on these samples, and
Miocene [Ca] = 14 mmol/kg and [Mg] of 48 mmol/kg
(Horita et al. 2002; Hain et al. 2015). The influence of
changing d11BSW by ±0.35‰ (Foster et al. 2012; grey
dashed lines) and of using modern [Ca] and [Mg] (red
dotted line) is also shown. d Atmospheric CO2 derived

from the pH values in (c) and assuming Xcalcite = 5 ± 1
(error bars on each point). The influence of changing
d11BSW by ±0.35‰ (Foster et al. 2012; grey dashed
lines) is also shown. Confidence intervals on CO2 of 68%
and 95% (blue shaded bands) are derived from 1000
Monte Carlo simulations taking into account errors
of ±0.2‰ on d11B measurements, ±1 °C on SST, ±1
psu on salinity, 2 mmol/kg on [Ca] and [Mg], and ±1 on
Xcalcite. These errors are quoted at *95% confidence and
are assumed to have a normal distribution, except for
Xcalcite where a uniform distribution is used. Note that
even without any calculation of pH or pCO2, the close
correspondence between d11B measurements and d18OSW

implies that CO2 and climate are closely coupled during
this interval. CO2 calculations were carried out with a
modified version of csys.m from Zeebe and Wolf-Gladow
(2001). Code that reproduces this figure is available in the
online materials accompanying this article
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(a)

(c)

(b)

(d)

Fig. 5.9 Estimates of pH and atmospheric CO2 for the
last glacial cycle derived from foraminiferal boron
isotopes. a d18O of G. ruber from ODP999 (Schmidt
et al. 2004; Schmidt et al. 2006). b d11B of G. ruber from
ODP999 (Foster 2008; diamonds) and d11B of T.
sacculifer from ODP668 (Hönisch and Hemming 2005;
circles). T. sacculifer values have been corrected to
account for analytical offsets in early NTIMS measure-
ments (see Hönisch et al. 2009), using the offset between
T. sacculifer and G. ruber in these records in sam-
ples <5 kyr. The blue dashed line shows a 3-point
moving average through the combined data.
c d11B-derived pH (open symbols), using the G. ruber
calibration of Henehan et al. (2013), corrected for size
fraction as in Martínez-Botí et al. (2015a), and the T.

sacculifer calibration of Sanyal et al. (2001).
d d11B-dervied atmospheric CO2 compared to the
composite ice core record (Bereiter et al. 2015). T.
sacculifer-derived estimates are as in the original publi-
cation (Hönisch and Hemming 2005). G. ruber-derived
estimates are recalculated using modern alkalinity of
2330 lmol/kg and SST from Mg/Ca on the same samples
(Foster 2008), and account for a modern offset of 21 ppm
CO2 between the surface ocean and atmosphere at this
core site (Henehan et al. 2013). The dashed line shows a
3-point moving average through the combined data, with
the dotted lines showing the influence of ±175 lmol/kg
alkalinity (close to the whole range of the modern surface
ocean)
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determination is accurate, the uncertainty spans a
larger range than the whole modern ocean!
However these carbonate system relationships
also present opportunities, particularly in the
determination of CO2 from pH. As pH and CO2

are very closely coupled, a well-constrained pH
value will largely control the calculated CO2

(Fig. 5.7). Therefore a reasonable estimate of a
second carbonate system parameter, with gener-
ous error bars, should still result in a relatively

accurate and precise determination of CO2.
Indeed it is far preferable to estimate a second
carbonate system parameter with low precision
that is likely to encompass the right value, than to
use an estimate that is precise but inaccurate:
provided the pH determination is accurate, the
former approach will yield the correct CO2

within error, while the latter will produce spuri-
ous results with the impression of high precision.
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Fig. 5.10 Boron isotope records, that constrain CO2

release from upwelling regions and the deep ocean over
the last deglaciation. a Atmospheric CO2 from Antarctic
ice cores (Bereiter et al. 2015). b Ocean-atmosphere pCO2

difference, derived from d11B on G. bulloides from
Southern Ocean sediment core PS2498 and assuming
modern alkalinity ±125 lmol/kg (Martínez-Botí et al.
2015b). Lines show the 68 and 95% confidence intervals

calculated from 10,000 Monte Carlo simulations. c As in
(b) but with d11B data from T. sacculifer from sediment
core ODP1238 from the East Equatorial Pacific (Martí-
nez-Botí et al. 2015b). d Boron isotope data from C.
wuellerstorfi from the deep North Pacific, with error bars
equivalent to 2SD on replicate measurements (Rae et al.
2014). Note the pulses of high surface water CO2 and low
deep water pH during intervals of atmospheric CO2 rise
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The two most commonly used second car-
bonate system parameters in d11B-based CO2

reconstructions are alkalinity and X-derived
[CO3

2−]. Alkalinity estimates in early studies
(Hönisch and Hemming 2005; Foster 2008) were
based on the close relationship between alkalin-
ity and salinity in modern surface seawater:
reconstructions of salinity, either from paired
d18O and Mg/Ca measurements or from scaling
with global sea level change, were thus used to
estimate alkalinity. However alkalinity may vary
independently of salinity due to changes in
CaCO3 cycling (Broecker and Peng 1987).
Recent studies have thus used modern alkalinity
but with a large range (e.g. ±175 µmol/kg;
Martínez-Botí et al. 2015a) and a uniform
rather than normal distribution. CO2 is then
determined via Monte-Carlo simulations, and the
resulting CO2 estimates include every possible
alkalinity within the given range with equal
likelihood.

On timescales beyond the last *3 Myr the
assumption that alkalinity has remained close to
modern values is unlikely to hold. On these
timescales several studies have used assumptions
or models of calcite saturation state (Xca)

Xca ¼
Ca½ � CO2�

3

� �
Kspc

ð5:13Þ

to estimate [CO3
2−] (Pearson et al. 2009; Anag-

nostou et al. 2016). It is thought that carbonate
compensation maintains the global mean surface
Xca in the range 4–6 on long timescales (Ridg-
well 2005; Hönisch et al. 2012; Hain et al. 2015),
so given estimates of [Ca] (Horita et al. 2002)
and Ksp (from temperature and major ion com-
position; Hain et al. 2015), [CO3

2−] can be
estimated.

The ultimate test of any proxy-based recon-
struction of atmospheric CO2 is comparison to
the ice core CO2 record. This is illustrated in
Fig. 5.9, demonstrating that despite the various
potential sources of uncertainty, foraminiferal
boron isotopes are able to provide accurate CO2

reconstruction, with fully propagated uncertainty
of *20 ppm (2SD). Although application

further back in the geological may present other
challenges, the close match to ice core CO2

demonstrates the potential of foraminiferal d11B
for pH and CO2 reconstruction.

5.5 Proxy Application: Examples

Spurred on by the development work described
above, application of boron isotopes in for-
aminifera to the geological record has grown
rapidly in recent years. Here I give a brief
overview of some highlights from this work.

5.5.1 Glacial-Interglacial CO2

Over the glacial cycles of the last 800 kyr,
atmospheric CO2 levels are well known, but the
cause of CO2 change between glacial and inter-
glacial periods remains a mystery (EPICA 2004;
Kohfeld and Ridgwell 2009). All leading
hypotheses invoke changes in CO2 partitioning
between the deep ocean and the atmosphere,
likely mediated by changes in circulation and
productivity at high latitudes where deep waters
are ventilated (Sigman et al. 2010). Boron iso-
tope records can be used to test these hypotheses,
by constraining CO2 (dis)equilibrium between
the surface ocean and the atmosphere, and CO2

storage and release in deep waters.
A notable first application of d11B over glacial

cycles was provided by Sanyal et al. (1995), who
used planktic foraminifera and mixed benthic
foraminifera to suggest that the pH of the ocean
was *0.3 units higher during the last glacial
maximum compared to the Holocene. This was
taken as support for glacial CO2 drawdown by
elevated ocean alkalinity (e.g. Archer and
Maier-Reimer 1994). However reconciling this
with changes in CaCO3 preservation in the deep
ocean is problematic (Sigman et al. 1998), and
more recent work from monospecific benthics
suggests much smaller changes in pH in the deep
glacial ocean (Hönisch et al. 2008; Yu et al.
2010; Rae et al. 2014).
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Several studies have used d11B in planktic
foraminifera to reconstruct the extent of disequi-
librium (ΔpCO2) between CO2 in surface waters
and the atmosphere (Sanyal et al. 1997; Sanyal
and Bijma 1999; Palmer and Pearson 2003; Foster
and Sexton 2014; Naik et al. 2015; Martínez-Botí
et al. 2015b; see Fig. 5.10). Recent work shows a
pronounced increase in CO2 outgassing in the
East Equatorial Atlantic during the LGM (Foster
and Sexton 2014), indicative of enhanced
upwelling, while surface water CO2 in the West
Equatorial Atlantic stays close to equilibriumwith
the atmosphere, suggesting that the upwelled CO2

and nutrients from the East are progressively
drawn-down by biological productivity. In the
East (Martínez-Botí et al. 2015b) and West
(Palmer and Pearson 2003) Equatorial Pacific,
ΔpCO2 is similar to or slightly lower than modern
during the LGM, then shows a dramatic increase
during the deglaciation, interpreted as an increase
in the CO2 content of upwelled waters. In the
Indian Ocean, d11B records have been used to
show variability in CO2 outgassing related to
different monsoon conditions (Naik et al. 2015;
Palmer et al. 2010), with a peak in outgassing in
the Bølling-Allerød interstadial, associated with
an invigorated SW/Summer monsoon.

At high latitudes Yu et al. (2013) show that
North Atlantic surface waters remained a sink of
CO2 from the atmosphere for the last 18 kyr. In
contrast Southern Ocean surface waters saw pul-
ses of high CO2 during the last deglaciation
(Martínez-Botí et al. 2015b), coincident with
increases in atmospheric CO2. This provides the
first direct evidence for the role of the Southern
Ocean in driving deglacial CO2 rise, likely as a
result of enhanced upwelling of CO2-rich deep
waters; the advection of these waters to the sub-
surface of the East Equatorial Pacific may also
explain the pulses of CO2 outgassing seen in this
region (Martínez-Botí et al. 2015b; Fig. 5.10).

Boron isotope records from benthic for-
aminifera have also been used to examine the deep
ocean carbonate system over the last deglaciation.
These might be expected to show a pattern of
increased deep ocean pH during intervals of CO2

release from the deep ocean to the atmosphere.
However Rae et al. (2014)’s data from the deep
North Pacific show the opposite (Fig. 5.10d), with
pulses of low pH during CO2 rise in HS1 and the
Younger Dryas. These are interpreted to result
from mixing of CO2-rich water from mid depths
through the water column during pulses of local
deepwater formation (supported by comparison to
radiocarbon and d13C data). This emphasizes the
importance of considering changes in circulation,
as well biogeochemistry, in interpreting benthic
d11B records.

5.5.2 pH and CO2 Beyond the Ice
Cores

The reconstruction of atmospheric CO2 change
beyond the reach of the ice cores has been a
major goal for studies using foraminiferal d11B.
Applications of such data include understanding
the major climate transitions as Earth evolved
from greenhouse to icehouse over the Cenozoic
(Pearson et al. 2009; Bartoli et al. 2011;
Fig. 5.6), to determining climate sensitivity in a
warmer world (Anagnostou et al. 2016; Martí-
nez-Botí et al. 2015a).

Early applications of foraminiferal d11B to
reconstruct long term changes in surface ocean
pH and atmospheric CO2 indicated substantial
decrease in CO2 over the Cenozoic (Spivack
et al. 1993; Pearson and Palmer 1999, 2000).
However Pearson and Palmer (2000)’s iconic
d11B-CO2 record also shows high amplitude
spikes in the Palaeogene, and low and constant
values in the Neogene (Fig. 5.6), leading to some
suggestions that CO2 and climate were decou-
pled (Shevenell et al. 2004; Pagani et al. 2005b;
Mosbrugger et al. 2005).

More recent work shows high CO2 values
(*1500 ppm) during the early Eocene climatic
optimum (EECO), which then decrease through
the rest of the Eocene (Anagnostou et al. 2016).
At higher resolution, Penman et al. (2014) use
d11B to provide the first direct evidence of ocean
acidification during the PETM, while Pearson
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et al. (2009) show decreasing CO2 levels over the
Eocene-Oligocene boundary, though with an
intriguing re-bound following Antarctic ice
growth in the early Oligocene. In the Miocene,
Foster et al. (2012) show a close coupling
between atmospheric CO2 and global climate and
sea level (Fig. 5.8), which is also observed at
higher temporal resolution (Fig. 5.6; Greenop
et al. 2014; Badger et al. 2013).

A strong link betweenCO2 and climate has also
been shown using foraminiferal d11B in the Plio-
cene and early Pleistocene (Fig. 5.6). Seki et al.
(2010), Bartoli et al. (2011) and Martínez-Botí
et al. (2015a) show that the Pliocene warm period
had CO2 levels of *400 ppm, similar to modern
day anthropocene values. Martínez-Botí et al.
(2015a) further quantify the relationship between
CO2 and climate at high resolution over this
interval, and show that Earth System climate
sensitivity in this warmer climate was half that of
the Pleistocene. This can be attributed to a reduced
ice-albedo feedback in the Pliocene, with equi-
librium climate sensitivity found to be the same in
both intervals when ice volume changes are con-
sidered. Between the Pliocene and the Pleistocene
CO2 falls (Seki et al. 2010; Bartoli et al. 2011), and
Honisch et al. (2009) show that further intensifi-
cation of glaciation during the mid-Pleistocene
transition was linked to lower CO2 in glacial
periods, while CO2 in interglacials remained rel-
atively similar (Fig. 5.6).

5.6 Summary and Outlook

Recent developments in boron isotope analyses
have spurred on an exciting era in the develop-
ment and application of the boron isotope pH
proxy in foraminifera. Boron isotope analysis by
column chromatography and MC-ICPMS now
gives reproducibility of *0.2‰, equivalent
to *0.02 pH units, on around 5–20 benthic or
50–200 planktic foraminifera. Calibration studies
show that foraminiferal d11B lies close to that of
borate ion at seawater pH, consistent with simple
models of d11B-pH systematics based on sole
incorporation of the borate ion into foraminiferal
carbonate. Offsets between foraminifera and

borate ion are largely attributable to modification
of the local microenvironment by photosynthesis,
respiration, and calcification. pH elevation during
biomineralisation might be expected to drive
substantial elevation of foraminiferal d11B above
seawater borate, but this is not observed in the
majority of species. The majority of the boron
incorporated into foraminiferal calcite appears to
be derived from borate ion at or close to seawater
pH, providing an important constraint on models
of biomineralisation.

Given the close coupling between seawater
pH and CO2, foraminiferal d11B measurements
may provide relatively precise constraints on past
CO2 change, even with conservative estimates of
a second carbonate system parameter. Boron
isotope-based CO2 reconstructions show a close
match to the ice core CO2 record where these
overlap. On glacial-interglacial timescales, d11B
records from regions of CO2 disequilibrium in
the surface ocean and in the deep ocean provide
evidence of deglacial CO2 release from the
Southern Ocean and North Pacific, and changes
in upwelled CO2 in the tropics. Beyond the reach
of the ice cores, foraminiferal d11B records
increasingly demonstrate coupling between CO2

and climate over key intervals of the last 60 Myr.
Future work should continue to refine boron

isotope calibration in foraminifera, capitalize on
boron’s constraints on biomineralisation, and
further constrain the evolution of seawater d11B
to improve long-term pH and CO2

reconstructions.
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6Boron Isotopic Systematics
in Scleractinian Corals and the Role
of pH Up-regulation

Malcolm T. McCulloch, Juan P. D’Olivo, James Falter,
Lucy Georgiou, Michael Holcomb, Paolo Montagna
and Julie A. Trotter

Abstract
The boron isotopic composition (d11B) of scleractinian corals has been
used to track changes in seawater pH and more recently as a probe into the
processes controlling bio-calcification. For corals that precipitate aragonite
skeletons, up-regulation of pH appears to be a general characteristic,
typically being *0.3 to*0.6 pH units higher than ambient seawater. The
relationship between the pH of the corals calcifying-fluid (pHcf) and
seawater pHT (total scale) is shown to be dependent on both physiological
as well environmental factors. In laboratory experiments conducted on
symbiont-bearing (zooxanthellate) corals under conditions of constant
temperature and seawater pH, changes in the d11B derived calcifying fluid
pHcf is typically 1/3 to 1/2 of that of ambient seawater. Similar linear
relationships are found for cold water corals that live in relatively stable,
cold, deep-water environments but at significantly elevated levels of pHcf

(*0.5–1 pH units above seawater), a likely response to the lower pH of
their deep-sea environments. In contrast, zooxanthellae-bearing corals
living in shallow-water reef environments that experience significant
natural variations in temperature, light, nutrients and seawater pH, show
different types of responses. For example, over seasonal time-scales
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Porites corals from the Great Barrier Reef (GBR) have a large range in
pHcf of *8.3 to *8.5, significantly greater (*�2 to *�3) than that of
reef-water (pHT *8.01 to*8.08), and an order of magnitude greater than
that expected from ‘static’ laboratory experiments. Strong physiological
controls, but of a different character, are found in corals grown in a Free
Ocean Carbon Enrichment Experiment (FOCE) conducted in situ within
the Heron Island lagoon (GBR). These corals exhibit near constant pHcf

values regardless of external changes in temperature and seawater pH.
This pattern of strong physiologically controlled ‘pH-homeostasis’, with
elevated but constant pHcf has been found despite large natural seasonal
variations in the pH (±0.15 pH units) of the lagoon waters, as well as the
even larger super-imposed decreases in seawater pH (*0.25 pH units)
designed to simulate year 2100 conditions. In natural reef environments
we thus find that the processes influencing the up-regulation of pHcf in
symbiont-bearing corals are subject to strong physiological controls,
behaviour that is not well simulated in the current generation of
aquaria-based experiments with fixed seawater pH and temperature.
Conversely, cold-water corals that lack symbionts and inhabit the
relatively stable deep-sea environments hold the best prospects for
providing reliable reconstructions of seawater pH. Clearly, further studies
utilising the d11B-pHcf proxy combined with other DIC/carbonate-ion
proxies (e.g. B/Ca), but conducted under realistic ‘natural’ conditions, are
required to elucidate the processes controlling coral bio-calcification and
to better understand the vulnerability of scleractinian corals to anthro-
pogenic driven warming and ocean acidification.

Keywords
pH up-regulation � Boron isotopes � Corals

6.1 Introduction

Scleractinian corals, particularly those that pre-
cipitate aragonite skeletons, have been subject to
a growing number of boron isotopic (d11B)
studies (Allison et al. 2014; Blamart et al. 2007;
D’Olivo et al. 2015; Honisch and Hemming
2004; Krief et al. 2010; McCulloch et al. 2012a;
Pelejero et al. 2005; Reynaud et al. 2004;
Rollion-Bard et al. 2011; Trotter et al. 2011; Wei
et al. 2009). Initial d11B studies (Hemming and
Hanson 1992; Vengosh et al. 1991) showed that
to first order, boron is incorporated in the car-
bonate skeleton of corals as the borate species,
hence raising the possibility of utilising changes
in the boron isotopic composition of corals as a

proxy for seawater pH. These and subsequent
studies (Douville et al. 2010; Honisch and
Hemming 2005; Liu et al. 2009; Pelejero et al.
2005; Wei et al. 2009) were mainly focused on
quantifying changes in seawater pH. These
studies have been conducted over both geologi-
cal timescales [e.g. (Douville et al. 2010) during
the last deglaciation] as well more recent time-
scales, particularly over the modern industrial era
(Pelejero et al. 2005; Wei et al. 2009) where
rapidly increasing levels of anthropogenic CO2

are causing ocean acidification (Caldeira et al.
2007; Ciais et al. 2014). These studies, however,
assume that the calcifying fluid from which
corals precipitate their calcium carbonate skele-
ton has the same pH as ambient seawater. At that
time this was a reasonable premise since there

146 M.T. McCulloch et al.



was seemingly good agreement between direct
measurements of seawater pH and those calcu-
lated from d11B systematics, the latter derived
from the then widely utilised boron isotopic
speciation curve of Kakihana et al. (1977).

More recent studies (Allison et al. 2014; Krief
et al. 2010; McCulloch et al. 2012a; Trotter et al.
2011) utilising the updated curve of Klochko et al.
(2006) to define the isotopic fractionation between
the two main boron species, boric acid (B(OH3))
and borate ion (B(OH)4

−), revealed that corals
up-regulate the pH of the coral calcifying fluid
(pHcf). As we will show, while this represents a
significant limitation in the use of d11B as a sea-
water pH proxy in symbiont (zooxanthellae)
bearing corals especially, it now provides a pow-
erful means to interrogate the processes control-
ling bio-calcification in general. This latter aspect
is of increasing importance given that corals are
now facing the dual challenges of declining sea-
water pH due to CO2 driven ocean acidification,
combined with rapidly increasing sea surface
temperatures and associated coral bleaching
(Hughes et al. 2003). Therefore, understanding the
processes controlling the pH of the corals calci-
fying fluid (pHcf) is critical to understanding the
vulnerability of corals to the combined effects of
ocean acidification and global warming.

6.2 Calcification in Scleractinian
Corals

Before examining the application of boron iso-
topic studies, it is useful to review some of the
basic factors controlling the calcification of
scleractinian corals. Biological controls of the
calcifying environment occur at a several levels.
Firstly, with the synthesis and incorporation of
biological templates upon which calcification is
directed, and secondly, with the partial isolation
of a fluid whose composition can be biologically
manipulated to induce bio-calcification (Alle-
mand et al. 2004, 2011). In scleractinian corals,
precipitation of their calcium carbonate skeleton
occurs from a partially isolated extracellular
calcifying medium (Allemand et al. 2004),
located at the interface between the coral polyp’s

basal cell layer and the underlying skeleton
(Fig. 6.1). Although formation of the coral’s
skeleton is a strongly biologically-mediated
process (Allemand et al. 2004, 2011), precipita-
tion of aragonite is still ultimately determined by
the composition and conditions of the calcifying
medium (Al-Horani et al. 2003; Allemand et al.
2004). The initial source of the calcifying-fluid is
ambient seawater (Erez 2003), with up-regulation
of its pH thought to mainly occur via Ca-ATPase
pumping of Ca ions into the calcifying region in
exchange for protons (Allemand et al. 2004;
Cohen and McConnaughey 2003).

Manipulation of the corals internal pHcf at the
site of calcification shifts the equilibrium com-
position of dissolved inorganic carbon (DIC) in
favour of CO3

2− relative to HCO3
−. This increa-

ses the carbonate saturation state of the calcifying
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Fig. 6.1 Schematic diagram showing some of the basic
elements of the calcification process in
zooxanthellae-bearing corals Allemand et al. (2004),
Zoccola et al. (2015). Z zooxanthellae, BAT bicarbonate
anion transporters, CA carbonic anhydrases, m mitochon-
drion. Removal of protons from the calcification site
occurs primarily via Ca2+-ATPase exchangers that pump
2H+ ions from the calcifying medium into the coelenteron
in exchange for each Ca2+ ions. The carbonic anhydrases
catalyse the forward reactions converting CO2 into
HCO3

− ions (Moya et al. 2008), with pH up-regulation
shifting the carbonate equilibria to favour CO3

2− ions, the
latter essential for calcification. Diffusion of CO2 into the
sub-calicoblastic space may also occur thus increasing the
DIC of the calcifying fluid relative to seawater (Erez
2003)

6 Boron Isotopic Systematics in Scleractinian Corals … 147



fluid (Xcf), not only enhancing the kinetics of
calcification, but also has the potential to counter
the effects (Cohen and Holcomb 2009; Holcomb
et al. 2009) of reduced carbonate saturation in
seawater. The latter effect is most clearly evident
in deep-water corals that can exist at and in some
cases below the carbonate saturation horizon for
aragonite (Fautin et al. 2009; Thresher et al.
2011). The impact of ocean acidification (Cal-
deira et al. 2007), hence decreased CO3

2− con-
centrations, on the rate of calcification is
seemingly straightforward since calcification is
ultimately controlled by the reaction of:

Ca2þ þCO3
2� , CaCO3 ð6:1Þ

with carbonate saturation state given by:

X ¼ ½Ca2þ � CO3
2�� �

=Kspx ð6:2Þ

where the solubility constant Kspx is specific to
either aragonite or the more thermodynamically
stable calcite. In seawater, the limiting ion con-
centration for this reaction is the concentration of
CO3

2− ion (*200–250 lmol kg−1 compared to
*10,000 lmol kg−1 for Ca2+). The complica-
tion arises from the different pathways by which
CO2/carbonate/bicarbonate might be transported
to and utilised within the calcifying environment.
The most obvious avenue is via the direct sea-
water bicarbonate (HCO3

−) route since this is the
dominant carbonate species in seawater. In this
case the relevant reaction is given by:

HCO�
3 ,CO3

2� + Hþ ð6:3Þ

hence the importance of Ca2+ pumping to
maintain pH levels (Cohen and McConnaughey
2003) by removing H+ ions from the site of
calcification. As indicated, removal of protons
from the calcification site occurs primarily via
Ca2+-ATPase exchangers that pump 2H+ ions
from the calcifying medium into the coelenteron
in exchange for each Ca2+ ion (Fig. 6.1).
Importantly, the borate and boric species that
makeup seawater are also likely to be transported
via the same route, with their speciation showing
a similar type of dependence on pH as in

seawater. The alternate route for CO3
2− transport

is via diffusion of CO2 into the extra-cellular
medium, presumably sourced from CO2 enri-
ched, low pH domains, possibly related to the
activity of zooxanthellae. In this case the car-
bonic anhydrase (CA)-catalysed reaction (Moya
et al. 2008) is given by:

H2O + CO2 , HCO3
� + Hþ ð6:4Þ

with HCO3
− being an intermediate product and

again emphasising the importance of Ca2+

pumping to facilitate this reaction. Finally we
note there has been some suggestion of a specific
HCO3

− pump (Fig. 6.1) but there is no direct
evidence to support this (Zoccola et al. 2015).

The dependence of inorganic calcification
rates on X is given by the empirical rate depen-
dence law for abiotic calcification (Burton and
Walter 1987):

Rcalcif ¼ kðX� 1Þn ð6:5Þ

where k is the rate law constant and n is the order
of the reaction, both of which are temperature
dependent. The role of carbonate saturation state
was examined by McCulloch et al. (2012a) who
applied this equation to the carbonate saturation
state of the calcifying-fluid (Xcf). Thus, deter-
mining the processes controlling both the inter-
nal, biologically-mediated pHcf, the DIC
(dissolved inorganic carbon) and hence the car-
bonate saturation-state Xcf at the site of calcifi-
cation, are likely to be key to understanding how
biogenic calcifiers will respond to ocean acidifi-
cation and ocean warming in both cold, deep
waters as well as tropical reef environments.
This, however, requires knowledge of the DIC of
the calcifying fluid, an important and still poorly
constrained parameter, an issue that we will
address later.

6.3 Boron Isotopic Systematics

Boron exists in seawater as two different
molecular species, boric acid (B(OH)3) and
borate ion (B(OH)4

−), with their relative
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abundance being pH dependent. Changes in the
isotopic ratio of 11B (*80%) and 10B (*20%),
are commonly expressed in delta notation (in per
mil, ‰) as:

d11Bcoral ¼ ½ð11B=10Bcoral=
11B=10BNIST951Þ

� 1��1000

ð6:6Þ

where 11B/10Bcoral is the isotopic ratio measured
in the coral and 11B/10BNIST951 is the isotopic
ratio of the NIST SRM 951 boric acid standard.
As shown in Fig. 6.2, there is a pronounced
isotopic fractionation between the two dissolved
boron species. As the relative abundance of each
species is pH dependent, as defined by the acid–
base relationship of B(OH)3 + 2H2O , B
(OH)4

− + H3O
+, the isotopic composition of each

species also changes with pH, and can be
expressed by the reaction:

10B OHð Þ3 þ 11B OHð Þ4� ,11 B OHð Þ3 þ 10B OHð Þ4�
ð6:7Þ

Using these relationships, the pHcf of the
calcifying fluid can be calculated from the d11B
composition of the coral carbonate (d11Bcarb).
The equation used to convert the measured boron
isotopic composition of the coral carbonate
skeleton to a pH value (Zeebe and Wolf-Gladow
2001) of the calcifying fluid (pHcf) is given by:

where d11Bsw and d11Bcarb represent the d11B
composition of seawater (d11Bsw = 39.61‰)
(Foster et al. 2010) and carbonate respectively,
and a(B3−B4) defines the boron isotope fraction-
ation in seawater (a(B3−B4) = 1.0272) (Klochko

et al. 2006). The dissociation constant of boric
acid pKB has a well-established value of 8.597 at
25 °C and salinity of 35 (Dickson 1990). For
deep-water corals, temperature and pressure
corrections (Rae et al. 2011; Zeebe and
Wolf-Gladow 2001) are also applied using
coefficients from CO2SYS Matlab version 1.1
(Lewis and Wallace 1998). This equation also
assumes that the calcifying fluid has the same
d11B composition as seawater, given it is the
primary source of boron and due to the low KD

of B/Ca the bulk of the boron remains in the
calcifying fluid during calcification.

The assumption that only the borate ion is
partitioned into the calcium carbonate skeleton of
biogenic calcifiers has been questioned, based on
the significant quantities of boric acid species
observed from nuclear magnetic resonance and
electron-loss spectroscopy (Klochko et al. 2009;
Rollion-Bard et al. 2011). These studies reported
variable proportions (12–48%) of the trigonally
co-ordinated B(OH)3 in different skeletal com-
ponents of the carbonate skeletons of corals.
Conversely, more recent experiments (Mavro-
matis et al. 2015; Noireaux et al. 2015) con-
ducted on inorganic aragonite indicate that borate
is the only species incorporated into the aragonite
structure, with the small percentage (<15%) of
trigonal detected boric acid probably being the
result of a secondary (post crystallisation) change
of coordination. Importantly, in aragonite no
additional boron isotopic fractionation occurs

during the incorporation of the borate species
(Noireaux et al. 2015), hence in this respect the
d11B systematics of aragonitic corals is relatively
straightforward.

pHcf¼pKB � log[� d11Bsw � d11Bcarb
� �

= d11Bsw � aðB3�B4Þd
11Bcarb � 1000 aðB3�B4Þ � 1

� �� � ð6:8Þ
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6.4 Boron Isotopic Compositions
of Scleractinian Corals

The d11B isotopic compositions for a number of
coral species subject to a range of experimentally
fixed values of ambient seawater pH are shown in
Fig. 6.3. Most shallow-water symbiont-bearing
corals that inhabit tropical to sub-tropical
reef-waters have a typical range in seawater pH
from *8.0 to 8.1, and d11B compositions from
*22 to*25‰. Higher d11B values are present in
temperate corals, such as Cladocora caespitosa,
found in the Mediterranean (Trotter et al. 2011).

The highest d11B compositions of*24–28‰ are
found in corals inhabiting the much colder (*0–
14 °C) generally deep-water environments
(Anagnostou et al. 2012; McCulloch et al. 2012b)
where zooxanthellae symbionts are absent in the
coral host. In these deep-water environments,
there is a large depth dependent decrease in sea-
water pH with particular species (e.g. Desmo-
phyllum dianthus) having concomitantly lower
d11B values as seawater pH decreases. Likewise,
under experimental conditions designed to simu-
late future higher pCO2 conditions, shallow water
corals also generally exhibit the same trend of
declining d11B with lower seawater pH (Fig. 6.3).

The importance of an accurate, reliable cali-
bration for the pH dependence of the inorganic
borate ion [B(OH)4

−] and hence d11B composi-
tion is also illustrated in Fig. 6.3. Prior to the
experimental re-determination of the borate
curve by Klochko et al. (2006), the commonly
accepted and widely used curve was that of
Kakihana et al. (1977). The Kakihana curve
(Fig. 6.3), however, has systematically higher
d11B values (*5‰ at pHsw *8.0) and tropical
shallow-water corals have, coincidentally, simi-
lar d11B compositions. This led to the reasonable
assumption that this group of corals calcified
with approximately seawater-like pH values with
little or no pH up-regulation. This initial expla-
nation, however, was not viable for calcitic for-
aminifer (Fig. 6.4) since they lie substantially
below the Kakihana curve, on the now accepted
Klochko curve. This revision to the inorganic
borate d11B versus pH curve (Klochko et al.
2006) thus has important implications for the pH
dependence of coral bio-calcification, which we
now examine in more detail below.

6.5 Experimental Constraints
on the Relationship Between
Calcifying Fluid pH
and Seawater pH

Determining the relationship between the pH of
ambient seawater and that of the coral’s
calcifying-fluid (pHcf) is an essential prerequisite
in the application of d11B as a seawater pH proxy,
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but also in understanding the pH related controls
on bio-calcification. This latter process is of par-
ticular importance since it is integral to the coral’s
ability to withstand the effects of decreasing sea-
water pH due to ocean acidification. Numbers of
experiments have therefore been conducted to
determine the relationship between d11B pre-
served in the corals carbonate skeleton relative to
its ambient seawater pH (Honisch and Hemming
2004; Honisch et al. 2004; Reynaud et al. 2004).
As already discussed, the interpretation of these
earlier experiments (Honisch and Hemming 2004;
Honisch et al. 2004; Reynaud et al. 2004;
Rollion-Bard et al. 2003) was based on the Kaki-
hana curve, with minor differences or offsets in
plots of d11B versus seawater pH accounted by
what were thought to be mainly species-specific
effects (Fig. 6.3). A significant advance was made
by Trotter et al. (2011) who instead calculated
offsets in the pHcf relative to ambient seawater pH.
This pHcf versus pHT approach utilising the
Klochko relationships gave significantly improved
correlations compared to the Kakihana curve due
to the non-linear nature of the d11B–pH borate

curve (Fig. 6.3). This pHcf versus pHT based
approach, thus provided convincing evidence
supporting the validity of the Klochko borate
curve as well as the important role of pH
up-regulation in scleractinian corals.

The relationship between pHcf versus seawa-
ter pH is shown in Fig. 6.4, as sub-parallel
species-specific linear arrays. At seawater pHT of
8.1, the temperate Mediterranean coral Clado-
cora caespitosa exhibits the greatest elevation in
pHcf relative to seawater with DpH *0.5
(DpH = pHcf−pHT). The lowest DpH values
(*0.3) are found in the more rapidly growing A.
nobilis, A. digitifera and other tropical Acropora
species, whereas the tropical corals Porites spp.,
P. cylindrica, and S. pistillata have intermediate
DpH values of *0.4. The remarkable feature of
these relationships is the exceptional strong
species-dependent correlations with r2 of *0.99
being commonly found for experiments con-
ducted over a range of pH values across different
laboratories.

Furthermore, independent measurements of
calcifying pHcf compositions generally show very
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Fig. 6.3 Plot of d11B isotopic compositions for shallow
water zooxanthellae-bearing corals (coloured symbols see
Fig. 6.4) and cold-water azooxanthellate scleractinian (i.e.
aragonitic) corals (grey circles). Aragonitic corals lie
substantially above the Klochko borate d11B-pH calibra-
tion curve (Klochko et al. 2006) indicative of significant
up-regulation of their calcifying-fluid pHcf. Also shown is

the obsolete Kakihana curve (Kakihana et al. 1977) on (or
near) which many zooxanthellae-bearing corals plot. This
unfortunate coincidence led to the erroneous assumption
that coral calcification occurred under essentially abiotic
conditions with seawater-like pH. Dashed lines show the
differing slopes and hence sensitivities of the Klochko
versus Kakihana curves
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good agreement when allowance is made for
intrinsic differences between the methods. This is
illustrated (Fig. 6.5) for the coral species Sty-
lophora pistillata where colonies were grown
under different seawater pH treatments, but with
each treatment having constant conditions (Venn
et al. 2013). The pHcf values were determined
using both the pH dye indicator SNARF (Venn
et al. 2013) as well as the direct determinations of
d11B compositions (Holcomb et al. 2014) from
different skeletal regions (see Fig. 6.5). Impor-
tantly, both approaches (Holcomb et al. 2014;
Venn et al. 2013) gave similar slopes (0.32–0.37)
between seawater pH and pHcf and form highly
correlated linear arrays. The only major difference
between methods is the lower magnitude of pHcf

up-regulation detected by the SNARF experiment,
being*0.2 pH units compared to*0.4 pH units

(at seawater pHT*8) for the d11B determinations
of pHcf. SNARF measurements require imaging
the dyes through a glass mount by confocal
microscopy, hence only the very thin transparent
coral tissue at the lateral growth edge (Fig. 6.5)
can be analysed. Thus, the lower pH values
determined within this very thin tissue region is
consistent with it being more directly exposed to
seawater. Interestingly, coral apexeswere found to
have the highest pHcf and experienced the smallest
changes in pHcf in response to acidification (Hol-
comb et al. 2014). Lateral growth was found to be
associated with both lower pHcf and relatively
greater sensitivity to acidification. Thus
up-regulation of pHcf is a spatially variable process
within corals (Holcomb et al. 2014), with its
response being critical to determining the sensi-
tivity of calcification to ocean acidification.

Fig. 6.4 Calcifying-fluid pHcf compositions determined
from boron isotopic systematics of scleractinian (arago-
nitic) corals grown under controlled laboratory conditions
for a range of seawater pHT (Honisch et al. 2004; Krief
et al. 2010; Reynaud et al. 2004; Tanaka et al. 2015;
Trotter et al. 2011). Corals systematically elevate their
pHcf by *0.3–0.5 pH units and under controlled ‘static’
conditions form species dependent linear arrays. Also

shown (grey ellipses) are the average pHcf values
measured over daily cycles using micro-electrodes
(Al-Horani et al. 2003) and pH sensitive dyes (Venn
et al. 2009), both of which are broadly consistent with the
longer duration (weeks to month) pHcf in the coral
samples. For comparison, calcitic foraminifera (light blue
symbols) are shown which plot on or close to the abiogenic
borate curve (Foster et al. 2008; Rae et al. 2011)
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6.6 Cold-Water Corals

Cold-water corals have a wide global distribution
and inhabit a very diverse range of environments,
from the shallow, cold, nutrient-rich waters of
fjords, such as those for example in Chile and
Norway (Försterra et al. 2005; Roberts et al.
2006), down to thousands of metres reaching
(and below) the carbonate saturation horizon.
The major characteristic of these corals is an
absence of light-harvesting symbiotic dinoflag-
ellates (Allemand et al. 2004; Gattuso et al.
1999), which in regard to d11B systematics
avoids some potential complexities common to
zooxanthellae-bearing corals. In Fig. 6.6, the
pHcf data derived from d11B measurements is
plotted against the ambient seawater pHT. To first
order, it is clear that the pHcf values all lie sig-
nificantly above the tropical zooxanthellae-
bearing tropical corals, thus with a greater

elevation in pHcf relative to seawater (i.e. pH =
pHcf − pHT) that ranges from *0.6 to *0.8 pH
units, the largest offset being in corals from low
seawater pHT environments. This general pattern
of higher pH is attributed to a requirement to
elevate pHcf in order to maximise Xcf to facilitate
calcification. This suggests a minimum or
threshold value for Xcf required to sustain calci-
fication in this challenging low temperature
environment, where temperatures may range
from below 0 °C (e.g. Antarctic waters) to
*14 °C (e.g. Mediterranean Sea). However, it is
noted that there is no obvious dependence of
pHcf on seawater temperature since D. dianthus
(Fig. 6.6) live within a temperature range from
*4 to 14 °C (Anagnostou et al. 2012; McCul-
loch et al. 2012b).

To apply the d11B seawater pH proxy to
azooxanthellate cold-water corals, it is also nec-
essary to establish a correlation between the
measured pHcf and inferred seawater pH.
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Fig. 6.5 a Image of cultured specimen of Stylophora
pistillata and the regions sampled for comparative pHcf

determinations using pH sensitive SNARF dye (Venn
et al. 2013) and d11B measurements (Holcomb et al.
2014). SNARF pH measurements undertaken by confocal
microscopy image the outermost growing edge, whereas
d11B compositions were determined from the lateral
growth and main apical growth regions. b Plot of SNARF
pHcf of the lateral growing edge (open squares) and d11B

values measured in apical (black triangles) and lateral
(grey circles) skeletal regions versus seawater pHT

(Holcomb et al. 2014). The blue dashed line represents
pHcf calculated (Trotter et al. 2011) from d11B compo-
sitions of Stylophora pistillata (Krief et al. 2010).
c Confocal microscopy image (Venn et al. 2013) showing
the small micron-scale variability in pH of the irregularly
distributed calcifying fluid
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To date, for cold-water corals this calibration is
derived from samples collected in situ, and
whose ambient seawater pH has been determined
either directly or more commonly from databases
(e.g. Anagnostou et al. 2012). This latter proce-
dure still represents a significant limitation given
that many sample collection sites either lack this
information or are attributed interpolated pH
values that might not reflect conditions at the
time of coral growth. Furthermore, there is an
inherent limitation in calibrating the relationship
between pHcf versus seawater pHT because the
natural range in pHT during the life of the corals
is often limited. Hence, the necessity to compare
samples from disparate locations, such as the
relatively warm high salinity waters of the
Mediterranean Sea (high pH) versus the much
colder and low pH deep-waters of, for example,
the Atlantic and Southern Ocean. Despite these
limitations there is a reasonable correlation
between ambient seawater and pHcf for the solitary
deep-sea species D. dianthus, where pHcf = 0.29
pHT + 6.4 (r2 = 0.79, n = 8). Thus it is argued
that, with further more rigorous calibrations,

deep-sea azooxanthellate corals hold much pro-
mise as palaeo-seawater pH archives.

6.7 pH Up-Regulation
in the Natural Environment

While the above findings suggest an extremely
coherent relationship between the calcifying fluid
pHcf and seawater pH, the critical test is the
actual in situ or ‘real-world’ response. In natural
shallow marine environments especially, there
can be considerable variability in not only sea-
water pH but also temperature, light, and nutri-
ents, across a wide range of time-scales from
diurnal to seasonal cycles through decades to
millennia. On seasonal timescales, the most sig-
nificant parameter is temperature, with the clo-
sely associated parameter of light as well as
nutrients also varying. Changes in these ambient
conditions will affect not only the kinetics of
coral calcification but also importantly the
metabolism of symbionts that likely play a key
role in the supply of DIC to the coral host. The
major exception is for cold-water corals inhab-
iting deep-sea environments where light does not
penetrate, and where there are generally rela-
tively stable conditions of temperature and pH on
annual to decadal timescales. Given that these
deep-sea corals are azooxanthellate, hence lack
symbionts, they arguably have less complex
pathways for the supply of DIC to the calcifying
fluid.

6.7.1 Corals Under Free Ocean
Carbon Enrichment
(FOCE) Conditions

Free Ocean Carbon Enrichment (FOCE) experi-
ments have been undertaken to provide realistic
environmental conditions (Gattuso et al. 2014;
Kline et al. 2012) that incorporate natural vari-
ability in the key parameters of temperature, pH,
and as far as possible light and water flow. In
addition, by modulating the seawater pH, the
FOCE system enables realistic simulations of the
effects of ocean acidification within natural
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reef-environments, at levels of atmospheric pCO2

and seawater pH that are predicted to occur by
the end of this century according to RCP4.5 (van
Vuuren et al. 2011). Such experiments were
recently conducted within the Heron Island reef
flat of the Great Barrier Reef (GBR) covering a
range of pCO2 scenarios (Kline et al. 2012). Here
the FOCE experiment was thus designed to raise
the dissolved pCO2 to *600 ppm, hence low-
ering the seawater pH (and hence Xarag) of the
treatment flumes by *0.25 pH units below
ambient levels. These changes within the FOCE
flumes were undertaken progressively over an
approximately eight month period (March to
mid-December 2010), and superimposed upon
the natural daily variations in seawater pH as
well as light and temperature. The response of
calcifying fluid pHcf compositions in the
branching coral P. cylindrica cultivated within
the FOCE flumes over this period was thus
determined using d11B compositions (Georgiou
et al. 2015).

The findings from these experiments are
shown in Fig. 6.7 with several surprising out-
comes. Firstly, there were substantial differences
in d11B between colonies (22–26‰) that trans-
late to substantial differences in pHcf (8.4–8.6).
Secondly and most surprisingly, the composi-
tions of individual growth segments (i.e. separate
branches) of P. cylindrica along their respective
central growth axis show essentially no or, at the
very most, minor (<0.02) declines in pHcf despite
the very large decrease in seawater pH from
*8.25 to 7.7. These data show that these corals
exhibited a pattern of pH-homeostasis, with ele-
vated but constant pHcf, despite the large natural
seasonal variations (*0.3 pH units) and upon
which an additional reduction of seawater pH of
*0.25 pH units was added during the FOCE
treatment.

The cause of this unexpected behaviour
requires further investigation (see also Wall et al.
2016), but while up-regulation of pHcf is a
requirement for calcification of aragonitic corals,
there are clearly other factors that influence its
response to changes in the ambient reef-water
pH. It is also noted that the Heron Island lagoon
is somewhat unusual in being a semi-enclosed

and relatively shallow lagoon that experiences
very large daily and seasonal fluctuations in
seawater pH (Kline et al. 2015). The highest pH
values of lagoon waters occur in the winter, due
in part to cooling but also as a result of reduced
calcification (a source of CO2), whereas in
summer, increased calcification together with
temperature acts to reduce the seawater pH.
Given these extreme natural fluctuations (Kline
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Fig. 6.7 a Boron isotopic compositions (Georgiou et al.
2015) from colonies (coloured symbols) of Porites
cylindrica, subject to a Free Ocean Carbon Enrichment
(FOCE) experiment conducted in the Heron Island lagoon
of the GBR (Kline et al. 2012). At the commencement of
the experiment (June 2010) the control and treatments
colonies were at same the ambient lagoon water pHT

(*8.26). In December FOCE treatment colonies are at
*0.25 pH units below ambient (control) lagoon condi-
tions. The d11B determinations were undertaken using
samples representative (*5 mg) of coral growth during
these periods (Georgiou et al. 2015). b Calcification fluid
(pHcf) derived from the d11B measurements (above)
plotted against FOCE and lagoon water pHT for the
months of June and December. Despite the large natural
and FOCE induced variations in seawater pH (Kline et al.
2015), for each coral branch there is a near constant pHcf.
Differences between colonies is significantly greater
(>�5) than from polyps from the same branch, indicative
of strong physiological controls (i.e. homeostasis) on the
calcifying fluid pHcf
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et al. 2015), we surmise that local adaptations
(e.g. homeostasis of pHcf) by corals growing
within the highly variable Heron Island lagoon
played a significant role in their neutral response
to the enhanced conditions of ocean acidification
simulated in the FOCE experiment.

6.7.2 Corals Under Natural
Conditions of Seasonal
Forcing

Corals growing under natural conditions provide
another means to examine the relationship
between pHcf and seasonally driven fluctuations in
seawater pH. A prerequisite is that the scle-
rochronology of coral growth must be well
defined, such as occurs in Porites, which usually
have well-defined annual growth bands (e.g.
Knutson et al. 1972; Buddemeier et al. 1974) that
can be sampled at better than monthly resolution.
Also important is the availability of long-term
in situ records of both reef-water temperature and
pH, a requirement to relate changes in the
d11B-derived pHcf to conditions in the reef envi-
ronment. This often represents a significant limi-
tation, and although monitoring of reef-water pH
is now becoming more routine, reliable
‘long-term’ data sets are still limited, especially
given that multi-year records are ideally required.
Thus, here we use Porites cores collected in 2013
from Davies Reef in the central GBR at the site of
the Australian Institute of Marine Science (AIMS)
reef-water monitoring station where long-term
in situ sea surface temperature (SST) records are
available, together with more limited seasonal
records of reef-water pH variability (Albright et al.
2013; Barnes 1983; Dennison and Barnes 1988).
This is crucial since many reefs exhibit significant
variability in reef-water pH at both diurnal as well
as seasonal time-scales, dependent on the combi-
nation of productivity/calcification controls and
the residence times of water within reef systems.
In order to extend the existing pHT data over
multiple years, these factors were quantified using
seasonal in situ records of seawater carbonate
chemistry (Albright et al. 2013; Barnes 1983;
Dennison and Barnes 1988). Although being of

limited duration the seasonal records enabled the
reef-induced component of seawater pH to be
estimated (Falter et al. 2013) and hence extended
using the much longer temperature records.

Using the above approach, a time-series
(Fig. 6.8) was obtained for reef-water pH, tem-
perature, and d11B-pHcf using corals from Davies
Reef for the period from *2007 to the end of
2013 (McCulloch et al. 2017). The reef-water pH
ranges from *8.02 in the summer to *8.09 in
the winter, an overall seasonal variation of
*0.07 pH units. This pattern of reef-water pH
variability for Davies Reef is similar and only
slightly greater than that for the open-ocean since
the Davies reef-waters have short residence times
(hours), being subject to ongoing open-water
exchange. Seasonal d11B-pHcf records were
obtained (Fig. 6.8) for two cores (Davies 2 and 3;
McCulloch et al. 2017); both exhibit large vari-
ation in pHcf (*0.25 pH units) with a typical pH
range from 8.3 to 8.5, the highest values being
during winter. Also shown are the pHcf values
expected using the aquaria-derived relationships
with seawater pH described previously for Por-
ites, where pH*cf = 0.4 pHT + 4.72 (average for
Porites calibration from Fig. 6.4). Thus,
although seasonal variations in seawater pH and
calcifying fluid pHcf remain in phase, the
amplitude of pHcf variations are an order of
magnitude larger (Fig. 6.8) than that predicted
from laboratory (aquaria) derived pHcf versus
seawater pH relationship.

The role of temperature in influencing the
calcifying fluid pHcf and seawater pH is also
illustrated in Figs. 6.9 and 6.10. As already
noted, for Davies Reef the seasonal variation in
seawater pH is relatively minor (±0.035 pH
units), contrasting to the much larger variations
in pHcf exhibited by both Porites colonies
(±0.12 pH units). Importantly, the largest devi-
ation in pHcf (d

11B) compared to those expected
from changes in seawater pH alone, occurs dur-
ing the summer when temperatures are higher
and hence physiological forcing is expected to be
at its greatest. This is apparent, for example, in
Fig. 6.10 where the two co-located Porites
colonies converge to the theoretical winter value
of pHcf. This pattern is thus consistent with
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subtly varying differences in the physiological
control on pHcf that are most strongly manifested
during the summer months when symbiont
activity is at its greatest.

Although there is a strong relationship
(Fig. 6.10b) between temperature and d11B
derived pHcf for both the Davies Reef Porites
colonies (Davies 2 and 3, r2 = 0.8–0.85), they
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exhibit different sensitivities in pHcf of *0.02–
0.034 per degree increase in temperature.
This strong but variable temperature dependent
sensitivity of pHcf up-regulation in zooxanthellae-
bearing corals again points to differing physio-
logical controls at the colony scale. This clearly
limits the application of d11B-pHcf by itself as a
seawater pH palaeo-proxy given that changes in
calcifying fluid pHcf are closely linked to meta-
bolic induced changes in DIC that likely accom-
pany increasing temperatures. It is noted that such
findings are not unexpected since the key param-
eter that ultimately dictates calcification is the
saturation state of the calcifying fluid, which is

directly dependent on total DIC, temperature, as
well as pH of the calcifying fluid.

6.8 Summary and Conclusions

While the initial d11B studies of corals were lar-
gely motivated by its potential application as a
proxy for palaeo-seawater pH, it is becoming
increasingly apparent that under ‘natural’
real-world conditions a Pandora’s Box has been
opened with respect to physiological-
environmental controls that influence coral
bio-calcification. This is particularly the case for
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zooxanthellae-bearing corals, especially in the
highly dynamic conditions that characterise many
coral reefs. Although further studies are still
required, particularly with processes controlling
the DIC enrichment of the calcifying-fluid, four
broad categories of pHcf versus seawater pHT

responses have been identified (Fig. 6.11). Firstly,
under conditions of constant temperature and
seawater pH as applied in many experimental
treatments, the coral’s calcifying-fluid pHcf is
closely linked to changes in seawater pH with
constant species-specific pHcf/pHT gradients from
0.3 to 0.5. Under these conditions, zooxanthellate
corals typically up-regulate their pHcf by *0.3–
0.6 pH units. Deep-sea azooxanthellate corals
constitute a second closely related category,
showing a very similar behaviour but with a
greater magnitude of pHcf up-regulation (*0.6–
1 pH units). We conjecture that these two cate-
gories correspond to conditions of
quasi-equilibrium between pHcf and DIC, a result

of stable seawater pH and possibly relatively
constant seawater supply of DIC. Importantly,
because of these characteristics, azooxanthellate
corals may best satisfy the requirements for util-
ising the d11B palaeo-seawater pH proxy.

The third and fourth categories represent
responses of zooxanthellae-bearing corals from
tropical and sub-tropical environments. In tropi-
cal environments (third category), Porites show
strong seasonal controls on pHcf, apparently
amplifying concomitant changes in seawater pHT

with the pHcf/pHT seasonal amplitudes ranging
from 2 to 3. Here we conjecture that the domi-
nant factor is from seasonal variability in sym-
biont derived DIC, resulting in higher
carbonate-ion concentrations and higher rates of
calcification despite the lower pHcf during the
summer. The fourth (sub-tropical) category of
constant pHcf may thus represent a physiological
response in pHcf to optimise calcification under
conditions of limited DIC supply, with the
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calcifying-fluid pHcf being optimised at a fixed
value to maintain year-round calcification despite
large variability in the ambient lagoon waters.

The latter findings are in marked contrast to
constant-condition experiments, demonstrating
more complex sets of interrelated physiological
responses to changing environmental conditions.
Up-regulation of the calcifying fluid pHcf is
clearly a common strategy that optimises coral
calcification at an approximately constant rate.
Process-based studies of bio-calcification must
therefore be conducted under more realistic
‘real-world’ conditions to identify the critical
thresholds of coral calcification to rapidly
changing conditions that now increasingly char-
acterise our high CO2 World.
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7Boron in the Weathering
Environment

Jérôme Gaillardet and Damien Lemarchand

Abstract
This chapter reviews the state of art of the use of boron isotopes to
understand water-rock interaction in the Critical Zone, the thin and
reactive layer at the Earth’s surface. Because boron isotopes are largely
fractionated by adsorption, coprecipitation and evaporation-condensation
processes, boron isotopes are well adapted to trace the main processes that
convert rocks into soils and sediments on terrestrial surfaces. The
difference in affinity of boron isotopes between trigonal and tetrahedral
species is the main cause of isotope fractionation of boron at the Earth’s
surface. Due to the competition between the speciation of boron in
solution and the speciation on boron onto or into solids or gas, large
isotopic variations are predicted and observed. Measured boron isotopic
composition in the weathering environment varies over a considerable
range of about 70‰. Precipitation, rivers and biomass are usually enriched
in 11B, while a complementary depletion in 11B (enrichment in 10B) is
observed in clay minerals and on organic or inorganic surfaces. At the
ecosystem scale, boron appears to behave as a micronutrient with a major
flux of boron associated with biological recycling. The inputs of boron to
ecosystems by chemical weathering or from the atmosphere are minor.
When the residence time of water in the critical zone is high, such as in
groundwater systems, boron contents increase and are much more
dominated by a weathering signal. Boron is mainly added to the ocean
by rivers, while the most important sink of boron is adsorption on clay
minerals. This makes boron a particularly good tracer of the
weathering/erosion balance of terrestrial surfaces in addition to its
capacity for tracing the pH and ancient seawater. A lot remains to be
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done to better understand the behavior of boron and boron isotopes at the
Earth’s surface and on the secular evolution of boron isotopes in the ocean
but our review of the available literature shows that this tracer has a great
potential at a local (ecosystem) and global (ocean) scale.

Keywords
Critical zone � Weathering � Biological recycling � Clay formation
Nutrient � Denudation

7.1 The Main Fractionating
Mechanisms of Boron
on Terrestrial Surfaces

7.1.1 The Crystallochemistry
of Boron

Boron is the fifth element in the periodic table
(atomic number 5) with the ground-state elec-
tronic structure [He]2s22p1. Because of its poor
stability during nucleosynthesis reactions in
stars, its abundance on Earth is very low, com-
parable to elements of atomic number 30–40
(e.g. Zinc). Boron is highly incompatible during
magmatic processes resulting in a large enrich-
ment in the continental crust (about 10 µg g−1,
Rudnick and Gao 2003) relative to the mantle
(about 0.1 µg g−1, McDonough and Sun 1995).

Boron’s neighbors in the periodic table are
carbon and aluminium and it is close to silicon,
with which it shares common physico-chemical
properties. Its very high ionization potential
results in the formation of covalent (rather than
ionic) bonds. Boron is a strong electron acceptor
and is therefore almost always bonded to oxygen
in geological materials. In minerals and in
aqueous liquids, boron is found in coordination
III (BO3, H3BO3) or IV (BO4, B(OH)4

−). This
difference in coordination is the principal driving
force controlling the chemical reactivity of
boron, overshadowing other possible effects like
temperature, and therefore often reduces the
interpretation of the boron distribution in min-
erals and solutions to a simple question of boron
sources and speciation.

In granitic and volcanic rocks, boron substi-
tutes for Si or Al and therefore belongs to the

group of structure-forming elements, by opposi-
tion of charge-compensator elements that occupy
the other crystallographic sites to balance the
intracrystalline electric charges. Boron concen-
trations in silicic intrusive rock range between 10
and 30 µg g−1, with a large variability between
minerals: only traces of boron are found in
quartz, feldspar and plagioclases usually have
boron concentrations in the lower range
(*10 µg g−1) and much higher concentrations
are observed in phyllosilicates like micas (up to
100 µg g−1). In secondary weathering products
like clay minerals, boron concentrations can be
very high (up to 1000 µg g−1) mostly depending
on the nature of the surrounding fluid from which
they form. Boron is variably distributed between
the crystal structure and the interlayer sites
depending on the mineral transformation and the
succession of fluids in contact (Williams et al.
2001a; Voinot et al. 2013).

In carbonates, incorporation of boron concen-
trations and isotopes is pH-dependent and has been
used in many studies to reconstruct seawater
paleo-pH frommarine records (seeChaps. 5 and 6).
However, the actual mechanism of boron incorpo-
ration into the carbonate lattice is still debated and
the initial model of boron incorporation as borate
ion (Vengosh et al. 1991a; Hemming and Hanson
1992) is challenged by new results provided by
nuclear magnetic resonance analyses, 11B NMR
(Klochko et al. 2009; Rollion-Bard et al. 2011;
Mavromatis et al. 2015; Noireaux et al. 2015; see
Chap. 4 for full discussion). These studies indicate
that boron is found in both trigonal and tetrahedral
forms and may occupy different crystallographic
sites depending on the calcium carbonate
polymorph (calcite or aragonite). So far, the
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relationship between water chemistry and boron
speciation in carbonates remains unclear and calls
for a more complex mechanism of boron
incorporation.

7.1.2 Interaction of Dissolved Boron
with Mineral Surfaces

Early studies of Raman spectroscopy (Edwards
et al. 2002) and 11B NMR spectroscopy (Onak
et al. 2005) have demonstrated that boron in
solution exists in trigonal (boric acid, B(OH)3)
and tetrahedral (borate ion, B(OH)4

−) forms.
Monomeric species are only found in solutions
with boron concentrations below 0.025 mol/kg
whereas polymeric forms prevail at higher con-
centrations and high pH (Ishihara et al. 1991).
Dissolved boron reacts as a Lewis acid with solid
surfaces to form mostly inner-sphere complexes
(ligand exchange) with (poly)hydroxyl groups
(e.g. Pizer and Selzer 1984; Shao et al. 2000;
Lemarchand et al. 2007). Formation of
outer-sphere complexes (physical adsorption) has
however been reported at the surface of some
minerals like birnessite (Lemarchand et al. 2007)
or hydrous ferric oxides (Peak et al. 2003). Some
reactions of dissolved boron with surfaces are
presented in Fig. 7.1. The surface protonation/
deprotonation reactions and the boron weak
acidity in aqueous solutions explain the
pH-dependence of boron interactions with solids.
The absence of ions other than protons or
hydroxides involved in boron complexation also
explains the almost independence of boron sur-
face reactions to the solution ionic strength (e.g.
Goldberg 2005; Lemarchand et al. 2007).

The main boron adsorbing surfaces in soils are
clay minerals, metal oxides, carbonate and organic
matter (Goldberg 1997). The boron partition coef-
ficient (Kd = [B]ads/[B]sol) = (mBads/msolid)/
(mBsol/msol) with [B]ads and [B]sol the concentra-
tions of adsorbed and dissolved boron and mBads,
msolid, mBsol, msol, the mass of adsorbed boron, the
mass of solid, themass of boron in solution, and the
mass of solution, respectively) between solution
and surface depends on the specific surface area of
the solid exposed to water and on the density of the

surface hydroxyl groups. It may therefore vary over
several orders of magnitude. Tectosilicates, char-
acterized by a high level of polymerization like
quartz and feldpars, show very small Kd values
(typically below 1), whereas phyllosilicates and
organic compounds show much higher values
(typically in the order of 10 or 100with amaximum
value of 40,000 reached by the synthetic boron
specific resin Amberlite IRA 743, Lemarchand
et al. 2002). Boron shows moderate affinity for
carbonate surface with Kd values typically com-
prised between 1 and 6 (Goldberg and Forster
1991; Ranjbar and Jalali 2014).

The combination of a generally large Kd
value with common mineral and organic surfaces
(Fig. 7.2a) with the relatively low water/rock
ratio of porous media like soils or groundwaters
lead boron to be largely in adsorbed form in the
weathering environment. Solid surfaces therefore
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Fig. 7.1 Examples of chemical reactions of boron com-
plexation onto solid surfaces and speciation in aqueous
solutions. R represents a cation on a mineral surface and is
commonly Si, Al or any other major or minor cation (Ca,
Fe, Mg,…) in silicates or C in organic materials
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constitute an important pool of exchangeable
boron that can be mobilized by changes to the
ambient hydro-chemical conditions. For instance,
a modest partition coefficient of 5 in a porous
media with a typical water/rock ratio of 0.1 leads
to 98% of boron being adsorbed. In rivers or
lakes, where the water/rock ratio is much larger
(on the order of 105), boron is found mostly in
the dissolved phase. It is therefore expected that
the transport of particles from soils to rivers leads
to a massive desorption of boron.

The chemical stability of the boron-ligand
complex depends on the acid dissociation constant
of both the boric acid and the ligand (Pizer and
Selzer 1984 and references therein). Adsorption
on surfaces therefore reflects the competition for
the surface reactive sites (that may be
pH-dependent) between protons, hydroxides,
boric acid and borate ions. A compilation of the
pH-dependence of boron partition coefficients
with various solid surfaces is shown in Fig. 7.2a.
Bell-shaped curves with maximum partition
coefficients reached between 8 and 10 (close to the
acid dissociation constant of boric acid, pKA =
9.01 in diluted waters, Dickson, 1990) are
reported for the considered compounds.

Various approaches have been proposed to
model the interactions with solid surfaces. Keren
and Mezuman (1981) proposed a phenomeno-
logical equation, but this empirical approach fails
to provide a physical significance to the param-
eter determined. Freundlich and Langmuir
adsorption isotherms were used to satisfactorily
fit experimental data (Lemarchand et al. 2005,
2007; Ranjbar and Jalali 2014). However, the
determined parameter values are difficult to
extrapolate to other conditions than the experi-
mentally tested ones. In parallel, more sophisti-
cated chemical models were adapted to boron,
like the total capacitance (Goldberg et al. 2000)
and the triple layer model (Goldberg 2005), with
mixed success. So far, the total capacitance
model requires smaller number of adjustable
parameters than other methods and can be
applied to satisfactorily predict the boron distri-
bution in soils, but still assumes that boron only
forms inner-sphere complexes and is not adapted
to investigate with precision the nature of the
boron complexation reactions (see review by
Goldberg and Su 2007).

Only a few studies have focused on the boron
isotopic fractionation during boron
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solid/concentration in solution) and b the solid-solution
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adsorption/desorption reactions. Schwarcz et al.
(1969) were the first to investigate the fraction-
ation of boron isotopes during adsorption onto
clays. Palmer et al. (1987) reported boron iso-
topic fractionation during adsorption experiments
on marine clay and first proposed that changes of
boron speciation may be the cause of the
observed isotopic fractionation. Later, Lemarc-
hand et al. (2005 and 2007) investigated the
boron isotopic fractionation during interactions
with humic acids and Fe- or Mn-oxides. In these
studies, coupling boron isotope data with
Diffuse-Reflectance Infrared
Fourier-Transformed (DRIFT) spectroscopy
clarified the nature of the boron reactions with
solid surfaces and proposed the formation of
monodentate or bidentate B-complexes or
outer-sphere B-complexes. Large isotopic frac-
tionations are observed in relation to the water
pH, which can mainly be explained by the boron
coordination in water and adsorbed on the sur-
face but also, to a smaller extent, by the nature of
the surface as well as the complex formed. Fig-
ure 7.2b shows the modeled curves proposed by
Lemarchand et al. (2005, 2007) for the
surface-solution fractionation factor for humic
acids and oxides. The boron isotopic fractiona-
tion factor between solution and surface is
highest at acidic pH (down to a = 0.945, pH <
7) and close to 1 at basic pH (pH > 9). In order
to fit the sigmoid dependence of the isotope data,
several complexes have to be postulated
depending on the pH range, each having different
isotopic fractionation and different complexation
constant. The origin of the large isotopic frac-
tionation is easily explained by the difference of
steric structure between B-surfaces complexes
and B species in solution (both pH-dependent).
For example, steric strains induced by the for-
mation of trigonal bidendate complexes are
responsible for the strong enrichment in 10B at
the surface of goethite, whereas the formation of
a B trigonal outer-sphere complex causes the
enrichment of birnessite surfaces in 11B at pH 9
(Lemarchand et al. 2007). The structure of the
surface complexes formed during the adsorption
of boron onto goethite and birnessite are shown
in Fig. 7.3.

7.1.3 Coprecipitation of Boron
into Solids

The behavior of boron isotopes during reactions
of mineral precipitation has been less studied
than during adsorption reactions. So far, pub-
lished studies have mainly focused on carbonates
and rarely on silicates. They are based on
experimental precipitations conducted at moder-
ate to high temperature, to ensure high reaction
rates.

Studies of boron coprecipitation in carbonates
are motivated by the use of boron isotopes in
geological archives to reconstruct ancient sea-
water pH, on the basis that the borate ion is the
only boron species to be incorporated into the
carbonate lattice. This hypothesis is however
challenged by 11B NMR observations
(Rollion-Bard et al. 2011; Noireaux et al. 2015).
Recent inorganic precipitation experiments con-
ducted by Mavromatis et al. (2015) and Noireaux
et al. (2015) showed that, in addition to pH, there
is a crystallographic control on the incorporation
of boron isotopes in carbonate crystals. In arag-
onite, boron is quantitatively present in its
four-coordinated form, whereas both the tetra-
hedral and trigonal forms are observed in calcite.
These authors proposed that tetrahedral boron is
the only form incorporated in aragonite by sub-
stitution of CO3

2− anions but that boron actually
enters the calcite lattice in both tetrahedral and
trigonal forms. The possibility of forming trigo-
nal species in calcite was further proposed from
first principle calculations by Balan et al. (2016)
in the form of BO2(OH)

2−. In parallel, Uchikawa
et al. (2015) and Mavromatis et al. (2015)
recently proposed that the boron incorporation in
carbonates can be controlled by a diversity of
mechanisms (see Chap. 4 for more discussion of
this topic).

Published studies on B coprecipitation in sil-
icates at moderate to high temperatures, include
mineral-silicate melt isotope partitioning
(e.g. Tonarini et al. 2003), the behavior of boron
in coexisting hydrous solutions and silicate melts
in subduction zones (e.g. Peacok and Hervig
1999) and diagenetic environments, in particular
those involving maturation of organic matter
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(e.g. Williams et al. 2001a, b). This later study
showed that boron initially adsorbed on clay
mineral surfaces at low temperature is subse-
quently incorporated into the silicate lattice by
substitution of Si in the form of tetrahedral B
species if temperature exceeds 60 °C, corre-
sponding to the transformation of smectite to
illite. As the tetrahedral boron is preferentially
enriched in the 10B isotope, the illitization pro-
cess of the smectite was shown to enrich the
(trans)formed clay minerals in 10B. These studies
allowed the determination of an empirical rela-
tionship between temperature and the magnitude

of the fluid-solid boron isotope fractionation,
shown in Fig. 7.4. The interesting point is that
the temperature dependence of the boron isotopic
fractionation appears similar for all reactions
involving silicates and water regardless of the
conditions under which the reaction has occurred
(i.e. aqueous fluid/silicate melts, smectite/illite
transformation and adsorption onto detrital clay
minerals).

In the absence of a thorough investigation at
ambient temperature of the boron isotopic frac-
tionation during reactions of mineral precipita-
tion, it is still speculated that the incorporation of
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boron isotopes into solids should primarily pro-
ceed through the formation of the same surface
complexes that control adsorption followed by a
quantitative incorporation into the mineral lattice
(Sen et al. 1994; Lemarchand et al. 2007; Lu
et al. 2011). If so, precipitation and adsorption
reactions should generate similar boron isotopic
fractionations and the difference would only
depend on the rate of boron exchange with the
fluid.

7.1.4 Behavior of Boron During
Evaporation
and Condensation
Processes

In addition to its ability to sorb onto surfaces,
boron is a volatile element. Boron is partitioned
into a vapor phase and volcanic rocks as indi-
cated by its abundance in fumaroles (i.e. Leeman
et al. 2005). Experimental studies conducted at
high temperature (Spivack et al. 1990; Palmer
et al. 1992) showed that boron is partitioned
between a vapor phase and brine/solid phase in

hydrothermal conditions, with the vapor slightly
enriched in 11B. The presence of gaseous boric
acid in the atmosphere has been recognized from
the first evidence of an increase by a factor of
hundreds of the boron-chlorinity ratio in rain-
waters relative to seawater and preferential
removal of chlorine as the rain continued
(Sugawara 1948). In 1959, Gast and Thomson
conducted seawater evaporation experiments and
concluded that seawater is a major source of
atmospheric boron. Fogg and Duce (1985) used a
filter sampling system and found a large pro-
portion of atmospheric boron present in the gas
phase as boric acid. In addition, a number of
studies have used experimental approaches to
determine boron volatility and associated iso-
topic fractionations, motivated by the issue (or
advantage) of boron volatility during its separa-
tion from geological matrices (Ishikawa and
Nakamura 1990; Xiao et al. 1997; Gaillardet
et al. 2001). Available studies show that the
behavior of boron and boron isotopes during the
evaporation of seawater is strongly dependent
upon experimental conditions. If only boric acid
evaporates from a solution at neutral pH, it is
expected, in the absence of kinetic effects, that
the isotopic composition of the gaseous form will
be that of the boric acid species. In that case, the
d11B of the gas (d11Bgas) is simply a function of
seawater pH at equilibrium:

d11Bgas ¼ d11Bsw þ 1000 a3�4 � 1ð Þ 1
1þ 10pH�pKA

where d11Bsw is the isotopic composition of
seawater, a3–4 is the boron isotopic fractionation
factor between boric acid and borate ion in
solution (a3–4 = 1.027, Klochko et al. 2006) and
pKA is the boric acid dissociation constant
(pKA = 8.6 in seawater at 25 °C and 35 psu,
Dickson 1990). As a result, the modeled boron
isotopic composition of the atmospheric gaseous
form in equilibrium with seawater (pH = 8.2
should be close to 50‰), which is higher than
the value for seawater (d11B = 39.6‰). Experi-
mental studies using seawater solutions at dif-
ferent pH confirm that the vapor phase from a
seawater solution is enriched in 11B (Chetelat
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et al. 2005, Xiao et al. 2007). However,
re-interpreted using the fractionation factor of
Klochko et al. (2006), these data show that the
d11B of the vapor phase is much lower than the
d11B of aqueous boric acid. This important
conclusion implies either fractionation of boric
acid during its transfer from the solution to the
gas, which is unlikely, or kinetic fractionation
during evaporation with preferential escape of
the 10B-enriched boric acid. Using B-doped
seawater, Xiao et al. (2007) made the interest-
ing observation that the apparent isotopic shift
between seawater and gaseous boron increases
with B concentration, which they interpreted as
indicating a less important kinetic effect at high B
concentration. By contrast, Xiao et al. (2001)
performed airflow experiments and showed that
the vapor phase was enriched in 10B compared to
seawater. This result was used by Miyata et al.
(2000) and Rose-Koga et al. (2006) to interpret
natural data of d11B in rainwater and air by
proposing that the evaporation of boron at the
seawater-atmosphere interface and condensation
of boron in clouds were characterized by a
seawater-vapor kinetic fractionation of +25.5‰
(the vapor is enriched in 10B compared to sea-
water) and a rain-vapor fractionation of +32‰.

This rather confusing situation regarding the
behavior of B isotopes during evaporation and
condensation clearly shows that the experimental
conditions are important and can easily change
the direction and magnitude of the B isotope
fractionation. Experiments of Chetelat et al.
(2005) and Xiao et al. (2007) were conducted in
stagnant air systems while Xiao et al. (2001)
reported evaporation experiments under airflow
conditions. It is plausible that kinetic effects are
only visible in airflow systems. More experi-
mental work is needed to address both the kinetic
and the equilibrium fractionation factors associ-
ated with B evaporation from solution or B
condensation from a gas phase.

7.1.5 Behavior of Boron in Biological
Processes

Boron is an important micronutrient involved in
multiple biological processes. In line with its
great chemical affinity for polyol groups, boron is
involved in all reactions of sugar transport (par-
ticularly studied in sugar beets), but it also pairs
with calcium to consolidate the cell structure (for
example, a change in size and shape of leaves is
the first symptom of boron deficiency). Boron is
also involved in reproductive growth in regulat-
ing metabolic processes similarly to plant hor-
mones (see review by Blevins and Lukaszewski
1998). Despite worldwide problems of boron
deficiency or toxicity in agricultural soil, boron
isotopes in plants has not received a great deal of
interest, especially from an isotopic point of
view. The main reason for this is the difficulty in
separating boron from the organic matrix as well
as problems with the analysis of boron isotopes
by mass spectrometry due to isobaric interfer-
ences caused by residual organic impurities
(Lemarchand et al. 2002; Rosner et al. 2011;
Roux et al. 2015). This has led some authors to
use 10B labeling approaches to determine the
source of boron and its pathways between plant
organs instead (e.g. Boaretto et al. 2011; He et al.
2015). Based on the idea that the boron uptake
by plant roots occurs without significant isotopic
fractionation, the boron isotopic signature of
plants has been used as tracer of provenance (e.g.
Wieser et al. 2001; Chang et al. 2016). These
studies assume no isotopic fractionation between
the crop and the soil, a hypothesis that is chal-
lenged by recent works showing that boron iso-
topes in tree leaves are indeed close to the soil
solution value but that a large isotopic fraction-
ation exists between leaves, branches, trunk and
roots (Cividini et al. 2010; Noireaux et al. 2017).
The fractionation of boron isotopes during plant
uptake is still unknown but data published in
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these latter studies indicate that excreted boron
from leaves is enriched in 11B compared to the
plant, thus generating a boron isotopic fraction-
ation by the biological cycle at the ecosystem
scale. The release of 11B-rich boron from leaves
is consistent with the preferential complexation
of boron by polysaccharide constituents of plant
tissues. It is clear that the behavior of boron
isotopes in biological processes still requires
thorough exploration.

7.2 Biogeochemistry of Boron
in the Critical Zone1

7.2.1 Boron Isotopes in Precipitation

Boron geochemistry in precipitation and more
generally in the atmosphere is a long-standing
topic that has attracted a significant amount of
work and is however still much debated. Boron
exists in the atmosphere in two forms, particulate
and gaseous. The gaseous form represents 90–
95% of the total, according to the pioneering
paper of Fogg and Duce (1985). Gaseous boron
is thought to be mostly derived from the evapo-
ration of boron from seawater, although the
possibility of boron released by vegetation, bio-
mass burning and anthropogenic activities exists.
A series of papers have reported boron isotopes
in precipitation. Both boron concentrations and
isotope compositions are very variable. B con-
centrations range from a 0.1 to several
100 µg L−1 and d11B spans the whole range of
natural values (−20–50‰). A first order con-
clusion is that boron is enriched in rainwater
compared to seawater, which is reflected by
higher B/Na ratios (or B/Cl) ratios in precipita-
tion as compared to seawater ratios (Chetelat
et al. 2005; Rose-Koga et al. 2006; Millot et al.

2010). The contribution of boron derived from
seasalt aerosols is significant but rarely dominant
and the excess of boron in precipitation is
attributed by several authors to both the contri-
bution of gaseous H3BO3 and the dissolution of
non-marine aerosols (e.g. Chetelat et al. 2009).
The existence of a boron meteoric line linking
d11B and dD (d11B = 2.6.dD−133) in rainwaters
has been proposed by Rose-Koga et al. (2006),
suggesting that the dominant process explaining
the large range of d11B of rainwater is Rayleigh
distillation in which a vapor phase, evaporated
from the surface ocean, is progressively con-
densed in precipitation and loses its gaseous
boron. According to Rose-Koga et al. (2006), the
vapor formed by the evaporation of seawater is
enriched in 10B (d11B = 14‰). When B con-
denses in cloud droplets, a reverse isotopic
fractionation of about 31‰ occurs, producing
rainwaters with d11B close to that of seawater
(39–40‰) or slightly higher (45‰). This model
of evaporation-condensation was also invoked by
Roux et al. (2017). With progressive condensa-
tion, d11B in precipitation decreases from 45‰
values down to negative values. As shown
above, this interpretation, however, relies on an
imperfect knowledge of the isotopic fractionation
between H3BO3 in solution (seawater or rain)
and the vapor phase (Miyata et al. 2000; Chetelat
et al. 2005; Rose-Koga et al. 2006). Other
interpretations for explaining low d11B measured
in precipitation have been proposed including the
dissolution of atmospheric dusts (Millot et al.
2010; Rose-Koga et al. 2006), the contribution of
biomass burning, anthropogenic emissions
(Chetelat et al. 2009; Zhao et Liu, 2010) or fer-
tilizer application (Roux et al. 2017). Anthro-
pogenic emissions are particularly evident when
the boron isotopic data of rainwaters are fitted on
a Rayleigh distillation pattern (Rose-Koga et al.
2006) or based on the correlation of d11B values
with NO3/Na ratios (Chetelat et al. 2009; Millot
et al. 2010; Zhao and Liu 2010). While in a
Rayleigh distillation process, low d11B must be
associated with low B concentrations, when
additional sources are involved, low d11B values
can be associated with high B concentrations
(Fig. 7.5).

1The Critical Zone is the zone between the top of the litho-
sphere and the lower atmosphere. In this zone, all
compartments are connected and respond to external
climatic, tectonic or anthropogenic forcings (Anderson
et al. 2004). Critical Zone Observatories (CZO) are field
sites deployed along environmental gradients
where stream, vegetation, soil pore water, precipitation
and groundwater are monitored.
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In addition to wet deposition, the contribution
of dry deposition to the terrestrial surface may be
important. Roux et al. (2017) estimated that, in
Eastern France, around half of the atmospheric
flux of boron to the ground of a forested plot was
derived from dry deposition and measured rela-
tively high B concentrations (100–500 ppm)
associated with crustal-like d11B values derived
from dust.

Understanding the origin of boron in precipi-
tation is an important issue for the purpose of
extracting the mineral weathering contribution in
continental waters as precipitation may represent
a large input flux to watersheds. It is also critical
for constraining the share between the “external”
and “internal” boron inputs to hydrosystems and
to better understand the biogeochemical cycle of
boron and ecosystem sustainability, boron being
an essential micronutrient for plant growth. So
far, the contribution of atmospheric boron to
terrestrial surface is poorly understood and
requires urgent experimental and field studies.

7.2.2 Boron Isotopes in Soil Profiles

To date, there are only few studies of boron iso-
topes in soils. The pioneering measurements of
Spivack et al. (1987) on a soil profile (oxisol type)
in the Upper Orinoco watershed developed on
granitic rock under wet tropical conditions
showed that the weathering residue (kaolinite and
oxides) was enriched in light boron (around 2‰
in the bulk soils) and that boron was lost in the
solid phase from the bottom to the top of the
profile. Subsequent studies have revealed that this
behavior of B and B isotopes is however not
general and appears to be more complex
(Fig. 7.6). In South India, the dry tropical soil
from the Mule Hole experimental watershed is
enriched in 10B (by 10‰ compared to the bed-
rock) but the boron concentration in the bulk soil
is enriched compared to the bedrock, rather than
depleted, as found in the Upper Orinoco water-
shed (Noireaux et al. 2017). In the temperate soil
profile of the Strengbach catchment in the Vosges
mountains, Western Europe, boron is depleted
compared to insoluble elements but shows an
enrichment in the heavy isotope (by more than
5‰), attributed by Lemarchand et al. (2012) to
the incorporation of 11B derived from the vege-
tation and dissolved in the soil solution into sec-
ondary minerals. In the Strengbach soil profile, all
granite minerals have similar d11B and clay
minerals have a constant but fractionated d11B
value (5–10‰ higher that the bedrock) along the
profile making d11B a good proxy for solving
mass budget equations. In this particular soil
profile, it is estimated by Lemarchand et al. (2012)
that 70% of boron into the upper soil solid phases
is of biological origin. This biological control of
boron isotopes by vegetation in soils is not
observed in Mule Hole despite the importance of
biological cycling in the tropics. The boron
enrichment inMule Hole is attributed byNoireaux
et al. (2017) to the downward migration of boron
and to its fixation onto fine clay minerals while
erosion processes removed the complementary
depleted upper soil profile. Bulk soil data from
Mule Hole show that d11B (Fig. 7.6) is strongly
related to the Al/Si ratio, which is a proxy of the
relative enrichment of clays versus quartz and
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Fig. 7.5 d11B values plotted as a function of B concen-
tration (µg L−1) in rainwaters of Montiers (Eastern
France, Roux et al. 2017), Brest (West France, Millot
et al. 2010), Clermont Ferrand (Center France, Millot
et al. 2010), Dax (South-West France, Millot et al. 2010),
Orleans (Center France, Millot et al. 2010), Paris (Center
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the origin of air masses. The effect of biogenic and/or
anthropogenic contributions are also shown (Figure mod-
ified from Roux et al. 2017)
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unweathered minerals. In a soil profile developed
in Shale Critical Zone Observatory in Pennsylva-
nia, it is shown by Noireaux et al. (2014) that the
loss of boron along the soil profile mimics that of
Al and is attributed to the migration of fine parti-
cleswith no isotope fractionation. All these studies
suggest that grain size is important for under-
standing boron isotope geochemistry in soils. This
effect was addressed in detail by Lemarchand et al.
(2012) in the Strengbach soil profile. The analysis
of different soil granulometric fractions showed
that the finest component (clay) is 2–3 times
enriched in boron compared to the coarsest frac-
tion highlighting the important role of phyllosili-
cates on the budget and mobility of boron in soil
profiles. While the granitic bedrock in the
Strengbach basin has boron concentrations of 30–
40 ppm, the finest clay component can have
100 ppm of boron. In this catchment, the finest
clays appear to be in equilibrium with the modern
day soil solution (d11Bclay−d

11Bsolution = −30‰).
In Mule Hole, by contrast, the clay fraction
appears to be fractionated by about −50‰ and
cannot be in equilibrium with the soil solution
without employing an unrealistic solid-fluid frac-
tionation factor. These few preliminary studies on

the behavior of boron isotopes in soils need to
be generalized and the data incorporated into
evolution models taking into account the
long-term geomorphological history. Nonethe-
less, the existing data clearly demonstrate that
light boron is preferentially incorporated into
secondary soil products and that most of the boron
in soils is contained in clay minerals that are
generally enriched in boron compared to the
bedrock. The idea that the solid phase of the upper
soil profiles can incorporate biologically
processed boron is very interesting and may have
a number of possible paleoenvironmental
applications, in particular for tracing the
feedbacks between life and soil formation in the
past.

7.2.3 Boron Isotopes
at the Catchment Scale

A few recent studies have investigated highly
instrumented catchments (Critical Zone Obser-
vatories, CZO) in which, in addition to stream
water time series, vegetation, soil pore water,
precipitation and groundwater were also investi-
gated. Although preliminary, these studies have
revealed the great potential of boron isotopes to
understand Critical Zone (CZ) processes and
feedbacks, particularly with regard to the
involvement of boron in the biological cycle.

Cividini et al. (2010) investigated the Streng-
bach Basin in Eastern France and Noireaux et al.
(2017) investigated the Mule Hole catchment in
South India. Both basins are forested crystalline
catchments. The Strengbach catchment experi-
ences a cold temperate climate condition while
the Mule Hole catchment has a dry tropical cli-
mate. These studies showed that the behavior of
boron isotopes in the two systems obeys common
rules (Figs. 7.7 and 7.8) despite important dif-
ferences. In both CZOs, boron inputs to the
soil + vegetation system are characterized by a
significant contribution of atmospheric wet
deposition. As indicated earlier, it is still currently
difficult to determine whether boron from the
atmosphere is external (i.e. of marine or
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anthropogenic origin) or internally recycled from
the catchment (biological aerosols, biomass
burning, etc.).

A predominant feature of boron in CZ
observatories is the large flux associated with
vegetation cycling (Fig. 7.7). Although different
in magnitude, in the Strengbach and Mule Hole
watersheds, the recycling flux of boron by veg-
etation is 5–10 times that of boron export by
streams. This turnover of boron in the ecosystem
is similar to that of the major nutrients (e.g. N,
P). The boron flux from the vegetation to the
ground in both cases is almost equally shared
between boron contained in the litterfall and
soluble boron exudated from leaves, leached by
rainfall and reaching the ground (throughfall) in a
soluble form (Noireaux et al. 2017). Boron
issued from soil weathering reactions is negligi-
ble in the Mule Hole watershed while in the
Strengbach, its contribution is almost double that
of the atmosphere.

Interestingly, boron isotopes are highly frac-
tionated between the different CZ compartments.
Figure 7.8 shows that the range of d11B in the
different reservoirs of Mule Hole and Strengbach

CZOs is extremely large and spans 80‰. Over-
all, the picture emerging from CZO studies is that
biomass is significantly enriched in 11B com-
pared to the soil or bedrock minerals and local
rainwater. In the Mule Hole watershed, while the
contribution of mineral weathering is not signif-
icant, the throughfall is 10–15‰ enriched in 11B
compared to rainfall and litter samples (Fig. 7.8),
showing that a major boron fractioning mecha-
nism occurs between boron exudates from leaves
and boron in plant tissue.

In order to assess the importance of biological
recycling on the d11B of runoff water in the
Strengbach basin, soil solutions were sampled at
different depths. They show a characteristic
decrease of boron concentration with depth
indicating absorption in the root zone and con-
firming that boron is a limiting nutrient for plant
growth. Exploiting the very large isotopic shift
between vegetation (30–35‰) and soil minerals
(−25‰), a simple model was developed by
Cividini et al. (2010) to calculate the amount of
boron in the soil solution that is derived from
weathering reactions or involved in vegetation
cycling. In the model, B in the soil solution is
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Fig. 7.7 Fluxes of boron in the two Critical Zone Observatories of Mule Hole (tropical climate) and Strengbach
(temperate climate). In both cases, the recycling flux of boron is more important that the input and output fluxes
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controlled by weathering reactions, atmospheric
input and biological recycling. Mineral dissolu-
tion is assumed to release boron with no isotopic
fractionation while neoformation of secondary
minerals strongly fractionates B isotopes (30‰)
by enriching the solution in 11B. Vegetation
uptake results in limited discrimination between
10B and 11B (−5‰). The results from this simple
approach applied to different depths of the upper
part of the soil profile indicate that the flux of
boron uptake by roots is higher than that released
by weathering at all depths but particularly in the

upper soil layers, where it is recycled from leaf
litter. Both fluxes are coupled along the depth
profiles.

In both the Mule Hole and Strengbach
watersheds, more important contributions of
chemical weathering to deep soils and ground-
water solutions are found (Fig. 7.7). The contri-
bution of the pool of boron released by mineral
dissolution and fractionated by its incorporation
in secondary minerals is variable and depends
upon the hydrological setting. In the Strengbach,
50% of the boron at the outlet of the catchment is
found to originate from groundwater/rock inter-
actions. By contrast, in Mule Hole, most of the
boron exported by the stream is derived from
overland flow, essentially derived from vegeta-
tion that entirely controls the d11B at the outlet.
The boron isotopic composition of boron derived
from groundwater/rock interaction is variable
and regulated by source mineral d11B. Overall, in
the Strengbach, the stream is 45‰ higher in d11B
that the bedrock while in Mule Hole CZO, this
difference is about 60‰, reflecting the much
greater importance of biomass recycling
(Fig. 7.8).

Finally, available studies suggest that d11B in
the soil pore water depends on depth with surface
water more affected by biological cycling than
deeper waters which are more strongly controlled
by weathering reactions. Therefore river d11B
could serve as an interesting tracer of the
hydrological cycle at the catchment scale distin-
guishing between surficial and deeper water
paths both characterized by different residence
time. There may be a great interest at coupling at
the catchment scale boron isotopes with oxygen
and hydrogen isotopes from the water molecule,
or with gaseous tracers of residence times.

7.2.4 Boron Isotopes
in Groundwaters

Boron isotopes have been determined in a wide
range of groundwater types ranging from shallow
to deep water bodies, in combination with source
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Fig. 7.8 Comparison of d11B values in the different
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ries, Mule Hole basin, India (tropical climate) and
Strengbach basin (France). Both show the same trend of
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tracers (Sr isotopes) or other stable isotopic
systems (N, O isotopes). The use of boron in
coastal aquifers is motivated by the contrast in
concentration and isotopic ratio between conti-
nental waters and seawater (Pennisi et al. 2006)
to trace salinization processes (Vengosh et al.
2005). The mobility of boron in hydrothermal
systems also makes it a good proxy for assessing
the hydrothermal contribution to groundwaters
(Millot and Negrel 2007; Millot et al., 2011;
Louvat et al. 2011). In general, groundwaters are
B-rich and concentrations increase as a function
of total dissolved solids. Boron isotopic compo-
sitions are extremely variable, from low crustal
values (0‰) to d11B up to 40–50‰ (Negrel et al.
2002; Lemarchand et al. 2015). There is a broad
agreement that the boron composition of
groundwaters is controlled both by the host
bedrock mineralogy and processes fractionating
boron isotopes, mainly the sorption onto mineral
and organic surfaces and coprecipitation of boron
in secondary minerals. Evaporites of marine
origin are a major source of boron, as well as
organic matter rich-layers (Williams and Hervig
2004). Once released from primary minerals by
dissolution, boron is removed from the solution
by sorption and coprecipitation. Two basic
equations governing the exchange of boron
between solution and mineral or organic surfaces
can be written. Firstly, if a volume of water
containing dissolved boron with an initial con-
centration of dissolved boron [B]T equilibrates
with mineral or organic surfaces:

B½ �sol¼
xR

Kd þxR
B½ �T

where [B]sol is the soluble B concentration, Kd is
the partition coefficient of boron (Kd = [B]ads/
[B]sol) and xR is the water rock ratio. Typical
values for a porosity of 20–30% and a Kd of 20
(Lemarchand and Gaillardet 2006) give the first
order result that 98% of the boron stock is
adsorbed. As a consequence, in groundwaters,
the dissolved B and its isotopic composition are
buffered by the solid phase and subtle changes in
Kd, which vary as function of pH and tempera-
ture for example, can have important effects on

the dissolved phase. This also explains the
chemostatic behavior of B in groundwater-fed
rivers when runoff variations occur (Cividini
et al. 2010). A second equation can be written for
isotopes:

d11Bsol ¼ Kd þxR

aKd þxR
d11BT þ 1000

Kd: 1� að Þ
aKd þxR

where d11Bsol and d11BT (in ‰) are respectively
the boron isotopic composition of the solution at
equilibrium and initially, and a is the averaged
boron isotopic fractionation factor between solids
and solution.

The fractionation factors of boron isotopes
due to adsorption are still poorly known. As
shown in Sect. 7.1, boron sorption onto mineral
or organic surfaces can be viewed as a compet-
itive process between boron species in solution
and complexes of boron forming at the surface.
The simplest model would be to assume that the
borate ion in solution is the only species to sorb
onto mineral or organic surfaces. However, as
shown above, laboratory experiments (Lemarc-
hand et al., 2005, 2007) have shown that this
hypothesis is not tenable and that different sur-
face complexes form depending on the solution
pH and have different partition coefficients
(Kd) and solid-solution fractionation factors.

A model of water-rock interaction, including
water advection and two types of reactions (fast
exchange reactions with surfaces and slow dis-
solution reactions of silicate minerals) was pro-
posed by Lemarchand and Gaillardet (2006) in
the Mackenzie river basin in order to explain the
high d11B measured in the river and its tribu-
taries. The model shows that boron isotopic
ratios are sensitive to weathering rates and
groundwater advection velocity (hence residence
time) and evolve after a given perturbation in two
steps as a result of exchange reactions involving
boron and fractionating its isotopes (Fig. 7.9).
Firstly, ion exchange reactions introduce a
retardation factor by scavenging (or releasing)
boron on (or from) mineral surfaces with asso-
ciated isotopic fractionation. Secondly, after the
perturbation front has passed though the system,
a steady state can be established where the
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isotopic ratio of the solution is no longer con-
trolled by exchange reactions and is only driven
by dissolution reactions. This theoretical model
shows that over a limited period of time, 11B can
become strongly enriched in solution (for
example, in response to an increase of boron by
rock dissolution caused by an abrupt change in
climate conditions), if all other parameters such
as pH, source minerals and temperature remain
constant. The duration of this transient state
depends on the residence time of the solution and
on the adsorption properties of the host rocks.
For a typical groundwater-rock system with res-
idence times of water of 500 yr in the Mackenzie
glacial tills, the dissolved d11B will be dominated
by ion exchange over 10–25 kyr. It was pro-
posed by Lemarchand and Gaillardet (2006) that
the high d11B values measured in the lowland of
the Mackenzie river basin reflect an ancient
perturbation in the weathering rates (associated
with the last deglaciation) that has still not
reached its steady state (Fig. 7.9). Such a sce-
nario strongly depends upon the local hydrology,
water flowpaths and host rock exchange proper-
ties, but it clearly highlights the importance of
exchange reactions in controlling the boron iso-
topic composition of continental waters and the
potentially powerful application of boron iso-
topes in water-rock systems.

In the Wyodak-Anderson coal bed aquifer
(USA), Lemarchand et al. (2015) have modeled
the large range of d11B in the aquifer (15–25‰)
by a simpler model of water-rock interaction
including a pH-dependency of the fractionation
factor between adsorbed and dissolved boron.
Plausible variations in the pH values of the
aquifer between 7 and 8.5 explain the range of
d11B measured in the aquifer with a solid-liquid
fractionation factor of 15‰. The inverse depen-
dence of d11B in aquifers with pH is observed in
a number of aquifers, dominated by exchange
reactions (Fig. 7.10).

This use of B isotopes in groundwater systems
is however still limited by our poor understand-
ing of B sorption mechanisms and associated
isotope fractionation.

7.2.5 Boron Isotopes in River Systems

The few investigated Critical Zone Observatories
for boron isotopes allows us to disentangle some
of the relevant elementary processes in the criti-
cal zone but are not providing any global infor-
mation. The behavior of boron in large river
systems has been investigated by a few studies.
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Due to low concentrations, the analysis of boron
isotopes in river waters has long been a chal-
lenge. Early measurements used pyrohydrolysis
(Spivack et al. 1987) or ion probe (Rose et al.
2000) following evaporation of large volumes of
river water. More recently, a pre-concentration
step has been developed using the B-specific
resin Amberlite IRA 743 (Lemarchand et al.
2002a) in order to purify the necessary amount of
boron for isotopic analysis.

The boron isotopic composition of dissolved
boron in large rivers (Lemarchand et al. 2002;
Spivack et al. 1987; Rose et al. 2000; Chetelat
and Gaillardet 2005; Lemarchand and Gaillardet
2006, Chetelat et al. 2009) shows a wide range of
values (from −6 to 44‰). Figure 7.11 gives a
global picture of the boron input to the ocean and
associated d11B. The flux of B to the ocean
comprises an atmospheric (so called “cyclic”)
component and a probable anthropogenic com-
ponent (Schlessinger and Vengosh 2016). Using
chloride concentration as a proxy for atmospheric

inputs, it has been shown by Rose et al. (2000)
for the Himalayan rivers, Lemarchand and Gail-
lardet (2006) for the Mackenzie, Chetelat et al.
(2009) for the Changjiang river and more gen-
erally for the 22 largest rivers of the world that
the atmospheric input to the global boron budget
is probably <10–20% of the total dissolved
boron, except in coastal rivers where this pro-
portion is much higher (Chetelat et al. 2005). The
anthropogenic boron content of rivers is more
difficult to assess. It is dominant in the polluted
rivers such as the Seine river (Chetelat and
Gaillardet 2005), France, where most of the
boron at the river mouth is anthropogenic. In the
Changjiang river, China, Chetelat et al. (2009)
estimated that about 20% of the dissolved boron
was derived from industrial and farming
activities.

In the Ganges-Brahamapura, Mackenzie and
Changjiang river systems, lithogenic boron in
rivers is mainly derived from silicate weathering
and evaporite dissolution when such lithologies
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are present in the catchment. The contribution of
evaporites and hydrothermal springs to the
Ganges ranges between 10 and 60% of total
dissolved boron (Rose et al. 2000), while this
proportion is lower in the Changjiang river (20%,
Chetelat et al. 2009) and in the Mackenzie river
(<15%, Lemarchand and Gaillardet 2006). In all
cases, carbonate dissolution provides a negligible
contribution to the dissolved B budget, making
boron an excellent tracer for understanding sili-
cate weathering mechanisms and tracing silicate
weathering rates or associated atmospheric CO2

consumption rates.
Due to the abilities of boron to interact with

mineral surfaces and to be incorporated into sec-
ondary minerals, both of which highly fractionate
B isotopes, it is expected that hydrological con-
ditions (runoff/soil water/groundwater inputs) and
weathering regimes (weathering-limited vs.
transport-limited) will have a significant, if not
dominant, effect on setting the dissolved d11B of
rivers. In the Ganges-Brahmaputra river system,
once corrected for evaporite dissolution, Rose
et al. (2000) have shown that the range of d11B in
Himalayan rivers can be interpreted as indicating
the incongruent weathering of Himalayan bedrock
in which dissolved boron is partly retained in
secondary clay minerals. This interpretation
assumes that the fractionation of B isotopes
between the soil solution and the neoformed clay
minerals is pH-dependent as only the borate spe-
cies (whose d11B is pH-dependent) is incorpo-
rated. The high d11B values measured in some
Himalayan rivers are therefore interpreted as being
influenced by a high proportion of B uptake by
secondary minerals and high soil pH values. In
order to delineate the factors influencing the
fractionation of boron in rivers, Louvat et al.
(2011, 2014) investigated rivers draining andesite
in the Lesser Antilles and basaltic rocks in La
Réunion Island. They showed that riverine boron
was influenced by hydrothermal inputs in active
volcanic regions with low d11B and confirmed that
a wide range of d11B could be produced in rivers
not impacted by hydrothermal activity depending
on the weathering regimes and probably the bio-
logical productivity. The highest d11B values
found in the Lesser Antilles and Réunion are

between +30 and 45‰, remarkably similar to the
highest values found in other large tropical rivers
(Congo, Amazon lowland rivers, Niger, Guiana:
in the global river database of Lemarchand et al.
2000). Interestingly, tropical rivers from South
Taiwan (Liu et al. 2012) characterized by
weathering-limited weathering regimes (short
residence time in the soils) do not show such high
values, again suggesting the importance of
weathering regimes. In transport- limited regimes,
both active precipitation of soil clay minerals or
oxides and active biological recycling are possible
mechanisms for producing the high d11B values
observed in tropical rivers but more work remains
to be done, in particular using the CZO facilities to
fully understand what controls the d11B of dis-
solved boron in rivers.

7.2.6 Partitioning of Boron Isotopes
Between Water
and Modern Day River
Sediments

There are few reported data on the boron isotopic
composition of river sediments (Spivack et al.
1987; Chetelat et al. 2009). In the Changjiang
river (Chetelat et al. 2009), 70% of boron is
transported in solid form as suspended sediments
(sand fraction not included) and 30% in solution.
These authors showed that these phases have
distinctly different d11B values (Fig. 7.12), and
that the d11B value of the suspended sediments is
close to the crustal value (around −7‰). In the
Changjiang, Al/B, used as a proxy for the
mobility of boron during chemical weathering
(dissolution vs. reincorporation in secondary
phases) shows a positive correlation with the
difference between the isotopic composition of
the dissolved and suspended loads, suggesting
that the reincorporation of boron in secondary
minerals is controlling the boron isotopic com-
position of the dissolved load. These preliminary
conclusions need to be confirmed and the effects
of grain size and sedimentary recycling carefully
assessed, but available data clearly show that
boron isotopes are fractionated by large scale
continental weathering processes. Following
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Chaussidon and Albarède (1992), boron isotopes
need to be explored as a proxy of
paleo-weathering conditions or to trace the
long-term evolution of the continental crust.

7.2.7 Boron Isotopes in Lakes

Lakes have been investigated for boron isotopes
in a few studies aiming at constraining their
geochemical evolution (Vengosh et al. 1991b,
1991c, 1995; Xiao et al. 1992; Leslie et al. 2014).
The marine versus non marine origin of evapor-
ites in the sedimentary archives have also moti-
vated the investigation of boron isotopes in
modern salt lakes. Boron in lakes has very vari-
able concentrations, ranging from typical values
of 1 µg L−1 to a 0.5 g L−1 in hypersaline lakes
associated with borate deposits and essentially
correlated with alkalinity. The boron isotopic
composition of lakes is also very variable rang-
ing between 0 and 60‰ and overall enriched in
11B relative to continental crust (−7‰). Most
lakes analyzed to date show a positive correlation
between Na/Cl and B/Cl (Leslie et al. 2014), with

the exception of the Australian salt lakes, which
are depleted in B compared to Cl and some lakes
of the Great Basin, Northern America, which
show a strong B enrichment. The boron geo-
chemistry of lakes reflects both the inputs of
boron to the lakes (riverine and groundwater
inputs, evaporite dissolution, hotsprings in active
tectonic settings) and in situ lake processes,
mainly boron adsorption on mineral surfaces.
Depending on the local geology, proximity to the
sea, anthropogenic inputs and lake dynamics
(evaporation, pH, water-sediment ratio, sediment
lithology), large variations of d11B can occur
within an individual lake. In the Great Australian
salt Lakes, Vengosh et al. (1991b) have shown
that the dominant process affecting lake d11B is
the adsorption of boron into clay minerals with
the preferential uptake of 10B, thus causing the
increase of lake d11B. Boron coprecipitation of
saline minerals (10B enriched) also contributes to
increase lake water d11B when evaporation
becomes important (Vengosh et al. 1995).
According to Leslie et al. (2014), two global
trends exist. In most cases, lake d11B values
increase as dissolved boron decreases as 10B is
preferentially lost by adsorption at high solution
concentrations (Antarctica, Dead Sea, Australia).
Other lakes do not show or show a little change
in d11B with B concentration, indicating that B
removal onto surfaces or precipitates is not an
active process (China and Great Basin).

Beyond this diversity of situations, boron
geochemistry in lakes confirms the general idea
that boron is a reactive element in solution, likely
to be sorbed on mineral surfaces and coprecipi-
tated in neoformed minerals, both processes
preferentially enriching the solution in 11B. In
detail, boron residence times in lakes should be
better constrained. There is still an important lack
of experimental data on the determination of the
fractionation factors for the different phases that
scavenge boron in lakes. A theoretical treatment
of how d11B evolves as a function of lake
chemistry and dynamics is currently lacking
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although lakes could be used as an interesting
analogue for understanding how seawater
acquired its composition.

7.3 The Riverine Input of Boron
to the Ocean and Secular
Evolution of the Ocean

7.3.1 The Riverine Input of Boron
to the Ocean

The discharge-weighted average riverine boron
flux based on the 22 largest rivers of the world
(representing 39% of the water discharge to the
ocean) by Lemarchand et al. (2000) is 0.38 Tg
yr−1 with a d11B value of 10‰. Thus, river
waters are enriched in 11B compared to the
continental crust (around −7‰, Chaussidon and
Albarède 1992). A revised value of global
riverine d11B value calculated using the most
recent data from the Changjiang river (Chetelat
et al. 2009) is within error of the Lemarchand
et al. (2000) estimate. Rivers draining active
volcanic areas have high B concentrations and
low d11B due to hydrothermal input. Data from
Louvat et al. (2011) and Louvat et al. (2014)
extrapolated to the global scale indicate that this
continental hydrothermal component may be
significant on the global boron budget. In
Basse-Terre Island (Lesser Antilles), boron con-
centration is hydrothermal springs can be 10–100
times enriched compared to rivers. We lack
precise estimates of the boron content of rivers
from volcanic islands, but if we assume a boron
concentration of only 5 times that of continental
rivers, then, with 10% of the global runoff to the
ocean derived from volcanic areas (Allègre et al.
2010), the seawater input of boron due to vol-
canic islands should be half of the global boron
input to the ocean.

The global sediment flux to the ocean is
12,600 Tg yr−1 (Syvitski et al. 2005). Based on
data from large rivers, the mean boron content of
suspended sediments is 70 ppm (Chetelat et al.
2009), the dissolved flux of boron to the ocean is
augmented by a particulate flux of 0.9 TgB yr−1,

twice the estimate by Schlessinger and Vengosh
(2016). However, this pool of boron is unlikely
to be solubilized in seawater, so only the dis-
solved riverine boron probably affects the secular
evolution of boron in seawater.

The important question for determining the
net input of boron to the ocean and its residence
time is how much of the riverine flux is cyclic
(transiting rapidly through the atmosphere),
compared to how much is anthropogenic and
lithogenic. As shown above, the proportion of
cyclic boron in rivers depends on knowledge of
boron in precipitation, which is hard to assess
because boron exists in the atmosphere both in
gaseous and particulate forms, and to distinguish
between sources and fractionation effects due to
evaporation- condensation processes is difficult.
However, as far as large rivers are concerned, an
upper limit on the contribution of rainwater to
surface waters can be estimated based on Cl
concentrations in rivers, corrected for evaporite
dissolution, where appropriate (Lemarchand
et al. 2002; Lemarchand and Gaillardet 2006;
Chetelat et al. 2009; Rose et al. 2000). Except for
coastal rivers in which most of the dissolved
boron may be of atmospheric origin (Chetelat
et al. 2005), the atmospheric input of B to the
global river flux does not exceed 15%. The input
of anthropogenic B is variable and only a few
rivers have been investigated in detail. In the
Seine river, both B concentration and isotopic
signatures of B show that most of the dissolved
boron is anthropogenic (Chetelat and Gaillardet
2005) while in the Mackenzie river, this com-
ponent is negligible (Lemarchand and Gaillardet
2006). In the Changjiang river, Chetelat et al.
(2009) have estimated that 20% of the dissolved
boron in the river is of anthropogenic origin.
These conclusions are not consistent with the
idea proposed by Schlessinger and Vengosh
(2016) that 80% of the boron transferred from
land to sea each year is anthropogenic and the
riverine signal from chemical weathering is
minor. More work is needed to estimate the
global anthropogenic contribution of boron in
rivers and thus to the ocean but the global flux of
0.38 TgB yr−1 proposed by Lemarchand et al.
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(2000) is in good agreement with the Na flux to
the ocean derived from rock weathering (Gail-
lardet et al. 1999) and estimates of the crustal
B/Na crustal ratio (Li et al. 2000).

7.3.2 Boron as an Integrated Tracer
of Global Weathering
and Erosion

Two main processes of boron removal in the
ocean are adsorption onto sedimentary clays
carried to the ocean by rivers and derived from
the physical erosion of continents and coprecip-
itation with clays during burial diagenesis (Sch-
warz et al. 1969; Palmer et al. 1987). As
adsorption and coprecipitation of boron prefer-
entially incorporate the light isotope (Palmer
et al. 1987; Williams et al. 2001a), these mech-
anisms have first been invoked to explain why
the ocean has a high d11B (39.61‰, Foster et al.
2010). Lemarchand et al. (2000) have proposed
an ocean model for boron isotopes in which the
inputs of boron to the ocean are rivers
(0.38 TgB yr−1), hydrothermal fluids at the sea
floor (0.04 TgB yr−1) and the expulsion of dia-
genetic fluids from accretionary prisms
(0.02 TgB yr−1). The oceanic output fluxes of
boron considered by Lemarchand et al. (2000), in
addition to boron sorption and coprecipitation
with clays (0.13 TgB yr−1), are the consumption
of boron during the low-temperature interaction
of seawater with basalts and gabbros from the
oceanic crust (0.27 TgB yr−1) and the coprecip-
itation in carbonates (0.06 TgB yr−1). Since this
study, there have not been major changes in the
oceanic B flux estimates or any new suggestions
for other sources and sinks. More recent data
from Staudigel et al. (2013) have confirmed that
weathering of the oceanic crust is a net sink of
boron. The new estimate of the sediment flux to
the ocean from Syvitski et al. (2005) of
12,600 Tg yr−1 also has no implication for the
value of the oceanic sink of boron due to sorption
onto clay surfaces.

It is important at this stage to emphasize that
the boron oceanic cycle is closely linked to

terrestrial weathering processes. The dominant
flux of boron to the ocean is the release of boron
by chemical weathering of terrestrial surfaces
and the dominant removal fluxes are linked to
mechanical erosion of terrestrial rocks. Both
processes have been shown to be coupled
(Gaillardet et al. 1999; West et al. 2005) and
therefore this makes boron isotopes in the ocean
a very good integrated proxy of water-rock
interaction on Earth.

Based on the above fluxes, Lemarchand et al.
(2000) showed that boron in the ocean is at
steady state (within error), which means that the
sum of the input fluxes to the ocean equals that
the output fluxes. They then proposed a very
long residence time value for boron in the ocean,
14 Myr, consistent with the homogeneity of
boron concentration and isotopic composition in
the modern ocean (Foster et al. 2010) and
implying that the boron isotopic composition of
seawater could have only varied if significant
variations of the main input (chemical erosion) or
output fluxes (physical erosion and oceanic crust
production) occurred. Simon et al. (2006)
developed a model evaluating the sensitivity of
seawater d11B to oceanic crust production and
the water/rock ratio during seawater-crust inter-
action and concluded, like Lemarchand et al.
(2000), that the d11B of the ocean has probably
reached a steady state with the modern crustal
production rate of 3 cm yr−1, a seawater-crust
ratio between 1 and 3 and a B residence time in
the ocean of 10 Myr.

It is important to stress here, however, that the
oceanic cycle of boron is still under-constrained
and that future investigations should particularly
focus on a better understanding on boron sorption
mechanisms onto clays and oxides and on the
behavior of boron in sedimentary basin during
burial diagenesis. The importance of clay recrys-
tallization during diagenesis and the importance of
sedimentary organic matter as a source for boron
in sedimentary fluids have been suggested by
Williams et al. (2001b) and Williams and Hervig
(2004). The importance of organic matter for the
oceanic boron cycle mirrors its role in the boron
cycling at the watershed scale as stressed above.
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7.3.3 The Secular Evolution of Boron
Isotopes in the Ocean

As boron in the ocean is mostly influenced by
continental weathering processes, the secular
evolution of boron isotopes in the ocean is of
central interest for exploring the denudation
history of the Earth. In addition, boron isotopes
in marine carbonates are widely used as a tracer
of paleo-acidity (see Chap. 5), which requires the
knowledge of the d11B of seawater at the time of
carbonate precipitation. Based on modeling the
d11B in ancient carbonates, several attempts have
been made to reconstruct the secular evolution of
seawater d11B. Pearson and Palmer (2000) used
the difference in d11B in planktonic forams
sampled at different water depths to circumvent
the problem of having two unknowns (ocean
d11B and pH) for one equation. Assuming no
significant changes in ocean productivity over
time, they deduced the secular evolution of d11B
in seawater (Fig. 7.13). Foster et al. (2012) used
the changes in the difference between carbonate
d13C and d11B to constrain the pH gradient with
depth and infer d11B seawater values at the
Eocene Oligocene transition. Raitzsch and Hön-
isch (2013) analyzed benthic forams covering the
last 50 Myr and clearly showed that the deep-
water pH calculated from these data is unrealistic
if the d11B of the seawater remained constant. By
using modeled pH values of ocean deep water,
they proposed a d11B secular curve of the ocean
(Fig. 7.13). Recently, Greenop et al. (2017)
applied the method of Foster et al. (2012) for the
last 23 Myr and produced a new curve of secular
seawater d11B evolution. All these methods,
based on carbonate d11B, suffer from uncertain-
ties (see Greenop et al. 2017 for a review of these
uncertainties) and are model-dependent but are
nethertheless similar to the theoretical curve
calculated by Lemarchand et al. (2000). Using a
very simple box model, these authors deduced
the d11B of seawater over the last 50 Myr based
on plausible secular evolutions of physical ero-
sion, continental runoff, seafloor spreading rates
and carbonate precipitation over the last
100 Myr. They showed that seawater d11B vari-
ations of the ocean should be expected as a result

of the formation of the Himalaya and Tibetan
plateau and the high sediment flux generated by
the India-Eurasia collision. The re-estimation of
oceanic crust production by Cogné and Humler
(2004) reinforced the idea that the d11B of the
ocean is mainly controlled by terrestrial weath-
ering and erosion processes. Since 50 Myr, cal-
culated seawater d11B is estimated to have
increased from 36.5 to 39.6‰ due increased
scavenging of 10B in the ocean due to enhanced
sediment production (Fig. 7.13). Increased
denudation (D) implies an increase in both the
dissolved (W) and particulate (P) river fluxes,
which means, from a B isotope perspective, an
increase of 11B delivery to the ocean and greater
10B removal within the ocean, both mechanisms
contributing to an increase in the d11B of sea-
water. It is interesting to note that such an
increase is compatible with the decrease of global
W/W + P ratios over the Cenozoic inferred by
the evolution of Li isotopes in the ocean
(Hathorne and James 2006; Misra and Froelich

Fig. 7.13 Estimated boron isotopic composition of the
Cenozoic seawater. Different approaches were used
including measurements and models. Blue zone is from
Raitzsch and Hönisch 2013; green line from Greenop
et al. (2017); red stars from Pearson and Palmer (2000),
gray zone from Paris et al. (2010) and black line from
Lemarchand et al. (2000). The increase of the global
sediment flux to the ocean over the last 60 Myr is shown
for comparison, taken from Li and Elderfield (2013) in
deep purple and Lemarchand et al. (2002) in light purple.
These curves represent the global continental denudation
and influence the boron isotopic budget in the ocean via
adsorption onto solid surfaces (preferentially sequestrat-
ing 10B)
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2012; Dellinger et al. 2015; Pogge von Strand-
mann and Henderson 2015, Greenop et al. 2017).

None of the above indirect approaches is
devoid of uncertainties. So far, the only study
that have attempted to measure the d11B directly
in ancient seawater is from Paris et al. (2010).
These authors measured boron isotopes in sea-
water fluid inclusions in carefully selected halite
from the geological record. They reported a
much steeper evolution of d11B in the ocean over
the Cenozoic than the previous estimates
(Fig. 7.13), increasing from 32‰ to the modern
value (40‰) over the last 40 Myr. The
hypotheses sustaining this work are that fluid
inclusions sampled seawater unaffected by
evaporation processes (a hypothesis checked on
modern halite samples) and that boron did not
react within the fluid inclusion after deposition.
According to Raitzsch and Hönisch (2013), the
evolution of seawater d11B proposed by Paris
et al. (2010) is not compatible with reconstruc-
tions of Cenozoic deep water pH as this would
have implied massive precipitation of carbonates
at the Eocene-Oligocene boundary which is at
odds with observations of the paleo-CCD (Car-
bonate Compensation Depth).

7.4 Conclusion

This review of the behavior of boron and boron
isotopes in the terrestrial weathering environment
demonstrates their great potential for under-
standing the processes that transform rock into
soil and ecosystem dynamics. Boron is a nutrient
and has an important affinity for mineral and
organic surfaces. Although data sets are still
limited, biological cycling and soil formation are
the principal processes that fractionate B iso-
topes, making boron a useful tool for under-
standing the processes that shape the Critical
Zone. More work is urgently needed to better
constrain experimentally the fractionation factors
of boron isotopes in the weathering environment
and to better assess the atmospheric and biolog-
ical sub-cycles.

Given the long residence time of B in the
ocean, the secular evolution of boron isotopes in

the seawater records terrestrial evolution of life
and soil processes and so, indirectly, the con-
sumption of atmospheric CO2 by chemical
weathering. As seawater d 11B is highly sensitive
to global weathering and denudation (though
rivers) and because of the importance of boron
isotopes in carbonates for reconstructing ocean
paleo-acidity and atmospheric paleo-CO2 levels,
the reconstruction of past seawater d11B is really
a research priority.
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8Boron Isotopes in the Ocean Floor
Realm and the Mantle

Horst R. Marschall

Abstract
This chapter reviews the boron isotopic composition of the ocean floor,
including pristine igneous oceanic crust such as mid-ocean ridge basalts
and ocean island basalts and their implications for the B isotopic
composition of the mantle. The chapter further discusses the B isotopic
effects of assimilation of altered crustal materials in mantle-derived
magmas. The systematics of seawater alteration on oceanic rocks are
discussed, including sediments, igneous crust and serpentinization of
ultramafic rocks and the respective marine hydrothermal vent fluids. The
chapter concludes with a discussion of the secular evolution of the B
isotopic composition of seawater.

Keywords
Boron isotopes � Oceanic crust � Alteration � Vent fluids � Mantle
Seawater

8.1 Introduction

The oceanic crust plays a key role in global
geochemical cycles in several ways. Oceanic
crust formation is the prime process of magma
extraction from the mantle. Intense interaction of
seawater with the lithosphere, particularly along
the world’s 65,000 km long mid-ocean ridge
system, affects both seawater chemistry and the
composition of the crustal rocks, as well as sec-
tions of the oceanic mantle (e.g., German and Lin
2004; Karson et al. 2015). The oceanic crust and
part of the lithospheric mantle modified by
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interaction with the hydrosphere plus its sedi-
ment load are eventually subducted along the
convergent plate margins, introducing chemical
and isotopic heterogeneities into the mantle (e.g.,
Elliott et al. 1997; Jackson et al. 2007; Marschall
and Schumacher 2012). Subduction of oceanic
crust triggers the production of
convergent-margin magmas that determines the
composition of the newly produced continental
crust today and probably throughout parts of
Earth’s history (e.g., Reymer and Schubert 1984;
Dhuime et al. 2012). Ideal geochemical tracers
that can be employed to detect and quantify these
exchange processes should show large disparities
in abundances among seawater, crustal rocks,
sediments, altered rocks of the seafloor and the
mantle, and should possess isotopic signatures
that are strongly fractionated among the mantle,
crust and hydrosphere.

Boron fulfils these criteria better than most
other elements. It is a quintessentially crustal
element with high concentrations in rocks of
continental affinity and in rocks that interacted
with the hydrosphere. Oceanic sediments,
low-temperature altered oceanic basalts, and ser-
pentinites show very high B abundances (10–200
lg/g), whereas the depleted mantle is charac-
terised by very low B contents (<0.1 lg/g; Lee-
man and Sisson 1996). Fractionation of the two
stable isotopes of boron 10Bð and 11BÞ at low
temperatures is responsible for surface reservoirs
that are enriched in boron with a 11B-rich isotopic
composition, and seawater is at the high end of
the isotopic scale (Palmer and Swihart 1996).

Boron isotope analyses of pristine, unmeta-
somatised mantle samples has not been achieved
yet, due to analytical limitations relative to the
level of precision required for a geologically
meaningful interpretation. However, fresh
basaltic glasses erupted at mid-ocean ridges have
been used to indirectly determine the boron ele-
mental and isotopic composition of the con-
vecting mantle, and ocean-island basalts have
been investigated to identify possible recycled
crustal materials in the mantle (Chaussidon and
Jambon 1994; Chaussidon and Marty 1995;
Marschall et al. 2017).

This chapter summarizes the boron isotope
characteristics of the ocean-floor realm, including
fresh and altered igneous crust and its connection
to the mantle, as well as oceanic sediments and
serpentinized ultramafic rocks exposed at the
seafloor. Boron in hydrothermal vent fluids are
reviewed for their bearing on seafloor alteration,
and a brief summary of the secular change in the
boron isotopic composition of seawater is given.

8.2 The Oceanic Crust

Approximately two thirds of the Earth are cov-
ered by large ocean basins submerged under, on
average, a 4000 m deep layer of water. The
oceanic crust is dominated by basalts, gabbros
and exposed mantle rocks and has a limited age
of approximately 0–200 Ma due to constant
recycling (e.g., Müller et al. 2008). This contrasts
with the elevated continents that comprise a
diverse rock record spanning a very long history
over billions of years (e.g., Dhuime et al. 2012).
The oceanic crust is constantly formed at the
mid-ocean ridges from where it drifts away, ages
and is eventually subducted into the mantle at
convergent plate margins. The processes operat-
ing at mid-ocean ridges are, therefore, central to
the formation of the crust and key to under-
standing of its general structure and diverse types
of crustal accretion process that have been dis-
tinguished (e.g., Reynolds et al. 1992; Dick et al.
2003; Escartín et al. 2008).

The textbook model for the structure of
fast-spreading oceanic crust is the classic “Penrose
model”, named after the GSA 1972 Penrose Field
Conference, where it was defined for the idealized
structure of ophiolites (e.g., Dilek 2003). It con-
sists of mantle and ultramafic cumulates at the
bottom, overlain by successive layers of magmatic
rocks, including gabbro, sheeted dikes and lava
flows (sheets and pillows), and a top layer of
siliceous and carbonaceous sediments. At
slow-spreading ridges the spreading has a much
larger tectonic component with disruption of the
magmatic layers and exposure of serpentinized
mantle at the seafloor (e.g., Dick et al. 2003).
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Boron abundances and isotopic compositions
have been analysed for all the above-mentioned
rock types and provide a picture of the boron
isotopic inventory of the ocean floor.
Hydrothermal activity, low-temperature alter-
ation and weathering effectively mobilize boron
and strongly influence the B isotopic composi-
tion of the affected rocks. These alteration pro-
cesses have been studied through the
investigation of altered rocks, hydrothermal vent
fluids, and through laboratory experiments.

8.3 Mid-Ocean Ridge Basalts

Basaltic melts erupted along the global
mid-ocean ridges are readily quenched to glass at
contact with seawater, thus preserving the geo-
chemical patterns of the melt that may otherwise
be disturbed by crystallization and alteration
processes in slower-cooled, crystalline rocks.
Mid-ocean ridge basalt (MORB) glasses have,
thus, been extensively used to decipher the
composition of mantle-derived magmas and the
composition of their sources, i.e. the upper,
depleted, convecting mantle (e.g., Sun et al.
1979; Hofmann 1988; O’Neill and Jenner 2012).

The boron isotopic composition of unaltered
MORB glasses has been investigated in several
studies (Fig. 8.1) starting with Spivack and
Edmond (1987). These authors analysed two
samples from the East-Pacific Rise (EPR) result-
ing in a d11B of −3.0 ± 2.0‰. Ishikawa and
Nakamura (1992) investigated a number of
basaltic rocks from ODP Hole 504B (Galapagos
Spreading Center) that showed variable degrees
of hydrothermal alteration. They extrapolated the
alteration trend back to the least altered sample
and argued that d11B ¼ þ 0:2‰ was represen-
tative of fresh MORB.

Chaussidon and Jambon (1994) analysed 17
MORB glasses from the EPR, the Mid-Atlantic
Ridge (MAR) and the Red Sea and found d11B to
range from �6:5 to −1.2‰ with a mean of
−3.9 ± 3.3‰. These authors observed a similar
range of values in back-arc basin basalts and
ocean-island basalts (OIB; see below). Based on

K2O, H2O, MgO and B content, as well as
87Sr=86Sr and 2H=1H ratios, they argued that the
B isotope range observed in the oceanic basalts
were not reflecting mantle source heterogeneities,
but were due to the assimilation of
seawater-altered materials by the magmas
beneath the ridge prior to eruption. Chaussidon
and Jambon (1994) argued that a value of
d11B ¼ �7:0� 1:0‰ is most representative of
the upper mantle.

Moriguti and Nakamura (1998) analyzed two
rock samples from ODP Hole 648B (MAR) with
d11B ¼ �5:3� 0:2‰, and le Roux et al. (2004)
analyzed four glass samples from the EPR
resulting in d11B ¼ �7:3� 0:8‰ (Fig. 8.1).

Roy-Barman et al. (1998) investigated Os and
B isotopes of six MORB glasses from the MAR,

-14

-12

-10

-8

-6

-4

-2

0

+2

S
&

E
-1

98
7;

 n
=

2 

I&
N

-1
99

2;
 n

=
1

C
&

J-
19

94
; n

=
17

 

M
&

N
-1

99
8;

 n
=

2

le
R

-2
00

4;
 n

=
4 M

-2
01

7;
 n

=
56

δ11
B

 (
‰

)

R
B

-1
99

8;
 n

=
6

G
-2

00
7;

 n
=

16

glass

whole rock

glass (ass.)

publication year

Fig. 8.1 Boron isotopic composition of unaltered,
uncontaminated MORB as determined through analyses
of MORB glass (yellow) and whole-rock samples (green).
Elevated d11B values were found in MORB at various
localities and were demonstrably related to assimilation of
altered crust into the magmas beneath the ridge (pink
ass. = assimilation). Sources are: S&E-1987 = Spivack
and Edmond (1987), I&N-1992 = (Ishikawa and Naka-
mura 1992), C&J-1994 = Chaussidon and Jambon
(1994), RB-1998 = Roy-Barman et al. (1998),
M&N-1998 = Moriguti and Nakamura (1998),
leR-2004 = le Roux et al. (2004), G-2007 = Gannoun
et al. (2007), M-2017 = Marschall et al. (2017). ‘n’ refers
to the number of unaltered MORB samples analyzed in
each study
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Central Indian Ridge and the EPR. They showed
that radiogenic Os is found in samples that also
show isotopically heavy B, most likely intro-
duced by assimilation of altered crust. Their two
MORB samples with 187Os/188Os\0:135 have a
d11B value of −10.3 ± 2.2‰, which they take as
representative of the uncontaminated mantle,
following Chaussidon and Marty (1995).

Gannoun et al. (2007) also completed a
combined Os and B isotope study and analysed
16 MORB glasses from the EPR, MAR and the
South-West Indian Ridge (SWIR). They too
found a covariation of radiogenic Os with iso-
topically heavy B, interpreted as a sign of
assimilation of seawater-altered crust by the
magma. This led to d11B values of as high as
+2.1‰. The glasses with the lowest
187Os/188Os \0:135ð Þ have d11B values between
�8:7 and −6.2‰.

Marschall et al. (2017), the most recent and
comprehensive study so far, investigated 56
MORB samples from the northern and southern
MAR, the SWIR and from three sections of the
EPR. Magma assimilation of altered crust (or
seawater, or brines) was identified through ele-
vated chlorine contents and Cl/K ratio. A subset
of 40 samples with Cl/K\0:08 was identified to
represent uncontaminated MORB and was used
to determine the mantle-derived boron isotopic
compositions of the various ridge segments. The
mean of the six different investigated ridge sec-
tions for samples with Cl/K\0:08 was
−7.1 ± 0.9‰ (2 standard deviation; Fig. 8.1).
The majority of the low-Cl/K samples show d11B
values between �8:5 and −6.0‰ with no
resolvable differences among the various inves-
tigated ridge sections, and without any correla-
tion with Cl, Li or B contents (Marschall et al.
2017). Samples from diverse localities, such as
the southern MAR, the SWIR and the various
sections of the EPR all showed indistinguishable
normal distributions around the mean value of
−7.1‰. Furthermore, no correlation was found
between d11B and geochemical parameters that
indicate the degree of depletion or enrichment of
the mantle source of the MORB magmas, such as

La=Sm, Ba=TiO2, or Zr=Y. Boron isotopes also
did not show any systematic variation with
radiogenic isotope ratios, such as those of Sr, Nd
or Pb (Marschall et al. 2017). Assimilation of
altered crust, brines or seawater into the magmas
at the ridge produced elevated Cl and B contents
and d11B values of as high as −2.2 ± 1.7‰.

Shaw et al. (2012) presented H and B isotopes
of 7 MORB glasses from the Manus basin with
d11B value from −10.8 ± 1.0‰ to −3.1 ± 1.0‰
that correlate positively with dD. However, the
Manus basin is very complex with possible
influences of a plume, subducted slab, and a
back-arc system, so that the isotope values of
these samples are not representative of MORB
produced at an open-ocean spreading center
(Shaw et al. 2012).

Any comparison of all these d11B values pub-
lished by a number of authors from different lab-
oratories and determined by various analytical
techniques need to take the analytical limitations
into account. Well-established silicate reference
materials for B isotope analysis only became
available relatively recently (e.g., Jochum et al.
2006), and analytical protocols have been
improved over the past two decades
(e.g., Aggarwal et al. 2009; Foster et al. 2013,
2017; Marschall and Monteleone 2015). Dis-
crepancies among the different studies from the
1980s and 1990s cited above and displayed in
Fig. 8.1 at the level of 5‰ or less are not likely to
be significant, given the level of accuracy,
inter-laboratory comparability and lack of inter-
nationally distributed B isotope reference materi-
als. Nonetheless, these studies established that the
d11B value of fresh, uncontaminated MORB most
likely had to be between approximately �12 and
0‰. Today, the best estimate for the d11B of
uncontaminated MORB is −7.1 ± 0.9‰, and it is
homogenous in boron isotopes on the level of
current analytical precision and accuracy. It is
further concluded that assimilation of seawater or
seawater-altered materials produces elevated d11B
values as observed in a number of MORB glass
samples (Chaussidon and Jambon 1994;
Marschall et al. 2017; Fig. 8.1).
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8.4 Ocean Island Basalts

Ocean island basalts (OIB) exhibit chemical and
isotopic characteristics that distinguish them from
the basalts typically erupted at mid-ocean ridges
(Hofmann 1997, 2003). MORB represent the
composition of the convecting upper mantle, and
the excursions of the OIB from the MORB field
require the existence of chemically, isotopically
and possibly mineralogically distinct domains in
the Earth’s mantle (i.e., in the source of these OIB)
that persist over hundreds of millions to billions of
years (e.g., McKenzie and O’Nions 1983; Zindler
and Hart 1986; Stracke et al. 2005).

The genesis of the enriched components in the
mantle is a long-standing matter of debate, and
various hypotheses have been put forward to
explain their origin. One possibility is that radio-
genic parent-daughter trace elements were frac-
tionated in the mantle itself or by interaction of
mantle and core (e.g., Vidal and Dosso 1978;
Allègre et al. 1980; Menzies and Wass 1983;
Halliday et al. 1990; Collerson et al. 2010).
However, most studies favor subducted slabs as
the origin of the enriched components inOIB (e.g.,
Chase 1981; Hofmann and White 1982; Weaver
1991; Jackson et al. 2007; Nebel et al. 2013).

The establishment of the connection between
recycled surface materials and OIB and its
quantification in terms of timescales and mass
fractions is of foremost importance to the geo-
sciences, as it would enable us to use the geo-
chemical tracers in OIB to inform models on
mantle convection and the long-term evolution of
the crust-mantle system (c.f., van Keken et al.
2002).

The interpretation of radiogenic isotope data
are complicated by the fact that isotope signa-
tures naturally evolve differently with time
depending on the parent/daughter abundance
ratios in any particular mantle domain. This
generally leaves a range of possible interpreta-
tions for the measured data with respect to resi-
dence time and mixing and convection
mechanisms. The possibility of parent/daughter
fractionation in the mantle adds ambiguity to

radiogenic isotope signatures as tracers of recy-
cled material.

An alternative tool to radiogenic isotopes are
stable isotope ratios. These do not change over
time and, hence, remove the uncertainty of
time-dependent evolution models. Also, stable
isotope fractionation is strong in crustal materials
at the surface, but small or negligible in the hot
mantle and in differentiating magmas. Stable
isotope signatures of erupted lavas can, therefore,
be interpreted to reflect mantle heterogeneities
produced by recycled surface materials.

Boron stable isotopes in OIB have been
employed by a number of studies in an attempt to
identify recycled materials in their mantle sources.
Analyses of B isotopes in OIB are less difficult and
slightly more precise than B isotope analyses of
MORB glasses, because many have higher B
abundances by a factor of two to three (e.g., Ryan
and Langmuir 1993). However, this does not
apply to all OIB samples. In addition, two major
obstacles have caused difficulties for the inter-
pretation of the data, or demand cautiousness
towards the interpretations proposed in the pub-
lished studies discussed in more detail below:

(1) The boron isotopic composition of the upper
mantle was not well defined in the past, and
some studies have discussed the OIB data
relative to a d11B value for the depleted
upper mantle higher than −7‰; such ele-
vated d11B values in MORB have been
identified as produced by shallow magma
assimilation of seawater-altered materials
and are not accepted as representative of the
MORB mantle (see discussion above). An
incorrect geochemical “baseline” for the
mantle, i.e., for the mantle that does not
contain recycled materials, inevitably leads
to misinterpretations of data on possibly
exotic mantle domains.

(2) Assimilation of even small amounts of
hydrothermally altered materials by the OIB
magmas during their ascent through the crust
can influence their B isotopic composition, in
which case the measured signal is no longer
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representative of the composition of the
mantle source. This, on the other hand,
makes B isotopes a sensitive indicator for
crustal assimilation in basalts and they have
been employed in OIB studies for this
purpose.

The largest number of studies were completed
on samples from Hawai’i and Iceland, with only a
few published data from other ocean islands.
Chaussidon and co-workers presented boron
isotope data from Hawai’i and Iceland, as well as
Galapagos, St. Helena, MacDonald seamount,
and Afar (Fig. 8.2; Chaussidon and Jambon
1994; Chaussidon and Marty 1995; Gurenko and
Chaussidon 1997; Roy-Barman et al. 1998).
These studies consistently show positive corre-
lations of d11B values and indicators of assimi-
lation of low-temperature altered crust, such as
increasing dD values or radiogenic Os. Decreas-
ing MgO contents that correlate with increasing
d11B indicate combined assimilation and frac-
tional crystallization (Chaussidon and Jambon
1994). A second trend is observed in samples
from subaerial volcanoes with d18O values below
that of uncontaminated mantle indicating assim-
ilation of crust altered by high-temperature
meteoric fluids: these samples show lower d11B
values than MORB-source mantle, as low as
−14.6 ± 3.0‰ (2SE) in samples from Afar
(Fig. 8.2; Chaussidon and Marty 1995). The least

contaminated OIB with the highest 3He=4He
ratios are taken as representative of the
OIB-source mantle with a relatively homoge-
neous d11B value for all investigated localities of
−10 ± 2‰ (Fig. 8.2; Chaussidon and Marty
1995). No boron isotope mantle heterogeneities
are indicated in these studies and all excursions to
high or low d11B values are demonstrated to be
caused by assimilation of altered crust.

Hawai’i whole-rock isotope data from three
different shield stages (Kilauea, Mauna Loa and
Koolau) showed a very narrow range in d11B
values from �5:4 to −3.0‰ for 25 samples
(Fig. 8.2; Tanaka and Nakamura 2005).

The three stages show slightly different d11B

values of −5.1 ± 0.6‰ for Koolau, −4.0 ±

0.6‰ for Kilauea, and −3.4 ± 0.6‰ for Mauna
Loa. Seawater-alteration and assimilation of
altered crust were excluded as causes of these
isotopic variations, because they do not correlate
with B content nor with fractionation indicators
(Tanaka and Nakamura 2005). Radiogenic iso-
topes show variations among these three Hawai’-
ian volcanoes, and the authors interpret the
variation as a range between MORB-source
mantle and deeply subducted sediments with a
low d11B value. However, they take a value of
−3.3‰ for the unmodified MORB-source mantle
and argue that values between approximately �4
and −5.4‰, as observed in the Kilauea and Koo-
lau lavas, would require a recycled sediment
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component. This model has to be reversed, how-
ever, if a d11B value for the MORB-source mantle
of approximately −7.1‰ is accepted, and a com-
ponent with isotopically heavy B is required,
instead, to explain the data for all three Hawai’ian
volcanic centers.

In a very similar way, Kobayashi et al. (2004)
interpreted data from melt inclusions in
orthopyroxene and plagioclase from Hawai’i (28
analyses from 5 different samples, most of which
were also analyzed by Tanaka and Nakamura
2005). Their data range from −10.5 ± 2.5‰ to
+5.2 ± 2.6‰ (Fig. 8.2). The authors use a d11B
reference value of −3 ± 3‰ for MORB-source
mantle and interpret all observed values higher
than that as due to assimilation of altered
Hawai’ian crust into the magma (Kobayashi et al.
2004). Values lower than −6‰ are taken as
evidence for deeply recycled ancient subducted
crust; however, there are no data that are signif-
icantly lower than the more recently suggested
d11B value for the MORB-source mantle
(−7.1 ± 0.9‰; Marschall et al. 2017), suggest-
ing that all data may be explained by melts
derived from mantle without an unusual B iso-
topic composition, and that the observed range
may be due to various degrees of assimilation of
altered crust. Kobayashi et al. (2004) also report
a wide range of Li isotopes in the melt inclu-
sions, but these would have to be revisited in the
light of kinetic isotope fractionation during dif-
fusion of Li in and out of the melt inclusions after
entrapment.

A parallel story can be told about the Azores
hot-spot lavas; initial boron isotope data from the
Azores were interpreted to indicate deeply recy-
cled oceanic crust based on an assumed
MORB-source mantle value of −4.6‰ and the
idea that the lowest observed d11B values of
−7.6 ± 1.0‰ would require a mantle component
enriched in isotopically light B relative to the
MORB source (Turner et al. 2007). A more recent
study on the Azores (that involved some of the
same authors) that included a larger number of
samples from a larger number of islands in the
archipelago also did not report any d11B lower
than MORB source mantle (as defined by

Marschall et al. 2017), but a range of very high
values of up to +11.8‰without any correlation to
the observed range in radiogenic isotopes (Gen-
ske et al. 2014). The authors conclude that boron
isotopes do not indicate mantle heterogeneities in
the Azores, but that they are in general a very
good tool to distinguish between different crustal
assimilation processes in ocean-island basalts
(Genske et al. 2014).

Gurenko and Kamenetsky (2011) found a
range of d11B values from −11.5 ± 5.4‰ (2SD)
to +15.6 ± 4.8‰ in olivine melt inclusions from
Gorgona island komatiites, Columbia. The low-
est d11B values are not significantly lower than
MORB. The strongly elevated values that were
observed were suggested to be due to hydrous
metasomatism in the mantle source, rather than
assimilation of altered crustal materials or brines
by the ascending magma. This conclusion sup-
ports the model of komatiite formation by
hydrous melting of the mantle rather than dry
melting under extremely high temperatures
(Gurenko and Kamenetsky 2011). The authors
suggest that the mantle source was metasoma-
tized by fluids derived from a subducting slab,
which delivered isotopically heavy boron to the
mantle source of the komatiites.

Boron isotope studies on various volcanic
eruption products from Iceland revealed that
assimilation of altered crust, as well as partial
melting of altered crust may produce a large
range of B isotopic compositions. Rose-Koga
and Sigmarsson (2008) found the lowest d11B
values (approximately −5‰; Fig. 8.2) in basalts
with mantle-like O isotopic composition. In
contrast, strongly elevated d11B values (up to
+17‰) were found in rhyolites with low d18O

values and low 230Th=232Th ratios. The series of
rocks are interpreted as mixing between
mantle-derived basalts and crustal rhyolites
derived from melting of hydrothermally-altered
basalts (Rose-Koga and Sigmarsson 2008).
Brounce et al. (2012) investigated
plagioclase-hosted basaltic melt inclusions and
basaltic matrix glass from the Laki Fissure
eruption. They found d11B values in both groups
of samples that range from mantle-like
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(−7.8 ± 4.2‰) to enriched in the light isotope
d11B ¼ �16:9� 4:1
�

‰; Fig. 8.2). The latter
were interpreted to be affected by assimilation of
crustal materials into the magma that were
altered by deeply-circulating meteoric water
(Brounce et al. 2012). This interpretation is
supported by volatile abundance analyses and by
reports of low-d11B altered crust from the Ice-
landic Deep Drilling Project reported by Raffone
et al. (2010).

In summary, the range of OIB samples
investigated to date show a relatively wide range
of d11B values. These excursions from the B
isotopic composition of uncontaminated MORB
is, to a large degree, generated by assimilation of
crustal materials into the ascending magma.
These crustal materials were altered by seawater
or meteoric fluids and are enriched in isotopically
heavy or light boron, respectively. Consequently,
the identification of B isotopic heterogeneities in
the mantle source of OIB is not easy, but may be
achievable through combinations of various iso-
tope and trace-element systems. Such uncon-
taminated mantle sources were suggested for
Hawai’i with d11B values of approximately
−4 ± 1‰ and for a range of other localities with
values of −10 ± 2‰ (Fig. 8.2). It can, therefore,
be concluded from all studies completed to date
that the global d11B range of uncontaminated
OIB is restricted to within four or five per mil of
the d11B value of uncontaminated MORB, i.e.,
between �12 and −3‰ (Fig. 8.2).

8.5 The Mantle

The boron isotopic composition of the mantle has
not been analyzed directly. The first reason for
this lack of data is that the abundances of B in
unmetasomatized mantle rocks are too low to be
analyzed with currently available methods to
yield a precision and accuracy that would be
geologically meaningful; the second reason is
that it is very difficult to identify mantle samples
that lack any metasomatic overprint, hydrother-
mal alteration, weathering or interaction with
basaltic magmas. Any of these processes are

prone to alter the abundance and isotopic com-
position of B in mantle samples.

As an alternative strategy, basalts and basaltic
glasses have been used to unravel the B isotopic
composition of the mantle, based on the idea that
the boron isotope fractionation between rocks
and silicate melt is negligible at magmatic tem-
peratures (e.g., Chaussidon and Jambon 1994;
Chaussidon and Marty 1995). Uncontami-
nated MORB and OIB should, therefore, faith-
fully record the unfractionated isotopic
composition of their mantle sources. Marschall
et al. (2017) discussed this connection between
basalts and their mantle sources in more detail,
based on experimentally determined boron par-
tition coefficients between peridotitic and basaltic
minerals and silicate melt, as well as estimated
boron isotope fractionation factors. The latter are
not well constraint by experiments and had to be
extrapolated from experiments on other fluid,
mineral and melt phases conducted at lower
temperatures, and from a limited number of
natural rocks (Marschall et al. 2017). Neverthe-
less, the authors concluded that uncontaminated
mantle-derived basalts accurately reflect the d11B
value of their mantle source within ±0.30‰ and
that crystal fractionation and magmatic differen-
tiation do not change the B isotopic composition
of magmas to a measurable degree, unless
assimilation of altered crustal material occurs.

Heterogeneity of the global MORB-source
mantle has been identified through radiogenic
isotopes and trace elements, but no such variation
is detectable for B isotopes at the current level of
analytical precision (±0.9‰, 2 standard error;
see discussion above; Marschall et al. 2017). The
mantle domains sampled by OIB magmas may
show a small variation with d11B values by up to
4‰ higher and up to 5‰ lower than the MORB
source mantle �10� 2ð to −4 ± 1‰; see dis-
cussion above).

Marschall et al. (2017) argued that the d11B
value of the depleted upper mantle is best repre-
sented by the global range of MORB with low
Cl=K that show a normal distribution around the
mean of −7.1 ± 0.9‰ in their study (Fig. 8.3).
Chaussidon and Jambon (1994) estimated a d11B
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value of −7 ± 1‰ for the MORB-source mantle,
but discussed the possibility that recycled mate-
rials derived from subducted altered oceanic crust
could have enriched the upper mantle in isotopi-
cally heavy boron, and that the primitive mantle
had a lower d11B than the one observed through
uncontaminated MORB. However, Marschall
et al. (2017) rejected this hypothesis based on the
lack of variation in d11B among MORB samples
from various global ridge sections, some of which
show clear enriched or depleted geochemical
signatures in radiogenic isotope space and trace
elements. They argue that different portions of
recycled materials into various parts of the global
ridge system would express itself in a measurable
boron isotopic variation, if the recycled material
had sufficient amounts of exotic boron; but this has
not been observed to date.

Chaussidon and Marty (1995) took the d11B
value of −10 ± 2‰ that they identified as the
uncontaminated endmember of a range of OIB

from various localities as representative of the
primitive mantle. A subset of their OIB samples

show high 3He=4He ratios indicating an unde-
gassed (primitive) mantle source, and these
samples are taken as representative of the prim-
itive mantle d11B value. However, it should be
noted that the boron isotopic composition of OIB
samples are prone to contamination (as discussed
above), and that the primitive mantle value esti-
mated by Chaussidon and Marty (1995) overlaps
within error with the MORB-source mantle value
estimated by Marschall et al. (2017). Further-
more, interlaboratory comparison and accuracy
limitations among the various studies that have
been conducted over a time span of several
decades additionally blur the picture. Future
research should focus on the least contaminated
OIB samples and unravel the variation in the OIB
mantle sources and a possible difference between
the OIB and MORB-source mantle.

In contrast to the complications seen in
MORB and OIB, clear variation and mostly
strongly elevated d11B values exist in basalts
erupted along subduction zones, and these are
interpreted to represent addition of isotopically
heavy boron to the mantle source of arc magmas
(de Hoog and Savov 2017). Supra-subduction
mantle, therefore, experiences the addition of
isotopically distinct boron ultimately derived
from seawater (de Hoog and Savov 2017).

8.6 Hydrothermal Alteration
and Weathering

Unaltered mafic igneous and ultramafic rocks
show low concentrations of boron combined with
a relatively well-constrained boron isotopic
composition, as discussed above for MORB,
OIB and the mantle. Modern seawater, in con-
trast, shows higher boron concentrations than
most unaltered basalt, gabbro, and peridotite
samples (4.5 lg/g; Uppstroem 1974; Spivack
and Edmond 1987), and its isotopic composition
is strongly enriched in the heavy isotope
(+39.61 ± 0.04‰; Table 8.1; Fig. 8.3; Spivack
and Edmond 1987; Foster et al. 2010).
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Fig. 8.3 Geochemical budget of B in Earth’s major
silicate reservoirs. Isotopic compositions versus the total
mass of boron on the bottom x-axis, and fraction of boron
of the bulk silicate earth budget on the top x-axis. The
bulk continental crust is estimated to be enriched in
isotopically light B compared to the mantle. Ancient
subducted AOC (altered oceanic crust) is estimated to be
indistinguishable from the mantle in B isotopes (Fig-
ure from Marschall et al. 2017)
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Fluid-rock interaction in rocks of the oceanic
crust is frequently identified and quantified using
O and Sr isotopes (e.g., Alt 1995; Hart et al.
1999; Bach et al. 2001), and these tracers work
very reliably in hydrothermal systems with rela-
tively high fluid-rock ratios. The trace element B
with its distinct isotopic seawater–mantle
dichotomy is an ideal tracer for alteration pro-
cesses at the seafloor, and it can be used to detect
even the smallest influence of seawater or
seawater-derived fluids on rocks and magmas
(e.g., Chaussidon and Jambon 1994; Marschall
2017). Low- and high-temperature altered ocea-
nic crust and serpentinized mantle rocks show
significant alterations in their B contents and B
isotopic compositions.

8.6.1 Alteration of the Igneous Crust

The B isotopic composition of hydrothermally
overprinted and weathered rocks is variable and
depends on temperature, fluid/rock ratio, pH of
the fluid and the type of secondary minerals (in
particular their crystallographic coordination of
B). Weathering of basalt at the seafloor produces
smectite with tetrahedrally coordinated B in
contact to seawater d11B ¼ þ 39:6

�
‰, *80%

B in trigonal coordination). Boron isotope frac-
tionation under these conditions is large and
weathered basalts are expected to display low
d11B values relative to seawater. Experimentally
and theoretically determined B isotope fraction-
ation is approximately 30–35‰ for temperatures
of the seafloor (*0 °C) (Schwarcz et al. 1969;
Palmer et al. 1987; Kowalski and Wunder 2017),
and a d11B value of þ 5 to +10‰ could be
expected for alteration in contact to seawater.
Spivack and Edmond (1987) determined a B
isotope fractionation of 32‰ between seawater
and alteration products of basalt, with a d11B
value of +8‰ for the alteration products. Theo-
retical and experimental work further predicts
that alteration at a temperature of 100 °C would
result in a d11B value of +18‰ in the secondary
minerals (see Kowalski and Wunder 2017).

Low-temperature alteration (<150 °C) and
seafloor weathering generally lead to a strong
enrichment of boron in the alteration products
(mainly in clays) with abundances of up to
140 lg/g (Thompson andMelson 1970; Donnelly
et al. 1979; Spivack and Edmond 1987).
Weathering and low-T alteration by seawater leads
to a B isotopic signature that is enriched in the
heavy isotope 11Bð Þ compared to fresh MORB,
and d11B values that range from �4 to as high as
+25‰ have been found in low-temperature altered
MORB (Table 8.1; Fig. 8.4; Spivack and
Edmond 1987; Ishikawa and Nakamura 1992;
Smith et al. 1995). Nonetheless, the majority of
data for low-temperature altered MORB shows
d11B values varying between 0 and +5‰, whereas
higher d11B values are found in basalts and gab-
bros that were altered at higher temperatures
(Fig. 8.4). The B isotopic composition of these
rocks show a relatively large scatter as a function
of boron concentrations; nevertheless, their is a
tendency towards higher d11B in low-B samples in
altered gabbros and basalts (Fig. 8.4a), whereas
the ultramafic rocks are invariably enriched in the
heavy isotope at high B concentrations (Fig. 8.4
b). There is a negative correlation (albeit weak)
between d11B and d18O for the combined data
from altered ophiolite rocks and MORB
(Fig. 8.4c). This demonstrates that high alteration
temperatures in basalts and gabbros lead to a
moderate enrichment of isotopically very heavy
boron or, in some cases, a loss of isotopically light
boron, whereas low-temperature alteration leads
to a strong enrichment of boron with a moderately
elevated d11B value. This is consistent with a
decrease of fluid–mineral boron isotope fraction-
ation as temperature increases, and with a prefer-
ential up-take of B by clay minerals at very low
temperatures, contrasted with leaching of boron
from the rocks at high temperatures.

The evaluation of the imprint of high-T alter-
ation is complicated by the fact that rocks that
experienced high-T alteration subsequently
cooled prior to sampling and are likely to also
record lower-T alteration. Whole-rock analyses
of high-T altered rocks are, therefore, prone to
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Table 8.1 Compilation of published boron data for different rocks, fluids, and reservoirs

Material d11B(‰) [B] ðlg=gÞ References

MORB-source mantle �7� 1 0.065 Chaussidon and Jambon (1994)

�10� 2 0.010–
0.015

Chaussidon and Marty (1995)

�7:1� 0:9 0.060 Marschall et al. (2017)

Primitive mantle �7� 1 0:25� 0:10 Chaussidon and Jambon (1994)

�10� 2 0.090 Chaussidon and Marty (1995)

�7:1� 0:9 0.173 Marschall et al. (2017)

Continental crust �10� 3 10 Chaussidon and Albarède (1992)

�9:4� 0:4 11 Marschall et al. (2017)

Upper continental crust �8:8 43 Kasemann et al. (2000)

Modern seawater þ 39:5� 0:3 4.5 Spivack and Edmond (1987)

þ 39:61� 0:04 n.d. Foster et al. (2010)

Vent fluids

Mid-ocean ridge, basalt-hosted
(sediment-starved)

+30.0 to +36.8 4.9–5.9 Spivack and Edmond (1987)

+26.7 to +36.8 3.8–6.1 Palmer (1991)

+24.3 to +26.0 4.5–5.1 James et al. (1995)

+28.5 to +35.2 5.4–6.9 You et al. (1994)

Back arc basin (sediment starved) +22.5 to +29.8 8.1–8.8 Palmer (1991)

+17.8 to +38.0 4.4–11 Yamaoka et al. (2015a)

Mid-ocean ridge (sediment hosted) +10.1 to +23.2 17–23 Palmer (1991)

−2.2 to +22.6 2.9–105 James et al. (1999)

Back arc basin (sediment hosted) −1.0 to +9.2 22–37 You et al. (1994)

+2.3 to +19.1 7.4–51 Yamaoka et al. (2015a)

Ultramafic hosted
Marine evaporite setting

+25 to +30 0.3–3.6 e.g. Foustoukos et al. (2008)

+29.7 to +39.0 6.8–8.8 Palmer (1991)

Altered MORB

<150 °Ca +0.1 to +9.2 8.9–69 Spivack and Edmond (1987)

−4.3 to +24.9 1.1–104 Smith et al. (1995)

>150 °Ca −0.1 to +1.0 0.17–0.52 Ishikawa and Nakamura (1992)

Serpentinite +8.3 to +12.6 50–81 Spivack and Edmond (1987)

+7.0 to +9.9 n.d. Lécuyer et al. (2002)

+11.4 to +16.3 34–91 Boschi et al. (2008)

+29.6 to +40.7 10–65 Vils et al. (2009)

+9.3 to +19.6 19–36 Harvey et al. (2014)

Ophiolites

Oman pillows (<60 °Ca) −1.1 to +11.9 1.4–29.1 Yamaoka et al. (2012)

Troodos pillows +0.2 to +15.6 3.8–207 Yamaoka et al. (2015b)

Oman sheeted dikes (<200–350 °Ca) +1.1 to +17.5 1.5–11.6 Yamaoka et al. (2012)

Oman sheeted dikes −1.6 to +16.9 5.0–11.1 Smith et al. (1995)

(continued)

8 Boron Isotopes in the Ocean Floor Realm and the Mantle 199



Table 8.1 (continued)

Material d11B(‰) [B] ðlg=gÞ References

Troodos sheeted dikes +3.3 to +10.6 0.6–18 Yamaoka et al. (2015b)

Troodos sheeted dikes
(d18O[ þ 6‰)

−0.9 to +7.2 3.1–8.1 Smith et al. (1995)

Troodos sheeted dikes (d18O� þ 5‰) −0.1 to +7.8 2.4–3.4 Smith et al. (1995)

Oman upper gabbros (350–450 °Ca) +8.3 to +18.6 1.6–5.0 Yamaoka et al. (2012)

Oman lower gabbros (>450 °Ca) +7.3 to +17.7 0.25–3.8 Yamaoka et al. (2012)

Troodos gabbros −1.7 to +18.5 0.3–8.4 Yamaoka et al. (2015b)

Oman serpentinites −5.7 to +10.0 n.d. Yamaoka et al. (2012)

Marine sediments

Carbonate sediment −5.0 to +23.0 0.3–7 Spivack and You (1997)

+8.9 to +26.2 10–17 Vengosh et al. (1991)

+4.8 to +10.5 13–26 Ishikawa and Nakamura (1993)

Calcareous sediment +18.4 to +18.9 n.d. Lécuyer et al. (2002)

Pelagic clay −4.3 to +2.8 64–157 Spivack et al. (1987)

−6.6 to −1.8 96–132 Ishikawa and Nakamura (1993)

−13.1 to +4.0 101–163 Tonarini et al. (2011)

Chert −9.3 to +7.7 49–97 Kolodny and Chaussidon (2004)

Siliceous ooze and biogenic silica −3.8 to +4.5 55–77 Ishikawa and Nakamura (1993)

−11.8 to +5.4 86–148 Tonarini et al. (2011)

Turbidite −6 to −2 75–105 You et al. (1995)

Borates +18.2 to +31.7 several wt
%

Swihart and Moore (1986)

Marine sediment pore fluids +27.8 to +37.8 3.2–21 James and Palmer (2000), ODP 1037

+34.6 to +43.9 3.6–6.0 Kopf et al. (2000), ODP 1039B

+34.4 to +40.5 0.1–5 Spivack and You (1997), ODP 851

+35 to +49 4–12 You et al. (1995), ODP 808

Biogenic carbonate

Corals (aragonite) +23.0 to +24.7 50–68 Hemming and Hanson (1992)

+26.7 to +31.9 51–80 Vengosh et al. (1991)

+23.3 to +27.0 49–58 Gaillardet and Allegre (1995)

+23.9 to +26.2 46–54 Hemming et al. (1998)

+23.1 to +26.1 n.d. Lécuyer et al. (2002)

+27.9 to +38.5 53–114 Blamart et al. (2007)

+20.9 to +29.3 28–56 Allison et al. (2010)

Ancient corals +23.6 to +27.3 39–52 Gaillardet and Allegre (1995)

Bivalves, algae and ooids (aragonite) +21.2 to +22.2
+20.1 to +25.3

14–28
11–15

Hemming and Hanson (1992), Vengosh
et al. (1991)

Gastropoda (aragonite) +19.8 to +31.5 2–3 Vengosh et al. (1991)

Foraminifera (calcite) +4.9 to +32.2 9–54 Vengosh et al. (1991)

+21.6 to +25.9 n.d. Pearson and Palmer (2000)

(continued)
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record a contaminated signal. In the case of
boron this contamination can be severe, due to
the large difference in concentrations between
high- and low-T alteration products, respectively.
No boron concentration or boron isotope analy-
ses of mineral separates or in situ analyses of
minerals from high-temperature altered oceanic
crust have been published. Whole-rock analyses
are available for samples from two ODP drill
cores and from ophiolites (Oman and Troodos;
Fig. 8.4).

High-temperature altered samples from ODP
Hole 504B (Costa Rica Rift) show low B con-
centrations (0.17–0.52 lg/g) and d11B values
close to 0‰ (Ishikawa and Nakamura 1992).
High-temperature altered samples from Hole
735B (Atlantis Bank, Indian Ocean) show higher
abundances of B (1.1–7.1 lg/g) and a wide range
of mostly high d11B values between �4:3 and
+24.9‰ (Smith et al. 1995; Hart et al. 1999; see
Fig. 8.4) High-temperature altered Layer-3 sam-
ples from the Troodos and Oman ophiolites
range from slightly depleted to strongly enriched
in boron (0.25–11.6 lg/g; Table 8.1) with
respect to fresh MORB, and they show signifi-
cantly elevated d11B values of �1:7 to +18.6‰,

but mostly between þ 8 and +18‰ (Fig. 8.4;
Smith et al. 1995; Yamaoka et al. 2012, 2015b).

The interpretation of the ophiolite data is,
however, complicated by the tectonic setting in
which the exposed crust was formed and where
the hydrothermal alteration took place, i.e., a
supra-subduction zone rather than a mid-ocean
ridge (e.g., Searle and Cox 1999; Fonseca et al.
2017). For example, glass orbicules from the
upper pillow lava section in the Troodos ophio-
lite show geochemical evidence for the contri-
bution of sediment melts and subduction-zone
fluids to the depleted-mantle derived magmas
that formed these lavas, as demonstrated by
Fonseca et al. (2017). These authors found that
d11B in these glass orbicules range from low
values (−8.2 ± 0.5‰) indistinguishable from the
depleted mantle to strongly elevated values
(+5.9 ± 1.1‰), with a negative correlation of
d11B and B concentrations (�3–10 lg/g). These
boron isotopic signatures were observed in fresh
glass and are not the result of seafloor alteration.
Instead, they are interpreted as contributions to
the Troodos ophiolite magmas in a subduction
setting, in which isotopically heavy B was likely
contributed from the slab (Fonseca et al. 2017;
see also Chap. 9 of this volume). Further

Table 8.1 (continued)

Material d11B(‰) [B] ðlg=gÞ References

+12.0 to +16.8 3–26 Rae et al. (2011)

+19.6 to +20.7 8–13 Foster (2008)

Brachiopoda, gastropoda (calcite) +15.0 to +19.7 n.d. Lécuyer et al. (2002)

+18.5 to 20.8 19–26 Hemming and Hanson (1992)

Algae, echinoids (high-Mg calcite) +22.3 to 23.0 44–55 Hemming and Hanson (1992)

+22.1 to 27.9 65� 5 Fietzke et al. (2015)

Forearc

Serpentinite seamount +5.4 to +25.3 6.6–126 Benton et al. (2001)

Mud volcanoes −7.7 to +39.5 2–870 Kopf and Deyhle (2002)

Trench fluids +20 to +50 3.6–42 E.g., You et al. (1993), Kopf et al. (2003)
aThe temperatures refer to estimates for the conditions of hydrothermal alteration of these samples at the seafloor. n.d.
not determined
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complication of the interpretation of ophiolite
data arises from the possibility of post-obduction
low-temperature hydrous alteration involving
meteoric fluids (e.g., Chavagnac et al. 2013).

8.6.2 Serpentinization

Serpentinites formed at the ocean floor by
hydration of peridotites are strongly enriched in
boron with concentrations between 10 and

91 lg/g (Fig. 8.4; Table 8.1). Most samples
display d11B values between þ 7:0 and +19.9‰
(Fig. 8.4; Table 8.1; Spivack and Edmond 1987;
Lécuyer et al. 2002; Boschi et al. 2008; Harvey
et al. 2014). Exceptionally high d11B values were
found in serpentinites from ODP Leg 209
(Mid-Atlantic Ridge) of approximately þ 30 to
+41‰ (Fig. 8.4; Table 8.1; Vils et al. 2009). The
latter were explained by serpentinization by
seawater-derived fluids that were processed
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Fig. 8.4 a Boron isotopic composition versus B concen-
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through interaction with mantle rocks prior to
serpentinization of the investigated samples,
leading to a strong enrichment of isotopically
heavy boron. Vils et al. (2009) predict evolved
serpentinization fluids with d11B values between
þ 50 and +60‰, which have yet to be discov-
ered. Lower d11B values between �6 and +10‰
were reported for serpentinites from the Oman
ophiolite (Table 8.1; Lécuyer et al. 2002).

Serpentinized ultramafic rocks, therefore,
have the ability to incorporate very high con-
centrations of B that is enriched or strongly
enriched in the heavy isotope. This enrichment
also occurs at high alteration temperatures, con-
ditions at which mafic rocks tend to show loss of
boron or only very minor enrichment (Fig. 8.4).

Metasomatic rocks produced by the interac-
tion of serpentinites with silica-rich fluids
derived from gabbroic intrusions have been
investigated along with coexisting serpentinites
(Boschi et al. 2008; Harvey et al. 2014). These
rocks are rich in talc, as well as tremolite or
chlorite, the formation of which postdates ser-
pentinization (Boschi et al. 2008; Harvey et al.
2014). This steatitization process led to boron
loss from the samples compared to the serpen-
tinite precursor with concentrations ranging from
2.0 to 28.7 lg/g (Fig. 8.4). This is accompanied
by a small isotopic shift to lower d11B values
between þ 8:8 and +13.5‰ for all but one
sample (Boschi et al. 2008; Harvey et al. 2014).

8.6.3 Hydrothermal Vent Fluids

Boron concentrations and B isotope ratios have
been reported for hydrothermal vent fluids from
sediment-starved systems at the Mid-Atlantic
Ridge (MARK, 23°N; TAG, 26°N; Broken
Spur, 29°N), the Juan de Fuca Ridge, and various
vents between 11°N and 21°N on the EPR
(Table 8.1; Spivack and Edmond 1987; Palmer
1991; You et al. 1994; James et al. 1995). Addi-
tional data come from sediment-starved back-arc
basins, including the Manus Basin, the Mariana
Trough, and the North Fiji Basin (Palmer 1991;
Yamaoka et al. 2015a).

Boron concentrations for the endmember
hydrothermal fluids for all of these sites range
from seawater-like to slightly enriched ([B] = 0.8
to 2 times seawater concentration). This enrich-
ment in boron correlates with an enrichment in
the light isotope, i.e., with a decrease in the d11B
values from near-seawater (as high as +38.0‰)
to values as low as +17.8‰ for the most B-rich
fluids (Fig. 8.5; Table 8.1). This trend is con-
sistent with interaction of the incoming seawater
with the mafic crust and extraction of isotopically
light B from the rocks at high temperatures.

Such a leaching process is also predicted from
estimates of high-T (300 °C) partition coeffi-
cients of B between greenschist- and
amphibolite-facies minerals and hydrous fluid
DB½mineral=fluid�ð Þ, which are between 0.001
and 0.03 for quartz, albite, epidote, chlorite, talc,
clinopyroxene and Ca-amphibole, predicting
high fluid mobility during fluid–rock interaction
under greenschist-facies conditions (Marschall
et al. 2006).

Sediment-hosted vent fluids from mid-ocean
ridge systems (Guyamas Basin and Escanaba
Trough) and from back-arc basins (Okinawa
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Trough) continue the B� d11B trend observed
for the sediment-starved vent fluids (Fig. 8.5).
They show higher B contents than the fluids from
sediment-starved systems, typically higher than
15 lg/g (1.4 mmol/kg) and ranging up to
105 lg/g (9.7 mmol/kg = 27 times seawater
concentration; Table 8.1). The increase in B
contents is accompanied by a decrease in d11B,
and while some samples show values as high as
+23.2‰, most are below +12‰, and some reach
negative values as low as −2.2‰ (Fig. 8.5).

Ultramafic-hosted hydrothermal systems have
been sampled along the Mid-Atlantic Ridge,
including boron contents from Lost City
(*100 °C), Rainbow (*350 °C) and Logatchev
(*350 °C). These are consistently lower than
the B content of seawater and endmember
hydrothermal fluids have been determined to
0.34–0.55 lg/g (31–51 lmol/kg), 2.57 lg/g
(238 lmol/kg), and 3.62 lg/g (335 lmol/kg)
for Lost City, Rainbow, and Logatchev, respec-
tively (Schmidt et al. 2007; Foustoukos et al.
2008; Boschi et al. 2008; Seyfried et al. 2011,
2015). Boron isotopic data for ultramafic-hosted
vent fluids are not yet available, but have been
estimated to þ 25 to +30‰ (Foustoukos et al.
2008; Boschi et al. 2008).

It is, hence, concluded from the high boron
abundances in serpentinite and the
lower-than-seawater abundances in ultramafic-
hosted vent fluids that boron is sequestered from
seawater during serpentinization at the seafloor.
This sequestration may be strongest at lower
temperatures (Lost City), but is still efficient at
high temperatures (Rainbow and Logatchev).
The latter contrasts with mafic systems, in which
boron is leached from the rocks at high temper-
atures of alteration.

8.6.4 Subaerial Hydrothermal
Alteration

Seawater contains relatively high concentrations
of boron (4.5 lg/g or 418 lmol/kg) with an iso-
topically very heavy composition
d11B ¼ þ 39:6
�

‰; Table 8.1), which leads to the

strong increase in boron abundances and d11B
values of rocks altered by interaction with sea-
water. Meteoric waters, in contrast, have B con-
centrations that are typically two orders of
magnitude lower than those of seawater. For
example, freshwater lakes from Iceland have B
contents of 23–49 ng/g (2.1–4.5 lmol/kg) and
d11B values between �1:8 and +18.2‰ (Aggar-
wal et al. 2000). High-temperature hydrothermal
fluids from Iceland show negative d11B values
�6:7ð to −1.5‰) and B concentrations generally
lower than seawater (0.7–5.7 lg/g; Aggarwal
et al. 2000). Low-temperature well fluids show a
much larger range in d11B values �4:7ð to
+25.0‰) and lower B concentrations (0.05–
1.2 lg/g; Aggarwal et al. 2000).

Basaltic rocks from Iceland altered by mete-
oric fluids show elevated B contents compared to
MORB (3.3–12.4 lg/g) and a shift to low d11B
values, as low as −18.3‰ (Raffone et al. 2010).
This isotopically light B is also apparent in Ice-
landic rhyolites that were formed from or have
assimilated fluid-altered crust (see above;
Brounce et al. 2012). This shift towards iso-
topically light B is unique to subaerial
hydrothermal alteration by meteoric water and is
not observed in seawater-altered crust. Consistent
with this fractionation behavior, hydrothermal
fluids from subaerial systems supplied by mete-
oric water tend to show d11B values that are
lower than the values observed in submarine
hydrothermal vents (Fig. 8.5), i.e., they range
from −22 to +14‰ for fluids from Yellowstone,
Etna, Iceland, and Alberta oil sands (Palmer and
Sturchio 1990; Aggarwal et al. 2000; Pennisi
et al. 2000; Williams et al. 2001b).

8.7 Oceanic Sediments

Oceanic sediments generally include terrigenous
sediments derived from continents, dominantly
delivered as detritus by wind, rivers and currents
to the shelves, slopes and basins near the conti-
nents, and marine sediments including clay,
biogenic carbonate and silica, which are more
evenly and slowly deposited in the ocean basins.
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Pelagic clay is typically composed of smectite
produced from weathering of volcanic material
and illite delivered from the continents.

Pelagic clays show high B concentrations of
approximately 60–160 lg/g (Table 8.1; Spivack
et al. 1987; Ishikawa and Nakamura 1993).
Boron isotopic compositions of smectite formed
by weathering of basalt at the seafloor are dif-
ferent from those of the terrigenous illite. Sub-
marine smectite displays d11B values between
þ 2 and +9‰, whereas terrigenous clay shows
significantly lower d11B values of �13 to −8‰
(Ishikawa and Nakamura 1993). The resulting B
isotopic composition of pelagic clays is a com-
bination of these clay components in addition to
biogenic carbonate and biogenic silica and ran-
ges from �13:1 to +5.4‰ (Fig. 8.6; Table 8.1;
Spivack et al. 1987; Ishikawa and Nakamura
1993; Tonarini et al. 2011). Turbidites, which are
dominated by continental detritus in addition to
clay derived from weathered volcanic material,
also show high B contents and moderately neg-
ative d11B values (Fig. 8.6; Table 8.1). Marine
cherts show B concentrations almost as high as
turbidites and pelagic clays and a very similar
range in B isotopic composition (Fig. 8.6;
Table 8.1; Kolodny and Chaussidon 2004).
Chemical sediments that are rich in salts and
marine borates generally show high d11B that
reflect their seawater origin, and concentrations
may be very high, in particular in the case of
borates (Swihart and Moore 1986; Vengosh et al.
1992; Paris et al. 2010).

Carbonate sediments and calcareous sedi-
ments show much lower B contents than pelagic
clays, cherts and turbidites, typically <20 lg/g
with a wide range in isotopic composition from
d11B ¼ �5 to +26‰ (Fig. 8.6; Table 8.1; Spi-
vack and You 1997; Vengosh et al. 1991; Ishi-
kawa and Nakamura 1993; Lécuyer et al. 2002).
This variation may be related to variable amounts
of clay contained in these sediments and to dia-
genetic processes. Pristine biogenic carbonate
shows a much smaller range in isotopic compo-
sition, with B concentration and B isotopic
composition depending on species, skeletal
mineralogy (aragonite, calcite, or high-Mg

calcite), as well as seawater pH and seawater
d11B during growth. The details of these
parameters and their impact on the B isotopic
composition of biogenic carbonate are discussed
in separate chapters of this book (Rae 2017;
McCulloch et al. 2017). Concentrations of B in
aragonite corals and high-Mg calcite coralline
algae are generally high (typically 50 lg/g),
whereas foraminifera and other calcite-shell
organisms show lower B contents in the range
of 3–26 lg/g (Fig. 8.6; Table 8.1). The d11B
values are typically þ 13 to +20‰ in for-
aminifera and approximately +25‰ in corals and
coralline algae (Fig. 8.6; Table 8.1).

Boron in clay minerals is crystallographically
hosted in different positions, namely adsorbed
onto the mineral surface, hosted in interlayer
sites of the clay, and incorporated into tetrahedral
sites where it replaces Si or Al (Williams et al.
2001a; Williams and Hervig 2005). These dif-
ferent portions of B are released into pore fluids
at different stages of diagenesis and metamor-
phism with the adsorbed B released at the earliest
stage (Spivack et al. 1987). In general, recrys-
tallization of clay minerals, and the transforma-
tion from smectite to illite during deeper burial
and diagenesis is predicted to lead to fluid release
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accompanied by the preferential loss of isotopi-
cally heavy B and the consequential decrease in
the sediment d11B with increasing grade of dia-
genesis (Williams et al. 2001a; Williams and
Hervig 2005). Shales and slates show lower d11B
values than comparable modern sediments,
which is compatible with loss of isotopically
heavy B during diagensis (Vengosh et al. 1991;
Ishikawa and Nakamura 1993). However, in
detail the exchange of boron and the fractiona-
tion of its isotopes between clay minerals and
pore fluid in compacting sediments may be quite
complex with various stages of adsorption and
desorption, depending for example on tempera-
ture, burial depth, fluid pH, and the concentration
of ammonium released from decomposing
organic matter (Hüpers et al. 2016).

During hydrothermal alteration, sediments
behave similar to basaltic rocks with respect to B.
Boron is leached from the rocks and d11B values
decrease during high-temperature fluid/rock
interaction. Spivack et al. (1987), for example,
investigated sediments containing 32–62 lg/g B
with d11B values between �4:5 and −1.2‰.
These sediments were intruded by a basaltic sill
generating hydrothermal fluid circulation within
the sediments. The sediments in the vicinity of
the sill showed lower B concentrations of 14–
33 lg/g, and d11B values of approximately
−8‰. In zones of greenschist facies hydrother-
mal metamorphism, B concentrations were
decreased to *1.3 lg/g (B isotopic composi-
tions of these B-poor samples are not reported).

A weighted average for seafloor sediments on
a global scale was estimated by Leeman and
Sisson (1996) to be ½B� ¼ 53 lg=g and
d11B = −1.6‰ (Fig. 8.6).

8.8 Paleo-Ocean Chemistry
of Boron

Boron has a long residence time in the ocean of
approximately 10–20 million years and is iso-
topically very well mixed (Lemarchand et al.
2002; Foster et al. 2010). The B isotopic com-
position of modern ocean water is well defined at

+39.61 ± 0.04‰ and the long residence time
suggests that the rate of change was low in the
Cenozoic at approximately 0.1‰/Ma (Fig. 8.7;
Lemarchand et al. 2000; Foster et al. 2010). The
reconstruction of the B isotopic composition of
ocean water is, however, a matter of debate, and
especially the more distant history of its secular
evolution is poorly constraint.

Accurate data on the isotopic composition of
the paleo-ocean is required for reconstruction of
paleo-ocean pH, which is linked to the CO2

content of the atmosphere. The boron isotope
record of biogenic carbonate is used to recon-
struct the pH of the ocean water at the time of
growth of the organism that built the carbonate
shell (Rae 2017; Branson 2017; McCulloch et al.
2017). This procedure requires knowledge on the
pH-dependent B isotope fractionation between
CaCO3 and seawater for the particular species
that is investigated, but it also requires a
well-defined B isotopic composition of the sea-
water at the time of growth.

Estimates on geochemical cycles in subduc-
tion zones and the deep mantle also require
knowledge of the long-term evolution of the
isotopic composition of ocean water, because
strong variations in its composition would have
affected the isotope budget of altered oceanic
crust, serpentinites and sediments. This in turn
would cause variations in the subducted and
deeply recycled B isotope signal throughout
Earth’s history and would have to be taken into
account in the geochemical interpretation of the
rock record.

Initial work by Pearson and Palmer (2000)
estimated that the d11B of seawater varied by less
than 2‰ since the mid Miocene, and it was
further assumed that it was close to the modern
value throughout the Paleogene. More recent
reconstructions of the seawater d11B value are
based on box models that take into account the
sources and sinks of boron in the oceans
(Lemarchand et al. 2000, 2002; Joachimski et al.
2005; Simon et al. 2006). The sources are
riverine input, hydrothermal vents, and fluids
expelled from continental margins, while the
sinks are low-T alteration of the oceanic crust,
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formation of clay, and carbonate precipitation.
All of these estimates are afflicted with increas-
ing uncertainties the further back in Earth history
they are projected. However, estimates of the
element flux to the oceans are to some degree
constrained through other element and isotope
systems, such as seawater 87Sr/86Sr, that are well
defined through investigation of the rock record.

In the case of boron isotopes, the investigation
of the rock record for seawater reconstruction is
progressing only slowly. It is difficult to identify
pristine samples that have preserved the B iso-
topic record of seawater at the time of their for-
mation, due to the high susceptibility of low-T
alteration phases for this element. In addition, the
dependence of carbonate d11B on the pH and
d11B of seawater complicates the interpretation
of such samples, especially in the case of

biogenic carbonate formed by biological species
for which B isotope fractionation factors are
unknown. However, several studies have used
marine carbonate to reconstruct seawater d11B
for various stages during the late Neoproterozoic
and the Phanerozoic (Fig. 8.7; Joachimski et al.
2005; Kasemann et al. 2010; Foster et al. 2012;
Clarkson et al. 2015; Anagnostou et al. 2016).

The estimates include seawater d11B variations
of ± 2‰ since the Jurassic, and larger variations
of± 9‰ in the Paleozoic with excursions to very
high and very low values of +32 to +49‰
(Fig. 8.7). Even more extreme values have been
suggested for the end of the Cryogenian (635 Ma)
with seawater d11B values as low as +25‰
(Fig. 8.7; Kasemann et al. 2010).

Alternative to biogenic carbonates, halite was
used to reconstruct the B isotopic composition of
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Clarkson et al. 2015; Anagnostou et al. 2016). Minimum

and maximum seawater values for Eocene estimates are
marked by upward- and downward-pointing triangles,
respectively. Reconstruction of seawater d11B based on
data from halite is marked by the gray field (Paris et al.
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reconstruction and with the box model. A more detailed
discussion of the Paleogene–Neogene evolution of sea-
water d11B is presented by Gaillardet and Lemarchand
(2017)

8 Boron Isotopes in the Ocean Floor Realm and the Mantle 207



seawater. It was suggested that fluid inclusions in
halite trap seawater with unfractionated B iso-
topes and it was demonstrated that recently
formed halite faithfully reflects the d11B value of
modern seawater (Paris et al. 2010). Eocene,
Miocene and modern halite show an evolution of
d11B values from approximately +30 to +40‰,
and it was concluded that the seawater value had
risen by 8–10‰ over the past 40 million years
(Fig. 8.7; Paris et al. 2010). Devonian halite
suggested a seawater d11B value of approxi-
mately +25‰ 380 million years ago (Fig. 8.7;
Paris et al. 2010). This reconstruction of the
seawater B isotopic evolution from halite is
inconsistent with the box models and the car-
bonate record discussed above (Fig. 8.7), and it
is unclear how to reconcile these contrasting
records. Paris et al. (2010). suggest that the box
models may have underestimated the deposition
of siliciclastic material (that acts as a sink of
isotopically light B) provided by the erosion of
the Himalaya since the Eocene. The box models
have large uncertainties, and simply varying the
amount of oceanic crust that is altered along the
mid-ocean ridges alone introduces a 10‰
uncertainty for the seawater d11B value without
changing any of the other sources and sinks
(Simon et al. 2006). Yet, uncertainties in the box
models do not explain the discrepancies between
the halite and carbonate records, and the possi-
bility remains that the fluid inclusions trapped in
ancient halite are not pristine fossil seawater, but
were diagenetically processed instead.

Reconstructions of the B isotope composition
of any pre-Neoproterozoic seawater that would
represent the global oceans has not been com-
pleted convincingly. Attempts to do so include
investigation of tourmaline from supracrustal
rocks from Greenland, South Africa or Australia
(Chaussidon and Albarède 1992; Chaussidon and
Appel 1997; Grew et al. 2015). Tourmaline is a
reliable and robust recorder of boron and other
chemical and isotopic systems that will reflect the
environment in which it formed (see for example
reviews by van Hinsberg et al. 2011; Marschall
and Jiang 2011). However, formation of this
mineral from marine sediments or hydrothermal

fluids is a complex process that involves multiple
stages of boron enrichment and fractionation,
which make it difficult to connect any tourmaline
composition to the composition of seawater, even
if the tourmaline-hosting sediments were initially
deposited in a marine environment (Byerly and
Palmer 1991; Palmer and Swihart 1996). Also,
no tourmaline has ever been found in the modern
marine environment, with the exception of an
occurrence in a salt dome cap rock in the Gulf of
Mexico (Henry et al. 1999). The seawater–tour-
maline boron isotope connection proposed by
Chaussidon and Appel (1997) can, therefore, not
be tested with modern samples. These authors
modeled the d11B value of the marine clay in
which authigenic Eoarchean tourmaline from
Isua (Greenland) would have formed to be
−8 ± 7‰, and they argue that this requires a
d11B of early Archean seawater of +27 ± 11‰.
However, the estimated value for the marine clay
is within the range of modern marine clay
(Fig. 8.6; Table 8.1), demonstrating that the
Archean clay could as well have formed in
contact with seawater with a present-day B iso-
topic composition. The authors assumed that
smectite/illite ratios were much lower in the
Archean sediments, because of smaller conti-
nents and consequently a much lower input of
continental detritus. Since it is really the smectite
that reflects the B isotopic composition of the
seawater and illite carries isotopically light B
derived from the continents, a bulk sediment with
higher smectite/illite ratio would reflect lower
d11B values in the smectite and, hence, in the
seawater which led to its formation (Chaussidon
and Appel 1997).

In a more recent study, Grew et al. (2015)
investigated a large number of tourmalines from
various rock types in the Isua supracrustal belt
and found a range of d11B values ranging from
−29.2 to −1.8‰. The authors present a box
model for the evolution of B isotopes from sea-
water to clay-rich sediments followed by diage-
nesis and metamorphism to gneisses in which
finally the tourmaline formed. This box model
follows the approach of Chaussidon and Appel
(1997), but results in a lower d11B estimate for
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seawater of +14 ± 15‰ based on their new
sample set and modern parameters for B isotope
fractionation during the various mineral-fluid
fractionation steps (Grew et al. 2015). How-
ever, Grew et al. (2015) argue that this value
probably does not reflect the B isotopic compo-
sition of global seawater in the early Archean,
but rather the composition of water in a restricted
ocean basin in which the Isua sediments were
likely deposited, diagenetically altered and enri-
ched in boron. In conclusion, the Precambrian
boron isotopic evolution of seawater remains
unconstrained up to the late Neoproterozoic.

8.9 Summary and Outlook

Boron isotopes have an important role in
high-temperature geochemistry in the investiga-
tion of mantle sources of oceanic basalts, in the
quantification of assimilation processes along
mid-ocean ridges and on ocean islands, and in the
investigation of hydrothermal alteration processes
as expressed in the composition of vent fluids and
altered crustal and mantle rocks, as well as sedi-
ments. The B isotopic composition of pristine,
uncontaminated MORB has been determined as
d11B ¼ �7:1� 0:9‰, and no variation was
detected between N-MORB and E-MORB, or as a
function of degree of melting or spreading rate.
This value also represents the B isotopic compo-
sition of the depleted upper mantle, and probably
that of the primitive mantle. Mantle-source vari-
ations for ocean island basalts detected so far show
deviations of less than 5‰ from theMORB value,
and this spread may still be affected by crustal
assimilation processes. Assimilation of
seawater-altered materials or brines into magmas
lead to elevated d11B values in MORB and OIB.
Assimilation of crust altered by meteoric water
leads to low d11B values in OIB.

The B concentrations and B isotopic varia-
tions in pristine, uncontaminated MORB and
mantle samples are too low to be resolved with
currently available analytical tools. Future ana-
lytical development may make these samples and
their variability accessible. OIB samples already

show a certain variability that is currently
underexploited.

Alteration of the oceanic crust and of the
exposed mantle is a major boron sink in the
oceans. Low-temperature alteration and weath-
ering of basalts lead to a strong enrichment in
boron with a moderate increase in the d11B value
of the rocks (Fig. 8.8). High-temperature alter-
ation of the mafic igneous crust leads to only
moderate enrichment or even leaching of boron
from the rocks, but with a strongly elevated d11B
value in the altered rocks (Fig. 8.8).
High-temperature vent fluids are consequently
enriched in boron compared to seawater, and
their isotopic composition is enriched in iso-
topically light boron leached from the rocks
(Fig. 8.8). Sediments show a very similar
behavior, whereas serpentinization of mantle
rocks leads to a strong enrichment of B in the
serpentinite even at high temperatures.

Boron isotopes also play a vital role in
low-temperature geochemistry, and foremost in
the reconstruction of paleo-seawater pH related
to the evolution of the CO2 content of the
atmosphere. The application of this tool hinges
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on the accurate knowledge of the secular evolu-
tion of the B isotopic composition of seawater,
which is currently poorly constrained. Models for
the evolution of seawater are afflicted with large
uncertainties, and carbonate and halite records
are in conflict with each other for the Phanero-
zoic. No reliable estimates are available for the
first 85% of Earth history.
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9Boron Isotopes as a Tracer
of Subduction Zone Processes

Jan C.M. De Hoog and Ivan P. Savov

Abstract
This chapter reviews recycling of boron (B) and its isotopes in subduction
zones. It discusses the profound changes in B concentrations and B
isotope ratios of various materials involved in convergent margin
evolution, in particular highlighting the fate and evolution of progressively
dehydrating subducting slabs and the behavior of B during burial and
subsequent metamorphism. We review various models used to parame-
terize these complex and often poorly understood processes and critically
evaluate the available data from the literature. We proceed by reviewing B
isotope data from mafic arc volcanic rocks and explore systematic
variations with subduction zone geometry as well as familiar geochemical
tracers of subduction processes. Finally, the role of serpentinisation in the
mantle wedge is discussed in the light of new geochemical and
petrological insights on the importance of serpentinites and subduction
erosion. We provide recommendations for further research on B isotopes
in subduction zones and directions where we think this exciting stable
isotope tracer may make the biggest impact.

Keywords
Boron � B isotopes � Subduction recycling � Metamorphism
Arc volcanism � Volatiles � Fluids

9.1 Introduction

Boron and its isotopes provide some of the most
powerful tools for investigating fluid-mediated
processes at subduction zones, as B is extremely
depleted in the mantle but strongly enriched (by
orders of magnitude) and isotopically fractionated
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(by up to 40‰) in subducted sediments, altered
oceanic crust (AOC) and serpentinized mantle
(subducted lithospheric section or eroded in the
forearc wedge; Fig. 9.1). Upon subduction, much
of the slab volatile inventory is lost in the forearc
region due to diagenesis and compaction, giving
rise to vast forearc serpentinite reservoirs, which
may still enter magma source regions through
subduction erosion. The remaining fraction of B
hosted in AOC and sediments is isotopically light
as a result of isotope fractionation that occurs
during shallow B loss. In contrast, serpentinized
oceanic mantle retains a heavy seawater-derived
isotopic signature until its dehydration beneath or
beyond the volcanic arc front. Thus, B can track
the origin of fluid sources to subduction zone
magmatism.

The interplay of volatile sources and dehy-
dration processes from forearc to backarc is
complex and results in large differences in B
isotopic composition of different volcanic arcs.
Across-arc trends of diminishing B concentra-
tions and B isotope fractionation occur in some
arcs but not in others. Hence, the complexities of
B behavior in subduction zones and therefore the

source of fluids remain elusive and are still the
subject of intense research, and the topic of
review of this chapter.

9.2 Metamorphic Processes
in the Subducting Slab

The focus of this section is B processing within
the progressively changing slab assemblages
during subduction. Boron enters subduction
zones in the mafic and ultramafic parts of the
oceanic lithosphere as well as overlying sedi-
ments including pore waters. What happens in
the subduction zone is highly complex, as each
of these reservoirs has a unique mineralogical
makeup as well as a non-unique range of bulk
rock B concentrations and isotopic compositions.
In addition, each mineral responds differently to
increasing pressures and temperatures during
subduction. The compositions of the various
reservoirs entering and evolving within the sub-
duction zone will be briefly summarized, the
reader is referred to Marschall (2017) for more
details.

Fig. 9.1 Schematic diagram of the B cycle in subduction
zones showing approximate B concentrations and isotopic
compositions of various reservoirs (modified from Jones

2014). Values in parentheses are compiled averages. See
text and Marschall (2017) for data sources
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9.2.1 Physical and Thermal Geometry
of Subduction Zones

The physical and thermal layout of subduction
zones is of critical importance for the sequence of
metamorphic reactions that will occur in the
subducting slab as well as for the transport of
melts and fluids from the slab into the overlying
mantle wedge (e.g., Bebout et al. 1993; Peacock
1993; Van Keken et al. 2002; Cagnioncle et al.
2007; Portnyagin and Manea 2008;
Konrad-Schmolke and Halama 2014).

Subduction zones are composed of a sub-
ducting slab and an overlying mantle wedge,
which itself is overlain by either thick (ca.
30 km) continental or, in the case of
intra-oceanic arc systems, thin (ca. 10 km)
oceanic crust (Fig. 9.2). The slab is generally
composed of, from top to bottom, sediments of
various lithological makeup and thickness, ca.
3 km of basalts and diabases/microgabbros, ca.
4 km of gabbroic/cumulate sections of oceanic
crust, and a lithospheric root of mantle peridotite
(Dilek and Furnes 2011). The altered oceanic
crust and the peridotite sections may or may not
be partially hydrated (serpentinized, rodingitized,
epidotized). The above is the sequence observed
at fast-spreading mid-oceanic ridges and
well-studied ocean crust sections exposed in
ophiolite complexes. In other settings consider-
able amounts of mantle peridotite can be exposed
at the seafloor and much of the igneous material
may be missing (Cannat 1993). In addition,
fracture zones may be highly altered compared to
adjacent crustal sections whereas seamounts may
add large amounts of basaltic material, both
adding to the diversity of material entering sub-
duction zones (e.g., Wada et al. 2012).

The mantle wedge overlying the slab is
harzburgite in mineralogy and highly
melt-depleted (Savov et al. 2007; Fryer 2012). It
can be subdivided into forearc and sub-arc
mantle. The ‘cold nose’ represents the thinnest
part of the forearc, which has been chilled by the
cold subducting slab and is largely unaffected by
mantle corner flow. It may be extensively ser-
pentinized by pore waters and diagenetic fluids
derived from the subducting slab, particularly

above hot slabs (Mottl et al. 2004; Fryer 2012;
Reynard 2013; see Sect. 9.3 for details). The
deeper part of the fore-arc is too hot to be ser-
pentinized, as it is prevented from cooling by
mantle corner flow in response to the
down-dragging forces along the subduction
interface. The mantle beneath the volcanic arc,
the sub-arc mantle, is hot enough to melt in
response to slab-derived fluid fluxing, hence it is
here where the onset of melting and arc magma
generation take place (Grove et al. 2009; England
and Katz 2010).

The crust overlying the mantle wedge can be
thick (ca. 20–40 km) continental crust (conti-
nental arcs) or thin (ca. 7 km) oceanic crust
(intra-oceanic arcs). An accretionary sedimentary
wedge may exist at the intersection of subducting
slab and overriding plate. However, at many
intra-oceanic arcs an accretionary wedge is
missing and thus all of the slab assemblages are
actively subducted, as in the classic case of the
Izu-Bonin-Marianas arc system (Savov et al.
2007; Fryer 2012). The composition and geom-
etry of the subduction interface between the
subducting slab and mantle wedge, generally
referred to as the subduction channel, is complex
and topic of intense research. It is fluxed by large
amounts of fluids and subjected to large tem-
perature gradients and high shear stresses, and
will be discussed in more detail in Sect. 9.3.

The thermal structure of a subduction zone is
dependent on the convergence velocity (V) and
age (A) of the subducting slab as well as the
angle of subduction d (Van Keken et al. 2002).
These different factors are captured by the ther-
mal parameter (U = V A sin d; Kirby et al. 1991;
Syracuse et al. 2010), where a high value means
a cold subduction zone. Modern thermal models
allow the temperature and pressure of the sub-
ducting slab to be calculated in sufficient detail to
be integrated into thermodynamical models of
metamorphic reactions occurring in the slab
(Marschall et al. 2007; Konrad-Schmolke and
Halama 2014; Walowski et al. 2015). However,
thermal models are still being refined and depend
strongly on assumptions regarding the depth and
extent of coupling between subducting slab and
overriding plate (e.g., Syracuse et al. 2010), in
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particular the slab surface temperature being
poorly constrained and the topic of much debate
(e.g., Penniston-Dorland et al. 2015). This still
leaves considerable uncertainty about the tem-
perature profile of the subduction interface and
the mantle wedge.

9.2.2 Subduction Metamorphism:
Sediments Including
Their Pore Waters

Sediments are volumetrically as well as compo-
sitionally the most diverse reservoir entering
subduction zones. They include biogenic carbon-
ates as well as silica, pelagic clays and continental
detritus (Fig. 9.3). Intra-oceanic arc trenches are
generally poor in terrigenous sediments and show
alternating deep (often volcanic ash-rich) marine
pelagic clays (examples: Ryukyu, Japan, Aleu-
tians, Kuriles, Kamchatka, Izu, Java, Tonga, N.

Antilles, S. Sandwich Isl.) and/or volcaniclastics
(Hikurangi, Vanuatu, Marianas, Costa Rica) from
the eroding or erupting nearby arc volcanoes.
Trenches near continental arcs receive highly
diverse material consisting of larger terrigenous
fractions (Nankai, Cascades, Chile, S. Antilles)
derived from the erosion of older cratons or
eroding younger mountain belts (Himalayas,
Andes, Alps). Based on the most recent compila-
tion of the lithology and chemistry of globally
subducted sedimentary piles (Plank 2014), the
thickness of the sediment sequences entering
subduction zones may vary from*100 m (Tonga
Trench) to >3 km (Andaman and Makran Tren-
ches), but on average is in the range of *500 m,
i.e., an order of magnitude less than the thickness
of the subducted oceanic crust (Fig. 9.3).

Boron concentration data of subducted sedi-
ments is relatively scarce (see Marschall 2017 for
a summary), with the majority of the data clus-
tering between 50 and 100 µg/g. The global

Fig. 9.2 Schematic cross-section of subduction zone
indicating major tectonic and geological features as well
as mineral stability fields, with minerals in ultramafic
lithologies in green and those in mafic lithologies in
purple (after Poli and Schmidt 2002). Inset shows detail

of serpentinization in the mantle wedge in cold and hot
subduction zones, respectively (after Reynard 2013).
Mineral abbreviations: cc calcite; dol dolomite; mag
magnesite; amph amphibole; zo zoisite; cld chloritoid; law
lawsonite; phn phengite

220 J.C.M. De Hoog and I.P. Savov



subducted sediment (GLOSS II) value for B is
68 ± 4 µg/g (Plank 2014).

Only few subducted sediment piles have been
methodically evaluated for B andB isotopes; these
include examples from the South Sandwich
Islands (Tonarini et al. 2011) and Japan (Ishikawa
and Nakamura 1993). The South Sandwich sedi-
ments have very high B contents (avg. 115 µg/g)
and highly variable d11B (avg. −4 ± 6.6‰). The
Japan trench sediments also have very high B
contents (avg. 96 µg/g) but with less variable d11B
(−3.3 ± 3.7‰), although significant differences
exist between sediment types, such as continental
detritus (d11B = −13 to −8‰), marine clays
(d11B = +2.3 to +9.2‰), biogenic carbonates
(d11B = +8.0 to +26.2‰) and biogenic silica
(d11B = +2.1 to +4.5‰; Ishikawa and Nakamura
1993). Sediment samples from the Aleutian
Trench (Leeman et al. 2004) have lower B con-
tents (*80 µg/g) and average d11B value of
−0.5 ± 1.9‰. Marine carbonates are generally
lacking B abundance data but can have very high
d11B (+14 ± 5‰; Simon et al. 2006). It is
important to point out that due to diagenetic pro-
cesses, B and d11B abundances in sediments and
their pore fluids vary dramatically with depth
(Toki et al. 2015), and thus a large bias of the B and
d11B values can be expected depending on where
in the sedimentary pile the sediments were
sampled.

Much of the pore waters and weakly bound
water in clays are lost during compaction and
diagenesis at shallow depths. As B strongly
partitions into such fluids, >80% of the sub-
ducted B is recycled in the fore-arc (You et al.
1995, 1996; Savov et al. 2007). Significant B
isotope fractionation takes place during diagen-
esis, as 11B is transported preferentially from
sediments to pore fluids during recrystallization
and dissolution of clay minerals, carbonates and
silica (Ishikawa and Nakamura 1993; Hüpers
et al. 2016; Saffer and Kopf 2016). The compo-
sitions of these fluids are largely inferred from
fluid-mineral fractionation factors (Palmer et al.
1987; Hervig et al. 2002; Sanchez-Valle et al.
2005; Wunder et al. 2005; Kowalski et al. 2013),
but are supported by recently recovered forearc
materials from the Nankai Trough forearc basin
(IODP Exp. 315, 316, 322, 333 and 338) and
Mariana forearc (serpentinite) mud volcanoes
(ODP Legs 125, 195, and recently completed
IODP Exp. 366).

In the Nankai Trough forearc, Hüpers et al.
(2016) observed decreasing B concentrations
upcore associated with increasingly isotopically
heavier B isotopic compositions (up to +49‰).
The authors attributed these signatures to vol-
canic ash alteration at depth and remobilization
of B via exchange with NHþ

4 . These findings are
in accord with the results derived from studies of

Fig. 9.3 Global sediment compositions and thicknesses
at subduction trenches (data from Plank and Langmuir
1998; Plank 2014). Abbreviations: Ton Tonga; Van
Vanuatu; HIK N.Zealand; Jav Java; Sum Sumatra; E.Su
E.Sunda; And Andaman; Mak Makran; IzuBon Izu-Bonin;
Mar Marianas; Jap Japan; Nan Nankai; Ryu Ryuku; Kur

Kurile; Kam Kamchatka; Ale Aleutians; AK Alaska; Cas
Cascadia; Mex Mexico; C.Am Central America-Costa
Rica; Gua Guatemala; Col Colombia; Per Peru; NAnt N.
Antilles; S.Ant S. Antilles; S.Ch S. Chile 45°; N.Ch N.
Chile 35° S; SSa South Sandwich
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sediments/fluids and borehole temperature mea-
surements from Barbados, Costa Rica, Taiwan,
Mediterranean Ridge, Mariana and the Nankai
Trough forearcs (Saffer and Kopf 2016). Com-
positions of fluids expelled from the shallow
decollement zone from these diverse shallow
forearc settings become systematically enriched
in B with isotopically lighter compositions with
progressive heating, burial, and distance from the
trench. The Saffer and Kopf (2016) study also
revealed that the largest geochemical signatures
of deeply sourced fluids should be expected in
warm subduction zones, because higher temper-
atures in the forearcs lead to earlier onset of clay
dehydration and desorption of a greater mass of
boron. An example is the non-accretionary
(warm) Western Pacific Mariana forearc, where
multiple expeditions managed to successfully
recover a record of depleted peridotite (harzbur-
gite) interactions with B-enriched and
slab-derived fluids forming large serpentinite
seamounts (“mud volcanoes”; Fryer 2012).
These slab-derived fluids have an extremely high
alkalinity (30 � seawater), a pH of *12.5 and
very high B concentrations (>3.2 mmol/kg, i.e.,
8 � seawater; Mottl 1992; Mottl et al. 2004)
with high d11B of ca. +9‰ (Savov et al. 2004).
These fluids were extracted from serpentinized
harzburgite muds and clasts that have also been
shown to have very high d11B values of ca.
+13‰ (Benton et al. 2001).

Large losses of B at shallow depth are also
supported by studies of metasediments. For
instance, continuous B loss with increasing
metamorphic grade was reported for a range of
metamorphosed sediments and basalts having
protoliths analogous to subducted marine sedi-
ments and basalts (Moran et al. 1992). Similar B
depletions of up to 70% were noted in
metasedimentary rocks from the Catalina Schist
in California, USA (Bebout et al. 1993), which
already showed large B losses at lawsonite
blueschist-facies conditions (ca. 350 °C,
1.0 GPa; Bebout et al. 1993, 1999).

Despite large losses in the shallow fore-arc,
the remaining sedimentary B can be transported
to great depths by white mica (phengite) ±
tourmaline (Bebout et al. 1993, 2007; Domanik

et al. 1993; Bebout and Nakamura 2003). Due to
its extremely high B content and large stability
field, tourmaline is potentially an important
reservoir but its abundance is highly variable and
its role is not well constrained (Marschall et al.
2009b; Van Hinsberg et al. 2011). Bebout and
Nakamura (2003) reported increasingly isotopi-
cally lighter prograde mantles of tourmaline from
Catalina Schist (d11B −7‰ down to −15‰) as
well as from Lago di Cignana, W. Alps (UHP
cores d11B −9 down to −13‰), and concluded
that fluids evolve their d11B signatures with
increasing slab depth. Likewise, Nakano and
Nakamura (2001) present evidence for growth of
tourmaline during breakdown of muscovite and
chlorite in metasediments from the HP Samba-
gawa Belt (Japan), resulting in little bulk B
removal or isotopic fractionation with increasing
grade. Prograde subduction-related rims on
detrital cores in metasediments from Syros,
Greece, have substantially higher d11B values
(on average +0.9‰; Marschall et al. 2008).
Tourmaline may persist to 860 °C at 0.7 GPa
(ca. 20 km depth) in B-rich granulite-facies
metasediments (MacGregor et al. 2013) and at
least 950 °C and 5.5 GPa in silica-undersaturated
rocks (Marschall et al. 2009b) and therefore
transfer B beyond the arc. On the other hand,
tourmaline breakdown accompanied by signifi-
cant B loss was reported during migmatization of
metapelites at ca. 725 °C at 0.5 GPa (ca. 13 km
depth; Kawakami 2001a, b), which suggests that
B transfer from tourmaline to sediment melt may
occur if enough water is present to induce sedi-
ment melting.

The role of phengite in subducting sediments
remains poorly constrained, even though it is a
major host for B. Its great P-T stability suggests
it will survive beyond the arc (Domanik and
Holloway 1996; Schmidt 1996; Johnson and
Plank 1999; Schmidt et al. 2004) and therefore
may contribute little to the overlying mantle
wedge, but hydrous melts from phengite break-
down are needed for the efficient extraction of K
and LILE (Hermann and Spandler 2008).

In summary, due to their low volume and
extensive B loss at shallow depths, sediments are
unlikely to carry much B to sub-arc depths, and
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any remaining B is locked up in tourmaline and
phengite. Therefore, the contribution of sedi-
ments to the B cycle occurs mainly at shallow
depths, where B-rich sediment-derived fluids flux
the overlying mantle wedge and B is readily
fixed in serpentinites. These serpentinites and
slab decollement mélanges may be dragged
down to greater depths and deliver B to arc
magma sources upon breakdown beneath the arc
(Hattori and Guillot 2003; Savov et al. 2005,
2007; Marschall and Schumacher 2012). In
addition, sediments are likely to contribute sig-
nificantly to the composition and rheology of the
subduction channel, the interface between sub-
ducting slab and overlying mantle wedge. Mix-
tures of aluminiferous sediment and ultramafic
mantle material will stabilize chlorite, a
water-rich mineral with a much higher thermal
stability than serpentine and may therefore per-
sist until sub-arc depth (Bebout 1991; Pawley
2003; Spandler et al. 2008; Padron-Navarta et al.
2010; Marschall and Schumacher 2012; Till et al.
2012; Cannaò et al. 2015). The role of shallow
slab-fluid modified mantle wedge serpentinites
and the subduction interface will be further dis-
cussed in Sect. 9.3.

9.2.3 Subduction Metamorphism:
Altered Oceanic Crust

Large sections of the oceanic crust have under-
gone extensive low to medium temperature
hydrothermal alteration near spreading ridges
and associated transform and detachment faults,
and are referred to as altered oceanic crust (AOC;
Smith et al. 1995). Compared to unaltered
(dry) oceanic crust, AOC is enriched in hydrous
minerals (including chlorite, epidote, zoisite,
vesuvianite, prehnite, zeolites, tremolite, talc,
brucite, serpentine) and may contain as much as
3–5 wt% H2O as well as high concentrations of
fluid-mobile elements, including B. AOC has a
variable B isotopic composition with d11B
ranging from −4‰ to +25‰ (Marschall 2017)
and an average of +3.4‰ (Smith et al. 1995).
This is considerably heavier than primitive ocean
floor basalts (d11B ca. −10 to 0‰; Marschall

2017). The high d11B of the AOC is directly
correlated with elevated bulk rock and mineral
87Sr/86Sr (often up to 0.707) and d7Li (up to
+20‰; Foustoukos et al. 2008), revealing that
seawater (with B *4.5 µg/g and
d11B = +39.6‰; Foster et al. 2010) is the ulti-
mate source for the hydrothermal fluids respon-
sible for the hydration reactions.

Ophiolites such as in Oman allow sampling of
the crust at depth and have shown downward
decreasing B concentrations (from 8 µg/g in
pillow lavas down to 1 µg/g in gabbros) with
increasing d11B (+5.5‰ in pillow lavas to +12‰
in gabbros), which reflects decreasing amounts of
hydrothermal alteration at increasing tempera-
ture. Importantly, the deep gabbroic sections,
which will dehydrate at greatest depth in the
subduction zone, have the highest d11B and still
contain about 30% of the total crust B inventory
(Yamaoka et al. 2012). In contrast, lower
water-rock ratios in the plutonic complex of the
Troodos ophiolite resulted in lower d11B values
(+4.5‰; Yamaoka et al. 2015), which suggests
that the boron isotopic composition of AOC at
depth strongly depends on local variations in
hydrothermal systems supplying B.

During subduction, pressure and temperature
of AOC will increase according to the thermal
regime of the subduction zone. In general, the
crust will undergo low temperature,
high-pressure blueschist to greenschist to high
pressure, high temperature eclogite facies meta-
morphism, during which the main hydrous min-
erals amphibole, chlorite, micas, epidote and
clinozoisite progressively lose water (Schmidt
and Poli 1998; Fig. 9.2). Boron, which is mainly
hosted by white mica (Domanik et al. 1993;
Marschall et al. 2006a), preferentially partitions
into the dehydration fluid and is gradually lost
from the residue (Mottl 1992; Mottl et al. 2004).

As the subducted slab is generally not avail-
able for direct sampling at depth, the B isotopic
composition of the crust and its fluids at each
particular depth must be estimated by indirect
means. Estimates mainly come from three dif-
ferent approaches: (1) the study of ophiolites that
represent exhumed formerly subducted terranes;
(2) thermodynamic modeling of the subducting
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slab and its fluids (Sect. 9.4) the composition of
arc magmas, particular those from intra-oceanic
arcs with little opportunity for crustal contami-
nation or subduction erosion (Sect. 9.5).

The closest equivalent to material from an
active subduction zone are blueschist clasts
recovered from serpentinite muds during ODP
Legs 125 and 195 in the Mariana forearc (Pabst
et al. 2012). These blueschists were metamor-
phosed at about 20–40 km depth and represent
material from a subduction mélange, i.e., a
mixture of slab-derived mafic material and (hy-
drated) ultramafic mantle wedge material. In situ
B isotopic analysis of silicate minerals from these
blueschists gave an average d11B value of
−6 ± 4‰, which is considerably lower than the
average AOC value of d11B = +3.4‰ and con-
sistent with loss of heavy B to the forearc at
shallow depth. This is also in agreement with
isotopically heavy d11B values of forearc ser-
pentine mud volcanoes and associated cold
springs on their summits and flanks (Mottl 1992;
Mottl et al. 2004; Savov et al. 2004, 2007; Fryer
2012). In essence, as the heavier isotope 11B
prefers the fluid phase (Hervig et al. 2002;
Wunder et al. 2005), AOC becomes increasingly
isotopically light with low d11B, with fluids
derived from the slab +20‰ (low T) to +5‰
(high T) heavier than the residue.

Examples of exhumed subducted oceanic
crust or subduction mélanges from
paleo-subduction zones have been reported from
Syros, Greece (Marschall et al. 2006a), the
Western Alps (Konrad-Schmolke et al. 2011;
Lafay et al. 2013; Angiboust et al. 2014; Halama
et al. 2014), the Franciscan Complex, California
(Bebout 1991; Moran et al. 1992; Bebout et al.
1993, 2007; Domanik et al. 1993; King et al.
2007) and Alaska (Moran et al. 1992). Data from
these terranes confirm that the subducting slab
becomes increasingly depleted in B but enriched
in 10B compared to 11B with depth. For example,
Peacock and Hervig (1999) reported d11B values
of −3 to −11‰ in hydrous minerals, mostly
white mica, in subduction zone rocks, consistent
with earlier loss of heavy B via dehydration
reactions. Subduction-related lawsonite-albite to
lawsonite−blueschist grade mélange material

from the Catalina Schist had d11B values of −2.3
to −12‰, consistent with slab restite (King et al.
2007). Loss of B during progressive dehydration
of meta-igneous rocks was also reported from
Syros (Greece), but no B isotope data was pre-
sented (Marschall et al. 2009a).

Based on the evidence above, AOC will have
little B left when arriving at sub-arc depths, other
than what is present in phengite, the amount of
which is strongly dependent on the K2O content
of the protolith (Marschall et al. 2007). Any
remaining B in dehydrated AOC will have a
strongly negative d11B signature. In addition,
oceanic crust may contain significant areas of
fresh or little altered minerals (Cann et al. 2015).
These areas may act as a sink of B in percolating
fluids if new hydrous minerals form, and delay
fluid release till deeper section of the subduction
zone,. All of these scenarios leave us with a
picture that most B leaves AOC at shallow
depths (but deeper than sediments) and little
beneath the arc. As most (>90%) of B is trans-
ferred to fluids, mass balance requires that the
pooled composition of these fluids is close to or
slightly higher than the composition of AOC
before subduction (+3.4‰; Smith et al. 1995).
As was the case for sediments, the heaviest
fraction, which is expelled at the shallowest
depths, may or may not be recycled into deeper
parts of the subduction zone through downward
convection in the mantle wedge (see Sect. 9.3).

9.2.4 Serpentinized Oceanic Floor
and Mantle

Peridotites are exposed at the seafloor (abyssal
peridotites), particularly in slow-spreading ridges
and near transform or detachment faults (Cannat
1993), but also make up the lithospheric mantle
underlying the oceanic crust. When peridotites
react with hydrothermal fluids they become ser-
pentinized, during which process olivine and
pyroxenes react to form serpentine, brucite, talc,
amphibole and magnesite. Due to their high
water contents (up to 13 wt% H2O), serpentinites
are the largest potential reservoir of fluids enter-
ing subduction zones (Scambelluri et al. 1995;
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Ulmer and Trommsdorff 1995). Serpentine is
also an important host for B, which fits well in its
crystal structure (Pabst et al. 2011).

Depleted MORB-source mantle has low B
(<0.1 µg/g) with d11B of ca. −7‰ (Marschall
et al. 2017). Interaction with hydrothermal fluids,
ultimately derived from seawater
(d11B = +39.6‰; Foster et al. 2010), results in
seafloor serpentinites with a large range of heavy
B isotopic compositions of ca. +5 to +40‰
(depending on the water-rock ratios) and very
high B contents of up to 90 µg/g (Spivack and
Edmond 1987; Boschi et al. 2008, 2013; Vils
et al. 2009; Harvey et al. 2014b; see Fig. 8.4 in
Marschall (2017) for a summary). Very little is
known about the composition and volume of
serpentinites in mantle directly underneath the
oceanic crust, which may form through deep
fluid-infiltration, e.g., during fracturing related to
bending of the oceanic plate near the trench (e.g.,
Ranero et al. 2003; Garth and Rietbrock 2014).
The amount of water held by serpentinites in this
part of the mantle is estimated to be equivalent to
2 wt% H2O in the upper 4 km of mantle (Hacker
2008), but is highly uncertain and strongly
dependent on the ability of fluids to penetrate to
such great depths, which has recently been
questioned (Korenaga 2017). The compositions
of those serpentinites, if present, are also uncer-
tain. It is assumed by some authors that the B
isotopic composition of these oceanic mantle
serpentinites is similar to that of abyssal ser-
pentinites (e.g., Konrad-Schmolke and Halama
2014), but the extent to which hydrothermal
fluids lose or gain B with depth and if their B
isotopic composition changes is essentially
unknown (Vils et al. 2009). A possible equiva-
lent can be found in ophiolites, but data is very
limited. Serpentinites from the Oman ophiolite
have d11B values from −4.7 to +10.0‰ (Lécuyer
et al. 2002), but little geological background of
these samples was provided and it remains
unclear if serpentinization happened on the sea-
floor or during or after ophiolite emplacement.

Abyssal and oceanic mantle serpentinites are
dominantly composed of the serpentine

polymorphs lizardite and chrysotile (the main B
hosts) plus various amouns of talc, brucite,
amphibole (Ca–Mg type: tremolite and/or acti-
nolite), relic peridotite minerals, oxides and
complex sulfides and sulfide-metal alloys. Upon
subduction, lizardite and chrysotile transform to
the serpentine polymorph antigorite at about
250–300 °C and will lose 1–2% water. At this
stage, 60–80% of B will also be lost (Scambelluri
et al. 2004; Deschamps et al. 2011; Kodolanyi
and Pettke 2011; Vils et al. 2011; Debret et al.
2013), but the limited available data suggest that
no B isotope fractionation occurs during this
transition (Scambelluri and Tonarini 2012). Fluid
release during the breakdown of brucite to oli-
vine (at ca. 450 °C) is limited by the generally
small amount of brucite. Despite the sizeable
shallow loss, considerable amounts of B carrying
their original heavy isotope signature are retained
in antigorite serpentinite (5–30 µg/g; Deschamps
et al. 2011; Scambelluri and Tonarini 2012) until
extensive dehydration during antigorite break-
down occurs at ca. 650–700 °C. Note that this
contrasts with the continuous B loss and isotope
fractionation that occurs in subducting sediments
and AOC (Sects. 9.2.2, 9.2.3). Depending on the
thermal profiles of the subduction zones, the
breakdown of serpentinite in the subducted slab
occurs at 90–200 km depth, i.e., (partially)
underneath the volcanic arc front except in the
coldest subduction zones (Van Keken et al.
2011).

As was the case for AOC, much of our
understanding of B behavior in serpentinites is
based on the study of exhumed formerly sub-
ducted terranes, although the setting of these
(subducted vs. mantle wedge) is not always clear.
The Miocene Cerro del Almirez complex, Spain,
is the only known occurrence of a
subduction-related serpentinite dehydration front
exposed in the field (Trommsdorff et al. 1998;
Padrón-Navarta et al. 2011). Here, with increas-
ing metamorphic grade an antigorite serpentinite
with heavy B isotope signature (d11B = +22‰)
breaks down to form chlorite harzburgite with a
d11B = +6 to −3‰, seemingly indicating
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significant B isotopic fractionation during ser-
pentinite dehydration (Harvey et al. 2014a).
However, as no accompanying decrease in B
concentration was observed, dehydration of the
antigorite serpentinite was probably an
open-system process assisted by the influx of 10B
rich sediment-derived fluids (Harvey et al.
2014a). In the Erro-Tobbio peridotite massif in
Voltri (Ligurian Alps, Italy), increasing meta-
morphic grade (from greenschist facies up to
partial serpentinite dehydration in eclogite facies)
resulted in little change of d11B (ca. +20‰ on
average) despite B being lost with increasing
metamorphic grade (Scambelluri and Tonarini
2012). However, it remains unclear how much B
isotope fractionation occurs during final

serpentinite dehydration (antigorite-out isograd).
Olivine as a residual phase may contain signifi-
cant boron (Scambelluri et al. 2004; Tenthorey
and Hermann 2004; De Hoog et al. 2014), which
is in trigonal coordination (Ingrin et al. 2014) as
opposed to B in serpentine (tetrahedral). As 11B
favors the trigonal site, equilibrium fluid may
have lighter d11B than the host serpentinite. In
addition, most of the localities described above
contain Ti-clinohumite, a hydrous magneisan
mineral that may contain significant B (De Hoog
et al. 2014). More work is needed to better
understand the fate of B during antigorite
breakdown and during deep subduction of
metamorphic olivine, which also bears relevance
to deep B recycling (Sect. 9.6).

Fig. 9.4 Boron isotopic compositions of
subduction-related serpentinites. Color coding according
to analytical technique: whole rock TIMS (blue), in situ
LA-MC-ICP-MS (yellow), in situ SIMS (green), whole
rock ICP-MS (red). Dots represent individual samples,
open boxes represent compositional ranges of multiple
samples. DMM depleted MORB-source mantle; HP high
pressure; srp serpentinite; atg antigorite; chl chlorite; ol

olivine; grt per garnet peridotite. Data sources: 1
Marschall (2017) and references therein; 2 Lécuyer
et al. (2002); 3 Benton et al. (2001); 4 Pabst et al.
(2012); 5 Scambelluri and Tonarini (2012); 6 De Hoog
et al. (2014); 7 Harvey et al. (2014a); 8 Cannao et al.
(2015); 9 Cannao et al. (2016); 10 Martin et al. (2016); 11
Angiboust et al. (2014)
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9.3 Mantle Wedge Processes
and the Subduction Interface

9.3.1 Boron Isotope Composition
of Mantle Wedge
Serpentinites

Shallow parts of the mantle wedge (10–40 km)
are extensively serpentinized by fluids derived
from forearc dehydration of the subducting crust
(Reynard 2013) and may be transported into
deeper parts of the mantle wedge through sub-
duction erosion or mantle wedge corner flow
(Tatsumi 1989; Straub and Layne 2002; Hattori
and Guillot 2003; Straub and Layne 2003;
Deschamps et al. 2010). The extent to which the
forearc is serpentinized depends on age of the
incoming slabs, as the degree of slab hydration
increases with age, whereas temperatures
decrease. Hotter slabs like the ones subducted
underneath the Cascades, Panama and S. Chile
release more fluids at shallow levels (Reynard
2013, and references therein). Significant
amounts of B may be fixed in these mantle
wedge serpentinites (Deschamps et al. 2010),
which will have a heavy B isotope signature as
evidenced by the forearc serpentinites drilled in
the non-accretionary Mariana arc-basin system
(Benton et al. 2001) at Conical Seamount
(d11B = +5 to +25, average +13‰; Benton et al.
2001) and at South Chamorro (d11B = +11 to
+18, average +13‰; Savov et al. 2004; Savov,
unpublished data). These high d11B values are
consistent with those predicted by fluid-mineral
B isotope fractionation modeling (Spivack et al.
1987; You et al. 1995; Konrad-Schmolke and
Halama 2014). Exhumed mantle wedge material
supports heavy B isotope signatures. Scambelluri
and Tonarini (2012) argued that high d11B values
from Erro-Tobbio serpentinites (+7 to +23‰,
average ca. +15‰) were consistent with an ori-
gin as mantle-wedge material. Similarly, antig-
orite serpentinite from Cerro del Almirez has a
heavy B isotope signature (d11B = +22‰; Har-
vey et al. 2014a). Although these have been
interpreted to be of oceanic origin (Alt et al.
2012), estimated P-T conditions (680–710 °C at
1.6–1.9 GPa; Padrón-Navarta et al. 2011) and

metasomatism by sediment-derived fluids
accompanying dehydration (Harvey et al. 2014a)
are more consistent with a mantle wedge origin.
Due to these high d11B values reported for
forearc serpentinites, the heaviest d11B values
reported in arc volcanics (up to +20‰; Tonarini
et al. 2011) have been attributed to subduction
erosion and incorporation of forearc serpentinite
mélanges to their sources. Note, however, that
some ocean-floor serpentinites as well as
sea-floor carbonates may have similarly high
d11B signatures (Sects. 9.2.2, 9.2.4). In addition,
a recent study suggests that not all mantle wedge
serpentinites have high d11B values. Exhumed
mantle wedge serpentinite mélanges from the
Guatemala Suture Zone span a wide range from
−15.3 to +9.7‰ (Martin et al. 2016), consider-
ably lower than forearc serpentinites presented
above. Metasomatism by sediment-derived
fluids, which will lower d11B values (Cannaò
et al. 2015; 2016), was excluded due to the lack
of sediments in the area. The authors explain the
relatively light d11B values by serpentinization of
the subduction channel by 11B-depleted
AOC-derived fluids at ca. 50–70 km depth, and
suggest that mélange serpentinites with negative
d11B may be quite common. Hence, like the
subducting slab, the mantle wedge may become
gradually isotopically lighter with depth.

9.3.2 Role of the Subduction
Interface in B Recycling

Due to its highly dynamic nature, processes at the
subduction interface are necessarily complex
(Peacock 2001; Vannucchi et al. 2012). It is
thought that subduction channels at the interface
play a critical role for upward mass transport and
focusing fluid flow (Bebout 2013; Reynard 2013;
Angiboust et al. 2014; Hyndman et al. 2015;
Harlow et al. 2016). Early thermal models of
subduction zones suggested that the mantle wedge
directly overlying the slab surface was cold
enough for serpentine to be stable (Peacock 1990;
Peacock and Hervig 1999; Hattori and Guillot
2003), but more recent models predict a hot slab
interface beyond the ‘cold nose’ (>60–80 km
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depth) with temperatures in excess of 700 °C,
which is too hot for serpentine to persist (Van
Keken et al. 2002, 2011; Syracuse et al. 2010).
This rules out serpentinite as the reservoir trans-
porting B and other fluid-mobile elements from
the front arc to the sub-arc mantle. Instead, an
important role for chlorite has been proposed, as
chlorite schists are commonly observed in sub-
duction mélanges and recovered from the cur-
rently active Mariana Forearc (Savov et al. 2004;
Pabst et al. 2011; Fryer 2012) and form when
ultramafic material mixed with Al-rich material
such as pelitic metasediments or mafic oceanic
crust (Bebout and Barton 2002; Spandler et al.
2008; Marschall and Schumacher 2012). How-
ever, chlorite typically contains less B than ser-
pentine (Marschall et al. 2006a).

Boron isotopes provide opportunity to unravel
subduction interface processes. Several studies
provide evidence for complex fluid pathways.
Eclogites from oceanic crust making up the
Monviso Complex (Western Alps) show evi-
dence of fluid infiltration at high-pressure con-
ditions (Angiboust et al. 2014). Boron isotopic
compositions of phengite within metasomatic
rinds (0 to +7‰) point to fluids derived from
dehydrating serpentine (−4 to 0‰). These fluids
probably partially re-equilibrated with mafic and
sedimentary lithologies whilst travelling upwards
along large subduction-related shear zones in the
oceanic crust. In contrast, Marschall et al.
(2006b) report very high d11B values of +18 to
+28‰ for subduction channel fluids in subduc-
tion mélange from Syros. Halama et al. (2014)
reported B loss from phengite rims in eclogitic
micaschists from the Sesia Zone (subducted
continental crust) due to retrograde fluid infil-
tration, but no associated B isotope fractionation,
and strongly negative values overall (d11B = −15
to −9‰). Amphibolite-facies mélange matrix
within the Catalina Schist displays d11B values
of −3.3 to +3.7‰ consistent with infiltration by
slab-derived fluids of sedimentary origin (King
et al. 2007). Chlorite harzburgites from Cima di
Gagnone, Central Alps (Cannaò et al. 2015;
Scambelluri et al. 2015), which represent com-
pletely dehydrated serpentinites within an ancient
subduction mélange, have light d11B (−3 to

−9‰). These low values were attributed to
interaction with sediment-derived fluids during
prograde metamorphism. Sediment-derived
fluids were also implicated in resetting of B
isotope composition of mylonitic serpentinites
near Vara in the Voltri Massif, which have d11B
of +17 to +22‰, whereas undeformed serpen-
tinites have d11B of +26 to +30‰ (Cannaò et al.
2016). The variety of processes and B isotope
values above demonstrates that B isotopes cannot
simply be used to infer the origin of slab
interface-related rocks, but instead provide a
powerful tool to reconstruct their fluid history.

9.4 Modelling of B Isotope
Fractionation During
Subduction

The first studies to explain the range of d11B in
subduction-related young volcanic rocks used
binary or ternary mixing models with composi-
tions of AOC ± serpentinite, sediments and
mantle as endmember reservoirs with no con-
sideration of (at the time unknown) fluid-solid B
isotope fractionation (e.g., Palmer 1991; Ishi-
kawa and Tera 1997; Smith et al. 1997; Ishikawa
et al. 2001).

In a ground-breaking study, Peacock and
Hervig (1999) reported for the first time that B
concentrations and d11B of subducted material
decreased with increasing metamorphic grade
due to B isotope fractionation between dehy-
dration fluids and the slab itself. These authors
developed a Rayleigh fractionation model to
explain the observed range of d11B compositions
taking into account temperature-dependent frac-
tionation during B release from 25 to 725 °C
(D11Bfluid−residue = +20‰ to +5‰). As the slab
becomes isotopically lighter upon burial, transfer
of B in fluids was required to explain the positive
d11B values common in nearly all arc volcanic
rocks (average d11B = +3.2 ± 6.2‰ 1r;
Sect. 9.5.2).

Many studies since have used a similar mod-
eling approach (e.g., Bebout and Nakamura
2003; Rosner et al. 2003; King et al. 2007).
These works reinforced the concept that

228 J.C.M. De Hoog and I.P. Savov



across-arc d11B trends can be explained by iso-
tope fractionation during progressive metamor-
phism of the slab, instead of mixing of various
amounts of 11B-enriched and 11B-depleted fluids
as in the earlier studies.

A somewhat alternative approach was taken by
Rose et al. (2001), who attempted to couple B
fractionation to the amount of slab dehydration
(water loss). The benefit of this approach is that it
also predicts B concentrations in subduction
fluids. However, their model used a very low KB

D

rock/fluid of 0.015 and a constant value for D
11Bfluid

−solid of +5‰, which resulted in 99% of B being
lost after only 7% dehydration and in unrealisti-
cally large isotopic shifts of the residual slab,
down to d11B = −15‰, for onlyminimal amounts
of fluid loss. The same model was adopted by
Bouvier et al. (2008, 2010) with the addition of
serpentinite as a fluid and B source. The authors
assumed the same solid-fluid fractionation for all
lithologies (+5‰) and temperatures.

Marschall et al. (2006b) developed a stepwise
mass balance-based dehydration model which,
like the model by Rose et al. (2001), predicted
water loss in combination with B depletions.
Prograde metamorphism can be modeled as
small steps of batch dehydration, an approach
adopted in several B isotope studies aimed at
identifying fluid sources in subduction zones
(Tonarini et al. 2007, 2011; Scambelluri and
Tonarini 2012). The model was refined further
by Jones et al. (2014), who incorporated the
thermal regime of the subduction zone in their
dehydration scenarios in order to calculate more
realistic water and B fluxes from different seg-
ments of the subducting slab.

All of the above models use a bulk fluid-solid
fractionation factor, which ignored the influence of
changes in mineralogy of the subducting slab and
therefore have limited physical basis for modeling
fluid release rates. However, significant progress
has been made in recent years in the thermody-
namic modeling of mineral reactions in the sub-
ducting slab and thermal models of subduction
zones. This allows the calculation of the release of
fluids or melts from the slab in response to its
mineralogical makeup at the dehydration sites

(Rüpke et al. 2004; Marschall et al. 2007; Hacker
2008; VanKeken et al. 2011;Wada et al. 2012). By
integrating fluid-mineral partitioning and isotope
fractionation data with thermodynamic considera-
tions, forward models of fluid-mobile element
release from the slab and their isotopic signatures
can be derived. For B inAOC this was first done by
Marschall et al. (2007), who also pointed out the
importance of K2O content and associated stability
of phengite in the slab on the B isotope composition
of slab-derived fluids. This forward modeling
approach was recently expanded to include addi-
tional subduction zone lithologies (sediments, ser-
pentinites, metasomatised mantle wedge) using 2D
thermal models instead of single P-T paths
(Konrad-Schmolke and Halama 2014;
Konrad-Schmolke et al. 2016). A B isotope frac-
tionation model for the Kamchatka arc thus devel-
oped successfully reproduced the measured
across-arc B isotopic variations (Fig. 9.5).

Although extremely capable, these models are
still reliant on uncertain P-T profiles of subduc-
tion zones (e.g., Penniston-Dorland et al. 2015)
and largely ignore fluid transport mechanisms

Fig. 9.5 Model-predicted B isotopic composition of
various units in the Kamchatka subduction system,
including the mantle wedge overlying the subducting
slab (after Konrad-Schmolke et al. 2016). The thick blue
line represents the subduction interface. Green lines
indicate mineral stability fields. Mineral abbreviations:
Atg antigorite; Amph amphibole; Chl chlorite; Tlc talc;
Law lawsonite
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from slab to magma source region. Also, the
subducted slabs are not homogeneous in volume,
composition and physical properties as they may
contain fracture zones, oceanic plateaus, etc.
which need to be included in the modeling
(Wada et al. 2012). As an example, elevated B/Zr
in arc volcanoes sampling subducted fracture
zones (B isotope data do not yet exist) was
interpreted to reflect higher water-rock ratios and
involvement of excess hydrous minerals using
numerical modeling of the subduction zone
thermal structures (Manea et al. 2014). In addi-
tion, temporal variations in material entering the
subduction zone (Jones et al. 2014), physical
erosion of serpentinized forearc
serpentinite/blueschist or mélanges (Tonarini
et al. 2011) and mantle wedge transport pro-
cesses such as mélange diapirs (Marschall and
Schumacher 2012) also need to be considered. In
spite of these complexities, the integrated mod-
eling approach developed by Marschall et al.
(2007) and Konrad-Schmolke and Halama
(2014) sets a benchmark for future research in
fine-tuning our understanding of the B cycle and
ultimately the cycle of other volatiles in sub-
duction zones.

9.5 Boron Isotope Signature
of Volcanic Arcs

Boron isotopic compositions of volcanic arc
rocks have been studied for nearly three decades
(Ishikawa and Nakamura 1994; Leeman 1996).
This long history is partly due to relatively high
B abundances in volcanic arc rocks (usually
several to tens of µg/g; Ryan and Langmuir
1993; Ishikawa and Nakamura 1994; see
Fig. 9.6) compared to ocean floor basalts
(<3 µg/g; Marschall 2017) as well as rapid ana-
lytical developments in plasma spectroscopy and
mass spectrometry since the 1990s (Nakamura
et al. 1992; Tonarini et al. 1997) and was
accelerated by the production of volcanic arc
rock standards (Tonarini et al. 1997; Gonfiantini
et al. 2003; Rosner and Meixner 2004; see also
Chaps. 1 and 2 of this volume). The use of boron
and its isotopes for the study of volcanic arcs was
further driven by the discovery of 10Be as a
unique cosmogenic tracer of sediment subduc-
tion (Tera et al. 1986) and the subsequent find
that B/Be was a similarly powerful tracer of
crustal recycling (Morris et al. 1990; Ryan et al.
1995).

Fig. 9.6 Compilation of B concentrations in arc volcanic
rock (Green and Savov, unpublished), showing that most
arcs have high B abundances compared to primitive
mantle (0.19 µg/g; Marschall et al. 2017) and ocean floor
basalts (0.4–2.5 µg/g; Marschall et al. 2017). It also

reveals that the hot and mafic arcs overlying relatively
young slabs (S. Cascades and the Garibaldi Volcanic
Field of the N. Cascades; Solomons) have the lowest B
concentrations, most probably due to extensive shallow
devolatilization (Savov et al. 2007; Hyndman et al. 2015)
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Early studies of the boron isotopic composi-
tion of arc lavas interpreted the data as binary
mixtures between a subduction fluid (with high
d11B) and mantle boron (Ishikawa and Nakamura
1994; Leeman 1996; Tonarini et al. 2001), with
volcanic front magma sources being most
strongly influenced by B-rich fluids. The dis-
covery that the B isotopic composition of
slab-derived fluids becomes progressively lighter
with depth (Peacock and Hervig 1999; Rose et al.
2001; Rosner et al. 2003), consistent with high
d11B fluid outfluxes in the shallow forearc of the
Izu-Bonin-Mariana (IBM) arc system (Mottl
et al. 2004; Savov et al. 2004), provide an
alternative explanation for cross-arc d11B trends.
However, the increasingly light slab was difficult
to reconcile with the heavy B isotope ratios
observed in many arcs if these fluids were orig-
inating strictly from the deeply subducted sedi-
ments and altered oceanic crust alone. This led to
consideration of alternative fluid sources with
heavy B isotope ratios, in particular serpentinites
(Tonarini et al. 2007, 2011; Bouvier et al. 2010;
Scambelluri and Tonarini 2012). The role of
serpentinites is still somewhat controversial as
key subduction zone tracers are not abundant in
the serpentinites and it is therefore difficult to
unequivocally link d11B and B variations with
serpentinite dehydration. In addition, experi-
mental studies of serpentinite dehydration
behavior under sub-arc conditions are limited
(Tenthorey and Hermann 2004; Padron-Navarta
et al. 2010).

In the following sections we aim to further
elucidate these issues based on available volcanic
arc B isotope data from the literature, a database
of which has been compiled for the purpose of
this chapter.

9.5.1 Global Boron Isotopic Database
from Volcanic Arcs

Our database contains about 130 arc volcanic
rocks with high quality d11B data that have also
been analyzed for their B concentrations, major
and trace elements, and commonly used radio-
genic isotopes, such as Sr and Nd. Our review is

based on nearly 75 of these rocks with MgO >4
wt%, which include datasets from Kamchatka
(Ishikawa et al. 2001), Kuriles (Ishikawa and
Tera 1997), Japan (Moriguti et al. 2004),
Izu-Bonin (Ishikawa and Nakamura 1994; Straub
and Layne 2002), the Tonga-Kermadec arc
(Leeman et al. 2017) and the Marianas (Ishikawa
and Tera 1999). The rest of the d11B studies are
from three continental arcs: the Cascades (Lee-
man et al. 2004; note melt inclusions from this
arc reported by Walowski et al. 2015), the Andes
(Rosner et al. 2003; note melt inclusions from
this arc reported in Jones et al. 2014), and Central
America (El Salvador; Tonarini et al. 2007), and
from an Atlantic intra-oceanic volcanic arcs, the
South Sandwich arc (Tonarini et al. 2011). We
excluded the Aeolian Island arc from our dis-
cussion as these samples show evidence of con-
siderable crustal assimilation (Tonarini et al.
2001) and no reliable subduction parameter data
are available (Syracuse and Abers 2006). The B
isotope ratios reported and reviewed here are
independent from the variations in the loss on
ignition (LOI), which argues against modifica-
tion of B isotope signals by secondary, post
eruption modifications/alterations.

Before we attempt to make any generaliza-
tions about controls on B isotope variations in
volcanic arc settings, we want to point out some
surprising features of the published d11B data-
base (and accompanying trace element and iso-
tope data). First, although B abundance data are
available for most volcanic arcs (see Fig. 9.6),
the amount of mafic arc volcanic rocks
(MgO >4 wt%) with high quality d11B data is
limited. Although the B isotopes are largely
unaffected by shallow fractionation processes,
the same cannot be said for trace elements, and it
is therefore that we base our review primarily on
primitive arc rocks.

Second, there is a bias in the global arc vol-
canic B database towards intra-oceanic volcanic
arcs, which are studied preferentially to avoid
influence from continental crust. Just in the last
few years the Izu-Bonin region of the W. Pacific
has been drilled during four different expeditions,
recovering hundreds of meters of core. Accord-
ingly, many elemental and isotope “Subduction
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Factory” studies, including the systematics of
fluid-mobile elements like boron, have been
conducted at these tectonic settings and roughly
75% from the reported global arc d11B data are
derived from the Western Pacific region.

Finally, it is worth noting that still no high
quality B isotope data is available for long arc
segments (including Alaska, Aleutians,
Bismarck-New Britain, Colombia, Panama,
Guatemala, Mexico, Central America, Southern
Chile, New Zealand, Vanuatu, Aegean and Bis-
marck), and that as of yet no published data
exists for slab melts (i.e., adakites sensu stricto)
and boninites.

9.5.2 Variations of Boron Isotope
Signatures
with Subducting Slab
Parameters

Boron is an incompatible element and, therefore,
shows elevated concentrations in all arc volcanic
rocks with respect to the upper mantle
(<0.1 µg/g; Fig. 9.6). In addition, B abundances
in arc volcanic rocks show evidence of extensive
fluid-rock interactions in magma sources, as
originally proposed in the pioneering paper by
Ryan and Langmuir (1993). The range in B in all
arc rocks is 1.3–36.6 µg/g, with an average B
concentration of ca. 12 µg/g, the highest values
coming from the Aeolian and Tonga arcs
(Fig. 9.6). This compares to ca. 0.4–2.5 µg/g for

MORB (Marschall et al. 2017). The mafic vol-
canic arcs that are formed above relatively
young, hot subducted slabs (Cascades, Solomon
arc) have the lowest B concentrations, probably
due to early (forearc) devolatilization reactions
and associated B loss (Savov et al. 2007; Hyn-
dman et al. 2015).

Boron isotope variations in arc rocks show a
dramatically large range of ca. 25‰
(d11B = −9‰ to +16‰) with an average d11B
value of +4.1 ± 6.2‰ for rocks with MgO >4
wt%, and only slightly lower d11B value of
+3.2 ± 6.2‰ when including evolved arc rocks
(andesites to rhyolites; MgO <4 wt%). Com-
pared to the d11B value of −7.4 ± 2.6‰ for
ocean floor basalts (Marschall et al. 2017), arc
volcanics have consistently more B and more
variable (and on average higher) d11B values
(Fig. 9.7).

Boron isotopic compositions of arc volcanics
show significant correlations with subduction
zone geometry (listed in Table 9.1).
Complex/multi-variable relationships between
convergent margin geometry and B isotope
geochemistry exist (Fig. 9.8). Figure 9.8a shows
a negative correlation between d11B and the
trench–arc front distance (Leeman et al. 2004;
Marschall et al. 2007; Pabst et al. 2012; this
chapter). This suggests that arc volcanic fronts
that are furthest away from the trench experience
a smaller impact from the subducting slab fluids
as these fluids tend to be released primarily in
close proximity to the trench (Savov et al. 2007;

Fig. 9.7 Variation of d11B
values of arc volcanic rocks
with B concentrations, only
including rocks with MgO >4
wt%
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Hyndman et al. 2015). Accordingly, due to the
lack of significant slab B input, the subarc
mantle signature will be dominant and associated
arc volcanics tend to have MORB-like d11B
values (e.g., Cascades; Leeman et al. 2004). This
is confirmed by trace-element variations, as hot
slabs that dehydrate early, like the one beneath
the Cascades, tend to have the smallest B/Ce
ratios (0.02–0.2) compared to other arcs. This is
in contrast to arcs that have volcanic fronts
proximal to the subduction trench and thus
experience the effects of voluminous early fluid
loss to a much lesser extent (e.g., S. Sandwich;
Tonarini et al. 2011).

Additional evidence for slab geometry control
of the d11B signatures of volcanic arc magmas is
apparent from d11B variations with slab dip
angle. Arcs overlying flat slabs (such as the
Kurile and Cascades arcs) show consistently
more negative d11B values than arcs overlying
steep slabs (such as the S. Sandwich arc;
Fig. 9.8b). Surprisingly, there is no clear corre-
lation between B isotopic variation of the arc
rocks and the thermal parameter U of the sub-
duction system, where U = subducting plate
velocity � its age � the sine of its dip angle
(Kirby et al. 1991), with high values indicating
cold slabs. For example, both the Cascades and
South Sandwich arcs have “hot” slabs
(Table 9.1), yet these show extremely contrast-
ing d11B signatures (Fig. 9.8c). Although the
slab dips can also be affected by differences in
the convergence rate and/or the presence of
topographic anomalies like aseismic ridges (e.g.,
near Ecuador), the described relationships may
indicate that correlations of d11B with slab dip
and trench distance are perhaps not due solely to
subduction zone thermal structure. We also note
there is no correlation between depth of the slab
top beneath volcanoes and their d11B signatures
(Fig. 9.8d).

We hypothesize that flat slabs reside much
longer and thus dehydrate more efficiently
under the forearcs, stripping the boron from the
slabs and extensively fractionate the slab resi-
dues. The slab residues that continue with the
subduction process toward the subarc mantle
are so low in boron concentrations that,Ta
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although highly fractionated, they play an
insignificant role in governing the arc front
magmatic signatures; hence the similarity
between the samples from the classical hot arcs
(Cascades) and MORB. Thus, d11B signatures
in arc volcanic rocks appear to reflect a unique
combination of thermal structure of subduction
zones, the depths of occurrence and the geom-
etry of the metamorphic dehydration zones near
the subducting slabs. As the slab geometry
controls the thermal structure of a subduction
zone, which in turn determines where dehydra-
tion reactions take place and where fluids and
thus B is released into the overlying mantle
wedge, this ultimately impacts the gradual
decrease in B abundances and d11B values with
increasing slab depth (see Sect. 9.2). Covaria-
tion of B with key major and trace elements and
radiogenic isotopes should therefore take into
consideration the impact of the geometry of
each volcanic arc or relevant arc segment.

9.5.3 Variations of Boron Isotope
Signatures
with Geochemical Proxies

Here we explore co-variations of boron isotopes
with other geochemical parameters to highlight the
potential use of d11B values in support of key
tectonic/subduction zone geometry insights that are
usually derived from seismology, numerical mod-
eling or trace elements and radiogenic isotope
studies. Themajority of the samples in our database
are basalts and basaltic-andesites, and predictably
theMgOor the SiO2 content of these rocks does not
correlate with d11B (Fig. 9.9a, b), as B isotope
ratios are insensitive to crystal fractionation due to
the low B concentrations in phenocryst assem-
blages (e.g., Jones et al. 2014). In fact, the only
correlations between the global d11B in arcs and
their major element concentrations are the negative
correlations of d11Bwith Na2O (Fig. 9.9c) and, to a
lesser extent, TiO2 (Fig. 9.9d) and P2O5

Fig. 9.8 Variation of d11B
values of arc volcanic rocks
with key convergent margin
parameters: b the distance of
the volcanic arc front relative
to the subduction trench; a the
steepness of the subducting
slabs as reflected by their dip
angles, c the thermal
parameter U of the subduction
systems and d depth of slab
top beneath volcano. See
Table 9.1 for convergent
margin parameters
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(not shown). These particular major elements are
enriched in hot (and often more alkaline) subduc-
tion zones with young slabs (Cascades, C. Amer-
ica) and those tend to have lighter d11B values at
similar SiO2 or MgO contents.

Boron isotopes appear to be positively corre-
lated with Sc and negatively correlated with
widely used subduction zone tracers like Sr, Zr
and Nb (see discussion of B/Nb ratios below).
Consequently in arcs with hot slabs, which have
low Sc whereas Sr, Zr and Nb tend to be elevated
(abundance patterns typical for subducted basaltic
crust), d11B is low (Fig. 9.10). It seems that the
low d11B in these arcs is related to the involvement
of extensively dehydrated and nearly B-free (and
increasingly 11B-depleted) sediment and/or mod-
ified altered oceanic crust (AOC) additions (see
Sect. 9.2), leaving the ambient mantle to dominate
B isotope signatures. This is also supported by the
low B/Ce ratios in these same samples (see
below). Although it is tempting to then explain the
high d11B of arc rocks by these sourcing slabs that

have undergone less dehydration and therefore
being richer in B as well as having higher d11B
signatures, trace element and isotope systematics
do not support such a scenario. The most com-
monly used sediment tracers in subduction zones,
the radiogenic isotope ratios of Sr, Nd, Hf and Pb,
do not co-vary with d11B in the global (mafic) arc
dataset (Fig. 9.11a). An exception is 87Sr/86Sr,
which appears to be somewhat elevated in the arc
rocks with high d11B, although there is consider-
able scatter (Fig. 9.11b). Indeed, mixing between
MORB and GLOSS II sedimentary inputs clearly
fails to explain the d11B, Sr and Nd isotope vari-
ations in our dataset (Fig. 9.11). Instead, arc vol-
canics appear to define an array between MORB
and forearc-modified serpentinites from the Mar-
ianas (ODP Legs 125 and 195; Benton et al. 2004;
Savov et al. 2005, 2007; Fig. 9.11 and 9.12).

Thus, it appears that the d11B values of arc
rocks are controlled by the involvement of
non-sedimentary, non-crustal but yet ultimately
slab-derived material. The only such available

Fig. 9.9 a–d d11B ratios in
arc volcanic rocks with
MgO >4 wt% contrasted
against major element
concentrations; a d11B versus
MgO; b d11B versus SiO2;
c d11B versus Na2O; d d11B
versus MgO. Note that while
Izu, and South Sandwich arcs
are similar in their MgO and
SiO2, these tend to have
dramatically different Na2O
and TiO2 contents, perhaps
highlighting the importance of
the degree of slab melting
involved. d11B are usually
lower in hot arcs (e.g.,
Cascades), where it is
indistinguishable from
MORB. Symbols are the same
as for Fig. 9.7. Only rocks
with MgO >4 wt% are shown
here
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source underneath the volcanic arc front are ser-
pentinites, either as subducted forearc-modified
serpentinites (Hattori and Guillot 2003; Savov
et al. 2005; 2007; Pabst et al. 2011), serpentinite
mélanges overlaying the subducting slabs (Snyder
et al. 2004; Spandler et al. 2008; Marschall and
Schumacher 2012;Martin et al. 2016), or hydrated
oceanic mantle forming the lower part of the
subducting slab (Hacker 2008; Spandler and Pir-
ard 2013; Konrad-Schmolke et al. 2016). These
have been shown to dramatically impact arc
magma d11B compositions and yet show little
other effects to the radiogenic isotopes and the
major and most trace elements (Tonarini et al.
2007, 2011; Marschall and Schumacher 2012;
Scambelluri and Tonarini 2012).

Additional evidence for sources of B can be
derived from systematic d11B variations with
trace-element ratios widely used in subduction
zone studies. In Fig. 9.12 we show the d11B
values of arc rocks against Nb/B and Zr/B ratios,
respectively. These ratios are particularly useful
as they contrast an element with highly fluid

mobile behavior (B) against elements with a
highly fluid-immobile nature (Zr, Nb; Noll et al.
1996; Leeman et al. 2004; Tonarini et al. 2011).
Collectively, these ratios have been repeatedly
shown to vary across arcs, decreasing behind the
volcanic front, with gradually diminishing vol-
umes of available slab fluids (and thus B) with
depth (Ishikawa and Tera 1997; Tonarini et al.
2001; Leeman et al. 2004).

The same relationship is shown amongst
volcanic arcs worldwide (Fig. 9.12): the d11B
values of arc rocks show negative correlations
with Nb/B and Zr/B ratios. The rocks with low
d11B values (and high Nb/B) are those from hot
and shallow arcs, consistent with a decreased role
of subduction fluids in a mantle-dominated sig-
nal, as for these subduction systems (i.e., Cas-
cades), boron is effectively lost in the forearc
region (Mottl et al. 2004; Savov et al. 2004).

Samples representing high d11B arcs are rich
in boron (have low Nb/B ratios) and these are
hard to explain if we only consider sediments and
AOC as possible boron sources. The reason is

Fig. 9.10 a–d d11B values in
arc volcanic rocks with
MgO >4 wt% contrasted
against key trace-element
concentrations widely used in
subduction zone studies:
a d11B versus Sc; b d11B
versus Sr; c d11B versus Zr;
d d11B versus Nb. Note that
the scale for Nb is
logarithmic. Symbols the
same as for Fig. 9.7
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Fig. 9.11 d11B ratios in arc volcanic rocks with MgO >4
wt% contrasted against radiogenic isotope ratios of
143Nd/144Nd (a) and 87Sr/86Sr (b) widely used in arc
geochemistry. Symbols are the same as on Fig. 9.7. Also
shown are values for N-MORB (black cross x; Smith

et al. 1995; Marschall et al. 2017), average GLOSS II
subducted sediments (red cross +; Plank 2014) and
forearc-serpentinized subarc mantle peridotites (yellow
diamond; Benton et al. 2004; Savov et al. 2004; 2005;
2007)

Fig. 9.12 a–d: d11B
variations in arc volcanic
rocks with MgO >4 wt% with
key trace element ratios
widely used in arc
geochemistry. a d11B versus
La/Sm ratios. b d11B versus
B/Ce ratios. c d11B versus
Nb/B ratios. d d11B versus
Zr/B ratios. Note that all ratio
scales are logarithmic. See
Fig. 9.11 for data sources

9 Boron Isotopes as a Tracer of Subduction Zone Processes 237



that excess boron (high B/Ce and low Nb/B or
Zr/B ratios) can only be slab-sourced and yet the
arcs with the most extreme B enrichments show
the least subduction imprint in most of their other
geochemical characteristics, i.e., are rather simi-
lar or closest to MORB in terms of Sc, Sr and Zr
contents and La/Sm (Fig. 9.12a). These signa-
tures are in fact similar to those of serpentinized
peridotites from the Izu-Bonin-Mariana forearc,
which have La/Sm *0.6 and B/Ce ratios of
*1500 or more (Fig. 9.12a, b). We therefore
repeat our earlier hypothesis that forearc modi-
fied serpentinites are the most likely source of
these B-rich fluids in volcanic arcs, as these have
not only high d11B, but also very low Nb/B
(*10−3) and Zr/B (*10−2) ratios. We note that
Zr/B variations have been proposed to trace the
influence of serpentinites from the subducted
oceanic fracture zones (Manea et al. 2014),
whereas Jones et al. (2014) attributed elevated
d11B values during the Miocene in rocks from
the South Central Chile Arc to subduction of a
strongly serpentinized Juan Fernández Ridge. An
important role for serpentinites in subduction
zone fluid recycling was also inferred by Scam-
belluri and Tonarini (2012) based on high d11B
of exhumed formerly subducted serpentinites and
the lack of other lithologies that could explain the
high d11B of many arc volcanoes.

Boron isotope systematics may give additional
clues as to the origin of these serpentinites. For
example, forearc-modified serpentine-dominated
mélanges have been shown to be enriched in iso-
topically heavy boron (Benton et al. 2001; Savov
et al. 2004, 2005, 2007; Tonarini et al. 2007,
2011), whereas deeper parts of the mantle wedge
beyond the forearcs tend to have much lower d11B
(Cannaò et al. 2015; Martin et al. 2016). On the
other hand, abyssal serpentinites, and by inference
hydrated oceanic mantle, may also have high d11B
(Spivack and Edmond 1987; Boschi et al. 2008,
2013; Vils et al. 2009; Harvey et al. 2014b). We
conclude that more work combining B isotopes
with other isotopic and trace element tracers is

needed to further constrain the contribution of
various serpentinite sources.

9.6 Deep B Recycling

Although >90% of subducted B is recycled back
to the surface in subduction zones (Savov et al.,
2007), a small amount of B may be recycled into
the deep mantle. As mentioned in Sect. 9.2.2,
sediments may contain phengite and/or tourma-
line, both of which are stable at high T and may
survive in the slab to depths beyond the volcanic
arc. The eclogitized mafic part of the slab may
still contain several µg/g B at depths beyond the
arc, again mostly hosted by phengite, but its B
isotopic composition is poorly constrained. Rel-
atively high amounts of B with heavy B isotopic
signatures have been reported from (partially)
dehydrated serpentinites. For example, high B
contents (10–20 µg/g) were reported in meta-
morphic olivine and Ti-clinohumite in chlorite
harzburgite from Cerro del Almirez as well as in
dehydration veins from Erro-Tobbio (Scambel-
luri et al. 2004; De Hoog et al. 2014). Although
serpentinite dehydration processes are complex
and may involve interaction with external fluids
(Harvey et al. 2014a), metamorphic olivine from
Erro-Tobbio was shown to have high d11B (+17
to +23‰) similar to that of the serpentinite pro-
tolith (De Hoog et al. 2014), which strongly
suggests that olivine may be a significant sink for
isotopically heavy B derived from serpentine
(antigorite) breakdown.

Furthermore, in the oceanic mantle part of
very cold subduction slabs (550–660 °C at
160 km depth) a new high-pressure hydrous
phase, Phase A, may form upon the breakdown
of serpentine (Rüpke et al. 2004; Komabayashi
et al. 2005; Hacker 2008). The behavior of
fluid-mobile elements such as B during this
antigorite breakdown reaction is yet unknown.
However, only few subducting slabs are cold
enough for Phase A to form (northeast Japan,
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Aleutian and possibly Kamchatka and Kuril;
Komabayashi et al. 2005).

Ultimately these subducted materials will
participate in mantle convection and may con-
tribute to magma sources of oceanic island basalt
(OIB) volcanism. The presence of deeply recy-
cled materials in OIB has long been suspected
based on radiogenic isotopes (Sr, Nd, Pb, Hf, Os;
Hofmann 2014), and has also been suggested
based on halogen signatures of MORB and OIB
(Kendrick et al. 2017), but indisputable proof has
remained elusive. Boron isotopes may provide
such evidence but the data has proven difficult to
obtain as B isotopes of OIB magmas are very
sensitive to assimilation of hydrothermally
altered material that can be trapped en route to
the surface (Fig. 8.2; Marschall 2017). In addi-
tion, the very low B contents of the erupted
materials have hampered attempts to detect the
small variations in B isotopic composition of
different mantle domains (see Marschall 2017 for
more discussion). Additional work is needed to
detect recycled B in OIB and put further con-
straints on the amount of B recycled beyond
volcanic arcs into the deep mantle.

9.7 Outstanding Issues and Future
Work Needed

Although great advances have been made over
the last decades in our understanding of how
subduction zones work, what the sources of
fluids are, how elements are transferred from slab
to magma source, and how subduction geome-
tries affect these, many important outstanding
questions still remain. Here we summarize sev-
eral topics that we suggest need addressing in
future research related to the use of boron and
boron isotopes as subduction zone tracers.

1. What is the significance of serpentinites in
the mantle beneath oceanic crust? Geo-
chemical is no clear correlation between B
dehydration of serpentinite in the oceanic
mantle may be an important source of fluids,
and is perhaps even required to explain
melting of subducted crust (Spandler and

Pirard 2013; Konrad-Schmolke and Halama
2014; Freymuth et al. 2016;
Konrad-Schmolke et al. 2016). However, the
ability of fluids to penetrate that deep into the
oceanic crust/mantle has recently been dis-
puted and geophysical evidence can be
interpreted by porosity (Korenaga 2017). In
addition, the slab-bending mechanism of
hydration of the lower slab crust and mantle
(Ranero et al. 2003) has unresolved issues,
such as the buoyancy of slabs if they are
extensively hydrated (they become difficult to
subduct) and importantly, the lack of evi-
dence for volumetrically important seawater
penetration even in highly fractured and
deformed oceanic crust (e.g., in IODP Site
1256, the deepest oceanic crust sites
show <5% alteration and MORB-like Sr and
Pb isotope compositions; Höfig et al. 2014
and references therein). Proposed future deep
IODP drilling efforts aims to resolve some of
those issues.

2. How can we discriminate between different
serpentinite origins? As discussed earlier, it
is possible that two types of B outfluxes
sourced from serpentinites co-exist in sub-
duction zones: (1) one from the mechanical
downdrag of forearc serpentinites and their
diapiric rise toward the arcs (Savov et al.
2005; Marschall and Schumacher 2012) and
(2) one from the late dehydration of the ser-
pentinized mantle section of the slabs them-
selves (Konrad-Schmolke et al. 2011;
Konrad-Schmolke and Halama 2014).
Although data for widely used radiogenic
isotope systems is limited for serpentinite, it
has been shown that these can vary signifi-
cantly in abyssal serpentinites due to inter-
action with seawater (Frisby et al. 2016).
Boron isotopic compositions of various ser-
pentinite sources (‘cold-nose’ forearc, mantle
wedge, oceanic serpentinites) are still poorly
constrained, relying on small datasets, and
clearly overlap (Sect. 9.2.4). Generally, a
correlation of high d11B with radiogenic
87Sr/86Sr ratios is observed (Savov et al.
2007; Vils et al. 2009; Harvey et al. 2014b).
Finding and evaluating serpentinites with
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isotopically very heavy boron and highly
radiogenic strontium may help us better
address the true range of d11B in abyssal
settings. The latter is very important if we are
to use the differences in B concentrations and
the d11B values in serpentinites from abyssal
versus forearc (subduction-related) settings to
discriminate between types of serpentinites
contributing to boron outfluxes across arcs.
We expect that a combination of radiogenic
(Sr, Nd, Hf) and B isotope studies of ser-
pentinites has the potential to pinpoint some
of the ultimate sources of (isotopically heavy)
boron at various depths under the arcs. It
follows that additional d11B data is much
needed for evaluation and quantification of
the role of serpentinites in arc magmas.

3. Role of subduction erosion of the ‘cold
nose’ fore arc. Related to point (2) above, the
extremely high d11B values of the S. Sand-
wich Arc have been explained by subduction
erosion of the forearc (Tonarini et al. 2011).
As such high d11B values are not observed
elsewhere, this could be used as an argument
that subduction erosion of the forearc is vol-
umetrically insignificant in other arcs. We
note that the S. Sandwich Arc has the lowest
plate velocity of all convergent margins on
Earth. Further exploring the relationship
between boron isotopes and subduction
parameters may give new insights into
fore-arc recycling in subduction zones.

4. What happens to B-enriched olivine during
further subduction? Metamorphic olivine
formed during dehydration of serpentine may
contain significant boron (Sect. 9.2.4), which
limits the amount of B that could be trans-
ferred to arc magma sources. Since B in oli-
vine is in trigonal coordination (Ingrin et al.
2014) favored by 11B, as opposed to B in
serpentine (tetrahedral), fluids derived from
serpentinite may be isotopically lighter than
the residue, which would have also have
ramifications for the modeling of
serpentinite-derived fluids in subduction
zones. Finally, as B in the mantle is too low to
permit a significant subduction input, it
remains unclear what happens to B in

metamorphic olivine during deeper subduc-
tion. More work is needed to better under-
stand the fate of B in metamorphic minerals
(olivine, pyroxenes, amphiboles, phlogopites,
etc.).

5. Slab melting. Serpentinites and the fluids
released from their dehydration are now often
implicated in slab melting, which requires a
high water flux (Van Keken et al. 2011;
Spandler and Pirard 2013; Freymuth et al.
2016). However, no boron or B isotope
studies exist to explore that link. We note a
remarkable lack of B isotope data for slab
melts (‘true’ adakites).

6. Chlorite. The subduction interface is too hot
for serpentinite to exist and therefore chlorite,
which has a higher T stability, may play an
important role in transporting water and
potentially B in deeper parts of the subduc-
tion zone (Spandler et al. 2008; Van Keken
et al. 2011; Marschall and Schumacher 2012).
However, chlorite is thought to be poor in B
(Marschall et al. 2006a) compared to amphi-
bole and phengite, but limited data is avail-
able from ultramafic rocks. It is also unclear
how B isotopes are affected by chloritization.

7. Carbonate. Carbonate-rich sediments can
have high d11B (Sect. 9.2.2; Marschall 2017),
but it is unclear what happens to this B during
deep subduction. Mantle-derived carbonatites
have been shown to have d11B values of −8
to +5‰ that correlate with radiogenic Sr
isotopes pointing to subduction recycling of
crustal carbon (Hulett et al. 2016). On the
other hand, with the exception of the class IIb
(blue) diamonds, diamonds have <0.1 µg/g
boron (Gaillou et al. 2012), suggesting that
carbon in diamonds is not derived from sub-
ducted carbonate. This is in agreement with
recent experimental work, which indicates
that significant amounts of carbonate can
break down beneath the arc to form CO2-rich
fluids with trace-element signatures tradi-
tionally ascribed to AOC (Skora et al. 2015).
On the other hand, as carbonates typically
have isotopically heavy B (Simon et al.
2006), this may affect B isotope signature of
arcs with a significant carbonate sediment
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sequences (e.g., Central America, New Zeal-
and; Fig. 9.3).

8. Boron and boron isotopic composition of
subducting sediments. Although the trace
element and radiogenic isotope signatures of
the subducted sediment pile are well known
(Plank 2014), their boron abundances are not
well studied and the reported GLOSS II value
for boron is indirectly derived based on
knowledge of the element Li and the general
trench sediment B/Li ratios of *2. Boron
isotope signatures of subducted sediments
from many key arcs are completely missing
and yet may contribute significantly to the
outstanding issues of B and volatile sources
and recycling across subduction zones.
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10Boron Isotopes in the Continental
Crust: Granites, Pegmatites, Felsic
Volcanic Rocks, and Related Ore
Deposits

Robert B. Trumbull and John F. Slack

Abstract
Boron is an incompatible lithophile element that is readily transported by
granitic melts and hydrous fluids and therefore is concentrated in the
continental crust relative to themantle. The isotopic composition of boron in
crystalline rocks of the continental crust (e.g., metamorphic and igneous
lithologies) varies over a wide range of −20 to +10‰, depending on the
B-isotope composition of the protoliths and on fractionation effects caused
by phase transitions (metamorphic devolatilization reactions, fluid exsolu-
tion from magmas). Studies of progressive metamorphism and anatexis
show that the behavior of boron and its isotopes depends heavily on the
presence or absence of B-retentive minerals like tourmaline. In general,
boron is prone to loss during devolatilization reactions, and metamorphic
fluid preferentially removes the heavier isotope, but growth of tourmaline
can minimize or prevent these effects. A new compilation of over 250
B-isotope analyses from about 90 localities of felsic igneous rocks in the
continental crust shows a first-order distinction in composition between
I-type magmas (subduction-related having meta-igneous sources) and
S-type magmas (derived from metasedimentary rocks). Boron in I-type
magmas is isotopically heavy (mean d11B = −2‰, s.d. = 5) relative to
unaltered MORB (mean d11B = −7‰, s.d. = 1), presumably because of a
greater contribution by subducted oceanic crust and pelagic sediments.
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Boron in S-type granitic rocks has a much lighter isotopic signature (mean
d11B = −11‰, s.d. = 4). The latter corresponds to the commonly cited
B-isotope value of −10‰ for continental crust, but because much of Earth’s
crust is derived from I-typemagmas, its average B-isotope value is probably
higher than previously thought. The dichotomy of B-isotope compositions
in I- and S-type granitoids is also observed in their genetically related
magmatic-hydrothermal ore deposits, as we demonstrate in a review of data
from porphyry and Iron Oxide-Copper-Gold (IOCG) systems (I-type) and
from Sn-W veins and granitic pegmatites (S-type). However, it is important
to note that in all of these systems, there are significant and locally complex
effects of isotopic fractionation due to magmatic fluid exsolution and to
mixing of boron sourced from externally derived fluids.

10.1 Introduction

“Boron is a quintessential element of the Earth’s
upper continental crust”
Edward S. Grew in: Elements (2015), 11/3, p. 162

This quotation from a leading researcher on
boron mineralogy and geochemistry is a good
starting point for this chapter. The continental
crust is the main home of boron on planet Earth
for two reasons. First, the crust is built to a con-
siderable extent from intermediate-composition
to felsic igneous rocks and boron partitions
preferentially into granitic melts, where it tends to
remain and become concentrated during magma
ascent, emplacement, and crystallization. Second,
boron is a volatile element, readily transported by
hydrous fluids, which are prevalent in and on the
continents. As a consequence, important con-
centrations of boron and boron minerals are
common in many types of hydrothermal ore
deposits and in evaporitic borates, the latter being
the most important commercial source of boron.

The continental crust is far from homoge-
neous and its constituent parts represent different
stages in the rock cycle of erosion, sedimenta-
tion, metamorphism, melting, and magmatism.
The focus of this chapter is on the volumetrically
most important components of the continental
crust, which are the intermediate-composition to
felsic igneous rocks and their metamorphosed
equivalents (Wedepohl 1995). We here review
current knowledge about the concentrations of

boron and fractionation of its isotopes during
metamorphism and anatexis, describe what is
known about boron isotope systematics in
granitic magmas of I- and S-types, and finally
show how B-isotope studies have contributed to
a better understanding of the formation of diverse
magmatic-hydrothermal ore deposits (e.g.,
rare-element pegmatites; Cu–Mo–Au porphyries;
greisen-, and vein-type Sn-W mineralization).
Not discussed in this chapter is the behavior of
boron and its isotopes during subduction (see de
Hoog and Savov 2017) except as it relates to the
composition of juvenile magmas added to con-
tinental crust at magmatic arcs, nor do we con-
sider surface processes of continental weathering,
erosion, and sedimentation (see Gaillardet and
Lemarchand 2017).

10.2 Boron in the Continental Crust

There are several sources of information on the
chemical composition of continental crust as
reviewed by Rudnick and Gao (2003). Their
recommended values for average boron concen-
trations in the upper crust, lower crust, and bulk
crust are 17 ± 8 µg/g, 2 µg/g, and ca. 11 µg/g,
respectively. Only the upper crustal number is
well enough constrained by geologic samples
and mapped proportions of different lithologies
for an uncertainty estimate. As shown by an
extensive sampling of surface rocks in East
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China by Gao et al. (1998), pelitic rocks (variable
metamorphic grade) have by far the highest
concentrations of boron (Table 10.1a) and this
relates to their clay and mica contents. Studies
summarized in Tables 10.1b, c show that the
main boron-hosting minerals within pelitic
metamorphic rocks and granites are sheet sili-
cates, with boron concentrations in muscovite
being highest. Tourmaline, having about 3 wt%

B, is the predominant host of boron in rocks
where present but in the general case, boron in
felsic crystalline rocks is mainly hosted by micas.
In felsic volcanic rocks containing a glassy
groundmass, the highest boron concentration
may reside in the glass (Schmitt and Simon
2004).

Boron concentrations in MORB and its
depleted mantle source are 1.2 ± 0.14 µg/g and

Table 10.1 Boron concentrations in crustal rocks and minerals

1a: Boron (lg/g) in crustal rocks: average bulk-rock values, with “n” in parentheses

Amphibolite 9 (189)

Carbonate 8, 22 (2088) Archean: 8, post-Archean: 22 lg/g

Pelitic rocks 38, 101 (1410) Archean: 38, post-Archean: 101 lg/g

Tonalite-trondhemite-granodiorite 5 (1194)

Intermediate felsic granulites 2 (136)

Granites (undifferentiated) 7, 3 (662) Archean: 7, post-Archean: 3 lg/g

Diorite 7 (260)

Felsic volcanics 11 (972)

Felsic metavolcanics 5 (41)

1b: Boron (lg/g) in minerals from metapelitic rocks: average values with “n” in parentheses

Reference 1 2 3a 3b 3c

Muscovite 68 (10) 72 (4) 101 (7) 68 (5) 47 (17)

Biotite 16 (6) 10 (1) – – 3 (2)

Chlorite 5 (7) 4 (3) 16 (10) 3 (5) 6 (13)

Plagioclase 2 (9) 2 (4) 0.6 (2) 0.5 (2) 0.6 (1)

Epidote 2 (7) 2 (3) – – –

Amphibole – 11 (1) – – –

1c: Boron (lg/g) in minerals from granitic rocks: average values with “n” in parentheses

Reference 1 2 3 4 5 6

Muscovite 24 (8) 15 (8) 140 (11) – – –

Biotite 10 (10) 7 (3) 4 (3) 20 (3) 18 41

Chlorite – – – 14 (3) – –

Plagioclase 13 (7) 5 (6) 8 (6) 9 (2) 13 13

K-feldspar 4 (7) 2 (2) 4 (9) – – –

Averages of “n” samples from regional sampling in E. China (Gao et al. 1998)
1 Pelona metagraywacke, California: Leeman and Sisson (2002)
2 Catalina Schist metagraywacke, California: Leeman and Sisson (2002)
3 Sambabawa Belt: Nakamo and Nakamura (2001): 3a chlorite zone, 3b albite-biotite zone, 3c oligoclase-biotite zone
1 Hauzenberg granite, Bavaria: Sauerer and Troll (1990)
2 Peña Negra pluton, Spain: (Pereira Gomez and Shaw (1997)
3 S-type granite and pegmatite, Ikaria, Greece: Hezel et al. (2011)
4 I-type granite, Ikaria, Greece: Hezel et al. (2011)
5 S-type Dadongshan granite, SE China: Zhao et al. (2015)
6 S-type Qianlishan granite, SE China: Zhao et al. (2015)
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0.19 ± 0.02 µg/g, respectively, according to
recent work summarized by Marshall et al.
(2016; see also Marschall 2017). The contrast by
one or two orders of magnitude between crust
and mantle boron concentrations implies a net
transfer of boron from the mantle to the conti-
nental crust. The rate of accumulation of boron in
continental crust over time is obviously related to
the rate of crustal formation, for which an
extensive literature exists (see review by Cawood
et al. 2013). In a landmark early study on the
B-isotope composition of the continental crust,
Chaussidon and Albarede (1992) proposed that
progressive sequestration of boron over time
caused a change in the average isotopic compo-
sition of crustal boron. These authors produced a
box model for boron exchange within the system
composed of oceanic crust, continental crust, and
seawater, assuming that crustal boron is not
returned to the mantle and that neglible isotope
fractionation occurs between mantle and juvenile
crust. By combining mass-balance calculations
for these three components with growth curves
for continental crust, Chaussidon and Albarede
(1992) predicted changes for average d11B values
of the crust from −25 at 4000 Ma to −5‰ at
present day. A more recent mass-balance model
for the present-day Earth by Marschall et al.
(2017) predicts a d11B value of −9.1 ± 2.4‰ in
the continental crust. The exact values for aver-
age crustal composition are model-dependent,
but the predicted trend toward higher 11B/10B
ratios in the crust with time can be tested from
the rock record. Chaussidon and Albarede (1992)
were the first to attempt this test by analyzing
tourmaline from rocks having ages of 3800 to
6 Ma. The authors attached significance to an
inverse correlation of 11B/10B ratios with age for
a subset of Li-rich tourmalines, as predicted by
the model, but their full data set lacked system-
atic variation of d11B with time. Since that pub-
lication, many more studies on B-isotope
compositions of tourmaline have been reported,
including two for Middle to Early Archean rocks
(Farber et al. 2015; Grew et al. 2015). These
recent data serve to confirm what was already
apparent from Chaussidon and Albarede (1992):
namely, that crustal boron incorporated into

magmatic tourmaline shows a range of d11B
values, chiefly between −20 and −5‰, for all
rock ages examined. There is no support in the
rock record for a systematic trend to higher d11B
values for continental crust with time, as was
predicted by earlier crustal growth and boron
sequestration models.

10.3 B-Isotope Systematics
in Crustal Processes

Primary input to the continental crust of mate-
rial from Earth’s mantle takes place at conver-
gent margins via subduction-related magmatism
and to a lesser extent in intraplate settings. The
most important examples of the latter type are
the Large Igneous Provinces (LIPs) where huge
volumes of mantle melting and magmatic
additions to the crust are driven by mantle
plumes. Continental growth via subduction has
been dominant in the post-Archean, whereas the
opposite is thought to be true for the Hadean
and Archean. Much debate exists on when the
switch occurred, but many workers have put the
mark at ca. 3.5–3.0 Ga (e.g., Cawood et al.
2013; Griffin et al. 2014; Dhuime et al. 2015).
The question is not without interest for the
B-isotope story because, although mantle melt-
ing produces basalt in both cases (which may
differentiate or re-melt to form granitic crust),
the subduction-related basalts are more hydrous
than MORB or LIP basalts and have higher
concentrations of fluid-mobile elements that are
derived from dehydration of the subducted slab
(e.g., Wilson 1989). Boron is one of those
elements and its isotopic composition depends
on the relative contributions of boron derived
from marine sediments (low d11B) and altered
oceanic crust (high d11B). Mineral-fluid isotope
partitioning during dehydration of the slab gives
the slab-derived boron that is incorporated into
arc magmas a lower isotopic composition
compared with boron that enters the subduction
zone. This phenomenon is well documented in
both oceanic and continental arcs, as shown by
parallel, cross-arc decreases in B/Nb ratios and
d11B values of volcanic rocks (Ishikawa et al.
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2001; Rosner et al. 2003; de Hoog and Savov
2017). By contrast, the basalts produced by
anhydrous melting of the mantle in LIPs are
expected to have relatively low boron concen-
trations and approximately the same B-isotope
composition as their source (MORB and mantle
d11B is uniform at −7 ± 1‰; see Marschall
et al. 2017).

The formation of juvenile crust is related to
mantle melting and the ascent of basaltic mag-
mas, with or without modification by subduction.
Boron systematics related to magma genesis in
the mantle are outside the scope of this chapter
(but see chapters by Marschall; deHoog and
Savov, this volume). Our concern here is with
processes operating within the continental crust
that rework and modify the juvenile magmatic
input. We discuss how crustal boron and its
isotopes are affected by metamorphism, partial
melting, magmatic differentiation, and
hydrothermal activity. Surface processes of ero-
sion and sedimentation are discussed by Gail-
lardet and Lemarchand (2017).

10.3.1 Metamorphism and Partial
Melting

The data compiled in Table 10.1a and the review
by Leeman and Sisson (1996) show that, among
common metamorphic rock types within the
continental crust: amphibolite, metacarbonate,
metagraywacke, and metapelite, the last is by far
the most important carrier of boron. Pelitic rocks
(shale, slate, mica schist) typically contain ca.
100 µg/g B, much more than the upper crustal
average of 17 ± 8 µg/g (Rudnick and Gao
2003). It is also well established (e.g.,
Table 10.1b) that in the absence of accessory
tourmaline and other more rare boro-silicates or
borates, the main hosts of boron within these
rocks are hydrous sheet silicates, chiefly mus-
covite (clay minerals in low-grade rocks).
Therefore, prograde metamorphism in terranes
having significant amounts of pelitic rocks may
be expected to produce boron-rich metamorphic
fluids by the dehydration of clay minerals and
micas, and thus a progressive depletion of the

rocks in boron. For example, Moran et al. (1992)
determined boron concentrations in rocks from a
range of metamorphic grades and found a nega-
tive correlation of boron concentration with
metamorphic grade as expected. The low overall
concentrations of boron in granulite-facies rocks
(ca. 2 µg/g B; Table 10.1a) is logically attributed
to dehydration loss. However, not all
granulite-facies rocks are poor in boron.
MacGregor et al. (2013) reported whole-rock
concentrations of up to 2 wt% B in a
high-temperature paragneiss from the Larsemann
Hills, Antarctica. This locality contains an unu-
sual assemblage of borosilicate minerals includ-
ing tourmaline, prismatine, and grandidierite (see
Grew 1996 for a review of borosilicates in
metamorphic rocks, and MacGregor et al. (2013)
for discussion of B-isotope fractionation among
them). The survival of high boron contents in this
case was attributed to the early and abundant
formation of tourmaline, from which the other
borosilicates formed at high metamorphic grade.
A similar explanation was invoked by Slack et al.
(1993) for the local abundance (*30–50 vol.%)
of tourmaline in numerous rocks of the
two-pyroxene granulite facies at Broken Hill,
Australia. These relatively rare examples serve to
make a general point: that the early formation of
tourmaline or other stable boron-rich minerals
can minimize or prevent the loss of boron during
progressive metamorphism.

A very important aspect of the dehydration
process is the strong boron isotopic fractionation
between clays and micas on the one hand
(IV-coordinated boron, rich in 10B) and aqueous
fluid on the other (III-coordinated B, rich in 11B).
Depending on temperature, the d11B value of a
metamorphic fluid can be nearly 20‰ higher
than that of the clays or micas within the coex-
isting rock (Palmer and Swihart 1996; Wunder
et al. 2005; Kowalski and Wunder 2017). The
expectation, then, is that prograde metamorphism
will produce progressively boron-depleted and
isotopically lighter rocks, but are these trends
actually observed? In subduction systems, good
evidence exists to support a model in which
progressive dehydration of the subducting slab
produces a loss of boron and a decrease in d11B
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of the solid residue (see Konrad-Scholke and
Halama 2014). Case studies of boron concen-
trations and B-isotope variations in prograde
metamorphic sequences show that although this
general trend may hold, there is complexity
caused by specific compositions of the protoliths
and the stability of boron-hosting phases, espe-
cially sheet silicates, but also of tourmaline and
other aluminous borosilicates. For example,
Nakano and Nakamura (2001) studied a prograde
metapelite sequence in the Sanbagawa belt of
Japan and reported no change in bulk-rock boron
concentrations or d11B values from greenschist to
amphibolite facies (ca. 300–600 °C). These
authors showed that prograde growth of tour-
maline (modal abundance increased from 0.01 to
0.11 vol.%) was enough to effectively prevent
boron loss from the rock, despite the metamor-
phic destruction of B-bearing sheet silicates.
Importantly, the study employed in situ isotopic
analysis by SIMS and found that zoned tourma-
line grains in the high-grade samples have lower
d11B values in the rims relative to the cores
(Fig. 10.1). This isotopic pattern was attributed
to the incorporation of boron into tourmaline
following metamorphic release from mica
(Nakano and Nakamura 2001). In a similar study
but with a different result, Bebout and Nakamura
(2003) determined that prograde metamorphism
of the Catalina Schist (California) removed about
75% of the whole-rock boron from precursor
shale. The high-grade rocks there
(epidote-amphibolite facies) also contain tour-
maline, for which SIMS data revealed “prograde
zoning” as in the Sanbagawa belt, with lower
d11B values occurring in crystal rims. However,
tourmaline abundance in the Catalina Schist is
much lower than in the Sanbagawa rocks, and
hence was apparently insufficient to prevent
boron loss to the metamorphic fluids (Bebout and
Nakamura 2003). Tourmaline in the Catalina
Schist also shows evidence of retrograde zoning,
i.e., thin outer rims have high d11B values
attributed to a late fluid ingress. Zoning of this
type, which can plausibly be related to rehydra-
tion or retrograde metamorphism, has been
reported in metamorphic tourmaline from other
terranes including the Alps (Bebout and

Nakamura 2003; Bebout et al. 2013), Syros in
Greece (Marschall et al. 2008), and Greenland
(Chaussidon and Appel 1997; Grew et al. 2015).
In their review of tourmaline B-isotope variations
in high-pressure metamorphic terranes, Mar-
schall et al. (2009) gave a graphical overview of
observed d11B zoning patterns, shown here in
simplified form on Fig. 10.2. The authors dis-
tinguished on this plot three scenarios that can
produce isotopic zonation, designated as A
(boron released by prograde breakdown of mica),
B (boron introduced by retrograde fluids), and C
(boron present in detrital cores). These examples
show that both prograde and retrograde zoning
are commonly observed. Tourmaline has
received the most attention in studies of boron
systematics during metamorphism, but white
micas can also be important. An example is the
study by Halama et al. (2014) who combined
in situ boron isotope analyses with in situ
40Ar/39Ar dating of phengite to reconstruct the
fluid-rock interaction history of a metamor-
phosed subduction complex in the western Alps.
In that study, phengite rims yielded consistently
younger ages and lower B concentrations than
cores, which was related to deformation and fluid
interaction during exhumation. However, the
B-isotopic composition of cores and rims over-
lap, which the authors attributed to a redistribu-
tion of boron without significant fractionation.

Romer and Meixner (2014) determined boron
and lithium concentrations and isotope variations
in a well-documented prograde sequence of
volcano-sedimentary units from the Variscan
orogen in Germany. The studied rocks comprise
two protolith series (Phycodes Group and
Frauenbach Group), which are exposed in several
nappes, which allows analysis of equivalent
rocks from very low-grade to eclogite-facies
conditions. Readers are referred to the publica-
tion for details, particularly as relates to the Li
isotope results, which are beyond the scope of
this chapter. In short, the authors found a net loss
of boron (by 30–60%) and lower d11B values in
the higher grade rocks of the Phycodes
Group. The Frauenbach rocks underwent a sim-
ilar loss of boron during metamorphism (apart
from some altered by late fluid ingress), but their

254 R.B. Trumbull and J.F. Slack



B-isotope compositions were less affected. In
comparing the two protolith series, Romer and
Meixner (2014) emphasized that the nature of B
(and Li) variations during metamorphism
depends on the specific protolith mineralogy, and
to what extent volatile elements are sequestered
in metamorphic minerals or lost to dehydration
fluids. An important conclusion of that study is
that “background” B-isotope variations of the
protolith can be larger than any shift produced by
prograde metamorphism (see also Kasemann
et al. 2000).

Whether boron is concentrated in the anatectic
melt relative to its solid source depends on par-
titioning among the melt and residual minerals
that are stable during prograde metamorphism,
which is a function of the melting reactions.
Critically important, for example, is the extent to
which dehydration and boron loss affected the
rock prior to melting, and whether the rock
contains tourmaline or other borosilicates (Lon-
don et al. 1996; Acosta-Vigil et al. 2001;
Kawakami and Ikeda 2003). Pereira Gomez and
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Fig. 10.1 Example of zoned tourmaline from metapelite
in Sambagawa metamorphic belt of Japan (from Nakamo
and Nakamura 2001). Core-to-rim decrease in d11B is
attributed to loss of 11B to fluid phase during prograde
metamorphism
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Fig. 10.2 Compilation of
d11B values in tourmaline
from high-pressure
metamorphic rocks (diagram
modified from Marschall et al.
2009) indicates that isotopic
zoning is common. Arrows
show core-to-rim zoning
trends; color schemes
distinguish different types of
zoning processes (A, B, C)
invoked to explain the
variations (see text)
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Shaw (1997) found that leucosomes in the Peña
Negra anatectic complex (Spain) have lower
boron contents than the unmelted protolith,
attributing this to the formation of sillimanite in
the restate, a mineral with a high affinity for
boron (see also Acosta-Vigil et al. 2001). More
generally, dehydration-melting reactions involv-
ing the breakdown of mica will release boron to
the melt. Experimental and empirical evidence
shows that tourmaline may be consumed during
prograde metamorphism in water-saturated con-
ditions because B-solubility in aqueous fluid
increases with temperature, but tourmaline com-
monly persists until anatexis and then melts
incongruently, giving up boron to the melt
(London et al. 1996, 2012; Wolf and London
1997; Acosta-Vigil et al. 2003; London 2011).
Only under special (dry) conditions, does tour-
maline stably persist into granulite-facies rocks
(Slack et al. 1993; MacGregor et al. 2013), but
this outcome is apparently rare. The issue of
boron concentration in partial melts is therefore
a complex one, depending on metamorphic his-
tory, mineral assemblage, and compositional
variables like water content. However, all avail-
able evidence suggests that boron isotopic
composition is not greatly affected by the melting
process. The fractionation effect of B-isotopic
exchange between solids and a melt will depend
on the degree to which boron in the respective
phases has a different coordination number (B–O
bond length) and on the temperature at which the
exchange occurs. Based on experimental data
and theoretical studies (Wunder et al. 2005;
Kowalski and Wunder 2017), the complete
transfer of boron from trigonal to tetrahedral
coordination, which is approached for the system
mica-fluid, will produce a shift on the order of
6‰ at 700 °C (with fluid preferring 11B). In
anatexis involving protoliths that contain varied
B-bearing mineral hosts producing granitic melts
in which boron coordination is only partly trig-
onal, one should expect less than the maximum
6‰ effect. In principle, considering the uncer-
tainty of 1–2‰ for in situ B-isotope analyses by
secondary ion mass spectrometry (SIMS) or
laser-ablation inductively coupled mass spec-
trometry (LA-ICPMS), the isotopic effect of

melting might be discernable. Commonly, how-
ever, the natural B-isotope variability in
metasedimentary rocks and granites derived
therefrom is as large, or larger, than the theoret-
ical effect of melting alone. Evidence from field
studies supports the prediction of minimal
B-isotope fractionation between source rocks and
the melt during partial melting. For example,
Kasemann et al. (2000) found no significant
difference in the B-isotope composition of tour-
maline from leucosomes and melanosomes in
migmatites from northwest Argentina, nor any
systematic difference between the d11B values of
migmatite and local S-type granites of Ordovi-
cian and Mesozoic age (Fig. 10.3). The authors
concluded that the high-grade metamorphism
and partial melting that occurred in this area had
little or no systematic effect on the B-isotope
composition of the rocks; and furthermore, that
the boron contained in the Andean metamorphic
basement is essentially recycled by partial melt-
ing and granite formation. MacGregor et al.
(2013) also found overlapping d11B values of
tourmaline from paragneiss and anatectic peg-
matites in high-grade rocks in the Larsemann
Hills, Antarctica. Trumbull et al. (2008) studied a
tourmaline-bearing S-type granite from Namibia
that was derived from partial melting of meta-
pelites containing tourmaline-rich layers or
“tourmalinites” (cf. Slack 1996). The overlap-
ping B-isotopic composition of magmatic tour-
maline in the granite and of metasedimentary
tourmalines from the country rocks supports the
notion of negligible fractionation during melting.
Slack et al. (1993) reported similar B-isotopic
ratios in granitic tourmalines and metapelitic
country rocks in the Broken Hill district, Aus-
tralia, suggesting a metasedimentary source for
boron in the granitic magmas. Other cases of
crustal boron recycling from metapelite source
rocks to granites were proposed for
tourmaline-bearing granites and pegmatites in
western Spain by Pesquera et al. (2005) and for
granites from Variscan massifs of central Ger-
many by Romer et al. (2014).

To conclude, both natural case studies and
experimental/theoretical results on isotope frac-
tionation suggest that partial melting of rocks
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will not produce a large shift in the B-isotopic
composition of the participating phases. The
implication of this model is that B-isotope data
obtained from bulk rocks, magmatic minerals,
and glass or melt inclusions can be used with
some confidence to constrain the provenance of
the magma source(s).

10.3.2 Boron in Granitic Magmas

London et al. (1996) and Dingwell et al. (1996)
provided extensive reviews of empirical and
experimental studies relating to the incorporation
of boron in granitic magmas, important effects of
boron on melt structure, behavior of boron dur-
ing magmatic differentiation, and consequences
of its eventual partitioning into a separate,
late-magmatic fluid phase. Those reviews made
only passing mention of boron isotope variations
because at that time few studies had been done.
After publication of the Reviews in Mineralogy
volume on boron (Grew and Anovitz 1996),
research on the geochemical behavior of boron
and boron minerals in granites, especially with
relevance to pegmatites and granite-related ore
deposits, has expanded considerably. We make
no effort to compile and review that literature

here, but focus only on work that has addressed
the behavior of boron isotopes in granitic sys-
tems. One point worth emphasizing, however, is
the increased number of melt-inclusion studies
that include analysis of boron concentrations
(e.g., Audetat et al. 2000; Anderson et al. 2000;
Schmitt et al. 2002; Badanina et al. 2004, 2010;
Thomas 2002; Thomas et al. 2003; Savov et al.
2009; Wittenbrink et al. 2009; Jones et al. 2014).
The melt inclusion data are important because the
incompatible nature and volatility of boron
means that its concentrations in solid granites are
almost certainly much lower than in granitic
melts (London et al. 1996). Furthermore,
melt-inclusion studies have demonstrated that
volatile-rich granitic melts can undergo liquid
immiscibility before the loss of a hydrous fluid
phase (e.g., Veksler and Thomas 2002; Thomas
et al. 2003). This phase separation may play a
significant role in the concentration of boron and
other elements in some granitic segregations and
pegmatites (Trumbull et al. 2008; Drivenes et al.
2015), although debate continues on the scale at
which the effects of immiscibility are important
(Thomas et al. 2012; London 2015).

Most overviews of B-isotope variations in
natural reservoirs have grouped data for “granites
and pegmatites” into a single category (e.g., Jiang
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Fig. 10.3 Boron recycling during metamorphism, ana-
texis, and formation of S-type granites in central Andes
basement (modified from Kasemann et al. 2000). Boron
concentrations (whole-rock) and B-isotope ratios

(tourmaline) from metamorphic rocks, migmatites, two
generations of S-type granites (Paleozoic and Mesozoic)
and related pegmatites, and hydrothermal
quartz-tourmaline rocks show a complete overlap

10 Boron Isotopes in the Continental Crust … 257



and Palmer 1998; Marschall and Ludwig 2006;
Marschall and Jiang 2011; Trumbull et al. 2013).
This grouping of data can be misleading because
of the well-established contrasts in magma sour-
ces and geologic settings of felsic magmas that
crystallize as granite. For example, the classic
division of granites into I-type (igneous source)
and S-type (sedimentary source: Chappell and
White 2001) is expressed in part by a contrast in
their Sr- and O-isotope compositions, and it is
logical to expect that the B-isotope compositions
will also differ because of the difference in
magma source. The I-type granites originate
mostly from juvenile magmas produced at island
arcs and Cordilleran-type active margins, so their
B-isotope compositions should more strongly
reflect the subduction-related mantle origin of
magmas. In contrast, the S-type granites are
derived by partial melting of pre-existing conti-
nental rocks that experienced weathering at the
surface and contain abundant clay minerals and
mica. The expectation of a source-related contrast
in B-isotope composition between I- and S-type
granites is confirmed by the compilation of pub-
lished studies that follows (Fig. 10.4). We rec-
ognize that the diversity of granites in the
continental crust is greater than the simple I- and
S-type division can encompass (Frost et al. 2001;
Clemens and Stevens 2012) plus there are com-
plexities introduced by magma mixing, assimi-
lation, and differentiation that can blur the
distinction between these two major suites.

In this context it is worth mentioning a third
group of granitic rocks (A-type: anorogenic,
anhydrous, alkaline), which have a distinctive,
peralkaline composition and distinctive tectonic
association with continental rifting. However,
there have been very few studies of the B-isotope
compositions of A-typemagmas. One exception is
that of Tonarini et al. (2004, 2009), who reported a
narrow range of d11B values from about −10 to
−7‰ for an alkaline basalt-trachyte-phonolite
series in the Campi Flegrei region of Italy. Those
values are close to the average B-isotope compo-
sition of the mantle (−7 ± 1‰; Marschall et al.
2017), with an offset to lower values that can be
attributed to the assimilation of continental crust.
In another example, Kaliwoda et al. (2011) studied
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Fig. 10.4 Frequency histograms based on new compila-
tion of B-isotope data from felsic intrusive and volcanic
rocks of I-type (a) and S-type (b) affinity. Virtually all
I-type data are from rock or glass analyses; about 85% of
the S-type data are analyses of magmatic tourmaline,
which differ negligibly from the melt composition values
(1–3‰ heavier; see text). Vertical green bar shows the
commonly cited range of d11B for continental crust
(Marschall and Jiang 2011), which corresponds with peak
of the S-type composition; value for bulk continental crust
will be higher (see text). Data sources for histograms:
Chaussidon and Albarede (1992), da Costa et al. (2014),
Di Renzo et al. (2011), Drivenes et al. (2015), Duncan
et al. (2014), Huang et al. (2016), Iveson et al. (2016),
Jiang (2001), Jiang et al. (2008), Jiang and Palmer (1998),
Jochum et al. (2006), Jones et al. (2014), Kasemann et al.
(2000), Leeman et al. (2004), Ludwig et al. (2011),
Marschall and Ludwig (2006), Matthews et al. (2003),
Molnár et al. (2016), Palmer and Sturchio (1990),
Pesquera et al. (2005), Romer et al. (2014), Rosner
et al. (2003), Savov et al. (2009), Schmitt et al. (2002),
Schmitt and Simon (2004), Siegel et al. (2016), Smith
et al. (1997), Smith and Yardley (1996), Swihart and
Moore (1989), Tonarini et al. (1998), Trumbull and
Chaussidon (1999), Trumbull et al. (2008; 2013), Wit-
tenbrink et al. (2009), Yang and Jiang (2012), Yang et al.
(2015), Yavuz et al. (2011), Zhao et al. (2011; 2015)
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nepheline syenite and related alkaline intrusive
rocks from Illimaussaq, Greenland. Their SIMS
analyses of amphibole, feldspar, and sodalite
(sodalite being the main B-carrier in these rocks)
showed considerable evidence of zoning and
subsolidus boron redistribution, making interpre-
tation of the observed range in d11B values (−20 to
−5‰) difficult. The authors proposed an initial
melt composition of −17‰, much lower than the
mantle average, but because of compelling geo-
chemical evidence that the Illimaussaq magmas
are mantle derived, Kaliwoda et al. (2011) postu-
lated a source component of deep-subducted
oceanic crust depleted in 11B.

10.3.2.1 Boron in I-Type Magmas
The juvenile continental crust, since at least Late
Archean times, formed from magmas of mafic to
intermediate composition derived by mantle
melting at accretionary plate margins. B-isotope
systematics related to subduction, slab dehydra-
tion, and partial melting of the overlying mantle
wedge are treated by de Hoog and Savov (2017).
Here we discuss progress in understanding the
isotope geochemistry of boron in the continental
products of subduction magmatism: the I-type
granitic rocks and their volcanic equivalents.
Boron concentrations in I-type granitic rocks are
10 µg/g or less (see Table 10.1a for tonalite-
trondhjemite-granodiorite and diorite). However,
since boron is highly incompatible in rock-
forming minerals and partitions strongly into
residual melt and/or fluid, the bulk-rock contents
of boron are minimum estimates of the magmatic
concentrations, especially if fluids were exsolved.
More reliable estimates have come from in situ
analysis of matrix glass and quartz-hosted melt
inclusions in volcanic equivalents of these rocks,
for which data suggest the parent melts had ca. 20–
120 µg/g B, which is up to 10 times greater than
the bulk-rock value (Anderson et al. 2000; Schmitt
et al. 2002; Schmitt and Simon 2004; Savov et al.
2009; Wittenbrink et al. 2009; Jones et al. 2014).

A frequency histogram of B-isotope compo-
sitions for I-type granites and their volcanic
equivalents is shown in Fig. 10.4a, based on 100

data points for 29 separate occurrences compiled
from 13 publications. Most of these data repre-
sent in situ analysis by SIMS or LA-ICPMS of
quartz-hosted melt inclusions and/or groundmass
glass; included are some bulk-rock analyses, and
two data points from SIMS analysis of tourma-
line interpreted to be magmatic by the con-
tributing authors. The total range in d11B values
extends from −9 to +12‰. There is much detail
in these publications on the causes of isotopic
variations reported in the individual studies, to
which interested readers are referred. The
important point to make here is that 75% of the
d11B values fall in the range of −4 to +6‰. Mean
and median values are −2.0 (s.d. = 5.2) and
−2.8‰, respectively. These B-isotope composi-
tions clearly distinguish I-type granites from
S-type granites, as discussed further below.

10.3.2.2 Processes Affecting B-Isotope
Composition in I-Type
Magmas:
Differentiation,
Assimilation, Degassing

Once boron is incorporated within arc magma by
melting at source, its concentration is expected to
increasewith differentiation because no crystalline
phases occur inmetaluminous I-typemagmaswith
which boron is compatible. For this reason, and
because of the high temperatures involved (>700 °
C), the B-isotopic composition of these types of
magmas will be unaffected by differentiation.
Assimilation of crustal materials by arc magmas
could affect their B-isotope ratios if the assimilant
contains enough boron to offset the magma com-
position. The observations of systematic
across-arc trends in boron concentrations and
isotope ratios that correlate with depth to the
Wadati-Benioff zone (e.g., Ishikawa and Naka-
mura 1994; Ishikawa et al. 2001; Rosner et al.
2003) indicate that variations at the source are
preserved despite assimilation. Especially signifi-
cant is the study of Rosner et al. (2003), who found
regular across-arc trends in B-isotope ratios in
Neogene volcanic rocks of the central Andes,
where crustal thickness exceeds 50 km and where
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the Sr and Pb isotope ratios of the volcanics record
considerable crustal contamination.

Exsolution and loss of an aqueous fluid phase
from magma will potentially cause an isotopic
shift in the residual magma. Fluid-melt fraction-
ation of boron isotopes is not well understood,
and this is a subject that cries out for more
research. The only experimental study to date
(Hervig et al. 2002) predicted fractionation fac-
tors that are higher than subsequent theoretical
and empirical studies of B-isotope partitioning
would seem to support (see discussion in
Kowalski and Wunder 2017). For example, the
experimental melt-fluid fractionation was −7.5‰
at 700 °C for rhyolite, which is about 1‰ more
than a complete shift in boron coordination
number (III–IV) at that temperature would pro-
duce (Wunder et al. 2005; Kowalski et al. 2013).
This would imply that boron in the melt is
entirely in four-fold coordination but this is
inconsistent with a spectroscopic study by
Tonarini et al. (2003). Experiments by Deegan
et al. (2016) addressed the special case of car-
bonate assimilation by magma followed by CO2

degassing. They argued that assimilation enhan-
ces the proportion of four-fold B coordination in
the melt and that degassing at the assimilation
site can produce locally strong B-isotope frac-
tionation even at 1200 °C (>10‰). The experi-
ments were dynamic and no equilibrium
fractionation factor was derived so their geologic
importance is unclear. More generally relevant is
the empirical study of B-isotope compositions in
rhyolite by Schmitt and Simon (2004). They
concluded that degassing of rhyolite from Long
Valley caldera (California) had no effect on
B-isotope compositions because the same d11B
values were found in quartz-hosted melt inclu-
sions with 3–4 wt% H2O as in the degassed
matrix glass that contained only about 1/10th as
much H2O.

To conclude this section, evidence from cur-
rent studies suggests that the B-isotope compo-
sitions of I-type granitic or volcanic rocks do not
differ significantly from those of their parental
melts even after geochemical evolution and
late-stage degassing. Furthermore, and

importantly, our compilation of B-isotope data
(Fig. 10.4a) implies that the magma source for
these igneous rocks is isotopically heavier than
that of the average mantle. This interpretation is
consistent with a subduction setting for I-type
magma genesis, wherein boron released from
slab dehydration is dominated by the isotopic
signature of 11B-rich altered oceanic crust and
pelagic sediments.

10.3.2.3 Boron in S-Type Magmas
Characteristic of the S-type or
“sediment-source-type” granitic magmas is a
peraluminous bulk composition and other prop-
erties that relate to a substantial component of
metasedimentary rocks in the magma source
(Chappell and White 2001). Owing to the
breakdown of mica and other hydrous silicates
within their source(s), S-type granites tend to be
relatively rich in water and other volatile ele-
ments (fluorine and boron, especially), which
have the effect of reducing melt viscosity and
extending the temperature range of crystalliza-
tion (Dingwell et al. 1996; London et al. 1996).
The accumulation of incompatible trace elements
and volatiles in differentiated S-type magmas
produces what the economic geology literature
refers to as “fertile granites,” which are spatially
associated with pegmatite and greisen/vein-type
mineralization having local ore grades of Sn, W,
Li, Nb, Ta, Cs, or Be. Boron is among the
incompatible elements that are concentrated
during the formation and evolution of S-type
granitic magmas, and thereby are transported into
the upper crust or, in the case of rhyolites, to the
surface. In peraluminous granites, the presence of
tourmaline is the most conspicuous evidence of
boron enrichment, where it may occur as dis-
persed accessory grains or in quartz-tourmaline
clots and orbicules, both typically forming late in
the crystallization sequence. Tourmaline is a
common mineral in granitic pegmatites and also
occurs as a product of boron metasomatism in
contact zones surrounding granites and peg-
matites, and in associated ore deposits (e.g.,
London et al. 1996; Drivenes et al. 2015). It is
not surprising that studies of B-isotopes in S-type
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granites have been dominated by analysis of
tourmaline because it is easily recognized in the
field and in thin section, and is easily analyzed by
microbeam techniques. Also, this chemically
complex and widely stable mineral is a
high-fidelity recorder of the changing geochem-
ical environment in which it crystallized (van
Hinsberg et al. 2011). Tourmaline is much less
common in peraluminous rhyolites, but excep-
tions in southeast China and Ikaria, Greece, were
described by Yang and Jiang (2012) and Bal-
tatzis et al. (2009), respectively. Figure 10.4b
shows the distribution of B-isotope compositions
of S-type granites and volcanic equivalents,
based on 179 analyses from 66 occurrences
reported in 28 publications. About 140 of the
analyses are of tourmaline that was judged by the
contributing authors to be magmatic. For sim-
plicity, we assume here that the d11B value of
magmatic tourmaline is the same as the melt
from which it crystallized. This is unlikely to be
strictly true, but even at a low solidus tempera-
ture of 500 °C that is relevant for some evolved
pegmatites, the expected tourmaline-melt frac-
tionation is only ca. 3‰ (Trumbull et al. 2013;
Siegel et al. 2016), so for most granites there
should be little isotopic difference between
tourmaline and the melt from which it crystal-
lized. The total range in published d11B values
for S-type granites is −20 to 0‰, with a strong
peak between −12 and −8‰; mean and median
values are −10.7 (s.d. = 3.8) and −11.1‰,
respectively. A discussion of the range of com-
positions is outside the scope of this review.

We mentioned above that the mineral com-
positions and metamorphic history in the magma
source ultimately control its initial boron con-
centration and B-isotope ratio, but processes
acting near the end of crystallization can cause
additional variations, as demonstrated by studies
of late-stage zones in granites and granitic peg-
matites described in the next section. Researchers
seeking to know the “magmatic” signature of
boron in a specific study might better analyze the
less-differentiated samples from a granite suite to
avoid potential ambiguity imparted by late-stage
processes.

10.3.2.4 Implications for B-Isotope
Composition
of the Continental Crust

The frequency maximum of B-isotope ratios in
S-type granites (Fig. 10.4b) corresponds verywell
with the value of −10‰ that is commonly taken as
representative for continental crust as a whole
(e.g., Marschall and Jiang 2011). However, the
frequency maximum for I-type granites is around
−3‰ (Fig. 10.4a) and since these rocks are volu-
metrically more abundant than S-type granites,
one should expect the bulk crustal value to be
considerably higher than −10‰. In fact, an inde-
pendent estimate of the continental B-isotope
composition based on mass-balance calculations
of the continent-mantle-ocean system by Mar-
schall et al. (2016) suggested a d11B value of
−9.1 ± 2.4‰. This value seems low considering
the dominance of I-type granitic rocks in the crust
and their relatively high d11B values, but one must
recall that it is based on boron mass-balance and
that I-type granites have low boron concentrations
compared to S-types and their metapelite sources.

10.3.3 Late-Stage Granites
and Pegmatites: The
Magmatic-Hydrothermal
Transition

Research on the B-isotope systematics of
granitic pegmatites, aplites, and related rocks
has been driven by an interest in understanding
the complex processes that operate at the end
stage of magmatic evolution, and by the eco-
nomic importance of some of these rocks as
sources of rare-metal ores and gemstones. From
the earliest studies of Swihart and Moore (1989)
and Barth (1993) onward, B-isotope research on
pegmatites has been dominated by analysis of
tourmaline. On the other hand, much progress
in understanding late-magmatic processes has
come from studies of melt and fluid inclusions.
For example, inclusion studies have demon-
strated that some hydrous silicate melts crys-
tallize well below 500 °C and that some show a
complete transition from silicate melt to
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supercritical hypersaline fluids (e.g., London
1986, 2014; Thomas et al. 2000, 2003; Veksler
and Thomas 2002; Sirbescu and Nabelek 2003;
Peretyazhko et al. 2004). Boron concentrations
in melt and fluid inclusions have been measured
in several studies, but B-isotope data are
essentially lacking, the only known exception
being for melt inclusions in Sn-related porphyry
intrusions in Bolivia (Wittenbrink et al. 2009)
discussed below. Tourmaline continues to play
the leading role in B-isotope research because it
is easy to study, it constitutes the main boron
sink in most systems, it grows under both
late-magmatic and hydrothermal conditions, and
its zoning provides evidence of changing geo-
chemical conditions. A summary of tourmaline
B-isotope studies from late-magmatic and
hydrothermal tourmalines is given below (also
see Kowalski and Wunder 2017), but we
emphasize that tourmaline remains an indirect
recorder of fluid compositions and that many
more studies of boron and B-isotope variations
in fluid/melt inclusions are needed.

Experimental data relevant to late-magmatic
processes are also lacking. There is one experi-
mental study of B-isotope fractionation between
melt and fluid (Hervig et al. 2002) but inconsis-
tencies with empirical and theoretical evidence
suggest a need for revision (see discussion above
of I-type magma degassing). Qualitatively,
experimental studies and partitioning theory
predict that an aqueous fluid exsolved from
peraluminous silicate magma will be enriched in
11B relative to the melt to some extent, depend-
ing on the temperature and, critically, on the
proportion of trigonal and tetrahedral B–O
complexes within the melt. The consequence of
fluid exsolution for the composition of remaining
melt, and for any tourmaline crystallizing from it,
is a lowering of d11B values relative to the
starting magma. In contrast, the exsolved fluid
and any hydrothermal tourmaline forming from it
will be isotopically heavier than the starting
magma (Fig. 10.5). Trumbull et al. (2008, 2013),
Drivenes et al. (2015), and Siegel et al. (2016)
noted that crystallization of abundant tourmaline
can also lower the d11B values of the residual
melt, and that the formation of muscovite or

other minerals having tetrahedral-coordinated
boron can generate the opposite effect. The rel-
ative importance of crystallization versus fluid
exsolution on the B-isotope composition of a
residual melt thus depends on the specific con-
ditions of mass balance and open versus
closed-system behavior, which may vary on a
small scale and with evolution of the system,
especially for complex zoned pegmatites that
typically contain near-monomineralic zones and
replacement bodies (London 2014; Trumbull
et al. 2013; Siegel et al. 2016).

10.3.3.1 B-Isotope Variations in
Early- to Late-Magmatic
Tourmaline

A large amount of B-isotope data has been
obtained from granitic and pegmatitic tourmali-
nes (Fig. 10.4b and sources therein), but only a
handful of detailed studies document B-isotope
variations in tourmaline from early- to
late-formed units. Smith and Yardley (1996)
found a decrease in d11B values of 3‰ in
coarse-grained to fine-grained magmatic tour-
maline from Cornish (England) granites. These
data were obtained from sieved fractions of
crushed rock, but the authors argued from pet-
rographic observation that the fine-grained frac-
tion represents late growth, and hence related the
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Fig. 10.5 Schematic diagram showing predicted effect
of fluid exsolution from granitic magma on B-isotope
composition of fluid phase, residual melt, and tourmaline
(or other minerals) that form from them. Superscripts III
and IV indicate boron coordination numbers in the
phases. This diagram illustrates the potential use of
B-isotope studies to distinguish the
magmatic-hydrothermal transition in mineralized peg-
matites and other late-stage products of granitic systems
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isotopic difference to loss of 11B to an exsolved
fluid. Matthews et al. (2003) also invoked fluid
loss to explain a core-to-rim drop of 6‰ for
zoned tourmaline in pegmatites from Naxos,
Greece. The same trend and a similar magnitude
of B-isotope zoning was found by Trumbull et al.
(2008) in late-magmatic tourmaline from the
Erongo granite, Namibia. However, results of
other studies show that B-isotopic evolution in
pegmatites can be more complex. For example,
Tonarini et al. (1998) found no isotopic differ-
ence from root to tip of zoned tourmaline from
Elba (Italy) pegmatites, despite evidence for fluid
exsolution and a 300 °C temperature gradient
during growth of the tourmaline. Trumbull and
Chaussidon (1999) compared B-isotope data for
magmatic tourmaline from the Sinceni granite,
Swaziland, with those for four cogenetic aplite
and pegmatite dikes. Three of the four dikes have
the same d11B value as the granite, whereas one
is ca. 5‰ lower, which the authors attibuted to
loss of 11B from the melt due to fluid exsolution.

The Borborema district in Brazil contains both
barren and rare-element pegmatites that host
gem-quality tourmaline. Trumbull et al. (2013)
analyzed tourmaline from four mineralized and
zoned pegmatites, one barren and unzoned peg-
matite, and the parental granite. The granite and
all five pegmatites yield a “main range” of d11B
values from −17 to −9‰. The B-isotopic com-
positions of the barren and mineralized peg-
matites overlap each other but the latter shows a
greater isotopic range, typically about 6‰.
Among the four zoned pegmatites, one displays a
strong and consistent trend to lower d11B values
in its later, inner and more evolved zones; the
same trend was observed from core to rim of
zoned tourmaline crystals. The shift to lower
B-isotope values in late-formed tourmaline was
explained by 11B loss to an exsolved fluid and/or
to crystallization of tourmaline in the outer
zones. The other zoned pegmatites in that study
display equally strong but inconsistent zoning
patterns, with some values beyond the “main
range” (d11B to +1.6‰) being attributed to
ingress of externally derived 11B-rich fluids.
Trumbull et al. (2013) concluded that the factors
controlling B-isotope evolution (crystallization,

melt structure, fluid saturation and exsolution,
mixing with external reservoirs) can vary locally
and on a small scale within individual pegmatites
from the same district.

Siegel et al. (2016) made a detailed study of
tourmaline from the zoned, rare-element Varu-
trask pegmatite in Sweden. Their results docu-
ment a two-stage evolution in B-isotopes,
including an early trend toward higher d11B
values from outer to intermediate zones that the
authors attributed to crystallization of abundant
mica, followed by a decrease of d11B in the most
evolved inner zones and replacement bodies. The
latter trend was suggested to result from the
exsolution of a fluid enriched in 11B after crys-
tallization of the intermediate zones.

There have been other applications of
B-isotopes in tourmaline related to the economic
geology of gemstones. Galbraith et al. (2009)
used B-isotopes and trace elements in tourmaline
as a proximity indicator for emerald mineraliza-
tion in western Canada. Ludwig et al. (2011)
showed that the B- and Li-isotope ratios could
serve as a provenance control to distinguish the
highly valueable, Paraíba-type blue gem tour-
malines of Brazil from those of other localities.

To conclude this section, we emphasize that
case studies of B-isotope variations in late-stage
granites and pegmatites have shown significant
and diverse internal variations and zoning pat-
terns that defy explanation by one simple model.
There are many factors that influence isotope
fractionation at the end stages of granite crys-
tallization (e.g., modal abundance of minerals,
variable melt structure, fluid separation, liquid
immiscibility), combined with the relatively low
solidus temperature of residual melts (<500 °C)
that enhances fractionation. In complex peg-
matites, these factors can and do vary on local
scales (e.g., London 2014). Mineralization in
rare-element (Sn, Ta–Nb, Cs, Li, Be) pegmatites
tends to occur in the latest, most evolved inner
zones and/or in replacement bodies that root
within the inner zones and cut outer ones (Černý
2005; Linnen et al. 2012; London 2014). There is
still controversy on how these bodies form and
whether hydrothermal or magmatic processes are
responsible for the high concentration of rare
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elements. The studies described here suggest that
B-isotope data may be able to detect the isotopic
shift caused by fluid exsolution (Fig. 10.5), and
may also reveal the influence of external fluids. If
valid, this approach would provide a major
contribution to understanding ore formation.
However, to do so will require resolving the
question of fluid-melt-mineral isotopic fraction-
ation, by means of experimental work and direct
analyses of the melt/fluid phases occurring in
nature.

10.3.4 Boron Isotopes in
Magmatic-Hydrothermal
Ore Deposits

Boron is an element readily mobilized by aque-
ous fluids, and many hydrothermal ore deposits
are associated in one way or another with boron
metasomatism, which is expressed most com-
monly in the form of tourmaline (e.g., Slack
1996; Slack and Trumbull 2011). The value of
B-isotope studies for constraining fluid prove-
nance and for recognizing multiple fluid sources
in hydrothermal ore deposits has long been rec-
ognized (e.g., Palmer and Slack 1989), but the
number of applications using this approach
remained small until the 1990s with increased
availability of microbeam techniques for in situ
isotope analysis (SIMS and LA-ICPMS) and of
experimentally determined constraints on
fluid-mineral fractionation.

Here our focus is on magmatic-hydrothermal
ore deposits more or less directly related to I- or
S-type magmatism, but it is important to
emphasize that B-isotope studies have been
applied to many other types of ore deposits as
well, owing to the fact that boron metasomatism
and tourmaline formation are strikingly wide-
spread. Examples include sediment-hosted vol-
canogenic massive sulfide (VMS) and
sedimentary-exhalative (SEDEX) deposits (Pal-
mer and Slack 1989; Slack et al. 1989, 1993;
Jiang et al. 1999), different varieties of iron
oxide-copper-gold (IOCG) deposits (Xavier et al.
2008; Trumbull et al. 2011; Tornos et al. 2012),
and vein- and reef-type Au, W, and U deposits

(Rowins et al. 1997; Jiang et al. 2002; Krienitz
et al. 2008; Esmaeily et al. 2009; Garda et al.
2009; Pal et al. 2010; Yavuz et al. 2011; Bak-
sheev et al. 2015; Büttner et al. 2016;
Lambert-Smith et al. 2016). The ores and met-
allogenetic settings represented in these studies
are too diverse for a summary here. Suffice it to
say that B-isotope compositions in tourmaline
have proven valuable in discerning the prove-
nance of ore-bearing fluids and in demonstrating
the presence and relative timing of multiple fluid
sources (see Slack and Trumbull 2011 and ref-
erences therein).

It has long been known that mineral deposits
related to I- and S-type magmas have different
metal associations, i.e., Cu–Fe–Au for I-types and
Sn–W for S-types (Chappell and White 2001).
Nevertheless, the style of mineralization may be
the same for both (for example, porphyry-type
deposits). Good examples are “paired” magmatic
and mineral belts such as in the central Andes
porphyry province where B-isotope studies have
been especially informative. Wittenbrink et al.
(2009) found major differences in boron con-
centration and d11B values of quartz-hosted melt
inclusions in mineralized porphyry intrusions of
the Chilean versus Bolivian parts of the province.
Melt inclusions associated with the giant El Sal-
vador porphyry Cu–Au deposit in Chile, within
the main arc, have moderate boron concentrations
(15–78 µg/g, mean 52 µg/g, s.d. 23, n = 10) and
B-isotope compositions (−7 to +11.7‰, mean
+0.6‰, s.d. 4.6, n = 10), within the typical range
for I-type intrusions (Fig. 10.4a). In contrast, melt
inclusions occurring within magmatic quartz
from the Llallagua, Chorolque, and Cerro Rico
Sn–Ag deposits in the “tin belt” of Bolivia have
higher B contents (63–576 µg/g, mean 230 µg/g,
s.d. 158, n = 10) and much lower d11B values
(−16.1 to −7.4‰, mean −12.3‰, s.d. 2.7,
n = 10), which are typical for S-type granites
(Fig. 10.4b). This shift to more negative
B-isotope ratios, higher boron contents, and a
change in associated metals is consistent with
peraluminous bulk compositions, more radio-
genic Sr-isotope ratios, and higher O-isotope
ratios of the S-type silicic granites from Cerro
Rico and other intrusions of the Bolivian tin belt,
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linked by most workers to the presence of
metasedimentary rocks in the basement beneath
this region (Lehmann et al. 2000; Wittenbrink
et al. 2009). For completeness, it should be
mentioned that there is also a distinctive metal
association in deposits related to A-type granites
(Nb, Zr, REE, Y), but B-isotope studies of these
rocks are so far lacking.

10.3.4.1 Ore Deposits with I-Type
Association

The most common ore associated with I-type
magmas is in porphyry Cu±Mo±Au deposits
and related skarns. These occur worldwide, but
to date B-isotope studies of porphyry deposits
have been restricted to the Cordilleran belts of
North and South America. The melt inclusion
study of Wittenbrink et al. (2009) on the El
Salvador porphyry Cu deposit of Chile was
described above. All other published studies
have involved analysis of B-isotopes in tourma-
line. For example, Tornos et al. (2012) reported
d11B values of −3 to −1‰ for tourmaline in the
Copucha porphyry Cu deposit in Chile that fall in
the range for I-type magmas (Fig. 10.4a). Iveson
et al. (2016) found very similar values for tour-
maline in the Margaret porphyry Cu-Mo deposit
and in the associated Spirit Lake Pluton, Cali-
fornia (+3.8 and −2.6 to +1.9‰, respectively).
Unpublished analyses from the Potsdam SIMS
laboratory of tourmaline from breccias in the Rio
Blanco-Los Bronces porphyry Cu deposit in
Chile also reveal isotopically heavy B (average
+3‰), consistent with an I-type magma affinity.
The Cordilleran provinces of Chile and the
southwestern USA also contain breccia- and
vein-hosted Cu±Au deposits that are spatially
associated with I-type intrusions like the por-
phyry deposits, but are rich in iron oxides and
therefore classified as IOCG type (Sillitoe 2003;
Barton 2014). These include deposits near
Copiapó and Taltal in northern Chile and some
deposits in the Yerington district of Nevada. The
genetic relation of these IOCG deposits to mag-
matism is controversial and B-isotope studies
have provided important insights. For example,
tourmaline from IOCG deposits at Taltal studied
by Tornos et al. (2012) yield d11B values of −8

to +6‰ (one outlier at −10.5‰), which were
attributed to magma-derived boron based on
similarity to values for Chilean arc granites and
to tourmaline (−3 to −1‰) from the nearby
Copucha porphyry Cu deposit. Barton (2014)
showed that tourmaline from IOCG deposits in
the Copiapó area (Chile) and Yerington
(USA) has essentially the same range of d11B
values (−7.5 to +4.2‰ and −5 to +5‰, respec-
tively). Barton (2014) acknowledged that the
B-isotope data are permissive of a magmatic fluid
source, but pointed out other features (e.g.,
alteration patterns) better explained by externally
derived fluids. Examples where B-isotopes in
tourmaline from IOCG deposits indicate
non-magmatic or mixed fluids include the study
by Xavier et al. (2008) from the Carajás district,
Brazil, who inferred a marine boron source based
on d11B values as high as +26‰, and Su et al.
(2016) who suggested a mixed source of mag-
matic (low d11B) and external (high d11B) fluids
in the Dahungshan IOCG deposit, southwest
China.

10.3.4.2 Ore Deposits with S-Type
Association

The B-isotope composition of subvolcanic por-
phyry stocks associated with Sn mineralization in
Bolivia (Wittenbrink et al. 2009) was mentioned
above. Classic examples of hydrothermal ore
deposits spatially related to S-type granites are the
greisen- and vein-hosted Sn–W deposits of
Cornwall (England), which was the subject of an
early B-isotope study by Smith and Yardley
(1996). They reported d11B values of tourmaline
from quartz-cassiterite veins (−10 to −8‰) and
quartz-wolframite-cassiterite-Li mica veins (−7.3
to −5.2‰) at Cligga Head. Magmatic tourmaline
in the Cligga Head granite has lower d11B values
(−12.5 to −7‰), the difference being consistent
with an isotopically heavier fluid exsolved from
the granite. Drivenes et al. (2015) studied tour-
maline from the Land’s End granite in Cornwall
and a quartz-tourmaline-cassiterite vein, reporting
essential overlap in the B-isotope ratios of both
but a tendency for lower values in the vein. Some
studies of granite-greisen Sn and W–Sn vein
systems in China have yielded similar results as
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the Cornish examples. For the Yidong granite in
South China (Jiang 2001), a progression was
observed to isotopically heavier tourmaline in the
sequence of granite (−13.9‰) to greisen (−12.7
to −11.9‰) to tourmaline-cassiterite-sulfide
veins (−11.4 to −11.2‰). Another example of
this type is the Baotan Sn deposit (Zhang et al.
2014) in which granitic tourmaline has d11B
values of −13.9 to −12.0‰, whereas hydrother-
mal tourmaline from quartz-cassiterite veins is
isotopically slightly heavier (−13.0 to −9.5‰).
For the Baiganhu W-Sn deposit (northwest
China), in situ LA-ICPMS analysis of tourmaline
from quartz veins (Zheng et al. 2016) revealed a
relatively narrow range of d11B values from
−12.9 to −7.9‰ and a lack of correlation with
either grain color (brown versus blue-green) or
crystal zones (core versus rim). No B-isotope data
from the related monzogranite were reported.
Hydrothermal tourmaline from Mo–W stockwork
veins in a deposit in southeast Finland (Molnár
et al. 2016) yields slightly lower B-isotope com-
positions than magmatic tourmaline in the same
district (−17.2 to −12.2‰ vs −14.5 to −10.8‰,
respectively). Duncan et al. (2014) compared
tourmaline compositions from granitic pegmatites
and various quartz-tourmaline veins in the Mount
Isa district, Australia. Data for pegmatitic tour-
malines and four out of five vein samples overlap
in the range of −14.2 to −5.1‰, which was
interpreted as a result of magmatic degassing
during tourmaline crystallization. Tourmaline in
the fifth vein has much higher d11B values (+6
and +11‰), which was attributed to an external
fluid with isotopically heavy boron derived from
evaporitic sediments. High Br/Cl ratios in fluid
inclusions and unusually Al-poor and Fe-rich
compositions of the tourmaline provided sup-
porting evidence for this latter model (Duncan
et al. 2014). As a last example, Huang et al.
(2016) used B-isotope data to negate a magmatic
fluid origin for vein-type Cu mineralization
associated in time and space with a peraluminous
granite in southwest China. They reported a sharp
contrast in B-isotope compositions between
tourmaline from the granite (−14.6 to −12.2‰)
and from the veins and alteration selvages (−6.3
to +0.5‰).

10.4 Summary

We have shown that the isotopic composition of
boron in metamorphic and igneous rocks of the
continental crust varies over a wide range from
−20 to +10‰. This range is related mainly to the
protolith but fractionation during phase transi-
tions also plays a role at low temperatures
(<500 °C). In general, boron is prone to loss
during metamorphic devolatilization reactions,
which also causes a decrease in the d11B value.
However, prograde metamorphism and anatexis
have little effect on B-isotopes if boron-retentive
minerals like tourmaline form in sufficient
amount. Our new compilation of over 250
B-isotope analyses from about 90 localities of
felsic igneous rocks, presented here, documents a
first-order distinction between I-type and S-type
magmas. Boron in I-type magmas is isotopically
heavy (mean d11B = −2‰, s.d. = 5), even rela-
tive to unaltered MORB, which we attribute to
the contribution of heavy boron from
seawater-altered oceanic crust and pelagic sedi-
ments. Boron in S-type magmas has a light iso-
topic signature (mean d11B = −11‰, s.d. = 4),
which derives from the preferential take-up of
10B by clays and micas. This contrast between I-
and S-type magmas requires some caution when
discussing the composition of “crustal” boron
and discriminating a magmatic versus
non-magmatic origin for hydrothermal deposits.
The commonly cited value of −10‰ for the
continental crust is based on data from upper
crustal rocks and unlikely to represent the bulk
crust. Nevertheless, mass-balance considerations
demand that the continental crust be isotopically
lighter than the mantle because seawater, pelagic
marine sediments, and altered oceanic crust all
have B-isotope values that are higher than the
mantle (Marschall et al. 2017). A mass-balance
model for Earth’s crust-mantle-ocean system that
takes into account the reservoir masses and their
composition by Marschall et al. (2017) predicted
a d11B value for the bulk crust of −9.1‰ ± 2.4
versus −7‰ ± 1 for the mantle.

The contrasting B-isotope compositions of I-
versus S-type granites and rhyolites also holds
for the magmatic-hydrothermal ore deposits
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related to them, as documented mainly by the
composition of tourmaline from these deposits.
This fact is demonstrated in a review of data
from porphyry and IOCG systems (I-type) and of
Sn–W vein systems and granitic pegmatites
(S-type). In principle, therefore, the B-isotope
composition of hydrothermal tourmaline can help
distinguish the nature of the genetically related
igneous system. However, significant and locally
complex effects of isotopic fractionation due to
fluid-rock and fluid-magma interaction also need
to be considered.

Finally, it is worth emphasizing that empirical
studies of B-isotopes have partly out-paced
experimental studies on boron complexation
and isotopic fractionation behavior. For complex
granitic pegmatites, in particular, there are a
wealth of intriguing isotopic variations and
zonations but a lack of fundamental experimental
data with which to interpret them. Furthermore,
the overwhelming emphasis of recent research on
B-isotopes in continental rocks has been on
tourmaline. That mineral has many excellent
qualities and will remain important long into the
future, but it can be expected that additional
studies of boron and B-isotopes in other
rock-forming minerals such as white mica, and in
melt inclusions from various igneous rocks, will
also yield important new insights.
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11The Cosmochemistry of Boron
Isotopes

Ming-Chang Liu and Marc Chaussidon

Abstract
The boron elemental abundances and isotopic compositions in the
universe and constituents (stars, interstellar medium and the Solar System
material) within it have important implications for the astrophysical
origins of this element. Astronomical observations and laboratory analysis
have revealed that despite a significant difference in boron abundances
among different objects, the 11B/10B ratio of 4 appears to be ubiquitous
(within measurement uncertainties) across the Galaxy. Galactic Cosmic
Ray (GCR) spallation, which yields 11B/10B = 2.5, cannot have been the
sole source of B; another mechanism that favors the production of 11B
over that of 10B must have operated over the Galactic timescale. However,
how exactly the Galaxy, interstellar medium, and the Solar System
acquired the 11B/10B ratio of 4 remains poorly understood.

Keywords
Boron isotopes � Meteorites � Nucleosynthesis

11.1 Basics of Boron Isotopes

11.1.1 Boron Nucleosynthesis

Boron (B) is the fifth element (atomic number 5)
in the periodic table, and has two naturally
occurring and stable isotopes, 10B (19.9%) and
11B (80.1%). The elemental abundance of boron
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in the Solar System (the “cosmic abundance”)
determined from the measurements of bulk CI
chondritic meteorites is 17–21 per million Si
atoms (B/Si = 17–21 � 10−6, Anders and Gre-
vesse 1989; Zhai and Shaw 1994; Lodders
2003). This abundance, along with that of lithium
and beryllium, is several orders of magnitude
lower than its neighbor elements (helium, car-
bon, nitrogen and oxygen) (Anders and Grevesse
1989; Lodders 2003) (Fig. 11.1). This is because
boron (as well as lithium and beryllium) is
destroyed in stellar interiors during hydrogen
burning, once the temperature goes beyond sev-
eral million Kelvin1 (e.g., Burbidge et al. 1957).
A theory that the presence of boron in the uni-
verse primarily involves non-thermal nuclear
reactions between high-energy (>GeV) particles
(protons and alphas) in Galactic Cosmic Rays
(GCRs) and C, N and O nuclei in the interstellar
medium (ISM) was first proposed by Reeves
et al. (1970) and such a spallation process is now
quantitatively well understood after many years
of studies (e.g., Prantzos 2012). The fact that the
boron (lithium and beryllium as well) abundance
in GCRs is much more enriched compared to its
abundance in the Solar System by several orders
of magnitude provides strong observational
support for this hypothesis (e.g., Simpson 1983;

Prantzos 2007). Based on the cross sections for
the 12C(p,x)10,11B, 14N(p, x)10,11B and 16O(p,
x)10,11B reactions (Fig. 11.2), spallation produces
10B and 11B with an isotopic ratio of
11B/10B * 2.5 (Meneguzzi et al. 1971). Minor
isotopes of C, N and O contribute very little to
the production of 10B and 11B due to their low
abundances. This theoretical prediction is con-
sistent with B isotope measurements of
present-day GCRs that arrived at Earth by the
ISEE 3 spacecraft, which revealed
11B/10B = 2.22–2.89, depending on the energy
regime measured (Krombel and Wiedenbeck
1988; Gibner et al. 1992). The low cosmic
abundance of boron is a result of poor efficiency
of spallation reactions.

Although GCR spallation is an important
pathway to synthesize boron isotopes, this
mechanism has been shown to fail to account for
the Solar System abundance of 11B (e.g.,
Meneguzzi et al. 1971). The average 11B/10B in
the Solar System obtained from the measure-
ments of CI chondritic meteorites, whose bulk
chemical composition most resembles that of the
solar photosphere, is 4.04 (e.g., Agyei and
McMullen 1968; Zhai et al. 1996), much higher
than the GCR-derived 11B/10B ratio. Boron in the
diffuse interstellar clouds is also enriched in 11B
(11B/10B = 3.4 ± 0.7) compared to GCRs (Fed-
erman et al. 1996; Lambert et al. 1998)
(Table 11.1). The ratio difference between the
Solar System (and interstellar gas) and GCRs
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Fig. 11.1 The cosmic abundance of elements. Boron (along with lithium and beryllium) is several orders of magnitude
depleted compared to its neighbor elements, such as H, He, C, N, and O

1The thermal nuclear reactions that destroy B isotopes are
10B(p,a)7Be(e−,m)7Li(p,a)4He and 11B(p,a)8Be ! 4He +
4He (Burbidge et al. 1957).
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calls for an additional source of 11B. Two
nucleosynthetic mechanisms for 11B have been
considered to account for the higher-than-GCR
11B/10B ratios observed in the Solar System and
elsewhere:

(1) Low-energy cosmic ray spallation: This
hypothesis stemmed from the discovery by
Bloemen et al. (1994) who first reported the
detection of intense gamma-ray emission
from the Orion complex in the 3–7 MeV
range by the COMPTEL telescope. These
observed lines at 4.44 and 6.13 MeV origi-
nated from de-excitation of 12C and 16O
nuclei ejected from supernovae when they
collide with the surrounding gas (inverse
spallation), which is molecular and atomic
hydrogen. Such levels of gamma-ray emis-
sion suggested the existence of abundant
carbon and oxygen in the low-energy part of
GCRs (Ramaty et al. 1979; Bloemen et al.
1994). Detailed numerical calculations have
shown that spallation of hydrogen by the low
energy C and O nuclei may favor the pro-
duction of 11B over 10B, and the resulting
11B/10B ratio varies from *8 to *3
depending on the energy, assumed spectral
shape, and compositions of incident particles
and interstellar medium (e.g., Cassé et al.
1995; Ramaty et al. 1996). Therefore, the
Solar System 11B/10B ratio can be under-
stood as a result of mixing of boron produced
by high-energy and low-energy GCRs
(Cassé et al. 1995; Chaussidon and Robert
1995; Ramaty et al. 1996). However, it
should be pointed out that observational
support for such a model is still lacking,
mainly due to the effects of solar modulation
that make constraints on the GCR flux below
1 GeV highly uncertain. In addition, the
result of Bloemen et al. (1994) was later
found to have been affected by the instru-
mental background that was underestimated
(Bloemen et al. 1999). After properly cor-
recting for the background, no convincing
detection of gamma-ray can be claimed,
indicating a much lower (if any) flux of
low-energy GCR components. To date, the
production of boron by low-energy spalla-
tion remains hypothetical.

(2) Neutrino-induced spallation (m-process) of
12C in Type II supernovae: This m-process is
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Fig. 11.2 Calculated cross-sections for the main spalla-
tion reactions that account for the production of boron
isotopes: a 12C(p, x)10,11B; b 14N(p, x)10,11B; c 16O(p,
x)10,11B. Calculations were performed with the TALYS
code (Koning et al. 2007)
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predicted to produce a significant amount of
11B in the C-rich shell via 12C(m, m′n)11C(e+

decay)11B and 12C(m, m′p)11B reactions; very
little or no 10B is synthesized by this process
(Woosley et al. 1990; Woosley and Weaver
1995). The 11B abundance can build up over
the Galactic timescale and a major portion of
the Solar System’s 11B could have been
derived from this source. However, the
yields of 11B by this process strongly depend
on the total energy and temperatures of
neutrinos involved (e.g., Yoshida and Kajino
2005). One could constrain these neutrino
characteristics by using Galactic Chemical
Evolution (GCE) models that include cosmic
ray spallation to match the Solar System B
isotopic abundance, but these calculation
results are model-dependent and sensitive to
input parameters, which require detailed
understandings of physics of supernova
explosion (e.g., Yoshida et al. 2005).

In addition to the aforementioned mechanisms
that result in direct production of B isotopes, a
trace amount of 10B can also be made from the
decay of a radioactive isotope 10Be (t1/2 = 1.39
Myr, Korschinek et al. 2010), which is also
synthesized during spallation of C, N, and O by
energetic projectiles. The GCR-derived 10Be
contributes very little 10B to the total Solar
System B inventory due to its low abundance.
McKeegan et al. (2000) estimated a steady-state
10Be/9Be ratio of *8�10−6 in the interstellar
medium based on the known cosmic abundance
of 9Be, an assumed production rate of 9Be and a

10Be/9Be production ratio of 0.1 in the Galaxy by
GCRs. However, it has been demonstrated
through large 10B excesses (up to a 40%
enrichment relative to the chondritic abundance)
in meteoritic Ca–Al-rich Inclusions (CAIs), the
oldest datable solids in the Solar System with a
radiometric age of 4.567 Gy (e.g., Connelly et al.
2012), that 10Be existed in the early Solar System
at high abundances, with 10Be/9Be = (3–
9) � 10−4. It should be pointed out that large 10B
excesses, hence high inferred 10Be/9Be ratios,
can only be found in phases enriched in Be and
depleted in B, such as CAIs (Fig. 11.3) or
refractory hibonite (CaAl12O19) and grossite
(CaAl4O7), so that one would not be able to see
any resolvable radiogenic 10B excess in a
gas/solid of solar composition, which has
Be/B = 0.04 (e.g., the solar nebula or bulk
chondritic meteorites). Although the decay of
10Be is not a major source of 10B in the Solar
System, the 10Be/9Be ratios inferred in CAIs
have important implications for irradiation con-
ditions in the solar nebula, and such irradiation
has left observable traces in B isotopes in the
early Solar System solids. This topic will be
discussed in detail later in the text.

11.1.2 Cosmochemistry of Boron

Chemically, B is a moderately volatile element.
Its 50% condensation temperature, which is a
measure of volatility and defined as the temper-
ature at which 50% of the element would con-
dense into a solid from a gas of solar composition
at a given pressure, has been estimated to be

Table 11.1 Boron isotopic compositions of the constituents in the Galaxy

Location 11B/10B Source(s) of B Measurement methods

Interstellar
medium

3.4 ± 0.7 GCRs, low energy spallation
and/or m-process

HST-GHRS observations of B II line at
1362 Å

Nearby stars 3.7–4.7 GCRs, low energy spallation
and/or m-process

HST-GHRS and HST-STIS observations of B
III line at 2065.8 Å

Solar system 4.04 GCRs, low energy spallation
and/or m-process

Isotopic analysis of chondritic meteorites

GCRs 2.22–
2.89

GCRs ISEE 3 spacecraft
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within the range of 910–970 K at 10 Pa based on
the B elemental abundance in CI chondrites (as a
result of volatility-dependent fractionation in the
solar nebula) and thermodynamic calculations
(e.g., Zhai 1995; Lauretta and Lodder 1997).
Thermodynamically, the majority of B would
condense as CaB2Si2O8 in solid solution with
anorthite (CaAl2Si2O8) (Lauretta and Lodder
1997); however, this theoretical prediction has
not been verified by laboratory measurements of
meteorite samples primarily because of pervasive
terrestrial boron contamination which obscures
the original distribution of B in meteoritic com-
ponents. Most chondritic meteorites analyzed so
far (carbonaceous and ordinary chondrites) have
bulk B abundances ranging from 0.3 to 1.4 lg/g
(B/Si = 7 � 10−6 to 3.4 � 10−5). The majority
of B resides in the matrices (Zhai and Shaw
1994), but no specific B host phases have been
identified.

The idea of B condensing at a specific tem-
perature in the solar nebula has been called into
question by Chaussidon and Robert (1997) based
on the B/Si and 11B/10B variations measured in a
chondrule of the Semarkona chondrite, an
unequilibrated, primitive ordinary chondrite,
reported in Chaussidon and Robert (1995). Spot
analysis revealed that the chondrule’s d11B2

spans from −40 to +40‰, 87% of data being
however clustered between −40 and +10‰, and
is positively correlated with the B/Si ratios
(8 � 10−6–2 � 10−5), and that 15–50% of B in
Semarkona is contained in chondrules. Given
that chondrules are formed by high temperature
processing (>1200 K, e.g., flash heating by
shockwaves; see Morris et al. 2012) followed by

Fig. 11.3 Backscattered
electron image of a slab of the
Allende meteorite. The
round-shaped object in the
center of the slab is a Ca–
Al-rich inclusion (CAI). Other
smaller round inclusions are
chondrules

2d11B = (Rsp/Rstd − 1) � 1000, where Rsp and Rstd are
the 11B/10B ratio of the sample and standard, respectively.
In Chaussidon and Robert (1995), Rstd = 4.04558 is used
(NBS951).
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rapid cooling (100–1000 K/h, e.g., Hewins
1997), they should have lost most of their vola-
tile elements, such as Na, K and B. Evaporative
loss of B would lead to enrichments of 11B in an
evaporation residue, thus a negative correlation
between B/Si and d11B should be expected, in
clear contrast to the observation in Chaussidon
and Robert (1995). In addition, the 80‰ varia-
tion in d11B is too large to have originated from
isotopic fractionation processes associated with
evaporation (or condensation) of chondrules.
Chaussidon and Robert (1997) argued that the
meteoritic observations of B (concentrations and
isotopic compositions) are most consistent with
B-bearing grains that condensed in the Solar
System’s prenatal molecular cloud and carried
anomalous 11B/10B due to low energy spallation
being incorporated into the solar nebula. In this
context, condensation of B from the nebular gas
at a unique temperature may not be the main
mechanism for chondritic meteorites to acquire
the observed B abundances. However, a similar
study carried out on chondrules from various
meteorites, including Semarkona, by Hoppe et al.
(2001), did not find as large d11B variations and
as high B contents in chondrules as did Chaus-
sidon and Robert (1995, 1998), arguing against
the hypothetical presence of B-bearing inclu-
sions. More details about B isotopic hetero-
geneities in chondrules and their implications
will be addressed later in the text.

11.2 Boron Isotopes in the Galaxy

The evolution of the B abundance and isotopic
composition in the Galaxy is strongly controlled
by its nucleosynthetic mechanisms. As stated in
the previous section, nucleosynthesis of B largely
involves non-thermal nuclear reactions between
relativistic GCR protons and CNO nuclei in the
ISM. Theoretical modeling shows that GCR
spallation alone fails to account for the Solar
System’s 11B/10B ratio due to the underproduc-
tion of 11B. Other sources of 11B must be
invoked (see above), but the extent to which

these nucleosynthetic processes supplement the
Solar System with 11B remains poorly under-
stood. Since B nucleosynthesis occurs in, or is
closely associated with, the ISM, it is important
to know the interstellar and stellar B elemental
abundances and isotopic ratios and then compare
them with those in the Solar System to obtain
better understandings of the origins of boron
isotopes.

11.2.1 Boron Abundances in Stars

The boron abundance in stellar atmospheres can
be inferred by observing the B I resonance lines
(2496.771 and 2497.723 Å) for F and G
(solar-type) stars, and B II resonance line
(1362 Å) for hotter and larger stars (A and B
stars). In recent studies, the use of the BIII res-
onance line (2065.8 Å) has been favored over
that of BII in estimating B abundances in stars
because the BII line in B stars is week and prone
to blending with nearby absorption lines, while
the BIII line is stronger and less blended.
Moreover, the large isotopic shift at this wave-
length also allows for the possibility of directly
measuring the 11B/10B ratio (e.g., Proffitt et al.
1999).

The first determinations of B abundances,
expressed in the form of B/H (as opposed to B/Si
determined from measurements of meteorites), in
a number of type A and B stars in the solar
neighborhood (including Vega and Sirius) were
performed by using the Copernicus satellite to
observe the B II resonance line (Praderie et al.
1977; Boesgaard and Heacox 1978). These stars
were found to have a wide range of B/H ratios,
from <5 � 10−12 (Sirius) to 2 � 10−10 after
correcting for LTE (local thermodynamic equi-
librium) effects. This range is broadly consistent
with B derived from GCR spallation, which
predicts a B/H ratio of *3 � 10−10 (Meneguzzi
et al. 1971). A later study by Cunha et al. (1997)
of the BII line in four type-B stars in the Orion
association with the Hubble Space Telescope
Goddard High Resolution Spectrograph
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(HST-GHRS) also revealed LTE-corrected B/H
values similar to those found by Boesgaard and
Heacox (1978), but these abundance ratios were
significantly revised upward to B=H ¼ 5þ 2:9

�1:9 �
10�10 after applying corrections for non-LTE
effects. Cunha et al. (1997) also reanalyzed the
LTE-abundances provided by Boesgaard and
Heacox (1978) for non-LTE effects and obtained
a mean value of B=H ¼ 4þ 1:1

�0:9 � 10�10. These
stars appear to have B abundances close to what
was obtained for the Solar System based on the
analysis of chondritic meteorites (B/H =
(6 ± 0.6) � 10−10, e.g., Zhai and Shaw 1994;
Lodders 2003) and on the observations of solar
photosphere (B/H = (4–5) � 10−10, e.g., Kohl
et al. 1977; Cunha and Smith 1999; Grevesse
et al. 2007; Asplund et al. 2009). However, more
recent work, observing the BIII line at 2065.8 Å
with HST-GHRS and HST-STIS (Space Tele-
scope Imaging Spectrograph), has yet again
changed the stellar B abundances (including two
of the stars, HD886 and HD35299, that were
studied in Cunha et al. 1997) to a level at least a
factor of two lower than the Solar System
abundance (e.g., Proffitt et al. 1999; Proffitt and
Quigley 2001; Venn et al. 2002). Abundances
deduced from the observation of B III line appear
to be more robust because of better
signal-to-noise ratios and less corrections for
blending. It should be noted that several mech-
anisms have been proposed to account for B
depletion in stars (e.g., Venn et al. 2002) so that
it is not yet clear if these stars formed with
sub-solar B abundances or certain processes
(e.g., rotational mixing) during stellar evolution
depleted B (Proffitt and Quigley 2001). Despite
the difference in B abundances between the solar
and stellar values, Proffitt et al. (1999) estimated
the 11B/10B ratio in HD886 and HD35299, for
the first time, to be 4:7þ 0:8

�0:6 and 3:7þ 0:8
�0:6 ,

respectively, which are indistinguishable from
the average Solar System 11B/10B = 4.04 (Zhai
1995) within uncertainties. This result implies
that in addition to GCR spallation, stars in the
solar neighborhood must have also acquired
additional 11B from other source(s).

11.2.2 Boron in the Interstellar
Medium

The first solid detection of interstellar B was
reported by Meneguzzi and York (1980) by
measuring absorption from the B II k1362 res-
onance line in the direction of j Orionis with the
Copernicus satellite. An interstellar abundance of
B/H = (1.5 ± 0.7) � 10−10 was inferred, which
is in agreement with the best-estimated stellar
values at that time (B/H = (1–2) � 10−10; see
above) deduced by Praderie et al. (1977) and
Boesgaard and Heacox (1978) who used the
same instrument. However, later studies with the
HST-GHRS found that boron is significantly
depleted in the interstellar diffuse clouds relative
to disk stars by at least a factor of 2, with the B/H
ratios <1 � 10−10 (e.g., Federman et al. 1993;
Jura et al. 1996; Federman et al. 1996; Lambert
et al. 1998). Revisions of interstellar boron
abundances have been made through observa-
tions with more advanced instrumentations, such
as HST-STIS, which yielded an average value of
B/H = (2.5 ± 0.6) � 10−10 (Howk et al. 2000;
Ritchey et al. 2011). With this precision, it is
evident that the boron abundances in the inter-
stellar medium are lower than the Solar System
(meteoritic) value of (6 ± 0.6) � 10−10 (Zhai
and Shaw 1994; Lodders 2003). However, one
should also note that the aforementioned inter-
stellar B abundances were derived from the
measurements of the gas phase, and should only
be taken as a lower limit because some boron
could be incorporated into interstellar dust grains
and cannot be seen spectroscopically (e.g., Jura
et al. 1996; Howk et al. 2000). There could still
be other reasons for boron depletion in the
interstellar medium, for example, the interstellar
B abundance was low to begin with (Jura et al.
1996), but at this moment, it is still not possible
to favor one particular reason over the others.

The isotopic ratios of boron shed more light
than the elemental abundance on the origins of
this element. The interstellar 11B/10B ratio was
determined at 3.4 ± 0.7 (Federman et al. 1996;
Lambert et al. 1998), in agreement with those in
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the Solar System (Zhai et al. 1996) and stellar
atmospheres (Proffitt et al. 1999). For a long
time, solar 11B/10B was considered anomalous
due to some local processes. The results obtained
from the ISM imply that 11B/10B * 4 appears to
be a general feature in the local solar neighbor-
hood (including stars and molecular clouds). This
requires that nucleosynthesis mechanism(s) pro-
ducing B with high 11B/10B ratios (>solar
11B/10B) operate over the Galactic timescale to
bring GCR-derived 11B/10B up to *4. The two
aforementioned nucleosynthetic pathways,
low-energy cosmic ray spallation and the
m-process, are possibilities, but assessing the
proportion to which each source contributed
11B-rich components to the solar neighborhood
remains a challenging task.

11.3 Boron Isotopes in the Early
Solar System

The boron isotopic studies of meteoritic material
is an important research topic as they allow for a
precise determination of 11B/10B of the Solar
System and its rocky constituents, which can be
used to constrain the sources of boron isotopes
and the irradiation environment inside or around
the solar nebula. Large isotopic variations caused
by various processes have been found to exist
among different objects formed at the very
beginning of the Solar System history. In this
section, we first introduce the laboratory tech-
niques used to analyze boron isotopes in solid
matter and then summarize the boron isotope
distributions in chondritic meteorites and their
components. Implications of boron isotopes for
early Solar System processes will be discussed.

11.3.1 Mass Spectrometry for B
Isotope Measurements

(i) Secondary Ion Mass Spectrometry (SIMS):
SIMS is an in situ surface analysis tech-
nique that can be applied to obtain chemical
and isotopic compositions of solid material
(Foster et al. 2017). Analysis of boron

isotopes has been extensively performed on
different types of SIMS instruments by
many cosmochemistry and geochemistry
research groups. Here is a brief summary of
the SIMS technique. A polished,
gold-coated sample is sputtered with an
16O− primary ion beam of 10–50 nA (de-
pending on the concentration of boron) to
generate sufficient count rates of 10B+ and
11B+. A key step in SIMS boron isotope
analysis, especially for cosmochemistry, is
to minimize surface boron contamination;
therefore sputtering of the sample surface
prior to analysis (“presputtering”) is always
performed until the boron signals stop
dropping rapidly. The mass resolution
(M/DM) is usually set at ca. 2000 so that
isobaric interferences (e.g., hydrides, 30Si3+,
40Ca4+) can be separated from the peaks of
interest. Secondary ions can be collected by
magnetic peak switching onto an electron
multiplier (CAMECA ims-series ion
probes; e.g., McKeegan et al. 2000;
Chaussidon et al. 2006; Liu et al. 2009) or
by multiple EMs simultaneously under a
static magnetic field (CAMECA Nano-
SIMS; Liu et al. 2010). In general, SIMS
data need to be corrected for matrix effects
as samples of different chemical composi-
tions have different instrumental mass
fractionation. Boron isotopes appear to be
an exception: it has been shown that boron
matrix effects are at the permil level for a
wide range of silicate glass compositions,
with the exception of NBS 61x glass series,
and are generally negligible compared to
the counting statistics (a few permil or lar-
ger) in cosmochemical applications due to
low boron concentrations in the samples
(e.g., Chaussidon et al. 1997; Marschall and
Monteleone 2015).

(ii) Thermal Ionization Mass Spectrometry
(TIMS): The boron isotopic ratios can be
determined in natural material by thermal
ionization mass spectrometry (TIMS) (Fos-
ter et al. 2017). To achieve high precision
and high accuracy, boron isotopes are often
measured as Cs2BO2

+ by positive-ion TIMS
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(P-TIMS) because of the small relative mass
difference between 133Cs2

10B16O2
+ and

133Cs2
11B16O2

+ causing small degrees of
instrumental mass fractionation. A repro-
ducibility of ±0.1‰ has been constantly
reported in the literature; however, one
major drawback is large sample consump-
tion (*100–3000 ng of boron is needed,
e.g., Xiao and Wang 1998; Zhai 1995;
Ishikawa and Nagaishi 2011; Foster et al.
2017), which can sometimes be a limiting
factor when it comes to dealing with
quantity-limited meteorite samples.

Developments on achieving reasonably high
precision with less sample consumption have
been made for P-TIMS in the past several years.
Ishikawa and Nagaishi (2011) presented a
methodology involving preheating samples and
filaments at 240 °C to stabilize the chemical
species of boron on a filament and to improve the
ionization efficiency of Cs2BO2

+. This new
method enabled high precision analysis without
consuming large quantities of samples, and an
external reproducibility of ±0.1‰ for 50–
100 ng of boron and of ±0.2‰ for 10 ng of
boron can be achieved. Such a terminal precision
and amounts of samples needed would be suit-
able for analysis of meteorite material.

Measurements of boron as BO2
− by

negative-ion TIMS (N-TIMS) require much less
material (*as small as a few picograms of
boron) due to better ionization yields, but the
data are usually associated with larger uncer-
tainties (*0.7–2‰) (Foster et al. 2017). This is
mainly because much larger instrumental mass
fractionation (due to lighter masses compared to
Cs2BO2

+) cannot be properly corrected for. An
analytical protocol developed by Shen and You
(2003), in which they measured not only
10,11B16O2

− (mass 42 and 43) but also
11B16O18O− (mass 45) to characterize the
instrumental mass fractionation with 18O/16O and
correct for it, improved the analytical repro-
ducibility by as much as tenfold. The resulting
precision of ±0.19–0.47‰ (2r) from a few ng
of boron is comparable to, or only slightly worse
than, the typical precision obtained with P-TIMS

(see above), but the required amount of sample in
each measurement is much less. This method is
applicable to the studies with quantity-limited
samples, such as looking for radiogenic 10B
excesses in CAIs due to the decay of short-lived
10Be (see below), which was present in the early
Solar System (e.g., McKeegan et al. 2000).
However, because of high laboratory background
(contamination) and low B abundances (<ppm)
in CAIs, no successful attempts have been
reported.

11.3.2 B Isotopes in Chondritic
Meteorites

Boron isotopic ratios in bulk chondritic mete-
orites have been fairly well studied in the past
four decades. The first analysis of 11B/10B in
chondritic meteorites was performed by Shima
(1962, 1963) by using TIMS, with the reported
d11B values ranging from −55 to −35‰. These
chondritic values were found to be too light in
later studies (e.g., Agyei and McMullen 1968);
reasons for such differences remain unknown. It
has now been well established that most chon-
dritic meteorites are characterized by a narrow
range of d11B values from −10 to +7‰, except
the Mokoia CV3 chondrite, whose d11B = +
19‰ (Fig. 11.4, left; Agyei and McMullen
1968; Chaussidon and Robert 1995; Zhai et al.
1996). It should be pointed out that bulk mete-
orite samples contain various amounts of CAIs,
chondrules and fine-grained matrix material (e.g.,
primitive dust, secondary products, presolar
grains) so that the resulting d11B value strongly
relies on what is included in an analysis. The CI
chondrites, in which matrix material com-
prises *95% by volume (Scott and Krot 2014),
have an average d11B * −3.3 ± 0.6‰
(11B/10B = 4.04) (Zhai et al. 1996). In contrast,
ordinary chondrites only have 10–15% (by vol-
ume) matrix but 60−80% chondrules, and show a
larger d11B variation (−7 to +7‰), although the
average (d11B = + 1.8 ± 1‰, Zhai et al. 1996)
still falls close to the CI value. The origin of the
large B isotopic variations observed in each
chondrite group is not fully understood. The
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Earth mantle, as represented by the mid ocean
ridge basalts (MORB; see Marschall 2017) has
d11B in general at the low end of the range pre-
sent in chondrites. Large B isotope fractionations
are known to occur between fluids and B-bearing
minerals at low temperature. Such processes,
either nebular or parent body, might in part
account for the B isotopic variations present in
chondrites. This would not however explain the
apparent systematic shift of bulk Earth towards a
lighter B isotopic composition relative to chon-
drites. Contrary to, for instance Ti isotopes in
which different groups of planetary materials
show distinct isotopic compositions (Fig. 11.4,
right; Zhang et al. 2012), there is no clear iso-
topic variations for B at such scale. Different
groups of chondrites, despite having quite dif-
ferent proportions of constituents, have average
d11B very similar to one another, suggesting a
high degree of homogeneity (within a couple of
permil) of the boron isotope distribution in the

solar nebula, and that 11B/10B = 4.04
(d11B = −0.9‰) could best represent the average
Solar System value.

11.3.3 B Isotopes in CAIs
and Implications
for Early Solar System
Irradiation

Efforts in determining the boron isotopic com-
positions in Ca–Al-rich Inclusions (CAIs) are
mainly to look for the fossil records of
short-lived 10Be (t1/2 = 1.39 Myr), a radionuclide
exclusively produced by energetic particle spal-
lation. Given the fact that beryllium is refractory
but boron is moderately volatile and that 10Be
decays to 10B, CAIs are expected to be enriched
in beryllium and depleted in boron, and the for-
mer existence of 10Be in CAIs would appear in
the form of radiogenic excesses of 10B (�d10B*).
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Fig. 11.4 (Left) Boron isotopic variations seen in bulk
chondritic and planetary materials. Data source Zhai et al.
(1996). The variation within each chondrite group is not
yet fully understood. Gray boxes represent 1 sigma
standard deviations for each group. (Right) Ti isotopes in
various bulk planetary materials are shown for compar-
ison (Zhang et al. 2012; gray boxes represent 2 sigma

standard errors for each group.). Each group of planetary
materials is characterized by a distinct 50Ti value; in
contrast, d11B variations among different groups of
chondritic and planetary materials are less obvious (figure
reproduced with kind permission from Nature
Geoscience)
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The existence of 10Be in the early Solar System
was first demonstrated by McKeegan et al.
(2000) using a large-radius ion microprobe
(CAMECA ims-1270), where large excesses in
10B (up to d11B* * −400‰) were found to be in
correlation with Be/B ratios in melilite crystals of
an Allende CAI, indicating an initial 10Be/9Be
ratio of 9 � 10−4. Subsequent boron isotope
studies, all by SIMS, of different types of CAIs
from various CV3 chondrites (Allende, Efre-
movka, Vigarano, Leoville, and Axtell), indi-
vidual refractory hibonite (CaAl12O19) grains
from the CM2 chondrite Murchison and grossite
(CaAl4O7)-rich refractory inclusions from the
CH/CB chondrite Isheyevo for 10Be abundances
carried out by others (Sugiura et al. 2001; Marhas
et al. 2002; MacPherson et al. 2003; Liu et al.
2009, 2010; Gounelle et al. 2013; Srinivasan and
Chaussidon 2013) showed a range of 10Be/9Be
between *3�10−4 and *1�10−2.

From all the studies, it appears that the
appearance of 10Be was ubiquitous in the solar
nebula (or at least in the region where refractory
inclusions formed). However, this widespread
distribution could not have been derived from the
steady-state production by GCRs in the solar
nebula because the predicted 10Be/9Be ratio by
this process is too low (*8�10−6; McKeegan
et al. 2000). Instead, the high yet heterogeneous
abundances recorded in refractory inclusions can
be well understood as a result of in situ pro-
duction due to intense irradiation by the
proto-Sun (e.g., McKeegan et al. 2000; Gounelle
et al. 2006; Liu et al. 2009, 2010; Srinivasan and
Chaussidon 2013); the variability in the initial
10Be/9Be ratios simply reflects fluctuations in the
fluences of energetic projectiles that the irradi-
ated targets experienced. However, due to the
nature of such mass spectrometric measurements
(low B contents (�lg/g) in the analyzed spots),
large analytical uncertainties (*10−30%)
always accompany the inferred 10Be abundances
(as much as 50% if data were obtained from
small-geometry SIMS instruments, such as
CAMECA ims-4f and ims-6f, e.g., Sugiura et al.
2001; Marhas et al. 2002; MacPherson et al.
2003), and therefore would allow for an apparent

uniformity at the level of 10Be/9Be * (6 ± 3)
10−4. This has led to a model in which 10Be
came into the early Solar System as trapped GCR
components by the presolar molecular cloud core
(Desch et al. 2004). Because the spatial scale of
the molecular cloud core is so much larger than
that of the Solar System, 10Be would be homo-
geneously distributed in the solar nebula. How-
ever, with much improved analytical precision by
using more advanced instrumentations (e.g.,
CAMECA ims-1270, ims-1280 and NanoSIMS),
newer data (e.g., Chaussidon et al. 2006; Liu
et al. 2009, 2010; Wielandt et al. 2012; Srini-
vasan and Chaussidon 2013; Gounelle et al.
2013) have shown that although 10Be existed in
all types of meteoritic refractory inclusions
(where high Be/B ratios can be obtained), its
inferred initial abundance could vary by as much
as a factor of 30 (a factor of 4 if the extremely
high value of 10Be/9Be = 1 � 10−2 from Gou-
nelle et al. (2013) is excluded), contradicting one
major prediction by the trapping model. Another
model involving the Solar System’s parental
cloud was proposed by Tatischeff et al. (2014)
based on the common occurrence of 10Be,
although the details are largely different from
those in Desch et al. (2004). Tatischeff et al.
(2014) considered irradiation of the presolar
molecular cloud by freshly accelerated cosmic
rays escaped from an isolated supernova remnant
so that the Solar System (and refractory inclu-
sions) formed with background 10Be at a level of
3 � 10−4. This model also allows for additional
in situ solar energetic particle spallation to
explain the abundances higher than this back-
ground value. However, this model invokes
complicated astrophysical considerations and is
difficult to test. Discussing which model most
likely accounts for the presence and abundance
of 10Be in the early Solar System is beyond the
scope of this paper. Interested readers are
encouraged to refer to the cited papers for more
details.

Given the fact that 10Be and boron isotopes
are synthesized by spallation of 16O (regardless
of the location where irradiation occurs), pro-
cesses that produced 10Be should also yield
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collateral effects on boron isotopes. Interestingly,
many of the 10Be isochrons are accompanied by
an elevated 10B/11B ratio (0.2477–0.2576) rela-
tive to the chondritic value (0.2476) as the
intercept (Fig. 11.5), indicating that these
refractory solids (CAIs and hibonite) formed
with supra-chondritic boron isotopic composi-
tions. Liu et al. (2010) considered two scenarios
in the context of irradiation in the solar nebula:
irradiation of refractory solids and irradiation of
solar gas, with the primary goal of reconstructing
the observed Be-B isotopic results in refractory
inclusions. In the case of irradiation of refractory
solids, the irradiation targets were assumed to be
Be-bearing but B-free because of the difference
in volatility of the two elements. At the end of
irradiation, the irradiated solids should carry 10Be
and pure spallogenic B, with 10B/11B * 0.4, the
theoretical production value by spallation deter-
mined from the ratio of cross sections of 16O(p,
x)10,11B (e.g., Yiou et al. 1968). To arrive at
10Be/9Be = (3–9) � 10−4 and
10B/11B = 0.2477–0.2576 seen in refractory
inclusions, it is required that irradiated solids

suffered diffusive loss of spallogenic boron (be-
cause boron is unstable in refractory phases at
high temperatures) followed by isotopic
exchange with a chondritic gas/reservoir.
Only *2−4% of the pure spallogenic B was
preserved. All this must have taken place before
a significant amount of 10Be decayed.

In the second scenario, irradiation of nebular
gas of solar composition (e.g., Lodders 2003)
was followed by condensation of precursors that
ended up forming CAIs or hibonite. The solar
gas is initially characterized by chondritic
10B/11B, and Be-B isotopes were produced by
spallation of 12C, 14N and 16O. With the total
fluence needed to reproduce 10Be/9Be at the
observed levels in CAIs and hibonite, the
resulting 10B/11B is essentially the same as the
initial value, as there is too much B in the gas to
be significantly affected by spallation reactions.
If one were to elevate 10B/11B in the gas to a
supra-chondritic level similar to the inferred
values in refractory solids, an overproduction of
10Be/9Be, *30–100 times higher, would result.
Such a high abundance has not been seen in any
of the meteoritic samples (The high 10Be/9Be =
1 � 10−2 found by Gounelle et al. (2013) is
because of the low indigenous 9Be content, not
because of an extremely high proton fluence; see
that paper for details). From this view, it is less
likely that irradiation of solar gas plays a major
role in making up the 10Be inventory in the early
Solar System.

Srinivasan and Chaussidon (2013) also per-
formed mixing calculations similar to those in
Liu et al. (2010), yet slightly different in the
details, for the gas and refractory solid compo-
nents in the solar nebula to explain the observed
10Be abundances and 10B/11B variations in CAIs
and hibonites. They considered different dust/gas
ratios and different mixing fractions between
irradiated gas and solids, and arrived at a con-
clusion that the current Be-B dataset are most
consistent with the derivation of a major fraction
of 10Be in CAIs from solid precursors, and with
the supra-chondritic 10B/11B ratios being a result
of mixing between spallogenic B in the solids
and normal B in the nebular gas. Such an addi-
tion of “normal” B is in line with CAI
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Fig. 11.5 The initial 10B/11B ratios inferred from
10Be–10B isochrons for various CAIs. Many CAIs are
characterized by a supra-chondritic 10B/11B ratio, imply-
ing the existence of a spallogenic B component in the
reservoir(s) where CAIs formed. The horizontal solid line
represents the chondritic 10B/11B = 0.2476. Data are
taken from Wielandt et al. (2012) (light-gray-filled
circles), MacPherson et al. (2003), (dark-gray-filled
circles), Chaussidon et al. (2006) (black circle), Srini-
vasan and Chaussidon (2013) (open circles), McKeegan
et al. (2001) (light-gray-filled square), Sugiura et al.
(2001) (dark-gray-filled squares), Liu et al. (2009, 2010)
(black square), and Gounelle et al. (2013) (open squares)
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petrography and bulk chemistry: the abundances
of moderately volatile elements (e.g., B, Na, and
Li) in many CAIs with or without petrographi-
cally obvious alteration are not as depleted as
would be expected in high-temperature
condensates/recrystallized solids.

For other models concerning the origin of
10Be, it is more difficult to evaluate the boron
isotopic composition that would have ended up
in the CAI-forming region, because of compli-
cated astrophysical processes involved. It is
important for any model which aims to explain
the observed 10Be abundances in the early Solar
System to also consider the supra-chondritic
10B/11B ratios.

11.3.4 B Isotopes in Chondrules

Chondrules are the dominant constituent of most
chondrites, *60–80% by volume in ordinary
chondrites and 5–60% in carbonaceous chon-
drites (Scott and Krot 2014). Searching for 10Be
in chondrules has been attempted (e.g., Sugiura
2001), but chondrules with high enough Be/B to
resolve 10B excesses appear to be extremely rare.
Sugiura (2001) analyzed an anorthite-rich chon-
drule from the Yamato (CO 3.0) chondrite and
found a fair correlation between 10B excesses and
Be/B, the latter of which is as high as 10. The
best-fit isochron yielded a 10Be/9Be ratio of
(7.2 ± 5.8) � 10−4 (2r) for this chondrule.
Despite the large analytical errors and subjective
removal of chondrule data points to get a good
isochron, this value is consistent with those
inferred from CAIs. This has an important
implication for the early Solar System irradiation
environment. To really settle the 10Be abun-
dances recorded in chondrules, more high quality
work on other chondrules needs to be performed.

In most cases where chondrules have low
Be/B ratios (�1), one can study the intrinsic
11B/10B variations within and among chondrules.
As previously introduced, isotopic studies with
SIMS by Chaussidon and Robert (1995, 1998)
revealed that chondrules from various chondritic
meteorites exhibit a large heterogeneity in d11B,
spanning from −40 to +40‰, with 87% of data

being clustered between −40 and +10‰,
whereas chondrites’ d11B vary only
within ±10‰ (Zhai et al. 1996). Moreover, the
variations were found to be positively correlated
with B/Si of the spots analyzed. Early Solar
System irradiation of chondrule precursors could
not have produced such a large variation since
chondrules are too B rich (similar to the case of
irradiation of nebular gas), and if it could have,
only negative d11B would have resulted, unless
irradiation energy regime was only restrained to
be at MeV level. Isotopic fractionation associated
with evaporation during chondrule formation (if
any) could have enriched 11B in the residue but
one should expect a negative correlation between
d11B and the boron contents. This led Chaussi-
don and Robert (1995, 1998) to argue for the
existence of 11B-rich grains of molecular cloud
origin, which were incorporated into the solar
nebula during its formation and mixed with
GCR-produced B (enriched in 10B) that the Solar
System formed with. This 11B-rich component
would be consistent with the production by
hypothetical low-energy cosmic ray irradiation of
interstellar hydrogen (and helium), although
astronomical evidence for low-energy spallation
in the interstellar medium has disappeared
(Bloemen et al. 1999). It should be noted that the
m-process from Type II supernovae could have
also led to the same 11B enrichment, but evidence
for presolar grains of supernova origin (e.g., SiC
of Type X; Zinner 2014) carrying large 11B
anomalies is still very marginal (Fujiya et al.
2011).

A similar study of chondrules by Hoppe et al.
(2001) yielded results in clear contrast to those in
Chaussidon and Robert (1995, 1998). Sixteen
chondrules of different textures from various
meteorites (Allende, Murchison, Semarkona,
Chainpur, Dhajala, Bjurbole, and Parsa) studied
in this work show no significant variation in d11B
outside their experimental errors of a few permil,
and their boron isotopic compositions agree with
those reported for bulk chondrites. Isotopic
heterogeneities within individual chondrules are
limited within ±20‰ (associated with 10–30‰
errors), as opposed to ±40‰ reported for car-
bonaceous and ordinary chondrites in
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Chaussidon and Robert (1995, 1998). It was also
found that the boron abundances in chondrules
measured by Hoppe et al. (2001) are as much as
2 orders of magnitude lower than those analyzed
by Chaussidon and Robert (1995, 1998), and are
independent of d11B. Although impossible to
conclusively rule out the existence of chondrules
carrying heterogeneities on the order of a few
percent with anomalously high B contents,
Hoppe et al. (2001) argued that such chondrules
must be rare and that any potential boron isotope
heterogeneities in the early Solar System caused
by different nucleosynthetic processes (e.g.,
high-energy GCRs, low-energy GCRs and the
m-process) did not survive the chondrule forma-
tion process to a measurable degree.

Given the controversial results reported by
two groups of researchers, it requires further
analytical efforts to better understand which
population best represents the overall boron iso-
topic compositions of chondrules. This will shed
light on the origin of Solar System boron (see
above), especially if large positive d11B values
associated with high B concentrations turn out to
be a common signature in chondrules.

11.4 Concluding Remarks

Astronomical observations and laboratory anal-
yses have yielded a wealth of data on the abun-
dances and isotopic ratios of boron in the Galaxy.
However, the main question remains unsolved:
how did the Galaxy (and the constituents within
it) acquire its boron isotopes that have a 11B/10B
ratio of *4? In addition to spallation nucle-
osynthesis of B by Galactic Cosmic Rays that
produces 11B/10B of 2.5, another mechanism that
favors the production of 11B over that of 10B
must have operated over the Galactic timescale.
Low-energy spallation and m-process have been
considered to be potential contributors of
11B-rich components, but so far we are still
ignorant as to which mechanism plays a more
dominant role.

Another question that is poorly understood
with regard to boron isotopes in the Solar System
is that how much of the boron isotope anomalies

was produced by energetic particle spallation by
the protoSun? This process is known to have
occurred in the very beginning of the Solar
System history based on the fossil records of
10Be, but the level of irradiation, and thus the
resulting production of B isotopes, is not well
constrained, especially if part of 10Be came in as
an irradiation product in the parental molecular
cloud. High precision B isotope measurements of
chondrules and 10Be-free (potentially due to a
lack of irradiation?) refractory inclusions will
certainly help shed light on this question.

The average d11B of each chondrite group
seems to be consistent with that of the CI
chondrites, suggesting a high degree of homo-
geneity of B isotope distribution (within a couple
of permil) in the Solar System. However, the
bulk B isotopic composition could vary by as
much as *20‰ from one chondrite to another,
the reasons for which are not fully understood.
Parent body alteration could affect the B isotopic
composition of a chondrite, but its effects need to
be evaluated. Early Solar System irradiation of
meteoritic components before they were incor-
porated into parent bodies could potentially
account for (some of) the d11B variability in
chondrites, but more in-depth calculations are
required to quantify the degree of heterogeneity
that this process might have caused.
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