
Springer Geochemistry

Roberto Cioni
Luigi Marini

A Thermodynamic 
Approach to Water 
Geothermometry



Springer Geochemistry



The Springer Geochemistry series seeks to publish a broad portfolio of scientific
books, aiming at researchers, students, and everyone interested in geochemistry.
The series includes peer-reviewed monographs, edited volumes, textbooks, and
conference proceedings. It covers the entire research area including, but not limited
to, Isotope Geochemistry, Biogeochemistry, and Environmental Geochemistry.

More information about this series at http://www.springer.com/series/13486

http://www.springer.com/series/13486


Roberto Cioni • Luigi Marini

A Thermodynamic Approach
to Water Geothermometry

123



Roberto Cioni
Istituto di Geoscienze e Georisorse
Consiglio Nazionale delle Ricerche
Pisa, Italy

Luigi Marini
Viareggio, Italy

ISSN 2366-6285 ISSN 2366-6293 (electronic)
Springer Geochemistry
ISBN 978-3-030-54317-4 ISBN 978-3-030-54318-1 (eBook)
https://doi.org/10.1007/978-3-030-54318-1

© The Editor(s) (if applicable) and The Author(s), under exclusive license to Springer Nature
Switzerland AG 2020
This work is subject to copyright. All rights are solely and exclusively licensed by the Publisher, whether
the whole or part of the material is concerned, specifically the rights of translation, reprinting, reuse of
illustrations, recitation, broadcasting, reproduction on microfilms or in any other physical way, and
transmission or information storage and retrieval, electronic adaptation, computer software, or by similar
or dissimilar methodology now known or hereafter developed.
The use of general descriptive names, registered names, trademarks, service marks, etc. in this
publication does not imply, even in the absence of a specific statement, that such names are exempt from
the relevant protective laws and regulations and therefore free for general use.
The publisher, the authors and the editors are safe to assume that the advice and information in this
book are believed to be true and accurate at the date of publication. Neither the publisher nor the
authors or the editors give a warranty, expressed or implied, with respect to the material contained
herein or for any errors or omissions that may have been made. The publisher remains neutral with regard
to jurisdictional claims in published maps and institutional affiliations.

This Springer imprint is published by the registered company Springer Nature Switzerland AG
The registered company address is: Gewerbestrasse 11, 6330 Cham, Switzerland

https://doi.org/10.1007/978-3-030-54318-1


Preface

Dear reader, I am sure you have seen the beautiful images of Earth taken from
space. Among these images, those portraying both an area still lit by the Sun to the
west and an already dark area to the east are particularly fascinating to me. As a
geologist, I can appreciate the prevalence of natural elements in the lit side of our
planet, such as the different continental landscapes and the blue ethereal vastness
of the oceans, while the dark area appears to be dominated by the presence of man,
especially those continental areas sprinkled with countless man-made light sources.

By now, the anthropogenic impact on climate is plain for everyone to see—apart
from a minority of people, who deny this evidence for trivial and despicable eco-
nomic reasons only. After all, economy is not a science, but a set of processes that
can easily be manipulated according to the interests of few people, whose attempt is
to make economy look like a scientific discipline. Not surprisingly, economy had
not been included among the original disciplines worthy of the Nobel Prize. Allow
me a brief digression on this point. Alfred Bernhard Nobel, a Swedish chemist who
invented dynamite and ballistite, made a fortune thanks to his patents and industrial
activities. In his will, he arranged that his economic resources were to be managed
by a foundation, which was to award five annual prizes to exceptional benefactors
of humanity in the fields of chemistry, physics, medicine or physiology, literature,
and the defence of friendly relations between peoples. The prize was awarded for
the first time in 1901. Only many years later, in 1968 (ironically, the year of the
idealistic revolution that moved the young people of the time, including Roberto
and myself) another prize was established by the Bank of Sweden, but this time it
was called “In memory of Nobel,” and it was to be awarded to the improperly called
“economic sciences”1.

Today, the exploitation of renewable resources as an alternative to fossil fuels—
or a temporary additional support, at least for a certain period of time—is one of the
possible ways to satisfy our growing energy demand, while limiting our obvious
impact on our planet. One of these renewable resources is geothermal energy,
whose exploitation for electricity production started in 1904 in Italy—more

1Translated and modified from https://www.focus.it/cultura/storia/come-e-nato-il-premio-nobel.
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precisely in Larderello (Tuscany), not far from where Roberto and I worked
together for many years—when Prince Piero Ginori Conti managed to turn on five
electric bulbs using a dynamo coupled to a piston engine, which was powered by
the geothermal steam coming from a fumarole or a shallow well (Marinelli 1990).
For the first time ever, the heat produced within our planet by the radioactive decay
of the isotopes of uranium, thorium, and potassium was used not directly as heat,
but transformed into mechanical energy by a motor and subsequently into elec-
tricity by a dynamo. The same energy that moves continental and oceanic plates,
controls orogenic cycles, and causes earthquakes and volcanic eruptions was finally
used to improve the quality of human life (Marinelli 1990).

With this book, Roberto and I wish to provide our small contribution to the state
of the art and possible developments in the use of geothermometers: the most
acknowledged and widespread geochemical tools for identifying and exploiting
geothermal resources. In this way, we hope to contribute—even though to a small
extent—to the oceans of things to be done in order to reduce the enormous
anthropogenic impact on our planet, which is the only one we have. Above all, we
hope that this book will be useful food for thought for the new generations of
geochemists, and that it might encourage a different methodological approach in
their future scientific research.

I have now reached a certain age, while Roberto has left us forever on January
31, 2020. However, I believe Roberto will always be part of the scientific com-
munity, thanks to his important discoveries in the geochemistry of volcanic and
geothermal gases, as well as of thermal waters and crater lakes. In particular, we
have to thank him for conceiving the measurement of CO2 fluxes from soil through
accumulation chambers, a method used to date for the surveillance of active vol-
canoes, geothermal exploration, and environmental control all over the world: It is a
creature of Roberto, the most splendid jewel he left us.

Viareggio, Italy
February, 2020

Luigi Marini
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Chapter 1
Introduction

Abstract The reasons for moving from the traditional geothermometers and fCO2-
indicators to our theoretical, activity based tools are briefly discussed and the main
advantages of the theoretical, activity based geothermometers and fCO2-indicators
presented in this book are underscored.

It might seem that there is something mysterious, almost magical, in the capability
of geothermometers to estimate the temperature of geothermal aquifers where hot
water comes from. The same applies to the potential of fCO2-indicators to evaluate
the CO2 fugacity of waters hosted in geothermal reservoirs. Actually, there is no
mystery and no magic, because geothermometers and fCO2-indicators are based on
two simple and reasonable hypotheses. The first is the occurrence of thermo-chemical
equilibrium between the aqueous solution and the hydrothermal minerals in the
geothermal aquifer. The second is the lack of disturbing processes, such as mixing
with shallow cold waters or re-equilibration upon cooling, during the ascent of the
geothermal fluid to the surface.

Quite surprisingly, most “traditional” geothermometers and fCO2-indicators call
for total (analytical) concentrations. On the one hand, the involvement of analytical
data together with the mathematical simplicity of most “traditional” geothermome-
ters explains why they are used so frequently. In fact, most people like simple things.
On the other hand, this fact contrasts with the rather complicate speciation of several
dissolved components, sometimes determining considerable differences between the
total concentration of relevant solutes (e.g., SiO2, Na, K, Ca andMg) and the activity
of the species actually involved in the mineral-solution reactions of interest (e.g.,
undissociated SiO2 and the free ions Na+, K+, Ca2+ and Mg2+). Since the formation
of ion-pairs and aqueous complexes depends on temperature, CO2 fugacity, and total
ionic salinity,1 in a work we carried out in the early ‘90s together with our colleagues
Giovanni Chiodini and Massimo Guidi (Chiodini et al. 1991), we derived functions

1Total ionic salinity is defined as �eq = � mi·|zi|, where mi is molality of the ith species and |zi| is
the absolute value of its ionic charge.
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relating the total concentrations of solutes and the ratios between the total concen-
trations of solutes to the three afore-mentioned controlling variables. However, in
retrospect, it is more correct and convenient to compute the activities of the species
of interest for each individual sample, maintaining the thermodynamic equilibrium
constants as benchmarks, rather than to derive functions involving total concentra-
tions, manipulating the thermodynamic equilibrium constants, as done by Chiodini
et al. (1991).

Other complications affecting the geoindicators are related to the hydrothermal
minerals occurring in geothermal aquifers, several of which are not pure solid
phases and some of which exhibit highly variable compositions. These aspects were
never considered or were not properly considered, in the derivation of traditional
geothermometers and fCO2-indicators.

A surprising fact, already mentioned above, is the mathematical simplicity of
traditional geothermometers, resulting from the adoption of the van’t Hoff equa-
tion integrated under the assumption of constant reaction enthalpy (e.g., Langmuir
1997) to express the temperature dependence of pertinent thermodynamic equilib-
rium constants, in most previous studies. The use of this form of the van’t Hoff
equation requires that the isobaric heat capacity of the reactions controlling water
geothermometers is close to zero. This is usually a reasonable or relatively reasonable
approximation for the dissolution reactions of silica minerals and the ion exchange
reactions governing ionic solute geothermometers as shown in Sect. 5.1.3. However,
as already noted by some authors (e.g., Arnórsson 2000), there is no need to rely on
this approximation and to obtain simple linear functions relating the logarithm of the
thermodynamic equilibrium constant to the absolute temperature inverse.

Activity coefficients of individual ions, γj, were neglected in several previous
studies of water geothermometers, based on the assumption that γj ratios are close
to unity (e.g., Lindsay 1980). This is true or nearly so for the γj ratios involving two
ions of the same charge (e.g., the Na/K ratio) but the γj ratios involving cations of
difference charge, such as the K2/Mg, K2/Ca, Na2/Mg, and Na2/Ca ratios deviate
significantly from unity. In any case, there is no need to use this approximation.

Starting from these premises, we decided to investigate water geothermome-
ters and fCO2-indicators from the theoretical point of view, adopting the thermo-
dynamic equilibrium constants of suitable mineral-solution reactions as foundation
of geothermometric functions and fCO2-indicators derived in this work. This implies
that water geothermometers and fCO2-indicators involve activity ratios, which must
be computed for each sample using a suitable speciation program. Owing to this
theoretical approach, the thermodynamic background is summarized in Chap. 2.

Since the geothermometers and fCO2-indicators are based on the hypothesis of
thermo-chemical equilibrium between the aqueous solution and the hydrothermal
minerals presumably occurring in the geothermal aquifer, a large effort was devoted
to the characterization of both the reservoir liquids and the hydrothermal minerals
from active geothermal systems.

For this reason, we have reconstructed over 1000 chemical analyses of reservoir
liquids, presumably representative of mineral-solution thermo-chemical equilibrium
at aquifer temperatures of 100–350 °C, combining the chemical analyses of the liquid
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and vapor phases discharged from drilled wells and collected at known separation
temperature and pressure. The relevant chemical characteristics of reservoir liquids
are presented in Chap. 3.Moreover these reservoir liquids are used to test the geother-
mometers and fCO2-indicators, both those traditional and those derived in this work,
in subsequent chapters.

For the same reason, over 2200 chemical analyses of hydrothermal minerals from
active geothermal systems were compiled and processed, as discussed in Chap. 4.
In this way, it was possible to identify the minerals occurring as pure solid phases
or nearly so and those present as solid solutions. For the solid solutions, the average
activity of the endmembers of interest andother statistical parameterswere computed.
Average activities were then used in the implementation of water geothermometers
and fCO2-indicators, in subsequent chapters.

Chapter 5 is devoted to the traditional geothermometers and fCO2-indicators.
Their characteristics, strengths and weaknesses are thoroughly treated. Our focus
is mainly on the silica, Na–K, Na–K–Ca, Na–Ca, K–Ca, K–Mg and Na–Mg geother-
mometers as well as on the K–Ca fCO2-indicator. Nevertheless, other ionic solute
geothermometers (e.g., Na–Li, Mg–Li, Ca–Mg, SO4–F) are briefly recalled, as well
as multicomponent chemical geothermometry and the influence of ion complexing
on geothermometers and fCO2-indicators.

The main outcomes of this work are illustrated in Chaps. 6, 7, and 8, which are
centered on the theoretical, activity-based Na–K geoindicators, K–Mg and Na–Mg
geoindicators, and Ca–K and Ca–Na geoindicators, respectively.

We are aware that the approach we propose here is much more intricate than the
simple formulas of traditional geoindicators and that usersmust have a background in
geochemistry and thermodynamics or must acquire it. However, the precision on the
calculated geothermal aquifer temperatures and CO2 fugacities and the additional
information on the hydrothermal minerals presumably present in the geothermal
reservoir represent significant improvements with respect to the results given by
traditional geoindicators and multicomponent chemical geothermometry. We think
it is worth a try.
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Chapter 2
Thermodynamics, Geochemical
Modeling and Related Considerations

Abstract In this chapter we intend (1) to briefly recall the thermodynamic functions
and the relations linking them which are of use in geochemical applications, (2) to
present the software package SUPCRT92, which is used to calculate the standard
molal thermodynamic properties of minerals, gases, aqueous species, and H2O, as
well as of the reactions involving these entities, as a function of temperature and
pressure, from 0 to 1000°C and from 1 bar to 5 kbar, (3) to summarize the main
aspects of equilibrium state models and reaction path models, focusing of multicom-
ponent chemical geothermometry, which is a reaction path model of special interest.
In particular, the simple equations linking the Gibbs free energy and the thermody-
namic equilibrium constant of the dissolution reaction of a given solid solution to
the corresponding properties of the dissolution reaction of the key endmember are
presented in section 2.2.1.

In the their textbook on geochemical thermodynamics, Nordstrom andMunoz (2006)
recall the impact of thermodynamics on the famous physicist Arnold Sommerfeld
(1868–1951), who was honored with many distinguished awards for his important
contributions to atomic physics. Despite the unbeaten record of eighty one nomi-
nations, he never won the Nobel Prize, which was awarded to four PhD students
of him, namely Peter Debye, Werner Karl Heisenberg, Wolfgang Pauli, and Hans
Bethe. According to Arnold Sommerfeld, the first time he studied thermodynamics,
he thought he understood it except for a few minor points. The second time he
studied thermodynamics, he thought he did not understand it except for a few minor
points. The third time, he knew he did not understand the subject, but by then it
did not matter, because he could use thermodynamics effectively. We suspect that
Sommerfeld was too strict with himself, but we agree that it is important to be able
to use thermodynamics, avoiding excessive insights and details. Therefore, we tried
to organize this chapter accordingly.

First, in Sect. 2.1, thermodynamic principles and relations are briefly recalled.
The reader is referred to textbooks on thermodynamics (e.g., Lewis and Randall
1961; Denbigh 1981; Anderson and Crerar 1993; Nordstrom and Munoz 2006) for
the derivation of relationships from first principles and related discussion. Second,
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in Sect. 2.2, the software package SUPCRT92 is presented and a related topic is
treated in subsection 2.2.1. Third, in Sect. 2.3, emphasis is placed on the aspects of
geochemicalmodelingwhich are relevant for the development of theoretical, activity-
based geothermometers and fCO2 indicators, as we plan to do in this work. The reader
is referred to textbooks on geochemical modeling (e.g., Grenthe and Puigdomenech
1997; Bethke 2008) for calculation techniques and examples of application.

2.1 A Synthesis of Thermodynamics for Geothermal
Geochemistry

2.1.1 Gibbs Free Energy, Enthalpy, and Entropy

Different functions, known as thermodynamic potentials or heat potentials or funda-
mental functions, can be utilized to describe the state of the system of interest, that
is to understand the proximity to (or the distance from) the condition of chemical
equilibrium as well as the direction in which a reversible reaction will proceed to
attain the equilibrium condition. Because geochemists generally use temperature as
thermal parameter and pressure as mechanical parameter, the most suitable ther-
modynamic potential is the Gibbs free energy, G. The Gibbs free energy is a state
function. This means that G (like the other thermodynamic potentials) depends only
on the state of the system and does not depend on the path followed by the system
to reach its current state.

The enthalpy, H, which represents the amount of heat exchanged in a process,
and the entropy, S, which depends on the state of disorder of the system, are the two
components of the Gibbs free energy, as indicated by the fundamental relation:

G = H − T · S (2.1)

Like G, both H and S are state functions.

2.1.2 Standard State, Activity and Fugacity

It is possible to measure the variations of state functions resulting from changes
in temperature, pressure, and composition, whereas it is impossible to measure the
absolute values of state functions. Therefore, the value of a state function at the
temperature and pressure of interest is definedwith respect to the value that it assumes
at an appropriate reference state, which is called standard state. This is a constant that
cancels out in the computation of the variation in the state function ensuing from any
change in temperature, pressure, and composition. The standard state conventions
generally assumed are:
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• pure phases at all pressures and temperatures for solids and liquids, including
water;

• hypothetical one molal solution referenced to infinite dilution at any pressure and
temperature, for aqueous species other than water; the term hypothetical indicates
that the adopted standard state convention has nothing to dowith the real onemolal
solution;

• hypothetical ideal gas at 1 bar and any specified temperature for gases.

Incidentally, these standard state conventions imply that gases obey the ideal gas
law and solutes obey the Henry’s law or the Raoult’s law.

The Gibbs free energy of one mole of any substance i (either a solid or a liquid or
a gas or a solute) in the standard state is generally indicated by the superscript °, i.e.,
as Go

i , whereas Gi indicates the Gibbs free energy of one mole of i in the considered
system. The difference between Gi and Go

i depends on a function called activity, as
expressed by the relation:

Gi = Go
i + RT ln ai (2.2)

where T is the absolute temperature (in Kelvin degrees) and R is the universal gas
constant, 8.3144626 J K−1 mol−1 or 1.9872036 cal K−1 mol−1.

From Eq. (2.2), it follows that the activity is one at standard state. Therefore, pure
solids and liquids (including water) have unit activity at all pressures and tempera-
tures. Aqueous solutes have unit activity in the hypothetical infinitely diluted, one
molal solution at any pressure and temperature. Pure ideal gases have unit activity
at 1 bar and any temperature.

Activity coefficients are dimensionless factors introduced to deal with real
substances which are not in their standard states and deviate from ideal behavior.
The activity of the j-th component in a non-ideal solid or liquid mixture i, aj,i, is
related to its molar fraction, xj,i, by the equation:

aj,i = λj,i · xj,i. (2.3)

The activity of the j-th component in a non-ideal aqueous solution i, aj,i, is related
to its molality, m j,i, by the equation:

aj,i = γj,i · m j,i. (2.4)

The distinct approaches adopted to calculate activity coefficients of solute species
in dilute and concentrated electrolyte solutions are concisely recalled in Sects. 2.3.3
and 2.3.4, respectively, because of the pivotal role of aqueous solutions.

Although Eq. (2.2) applies to any state of matter, usually fugacity is used instead
of activity for pure gases and gas mixtures. Fugacity is related to activity by this
simple relation:
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ai = fi
f oi

. (2.5)

If f oi = 1 bar because of standard state convention, then ai = fi. This fact cannot
be taken for granted because other choices of the standard state are possible. The
fugacity of a pure gas i is related to total gas pressure, P, by the relation:

fi = �i · P (2.6)

where �i is the fugacity coefficient of the considered pure gas. The fugacity of the
j-th component of a gas mixture i is defined by the equation:

fj,i = �j,i · P · yj,i. (2.7)

where �j,i and yj,i are the fugacity coefficient and the molar fraction of the j-th
component of the gas mixture i.

2.1.3 The Equilibrium Constant

Let us consider a generic reaction:

aA + bB = cC + dD. (2.8)

The Gibbs free energy of this reaction,�Gr, is the sum of the molal Gibbs
free energy of reactants and products, each multiplied times the corresponding
stoichiometric coefficient, that is:

�Gr = c × GC + d × GD − a × GA − b × GB. (2.9)

To be noted that stoichiometric coefficients are positive for products and negative
for reactants. For the considered reaction, it is also possible to compute the standard
molalGibbs free energy of the reaction,�Go

r , inwhich each product and each reactant
is at standard state:

�Go
r = c × Go

C + d × Go
D - a × Go

A - b × Go
B (2.10)

Because Eq. (2.2) can be written for each product and reactant, it follows that:

�Gr = �Go
r + RT ln

(
acC · adD
aaA · abB

)
(2.11)

Since, the Gibbs free energy of the reaction, �Gr, is zero at equilibrium, it is
possible to write:
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�Go
r = −RT ln

(
acC · adD
aaA · abB

)
equilibrium

= −RT ln K, (2.12)

whereK is the thermodynamic equilibriumconstant. Equation (2.12) has been called
the most important and useful relation of thermodynamics, because it tells us that
the thermodynamic equilibrium constant depends on a difference between standard
Gibbs free energy only, and consequently on T and P only, and does not depend on
the composition of the system. According to the IUPAC Gold Book (see https://gol
dbook.iupac.org/terms/view/S05915), the symbolK° should be used instead ofK and
the adjective “standard” should be used instead of “thermodynamic”, although in the
IUPAC Gold Book it is written that “some chemists prefer the name thermodynamic
equilibrium constant and the symbol K”. Sorry, I am one of these chemists.

2.1.4 Thermodynamic Properties of Solids and Gases
as a Function of T and P

To calculate the thermodynamic equilibrium constant at any T and P, it is necessary
to compute the changes in standard Gibbs free energy with T and P, as expressed by
the following relation:

�Go
r,T,P = �Go

r,Tr,Pr +
T∫

Tr

∂�Go
r

∂T
dT +

P∫
Pr

∂�Go
r

∂P
dP

= �Go
r,Tr,Pr −

T∫
Tr

�Sor dT +
P∫

Pr

�Vo
r dP. (2.13)

In Eq. (2.13),�Go
r,Tr,Pr is the standardGibbs free energy of the considered reaction

at the reference temperature Tr and reference pressure Pr,�Sor is the standard entropy
of reaction (i.e., the sum of the standard molal entropies of reactants and products,
each multiplied times the corresponding stoichiometric coefficient) and �Vo

r is the
standard volume of reaction (i.e., the sum of the standard molal volumes of reactants
and products, each multiplied times the corresponding stoichiometric coefficient).
In other words, �Sor and �Vo

r are defined by relations completely analogous to
Eq. (2.10).

If a gas participate to the reaction of interest, it is convenient to split the integral∫ P
Pr �Vo

r dP, in two parts, one for the solids and one for the gas (e.g., CO2), as follows:

P∫
Pr

�Vo
r dP =

P∫
Pr

�Vo
solidsdP +

P∫
Pr

Vo
CO2

dP, (2.14)

https://goldbook.iupac.org/terms/view/S05915
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in which Vo
CO2

is the standard molal volume of gaseous CO2. The reason for splitting

the integral
∫ P
Pr �Vo

r dP is that the volume of solids is practically pressure independent
in the range of pressure of geothermal systems (that is from 1 to a few hundred bars),
whereas the volume of gases experiences large changes with pressure. Assuming
that the reaction volume of solids is constant, and recalling Eqs. (2.2) and (2.5), it is
possible to rewrite Eq. (2.14) as follows:

P∫
Pr

�Vo
r dP = �Vo

solids(P − 1) + RT · ln
(

fCO2,P

fCO2,Pr

)
. (2.15)

As shown by Eq. (2.13), the standard entropy of the reaction of interest, �Sor , is
needed to compute the standard Gibbs free energy of the reaction at any temperature
T �= Tr. In turn, the standard entropy of reaction is a function of temperature as
expressed by the following relation:

�Sor,T − �Sor,Tr =
T∫

Tr

�Co
P,r

T
dT, (2.16)

where�Co
P,r is the standard heat capacity at constant pressure of the reaction (i.e., the

sum of the standard molal heat capacities of reactants and products, each multiplied
times the corresponding stoichiometric coefficient). Isobaric heat capacities of solids
and gases are generally defined by simple temperature functions which can be easily
integrated, such as the Maier-Kelley equation (Maier and Kelley 1932):

Co
P = a + b · T + c · T−2. (2.17)

Adoption of the Maier-Kelley equation for the standard molal heat capacity at
constant pressure of solids and gases leads to:

�Sor,T = �Sor,Tr + �a · ln T

Tr
+ �b(T − Tr) + �c

2

(
1

T2 − 1

Tr2

)
(2.18)

and

�Go
r,T =�Go

r,Tr + �a ·
(
T − Tr − T · ln T

Tr

)

+ �b

2

(−T2 − Tr2 + 2 · T · Tr) + �c

(
T2 + Tr2 − 2 · T · Tr

2 · T · Tr2
)

. (2.19)

Equation (2.19) is used to compute the standard Gibbs free energy of the
considered reaction at any given temperature T �= Tr.
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The standard isobaric heat capacity of the reaction is also involved in the relation
expressing the temperature dependence of the standard enthalpy of the reaction:

�Ho
r,T − �Ho

r,Tr =
T∫

Tr

�Co
P,rdT, (2.20)

Adopting the Maier-Kelley equation for the standard molal heat capacity at
constant pressure of solids and gases, the following relation is obtained from
Eq. (2.20):

�Ho
r,T = �Ho

r,Tr + �a(T − Tr) + �b

2
(T2 − Tr2) + �c

(
1

T
− 1

Tr

)
. (2.21)

The temperature dependence of the thermodynamic equilibrium constant K of
any reaction is expressed by the van’t Hoff equation:

ln
KT

KTr

=
T∫

Tr

�Ho
r

RT2 dT, (2.22)

Integration of Eq. (2.22) adopting the Maier-Kelley equation for the �Co
P,r leads

to the following relation:

ln KT = ln KTr − �Ho
r,Tr

R

(
1

T
− 1

Tr

)
+ �a

R

(
ln

T

Tr

)
+ �b

2R
(T − Tr) + �c

2R

(
T2 − Tr2

)
.

(2.23)

Equation (2.23) is used to compute the thermodynamic equilibrium constant at
any given temperature T �= Tr.

The effect of possible phase transitions in solids was not considered, to avoid
complicating too much previous equations. For completeness, see Johnson et al.
(1992).

2.1.5 Thermodynamic Properties of Aqueous Species
as a Function of T and P

The thermodynamic properties of electrolyte solutions at elevated temperatures and
pressures can be predicted bymeans of a theoreticalmodel implemented byHaroldC.
Helgeson and coworkers between 1974 and 1981 (Helgeson and Kirkham 1974a,b;
Helgeson and Kirkham 1976; Helgeson et al. 1981) and later revised by Tanger and
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Helgeson (1988) and Shock et al. (1992). This theoretical model is known as revised
HKF model.

The standard molal volume and isobaric heat capacity of a solute are given by the
two expressions:

Vo = −ω · Q +
(
1

ε
− 1

)
·
(

∂ω

∂P

)
T

+ a1 + a2
� + P

+ a3
T − �

+ a4
(� + P) · (T − �)

(2.24)

Co
P =ωTX + 2TY

(
∂ω

∂T

)
P

− T

(
1

ε
− 1

)(
∂2ω

∂T2

)
P

+ c1 + c2
(T − �)2

− 2T

(T − �)3

[
a3(P − Pr) + a4 ln

(
� + P

� + Pr

)]
(2.25)

in which:

• ω is the electrostatic Born coefficient which is a property of each solute;
• a1, a2, a3, a4, c1, and c2 are coefficients which assume specific values for each

solute;
• � is equal to 2600 bar and � is a sort of singular temperature for water, equal to

228 K (−45 °C)
• Q, X, and Y are functions of the dielectric constant of water, ε:

Q = 1

ε2
·
(

∂ε

∂P

)
T

(2.26)

Y = 1

ε2
·
(

∂ε

∂T

)
P

(2.27)

X =
(

∂Y

∂T

)
P

= 1

ε2
·
(

∂2ε

∂T2

)
P

− 2 · ε · Y2. (2.28)

The standard molal entropy, enthalpy, and Gibbs free energy of each solute are
obtained through integration, as shown in the following expressions:

SoP,T =SoPr,Tr +
T∫

Tr

Co
P
T

dT −
P∫

Pr

[(
∂Vo

∂T

)
P

]
T
dP

= SoPr,Tr + c1 · ln T
Tr

− c2
�

·
[(

1

T − �

)
−

(
1

Tr − �

)
+ 1

�
· ln

(
Tr · (T − �)

T · (Tr − �)

)]

+
(

1

T − �

)2
·
[
a3 · (P − Pr) + a4 · ln

(
� + P
� + Pr

)]
+ ωY −

(
1

ε
− 1

)(
∂ω

∂T

)
P

− ωPr,TrYPr,Tr (2.29)
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Ho
P,T =Ho

Pr,Tr +
T∫

Tr

Co
PdT +

P∫
Pr

[
Vo − T

(
∂Vo

∂T

)
P

]
T
dP

= Ho
Pr,Tr + c1 · (T − Tr) − c2

[(
1

T − �

)
−

(
1

Tr − �

)]
+ a1(P − Pr) + a2 · ln

(
� + P
� + Pr

)

+
(

2T − �

(T − �)2

)[
a3(P − Pr) + a4 · ln

(
� + P
� + Pr

)]
+ ω

(
1

ε
− 1

)
+ ωTY

− T
(
1

ε
− 1

)(
∂ω

∂T

)
P

− ωPr,Tr

(
1

εPr,Tr
− 1

)
− ωPr,TrTrYPr,Tr (2.30)

Go
P,T =Go

Pr,Tr − SoPr,Tr(T − Tr) +
T∫

Tr

Co
PdT −

T∫
Tr

Co
P
T

dT +
P∫

Pr

VodP

= Go
Pr,Tr − SoPr,Tr(T − Tr) − c1

[
T · ln

(
T
Tr

)
− T + Tr

]
+ a1(P − Pr) + a2 · ln

(
� + P
� + Pr

)

− c2

{[(
1

T − �

)
−

(
1

Tr − �

)]
·
(

� − T
�

)
− T

�2
· ln

(
Tr · (T − �)

T · (Tr − �)

)}

+
(

1

T − �

)
·
[
a3(P − Pr) + a4 · ln

(
� + P
� + Pr

)]
+ ω

(
1

ε
− 1

)
− ωPr,Tr

(
1

εPr,Tr
− 1

)

− ωPr,Tr(T − Tr)YPr,Tr (2.31)

In spite of the apparent complexity of these equations, they involves seven specific
parameters for each solute, namely ω, a1, a2, a3, a4, c1, and c2, which have been
defined above.

2.2 Supcrt92

The software package SUPCRT92 (Johnson et al. 1992) is used to compute the
standard molal thermodynamic properties of minerals, gases, aqueous species, and
H2O, as well as of reactions involving these entities as a function of temperature and
pressure, from 0 to 1000 °C and from 1 bar to 5 kbar. In fact, SUPCRT92 encodes
the expressions presented in Sects. 2.1.4 and 2.1.5. An on-line interface to compute
the thermodynamic properties of the reactions of interest is available at the following
link http://geopig3.la.asu.edu:8080/GEOPIG/pigopt1.html.

Zimmer et al. (2016) expanded the SUPCRT92 thermodynamic dataset andmodi-
fied the SUPCRT92 program implementing a software package called SUPCRTBL,
which is available online at https://models.earth.indiana.edu/applications_index.php.
Zimmer et al. (2016) used the mineral database of Holland and Powell (2011) and
modified the original computer code to accommodate the different polynomial func-
tion for isobaric heat capacity, the molal volume as a function of temperature and
pressure, and mineral phase transitions using the Landau model (Holland and Powell
1998). Several species were added to the database including As-bearing minerals
and aqueous species (from Nordstrom and Archer 2002; Zhu et al. 2005; Langmuir
et al. 2006; and Marini and Accornero 2007, 2010), Al-bearing aqueous species
from Tagirov and Schott (2001), aqueous silica from Apps and Spycher (2004) and

http://geopig3.la.asu.edu:8080/GEOPIG/pigopt1.html
https://models.earth.indiana.edu/applications_index.php
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Stefánsson (2001), and dawsonite fromBenezeth et al. (2007). Although these modi-
fications are certainly needed for studies in metamorphic petrology, environmental
geology, and geological sequestration of CO2, the original SUPCRT92 database
is still the most appropriate for this work, in spite of possible problems on the
thermodynamic data of Al-bearing minerals (see below).

In the original SUPCRT92 database, the thermodynamic properties of all relevant
minerals are from Helgeson et al. (1978), the thermodynamic properties of all perti-
nent aqueous species are from Helgeson and coworkers (e.g., Shock and Helgeson
1988; Shock et al. 1989, 1997; Sverjensky et al. 1997), the thermodynamic properties
of all gases (although CO2 is the only gas of interest for this work) are from Kelley
(1960) andWagman et al. (1982), whereas the thermodynamic and electrostatic prop-
erties of H2O are calculated by SUPCRT92 using the equations and data given by
Helgeson and Kirkham (1974a), Uematsu and Franck (1980), Levelt Sengers et al.
(1983), Pitzer (1983), Haar et al. (1984), and Johnson and Norton (1991). Conse-
quently, the results of SUPCRT92 have a high level of internal consistency. This is
a good reason to use SUPCRT92 and its original database for computing the log K
and other thermodynamic properties of mineral-solution reactions relevant for this
work.

However, the reliability of the thermodynamic data of Helgeson et al. (1978)
for Al-bearing minerals was questioned by some authors. Hemingway et al. (1982)
underscored that there is a systematic difference of about−6.5 kJ (molAl)−1 between
the enthalpies of formation reported byHelgeson et al. (1978) forAl-bearingminerals
and the enthalpies of formation recommended by Robie et al. (1979), Hemley et al.
(1980), and Haas et al. (1981) for the same solid phases. According to Hemingway
et al. (1982), this systematic difference in the enthalpies of formation of Al-bearing
minerals derives from a questionable procedure used by Helgeson et al. (1978) to
obtain the thermochemical data of kaolinite, which was then used as a secondary
reference standard for Al in the construction of their thermodynamic database. This
error in the thermodynamic data of Helgeson et al. (1978) for Al-bearing minerals
was also underscored by Arnórsson and Stefánsson (1999) in a review paper on the
thermodynamic properties of feldspars, by Nordstrom andMunoz (2006) in the their
textbook on geochemical thermodynamics, and more recently by Tutolo et al. (2014)
andWolery and Jové Colón (2007). Thework of Tutolo et al. (2014) is certainly inter-
esting but represents a sort of first step forwards, because revised, internally consis-
tent data are provided for low-albite, maximum-microcline, muscovite, and quartz
only, whereas several Al-bearing minerals of interest for this work (i.e., high-albite,
high-sanidine, 7Å-clinochlore, clinozoisite, laumontite, prehnite, and wairakite) are
disregarded.

In Sect. 4.2.4 it will be shown that the transition temperatures of alkali feldspars
are satisfactorily reproduced by using the thermodynamic data of Helgeson et al.
(1978), whereas the thermodynamic data proposed more recently by other authors
(e.g., Holland and Powell 1998; Arnórsson and Stefánsson 1999; Holland and Powell
2011) lead to computed transition temperatures of alkali feldspars at variance with
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the values reported in the scientific literature. Therefore, it is better to use the ther-
modynamic data of Helgeson et al. (1978) rather than those of other thermodynamic
compilations mentioned above, at least for the alkali feldspars.

Moreover, it must be noted that even if the enthalpies of formation proposed by
Helgeson et al. (1978) forAl-bearingminerals are affected by a systematic error, such
an error does not preclude their use in exchange reactions as long as Al is conserved
in the solid phases.

The equilibrium constants computed by means of SUPCRT92 are incorporated in
the databases of several geochemical modeling codes. This procedure is particularly
straightforward for the EQ3/6 software package, because the SUPCRT92 computer
code can be used to generate the log K of the reactions of interest at the temperatures
and pressures required by EQ3/6.

2.2.1 The Equilibrium Constant of the Dissolution Reaction
of a Solid Solution

As discussed by Helgeson et al. (1978), if the thermodynamic properties are to
be assigned to all the solid solutions present in nature, thermodynamic databases
would be flooded by an almost infinite numbers of these solid solutions. Among
the hydrothermal minerals occurring in active geothermal systems, illites, chlorites,
epidotes, garnets, prehnites and wairakites are solid solutions of varying compo-
sition (as detailed in Chap. 4) and would contribute to the flooding of thermody-
namic databases. Since this practice leaves much to be desired, it is advisable to
take a different approach, considering only the solid solutions in which the key
endmembers have average activity or an activity value of interest. The key endmem-
bers are those for which thermodynamic data are available, such as muscovite in
illites, 7Å-clinochlore in chlorites, clinozoisite in epidotes, prehnite in prehnite/ferri-
prehnite solid solutions, wairakite inwairakite/analcime solid solutions and grossular
in garnets, among the hydrothermalminerals occurring in active geothermal systems.

The activity of the key endmember in a given solid solution can be calculated from
site mixing approximations, using the relations given in different sections of Chap. 4.
Here, we intend to write the simple equations linking the Gibbs free energy and the
thermodynamic equilibrium constant of the dissolution reaction of a solid solution
to the corresponding properties of the dissolution reaction of the key endmember.
Taking illite and muscovite as example, we begin to write the dissolution reaction of
muscovite:

KAl3Si3O10(OH)2 + 10H+ = K+ + 3Al3+ + 3SiO2(aq) + 6H2O. (2.32)

whose standard molal Gibbs free energy is:

�Go
r,Ms = Go

K+ + 3 · Go
Al3+ + 3 · Go

SiO2(aq)
+ 6 · Go

H2O − Go
Ms. (2.33)
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To be noted that (i) Eq. (2.33) is a peculiar case of the general Eq. (2.10) and
(ii) the Gibbs free energy of hydrogen ion does not appear in Eq. (2.33) being zero
by convention. Assuming that the stoichiometry of illite is not very different from
that of pure muscovite, the Gibbs free energy of the illite dissolution reaction can be
written as:

�Go
r,Ill = Go

K+ + 3 · Go
Al3+ + 3 · Go

SiO2(aq)
+ 6 · Go

H2O − Go
Ill. (2.34)

Based on the general Eq. (2.2), the Gibbs free energy of illite can be written as:

Go
Ill = Go

Ms + RT ln aMs. (2.35)

Inserting Eqs. (2.35) into (2.34) and rearranging we obtain:

�Go
r,Ill = Go

K+ + 3 · Go
Al3+ + 3 · Go

SiO2(aq)
+ 6 · Go

H2O − Go
Ms − RT ln aMs. (2.36)

Comparing Eqs. (2.33) and (2.36), it turns out that:

�Go
r,Ill = �Go

r,Ms − RT ln aMs. (2.37)

Eqn (2.37) links the Gibbs free energies of the dissolution reactions of illite and
muscovite and is one of the sought relations. Let us now write the general Eq. (2.12)
for the dissolution reactions of muscovite:

ln KMs = −�Go
r,Ms

RT
(2.38)

and illite:

ln KIll = −�Go
r,Ill

RT
. (2.39)

Plugging Eqs. (2.35) into (2.39) and rearranging leads to:

ln KIll = −�Go
r,Ms + RT ln aMs

RT
= ln KMs + ln aMs. (2.40)

Equation (2.40) links the thermodynamic equilibrium constant of the dissolution
reactions of illite and muscovite and is another of relation of interest. Since it is
common practice to use the decimal logarithm of K instead of its natural logarithm,
it is convenient to write the following expression:

logKIll = logKMs + log aMs. (2.41)

It must be kept in mind that Eqs. (2.34) and the relations derived from it are all the
more approximate the more the composition of illite deviates from that of muscovite.
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Amorphous silica scales formed as a results of polymerization of aqueous
monomeric silica often contain significant concentrations of Fe and Al, as reported
for several geothermal fields (Gallup 1997, 1998). To test Eq. (2.41), we have used
it to predict the log K of the dissolution reaction of Al- and Fe-rich amorphous silica
based on the composition of these solid phases and the log K of the dissolution
reaction of pure amorphous silica (data from Gallup 1998).

In Fig. 2.1, the predicted logK values are comparedwith the logK values obtained
from the solubilities of Al- and Fe-rich amorphous silica, which were measured
by Gallup (1998). The results obtained at 25 °C were disregarded being too low,
possibly because the duration of the experiments was insufficient for the attainment
of the equilibrium condition. The agreement between measured and predicted log
K values is satisfactory taking into account the experimental uncertainties and the
approximations affecting Eq. (2.41).

Fig. 2.1 The log K of the dissolution reaction of amorphous silica, pure and rich in Al and Fe,
obtained from the solubilities measured at different temperatures (Gallup (1998); dashed lines with
symbols) is compared with the predicted log K of Al- and Fe-rich amorphous silica (solid lines)
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2.3 Geochemical Modeling

There are two distinct types of geochemical models. The geochemical models of the
first type compute the chemical speciation and the saturation state of the aqueous
solution of interest. They are often called equilibrium state models. The first calcu-
lations of this type were probably performed by Garrels and Thompson (1962), who
computed (by hand!) the distribution of aqueous species in seawater starting from
its bulk composition, that is from the results of the chemical analysis. Further details
are given in Sect. 2.3.1.

Thegeochemicalmodels of the second type are usually called reactionpathmodels
and are used to simulate different processes, such as the dissolution of one or more
solid phases in an aqueous solution, mixing of two distinct aqueous solutions, and
cooling/heating of an aqueous solution (see Sect. 2.3.2). A geochemical model of the
second type was probably implemented for the first time by Garrels and Mackenzie
(1967), who simulated the reactions occurring during the gradual evaporation of
springwater. First, they calculated aqueous speciation of the initial springwater. Then
they removed step-by-step a given quantity of water and recomputed the distribution
of aqueous species. Thus, geochemical modelling was extended from a single state
to a number of states and a whole process was simulated.

The full-fledged method of reaction path modelling was proposed by Helgeson
and coworkers. The equations needed to compute the irreversible water-rock mass
transfer processes were presented by Helgeson (1968), whereas the first computer
code for reaction path modeling, named PATHI (“path-one”), was used to study
several processes, including evaporation, weathering, sediment diagenesis, ore
deposition, and hydrothermal alteration (e.g., Helgeson et al. 1969, 1970).

Today, both speciation-saturation calculations and reaction path calculations are
performed by several software packages, such as PHREEQCand PhreeqcI (Parkhurst
and Appelo 2013; Charlton and Parkhurst 2002), EQ3/6 (Wolery 1992; Wolery and
Daveler 1992), SOLVEQ/CHILLER (Reed 1982), and the Geochemist’s Workbench
(Bethke 2008). Speciation-saturation calculations are carried out by several computer
programs, includingWATEQ4F (Ball andNordstrom 1991),MINTEQA2 andVisual
MINTEQ (Allison et al. 1991; https://vminteq.lwr.kth.se/),MINEQL andMINEQL+
(Westall et al. 1976; Schecher and McAvoy 1992), and SOLMINEQ.88 (Perkins
1992).

The computer program WATCH is unique, because it was conceived as a tool for
modeling the chemistry of geothermal fluids, including the bi-phase fluids discharged
from geothermal wells. The program combines the chemical analyses of the liquid
and vapor phases separated at specified pressure, temperature conditions and calcu-
lates the chemical speciation and the saturation state of reservoir liquids. For excess
enthalpy wells, volatile species are partitioned between the liquid and vapor phases
coexisting in the geothermal aquifer. Moreover, the effects of boiling and conductive
cooling can be simulated. The most recent version of WATCH was implemented
by Bjarnason (2010), but the background to the code and the adopted computation

https://vminteq.lwr.kth.se/
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methods were previously described by Arnórsson et al. (1982). WATCH, PhreeqcI,
and EQ3/6 were used in this work as explained in Sect. 3.1.

2.3.1 Equilibrium State Models

In equilibrium state models, the molalities, activities, and activity coefficients of
the aqueous species actually present in an electrolyte solution are computed from
measured parameters (e.g., total concentrations, pH, Eh, and temperature) by means
of speciation calculations involving:

1. A series of mass balance equations, one for each fundamental chemical compo-
nent utilized to describe the composition of the electrolyte solution or basis
species in EQ3/6 terminology (e.g., Wolery 1992).

2. A series of mass action equations, or thermodynamic equilibrium constants, one
for each aqueous complex.

3. The balance of electrical charges, as dictated by the principle electroneutrality:

∑
i

m i · Zi = 0, (2.42)

where the summation includes all charged species (free ions and aqueous complexes)
of molality m i and charge Zi.

A brief digression is needed on alkalinity, which is defined as the sum of all the
bases dissolved in the aqueous solution. To be noted that (i) alkalinity is nearly equal
to the concentration of HCO3

− ion in most natural waters and (ii) the determination
of alkalinity by acidimetric titration is straightforward. Owing to these two reasons,
alkalinity is frequently included in the analytical routine instead of total dissolved
inorganic carbon, DIC, which is rarely analyzed. This explains whyDIC or alkalinity
are accepted as input by some computer codes, such as PhreeqcI and EQ3 up to a
temperature of 50 °C, although only DIC is admitted as input by other computer
codes, such as WATCH, which requires DIC as mg/kg of CO2.

However, in waters of high or relatively high pH, including the geothermal brines
that have experienced boiling, a significant proportion of alkalinity is explained by
other dissolved species, such asOH−,H3SiO4

−,H2BO3
−,HS−, andNH3°. Formation

waters usually contain high concentrations of organic acid anions, also contributing
to alkalinity. For all these aqueous solutions, it is advisable to determine DIC rather
than relying on alkalinity. The measurement of DIC can be performed by infrared
detection of the CO2 released from the acidified aqueous solution, which is our
preferred method because it can be carried out directly in the field (Cioni et al. 2007).
Alternatively, DIC can be obtained by (i) ion chromatography using a KOH solution
as eluent or (ii) an extended alkalinity titration, comprising acidimetric titration
followed by removal ofCO2 from thewater by bubbling gaseousN2 and back titration



20 2 Thermodynamics, Geochemical Modeling and Related Considerations

withNaOHor (iii) ICP-AES in the absence of organic carbon (Arnórsson et al. 2006).
To be noted, however, that these three methods cannot be performed in the field and
the result of the secondmethod is the sum of carbonate alkalinity and sulfide. Further
details on alkalinity and DIC are found in textbooks (e.g., Langmuir 1997; Zhu and
Anderson 2002; Appelo and Postma 2005) and computer code manuals (e.g., Wolery
1992; Parkhurst and Appelo 2013).

Resuming the main discussion, an example of mass balance equation is:

mNa,tot = mNa+ + mNaClo + mNaSO -
4

+ mNaHCOo
3
+ mNaCO -

3
+ mNaOHo . . . , (2.43)

where the left-hand term is the total analyticalmolality ofNa, resulting fromchemical
analysis, whereas the right-hand term is the sum of the molalities of all individual
Na-bearing aqueous species, both charged and neutral.

An example of mass action equation is the dissociation reaction of the NaHCOo
3

aqueous complex:

NaHCOo
3 = Na+ + HCO−

3 , (2.44)

which produces the free ions Na+ and HCO−
3 , both of which are fundamental chem-

ical components or basis species. The thermodynamic equilibrium constant of the
dissociation reaction (2.44) is:

KNaHCOo
3
= aNa+ · aHCO−

3

aNaHCOo
3

. (2.45)

Eqn (2.45) can be rewritten as follows, recalling Eq. (2.4):

KNaHCOo
3
= mNa+ · mHCO−

3
· γNa+ · γHCO−

3

mNaHCOo
3
· γNaHCOo

3

. (2.46)

As shown in Sect. 2.3.3, activity coefficients are a function of the true ionic
strength I, which is defined by the equation:

I = 1

2

∑
i

m i · Z2
i , (2.47)

where the summation includes the molal concentrations of all dissolved ionic solutes
computed through speciation calculations. Therefore, an iterative approach is needed
to compute the equilibrium state. Incidentally, the true ionic strength is different from
the stoichiometric ionic strengthwhich is calculated assuming complete dissociation,
that is neglecting aqueous complexes.

Upon computation of aqueous speciation, as described above, it is possible to
calculate the saturation state of the aqueous solution with respect to the solid phases
of interest. The saturation state can be described by two different variables. One
is the saturation index, which is a dimensionless variable defined by the following
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equation:

SIi = log(Qi/Ki) (2.48)

whereKi is the thermodynamic equilibrium constant of the dissolution reaction of the
i-th solid phase, often coinciding with its solubility product, whereas Qi identifies the
corresponding activity product for the considered water sample. The other variable
used to describe the saturation state is thermodynamic affinity, Ai, which is defined
as follows:

Ai = 2.303 · R · T · log(Qi/Ki) = 2.303 · R · T · SIi (2.49)

has the magnitude of an energy (i.e., kJ/mole or kcal/mol) and represents the energy
driving towards the equilibrium condition in a chemical potential field. For the
specific case of the dissolution/precipitation of a givenmineral in an aqueous solution,
three general situations are possible.

1. the aqueous solution with SIi and Ai equal to zero is in perfect equilibrium with
the i-th mineral;

2. the aqueous solution with SIi and Ai < 0 is undersaturated with respect to the i-th
mineral and, therefore, the mineral can dissolve;

3. the aqueous solution with SIi and Ai > 0 is supersaturated with respect to the
i-th mineral and, consequently, the mineral can precipitate. However this is a
necessary but not sufficient condition, because precipitation can be prevented by
extra-thermodynamic (e.g., kinetic) constraints.

2.3.2 Multicomponent Chemical Geothermometry:
A Reaction Path Model of Special Interest

Reaction path modeling is treated in several textbooks (e.g., Anderson and Crerar
1993; Zhu and Anderson 2002; Marini 2006; Bethke 2008) and computer code
manuals (e.g., Wolery 1992; Parkhurst and Appelo 2013). Among the processes that
can be simulated by means of reaction path modeling, here we focus on the heating
of an aqueous solution, because it represents a popular geothermometric technique,
known as multicomponent chemical geothermometry. This geothermometric tech-
nique was first proposed byMichard (1977), Michard and Roekens (1983), and Reed
and Spycher (1984), and was further developed by Reed, Spycher, and coworkers.

Multicomponent chemical geothermometry implies, first, the calculation of the
saturation indices with respect to relevant hydrothermal (secondary) minerals at the
temperature of pH and alkalinity measurement. Then, temperature is increased in a
series of steps and the saturation indices are recomputed at each step. Finally, the
computed saturation indices are plotted against temperature. Since the geothermal
liquid is presumably in equilibrium with the considered hydrothermal minerals at
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the aquifer temperature, all the SI-temperature curves are expected to converge to
zero at the aquifer temperature.

This approach has become more and more popular over the years, thanks to
the increasing easiness to model the heating of aqueous solutions using different
computer programs (see above). Recently, the GeoT software code was developed by
Spycher and coworkers (Spycher et al. 2011, 2014, 2016a, b) to make the application
of this technique automatic and rigorous, introducing a series of objective criteria to
evaluate the aquifer temperature of the water of interest from the computed saturation
indices. Indeed, the SI-temperature plot represents an effective technique provided
that an internally consistent thermodynamic database is used and possible obstacles
are circumvented.

The use of multicomponent chemical geothermometry is complicated by the need
to involve aluminum concentration in speciation-saturation calculations since most
hydrothermal minerals are Al-silicates. However, Al concentrations are not routinely
measured in geothermal liquids. Moreover, Al concentrations of geothermal waters
measured at the surface are often not representative of reservoir conditions due to
attainment of oversaturation with respect to Al oxyhydroxides (e.g., gibbsite, dias-
pore and böehmite) and other Al-bearing minerals during the ascent of geothermal
waters towards the surface and consequent loss of dissolved Al caused by the precip-
itation of these solid phases. In addition, finely dispersed Al-oxyhydroxides and Al-
bearing minerals may pass through the membrane filters (Kennedy and Zellweger
1974; Laxen and Chandler 1982) and may be dissolved upon acidification leading to
overestimate the Al concentration of the aqueous solution of interest. The absence or
the poor reliability ofAl data can be circumvented assuming that theAl concentration
is constrained by equilibrium with a suitable Al-silicate mineral in the geothermal
aquifer (Pang and Reed 1998). The choice of this Al-silicate solid phase must be
done with caution because different Al-silicate minerals lead to distinct concentra-
tions of dissolved Al and affect the calculation of the saturation state with respect
to Al-silicate solid phases. In addition, this assumption implies that the log K (and
the corresponding log Q) of the exchange reactions between any Al-bearing solid
phase and theAl-bearingmineral chosen to constrainAl concentration are considered
instead of the log K (and the corresponding log Q) of the dissolution-precipitation
reactions of individual Al-bearing solid phases.

If the deep water has experienced mixing with shallow cold waters or gas loss
along its pathway towards the surface, it is necessary to reconstruct the chemical
composition of the deep water applying suitable corrections for mixing and gas
loss, before calculating the saturation indices. In other terms, the diluting water is
subtracted from the analyzed mixture and/or the separated gases are added back to
the analyzed mixture (Reed and Spycher 1984; Pang and Reed 1998).

Palandri and Reed (2001) applied multicomponent chemical geothermometry to
sedimentary formation waters suggesting how to circumvent typically encountered
problems, such as loss of silica, aluminum, and iron, underestimation of organic
acid anions and concurrent overestimation of carbonate alkalinity. For instance, if
the formation temperature is known and silica loss has occurred, SiO2 activity under
formation conditions can be computed forcing equilibriumwith quartz or chalcedony.
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If aluminum concentration is not reported, it can be estimated assuming equilib-
rium with microcline or muscovite as in the case of geothermal waters (see above).
Usually, the aqueous solutions result to be supersaturated with calcite if bicarbonate
is overestimated because organic acid anions are present but are not considered. If
so, alkalinity can be reduced until calcite saturation is attained. However, calcite
saturation might be alternatively caused by CO2 loss. These two possibilities can be
distinguished because CO2 loss determines important pH variations, while lack of
organic acid anions causes negligible pH changes.

One of the main limitations of multicomponent chemical geothermometry is the
strong dependence of the saturation indiceswith respect to severalminerals (silicates,
Al-silicates, carbonates, hydroxides) on the pH of the aqueous solution under aquifer
conditions. It must be underscored that the calculation of aquifer pH is affected by
strong uncertainties, especially for fluids discharged from excess enthalpy wells (see
Sect. 3.1.2) and boiling springs. Corrections are possible, as discussed above, but the
reduction or suppression of uncertainties are not guaranteed.

Another essential requirement for the application of multicomponent chemical
geothermometry is the use of an internally consistent thermodynamic database in
geochemical modeling. This requirement applies not only to multicomponent chem-
ical geothermometry but also to the theoretical activity-based geothermometers and
fCO2-indicators developed in this book. However, if this need is fulfilled it is feasible
to move from empirical to theoretical geothermometry.

2.3.3 Activity Coefficients in Relatively Dilute Solutions

In relatively dilute aqueous solutions, activity coefficients of individual ions are
usually calculated by means of the extended Debye-Hückel equation, also known as
B-dot equation:

log γi = − Aγ · Z2
i · √

I

1 + åi · Bγ · √
I

+ B◦ · I, (2.50)

where åi is the ion-size parameter of the i-th ion (which is assumed to be temperature
independent), Aγ and Bγ are functions of temperature as well as the density and
dielectric constant of the solvent, and I is the true ionic strength of the electrolyte
solution, defined by Eq. (2.47). The B-dot equation was obtained byHelgeson (1969)
based on the experimental data of NaCl aqueous solutions available for the tempera-
ture range 25–300 °C and the ionic strength interval 0–3 mol/kg. The B-dot equation
works properly for aqueous solutions of ionic strength up to 0.3–1 mol/kg.

The activity coefficients of CO2(aq), and nonpolar neutral aqueous species, such as
H2(aq), O2(aq), andN2(aq), are commonly computed using the expression ofDrummond
(1981):
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ln γn =
(
C + F · T + G

T

)
· I − (E + H · T) ·

(
I

I + 1

)
(2.51)

where C = −1.0312, F = 0.0012806, G = 255.9, E = 0.4445, and H = −0.001606.
The activity coefficients of polar neutral aqueous species, such asSiO2(aq), B(OH)3(aq),
andNaCl(aq), are generally set to unity, as recommended byGarrels andChrist (1965).

The activity of water is often calculated using the following expression (Wolery
1992):

ln aH2O = 18.015

1000

(
−

∑
m

ln(10)
+ 2

3
AγI

1.5σ
(
åj · Bγ · I0.5) − o

B I2
)

, (2.52)

in which the σ-parameter is:

σ(x) = 3

x3

[
1 + x − 1

1 + x
− 2 · ln(1 + x)

]
(2.53)

with x = åj · Bγ · I0.5.

2.3.4 Activity Coefficients in Concentrated Solutions

Pitzer (1973, 1975) proposed a set of semi-empirical equations to compute activity
coefficients in aqueous electrolytes. Subsequent researches proven that these equa-
tions can be successfully applied to concentrated aqueous solutions, to describe both
their speciation (e.g., Pitzer andKim1974) and the equilibriumbetween concentrated
aqueous solutions and evaporite minerals (e.g., Harvie and Weare 1980; Harvie,
Møller, and Weare 1984).

Without entering into details, it must be noted that the Pitzer’s theory involves
the so-called Pitzer interaction parameters for cation-anion pairs, for cation-cation
pairs and triplets, anion–anion pairs and triplets, neutral species–cation pairs, and
neutral species–anion pairs. In the ‘70s and 80s, the lack of these parameters for
SiO2(aq), Al3+ ion and its hydroxide complexes, at any temperature, prevented the
applicability of the Pitzer’s approach to geothermal brines. However, Azaroual et al.
(1997) established the interaction parameters of SiO2(aq) with major anions, major
cations, and Li+ ion at temperatures up to 250 °C, the interaction parameters for the
system H–Al3+–Na–K–Cl–H2O up to 100 °C were derived by Christov et al. (2007),
and the interaction parameters for cationic Al species with both SiO2(aq) up to 300 °C
and CO2(aq) up to 90 °C were evaluated using empirical relations by Accornero and
Marini (2009). Therefore, today is possible to apply the Pitzer’s equations also to
geothermal brines although further experimental data are needed to achieve a higher
degree of confidence.
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Chapter 3
The Reservoir Liquids

Abstract Over 1000 chemical analyses of reservoir liquids coming from different
geothermal systemswere reconstructed combining the chemical analyses of the liquid
and vapor phases discharged from drilled wells and collected at known separation
temperature and pressure. All these reservoir liquids, apart from a few exceptions,
have probably attained or closely approached the condition of chemical equilibrium
with the hydrothermal (secondary) minerals occurring in the geothermal reservoirs
of provenance at temperatures of 100-350°C. Therefore, they can be used to test
geothermometers and fCO2-indicators, both the traditional ones and those derived
in this work. The chemical characteristics of these reservoir liquids are illustrated
through a comprehensive water-classification approach, including not only the trian-
gular diagram of major anions but also the triangular diagram of main cations and
suitable salinity plots, all prepared from concentrations in equivalent units. The
fractions of free Na+, K+, Mg2+, and Ca2+ ions and undissociated SiO2(aq) and the
activity coefficients of these entities are examined to highlight the effects of rele-
vant association-dissociation reactions as well as of solute-solvent and solute-solute
interactions.

The data from the real world used to test the traditional geothermometers and fCO2-
indicators as well as the theoretical, activity-based geoindicators that we intend to
propose in this work are 1013 chemical analyses of reservoir liquids, which can be
reasonably assumed to be representative of mineral-solution thermochemical equi-
librium at aquifer temperatures in the range 100–350 °C. The criteria adopted to
select these reservoir liquids are provenance from drilled wells and availability of
sufficiently complete chemical and physical data for the calculation of reservoir
(aquifer) composition. Upon complete purging of drilling fluids, initial discharge
fluids are of particular interest, being representative of the natural, pre-exploitation

Electronic supplementary material The online version of this chapter
(https://doi.org/10.1007/978-3-030-54318-1_3) contains supplementary material, which is
available to authorized users.

© The Editor(s) (if applicable) and The Author(s), under exclusive license
to Springer Nature Switzerland AG 2020
R. Cioni and L. Marini, A Thermodynamic Approach to Water Geothermometry,
Springer Geochemistry, https://doi.org/10.1007/978-3-030-54318-1_3

31

http://crossmark.crossref.org/dialog/?doi=10.1007/978-3-030-54318-1_3&domain=pdf
https://doi.org/10.1007/978-3-030-54318-1_3
https://doi.org/10.1007/978-3-030-54318-1_3


32 3 The Reservoir Liquids

state, whereas fluids sampled at later stages may be affected by production-induced
processes, such as mixing with re-injected fluids (brines and steam condensates) and
inflow of external waters into the geothermal reservoir due to its depressurization.

3.1 Calculation of the Chemical Composition of Reservoir
Liquids

In most cases, the chemical composition of reservoir liquids, including pH, was
computed by merging the chemical analyses of liquid and vapor phases, separated at
known temperature and pressure, and considering both total-discharge enthalpy and
aquifer temperature in calculations. These calculations were generally carried out by
means of the computer code WATCH, version 2.4 (Arnórsson et al. 1982; Bjarnason
2010). Further details are given in Sect. 2.3 and in the following sections. Only the
composition of a few reservoir liquids (some of Salton Sea and those of Asal, Aluto-
Langano, and Latera) was taken as reported by the authors due to the unavailability
of data for the separated liquid and vapor phases. The boiling spring model was
adopted for the Icelandic systems of medium temperature (details in Sect. 3.1.3).

3.1.1 Calculation of Reservoir Liquid Chemistry for Liquid
Enthalpy Wells

For the liquid enthalpy wells, whose total discharge enthalpy is close to that of the
saturated liquid water at the aquifer temperature, it is reasonable to assume that the
system of interest, including the well and the nearby aquifer zones, behaves as an
isolated system and that adiabatic boiling occurs from the reservoir temperature to
the vapor-liquid separation temperature. If so, the steam fraction, y, in the two-phase
fluid (in mass units)1 at the separation temperature is computed using the simple
relation:

y = HO − HL

HV − HL
(3.1)

which is obtained by rearranging the enthalpy conservation equation:

HO = HL · (1 − y) + HV · y. (3.2)

1The steam fraction is defined by the ratio y = QV/(QV + QL), where QV and QL are the mass
flow-rates of the vapor and liquid phases, respectively, at vapor-liquid separation conditions.
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Please note that the equations have been renumbered to maintain sequential order. I
noted that the correct numbers (3.8) and (3.9) were assigned to the first two equations
in section 3.8.1. Thank you!

In Eqs. (3.1) and (3.2), H indicates the specific enthalpy of the specified phase
and subscripts O, L, and V stand for the reservoir liquid, the separated liquid, and
the separated vapor, respectively. Since water is by far the major constituent of
geothermal fluids, the specific enthalpies of pure water (tabulated by Lemmon et al.
2017) are generally used in Eqs. (3.1) and (3.2).

The composition of the single liquid phase in the reservoir is then computed
through the simple mass balance:

Ci,O = Ci,L · (1 − y) + Ci,V · y (3.3)

where Ci,O, Ci,L, andCi,V represent the concentrations of the i-th chemical component
in the reservoir liquid, the separated liquid, and the separated vapor, respectively, in
consistent measurement units.

However, the pH of the reservoir liquid can neither be calculated by this simple
mass balance [Eq. (3.3)] nor measured in situ, but requires the use of a relatively
complex calculation procedure, which takes into account the dissociation constants
of weak acids and bases and a suitable balance, either on total ionizable hydrogen
ion, or titration alkalinity, or the electrical charge (e.g., Truesdell and Singers 1974;
Arnórsson et al. 1982; Reed and Spycher 1984; Henley et al. 1984).

Therefore, a suitable speciation code is needed and the best option is WATCH
because it calculates automatically the composition of reservoir fluids, having been
specifically developed for this purpose. In contrast, a relatively intricate approach
must be followed if other software packages, such as EQ3/6 (Wolery 1992; Wolery
and Daveler 1992) and PHREEQC Interactive (Parkhurst and Appelo 2013; Charlton
and Parkhurst 2002) are used.

For instance, Marini et al. (2003) used the software package EQ3/6 for recon-
structing the chemistry of Miravalles deep waters, assuming that a single saturated
liquid phase is present in the reservoir, which is a reasonable hypothesis for this
geothermal system.The calculation approach is schematically summarized inFig. 3.1
and is briefly illustrated here below.

1. First, two distinct EQ3 runs were performed to compute the chemical speciation
of the liquid and vapor phases separated at known P, T conditions and cooled
at 25 °C. This is the temperature at which the pH and alkalinity of the sepa-
rated liquid were measured. Since the pH of the condensed vapor phase was
not measured, it was assumed to be fixed by the electric charge balance in EQ3
calculations. In general, it is not a good idea to compute the pH by balancing on
H+. In this case, however, this choice is reasonable because H+ is expected to be
a major component and the concentrations of other major components, i.e., CO2,
H2S and NH3, are known.
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Fig. 3.1 Approach adopted by Marini et al. (2003) to compute the chemical composition of the
single liquid phase presumably present in the Miravalles geothermal reservoir using the software
package EQ3/6. The fourth step, in which the reservoir liquid is equilibrated with a suitable Al-
silicate, is not shown

2. Second, EQ6 was run for mixing the separated, cooled liquid and vapor phases,
keeping the temperature at 25 °C, and considering the steam fraction, y, computed
for adiabatic boiling from the reservoir temperature to the separation temperature.

3. Third, EQ6 was run for heating the mixture obtained in the previous step from
25 °C to the reservoir temperature.

4. Fourth, EQ3 was run to equilibrate the aqueous solution with a suitable Al-
silicate, eithermuscovite or kaolinite, because analyticalAl data are not available.

The same calculations can be carried out by PHREEQC Interactive using the
following keyword data blocks (Fig. 3.2):

• SOLUTION_1 to define the temperature and chemical composition of the sepa-
rated liquid cooled at room temperature and to perform related speciation-
saturation calculations (simulation 1);

• SOLUTION_2 to define the temperature and chemical composition of the sepa-
rated vapor condensed and cooled at room temperature and to perform related
speciation-saturation calculations (simulation 2);

• MIX_1 to mix together the separated liquid and condensed vapor at room
temperature (simulation 3);

• REACTION_TEMPERATURE_1 to heat the liquid + condensed vapor mixture
from room temperature to reservoir temperature (simulation 4);

• EQUILIBRIUM_PHASES_1 to equilibrate the reservoir liquid with the selected
Al-silicate (low-albite in this example), which is dissolved or precipitated to attain
saturation (simulation 5).
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Fig. 3.2 Keyword data blocks used to compute the chemical composition of the liquid phase under
reservoir condition for liquid enthalpy wells by means of PHREEQC Interactive

3.1.2 Calculation of Reservoir Liquid Chemistry for Excess
Enthalpy Wells

The assumptions of isolated system behavior and adiabatic boiling are questionable
for the wells with excess enthalpy or excess steam (e.g., Arnórsson and Stefansson
2005b; Arnórsson et al. 2007, 2010). In fact, because of extensive boiling in the
producing aquifers of a wet-steam well, its discharge enthalpy is larger than that of
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the fluid present in the undisturbed aquifer, that is beyond the depressurization zone
around the well as recognized by several authors (e.g., Truesdell 1979; Glover et al.
1981; Henley et al. 1984; Truesdell et al. 1995). Consequently, the system including
the aquifer and the well is not isolated.

For the excess enthalpywells,Arnórsson andcoworkers proposeddifferentmodels
to explain the cause of the excess enthalpy by invoking the effects of depressurization
boiling, liquid phase segregation in the depressurization zones around the wells,
conductive heat transfer from the aquifer rock to the flowing fluid as well as loss of
steam from the fluid flowing into the wells.

In addition, Arnórsson and coworkers derived the equations needed to calculate
the aquifer steam fractions and fluid chemistry for excess enthalpy wells. In detail:

1. Liquid phase segregationmeans that liquidwater is partially or almost completely
retained in the aquifer because of its adhesion onto the surfaces of mineral grains
by capillary forces, whereas the vapor phase is totally transferred from the aquifer
into the well. Liquid phase segregation changes both the enthalpy and the chem-
ical composition of the well discharge compared to those of the undisturbed
aquifer fluid. Therefore, the system comprising the aquifer and the well acts as
an open system.

2. Loss of steam from the fluid flowing into the well may occur in a sub-horizontal
aquifer downstream of the upflow zone. Due to this vapor loss the well discharge
suffers a depletion of volatile components and a decrease in enthalpy compared
to the undisturbed aquifer. Also in this case, the system including the aquifer and
the well acts as an open system.

3. Conductive heat transfer from the aquifer rock to the fluid flowing into the well
occurs because depressurization boiling cools thefluid. This heat transfer changes
the enthalpy of the fluid but not its chemical composition. Therefore, the system
comprising the aquifer and the well acts as a closed system.

For all the models (as in the isolated system case), it is necessary to specify the
aquifer temperature and, in general, it is also necessary to assume a suitable value
for the temperature (or pressure) in the intermediate zone or depressurization zone,
where the considered process (either phase segregation or loss of liquid water or loss
of vapor or conductive rock-to-fluid heat transfer) occurs.

Using WATCH, these models were applied to different geothermal systems, such
as Hellisheidi, Nesjavellir, and Krafla in Iceland, Olkaria in Kenya, Mahanagdong
and Pataan in the Philippines (Arnórsson et al. 1990, 2010; Angcoy 2010; Karingithi
et al. 2010; Remoroza 2010; Scott 2011; Scott et al. 2014). The open-system model
with liquid retained in the formation provided realistic results in these applications,
with concentrations of volatile components and pH values significantly different
from those obtained using the isolated-system model. In contrast, concentrations of
non-volatile components for the open-system (phase segregation) model resulted to
be similar to those for the isolated-system model.

To gain further insight into this matter, the results of the open-system (phase
segregation) model for Olkaria well discharges (from Karingithi et al. 2010) are
compared, here below, with the results of both the isolated-system (gas partitioning)



3.1 Calculation of the Chemical Composition of Reservoir Liquids 37

Fig. 3.3 a Chloride concentration and b total alkalinity of the Olkaria reservoir liquids given by
the open-system model with liquid retained in the formation (phase segregation) are compared with
those given by the isolated-system model (gas partitioning) and the all-gas-in-liquid model. The
dashed lines show deviations from the equality condition

model and those obtained through a still different approach, which is based on the
assumption that all gas species are contributed by the liquid phase initially stored
in the geothermal aquifer and that the vapor phase is gas-free pure water. This is
a realistic hypothesis if vapor is produced through boiling (evaporation) of a gas-
poor liquid, as is the case of injection-derived steam (e.g., Panichi 2004). WATCH
calculationswere performed bymerging the chemical analyses of the separated liquid
and vapor phases, specifying the reservoir temperature, but omitting total-discharge
enthalpy. Since enthalpy is not given to WATCH, the code computes it, assuming
that the enthalpy corresponds to that of pure liquid water saturated with steam at the
chosen reservoir temperature.

As expected, the three models provide similar results for the non-volatile compo-
nents, such as chloride (Fig. 3.3a), and relatively similar outcomes for total alkalinity
(Fig. 3.3b). In fact, for chloride, the absolute average deviation from the open-system
(phase segregation) model is 6.1 ± 5.9% for the isolated-system (gas partitioning)
model and 3.4± 4.2% for the all-gas-in-liquidmodel. For total alkalinity, the absolute
average deviation from the open-system (phase segregation) model is 26 ± 21% for
the isolated-system (gas partitioning) model and 26 ± 22% for the all-gas-in-liquid
model.

Part of the discrepancies between the three models are due to the different reser-
voir temperatures, with an absolute average deviation from the open-system (phase
segregation) model of 8.8 ± 7.6 °C for the isolated-system (gas partitioning) model
and of 8.1 ± 7.6 °C for the all-gas-in-liquid model.

For the volatile components, such as totalCO2 (Fig. 3.4a) and totalH2S (Fig. 3.4b),
the results of the isolated-system model (gas partitioning) are significantly lower
than those of the open-system (phase segregation) model and of the all-gas-in-liquid
model, whereas the latter two models give relatively similar outcomes.
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Fig. 3.4 a Total CO2 and b total H2S concentrations of the Olkaria reservoir liquids given by the
open-system model with liquid retained in the formation (phase segregation) are compared with
those given by the isolated-system model (gas partitioning) and the all-gas-in-liquid model. The
dashed lines show deviations from the equality condition

In detail, the absolute average deviation of the isolated-system (gas partitioning)
model from the open-system (phase segregation) model is 140 ± 45% for total CO2

and 58± 29% for total H2S, whereas the absolute average deviation of the all-gas-in-
liquid model from the open-system (phase segregation) model is 32 ± 18% for total
CO2 and 21 ± 27% for total H2S. These figures are similar to those for alkalinity
(see above).

The pH of reservoir liquids is computed by WATCH starting from the low-
temperature pH value and based on the assumption of constant alkalinity, apart
from the increase brought about by steam separation (Arnórsson et al. 1982). In
WATCH calculations, alkalinity is the sum of the concentrations (in equivalent units)
of OH−, H3SiO

−
4 , H2SiO

2−
4 , HCO−

3 , CO
2−
3 , HS− and S2−, and related complexes

with Na+, Ca2+, and Mg2+ ions, that is CaHCO+
3 , MgHCO+

3 , CaCO3°, MgCO3°, and
NaH3SiO4°, minus H+ molality.

Consequently, the discrepancies between the pH values computed by the three
models are chiefly due to the distinct values of total alkalinity which, in turn, are
essentially controlled by the differences in total CO2 and total H2S, whereas the
differences in non-volatiles components and temperature are less important.

As shown by Fig. 3.5, the pH values given by the isolated-system model (gas
partitioning) are significant higher than those of the open-system (phase segregation)
model, whereas the pH values given by the all-gas-in-liquid model are similar to
or somewhat lower than those of the open-system (phase segregation) model. In
detail, the absolute average deviation of the isolated-system (gas partitioning) model
from the open-system (phase segregation) model is 0.67 ± 0.26 pH units, whereas
the absolute average deviation of the all-gas-in-liquid model from the open-system
(phase segregation) model is 0.22 ± 0.15 pH units.
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Fig. 3.5 pH values of the
Olkaria reservoir liquids
given by the open-system
model with liquid retained in
the formation (phase
segregation) are compared
with those given by the
isolated-system model (gas
partitioning) and the
all-gas-in-liquid model. The
dashed lines show deviations
from the equality condition

Summing up, results of the all-gas-in-liquid model are not significantly different
from those of the open-system model with liquid retained in the formation (phase
segregation). However, the second model requires to specify the temperature (or
pressure) in the intermediate zone or depressurization zone, where phase segregation
occurs, whereas this information is not required by the first model. Therefore, the first
model was preferred and the secondmodel was abandoned. The next step is to choose
the best model between the isolated-system model (gas partitioning) and the all-gas-
in-liquid model. To this purpose, the mineral-solution equilibrium pH (definition in
Sect. 3.9) was taken as reference. The isolated-system (gas partitioning) model was
chosen if the difference between the pH computed using this model and the mineral-
solution equilibrium pH is less than one pH unit, whereas the all-gas-in-liquid model
was adopted when this pH difference resulted to be higher than one pH unit.

In this work, modeling of reservoir liquid chemistry for excess enthalpy wells
was carried out using WATCH. The same calculations can be performed by other
computer programs, such as SOLVEQ-XPT and CHIM-XPT (Reed 1998; Reed
et al. 2014) or PHREEQC Interactive. Using PHREEQC Interactive, the initial four
simulations are exactly the same as for the liquid enthalpy wells (see Fig. 3.2 and
related discussion in Sect. 3.1.1). Again, the following keyword data blocks are used
(Fig. 3.6):

• SOLUTION_1 to define the temperature and chemical composition of the sepa-
rated liquid cooled at room temperature and to perform related speciation-
saturation calculations (simulation 1);

• SOLUTION_2 to define the temperature and chemical composition of the sepa-
rated vapor condensed and cooled at room temperature and to perform related
speciation-saturation calculations (simulation 2);



40 3 The Reservoir Liquids

Fig. 3.6 Keyword data blocks used to compute the chemical composition of the liquid phase under
reservoir condition for excess enthalpy wells by means of PHREEQC Interactive
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• MIX_1 to mix together the separated liquid and condensed vapor at room
temperature, considering the steam fraction at collection (simulation 3);

• REACTION_TEMPERATURE_1 to heat the liquid + condensed vapor mixture
from room temperature to reservoir temperature (simulation 4).

Initially, only the 4 simulationsmentioned so far are performed and the concentra-
tions of aqueous CO2, H2S, and NH3 in total discharge (obtained through simulation
4) are used to compute the concentrations of gaseous CO2, H2S, and NH3 in the
equilibrium vapor phase by means of the relation:

Ci,V = Ci,O

y + 1−y
Bi

. (3.4)

Equation (3.4) is obtained by inserting the vapor-liquid gas distribution coefficient
of the i-th gas species, Bi = Ci,V/Ci,L, into Eq. (3.3) and rearranging it. The vapor-
liquid gas distribution coefficients of CO2, H2S, and NH3 depend on temperature
according to the following equations (T in °C; Giggenbach 1980):

logBCO2 = 4.7593 − 0.01092 · T (3.5)

logBH2S = 4.0547 − 0.00981 · T (3.6)

logBNH3 = 1.4113 − 0.00292 · T (3.7)

which are valid from 100 to 340 °C. The concentrations of gaseous CO2, H2S, and
NH3 in the equilibrium vapor phase thus computed are then used as input data in
simulation 5 tomodel the condensed reservoir vapor,whose pH is computed imposing
the charge balance. The keyword data block SOLUTION_5 is used.

Then, in simulation 6, the keyword data block MIX_2 is utilized to subtract the
condensed reservoir vapor from the total reservoir fluid, considering the aquifer steam
fraction, which is obtained by plugging the enthalpies of total discharge and of vapor
and liquid H2O at reservoir temperature into Eq. (3.1).

Finally, in simulation 7, the reservoir liquid is equilibrated with low-albite, as in
the last simulation for the liquid enthalpy wells, utilizing the keyword data block
EQUILIBRIUM_PHASES_1.

3.1.3 Further Details on the Reconstruction of Reservoir
Liquid Chemistry

The choice of the reservoir temperature depends largely on the available information.
Temperaturesmeasured in the producing sector of thewell were usedwhen available.
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Enthalpy-temperatures were used for liquid enthalpy wells when measured temper-
atures were not available and silica temperatures appeared to be unreliable. Never-
theless, in most cases, the reservoir temperatures were considered equal to silica
saturation temperatures, which were computed using the quartz/chalcedony func-
tion, i.e., Eq. (4.57), above 180 °C or the chalcedony geothermometer of Fournier
(1977), i.e., Eq. (5.18), at lower temperatures. When the computed pH of the reser-
voir liquid resulted to be relatively high and the computed concentration of silicic
acid resulted to be significantly lower than that of total dissolved silica, an iterative
procedure was used, running again WATCH at the reservoir temperature given by
the silica geothermometric function for the silicic acid concentration computed in
the previous run. The procedure was stopped for reservoir temperatures differing by
less than 0.1 °C in two consecutive runs. Usually four or five iterations are needed
to attain this condition.

The reservoir temperatures of Miravalles fluids were computed averaging (1)
in-hole temperature measurements performed in the same period of sampling, (2)
temperatures corresponding to total discharge enthalpy, assuming the presence of
a single saturated liquid in the reservoir, and (3) results of the quartz/chalcedony
function, i.e., Eq. (4.57), because of the small deviations between these different
temperature types.

When the liquid samplewas collected at theweir box, under atmospheric pressure,
and the vapor phase was obtained at higher pressure, simple preliminary calculations
were carried out to compute the composition of the vapor phase at atmospheric
pressure (Arnórsson et al. 2005). The alternative approach, that is the calculation of
the liquid phase composition at the temperature and pressure of vapor sampling, was
not adopted because it requires use of geochemical modeling for pH calculation.

Only boiled liquids were generally collected for the Icelandic systems of medium
temperature (100–175 °C) whereas steam samples are not available. Therefore, the
boiling spring model was adopted, selecting a suitable degassing factor to approach
calcite saturation for the deep liquids, because it is reasonable to assume that deep
geothermal waters are calcite saturated (Arnórsson et al. 1983b). Aquifer temper-
atures were reconstructed on the basis of in-hole temperature measurements. The
chalcedony geothermometer was not used due to the usual presence of considerable
amounts of silicate ion at the relatively high pH of these reservoir liquids.The citation
“Arnórsson et al. (1982)” has been changed to “Arnórsson (1983a, b)” to match the
author name/date in the reference list. Please check here and in subsequent occur-
rences, and correct if necessary. Here the correct citation is Arnórsson (1983b). I
tried to correct the text but I could not. Here and in subsequent occurrences I added
a comment.

Although WATCH performs speciation-saturation calculations, the chemical
compositions computed by WATCH, including pH and the redox potential fixed
by the HS−/SO2−

4 couple, were given as input data to PHREEQC Interactive 3.1.1 to
improve data processing. PHREEQC Interactive was run using a modified version
the LLNL database containing the thermodynamic data of solid phases, including
variably ordered adularia, from Helgeson et al. (1978). In PHREEQC Interactive
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runs, aluminum was assumed to be fixed by saturation with low-albite. The reasons
for this choice are discussed in Sect. 4.2.3.

Inmost cases, the extendedDebye-Hückel equation, also known asB-dot equation
(see Sect. 2.3.3), was adopted to calculate activity coefficients of individual ions.
However, the high-salinity geothermal liquids of Salton Sea andAsal were processed
directly by EQ3, without running WATCH beforehand, and using a thermodynamic
database which is consistent with the Pitzer’s theory (see Sect. 2.3.4) and comprises
the data of solid phases, including variably ordered adularia, from Helgeson et al.
(1978).

3.1.4 Presentation of the Main Results
of Speciation-Saturation Calculations and Approach
Adopted for the Chemical Classification of Reservoir
Liquids

Only the aqueous solutions with percent error on total charge lower than 10% and
reservoir pH (from speciation calculations) corresponding with the mineral-solution
equilibrium pH within ±1.3 pH unit were considered in data interpretation. The
analytical data of reservoir liquids, main results of speciation-saturation calculations
and outcomes of traditional geothermometers and fCO2-indicators as well as of the
theoretical activity-based geoindicators derived in this book are reported as electronic
supplementary material (file Reservoir_Liquids.XLS). The ordering parameter of
hydrothermal adularia in hypothetical equilibriumwith these reservoir liquids is also
given. The results of speciation-saturation calculations listed in this file comprise:
pH, Eh, pe, carbonate alkalinity,2 AlkC, the activities and molalities of H+, Na+,
K+, Ca2+, Mg2+, Al3+ and HCO−

3 ions, SiO2(aq), and CO2(aq), the logarithm of CO2

fugacity, and the concentration of total dissolved Al constrained by equilibrium with
low-albite.

In the following sections of this chapter, the chemical composition of reservoir
liquids is investigated by means of the triangular plots of major anions (i.e., Cl, SO4,
and carbonate alkalinity) and major cations (i.e., Na, K, and Ca). Magnesium was
excluded because it is generally present in very low concentrations in geothermal
liquids and the relative concentration of Mg is negligible with respect to those of Na,
K, and Ca. Since these triangular plots do not convey any information on total ionic
salinity (�eq), this parameter is inspected by using the binary diagrams of Cl versus
SO4 +AlkC. In fact, the�eq of the considered reservoir liquids can be appreciated in
these diagrams, by comparing the position of each reservoir liquid with the lines of
slope−1 which are iso-�eq lines (see Tonani et al. 1998 for further details). All these
graphs were prepared using concentrations in equivalent units, in contrast with the

2Carbonate alkalinity is the sum of the concentrations, in equivalent units, of HCO−
3 and CO

2−
3 ion,

including related aqueous complexes, e.g., CaHCO+
3 , MgHCO+

3 , CaCO3°, and MgCO3°.
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Fig. 3.7 Triangular plots of a major anions and bmajor cations showing the different sectors used
for the chemical classification of reservoir liquids

consolidated procedure which is based on the use of concentrations in weight units.
The reason for our choice is that equivalent units are proportional to the amount of
electrical charges carried by each ion and, therefore, are more suitable than weight
units for the chemical classification of natural waters as recognized long ago (e.g.,
Zaporozec 1972 and references therein). Average seawater composition (Nordstrom
et al. 1979) is also represented in the relevant plots for comparison.

The terminology adopted for the chemical classification of reservoir liquids is
consistent with the two triangular diagrams of Fig. 3.7. For instance a reservoir
liquid positioned in the [Cl,SO4] sector in Fig. 3.7a and in the [Na] sector in Fig. 3.7b
belongs to theNa–Cl,SO4 chemical typeor chemical facies,whereas a reservoir liquid
situated in the [HCO3,SO4] sector in Fig. 3.7a and in the [Ca] sector in Fig. 3.7b is
attributed to the Ca–HCO3,SO4 chemical type or chemical facies, and so on.

3.2 The Reservoir Liquids from the Geothermal Systems
in Iceland

Iceland is located along the Mid-Atlantic Ridge between 63°20′ N, 18°44′ W and
66°11′ N, 18°50′ W and is the largest emerged sector of a mid-oceanic ridge system
all over the world. Iceland belongs to a large volcanic province which extends from
Greenland to Scotland and is associated to a hotspot or a deep mantle plume (Wilson
2007).

The high-temperature (>175 °C) geothermal systems of Iceland considered here
are Hellisheidi (data from Scott 2011), Hveragerdi (data from Arnórsson 1978b,
Arnórsson et al. 1978, 1983b, Ping 1991; Zhanxue 1998), Krafla (data from
Arnórsson et al. 1983b; Ping 1991; Gudmunsson and Arnórsson 2002; Giroud
2008; Hermanska et al. 2019), Námafjall (data from Arnórsson 1978b; Arnórsson
et al. 1978, 1983b; Gudmunsson and Arnórsson 2002; Giroud 2008; Malimo 2012),
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Fig. 3.8 Google Earth map showing the location of the high-temperature geothermal fields of
Krafla and Námafjall in northeastern Iceland

Nesjavellir (data fromArnórsson 1978b; Arnórsson et al. 1978; Giroud 2008), Reyk-
janes (data from Arnórsson 1978a, b; Arnórsson et al. 1978, 1983b; Giroud 2008;
Hardardóttir 2011; Berehannu 2014), and Svartsengi (data from Arnórsson 1978a,
b; Arnórsson et al. 1978, 1983b; Giroud 2008). The number of accepted chemical
analyses is 153.

Krafla and Námafjall are located at short distance from each other, in the northern
part of Iceland (Fig. 3.8). The Krafla–Námafjall area was affected by volcanic
eruptions in 1975–1984.

Hellisheidi, Nesjavellir, Hveragerdi, Svartsengi, and Reykjanes are situated in
the southern part of the country (Fig. 3.9). Hellisheidi, Nesjavellir, and Hveragerdi
are next to each other, in the Hengill volcano area, on the inland termination of
the Reykjanes peninsula. Reykjanes and Svartsengi are positioned in the extreme
southwest of Iceland, on the tip of the Reykjanes peninsula, towards the ocean, and
are recharged by sea-water, at least partly.

A thorough description of the Icelandic high-temperature geothermal fields is
given in the review paper of Ármansson (2016) and references therein.

For what concerns the medium-temperature (100 < T < 175 °C) geothermal
systems of Iceland taken into account in this work, most data come from Bakki,
with 18 entries (data from Arnórsson et al. 1983b; Arnórsson 1995b, Ping 1991, and
Zhanshi 2001), whereas the other 11 data (from Arnórsson 1978b; Arnórsson et al.
1983b; Arnórsson 1995b) refer to different sites, for a total of 29 chemical analyses.
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Fig. 3.9 Google Earth map showing the location of the high-temperature geothermal fields of
Hellisheidi, Nesjavellir, Hveragerdi, Svartsengi, and Reykjanes in southwestern Iceland

3.2.1 Chemistry of the Reservoir Liquids
from the High-Temperature Geothermal Systems
in Iceland

In the triangular diagram of main cations (Fig. 3.10), all the high-temperature reser-
voir liquids of Iceland are positioned in the [Na] sector, indicating that sodium is
by far the prevailing cation in all these aqueous solutions. The reservoir liquids of
Krafla, Námafjall, Hellisheidi, Nesjavellir, and Hveragerdi are situated close to the
Na vertex, whereas those of Reykjanes and Svartsengi have somewhat lower Na/Ca
molar ratio, due to acquisition of Ca during high-temperature basalt-seawater inter-
action. In the triangular diagram ofmajor anions for the high-temperature geothermal
systems of Iceland there is a large scatter of sample points (Fig. 3.11). Based on both
triangular plots the considered reservoir liquids can be attributed to eight different
chemical types. In detail:

1. The Na–Cl chemical type comprises 62 of the 152 reservoir liquids of interest,
that is 41% of the cases. The Na–Cl reservoir liquids come from Hellisheidi,
Námafjall, Nesjavellir, Reykjanes and Svartsengi. In particular, the reservoir
liquids of Reykjanes and Svartsengi are positioned exactly on the chloride vertex
in Fig. 3.11.

2. The Na–Cl,HCO3 chemical facies includes 32 reservoir liquids (21% of the total)
proceeding from Hellisheidi, Hveragerdi, Krafla, Námafjall, and Nesjavellir.
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Fig. 3.10 Triangular plot of
major cations for the
reservoir liquids from the
high-temperature Icelandic
geothermal systems. Average
seawater is also shown for
comparison

Fig. 3.11 Triangular plot of
major anions for the
reservoir liquids from the
high-temperature Icelandic
geothermal systems. Average
seawater is also shown for
comparison

3. The Na–HCO3,Cl chemical facies is represented by 12 reservoir liquids (8% of
the total), coming from Hellisheidi, Krafla, and Námafjall.

4. The Na–HCO3,SO4 chemical type groups 7 reservoir liquids (5% of the cases),
proceeding from Krafla, Námafjall, and Nesjavellir.

5. The Na–SO4,HCO3 chemical facies includes 18 reservoir liquids (12% of the
total) coming from Krafla and Námafjall.

6. The Na–SO4 chemical facies is represented by 2 reservoir liquids (1% of the
total), both from Krafla.

7. The Na–SO4,Cl chemical type comprises 7 reservoir liquids (5% of the cases)
proceeding from Krafla.
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Fig. 3.12 Correlation diagrams of Cl versus SO4 + AlkC for the reservoir liquids from the high-
temperature geothermal systems in Iceland. Plot (b) shows a zoomed view of the zone close to the
origin of the axes in plot (a). Average seawater is also displayed for comparison in plot (a)

8. The Na–Cl,SO4 chemical type groups 12 reservoir liquids (8% of the cases)
coming from Krafla and Námafjall.

As shown by the binary diagrams of Cl versus SO4 + AlkC (Fig. 3.12), the
reservoir liquids of Krafla, Námafjall, Hellisheidi, Nesjavellir, and Hveragerdi have
low �eq, ranging from 5.0 to 23.5 meq/kg3. These low values are not surprising
because these geothermal circuits are recharged by meteoric waters and the extent of
water-rock interaction is limited (Arnórsson 1995a). In contrast, the reservoir liquids
of Reykjanes and Svartsengi have high�eq, in the range 946–1312meq/kg, and 643–
732 meq/kg, respectively, due to the variable involvement of seawater and meteoric
waters in the recharge of these geothermal circuits (Arnórsson 1978a, 1995a).

In fact, the seawater-dominated Reykjanes geothermal system is positioned along
theMid-Atlantic Ridge and is considered to be the subaerial equivalent tomid-ocean-
ridge hydrothermal systems (Hardardóttir et al. 2009).

Chloride is of marine origin at Reykjanes and Svartsengi, whereas it is mainly
derived from rock leaching at Hellisheidi, Nesjavellir, Hveragerdi, Námafjall and
Krafla, where dissolved chloride is low because local basaltic rocks have low Cl
contents (Arnórsson 1995a). Nevertheless, supply of magmatic HCl occurred at
Krafla when freshmagmawas intruded into the roots of Krafla volcano (Ármannsson
et al. 1982).

Sulfur species are chiefly contributed by magma degassing at Námafjall and
Krafla. However, the high SO4 concentrations of the reservoir liquids of lower
temperature and enthalpy from Krafla are probably due to dissolution of anhy-
drite, whose solubility increases with decreasing temperature (Gudmundsson and

3Incidentally, these low �eq values are similar to those of bottled oligomineral waters. However,
these reservoir liquids have very high concentrations of SiO2, representing 32–84% of the TDS.
Therefore, TDS values are significantly higher than those of oligomineral waters.
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Arnórsson 2002). Carbon dioxide is probably supplied by magma degassing to all
the high-temperature Icelandic geothermal systems (Arnórsson 1995a).

3.2.2 Chemistry of the Reservoir Liquids
from the Medium-Temperature Geothermal Systems
in Iceland

In the triangular plot of main cations (Fig. 3.13), all the medium-temperature reser-
voir liquids of Iceland, except those of Seltjarnarnes, are found in the [Na] sector,
indicating that sodium is by far the prevailing cation in most cases. Of the two Selt-
jarnarnes reservoir liquids, one is positioned in the [Ca,Na] sector, whereas the other
is situated in the [Na,Ca] sector of Fig. 3.13.

In the triangular diagram of main anions (Fig. 3.14), the reservoir liquids from
the medium-temperature geothermal systems in Iceland are located in the sectors
of [Cl], [Cl,SO4], [Cl,HCO3] and [HCO3,SO4]. The reservoir liquids of Bakki and
Seltjarnarnes are positioned close to the seawater point in this plot. Six different
chemical types are recognized based on both triangular diagrams. In detail:

1. The Na–Cl chemical type comprises 18 of the 29 reservoir liquids of interest
(62% of the cases), all from Bakki.

2. The Na,Ca–Cl chemical facies includes one of the two reservoir liquids of
Seltjarnarnes (3% of the cases).

3. The Ca,Na–Cl chemical type is represented by the other reservoir liquid of
Seltjarnarnes (3% of the cases).

Fig. 3.13 Triangular plot of
major cations for the
reservoir liquids from the
medium-temperature
geothermal systems in
Iceland. Average seawater is
also shown for comparison
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Fig. 3.14 Triangular plot of
major anions for the
reservoir liquids from the
medium-temperature
geothermal systems in
Iceland. Average seawater is
also shown for comparison

4. The Na–Cl,HCO3 chemical facies groups 4 reservoir liquids (14% of the total)
proceeding from Efri-Reykir, Leirà, Reykholar, and Reykjavik.

5. The Na–Cl,SO4 chemical type comprises 3 reservoir liquids (10% of the cases)
coming from Baer and Reykholt.

6. TheNa–HCO3,SO4 chemical facies includes 2 reservoir liquids (7%of the cases),
both proceeding from Reykjabol.

As shown by the correlation diagram of Cl versus SO4 + AlkC (Fig. 3.15), the

Fig. 3.15 Correlation
diagram of Cl versus SO4 +
AlkC for the reservoir liquids
from the
medium-temperature
geothermal systems in
Iceland
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reservoir liquids of most geothermal sites have low �eq values, ranging from 4 to
10 meq/kg, whereas somewhat higher �eq values are displayed by the reservoir
liquids of Leirà (code LRA_78), with �eq of 22 meq/kg, Bakki, with �eq of 39–
41 meq/kg, and Seltjarnarnes, with �eq values of 45 and 96 meq/kg.

The peculiar chemistry of Bakki is probably due to an appreciable seawater contri-
bution in the recharge of this geothermal circuit or to leaching of halite contained
in local marine sediments alternating with volcanic rocks (Zhanshi 2001). Similar
explanations apply to Seltjarnarnes,whose highCa concentrations are likely acquired
through interaction with basalts.

3.3 The Reservoir Liquids from the Geothermal Systems
in Northern and Central America

The geothermal systems in Northern and Central America taken into account in this
work are: Dixie Valley (data from Reed 1989; Goff et al. 2002), Long Valley (data
from White and Peterson 1991), Coso (data from Moore et al. 1989), Valles (data
from Truesdell and Janik 1986;White 1986), Salton Sea (data fromHelgeson 1968b;
Michels 1986; Thompson and Fournier 1988; Williams and McKibben 1989) and
Heber (data fromAdams et al. 1989) in the USA, Cerro Prieto (data fromReed 1976;
Mañon et al. 1977; Truesdell et al. 1981) and Los Azufres (data from González-
Partida et al. 2000, 2005; Arellano et al. 2005) in México, Berlín in El Salvador
(data from Renderos 2002), and Miravalles in Costa Rica (data from Giggenbach
and Corrales Soto 1992; Yock Fung 1998; Gherardi et al. 2002; Marini et al. 2003).
The accepted chemical analyses are 35 from Dixie Valley, 10 from Long Valley, 5
from Coso, 7 from Valles, 23 from Salton Sea, 16 from Heber, 19 from Cerro Prieto,
26 from Los Azufres, 55 from Berlín, and 105 from Miravalles, for a total of 301
entries.

3.3.1 Dixie Valley

The Dixie Valley in central Nevada is the site of a fault-controlled geothermal system
of the Basin and Range tectonic province (Fig. 3.16). In the Dixie Valley geothermal
system, hot fluids are produced from thepermeable sectors of a normal fault, knownas
Stillwater, and associated fractured rocks at depths of 2800–3050 m (Goff et al. 2002
and references therein). The local stratigraphic sequence includes marine quartzite,
siltstone, and shale, silicic and basaltic volcanic and volcaniclastic rocks as well as
granodiorite of Cretaceous age (Waibel 1987). Local rocks were affected by several
thermal and metasomatic events characterized by temperatures ranging from 50 to
250 °C, which compare with the interval of present-day temperatures.
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Fig. 3.16 Google Earth map showing the location of the Dixie Valley geothermal field

3.3.2 Long Valley

The Long Valley geothermal system in east-central California is hosted within the
homonymous caldera, a 17 by 32 km elliptical depression on the eastern front of the
Sierra Nevada (Fig. 3.17). The Long Valley caldera formed 730 ka ago during the
Bishop Tuff eruption that emitted ~600 km3 of rhyolite magma (Bailey et al. 1976).
Rhyolites and rhyodacites were erupted during the subsequent intracaldera volcanic
activity. The currently active geothermal system is hosted in Paleozoic andMesozoic
metasedimentary rocks situated at depths of at least 3 km. The geothermal system
is recharged by meteoric waters infiltrating in the western rim of the Long Valley
caldera along the Sierra Nevada front. Thermal fluids upflow in the western part of
the caldera, flow eastwards in a confined, shallow aquifer and mix progressively with
dilute meteoric groundwaters before discharging through the hot springs located in
the southeastern parts of the caldera (Tempel et al. 2011 and references therein).

3.3.3 Coso

The Coso geothermal field in east-central California is situated between the Basin
and Range and Sierra Nevada tectonic provinces (Fig. 3.18), at a releasing bend
stepover in a dextral strike-slip fault system (Monastero et al. 2005).
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Fig. 3.17 Google Earth map showing the location of the Long Valley geothermal field

Fig. 3.18 Google Earth map showing the location of the Coso geothermal field
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Permeability is probably controlled by active normal faults accommodating the
regional dextral transtension. Although the reservoir does not appear to be confined
to a specific lithotype, it is prevailingly hosted in granitic rocks and subordinately in
mafic andmetamorphic rocks associated with the Sierra Nevada composite batholith.

Basement rocks are covered by the Late Tertiary and Quaternary volcanic rocks
of the Coso volcanic field, including rhyolite domes and flows younger than 300 ka
(Wohletz and Heiken 1992). A silicic magma body, possibly partially molten, under-
lies the Coso volcanic field at a depth of at least 8 km, acting as heat source of the
geothermal system (Bacon et al. 1980).

Measured temperatures in wells used as producers vary from 340 °C, at depths of
2500m in the south, to 230 °C, in the shallow part of the system in the north, reflecting
the presence of an upflowing plume of thermal water, which is also indicated by
chemical and fluid inclusion data (Moore et al. 1989).

3.3.4 Valles

The Valles caldera is a Quaternary volcanic collapse structure with a diameter of
22km(Fig. 3.19). Itwas formedby the eruptionof theUpperMember of theBandelier
Tuff, which occurred 1.25 Ma ago and is the latest catastrophic volcanic eruption in

Fig. 3.19 Google Earth map showing the location of the Valles geothermal field
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the Jemez Mountains volcanic field of north-central New Mexico (Smith and Bailey
1966).

The Valles caldera is located at the intersection of the Jemez Lineament and the
western edge of the Rio Grande Rift, a major extensional structure that stretches
over 1000 km. A geothermal system at temperatures of 225–330 °C is hosted within
the Valles caldera, in caldera-fill ignimbrites and pre-caldera rocks, at depths of
600–2500 m (Nielson and Hulen 1984).

The Valles geothermal system comprises two drilled reservoirs: the Redondo
Creek (formerly called Baca) reservoir and the Sulphur Springs reservoir. Deep
reservoir fluids have neutral sodium-chloride chemical composition, TDS lower than
8000mg/kg, and gas content of 0.4–1.5wt%.About 10 km outside theValles caldera,
along the pre-caldera Jemez fault zone, there are two sets of neutral-chloride hot
springs representing the outflows of the Valles geothermal system (Goff et al. 1988).

3.3.5 Salton Sea, Heber, and Cerro Prieto

Several active geothermal systems, including Salton Sea, Heber, and Cerro Prieto,
are located into the extensional basins linking different sectors of strike-slip faulting
within theSaltonTrough,which comprises the ImperialValley in southernCalifornia,
U.S.A, and the Mexicali Valley in the northern part of Baja California, México
(Fig. 3.20).

Since 4 Ma ago, the Imperial Valley has been isolated from the Gulf of Cali-
fornia by the Colorado River sedimentation, with the consequent deposition of
evaporite rocks, whose dissolution explains the high or relatively high salinity of
local geothermal fluids (Williams and McKibben 1989 and references therein). The
stratigraphic sequence of the region comprises Pliocene and Pleistocene fluvial,
deltaic, lacustrine and evaporite sediments. These sediments were locally intruded
by both mafic and felsic igneous rocks and experienced widespread metamorphism
generating greenschist and even amphibolite facies hornfelses.

Hypersaline geothermal brines (20–27 wt% TDS) occupy the deep hot (260–
340 °C) central sectors of the Salton Sea geothermal system, whereas lower salinity
fluids (<10 wt% TDS) generally occur in the cooler (<260 °C) shallow or boundary
portions of thefield (Williams andMcKibben 1989). The twofluid types are separated
by a few hundred meter thick interface, roughly coinciding with the 260 °C isotherm.

The Heber geothermal system comprises three major units, characterized by
distinct permeability, namely: (1) the low permeability capping clays from 150 to
550 m, (2) the high matrix permeability sandstone “outflow reservoir” from 550 to
1700 m, and (3) the indurated sediments, at depths of 1700 to ~3200 m, whose high
permeability is controlled by both strike-slip and normal faults (James et al. 1987). A
maximum bottom-hole temperature of 199 °C was measured in well GTW-6, which
is probably the closest to the upflow zone in the south. The geothermal fluids traveling
northeastwardhavehigherBandLi concentrations, lowerCa andSO4 concentrations,
as well as somewhat different deuterium and oxygen-18 compared to the geothermal
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Fig. 3.20 Google Earth map showing the location of the Salton Sea, Heber, and Cerro Prieto
geothermal fields

fluids moving northwestward. These differences suggest that the northwestern fluids
mix with small amounts of low-temperature waters and re-equilibrate with anhydrite
at weakly lower temperatures than the northeastern fluids (Adams et al. 1989). Apart
from these limited differences, Heber geothermal brines have close to 15,000 mg/kg
TDS and low gas contents.

The wells drilled at Cerro Prieto to depths of 1250–3550 m have encountered the
same temperature interval of Salton Sea and similar rocks (Reed 1976; Izquierdo
et al. 2006). Moreover, the distribution of hydrothermal minerals as a function of
temperature compares with that recognized at Salton Sea. In contrast, the reservoir
liquids of Cerro Prieto have salinities of 17,000–36,000 mg/kg, which are signifi-
cantly lower than those of the hypersaline geothermal brines of Salton Sea. The lower
salinity of Cerro Prieto reservoir liquids is chiefly controlled by mixing of Colorado
River water with seawater evaporated to about six times its initial salinity (Truesdell
et al. 1981). During deep circulation, this mixture acquired heat as well as Li, K, Ca,
B, SiO2 and rare alkalis released from rocks, whereas Mg, SO4, and a minor amount
of Na were transferred from the aqueous solution to the rocks. After these processes,
the brine was finally diluted to its present interval of temperature and salinity.
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3.3.6 Los Azufres

The geothermal field of Los Azufres in the Michoacán state, México comprises two
distinct production areas, separated by an intermediate zone without surface mani-
festations (Fig. 3.21). Multiple caldera collapses occurred during pre-Quaternary
times in the area of the geothermal field (Ferrari et al. 1991). Based on the evidence
provided by deep wells of total depth up to 3600 m, the local stratigraphic sequence
includes:

1. Late Miocene to Early Pliocene volcanic rocks, primarily andesitic and basaltic
lava flows and breccias, locally interstratified with pyroclastic deposits, and

2. younger rhyodacites, rhyolites, and dacites, which were emplaced between 1 and
0.15 Ma ago (Arellano et al. 2005 and references therein).

In the natural-state, the reservoir hosted a single-phase liquid below 1280 m asl,
overlain by a two-phase liquid-dominated region, ranging from 1280 to 1830 m asl,
and a two-phase steam-dominated region extending upward to approximately 2400m
asl (Iglesias et al. 1985). The chloride concentrations of the reservoir liquids varied
from about 1750–2050 mg/kg.

Fig. 3.21 Google Earth map showing the location of the geothermal field of Los Azufres
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3.3.7 Berlin

The Berlin geothermal field is positioned on the northern slopes of the Berlin-Tecapa
volcanic complex (Fig. 3.22). Reservoir rocks consist of altered lava flows and pyro-
clastics. An elliptical caldera with major axis close to 6–7 km and a 3–4 km wide
NNW-SSE trending graben are the main geological features of the area, controlling
the circulation, uprising, and migration of geothermal fluids.

Thewells used as producers are clustered within an area of about 2 km2. Reservoir
temperatures generally vary from 270 to 305 °C. Deep wells meet neutral chloride
waters, with pH of 5.30–6.70, Cl concentration from 3100 to 5600 mg/kg and low
SO4 concentration, 2.5–19 mg/kg, under reservoir conditions.

As observed byD’Amore andMejia (1999), the isotopic composition of produced
fluids is intermediate between that of localmeteoricwaters recharging the geothermal
reservoir and that of injected fluids, because reinjection was carried out since the
beginning of production. Consequently, available data are not representative of the
natural pre-exploitation condition.

Fig. 3.22 Google Earth map showing the location of the Berlin geothermal field
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3.3.8 Miravalles

The Miravalles geothermal field extends over an area greater than 21 km2 on the
southwestern flanks of the Miravalles volcano (Fig. 3.23), which belongs to the
Guanacaste Cordillera in north-western Costa Rica. The geothermal reservoir is
confinedwithin theGuayabo caldera andmain production zones are chiefly correlated
with andesitic and dacitic lavas.

Reservoir temperatures usually vary from 230 to 240 °C, but the highest measured
value is 255 °C. Most deep wells encountered neutral chloride waters, with pH of
5.27–6.31, Cl concentration from 2500 to 3300 mg/kg and low SO4, 20–70 mg/kg,
under reservoir conditions.

However, a fewwells located in a small area of the fieldmet acidic liquids, with pH
of 2.80–4.05, Cl concentration of 2800–3400 mg/kg, and SO4 concentration of 360–
540mg/kg, under reservoir conditions. These acid Cl–SO4 liquids are not considered
here because they are close to equilibriumwith the hydrothermal minerals of the acid
alteration suite (sensu Reyes 1990), including chalcedony, anhydrite, kaolinite (as a
proxy of dickite), illite, and alunite (Marini et al. 2003).

Reservoir liquids are produced through mixing of deeply circulating meteoric
waters and andesitic (arc-type) magmatic waters, accounting for 80–90% and 10–
20%, respectively (Giggenbach and Corrales Soto 1992; Gherardi et al. 2002).

Fig. 3.23 Google Earth map showing the location of the Miravalles geothermal field
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3.3.9 Chemistry of the Reservoir Liquids
from the Geothermal Systems in Northern and Central
America

Most reservoir liquids from the geothermal systems in Northern and Central America
are located in the [Na] sector of the triangular diagram of main cations (Fig. 3.24).
However, 20 of the 23 reservoir liquids from Salton Sea and 1 of the 16 reservoir
liquids from Heber are situated in the [Na,Ca] sector. Hence, the prevailing cation
in all these aqueous solutions is sodium, although most Salton Sea reservoir liquids
have relative Ca concentrations varying from 30 to 39 eq% and one Heber reservoir
liquid exhibits a relative Ca concentration of 22 eq%. These enrichments in calcium
are expected owing to the high salinity of these aqueous solutions.

In the triangular diagram of major anions (Fig. 3.25) most reservoir liquids are
positioned in the [Cl] sector, close to the Cl vertex. Only the reservoir liquids of Dixie
Valley and Long Valley are distributed elsewhere, namely in the sectors of [Cl,SO4],
[Cl,HCO3], and [HCO3,Cl]. Five distinct chemical facies are recognized on the basis
of both triangular diagrams. In detail:

1. The Na–Cl chemical type is by far the most frequent, comprising 235 of the 301
reservoir liquids of interest, that is 78% of the cases. The Na–Cl reservoir liquids
come from Coso, Valles, Salton Sea, Heber, Cerro Prieto, Los Azufres, Berlin,
and Miravalles.

2. The Na,Ca–Cl chemical facies comprises 21 reservoir liquids (7% of the cases),
all proceeding from Salton Sea apart one from Heber.

3. The Na–Cl,SO4 chemical type groups 34 reservoir liquids (11% of the cases),
all coming from Dixie Valley.

4. The Na–Cl,HCO3 chemical facies includes 7 reservoir liquids (2% of the total),
six of which proceed from Long Valley and one from Dixie Valley.

Fig. 3.24 Triangular plot of
major cations for the
reservoir liquids from the
geothermal systems in
Northern and Central
America. Average seawater
is also shown for comparison
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Fig. 3.25 Triangular plot of
major anions for the reservoir
liquids from the geothermal
systems in Northern and
Central America

5. The Na–HCO3,Cl chemical type is represented by 4 reservoir liquids (1% of the
total), all coming from Long Valley.

As shownby the binary diagramsofCl versusSO4 +AlkC (Fig. 3.26), the reservoir
liquids from the geothermal systems in Northern and Central America distribute over
a large range of�eq, from the relatively low values of Na–Cl,SO4, Na–Cl,HCO3, and
Na-HCO3,Cl waters of Long Valley and Dixie Valley, 31–41 meq/kg (Fig. 3.26c),
to the very high values of the Na,Ca–Cl hypersaline geothermal brines from Salton
Sea, 6440–9080 meq/kg (Fig. 3.26a). However, most reservoir liquids, all belonging
to the Na–Cl chemical type, have intermediate �eq values, varying from 100 to
720 meq/kg (Fig. 3.26b). The distinct �eq values of the reservoir liquids from the
geothermal systems in Northern and Central America are controlled by different
sources and processes.

As already recalled above, dissolution of evaporite rocks accounts for the very
high �eq values of the Na,Ca–Cl hypersaline geothermal brines from Salton Sea
(Williams and McKibben 1989) whereas dilution of evaporated seawater explains
the origin of the Na–Cl reservoir liquids from Cerro Prieto (Truesdell et al. 1981).

The low �eq values of the Long Valley and Dixie Valley reservoir liquids are
probably governed by meteoric recharge and rock dissolution sustained by titration
of acid gases, chiefly CO2, whose emission has experienced a considerable increase
since 1989 (Farrar et al. 2003 and references therein). The reservoir liquids of Long
Valley probably acquire chloride, boron and lithium through rock leaching, but only
chloride has conservative behavior,whereas boron and lithiumare partly incorporated
in alteration minerals (White and Peterson 1991).

The intermediate�eq values of the Na–Cl reservoir liquids from the other consid-
ered geothermal systems are probably controlled by meteoric recharge, inflow of
magmatic fluids and related rock dissolution sustained by titration of acid gases.
According to Gherardi et al. (2002), the reservoir liquids of Miravalles are originated
through a multi-step process, consistent with the conceptual model of volcanic-
hydrothermal systems situated along convergent plate boundaries proposed by
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Fig. 3.26 Correlation diagrams of Cl versus SO4 + AlkC for the reservoir liquids from the
geothermal systems of Northern and Central America. Different �eq intervals are considered in
the three diagrams (a), (b), and (c) in order to accommodate all the liquids of interest

several authors (e.g., Hedenquist 1986; Hedenquist and Lowenstein 1994; Giggen-
bach 1988, 1997a; Reed 1997). First, magmatic gases (mainly consisting of H2O,
CO2, SO2,H2S andHCl) are absorbed into deep circulating groundwaters ofmeteoric
origin, thus generating acid, relatively oxidized, and highly reactive fluids. Second,
these fluids are partly reduced and neutralized through isochemical dissolution of
wall rocks in a zone of primary neutralization. Third, further water-rock interaction
converts these fluids into neutral Na–Cl waters.
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3.4 The Reservoir Liquids from the Geothermal Systems
in Japan

The geothermal systems in Japan considered in this work are: Mori-Nigorikawa
(data from Yoshida 1991), Sumikawa (data from Ueda et al 1991; Sakai et al. 1993),
Uenotai-Wasabizawa (data from Kuriyama 1985; Klein et al. 1991; Naka and Okada
1992; Takeno 2000), Onikobe (data from Truesdell and Nakanishi 2005), Oku-aizu
(data from Seki 1990, 1991; Nitta et al. 1991, 1995), Takigami (data from Takenaka
and Furuya 1991; Takenaka et al. 1995), Oguni (data fromSasada 1987;Yamada et al.
2000), and Fushime (data from Akaku 1990; Akaku et al. 1991; Okada et al. 2000).
The accepted chemical analyses are 21 from Mori-Nigorikawa, 14 from Sumikawa,
4 fromUenotai-Wasabizawa, 7 fromOnikobe, 31 fromOku-aizu, 13 from Takigami,
6 from Oguni, and 25 from Fushime, for a total of 121 entries.

3.4.1 Mori-Nigorikawa

The Nigorikawa geothermal field is located in the homonymous caldera and provides
fluids to the Mori geothermal power plant (Fig. 3.27). The geochemical charac-
teristics of Nigorikawa fluids summarized here below are from Yoshida (1991).

Fig. 3.27 Google Earth map showing the location of the Nigorikawa geothermal field and theMori
geothermal power plant
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Deuterium and oxygen-18 data indicate that the geothermal liquids are mixtures
made up of isotopically light meteoric water and isotopically heavy fluids, namely
magmatic water and/or altered seawater. RelativeHe, Ar andN2 contents suggest that
geothermal fluids are mixtures of N2-rich magmatic gases and air-saturated water.
Enthalpy-chloride relations were initially controlled by mixing between deep reser-
voir liquids and Cl-free steam-heated waters, but reinjection of high-Cl brines has
complicated this simple mixing pattern. Calcite scaling was experienced in the early
power plant operation and was solved through injection of a scale inhibitor. Steven-
site scaling was experienced in well ND-1 and related equipment, probably due to
inflow of Mg-rich, low-enthalpy shallow water.

3.4.2 Sumikawa

The characteristics of the Sumikawa geothermal system reported here below are
from Ueda et al. (1991) and Ariki et al. (2000). The Sumikawa geothermal field
is positioned within a north–south oriented graben. To the south of the field, the
graben is crossed by an east–west trending volcanic chain, comprising theAkita-Yake
volcano to the west and the Hachimantai volcano to the east. At short distances from
Sumikawa there are the geothermal fields of Ohnuma, Kakkonda, and Matsukawa
(Fig. 3.28). The last one is the only vapor-dominated geothermal system in Japan.

Subsurface temperature increases progressively southward, that is towards the
upflow zone and heat source beneathAkita-Yake, and decreases abruptly northwards,
towards the outflow zone. The geothermal reservoir hosts a single liquid phase at
depth, overlain by a bi-phase zone whose thickness increases southward.

The deepest Sumikawawellsmet temperatures often exceeding 300 °C and neutral
Na–Cl liquids. These are diluted by relatively shallow SO4- and/or HCO3-rich waters
of enthalpy close to 850 kJ/kg heated by conductive heat transfer or steam inflow.
Enthalpy-chloride relationships suggest that the Sumikawa Na–Cl parent fluid has
an enthalpy of 1300 kJ/kg and chloride concentration of 280 mg/kg. Deuterium and
oxygen-18 indicate that reservoir fluids are mainly of meteoric origin and have a
small oxygen isotope shift, lower than 2‰ units, which might be attributed to minor
contributions ofmagmatic fluids. This interpretation is supported by relative contents
of He, Ar, and N2 in separated vapors.

Well S-2 is unique having encountered both neutral Na–Cl liquids and acidic SO4–
Cl waters coming from two distinct productive zones at depths of 905 and 1065 m,
respectively. Acidic alteration minerals, including alunite and kaolinite, are present
close to the deeper feed zone. The acidic fluids are possibly of magmatic origin and
are excluded from this compilation.
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Fig. 3.28 Google Earth map showing the location of the Sumikawa geothermal field as well as the
nearby geothermal fields of Ohnuma, Kakkonda, and Matsukawa

3.4.3 Uenotai-Wasabizawa

Thecharacteristics of theUenotai geothermal system (Fig. 3.29) presentedhere below
are from Takeno (2000). The Uenotai geothermal system is situated 16 km west of
Kurikoma volcano in an area affected by intense faulting. Uenotai was probably a
single-phase liquid system in natural state, but exploitation has triggered boiling in
a large, central portion of the aquifer, where several wells have excess enthalpy and
some wells produce superheated steam. Measured temperatures exceed 300 °C and
increase south-eastwards. Enthalpy-chloride relations suggest that reservoir liquids
are derived from a deep parent liquid, with chloride concentration close to 700–
750 mg/kg and temperature close to 300 °C, through vapor loss, vapor gain, and
mixing with shallow vapor condensates.

Although theWasabizawa geothermal field is situated few kilometers to the south-
west of Uenotai, reservoir liquids derive from a distinct parent liquid, with chloride
concentration of 1800 mg/kg and enthalpy close to 1300 kJ/kg (Suzuki et al. 2000).
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Fig. 3.29 Google Earth map showing the location of the Uenotai-Wasabizawa and Onikobe
geothermal fields

3.4.4 Onikobe

The Onikobe geothermal field is located within the homonymous caldera, an ellip-
tical depression with maximum axis close to 10 km, to the south of the Uenotai-
Wasabizawa geothermal fields (Fig. 3.29). Seki et al. (1983) report the results
obtained by the early mineralogical, petrological, and geochemical investigations
performed at Onikobe on core samples collected in several boreholes drilled at depths
up to 1352 m as well as temperature logs and chemical analyses of hot springs,
waters and vapors discharged from the boreholes, whereas enthalpy data are not
given. Unfortunately, these early data do not allow a reliable reconstruction of the
chemistry of reservoir fluids.

More recently, Truesdell and Nakanishi (2005) have shown that Onikobe fluids
have measured reservoir temperatures varying from 230 to 255 °C, little excess
steam (with inlet vapor fraction <0.1), and chloride concentration ranging from 985
to 3920 mg/kg. The largest variations are observed for pH, which ranges from 2.8 to
8.0 for the waters collected at atmospheric pressure. The main acidity source is HCl,
but H2SO4 could act as subordinate acidity source. Part of the aciditymight have been
suppressed throughdissolution of reservoir rocks andwell casings, leading to acquisi-
tion of Fe (0.01–371mg/kg), Mg (0.39–58.3 mg/kg), and Ca (8.4–721mg/kg). Large
variations are observed also for volatile species with pH-dependent volatility, such
as H3BO3 (from 3.2 to 77.2 mg/kg as B). Re-injected waters enriched in dissolved
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solids and depleted in gases are contributing to production fluids. In this work, only
the samples not impacted by acidic fluids and related processes were selected, but
some Onikobe reservoir liquids might not be representative of the mineral-solution
equilibrium condition at aquifer temperatures.

Both deuterium and oxygen-18 values of separated brines discharged from
Onikobe wells are inversely correlated with pH, suggesting that the enrichment in
heavy isotopes is related to the proportion of unneutralized magmatic water (Pang
2006).

3.4.5 Oku-Aizu

The characteristics of the Oku-aizu geothermal system (Fig. 3.30) reported here
below are chiefly from Seki (1991). The Oku-aizu field is located in the “Green Tuff
region”, which was affected by submarine volcanic activity during the Neogene.
The nearest Quaternary volcano, Numazawa, is located 10 km to the west. There, a
Plinian eruption occurred about 4600 years BP emitting the Numazawako pumice
flow and causing the formation of the 1.5 km × 2 km Numazawako caldera, now
largely filled by a lake.

The main feed zones of production wells are at depths of 1000–2600 m, where
measured formation temperatures vary from 200 to 350 °C (Nitta et al. 1995). The

Fig. 3.30 Google Earth map showing the location of the Oku-aizu geothermal field
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Oku-aizu geothermal aquifer is considered to have experienced little boiling in its
natural state before the beginning of production. However, due to the pressure drop
induced by exploitation, reservoir boiling occurred close to the geothermal wells.
Therefore, most wells show excess enthalpy and their discharge enthalpy increases
progressively with time, suggesting extension of the boiling front around the wells
into the reservoir. As a consequence of steam separation in the aquifer, the total
discharge composition is rarely representative of the reservoir liquid chemistry prior
to boiling (Seki 1990).

The steam separated at 6.5 bar contains 2–10 vol.% of non-condensable gases,
mostly CO2 (95–99 vol.%) and H2S (0.1–4 vol.%). The brine separated at atmo-
spheric pressure has the second highest salinities of the geothermal systems in
Japan after Fushime, with chloride concentrations of 5300 to 22,000 mg/kg, sodium
concentrations of 2700–10,600 mg/kg, and lower but significant contents of potas-
sium (180–2550 mg/kg), calcium (26–1750 mg/kg), and silica (440–1010 mg/kg). A
peculiarity of the Oku-aizu reservoir liquids is the high manganese concentrations,
up to 420 mg/kg, and the appreciable contents of Cu, Zn, and Pb. Consequently,
sulfide scales were found on the casing wall of well 84N-2t, and in the two-phase
line of well 87N-15T (Seki 1991; Nitta et al. 1991).

According to the calculations performed by Seki using the chemical speciation
code PECS, reservoir liquids are expected to have pH ranging from 4.1 to 5.5, in
substantial agreement with the results obtained in this work using WATCH.

Enthalpy-chloride relations indicate that the deep parent fluid (1) has temperature
close to 320 °C and chloride concentration of 11,500 mg/kg and (2) mixes with a
shallower water with nil to negligible chloride content and temperature less than
200 °C, heated by conductive heat transfer and/or steam inflow.

Deuterium versus oxygen-18 relationships suggest that the Oku-aizu reservoir
liquids are produced by mixing of meteoric waters with either arc-type magmatic
water or fossil seawater.

3.4.6 Takigami

This brief synthesis on Takigami is based on Takenaka and Furuya (1991) and Furuya
et al. (2000). The Takigami geothermal field is located northeast of the Hatchobaru
geothermal field at a distance of about 15 km (Fig. 3.31). The Takigami geothermal
reservoir comprises two distinct portions. The south-western portion is deeper, with
elevations of−1500 to−600masl, lower permeability and higher temperatures, from
230 to 260 °C, whereas the north-eastern portion is shallower, with elevations of −
600 to 0 m asl, has high secondary permeability and temperatures of 160–210 °C.
The reservoir liquids of the south-western reservoir have relatively high chloride
concentrations and comparatively low sulfate concentrations. In contrast, the reser-
voir liquids of the north-eastern reservoir have relatively low chloride concentrations
and comparatively high sulfate concentrations. These findings indicate the upflow of
a hot, chloride-rich, sulfate-poor fluid in the southwest, which is gradually cooled
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Fig. 3.31 Google Earth map showing the location of the Takigami and Oguni geothermal fields.
Also shown are the nearby geothermal fields of Otake and Hatchobaru

as it flows northeast through mixing with shallow chloride-poor, sulfate-rich waters
of temperature close to 100 °C. The mixing trend is clearly recognizable in the
enthalpy-chloride diagram, which leads to exclude occurrence of boiling, and in the
chloride plot of boron, owing to the conservative behaviour of both Cl and B. In
contrast, considerable deviations from the mixing trend are observed in the chloride
plots of other chemical components, which are evidently controlled by water-rock
interaction and possible attainment of equilibrium between the aqueous solution and
hydrothermal minerals, including anhydrite and calcite (Chiba 1991). Deuterium and
oxygen-18 indicate that the Takigami geothermal fluids derive frommeteoric waters.

3.4.7 Oguni

The main features of the Oguni geothermal system (Fig. 3.31) reported here below
are from Abe et al. (1995). Oguni is located in the Hohi region, together with the
geothermal fields of Takigami (see above), Hatchobaru (supplying steam to the
main geothermal power plant in Japan), and Otake. The central part of the Oguni
geothermal field is crossed by the northwest to southeast striking Takenoyu fault and
related parallel faults forming altogether a nearly vertical high-permeability zone of
several hundred meters in width. The wells drilled in this fault zone (e.g., GH-10,
GH-11, GH-12, and GH-20) encountered the hottest, undiluted reservoir fluids with
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temperatures of 240–250 °C and chloride concentrations of 1050–1150mg/kg.Wells
drilled elsewhere (e.g., wells BS-3 and DY-1) met diluted, cooler reservoir fluids.

The Oguni geothermal reservoir is composed by two different parts, separated by
a nearly vertical impermeable zone situated to the south of the Takenoyu fault. Both
reservoirs hosts relatively similar neutral Na–Cl fluids with low concentrations of
non-condensable gases. Carbonate scaling occurs in some production wells.

3.4.8 Fushime

The brief synthesis given here below on the Fushime geothermal field (Fig. 3.32) is
based on Akaku et al. (1991). The geothermal system comprises: (1) a shallow hot
zone in the upper 800 m, with temperatures up to 240 °C and (2) a deep hot zone, at
depths greater than 1200 m, with temperatures between 300 and 360 °C. These two
hot zones are separated by a cooler zone, marked by strong inversions in temperature
profiles, at intermediate depths.

Since the temperatures in the deep production zone lie close to the boiling point
curve, discharge-induced depressurization triggers boiling in the deep production
zone, with development of excess enthalpy conditions in most Fushime wells.

The reservoir fluids have high salinity and maximum C1 concentration similar to
the seawater value. Moreover, they are depleted in Mg and SO4, but are enriched in

Fig. 3.32 Google Earth map showing the location of the Fushime geothermal field
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several chemical components (e.g., SiO2, K, Ca, Fe, Mn, Zn, and Pb) with respect to
seawater, indicating that the reservoir fluids are generated through high-temperature
seawater-rock interaction.

Chloride-enthalpy relationships suggest the occurrence of steam loss, steam gain,
and dilution of reservoir liquids. The latter process probably involves the cold ground-
waters overlying the geothermal system. The parent water has temperature of 330 °C
and chloride concentration of 17,000 mg/kg.

The variations in K and Ca concentrations of reservoir fluids suggest occurrence
of both (1) precipitation of K-bearing hydrothermal minerals, most likely K-feldspar
and sericite, which are abundant around the feed zones of the Fushime wells, and
(2) dissolution of at least one Ca-bearing mineral, probably anhydrite, which is also
present close to the feed zones of the Fushime wells.

3.4.9 Chemistry of the Reservoir Liquids
from the Geothermal Systems in Japan

The majority of the reservoir liquids from the geothermal systems in Japan (that is
104 of the 121 entries) are situated in the [Na] sector of the triangular diagram of
major cations (Fig. 3.33). However, there are 17 exceptions, comprising 15 reservoir
liquids from Oku-aizu, Onikobe, and Fushime which are located in the [Na,Ca]
sector and 2 reservoir liquids from Oku-aizu which are positioned in the [Na,K]
sector. Therefore, sodium is the prevailing cation in all these aqueous solutions,
although calcium and/or potassium are significant in some cases.

In the triangular diagram of main anions (Fig. 3.34) most reservoir liquids are
located in the [Cl] sector, and several are very close to the chloride vertex. Only
some reservoir liquids of Takigami and Sumikawa are situated in the [Cl,SO4] sector.

Fig. 3.33 Triangular plot of
major cations for the
reservoir liquids from the
geothermal systems in Japan.
Average seawater is also
shown for comparison
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Fig. 3.34 Triangular plot of
major anions for the
reservoir liquids from the
geothermal systems in Japan.
Average seawater is also
shown for comparison

Based on both triangular diagrams, it is possible to recognize four different chemical
facies. In detail:

1. The Na–Cl chemical facies is by far the most common, comprising 96 of the
121 reservoir liquids of interest, that is 79% of the entries. Moreover, the Na–Cl
reservoir liquids are found in all the geothermal systems in Japan.

2. The Na,Ca–Cl chemical type includes 15 reservoir liquids (12% of the cases),
proceeding from Oku-aizu, Onikobe, and Fushime.

3. The Na,K–Cl chemical type is represented by 2 reservoir liquids only (2% of the
total), both from Oku-aizu.

4. The Na–Cl,SO4 chemical type groups 8 reservoir liquids (7% of the cases),
coming from Takigami and Sumikawa.

The reservoir liquids from the geothermal systems in Japan span a large interval
of �eq (Fig. 3.35). Low to relatively low �eq values are encountered at Sumikawa,
12–43 meq/kg, Takigami, 36–41 meq/kg, Oguni, 52–67 meq/kg, and Uenotai, 12–
29 meq/kg, apart from the Wasabizawa well N57-T0-3 which has �eq of 95 meq/kg.
The reservoir liquids of Fushime exhibit the highest �eq values, varying from 612 to
1190 meq/kg, whereas intermediate �eq values are found in the geothermal systems
of Oku-aizu (118–789 meq/kg), Mori-Nigorikawa (243–509 meq/kg), and Onikobe
(74–166 meq/kg).

The distinct �eq values of the reservoir liquids from the geothermal systems in
Japan are governed by different processes and sources. As already noted above,
the highest �eq values of Fushime are similar to that of seawater (Fig. 3.35a), which
recharges the deep reservoir of this geothermal system. In contrast, the low�eq values
of the reservoir liquids of Sumikawa, Takigami, Oguni, and Uenotai (Fig. 3.35b) are
probably controlled by the prevailingly meteoric recharge and by the occurrence of
limited rock dissolution processes sustained by titration of acid gases.

The intermediate �eq values of the reservoir fluids of Oku-aizu and Mori-
Nigorikawa (Fig. 3.35a) are ascribable to a mixed recharge, with significant contri-
butions of meteoric water as well as of Cl-rich magmatic waters and/or fossil/altered



3.4 The Reservoir Liquids from the Geothermal Systems in Japan 73

Fig. 3.35 Correlation diagrams of Cl versus SO4 + AlkC for the reservoir liquids from the
geothermal systems of Japan. Different �eq intervals are considered in the two diagrams (a) and
(b) to accommodate all the liquids of interest

seawater, as indicated by deuterium and oxygen-18 data (see above). In both sites,
a further supply of solutes is provided by rock dissolution sustained by titration of
acid gases. The Onikobe geothermal reservoir is recharged by both meteoric waters
and magmatic fluids. The acidity of these meteoric-magmatic fluids is partly titrated
through dissolution of reservoir rocks and well casings (see above).

3.5 The Reservoir Liquids from the Geothermal Systems
in the Philippines

The geothermal systems in the Philippines taken into account in thiswork are: Bacon-
Manito (data fromRuaya et al. 1995; See 1995), Tongonan-Mahanagdong (data from
Baltasar 1980; Balmes 1994; Angcoy 2010), Alto Peak (data fromReyes et al. 1993),
and Palinpinon (data from Jordan 1982; Rae 2002). The accepted chemical analyses
are 51 from Bacon-Manito, 39 from Tongonan-Mahanagdong, 27 from Alto Peak,
and 29 from Palinpinon, for a total of 146 entries.

3.5.1 Bacon-Manito

The Bacon-Manito (Bacman) geothermal field is situated in the southwestern portion
of the Luzon Island, along the volcanic chain of the Bicol Arc, between the two active
volcanoes Bulusan, which is found 30 km to the SSE, and Mayon, which is located
30 km to the NW (Fig. 3.36).



74 3 The Reservoir Liquids

Fig. 3.36 Google Earth map showing the location of the Bacon-Manito geothermal field

The deepest and hottest reservoir fluid has aCl concentration of 8000± 500mg/kg
and a temperature of 325 °C (Ruaya et al. 1995). It is probably produced through
mixing between Cl-poor meteoric waters and Cl-rich (15,000–18,000 mg/kg Cl)
arc-type (andesitic) magmatic waters, with contributions of 50–60% and 40–50%,
respectively. Steam loss, steam gain, and mixing with both steam condensates and
shallow groundwaters cause large changes in Cl concentration, which spans the
1500–8700 mg/kg range. Sulfate concentration varies from 5 to 35 mg/kg in most
neutral chloride liquids but attains 107 mg/kg in one sample of well Pal-2D. Sulfate
concentration is higher in the acid fluid discharges of wells Pal-2D, CN-2D, and
CN3RD, which are disregarded in this work, being not representative of the equilib-
rium condition with the typical hydrothermal minerals of the neutral alteration suite
(sensu Reyes 1990).

3.5.2 Tongonan-Mahanagdong

The Greater Tongonan geothermal field is positioned on Leyte Island, along a
Tertiary north-west/south-east trending volcanic arc related to the Philippine fault
zone. The Greater Tongonan geothermal field comprises the Tongonan geothermal
field in the north and the Mahanagdong geothermal field in the south (Fig. 3.37).
The two geothermal fields are probably separated by a cold impermeable block
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Fig. 3.37 Google Earth map showing the location of the Tongonan-Mahanagdong and Alto Peak
geothermal fields

(Angcoy 2010). Many wells have excess enthalpy due to contribution of steam from
a two-phase zone situated above the deep single-phase liquid zone.

In theTongonangeothermal field,wells discharge neutralNa–Clwaterswith reser-
voir chloride concentrations usually ranging from 6200 to 11,000 mg/kg, whereas
the temperatures measured in the main production zones before discharge vary from
280 to 314 °C (Baltasar 1980).

The reservoir liquids of the Mahanagdong geothermal field are originated from
a parent fluid with quartz temperature of ~300 °C, chloride concentration of
~4000 mg/kg, and δ18O of −1.0‰, representing the isotopically richest value
(Angcoy 2010). Close to the main outflow zone in the southeast, reservoir liquids
have quartz temperature of 260–280 °C, chloride concentration of 2000–3000 mg/kg
and δ18O values of −2.0 to −3.0‰. The northern part of the reservoir hosts acid Cl–
SO4 waters with chloride concentrations and δ18O values similar to the wells in the
upflow zone, but with high concentrations of sulfate (>100 mg/kg), iron (>10 mg/kg)
and magnesium (>5 mg/kg).

The geothermal fluids of both Tongonan andMahanagdong are produced through
mixing of local meteoric waters and arc-type magmatic water (Alvis-Isidro et al.
1993).
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3.5.3 Alto Peak

The Alto Peak geothermal field is situated on Leyte Island to the south-east of
Tongonan-Mahanagdong (Fig. 3.37). On the basis of the evidence provided by
hydrothermal mineral petrology and the chemical characteristics of both fluid inclu-
sions and fluids discharged from five deep wells, Reyes et al. (1993) postulated that
the Alto Peak geothermal system comprises vapor-dominated and liquid-dominated
sectors.

A gas-rich vapor phase, with CO2 concentrations of 1.1–5.6 mol/kg, occupies the
central core or chimney with a diameter of ~1 km and a height of ~3 km, connecting
more extensive, very high temperature vapor-dominated zones at depth to a shallow
zone occupied by steam-heated ground-waters. The central core is surrounded by
a geothermal aquifer hosting neutral Na–Cl waters, with chloride concentration
close to 7000 mg/kg and temperatures between 250 and 350 °C. Two-phase zones,
increasingly wider with increasing depth and hosting fluid mixtures of highly vari-
able compositions, are interposed between the vapor-dominated central chimney and
the surrounding liquid-dominated zone.

Based on this distribution of fluids within the Alto Peak geothermal system, the
changes with time in the composition of the well discharges is ascribable to the
entrainment of variable amounts of fluids hosted in the liquid- and vapor-dominated
zones crossed by the wells.

Most neutral Na–Cl waters of relatively low temperature were probably generated
during an earlier phase in the evolution of the Alto Peak geothermal system, whereas
the fluids at temperatures >300 °C and the hydrothermal, magmatic-hydrothermal,
and contact-metamorphism alteration minerals encountered in wells AP-1D and AP-
2Dmay be explained in terms of re-heating caused by recent emplacement of magma
batches at shallow depths. The deuterium and oxygen-18 of well discharges suggest
that they are mixtures made up of 40 to 50% of arc-typemagmatic water and 60–50%
of local groundwaters.

3.5.4 Palinpinon

The Palinpinon liquid-dominated, high-temperature geothermal system is located on
Negros Island (Rae 2002; Rae et al. 2011 and references therein). The geothermal
field is producing from two distinct sectors: one is called Puhagan, is situated in
the central part of the field, and corresponds to the upflow zone; the other sector
is known as Nasuji-Sogongon and is positioned in the south-west, where one of
the two outflow zones is found (Fig. 3.38). The other outflow zone occurs to the
north-east. The Palinpinon production wells cross multiple zones of permeability
and discharge two-phase fluids. Measured down-hole temperatures vary from 220
to over 300 °C, with the highest temperature, 329 °C, measured at 1925 m below
sea level in well PN20D. Most Palinpinon wells discharge typical neutral to slightly
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Fig. 3.38 Google Earth map showing the location of the Palinpinon geothermal field. The place
cards P, S, and N identify the Puhagan, Sogongon, and Nasuji sectors, respectively

alkaline chloride liquids with Cl < 7200 mg/kg and substantial concentrations of
silica, sodium, potassium, and boron. These chloride liquids are produced from a
parent reservoir liquid with Cl close to 4000 mg/kg and temperature of 328 °C
through variable combinations of mixing, boiling, and/or conductive cooling. Mixed
acid sulfate-chloride waters are discharged by some wells drilled to the south in the
Nasuji-Sogongon production area, but are not considered in this work.

3.5.5 Chemistry of the Reservoir Liquids
from the Geothermal Systems in the Philippines

Sodium is the prevailing cation in all the reservoir liquids from the geothermal
systems in the Philippines, being all located in the [Na] sector of the triangular plot
of major cations (Fig. 3.39).

In the triangular diagram of main anions (Fig. 3.40) all the reservoir liquids of
interest except one are situated in the [Cl] sector, indicating that chloride is the
dominant anion in all the samples apart from that collected in 2009 fromwellMG32D
of Mahanagdong and identified by code MG32D_09. This sample is unique, being
located in the [SO4,Cl] sector.
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Fig. 3.39 Triangular plot of
major cations for the
reservoir liquids from the
geothermal systems in the
Philippines. Average
seawater is also shown for
comparison

Fig. 3.40 Triangular plot of major anions for the reservoir liquids from the geothermal systems in
the Philippines. Average seawater is also shown for comparison

Moreover, all the Cl-rich reservoir liquids are positioned close to the chloride
vertex, with the sole exception of the sample collected on 14/02/1991 from well OP-
6D of Bacon-Manito (code OP-6 Da), which has unusually high relative contents of
HCO3, 14.4 eq%, and SO4, 7.5 eq%, as well as an abnormally low relative content
of Cl, 78.1 eq%, compared to the other Cl-rich reservoir liquids.

On the basis of the evidence provided by both triangular diagrams, all the reser-
voir liquids of interest belong to the Na–Cl chemical facies, apart from sample
MG32D_09 which has Na–SO4,Cl composition.

The reservoir liquids from the geothermal systems in the Philippines span a rela-
tively wide interval of�eq, from the 25 meq/kg of sample OP-6 Da of Bacon-Manito
to the 600–620 meq/kg of the two samples collected from well 407 of Tongonan
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Fig. 3.41 Correlation diagrams of Cl versus SO4 + AlkC for the reservoir liquids from the
geothermal systems in the Philippines. Different �eq intervals are considered in the two diagrams
(a) and (b) in order to accommodate all the liquids of interest

(Fig. 3.41). In addition to sample OP-6 Da, also the other three samples from well
OP-6D have low �eq values, namely 33, 84, and 95 meq/kg. Considering the total
discharge enthalpy of well OP6D, ~2450 kJ/kg, the low salinities of these four
samples may be due to improper liquid/vapor separation during sampling, with
entrainment of vapor in the liquid phase. Similar considerations apply to sample
MG32D_09 which has �eq of 69 meq/kg and discharge enthalpy of ~2400 kJ/kg.
Even if these samples are potentially not representative of reservoir liquids, they are
kept in the following discussion to ascertain whether the geochemical techniques of
interest are applicable or not.

Apart from these five unusual aqueous solutions, the�eq values in the range 100–
600 meq/kg of most reservoir fluids from the geothermal systems in the Philippines
can be explained by mixing, in variable proportions, of Cl-poor meteoric waters and
Cl-rich magmatic waters, as indicated by deuterium and oxygen-18 data (see above).
Moreover, a further contribution of solutes is provided by rock dissolution sustained
by titration of acid gases.

3.6 The Reservoir Liquids from the Geothermal Systems
in New Zealand

All the high-temperature geothermal systems in New Zealand are located in the
Taupo Volcanic Zone, TVZ (Fig. 3.42), apart from Ngawha which is situated in the
Northland Peninsula (Fig. 3.43).

The geothermal systems of the TVZ were divided into arc- and rift-types by
Giggenbach (1995), based on both the chemical and isotopic characteristics of gases
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Fig. 3.42 Google Earth map showing the location of the geothermal fields of Wairakei, Rotokawa,
Mokai, Ngatamariki, Broadlands-Ohaaki, Orakeikorako, Waiotapu, Rotorua, and Kawerau situated
to the north-east of Lake Taupo

Fig. 3.43 Google Earth map showing the location of the Ngawha geothermal field
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and waters discharged from hot springs and geothermal wells, namely the relative Cl,
B, Li and Cs contents, the CO2/3He and N2/Ar ratios, and the δ2H and δ18O values
of H2O. The reservoir fluids of the systems along the Eastern side of the TVZ, such
as Kawerau, Broadlands-Ohaaki and Rotokawa, are affected by addition of volatiles
from subducted sediments and are richer in magmatic components than the fluids
from the systems along the Western side of the TVZ, such as Wairakei and Mokai,
which are similar to mantle-derived fluids. To corroborate his analysis, Giggenbach
(1995) provided a number of data on the vapor and liquid phases discharged from the
geothermal wells of Broadlands-Ohaaki, Kawerau, Mokai, Ngatamariki, Rotokawa,
and Wairakei. These Giggenbach’s data are considered in this work together with
those produced byMahon and Finlayson (1972), Hedenquist (1990) and Christenson
et al. (2002) for Broadlands-Ohaaki, Chambefort et al. (2016) for Ngatamariki, Shep-
pard and Giggenbach (1980) and Sheppard (1984) for Ngawha, Sheppard and Lyon
(1984) for Orakeikorako, Krupp and Seward (1987) and Reyes et al. (2003) for
Rotokawa, Hedenquist and Browne (1989) for Waiotapu, and Truesdell and Singers
(1974), Bruton (1995), Stefansson andArnórsson (2000), andClearwater et al. (2015)
forWairakei. The accepted chemical analyses are 41 fromBroadlands-Ohaaki, 4 from
Kawerau, 4 from Mokai, 7 from Ngatamariki, 12 from Ngawha, 1 from Orakeiko-
rako, 9 from Rotokawa, 6 from Waiotapu, and 9 from Wairakei, for a total of 93
entries.

3.6.1 Broadlands-Ohaaki

This brief synthesis on the Broadlands-Ohaaki geothermal system (location in
Fig. 3.42) is based onHedenquist (1990) andChristenson et al. (2002). The geological
framework of the Broadlands-Ohaaki field comprises a thick sequence of volcanic
rocks resting unconformably onto the greywackes and argillites of the Mesozoic
basement. Faulting affects the basement rocks causing local discontinuities and
large changes in the elevation of the basement top but does not extend significantly
into the overlying volcanic rocks which show, in general, good lateral continuity.
Fluid circulation appears to be controlled by fractures and faults in the basement,
whereas it occurs through inherently permeable rocks and formation contacts in the
volcanic sequence. The geothermal system is characterized by the presence of two
distinct upflow zones of reservoir fluids, both controlled by fault structures cutting
the greywackes of the Mesozoic basement.

Both upflow zones have comparable salinity, but the fluids of the eastern upflow
zone are enriched in B and F compared to those of the western upflow zone. The
deep reservoir fluids originate from a parent (preboiled) fluid with a temperature of
~300 °C and a CO2 content of ~2.6% by weight. Boiling is common in both upflow
zones as indicated by the chemical characteristics of reservoir fluids and measured
temperatures. CO2-rich steam-heated waters are present above the boiling zones and
on the margins of the system, where they dilute the deep chloride fluids. The main
thermal manifestation is the Ohaaki pool, discharging neutral chloride water at 95 °C
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and contributing about 10 MWt to the total natural heat flow from the system, which
is estimated at ~100 MWt. Surface manifestations comprise a few warm springs on
the banks of theWaikatoRiver and some steaming grounds, with subsurface seepages
also contributing to the natural heat flow. Exploration wells at depths varying from
366 to 2587 m were drilled in 1965 -1984. Temperatures of 260 ± 20 °C were
measured in the feed zones of production wells.

3.6.2 Kawerau

The geological framework of the Kawerau field (location in Fig. 3.42) comprises a
>1 km thick sequence of volcanic products resting unconformably onto theMesozoic
greywacke complex (Christenson 1997 and references therein). Permeability is fault-
and fracture-controlled within both the greywackes and the overlying volcanics.
Lacustrine and marine sediments act as discontinuous aquicludes in the volcanic
sequence. Reservoir fluids flow up through steeply dipping normal faults from the
greywackes into the overlying volcanic rocks, where they spread laterally entering
distinct productive aquifer levels.

The chemical characteristics of the reservoir fluids circulating in both the
greywackes and the volcanic rocks are affected by both boiling and dilution. Pressure
draw-down and inflow of cold fluids from the marginal recharge have been induced
by production from volcanic rocks whereas production from fractured greywackes
has been generally stable with time. Boiling prompted by production has caused
calcite scaling in boreholes and locally in reservoir rocks. The surface manifesta-
tions include steaming grounds and neutral to acid pools, springs and seeps. Reser-
voir fluids are close to boiling and attains temperatures >315 °C. Shallow reservoir
fluids are affected by steam heating as indicated by the high concentrations of HCO3

and/or SO4 and slightly to strongly acidic pH, whereas the deep reservoir fluids
are of the near-neutral chloride-type and gas-rich. The base fluid has estimated Cl
concentration of 925 mg/kg and gas content of 2.8% by weight.

3.6.3 Mokai

This brief account on Mokai geothermal field (location in Fig. 3.42) is based on
Henley and Middendorf (1985), Henley and Plum (1985), and Hedenquist et al.
(1990). Six explorationwellswere drilled in theMokai field at depths of 600–2800m.
Different volcanic units (from top to bottom: shallow ignimbrites, rhyolitic domes,
deep ignimbrites and tuffs) were crossed by the wells but the Mesozoic greywacke
basement was not attained.Measuredmaximum temperatures are in the interval 194–
323 °C. The first well, MK1, was drilled to a depth of 606 m and found a maximum
temperature of 194 °C above a temperature inversion. Temperatures in the range
250–278 °C were measured in the main circulation loss zone of well MK2 (total
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depth 1654 m) before and during discharge. High temperatures were also found in
wellsMK3 (total depth 1678m) andMK5 (total depth 2592m) up to 305 and 298 °C,
respectively. Down-hole measurements indicate considerable cooling of the system
close towellMK4 probably due to inflowof cooler waters. The natural heat discharge
through the steam-heated thermal manifestations located within the drilled area in
the Mokai field (one large fumarole, steaming grounds, acid-sulfate mud pools, and
a few neutral-pH steam-heated pools) is very small, with 6 MWt only. However, a
natural thermal flux of at least 80 MWt is related to the dilute chloride springs, with
temperatures up to 67 °C, which are distributed in a fault-controlled gorge, 6–10 km
NNE of the drilled area in the Mokai field. Hence, the upflow zone of the Mokai
geothermal system is located to the south, but the major component of the surface
discharge of thermal fluids is displaced to the north, largely because of the northerly
hydraulic gradient of >300 m over a distance of 12 km. During this northwards
travel, the deep-upflow chloride fluids are progressively diluted by addition of cold
groundwater. The deep undiluted parent fluid has estimated temperature of 335 °C,
chloride concentration of 2050mg/kg, and lowgas content, similar to that ofWairakei
fluids.

3.6.4 Ngatamariki

The current knowledge and understanding of the Ngatamariki geothermal field (loca-
tion in Fig. 3.42) has been presented by Chambefort et al. (2016). At Ngatamariki
the greywackes of the Mesozoic basement have been reached only by well NM6
at a depth of ~3.4 km. They are covered by a thick sequence of volcanic and sedi-
mentary rocks which have been attributed to different stratigraphic units. An intru-
sive complex, comprising a microdiorite, a quartz-diorite and a tonalite, has been
encountered in wells NM4, NM8, and NM9 at depths >2.4 km approximately. The
Ngatamariki geothermal system comprises a deep geothermal reservoir at tempera-
tures of 260–285 °C covered by a clay-cap which is overlain by two separate shallow
aquifers.

The fluid circulating in the Ngatamariki reservoir has Na–Cl composition, Cl
concentration of 900–1000mg/kg, near neutral pH, ~6, and lowgas content, ~0.3%by
weight. The reservoir fluid is chieflymade up of meteoric water with a limited contri-
bution of magmatic water. Most natural manifestations discharge mixed chloride-
bicarbonate waters with low SO4 and slightly alkaline pH. However, 10–15 L/s of
chloride waters are discharged by the most important hot spring, the South One pool,
which has a surface area of ~1000 m2. This spring is hosted into the vent of the
hydrothermal eruption which occurred in 2005. Sinter is deposited by the hot spring
waters in several sites. The natural background thermal flux is estimated at 40 MWt.
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3.6.5 Ngawha

The Ngawha geothermal field is situated in the Northland Peninsula (Fig. 3.43).
The geothermal reservoir is hosted in quartz-feldspathic greywackes and argillites,
which have low inherent permeability and porosity close to zero (Cox and Browne
1998). Locally, faults and joints enhance rock permeability creating the conditions
needed for the circulation of reservoir fluids which move within a myriad of joint
channels interconnected in three dimensions (Browne 1980). The cap-rock overlying
the geothermal reservoir is represented by a 500–600 m thick sequence of low-
permeability marine sediments.

The Ngawha reservoir fluids are of neutral Na–Cl type but have unusually high
concentrations of HCO3, B, and NH4 as well as high gas contents, of which 95% is
CO2. Boron isotope data suggest that high B concentrations are the result of rock
leaching under low water/rock ratios in the capped hydrothermal system (Aggarwal
et al. 2003).

The large oxygen isotope shift of Ngawha geothermal fluids, 11‰ units, was
attributed to isotope exchange with the local rocks assuming either a low water/rock
ratio or a very young age for the system, but without any involvement of magmatic
waters (Aggarwal et al. 2003 and references therein).

3.6.6 Orakeikorako

The Orakeikorako geothermal system (location in Fig. 3.42) is situated at the south-
western termination of the Paeroa Fault and might be associated to the adjacent Te
Kopia geothermal system. In the mid 1960s, the four exploration wells OK-1, OK-2,
OK-4 and OK6 were drilled at Orakeikorako outside the area of hot spring activity
(Simpson and Bignall 2016 and references therein). These wells reached depths
of 1155–1404 m, found a maximum temperature of 265 °C, but poor permeability
conditions. About ¾ of the Orakeikorako natural manifestations, including many
spectacular geysers, were submerged by the damming of the Waikato River in 1961
for hydroelectric power production. Today, the Orakeikorako natural manifestations
consist of hot springs, geysers, minor steaming grounds, and few mud pools and
cover an area of ~1.8 km2 mainly on the eastern bank of the Waikato River. The
discharged fluids have generated the Umukuri sinter, which is the most extensive
deposit of this type in the TVZ, with an area close to 1 km2, and is locally up to 18 m
thick. The natural heat flow is estimated at 340 MWt.
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3.6.7 Rotokawa

Similar to the other geothermal systems of theTVZ, theRotokawa system (location in
Fig. 3.42) is hosted into a sequence of Pleistocene and Recent volcanic rocks and the
underlying Mesozoic greywacke basement. At least thirteen different hydrothermal
explosion breccia have been recognized in surface outcrops. The largest crater is
1.5 km in diameter, was formed by a hydrothermal eruption which occurred ~6060
a ago, and is currently occupied by Lake Rotokawa, whose waters have pH close
to 2. Between 1965 and 2010, a total of 31 geothermal wells have been drilled at
Rotokawa reaching depths between 2500 and 3000 m. Thirteen of these wells have
been drilled in 2007–2010 (Price et al. 2011). As proposed by Winick et al. (2009),
the Rotokawa geothermal system comprises three main aquifers, namely the shallow
aquifer, the intermediate aquifer and the deep reservoir.

Neutral-chloride waters, with Cl concentrations of 450–850 mg/kg and temper-
atures of 300–340 °C, circulate in the deep reservoir, which is hosted both in the
volcanic units and in the underlying greywacke basement and is partially capped by
a smectite-rich clay zone. In the south, reservoir fluids have higher concentrations of
Cl (up to 1900 mg/kg in wells RK2 and RK3) and B (up to 62 ppm in wells RK2 and
RK3) due to boiling in the natural-state conditions. Very large geochemical gradients
in Cl concentration, Cl/B ratio and non-condensable gas contents occur from south to
north, suggesting that the deep reservoir fluids are progressively diluted northward by
cooler, marginal fluids. Based on the available dataset, it is possible to relate the deep
reservoir fluids to a single parent fluid, through a combination of dilution and boiling
processes, as proposed by Hedenquist et al. (1988). Nevertheless, it is not possible to
exclude alternative multiple-parent models, for instance the presence of two distinct
fluid sources, one in the north and the other in the south, as suggested by Giggenbach
(1995). Conspicuous surface hydrothermal activity, comprising steaming grounds,
fumaroles, and acid-sulfate springs, occurs in the southern part of the geothermal
field. Mixed chloride-sulfate springs are found along the northern shores of Lake
Rotokawa and partially contribute to the acid lake water. Springs discharging neutral
chloride-bicarbonate waters are distributed along the Waikato River that dissects the
geothermal field. Geysers and extensive silica terraces are absent.

3.6.8 Waiotapu

TheWaiotapu geothermal field (location in Fig. 3.42) has the highest natural heat loss,
up to 540 MWt, and its surface manifestations occupy the largest area in the TVZ,
17 km2 (Simpson and Bignall 2016 and references therein). Between 1956 and 1959,
seven exploratory wells (WT-1 to WT-7) were drilled at Waiotapu, to depths varying
between 435 and 1100 m. Although temperatures of 200–295 °C were encountered,
geothermal exploration was stopped because of the low flow rates of discharged
fluids, the occurrence of calcite scaling and the choice to concentrate geothermal
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development at Wairakei. The Waiotapu thermal manifestations have different char-
acteristics dependingon their location,withwaters affected by acid condensates in the
north andmixed chloride-sulfate springs in the south. Themost famous surfacemani-
festation, Champagne Pool, occupies a hydrothermal eruption vent and discharges
undiluted, boiled reservoir fluids cooled at 75 °C. The fluids discharged from Cham-
pagne Pool generated the Primrose silica sinter terrace extending over an area of
∼220 m × 90 m.

3.6.9 Wairakei

This brief synthesis on Wairakei is based on Bixley et al. (2009) and references
therein. The Wairakei geothermal field is mostly positioned on the west bank of the
Waikato River, just north of Lake Taupo (Fig. 3.42) and is part of the largerWairakei–
Tauhara geothermal system. The hydrological link between these two fields has been
demonstrated by the close relation between the pressure changes at Wairakei and
those at the Tauhara geothermal field, about 10 km to the southeast. In contrast,
the Rotokawa geothermal field, 10 km to the northeast, has not responded to the
pressure changes at Wairakei. Wairakei was a liquid-dominated system with a base
temperature close to 260 °C, before the onset of geothermal exploitation, as pointed
out by both physical measurements and geothermometric techniques. Based on the
data acquired through the early wells, it was recognized from that the maximum
measured temperatures approximated the boiling point for depth down to 400 m
depth, roughly corresponding to sea level (Banwell 1957).

Neutral chloride waters from the geothermal reservoir were mainly discharged at
the surface through the hot springs and geysers in theGeyser Valley. The chemistry of
these thermal manifestations indicated that deep chloride water had experienced both
dilution and boiling before discharging at the surface (Glover and Mroczek 2009).
The other major area of surface activity was in the Waiora Valley where acidic
chloride–sulfate or acid sulfate waters were discharged due to the higher elevation
of this site. Steam discharges occurred in the Karapiti Thermal Area, in the southern
part of the geothermal field. The natural heat discharge from Wairakei has been
evaluated by several authors with average values close to 400 MWt. From 1950 to
2009, drilling activity resulted in more than 200 wells, completed to depths ranging
from 300 to 2750 m and spread over the geothermal field, with some wells outside
its boundaries. Thanks to this large number of wells, it was possible to monitor and
understand the variations in the reservoir that have been caused by fluid extraction
and, more recently, by injection.
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3.6.10 Chemistry of the Reservoir Liquids from the New
Zealand Geothermal Systems

All the New Zealand reservoir liquids are situated in the [Na] sector of the triangular
diagram of major cations. Therefore, sodium is by far the prevalent cation with rela-
tive concentrations varying from82 to 96 eq% (Fig. 3.44). It is followedbypotassium,
with relative concentrations ranging from 3 to 18 eq%. The relative K concentration
increases with temperature and, in fact, is somewhat higher at Rotokawa, Mokai, and
Ngatamariki compared to the other fields. The relative concentrations of Ca are low,
varying from 0.1 to 2.5 eq% only.

In the triangular diagram of main anions (Fig. 3.45) most reservoir liquids are

Fig. 3.44 Triangular plot of
major cations for the
reservoir liquids from the
high-temperature geothermal
fields in New Zealand

Fig. 3.45 Triangular plot of
major anions for the
reservoir liquids from the
high-temperature geothermal
fields in New Zealand



88 3 The Reservoir Liquids

located in the [Cl] sector, and several of them, fromMokai, Ngatamariki, Rotokawa,
andWairakei, are very close to the chloride vertex. Only a few reservoir liquids from
Broadlands, Orakeikorako, and Ngawha are situated in the [Cl,HCO3] sector. Based
on both triangular diagrams, it is possible to recognize the following two chemical
facies:

1. The Na–Cl chemical type, which is by far the most common, comprising 88
of the 93 reservoir liquids of interest, that is 95% of the entries. Moreover, the
Na–Cl reservoir liquids are found in all the considered New Zealand geothermal
systems, except Orakeikorako for which one sample only is available.

2. The Na–Cl,HCO3 chemical facies, which groups 5 reservoir liquids (5% of the
cases), 3 coming from Broadlands, and 1 each from Orakeikorako and Ngawha.

The reservoir liquids from the geothermal systems in New Zealand distribute
over a relatively limited interval of �eq, from the minimum values of the Rotokawa
wells, 20–48 meq/kg, to the maximum values of the Mokai wells, 88 to 133 meq/kg
(Fig. 3.46).

These low to relatively low �eq values are not surprising because the geothermal
aquifers of the TVZ aremainly recharged bymeteoricwaterswith subordinate contri-
butions of magmatic (arc-type) waters, as indicated by isotopic data. According to
Giggenbach (1995), themagmatic component contribution is 14± 5% for the eastern
systems of the TVZ and 6± 2% for thewestern systems of the TVZ. The contribution
of magmatic waters is nil at Ngawha, which is recharged by meteoric waters only as
already recalled in Sect. 3.6.5.

Fig. 3.46 Correlation
diagram of Cl versus SO4+
AlkC for the reservoir liquids
from the high-temperature
geothermal fields in New
Zealand



3.7 The Reservoir Liquids from Miscellaneous Geothermal Systems 89

3.7 The Reservoir Liquids from Miscellaneous Geothermal
Systems

The miscellaneous geothermal fields taken into account in this work are: Yangbajing
in China (data from Ping et al. 1998a, b; Guo et al. 2014), Kizildere in Turkey (data
from Guidi et al. 1988, 1990; Haizlip and Haklidir 2011; Haklidir et al. 2015; Tarcan
et al. 2016), the three Italian fields of Bagnore (data from Ruggieri et al. 2004),
Latera (data from Gianelli and Scandiffio 1989), and Mofete (data from Balducci
and Chelini 1992), Ribeira Grande, São Miguel, Azores (data from Carvalho et al.
2006), as well as the following geothermal systems in the East African Rift System
(EARS), from N to S: Asal, Djbouti (data from D’Amore et al. 1998; Sanjuan et al.
1990; Sanjuan 2010), Tendaho, Ethiopia (data from D’Amore et al. 1997; Ali 2005),
Aluto-Langano, Ethiopia (data from Gizaw 1993, 1996; Teklemariam et al. 1996
and references therein), and Olkaria, Kenya (data from Muna 1982; Karingithi et al.
2010). Data on reservoir liquids from Menengai, Kenya were also compiled (from
Kipng’ok 2011; Sekento 2012; Malimo 2013; Auko 2014) but were disregarded
because these aqueous solutions are probably not representative of the equilibrium
condition with relevant hydrothermal minerals.

The accepted chemical analyses are 32 for Yangbajing, 28 for Kizildere, 2 for
Bagnore, 5 for Latera, 3 forMofete, 15 forRibeiraGrande, 4 forAsal, 36 for Tendaho,
3 for Aluto-Langano, and 42 for Olkaria, for a total of 170 entries.

3.7.1 Yangbajing

The Yangbajing geothermal field is located on the Tibetan plateau at an altitude of
4300–4500 m asl. From the structural point-of-view, Yangbajing is positioned at an
inflection point of theNyainquentanglha slip-fault zonewhere its strike changes from
N 60° E to N 30° E (Fig. 3.47). This strike change caused pervasive rock fracturing
creating the permeability conditions needed for thermal water circulation (Ji and
Ping 2000).

TheYangbajing geothermal systemcomprises a shallow reservoir hosted in altered
granite andQuaternary sediments at depths of 180–280m, and a deep reservoir hosted
in fractured granite at depths of 950–1850m. Temperature ranges from 150 to 165 °C
in the shallow reservoir, whereas the deep reservoir is subdivided into two parts: the
upper part with temperatures of 250–275 °C between 950 and 1350 m depth, and the
lower part with temperatures >300 °C below 1500 m depth, (Xiaoping 2002).

Before the Yangbajain geothermal power plants began operating, the field was
affected by hydrothermal explosions (e.g., in November 1975 and December 1977)
and several manifestations were present. However, all primary thermal springs and
pools disappeared in response to the intensive exploitation of the geothermal resource
(Guo et al. 2014).
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Fig. 3.47 Google Earth map showing the location of the Yangbajing geothermal field

Based on isotopic evidence, the Yangbajing geothermal fluids originate from
meteoric waters. Both the shallow and the deep reservoirs host neutral chloride
fluids, with chloride concentration of 1.5 and 2.8 g/kg, respectively. The fluid of the
deep reservoir ascends and enters the shallow reservoir where it mixes with cooler
meteoric water (Xiaoping 2002).

3.7.2 Kizildere

The Kizildere geothermal field is located in the northern sector of the Buyuk
Menderes graben (Fig. 3.48), a continental rift zone whose activity begun in
Early-Middle Miocene.

Quaternary alluvia crop out in the central part of the graben, where they reach a
maximum thickness of some hundred meters, whereas both a Neogene series and the
underlying Paleozoic basement crop out in the horsts (Guidi et al. 1988 and refer-
ences therein). The basement is made up of gneisses and micaschists with lenses of
marbles. The Neogene series includes prevailing clastic sediments and a sequence
of limestones and marly limestones, with the local occurrence of gypsum and anhy-
drite. The limestones and the metamorphic basement exhibit good permeability,
particularly where fractured, whereas the other Neogene deposits are impervious.
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Fig. 3.48 Google Earth map showing the location of the Kizildere geothermal field and the famous
Pamukkale thermal springs characterized by intense travertine deposition

Deuterium and oxygen-18 data (e.g., Özgür 1998; Tarcan et al. 2016 and refer-
ences therein) indicate that the Kizildere reservoir liquids have meteoric origin,
whereas the considerable oxygen isotope shift, up to ~5‰ units, is due to isotope
exchange with carbonate rocks.

Temperatures are 148–198 °C in the first (shallow) reservoir, 200–212 °C in the
second (middle) reservoir, and close to 240 °C in the third (deepest) reservoir, at
depth of ca. 2.2 km (Tarcan et al. 2016). The Kizildere reservoir liquids have Na–
HCO3 to Na–HCO3,SO4 composition and high fCO2 , usually in the range 35–50 bar
(Guidi et al. 1988, 1990).

Today, the only thermal manifestations present in the area of the geothermal
field are the fumaroles located at the northern boundary of the drilled zone, where
hot springs were once found (Dominco and Samilgil 1970). This change indicates a
substantial deepening of the piezometric surface caused by exploitation. Hot springs,
with temperature up to the boiling point, and an old drilled well are present at Tekke
Hamam, in front of Kizildere, on the opposite side of the Buyuk Menderes graben.
Several hot springs are found in nearby areas. At Pamukkale there are thermal springs
and extensive deposits of white travertines, visible in the Google Earth map of
Fig. 3.48. These white travertines are responsible for the name of this place. In
fact, pamuk is Turkish for cotton.
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3.7.3 Bagnore

This brief synthesis on Bagnore is based on Calamai et al. (1970), Gianelli et al.
(1988), and Bertini et al. (1995). There are two high-temperature geothermal fields
in the southern sector of the Quaternary Mt. Amiata volcano (Principe et al. 2017
and references therein), one is at Bagnore while the other one is at Piancastagnaio
(Fig. 3.49).

Two distinct reservoirs are present in the Bagnore geothermal field. The shallow
reservoir is situated at depths of 400–1000 m, is hosted in carbonate-evaporite
(anhydrite-bearing) rocks, and was exploited before the 1970s. The deep reservoir
is positioned at depths of 1300–3000 m, is hosted in fractured metamorphic rocks,
and has been exploited more recently.

The maximum temperature recorded in the shallow reservoir is 160 °C. The deep
reservoir is water-dominated, has a hydrostatic pressure of ~200 bar at 3000 m
depth, and temperatures close to 300–330 °C. The produced fluid is a two-phase
mixture. The steam phase separated at wellhead at 20 bar has a high content of non-
condensable gases, up to 15% by weight. The whole system is recharged by meteoric
waters circulating through fractured rocks. Heat is probably contributed by a granitic
intrusion which is located at an estimated depth of about 7000 m and has an expected
temperature of 750–800 °C.

Fig. 3.49 Google Earth map showing the location of the Bagnore and Piancastagnaio geothermal
fields in the southern sector of Mt. Amiata volcano
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3.7.4 Latera

The Latera geothermal field is located within the homonymous caldera of 7 km ×
9 km and roughly elliptical shape (Fig. 3.50). The eastern rim of the Latera caldera
intersects awider volcano-tectonic depression,which is partly filled byLakeBolsena.

The Latera geothermal reservoir occurs at 1000–1500 m depth in a structural high
made up of carbonate rocks (Cavarretta et al. 1985; Gianelli and Scandiffio 1989).
The productive zones of the Latera geothermal system have hydrostatic pressures
and temperatures of 200–240 °C, whereas higher temperatures were measured in
some unproductive wells, such as well L10, in which the bottom-hole temperature
is >400 °C at ~3300 m depth, and well L1, in which a temperature of 340 °C was
measured at ~2800 m depth.

Available deuterium and oxygen-18 data (Battaglia et al. 1992) suggest that the
Latera reservoir liquids have meteoric origin. Their extensive oxygen isotope shift,
up to ~8‰ units, is ascribable to isotope exchange with carbonate rocks.

The conceptual model proposed by Gianelli and Scandiffio (1989) comprises a
regional warm aquifer of Ca–SO4,HCO3 composition and an upflow of hot Na–Cl
waters, with Cl concentration of 1500–3300 mg/kg and total CO2 concentration of
2000–32,000 mg/kg. This model is supported by well L14, which encountered two

Fig. 3.50 Google Earthmap showing the location of the Latera geothermal fieldwithin the homony-
mous caldera. The Latera caldera is situated to the west of the Bolsena volcano-tectonic depression,
which is occupied by the homonymous lake
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distinct productive zones, the first one delivering hot Na–Cl waters at 430 m depth,
the second one supplying warm Ca–SO4,HCO3 waters at 800 m depth.

All the wells produce two-phase fluids, with discharge enthalpy ranging from
791 to 1026 kJ/kg and temperature varying from 186 to 238 °C. The water analyses
of wells L2, L3D and L4 are more reliable than those of other wells because of the
longer production time, in the order of several months.

The chemistry of the Latera reservoir liquids was obtained from Gianelli and
Scandiffio (1989) without runningWATCH because data for the separated liquid and
vapor phases are not available.

3.7.5 Mofete

The Mofete geothermal field is situated within the Campi Flegrei caldera, extending
west of Naples (Fig. 3.51). The caldera has a diameter of ~12 km and formed
~35,000 years ago after the Campanian Ignimbrite eruption (Rosi et al. 1983). The
southern half of this volcano-tectonic depression is submerged, whereas its northern
half occurs on land and includes several intra-caldera small volcanic apparatuses.

The geothermal reservoir is hosted into a volcanic sequencemade up of alternating
tuffs and lavas as well as quartz-feldspathic siltites below ~700 m depth. The Mofete

Fig. 3.51 Google Earth map showing the location of the Mofete geothermal field within the Campi
Flegrei caldera, close to Naples
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geothermal system includes a shallow reservoir at temperatures of 230–300 °C,which
was encountered by five of the seven wells drilled in the late 1970s to early 1980s,
and an intermediate-deep reservoir at temperatures of 340–350 °C which was found
by two wells only (Carella and Guglielminetti 1983).

Neutral Na–Cl reservoir liquids circulate in fractured zones not cemented by
hydrothermal minerals. The brines separated at atmospheric pressure exhibit consid-
erable differences in Cl concentration, which ranges from 21,000 to 44,000 mg/kg
for those coming from the shallow and intermediate reservoirs, whereas those deliv-
ered from the deep reservoir have Cl concentration of ~310,000 mg/kg (Carella and
Guglielminetti 1983) and are close to saturation with halite. The system is recharged
by seawater, modified by steam separation and by the irreversible mass exchanges
occurring during the high-temperature interaction with reservoir rocks (Balducci and
Chelini 1992).

3.7.6 Ribeira Grande

The water-dominated geothermal field of Ribeira Grande is situated within the Água
de Pau stratovolcano in the central part of SãoMiguel Island, Azores (Fig. 3.52). The
stratovolcano is truncated by an outer 4 km× 7 km caldera that formed ~33,600 years
ago and an inner 2.5 km× 3 km caldera that originated ~15,200 years ago (Carvalho
et al. 2006 and references therein). The geothermal system is recharged by meteoric
waters, infiltrating in the upper parts and flanks of the Água de Pau volcano and
flowing from south to north.

Fig. 3.52 Google Earth map showing the location of the Ribeira Grande geothermal field in the
central part of São Miguel Island, Azores
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Wells CL1, CL2, CL3, and CL4 have total depth of 2029, 1402, 1459, and 1500m,
respectively. Production from these wells is sustained by three different aquifers, all
probably hosted in pillow lavas and situated at depths of 800 to 1300mapproximately,
where temperature varies from 230 to 245 °C. A small temperature reversal occurs
below ~1300 m depth in these four wells. Well PV1 is somewhat different, with a
total depth of 811 m only and maximum temperatures of 220–236 °C at ~500 m
depth, but again a temperature reversal is present below.

The deepest aquifer contains a single liquid phase, the intermediate aquifer hosts
a two-phase (vapor + liquid) mixture with a steam fraction up to 0.08, whereas the
shallower aquifer produces a single steam phase. All the wells have excess enthalpy.

The Ribeira Grande reservoir liquids are neutral, have Na–Cl composition, and Cl
concentration of 1100–2600 mg/kg. Calcite scaling was directly observed in wells
PV1 and CL1, but probably occurs in all geothermal wells upon flashing.

3.7.7 Asal

The Asal geothermal system, positioned in the Afar region between Lake Asal and
the Gulf of Ghoubbet, is situated along the still emerged portion of an oceanic rift
(Fig. 3.53).

Fig. 3.53 Google Earth map showing the location of the Asal geothermal field, Djibouti, between
Lake Asal and the Gulf of Ghoubbet
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Six deep geothermal wells were drilled in the Asal Rift area in the 70’s and 80’s.
Well Asal 1 produced water and steam for several months, whereas well Asal 2
produced a very small amount of fluids (Fouillac et al. 1989). The Na–Cl brine
discharged from well Asal 1 has Cl concentration of 115,000–120,000 mg/kg at
atmospheric conditions (Sanjuan 2010).

As reported by D’Amore et al. (1998): (1) well Asal 3 has total depth of 1316 m, a
maximum temperature of 265 °C and encountered high-enthalpy fluids below1075m
depth; (2) well Asal 4 has total depth of 2011 m, a maximum temperature of 344 °C,
but it met cold water at shallow depth and it is dry below 400 m; (3) well Asal 5 has
total depth of 2105 m, a maximum temperature of 359 °C, but it is dry below 400 m;
(4) well Asal 6 has total depth of 1761 m, a maximum temperature of 281 °C and
encountered high-enthalpy fluids at 265 °C from 1100 to 1300 m depth. Wells Asal 3
andAsal 6 produced a Na–Cl brine with Cl concentration of 103,000–106,000mg/kg
and pH4.8–4.9 at atmospheric conditions. Sphalerite and galena scalingwas detected
in both wells downstream of the flash level.

As recognized by previous authors, the chemistry of the Asal reservoir liquids
is controlled by high-temperature basalt-seawater interaction, associated with vari-
able evaporation. The chemistry of the Asal reservoir liquids was obtained from
D’Amore et al. (1998) and Sanjuan (2010) without running WATCH because of the
unavailability of data for the separated liquid and vapor phases.

3.7.8 Tendaho

The Tendaho geothermal system is positioned in the inland portion of the Afar region
(Fig. 3.54), at a distance of ~150 km from the sea coast.Most information on Tendaho
was derived from Battistelli et al. (2002).

Deuterium and oxygen-18 indicate that the Tendaho geothermal reservoir is
recharged by meteoric waters infiltrating at elevations of 2000–3000 m asl in the
Western Ethiopian Plateau. Consistently, the shallow Tendaho geothermal reservoir
hosts low-salinity brines with TDS of ~2 g/kg and low gas content, ~370 mg/kg.

Available enthalpy and temperature data for wells TD-2 and TD-4 suggest the
presence in the reservoir of either a single liquid phase or bi-phase conditions with
small excess enthalpy as well as the provenance of produced fluids from different
feed zones. Reservoir conditions and production characteristics of wells TD-5 and
TD-6 are similar to those of well TD-4.

Owing to the limited information available on enthalpy and gas chemistry, a single
liquid phase was hypothesized to be present in the reservoir, at the temperature
indicated by the quartz/chalcedony geothermometer, and the CO2 and H2S contents
of all the reservoir liquids of wells TD-5 and TD-6 were assumed to be 307 mg/kg
and 2.14 mg/kg, respectively, based on the gas chemistry data of wells TD-2 and
TD-4 from D’Amore et al. (1997).
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Fig. 3.54 Google Earth map showing the location of the Tendaho geothermal system in the inland
portion of the Afar region, Ethiopia

3.7.9 Aluto-Langano

The Aluto-Langano geothermal field is found in the central sector of the Main
EthiopianRift, betweenLakeZiway to the north andLakeAbiyata andLakeLangano
to the south (Fig. 3.55).

The Aluto-Langano geothermal system is associated with the Quaternary Aluto
volcanic complex. The stable isotope values indicate that the geothermal well
discharges consist essentially of meteoric water infiltrating in the volcanic complex
(Rango et al. 2010 and references therein). The upflow of geothermal fluids
is controlled by an active fault zone known as Wonji Fault Belt (Gianelli and
Teklemariam 1993).

According to Teklemariam et al. (1996), the two hottest wells, LA-3 and LA-6,
have total discharge enthalpies of 1600–1650 kJ/kg and aquifer temperatures of 320–
335 °C, respectively. These data indicate the presence of bi-phase conditions with
mass steam fractions of 0.11–0.15 and 0.037–0.083 in the reservoir zones encoun-
tered by wells LA-3 and LA-6, respectively. The reservoir liquids of Aluto-Langano
wells LA-3 and LA-6 were disregarded because computed pH values resulted to
be higher than the mineral-solution equilibrium pH values by 1.8 pH unit. A single
liquid phase seems to occur in the aquifer zones connected with wells LA-4, LA-7,
and LA-8, with measured temperatures of 233, 226, and 270 °C, respectively.
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Fig. 3.55 Google Earth map showing the location of the Aluto-Langano geothermal system in the
Main Ethiopian Rift

The chemistry of the Aluto-Langano reservoir liquids encountered bywells LA-4,
LA-7, and LA-8 was directly taken from Teklemariam et al. (1996) without running
WATCH because data for the separated liquid and vapor phases are unavailable.

3.7.10 Olkaria

The Olkaria geothermal field is situated to the south of Lake Naivasha in the central
portion of the Kenyan Rift Valley (Fig. 3.56). The Olkaria geothermal system is
related with the Quaternary Olkaria volcanic complex, where magmatic activity
began during the late Pleistocene and continued until 180 ± 50 years ago when the
Ololbutot comendite was erupted (Clarke et al. 1990). Incidentally, comendites are
present only in the Olkaria area within the whole Kenyan Rift Valley.

The following brief synthesis on Olkaria is based on Karingithi et al. (2010).
The over 100 wells drilled at Olkaria have variable discharge enthalpy. Most of the
wells have excess enthalpy which is due to depressurization boiling in producing
aquifers. However, contribution of steam from the steam cap present above the bi-
phase reservoir of Olkaria East is responsible for the excess enthalpy of the wells
drilled in this sector of the field.
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Fig. 3.56 Google Earth map showing the location of the Olkaria geothermal system in the Kenyan
Rift Valley

The fluids in Olkaria West and Domes sectors have high carbonate alkalinity and
lowchloride concentration in sharp contrastwith those in theOlkariaEast andOlkaria
Northeast sectors which have lower alkalinity and higher chloride concentration.
Moreover, the fluids encountered by the wells of Olkaria West and Domes sectors
have high concentrations of CO2, which are controlled by considerable gas fluxes
from a magmatic heat source. In contrast, CO2 concentration is relatively low in the
other sectors of the Olkaria geothermal field, being buffered by the epidote-prehnite-
calcite-quartz hydrothermal mineral assemblage.

Under-saturation with respect to the Ca-bearing solid phases, which are known to
be present in the geothermal reservoir as hydrothermal minerals, is probably an arti-
fact due to loss of Ca through calcite precipitation occurring in the depressurization
zone around the wells.

3.7.11 Chemistry of the Reservoir Liquids
from Miscellaneous Geothermal Systems

One hundred sixty six of the one hundred seventy reservoir liquids considered in
this section are situated in the [Na] sector of the triangular diagram of major cations
(Fig. 3.57). The four exceptions are the reservoir liquids fromAsal, which are located
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Fig. 3.57 Triangular plot of
major cations for the
reservoir liquids from
miscellaneous geothermal
systems (see legend).
Average seawater is also
shown for comparison

in the [Na,Ca] sector, due to gain of Ca through basalt-seawater interaction at elevated
temperatures. Therefore, sodium is the prevailing cation in all the reservoir liquids of
interest, with relative Na concentrations >75 eq% at Yangbajing, Kizildere, Bagnore,
Latera, Mofete, Ribeira Grande, Tendaho, Aluto-Langano, and Olkaria. The Asal
reservoir liquids have relative Na concentrations of 54–59 eq%, relative Ca concen-
trations of 35–40 eq%, relative K concentrations of 5.5–6.2 eq%, and relative Mg
concentrations ≤0.1 eq%.

In the triangular diagram of main anions (Fig. 3.58) most reservoir liquids are
located in the [Cl] sector and some of them are close to the chloride vertex. Never-
theless, several reservoir liquids are situated elsewhere, namely in the [Cl,HCO3],
[Cl,SO4], [HCO3,Cl], [HCO3,SO4], and [HCO3] sectors, whereas no sample is found
in the [SO4,Cl], [SO4,HCO3], and [SO4] sectors. Based on both triangular diagrams,
it is possible to recognize eight different chemical facies. In detail:

1. The Na,Ca–Cl chemical type includes only the 4 reservoir liquids of Asal, but is
the only chemical facies present in this field.

Fig. 3.58 Triangular plot of
major anions for the reservoir
liquids from miscellaneous
geothermal systems (see
legend). Average seawater is
also shown for comparison
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2. The Na–Cl chemical facies is by far the most common, with 88 reservoir liquids.
Thirty six are from Tendaho, three are from Mofete, and two are from Bagnore,
but they constitute 100% of the samples from these three geothermal fields.
Twenty eighth are from Olkaria, where they represent 67% of the entries. Six
are from Ribeira Grande, where they make up 40% of the items. Two are from
Latera, where they account for 40% of the records. Eleven are from Yangbajing,
where they represent 34% of the entries.

3. The Na–Cl,HCO3 chemical type is rather widespread with 37 reservoir liquids.
It is present at Yangbajing with 21 samples, corresponding to 66% of the entries
of this site, Ribeira Grande with 8 samples, representing 53% of the items of this
place, Olkaria with 7 samples, corresponding to 17% of the records of this field,
and Latera with 1 sample, representing 20% of the entries of this site.

4. The Na–Cl,SO4 chemical type groups 2 reservoir liquids only, both from Latera,
where they account for 40% of the items.

5. The Na–HCO3,Cl chemical facies comprises 8 reservoir liquids. Three are from
Aluto-Langano, where they explain 100% of the items. Four are from Olkaria,
where they make up 10% of the entries. One is from Ribeira Grande, where it
constitutes 7% of the records.

6. The Na–HCO3,SO4 chemical type includes 15 reservoir liquids, all from
Kizildere, where they account for 54% of the items.

7. The Na–HCO3 chemical facies comprises 16 reservoir liquids. Thirteen are from
Kizildere, where they represent 46% of the records. Three are from Olkaria,
where they make up 7% of the entries.

The binary diagram of Cl versus SO4 +AlkC (Fig. 3.59a) shows that the reservoir
liquids of Asal have �eq values varying from 3780 to 4210 meq/kg, which are 3–3.5

Fig. 3.59 Correlation diagrams of Cl versus SO4 + AlkC for the reservoir liquids from miscel-
laneous geothermal systems (see legend). Average seawater is also shown for comparison in (a).
Different �eq intervals are considered in the two diagrams (a) and (b) in order to accommodate all
the liquids of interest
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times higher than the average seawater value, 1210 meq/kg. These very high ionic
salinities are essentially controlled by the predominant role of evaporated seawater
in the recharge of this geothermal circuit, in spite of the subsequent occurrence of
important chemical changes caused by water-rock interaction (D’Amore et al. 1998;
Sanjuan et al. 1990; Sanjuan 2010).

Two of the three reservoir liquids of Mofete have �eq of 1020 and 1310 meq/kg,
comparing with the value of seawater, which recharges this geothermal system, as
already mentioned above (Fig. 3.59a). The other reservoir liquid ofMofete has lower
ionic salinity, 542 meq/kg, due to dilution with meteoric waters.

The other reservoir liquids considered in this section have lower �eq values,
namely 28 – 57meq/kg for Yangbajing, 79–110meq/kg for Kizildere, 50–59meq/kg
for Bagnore, 170–265 meq/kg for Latera, 116–165 meq/kg for Ribeira Grande, 41–
48 meq/kg for Tendaho, 76–96 meq/kg for Aluto-Langano, and 20–86 meq/kg for
Olkaria (Fig. 3.59b). These low to relatively low �eq values are expected, because
deuterium and oxygen-18 data indicate that these geothermal circuits are recharged
by meteoric waters (see above).

Carbon dioxide is entirely or chiefly contributed by deep sources, either
mantle/magma degassing, as suggested by the δ13C values of CO2 for Yangbajing
(Zhao et al. 1998), Olkaria (Darling 1998), Aluto-Langano (Darling 1998), Tendaho
(D’Amore et al. 1997), and Asal (Darling 1998; D’Amore et al. 1997), or high-
temperature decomposition of carbonate rocks, as indicated by the δ13C values of
CO2 for Kizildere (Özgür 1998). Where the CO2 flux from these deep sources is
high, reservoir liquids have high fCO2 values and Na–HCO3 or Na–HCO3,Cl or
Na–HCO3,SO4 compositions, reflecting the occurrence of water-rock interaction
governed by conversion of CO2 to HCO

−
3 ion.

In contrast, reservoir liquids have Na–Cl or Na–Cl,HCO3 composition where Cl
sources are more important than CO2 sources. Dissolution of carbonate-evaporite
rocks is probably responsible of the relatively high SO4 concentrations of the
Na–Cl,SO4 reservoir liquids of Latera, as suggested by the δ34S values of the
hydrothermal anhydrite samples from the deep geothermal wells L1 and L2 (Cavar-
retta et al. 1985) and the Na–HCO3,SO4 reservoir liquids of Kizildere (Guidi et al.
1988, 1990).

3.8 Main Results of Speciation Calculations
for the Reservoir Liquids and Implications

3.8.1 The pH Value

As already mentioned in Sect. 3.1.2, the pH value of a reservoir liquid is computed
byWATCH considering the low-temperature pH value and assuming conservation of
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alkalinity upon cooling from the reservoir temperature to the temperature ofmeasure-
ment of pH and alkalinity, apart from the increment caused by steam separation
(Arnórsson et al. 1982).

Looking at the pH of reservoir liquids from a different point of view, Ellis
(1970) recognized that the aK+/aH+ ratio is controlled by coexistence of K-feldspar,
muscovite, and a silica mineral, according to the following reaction:

1.5KAlSi3O8 + H+ = 0.5KAl3Si3O10(OH)2 + 3 SiO2 + K+ (3.8)

and the aNa+/aH+ ratio is buffered by coexistence albite, K-feldspar, muscovite, and
a silica mineral, as described by the reaction:

0.5KAlSi3O8 + NaAlSi3O8 + H+ = 0.5KAl3Si3O10(OH)2 + 3 SiO2 + Na+.

(3.9)

Assuming that salinity is approximated by the sum of themolalities of Na+ andK+

ions, Ellis (1970) underscored that the pH of reservoir liquids unaffected by boiling
is a function of salinity and temperature. In this way, he was able to explain the low
pH values of the deep waters of high salinity and high temperature, such as those
of Salton Sea in California, as well as the high pH values of the deep waters of low
salinity and low temperature, such as those of Hveragerdi in Iceland.

The Ellis approach was later expanded by Chiodini et al. (1991), who used a
mineral-solution equilibrium model to calculate the pH value and the concentrations
of compatible solutes (Na, K, Mg, Ca, Al, SiO2, HCO3, SO4, and F) for the aqueous
solutions in equilibrium with the hydrothermal mineral assemblage comprising low-
albite, adularia, either a Ca–Al-silicate and/or calcite (depending on CO2 fugacity
and temperature), clinochlore, muscovite, quartz, anhydrite, and fluorite, at speci-
fied temperature, CO2 fugacity, and concentration of chloride, the only considered
conservative (mobile) component (further details in Sect. 5.8). Through multiple
regression analysis (MRA) of the results of the mineral-solution equilibrium model,
Chiodini et al. (1991) derived the following equation:

pHmse = 1.757 − 0.822 · log�eq + 1846/T − 0.0171 · log fCO2 , (3.10)

relating the pH fixed by mineral-solution equilibrium, pHmse, to total ionic salinity
(�eq, in eq/kg), temperature (in K), and CO2 fugacity (in bar), which were treated
as independent variables in MRA. MRA results also indicated that the pH fixed by
mineral-solution equilibrium is controlled by total ionic salinity, temperature, and
CO2 fugacity, in order of decreasing importance. In agreement with Ellis findings,
Eq. (3.10) indicates that pHmse decreases with increasing �eq and temperature and
vice versa. Moreover, pHmse decreases with increasing CO2 fugacity.

As mentioned in Sect. 3.1.4, the correspondence, within ±1.3 pH unit, between
the pH computed through speciation calculations usually carried out using WATCH,
pHsc, and mineral-solution equilibrium pH is one of the two criteria adopted to
accept the analytical data of the compiled reservoir liquids. The range spanned by
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pHsc, 4.17–8.13, is somewhat smaller than the interval covered by pHmse, 4.03–8.63.
The correlation diagrams of Fig. 3.60, in which these two pH values are contrasted,
provide the following indications.

1. All or most reservoir liquids of some geothermal systems have pHsc < pHmse.
This is the case of the medium-temperature geothermal systems in Iceland
(Fig. 3.60a), Long Valley (Fig. 3.60b), Onikobe and Oku-aizu (Fig. 3.60c), Alto
Peak (Fig. 3.60d), Ngawha (Fig. 3.60e), Kizildere and Latera (Fig. 3.60f). These
differences between pHsc and pHmse values are probably ascribable to excess of
acidic species, inmost casesCO2 fromdeep sources. The amount of CO2 entering
these geothermal aquifers from below is so large that relevant mineral-solution
reactions are not able to consume all the CO2, whose concentration and fugacity
in the reservoir liquid become higher than the values fixed by mineral-solution
equilibrium. Consequently, the pH of these reservoir liquids decreases becoming
lower than the value controlled by equilibrium with the minerals of the neutral
alteration suite, but it does not attain the low values causing the development
of the acid alteration suite (sensu Reyes 1990). The only possible exception is
Onikobe, where the main acidity source is HCl, with H2SO4 acting as potential
subordinate acidity source, as noted in Sect. 3.4.4.

2. In contrast, all or most reservoir liquids of other geothermal systems have pHsc >
pHmse. Examples are Krafla, Námafjall, Hellisheidi, and Nesjavellir, (Fig. 3.60a),
Salton Sea, Cerro Prieto, Los Azufres, and Berlin (Fig. 3.60b), Sumikawa,
Uenotai, and Oguni (Fig. 3.60c), Tongonan (Fig. 3.60d), Wairakei (Fig. 3.60e),
Ribeira Grande, Olkaria and Tendaho (Fig. 3.60f). These divergences between
pHsc and pHmse values might be caused by CO2 loss through aquifer boiling
either in the natural (pre-exploitation) state or in response to the depressurization
induced by exploitation.

3. There are also geothermal systems whose reservoir liquids have pHsc values
similar to pHmse values, as is the case of Hveragerdi, Svartsengi, and Reyk-
janes (Fig. 3.60a), Dixie Valley, Heber, and Miravalles (Fig. 3.60b), Takigami
(Fig. 3.60c), Palinpinon (Fig. 3.60d), Kawerau and Ngatamariki (Fig. 3.60e) and
Bagnore (Fig. 3.60f). These reservoir liquids with pHsc not too different from
pHmse are probably close to the mineral-solution equilibrium condition, which
is apparently unaffected or negligibly affected by gain/loss of CO2. Therefore,
strictly speaking, only these reservoir liquids should be considered for inves-
tigating the traditional geoindicators and elaborating theoretical, activity-based
geothermometers and fCO2 indicators, as we plan to do in this work, whereas the
reservoir liquids with pHsc significantly different from pHmse should be disre-
garded because they are not (or not completely) representative of this equilibrium
condition. However, such a choice would cause a considerable loss of informa-
tion due to the large number of reservoir liquids with pHsc considerably different
from pHmse.

However, the discrepancies between pHsc and pHmse values could also be caused,
at least in part, by uncertainties in the reconstruction of reservoir liquid chemistry and
related speciation calculations, especially for the excess enthalpy wells. Accepting
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Fig. 3.60 Correlations diagrams between the pH values computed through speciation calculations
usually carried out using WATCH, pHsc, and the corresponding mineral-solution equilibrium pH
values, pHmse, for the reservoir liquids of a Iceland, b Northern and Central America, c Japan,
d The Philippines, e New Zealand, and f Miscellaneous geothermal fields
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this explanation, it is legitimate to take into consideration also the reservoir liquids
with pHsc differing frompHmse by up to±1.3 pHunit, as long aswe aim at elaborating
theoretical, activity-based geothermometers and fCO2 indicatorswhich do not involve
pH and are based on variables which are not influenced or negligibly influenced by
pH, like the concentrations and activities of non-volatile solutes. These variables, in
fact, are not impacted or are marginally impacted by uncertainties in the calculation
of reservoir liquid chemistry (see Sect. 3.1.2). Traditional geothermometers satisfy
these criteria, but have other weaknesses, which will be discussed in Chap. 5.

3.8.2 The Fraction of Undissociated SiO2(aq)

The fraction of undissociated SiO2(aq) is the ratio of the molal concentration of undis-
sociated silicic acid, SiO2(aq), over the total (or analytical) molal concentration of
SiO2. The fraction of undissociated SiO2(aq) is strongly correlated with reservoir pH
and departs significantly from unity for pH values higher than 7.5–8.0 (Fig. 3.61), as
expected based on the pK of silicic acid dissociation, which varies from 8.8 to 10.1,
in the 100–350 °C range (see Sect. 5.2.1 for details). Hence, for pH > 7.5–8.0, it is
advisable to consider undissociatedSiO2(aq) insteadof total dissolvedSiO2 in geother-
mometric calculations, in spite of possible uncertainties on the pH values computed
through speciation calculations. Actually, fractions of undissociated SiO2(aq) lower
than 0.95 are rather uncommon, as they pertain to 25 reservoir liquids only, of
which 7 each from Námafjall and Krafla, 2 from Yangbajing, and 1 each from Baer,
Bakki, Hveragerdi, Reykholar, Reykholt, Reykjavik, Seltjarnarnes, Sumikawa, and
Waiotapu.

3.8.3 The Fractions of Free Na+, K+, Ca2+, and Mg2+ Ions

The fractions of free (or uncomplexed) Na+, K+, Ca2+, and Mg2+ ions are the ratios
of the molal concentrations of free Na+, K+, Ca2+, and Mg2+ ions over the total (or
analytical) molal concentrations of Na, K, Ca, and Mg, respectively.

The fractions of free Na+, K+, Ca2+, and Mg2+ ions are contrasted with aquifer
temperature in the correlation diagrams of Figs. 3.62, 3.63, 3.64 and 3.65, respec-
tively. The fractions of free cations depend on the concentrations of relevant anionic
ligands and the stability of pertinent ion complexes which, in turn, increases
with increasing reservoir temperature. Owing to variable composition, salinity and
temperature of the considered reservoir liquids there is a considerable scatter of
sample points in the binary plots of Figs. 3.62, 3.63, 3.64 and 3.65.

The fractions of free Na+ and K+ ions and especially those of free Ca2+ and
Mg2+ ions exhibit large variations (see below) because the aqueous speciation of
most reservoir liquids was modeled using the B-dot equation (see Sect. 2.3.3) for
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Fig. 3.61 Correlations diagrams showing the fraction of undissociated silica as a function of aquifer
pH (from speciation calculations) for the reservoir liquids of a Iceland, b Northern and Central
America, c Japan, d The Philippines, e New Zealand, and f Miscellaneous geothermal fields
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Fig. 3.62 Correlations diagrams showing the fraction of free Na+ ion as a function of aquifer
temperature for the reservoir liquids of a Iceland, b Northern and Central America, c Japan, d The
Philippines, e New Zealand, and f Miscellaneous geothermal fields
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Fig. 3.63 Correlations diagrams showing the fraction of free K+ ion as a function of aquifer
temperature for the reservoir liquids of a Iceland, b Northern and Central America, c Japan, d The
Philippines, e New Zealand, and f Miscellaneous geothermal fields
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Fig. 3.64 Correlations diagrams showing the fraction of free Ca2+ ion as a function of aquifer
temperature for the reservoir liquids of a Iceland, b Northern and Central America, c Japan, d The
Philippines, e New Zealand, and f Miscellaneous geothermal fields
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Fig. 3.65 Correlations diagrams showing the fraction of free Mg2+ ion as a function of aquifer
temperature for the reservoir liquids of a Iceland, b Northern and Central America, c Japan, d The
Philippines, e New Zealand, and f Miscellaneous geothermal fields
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computing the activity coefficients of ionic species and several ion pairs were taken
into account, as typically done in this approach.

In contrast, the speciation of the Salton Sea and Asal reservoir liquids were
modeled using the Pitzer equations (see Sect. 2.3.4). In the Pitzer’s approach,
solute-solvent and solute-solute interactions are mainly explained by activity coeffi-
cients and few complex species are considered, namely NaF° for sodium, CaCO3°,
CaHCO3

+, CaOH+, andCaSO4° for calcium, andMgCO3°,MgHCO3
+, andMgOH+,

for magnesium. Consequently, in the Salton Sea and Asal reservoir liquids: (1) the
fraction of free K+ is equal to 1 because no aqueous complex of K+ ion is taken
into account; (2) the fraction of free Na+ and Mg2+ ions are close to 1 due to the
very small importance of the considered ion pairs in these aqueous solutions; (3)
the fraction of free Ca2+ ion departs from unity in the aqueous solution of lowest
temperature, from well Commercial # 113 of Salton Sea (code Com #113 in the file
Reservoir_Liquids.XLS), due to the moderate importance of the CaSO4° aqueous
complex.

To be noted that the reservoir liquid of well Commercial # B1 of Salton Sea (indi-
cated by codes Com #B1 in the file Reservoir_Liquids.XLS and B1 in the diagrams),
characterized by a Cl concentration of 31,000 mg/kg and an aquifer temperature of
230 °C (which are low values for Salton Sea), wasmodeled adopting both approaches
to appreciate the difference in the fractions of free cations.

The Fraction of Free Na+ Ion The fraction of free Na+ ion varies from 0.65 to
0.994 in the reservoir liquids of Iceland, indicating that free Na+ ion is the prevailing
aqueous species (Fig. 3.62a). The main aqueous complexes are: (1) the NaSO4

−
ion pair in 112 reservoir liquids, of which 33 from Námafjall, 32 from Krafla, 18
from Bakki, 13 from Hveragerdi, 5 from Nesjavellir, 3 from Hellisheidi, 2 each from
Reykholt and Reykjabol, and 1 each fromBaer, Efri-Reykir, Leirà, and Seltjarnarnes;
(2) the NaCl° ion pair in 67 reservoir liquids, of which 25 from Svartsengi and
Reykjanes (these aqueous solutions have Na–Cl composition and high salinity), 24
from Hellisheidi, 4 from Krafla, 3 from Námafjall, 10 from Nesjavellir, and 1 from
Seltjarnarnes; (3) the NaHSiO3° ion pair in three reservoir liquids from Námafjall,
Reykholar, and Reykjavik.

Neglecting the hypersaline reservoir liquids of Salton Sea thatweremodeled using
the Pitzer’s equations, all the other reservoir liquids of Northern and Central America
have fraction of free Na+ ion ranging from 0.52 to 0.994, pointing out that free Na+

ion is the dominating aqueous species (Fig. 3.62b). Themain aqueous complexes are:
(1) the NaSO−

4 ion pair in 45 reservoir liquids, of which 35 from Dixie Valley and 10
from Long Valley, of relatively low salinity and variable composition, Na–Cl,SO4 or
Na–Cl,HCO3 or Na–HCO3,Cl; (2) the NaCl° ion pair in the remaining 233 reservoir
liquids, of which 105 fromMiravalles, 55 fromBerlin, 26 from Los Azufres, 19 from
Cerro Prieto, 16 from Heber, 7 from Valles, and 5 from Coso, all of medium-high
salinity and Na–Cl composition.

The reservoir liquids of Japan have fractions of free Na+ ion varying from 0.98 to
0.63, suggesting that free Na+ ion is the principal aqueous species (Fig. 3.62c). The
lowest fractions of free Na+ ion are encountered in the high-salinity, Na–Cl reservoir
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liquids of Fushime and Oku-aizu. The main aqueous complexes are: (1) the NaCl°
ion pair in 98 reservoir liquids, of which 31 from Oku-aizu, 25 from Fushime, 21
from Mori-Nigorikawa, 7 from Onikobe, 6 from Oguni, 3 each from Takigami and
Uenotai, and 1 each from Sumikawa and Wasabizawa; (2) the NaSO−

4 ion pair in the
remaining 23 reservoir liquids, of which 13 from Sumikawa and 10 from Takigami.

In the reservoir liquids of the Philippines, the fraction of free Na+ ion ranges from
0.96 to 0.64. The lowest values pertain to the Na–Cl reservoir liquids with the highest
salinities, mostly from Tongonan and some from Bacon-Manito (Fig. 3.62d). The
main aqueous complex after the free Na+ ion is the NaCl° ion pair in all the reservoir
liquids apart from one, the Na–SO4,Cl reservoir liquid MG32D_09 from Mahanag-
dong, whose speciation is dominated by free Na+ ion followed by the NaSO−

4 ion
pair.

The reservoir liquids of New Zealand have high fractions of free Na+ ion, varying
from 0.98 to 0.73. There are only eleven reservoir liquids with values lower than
0.9, of which 1 is from Broadlands, 3 are from Mokai, and 7 are from Rotokawa
(Fig. 3.62e). The NaCl° ion pair is the main aqueous species after the free Na+ ion
in all the reservoir liquids of New Zealand, apart from OK-2 from Orakeikorako in
which the main aqueous complex is the NaSO−

4 ion pair.
Leaving aside the reservoir brines of Asal that were modeled adopting the Pitzer’s

approach, most miscellaneous reservoir liquids have fractions of free Na+ ion in the
interval 0.927–0.993. Only 7 reservoir liquids have lower fractions of free Na+ ion,
with the minimum value of 0.509 pertaining to reservoir liquid MF-2 from Mofete
(Fig. 3.62f). The NaCl° ion pair is the major aqueous species after the free Na+

ion in 111 reservoir liquids, of which 30 from Olkaria, 29 from Tendaho, 27 from
Yangbajing, 15 from Ribeira Grande, 3 each from Aluto-Langano and Mofete, and 2
each fromBagnore and Latera. The NaSO−

4 ion pair is the prevailing aqueous species
after the free Na+ ion in 55 reservoir liquids, of which 28 from Kizildere, 12 from
Olkaria, 7 from Tendaho, 5 from Yangbajing, and 3 from Latera.

The Fraction of Free K+ Ion The fraction of free K+ ion ranges from 0.81 to 0.997
in the reservoir liquids of Iceland, indicating that freeK+ ion is the prevailing aqueous
species (Fig. 3.63a). The main aqueous complexes are: (1) the KSO4

− ion pair in
154 reservoir liquids, of which 26 from Hellisheidi, 13 from Hveragerdi, 36 from
Krafla, 37 fromNámafjall, 13 fromNesjavellir, 18 fromBakki, 2 each fromReykholt,
Reykjabol, and Seltjarnarnes, 1 each from Baer, Efri-Reykir, Leirà, Reykholar, and
Reykjavik; (2) the KCl° ion pair in the remaining 28 cases, comprising the 25 high-
salinity, Na–Cl reservoir liquids of Svartsengi and Reykjanes, 2 reservoir liquids
from Nesjavellir and 1 from Hellisheidi.

Ignoring the reservoir brines of Salton Sea that weremodeled adopting the Pitzer’s
approach, all the other reservoir liquids of Northern and Central America have frac-
tion of freeK+ ion fluctuating from0.83 to 0.993, pointing out that aqueous speciation
is dominated by free K+ ion (Fig. 3.63b). The main aqueous complexes are: (1) the
KCl° ion pair in 232 reservoir liquids, of which 55 fromBerlin, 19 fromCerro Prieto,
5 from Coso, 16 from Heber, 25 from Los Azufres, 105 fromMiravalles, and 7 from
Valles, all characterized by medium-high salinity and Na–Cl composition; (2) the
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KSO4
− ion pair in the other 46 reservoir liquids, including 35 of Dixie Valley and

10 of Long Valley, all of comparatively low salinity and varying composition, Na–
Cl,SO4 or Na–Cl,HCO3 or Na-HCO3,Cl, as well as the Na–Cl reservoir liquid AZ-14
of Los Azufres that has a relatively low temperature, 236 °C, compared to the other
fluids of this field.

Most reservoir liquids of Japan have fractions of free K+ ion varying from 0.99 to
0.92. Somewhat lower values, in the interval 0.91–0.90, occur in a few high-salinity,
Na–Cl reservoir liquids from Fushime (Fig. 3.63c). A Na–Cl,SO4 reservoir liquid
of relatively low salinity from Sumikawa, code S-2_82, with 406 mg Cl/kg and
401 mg SO4/kg has an even lower fraction of free K+ ion, 0.88. Therefore, free K+

ion prevails in all the reservoir liquids of Japan and is accompanied by the following
main aqueous complexes: (1) the KCl° ion pair in 78 reservoir liquids, of which 30
from Oku-aizu, 25 from Fushime, 14 from Mori-Nigorikawa, 7 from Onikobe, 1
each from Uenotai andWasabizawa; (2) the KSO4

− ion pair in the other 43 reservoir
liquids, of which 14 from Sumikawa, 13 from Takigami, 7 from Mori-Nigorikawa,
6 from Oguni, 2 from Uenotai, and 1 from Oku-aizu.

In the reservoir liquids of the Philippines, the fraction of free K+ ion varies from
0.99 to 0.83. Values lower than 0.93 are found in eight Na–Cl reservoir liquids
from Tongonan, six Na–Cl reservoir liquids from Bacon-Manito, and two reser-
voir liquids from Mahanagdong (Fig. 3.63d). Of these two Mahanagdong reservoir
liquids,MG32D_09 has Na–SO4,Cl composition and low salinity, whileMG35D_09
belongs to the Na–Cl facies, but has an unusually high SO4 concentration. Therefore,
free K+ ion dominates the speciation of all the reservoir liquids of the Philippines and
is complemented by: (1) the KCl° ion pair in 138 cases, of which 49 from Bacon-
Manito, 28 from Palinpinon, 26 fromAlto Peak, 24 fromMahanagdong, and 11 from
Tongonan; (2) theKSO−

4 ion pair in the remaining 8 cases, of which 4 fromMahanag-
dong (including samples MG32D_09 and MG35D_09), 2 from Bacon-Manito, and
1 each from Alto Peak and Palinpinon.

The reservoir liquids of New Zealand are characterized by high fractions of free
K+ ion, ranging from 0.99 to 0.92. One reservoir liquid only, RK-4b from Rotokawa,
has fraction of free K+ ion lower than 0.95 (Fig. 3.63e). The KCl° aqueous complex
is the main species after the free K+ ion in 66 of these 93 reservoir liquids, of which
34 from Broadlands, 9 from Rotokawa, 7 each from Ngatamariki and Wairakei, 5
from Ngawha and 4 from Mokai. The KSO−

4 ion pair is the main species after the
free K+ ion in 27 reservoir liquids, of which 7 each from Broadlands and Ngawha, 6
from Waiotapu, 4 from Kawerau, 2 from Wairakei, and 1 from Orakeikorako.

Disregarding the high-salinity reservoir liquids of Asal that were modeled using
the Pitzer’s equations, all miscellaneous reservoir liquids except two have fractions
of free K+ ion higher than 0.90 up to a maximum of 0.996. The two exceptions
have fractions of free K+ ion of 0.887 and 0.825 and are from Latera and Mofete,
respectively (Fig. 3.63f). The KSO−

4 ion pair is the dominant aqueous species after
the free K+ ion in 159 reservoir liquids, of which 41 from Olkaria, 36 from Tendaho,
31 from Yangbajing, 28 from Kizildere, 15 from Ribeira Grande, 5 from Latera, and
3 from Aluto-Langano. The KCl° ion pair is the principal aqueous species after the
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free K+ ion in the remaining 7 reservoir liquids, of which 3 from Mofete, 2 from
Bagnore, and 1 each from Olkaria and Yangbajing.

The Fraction of Free Ca2+ Ion The medium-temperature reservoir liquids of
Iceland and those of Hveragerdi have fractions of free Ca2+ ion in the interval 0.89–
0.51, whereas all the other high-temperature reservoir liquids of Iceland have lower
fractions of freeCa2+ ion, in the range0.46–0.04 (Fig. 3.64a). TheCa speciationvaries
from site to site, as a function of the chemical characteristics and temperature. The
main aqueous species are: (1) the CaOH+ aqueous complex in 66 reservoir liquids,
of which 24 from Hellisheidi, 21 from Námafjall, 14 from Nesjavellir, and 7 from
Krafla; (2) the free ion Ca2+ in 53 reservoir liquids, of which 18 from Bakki, 13 from
Hveragerdi, 10 fromNámafjall, 2 each from Reykholt, Reykjabol, and Seltjarnarnes,
and 1 each from Baer, Efri-Reykir, Krafla, Leirà, Reykholar, and Reykjavik; (3) the
CaSO4° ion pair in 30 reservoir liquids, of which 24 from Krafla and 6 from Námaf-
jall; (4) the CaCl+ ion pair in the 25 high-salinity, Na–Cl reservoir liquids from
Reykjanes and Svartsengi; (5) the CaHCO+

3 aqueous complex in 8 reservoir liquids,
of which 4 from Krafla, 3 from Hellisheidi, and 1 from Nesjavellir.

Apart from the reservoir liquids of Salton Sea that weremodeled using the Pitzer’s
approach, all the other reservoir liquids of Northern and Central America have frac-
tions of free Ca2+ ion varying from 0.75 to 0.03 (Fig. 3.64b). The free ion Ca2+ is the
prevailing aqueous species in 113 reservoir liquids, of which 85 fromMiravalles, 16
from Heber, 10 from Long Valley, and 1 each from Coso and Los Azufres. The ion
pair CaCl+ is the major aqueous species in 130 reservoir liquids, of which 55 from
Berlin, 25 fromLosAzufres, 20 fromMiravalles, 19 fromCerro Prieto, 7 fromValles,
and 4 from Coso. The aqueous complex CaSO4° is the main aqueous species in the
34 reservoir liquids of low-salinity and Na–Cl,SO4 composition from Dixie Valley,
while the CaHCO+

3 ion pair prevails in the other reservoir liquid of low-salinity and
Na–Cl,HCO3 composition from this field.

Most reservoir liquids of Japan have fractions of free Ca2+ ion lower than 0.5
(Fig. 3.64c), with the lowest values, from 0.12 to 0.08 in 12 samples, of which 8
from Fushime, 2 from Uenotai, and 1 each from Ozu-aizu and Sumikawa. The free
Ca2+ ion is the main aqueous species in 32 reservoir liquids, of which 9 from Mori-
Nigorikawa, 9 from Takigami, 6 from Oguni, 5 from Oku-aizu, 2 from Sumikawa,
and 1 from Onikobe. The ion pair CaCl+ is the major aqueous species in 69 reservoir
liquids, of which 26 from Oku-aizu, 25 from Fushime, 11 from Mori-Nigorikawa,
6 from Onikobe, and 1 from Wasabizawa. The aqueous complex CaSO4° is the
prevailing aqueous species in 11 reservoir liquids, of which 8 from Sumikawa and 3
from Takigami. The ion pair CaOH+ is the prevalent aqueous species in 6 reservoir
liquids, of which 3 from Sumikawa and 3 from Uenotai. The CaHCO+

3 ion pair
prevails in 2 reservoir liquids only, 1 from Mori-Nigorikawa and 1 from Takigami.

All the Na–Cl reservoir liquids of the Philippines distribute in a tight trend in
the diagram of aquifer temperature versus the fraction of free Ca2+ ion (Fig. 3.64d),
but the Na–SO4,Cl reservoir liquid MG32D_09 from Mahanagdong deviates from
this trend. The fraction of free Ca2+ ion ranges from 0.54 to 0.07 in these reservoir
liquids. The main ion complex is the CaCl+ ion pair in all these aqueous solutions



3.8 Main Results of Speciation Calculations for the Reservoir Liquids … 117

apart from the reservoir liquids OP-6 Da from Bacon-Manito and MG32D_09 from
Mahanagdong, in which the prevailing aqueous complexes are the CaHCO3

+ and
CaSO4° ion pairs, respectively.

The 93 reservoir liquids of New Zealand have fractions of free Ca2+ ion varying
from 0.75 to 0.05, 77 have fractions of free Ca2+ ion lower than 0.5, while the
remaining 16 entries (6 from Waiotapu, 4 from Ngawha, 4 from Wairakei, and 2
from Broadlands) have fractions of free Ca2+ ion higher than 0.5 (Fig. 3.64e). The
main aqueous species are: (1) the CaHCO3

+ ion pair in 38 reservoir liquids, of which
27 fromBroadlands, 5 fromNgawha, 3 fromKawerau, 2 fromRotokawa, and 1 from
Orakeikorako; (2) free Ca2+ ion in 29 reservoir liquids, of which 9 from Wairakei,
7 from Ngawha, 6 each from Broadlands and Waiotapu, and 1 from Kawerau; (3)
the CaCl+ ion pair in 26 reservoir liquids, of which 8 from Broadlands, 7 each from
Ngatamariki and Rotokawa, and 4 from Mokai.

Leaving aside the reservoir brines of Asal that were modeled using the Pitzer’s
approach, the considered miscellaneous reservoir liquids have fractions of free Ca2+

ion ranging from 0.81 to 0.03, with 43 entries higher than 0.50 and 124 cases lower
than this threshold (Fig. 3.64f). The main aqueous species are: (1) free Ca2+ ion in 86
reservoir liquids, of which 35 from Tendaho, 30 fromYangbajing, 18 fromOlkaria, 2
from Latera, and 1 from Kizildere; (2) the CaHCO3

+ ion pair in 66 reservoir liquids,
of which 27 from Kizildere, 15 each from Olkaria and Ribeira Grande, 3 each from
Aluto-Langano and Latera, 2 from Yangbajing, and 1 from Bagnore; (3) the CaF+

ion pair in 7 reservoir liquids from Olkaria; (4) the CaCl+ ion pair in 4 reservoir
liquids, of which 3 from Mofete and 1 from Bagnore; (5) the CaSO4° ion pair in 2
reservoir liquids, one from Olkaria and one from Tendaho; (6) the CaOH+ ion pair
in 1 reservoir liquid from Olkaria.

The Fraction of FreeMg2+ Ion The fraction of free Mg2+ ion is higher than 0.50 in
all the reservoir liquids ofmedium-temperature of Iceland and inmost of Hveragerdi,
up to a maximum of 0.85. In contrast, all the other high-temperature reservoir liquids
of Iceland have fraction of free Mg2+ ion in the interval 0.45–0.02 (Fig. 3.65a).
The Mg speciation of the 165 reservoir liquids with Mg concentration higher than
detection limit is different from one field to another, depending on chemistry and
temperature. The main aqueous species are: (1) the MgOH+ ion pair in 82 reservoir
liquids, of which 29 from Námafjall, 20 from Hellisheidi, 19 from Krafla, 13 from
Nesjavellir, and 1 from Hveragerdi; (2) the free Mg2+ ion in 43 reservoir liquids, of
which 18 from Bakki, 11 from Hveragerdi, 3 from Námafjall, 2 each from Reykholt,
Reykjabol, and Seltjarnarnes,1 each from Baer, Efri-Reykir, Leirà, Reykholar, and
Reykjavik; (3) the MgCl+ ion pair in the 25 high-salinity, Na–Cl reservoir liquids
from Reykjanes and Svartsengi; (4) the MgSO4° ion pair in 15 reservoir liquids, of
which 14 from Krafla and 1 from Námafjall.

Excluding the reservoir liquids of Salton Sea that were modeled adopting the
Pitzer’s equations, all the reservoir liquids of Northern and Central America have
fractions of free Mg2+ ion ranging from 0.74 to 0.07 (Fig. 3.65b). The free ion Mg2+

is the predominant aqueous species in 145 reservoir liquids, of which 105 from
Miravalles, 16 from Heber, 10 from Long Valley, 7 from Los Azufres, 3 from Valles,
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and 2 each from Cerro Prieto and Coso. The MgCl+ ion pair is the principal aqueous
species in 94 reservoir liquids, of which 55 from Berlin, 18 from Los Azufres, 17
from Cerro Prieto, 3 from Coso, and 1 from Valles. The MgSO4° ion pair is the
dominant aqueous species in 34 reservoir liquids from Dixie Valley, characterized
by low-salinity and Na–Cl,SO4 composition, whereas the MgHCO+

3 ion pair is the
predominant species in the other reservoir liquid of low-salinity and Na–Cl,HCO3

composition from this site as well as in 2 reservoir liquids from Valles. The aqueous
speciation of the remaining reservoir liquid from Valles is dominated by the MgOH+

ion pair.
Most reservoir liquids of Japan have fractions of free Mg2+ ion lower than 0.5,

with the lowest values, from 0.13 to 0.04 in 11 reservoir liquids, of which 8 from
Sumikawa and3 fromUenotai (Fig. 3.65c). The free ionMg2+ is the principal aqueous
species in 43 reservoir liquids, of which 13 from Mori-Nigorikawa, 10 from Oku-
aizu, 7 fromOnikobe, 5 fromOguni, 4 from Takigami, 2 from Sumikawa, and 1 from
Wasabizawa. The MgCl+ ion pair is the prevailing aqueous species in 49 reservoir
liquids, of which 25 from Fushime, 20 fromOku-aizu, and 4 fromMori-Nigorikawa.
The MgOH+ ion pair is the main aqueous species in 13 reservoir liquids, of which
9 from Sumikawa, 3 from Uenotai, and 1 from Oguni. The MgSO4° ion pair is the
predominant aqueous species in 11 reservoir liquids, of which 8 fromTakigami and 3
from Sumikawa. TheMgHCO3

+ ion pair is the predominant species in the remaining
6 reservoir liquids, of which 4 fromMori-Nigorikawa and 1 each from Oku-aizu and
Takigami.

A tight trend comprises all the Na–Cl reservoir liquids of the Philippines in the
binary plot of aquifer temperature versus the fraction of free Mg2+ ion (Fig. 3.65d),
but the Na-SO4,Cl reservoir liquid MG32D_09 fromMahanagdong does not belong
to this trend. The fraction of free Mg2+ ion varies from 0.64 to 0.13 in these 145
aqueous solutions with concentration of Mg higher than detection limit. The MgCl+

ion pair is the main aqueous species in 104 reservoir liquids, of which 42 from
Bacon-Manito, 21 from Palinpinon, 17 from Mahanagdong, 13 from Alto Peak, and
11 from Tongonan. The free ion Mg2+ is the major aqueous species in 40 reservoir
liquids, of which 14 fromAlto Peak, 10 fromMahanagdong, and 8 each fromBacon-
Manito and Palinpinon. The MgSO4° ion pair prevails only in the reservoir liquid
MG32D_09 from Mahanagdong.

The 81 reservoir liquids of New Zealand with Mg concentrations higher than the
detection limit have fractions of free Mg2+ ion varying from 0.64 to 0.07, but apart
from 9 entries (4 from Ngawha, 4 from Wairakei, and 1 from Broadlands), the other
72 have fractions of free Mg2+ ion lower than 0.5 (Fig. 3.65e). The main aqueous
species are: (1) the MgHCO3

+ ion pair in 36 reservoir liquids, of which 23 from
Broadlands, 7 from Ngawha, and 3 each from Kawerau and Rotokawa; (2) the free
Mg2+ ion in 26 reservoir liquids, of which 7 each from Ngatamariki and Wairakei,
6 from Broadlands, 5 from Ngawha, and 1 from Kawerau; (3) the MgOH+ ion pair
in 12 reservoir liquids, of which 9 from Broadlands, 2 from Rotokawa, and 1 from
Wairakei; (4) the MgCl+ ion pair in 7 reservoir liquids, of which 4 from Rotokawa
and 3 from Mokai.
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Disregarding the high-salinity reservoir liquids of Asal that were modeled
adopting the Pitzer’s equations and the 9 reservoir liquids with Mg concentration
lower than detection limit, the other 157 miscellaneous reservoir liquids have frac-
tions of free Mg2+ ion ranging from 0.77 to 0.03, with 34 cases higher than 0.50 and
123 entries lower than 0.50 (Fig. 3.65f). The main aqueous species are: (1) freeMg2+

ion in 56 reservoir liquids, of which 30 from Yangbajing, 24 from Tendaho, and 1
each from Latera and Kizildere; (2) the MgHCO3

+ ion pair in 51 reservoir liquids,
of which 26 from Kizildere, 8 from Ribeira Grande, 7 from Olkaria, 3 each from
Aluto-Langano and Latera, and 2 each from Yangbajing and Bagnore; (3) the MgF+

ion pair in 30 reservoir liquids from Olkaria; (4) the MgOH+ ion pair in 15 reservoir
liquids, of which 11 from Tendaho and 4 from Olkaria; (5) the MgCl+ ion pair in 3
reservoir liquids from Mofete; (6) the MgSO4° ion pair in 2 reservoir liquids, one
from Latera and one from Tendaho.

A Final Remark The effects of ion association becomes more and more important
with increasing ionic strength and temperature and, consequently, the free ion frac-
tions deviatemore andmore from unity. Nevertheless, freeNa+ andK+ ions generally
represent by far the largest fraction of total dissolved Na and K, whereas free Mg2+

and Ca2+ ions often account for a minor fraction of total dissolved Mg and Ca.

3.8.4 The Activity Coefficient of Undissociated SiO2(aq)

Consistent with the Garrels and Christ (1965) recommendation, the activity coeffi-
cients of SiO2(aq) is set to unity for the relatively dilute solutions, that is when the
activity coefficients of individual ions are calculated by means of the B-dot equation
(see Sect. 2.3.3). This approachwas adopted for all reservoir liquids except the brines
of Asal and Salton Sea.

In contrast, the Pitzer equations (see Sect. 2.3.4) were used to model the speci-
ation of these brines, representing the focus of the present discussion. The activity
coefficients of SiO2(aq) and the ionic strengths of the Asal and Salton Sea brines
are contrasted in the two binary plots of Fig. 3.66a, b, in which the other reser-
voir liquids of Northern and Central America and the other miscellaneous reservoir
liquids, respectively, are also displayed as usual. These two graphs show that the Asal
brines have activity coefficient of SiO2(aq) oscillating from 0.915 to 1.09 and ionic
strengths of 0.22–2.5 mol/kg, whereas the Salton Sea brines have activity coefficient
of SiO2(aq) varying from 0.859 to 0.670 and ionic strengths of 4.2–5.5 mol/kg. These
significant deviations from unity of the activity coefficient of SiO2(aq) are caused
by the increasing solute-solvent and solute-solute interactions with increasing ionic
strength.
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Fig. 3.66 Correlations diagrams showing the activity coefficient of undissociated SiO2(aq) as
a function of ionic strength for the reservoir liquids of a Northern and Central America and
bMiscellaneous geothermal fields

3.8.5 The Activity Coefficients of Free Na+, K+, Ca2+,
and Mg2+ Ions

The activity coefficients of free Na+, K+, Ca2+, and Mg2+ ions are plotted versus
aquifer temperature in the binary graphs of Figs. 3.67, 3.68, 3.69 and 3.70, respec-
tively. In each diagram there are also two lines displaying the dependence of
individual-ion activity coefficients on temperature at two fixed ionic strengths. These
two lines were generated using the B-dot equation (see Sect. 2.3.3) and choosing two
suitable ionic strengths to bracket most reservoir liquids shown in each plot. In detail:

1. For the geothermal fields in Iceland, the two selected ionic strengths are
0.0069 mol/kg, which is the average of the reservoir liquids from Krafla, Námaf-
jall, Hellisheidi, Nesjavellir, Hveragerdi, and the medium temperature sites other
than Bakki and Seltjarnarnes, and 0.34mol/kg, which is the mean of the reservoir
liquids from Reykjanes and Svartsengi.

2. For the geothermal fields in Northern and Central America, the two chosen ionic
strengths are 0.018 mol/kg, which is the average of the reservoir liquids from
DixieValley and LongValley, and 0.22mol/kg, which is themean of the reservoir
liquids from Cerro Prieto and Heber.

3. For the geothermal fields in Japan, the two adopted ionic strengths are
0.015 mol/kg, which is the average of the reservoir liquids from Sumikawa
and Uenotai, and 0.34 mol/kg, which is the mean of the reservoir liquids from
Fushime.

4. For the geothermal fields of the Philippines, the two selected ionic strengths
are 0.046 mol/kg, which is the mean of the reservoir liquids encountered by well
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Fig. 3.67 Correlations diagrams showing the activity coefficient of free Na+ ion as a function of
aquifer temperature for the reservoir liquids of a Iceland, bNorthern and Central America, c Japan,
d The Philippines, e New Zealand, and f Miscellaneous geothermal fields
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Fig. 3.68 Correlations diagrams showing the activity coefficient of free K+ ion as a function of
aquifer temperature for the reservoir liquids of a Iceland, bNorthern and Central America, c Japan,
d The Philippines, e New Zealand, and f Miscellaneous geothermal fields
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Fig. 3.69 Correlations diagrams showing the activity coefficient of free Ca2+ ion as a function of
aquifer temperature for the reservoir liquids of a Iceland, bNorthern and Central America, c Japan,
d The Philippines, e New Zealand, and f Miscellaneous geothermal fields
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Fig. 3.70 Correlations diagrams showing the activity coefficient of free Mg2+ ion as a function of
aquifer temperature for the reservoir liquids of a Iceland, bNorthern and Central America, c Japan,
d The Philippines, e New Zealand, and f Miscellaneous geothermal fields
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AP2D of Alto Peak, and 0.19mol/kg, which is the average of the reservoir liquids
from Tongonan.

5. For the New Zealand geothermal fields, the two chosen ionic strengths are
0.016 mol/kg, which is the mean of the reservoir liquids from Rotokawa, and
0.046 mol/kg, which is the average of the reservoir liquids from Mokai and
Ngawha.

6. For the miscellaneous geothermal fields, the two adopted ionic strengths are
0.017 mol/kg, which is the mean of the reservoir liquids from Olkaria and Yang-
bajing, and 0.42 mol/kg, which is the average of the reservoir liquids met by well
MF-1 of Mofete.

The Activity Coefficient of Free Na+ Ion The activity coefficient of free Na+ ion
varies from 0.420 to 0.931 for the reservoir liquids of Iceland, from 0.423 to 0.856 for
the reservoir liquids of Northern and Central America apart from Salton Sea, from
0.413 to 0.855 for the reservoir liquids from the geothermal fields in Japan, from
0.447 to 0.798 for the reservoir liquids from the geothermal fields in the Philippines,
from 0.611 to 0.815 for the reservoir liquids from theNewZealand geothermal fields,
and from 0.412 to 0.849 for the reservoir liquids from the miscellaneous geothermal
fields disregarding Asal (Fig. 3.67).

The Activity Coefficient of Free K+ Ion The activity coefficient of free K+ ion
ranges from 0.370 to 0.930 for the reservoir liquids of Iceland, from 0.386 to 0.850
for the reservoir liquids of Northern and Central America except Salton Sea, from
0.365 to 0.852 for the reservoir liquids from the geothermal fields in Japan, from
0.407 to 0.791 for the reservoir liquids from the geothermal fields in the Philippines,
from 0.591 to 0.807 for the reservoir liquids from theNewZealand geothermal fields,
and from 0.363 to 0.844 for the reservoir liquids from the miscellaneous geothermal
fields ignoring Asal (Fig. 3.68).

The Activity Coefficient of Free Ca2+ Ion The activity coefficient of free Ca2+ ion
varies from 0.0619 to 0.758 for the reservoir liquids of Iceland, from 0.0571 to 0.558
for the reservoir liquids of Northern and Central America disregarding Salton Sea,
from 0.0589 to 0.554 for the reservoir liquids from the geothermal fields in Japan,
from 0.0704 to 0.430 for the reservoir liquids from the geothermal fields in the Philip-
pines, from 0.176 to 0.467 for the reservoir liquids from the NewZealand geothermal
fields, and from 0.0543 to 0.540 for the reservoir liquids from the miscellaneous
geothermal fields apart from Asal (Fig. 3.69).

The Activity coefficient of free Mg2+ Ion The activity coefficient of free Mg2+ ion
ranges from 0.0989 to 0.765 for the reservoir liquids of Iceland, from 0.0849 to 0.580
for the reservoir liquids of Northern andCentral America neglecting Salton Sea, from
0.0941 to 0.572 for the reservoir liquids from the geothermal fields in Japan, from
0.104 to 0.426 for the reservoir liquids from the geothermal fields in the Philippines,
from 0.210 to 0.431 for the reservoir liquids from theNewZealand geothermal fields,
and from 0.0816 to 0.562 for the reservoir liquids from themiscellaneous geothermal
fields ignoring Asal (Fig. 3.70).
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Individual-IonActivityCoefficients for theAsal andSaltonSeaReservoirBrines
The individual-ion activity coefficients for the reservoir brines from Asal, of ionic
strength of 2.2–2.5mol/kg, andSaltonSea, of ionic strength of 4.2–5.5mol/kg,whose
speciation was modeled using the Pitzer’s approach (see Sect. 2.3.4), are lower or
even much lower than those calculated by the B-dot equation for the other reservoir
liquids. This is not surprising because solute-solvent and solute-solute interactions
are chiefly described by activity coefficients and considering few ion pairs, in the
Pitzer’s approach, as already recalled in previous section. In detail:

1. The activity coefficient of free Na+ ion varies from 0.276 to 0.281 for the Asal
reservoir brines and from 0.0436 to 0.143 for the Salton Sea reservoir brines.

2. The activity coefficient of free K+ ion ranges from 0.262 to 0.268 for the Asal
reservoir brines and from 0.0478 to 0.137 for the Salton Sea reservoir brines.

3. The activity coefficient of free Ca2+ ion varies from 0.0252 to 0.0276 for the
Asal reservoir brines and from 5.66 × 10−5 to 3.04 × 10−3 for the Salton Sea
reservoir brines.

4. The activity coefficient of free Mg2+ ion varies from 0.0140 to 0.0152 for the
Asal reservoir brines and from 1.09 × 10−4 to 2.87 × 10−3 for the Salton Sea
reservoir brines.

A Final Remark All in all, the activity coefficients of free Na+ and K+ ions and
especially those of freeMg2+ andCa2+ ions exhibit large deviations fromunity, which
become more and more important with increasing ionic strength and temperature.

3.9 Final Considerations on the Reservoir Liquids

All the 1013 reservoir liquids of high andmedium temperature coming from different
geothermal systems worldwide are probably mature waters, irrespective of the
sources and processes contributing the main solutes and controlling the different
chemical compositions, salinities, and pH values of these reservoir liquids. In other
terms, all these reservoir liquids have probably attained or closely approached
the condition of chemical equilibrium with the hydrothermal (secondary) minerals
occurring in the geothermal reservoirs of provenance, possibly excluding a few
cases, such as some reservoir liquids of Onikobe, whose chemistry is impacted by
magmatic-derived HCl and H2SO4.

If so, it is necessary to reconsider the axiom that neutral sodium-chloride reservoir
liquids are the only mature waters in equilibrium with hydrothermal minerals. This
axiom applies to the geothermal systems situated along convergent plate boundaries,
such as those of Central America (e.g., Miravalles and Berlin in Sect. 3.3), Japan
(Sect. 3.4), the Philippines (Sect. 3.5), and New Zealand (Sect. 3.6), as well as to
other geothermal systems, as shown by Ellis and Mahon (1977) and Giggenbach
(1988) among the others. However, this axiom does not apply to some geothermal
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systems positioned along the oceanic rift zone in Iceland, such as Krafla, Námaf-
jall, Hveragerdi and, to some extent, Hellisheidi and Nesjavellir (Sect. 3.2), some
geothermal systems located along the continental rift zone in East Africa, such as
Aluto-Langano and, to some extent, Olkaria (Sect. 3.7), some geothermal systems
of the Basin and Range Province in Northern America, such as Dixie Valley and
Long Valley (Sect. 3.3), the fault-controlled geothermal systems of Turkey, such as
Kizildere (Sect. 3.7) and, at least in part, the Ribeira Grande geothermal system in the
Azores islands, occupying the triple junction between the North American, African
and Eurasian Plates (Sect. 3.7).

Therefore, we suggest to adopt a comprehensive approach to water classification,
including not only the triangular diagram of major anions but also the triangular
diagram of main cations and suitable salinity plots, as shown in previous sections.
These graphs should be prepared from the concentrations in equivalent units and a
chemical terminology should be adopted. Chloride-solute diagrams and enthalpy-
chloride plots (not shown here) are also essential for identifying mixing and boiling
processes, as well as to reconstruct the behavior of the solutes of interest. Based
on a sufficiently complete analysis of the existing geochemical data, it should be
possible to distinguish mature waters suitable for geothermometry from immature
waters unsuitable for geothermometry, also in surface exploration projects, in which
fluids delivered from deep wells are not available.

Total concentrations of cations and SiO2 are normally inserted into traditional
geothermometers and fCO2 indicators, but mineral-solution equilibrium fixes the
activities of free ions and undissociated SiO2(aq). The activities of Na+, K+, Mg2+,
and Ca2+ ions and undissociated SiO2(aq) deviate from the total concentrations of Na,
K, Mg, Ca, and SiO2, respectively, due to the formation of ion pairs and dissociation
of silicic acid, as indicated by the fractions of free Na+, K+, Mg2+, and Ca2+ ions
and SiO2(aq) (Sects. 3.8.2 and 3.8.3), and because of solute-solvent and solute-solute
interactions, as described by activity coefficients (Sects. 3.8.4 and 3.8.5). Above,
it was shown that the effects of these processes can cause significant differences
between activities and total concentrations, a fact that must be taken in due account,
as we intend to do in this work, through the elaboration of theoretical, activity-based
geothermometers and fCO2 indicators.

Above, it was also shown that pH is strongly impacted by uncertainties in the
computation of reservoir liquids chemistry (see Sect. 3.1.2). Therefore, the new
theoretical geothermometers and fCO2 indicators should involve variables which are
not influenced or negligibly influenced by pH, like the concentrations and activities
of non-volatile solutes.
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Chapter 4
The Hydrothermal Minerals

Abstract Over 2200 chemical analyses of hydrothermal minerals collected at depth
in different active geothermal systems were compiled and processed in this work.
In agreement with the outcomes of previous studies, it turned out that hydrothermal
quartz, calcite, adularia, albite, anorthite, and laumontite are virtually pure solid
phases. Therefore, their activities can be assumed to be equal to one. In contrast, the
other hydrothermal minerals of interest, i.e., white mica, chlorite, epidote, prehnite,
wairakite, and garnet, are solid solutions of variable composition. Therefore, the
activities of pertinent endmembers (i.e., muscovite, 7Å-clinochlore, clinozoisite,
prehnite, wairakite, and grossular) were computed, under the assumption of random
mixing of atoms on energetically equivalent sites. Then, following the approach
delineated in Sect. 2.2.1, the Gibbs free energy and the thermodynamic equilibrium
constant of the dissolution reaction of the solid solutionswith average activity of these
pertinent endmembers were computed. These log K values are points of reference
more representative than the log K of the dissolution reactions of the corresponding
pure minerals.

4.1 The Hydrothermal Alteration Suites and Their Zones

A general relationship between the occurrence of hydrothermal alteration minerals
and temperature was recognized long ago, although the formation of these secondary
solid phases is controlled also by fluid chemistry, permeability, and duration of
hydrothermal activity (e.g., Browne and Ellis 1970; Kristmannsdóttir 1979; Browne
1978; Bird et al. 1984). As pointed out by Reyes (1990), two distinct hydrothermal
alteration suites occur in the high-temperature geothermal systems of the Philippines,
namely (a) the neutral-pH suite, associatedwith the neutral-pH, alkali chloride liquids
and (b) the acidic alteration suite, related with sulfur-rich aqueous solutions of low
pH.

Based on the key phyllosilicate minerals, the neutral-pH suite is divided in the
following four zones:
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(1) Smectite zone, extending up to temperatures of 180 °C. Smectite is accompanied
by chlorite, above 120 °C, and low-temperature zeolites, such as heulandite,
stilbite, and ptilolite, although laumontite occurs above 120 °C.

(2) Transition zone, corresponding to temperatures of 180–220 °C. It is character-
ized by the increase in chlorite, the appearance of illite-smectite, and the persis-
tence of laumontite, which is the typical Ca–Al-silicate of this zone. Albite,
adularia, and sphene appear in this zone.

(3) Illite zone, corresponding to temperatures of 220 to 270–280 °C, although illite
is stable at higher temperatures as well. Wairakite, epidote, and prehnite are the
representative Ca–Al-silicates of this zone. They are accompanied by chlorite,
adularia, albite, sphene, and sulfide minerals.

(4) Biotite zone, extending at temperatures higher than 270–280 °C. It is character-
ized by the appearance of high-temperatureminerals, such as garnet (e.g., andra-
dite and grossular), amphibole (e.g., actinolite and tremolite), and pyroxene
(e.g., diopside), as well as by the persistence of illite, chlorite, albite, adularia,
wairakite, epidote, sphene, and sulfide minerals.

Some minerals, such as quartz, calcite, and pyrite, occur at any temperature.
Based on the key hydroxy silicate of aluminum, the acidic alteration suite is

divided in the following four zones: (i) The kaolinite zone, extending up to tempera-
tures of 120 °C. (ii) The dickite ± kaolinite zone, corresponding to temperatures of
120–200 °C. (iii) The dickite ± phyrophyllite zone, corresponding to temperatures
of 200–260 °C. (iv) The phyrophyllite ± illite zone, corresponding to temperatures
of 230–320 °C. These hydroxy silicates of aluminum are typically accompanied by
sulfur, alunite, anhydrite, diaspore, and pyrite as well as by other less common solid
phases.

The same hydrothermal alteration zones present in active geothermal systems are
also recognizable in hydrothermal ore deposits, which are fossil geothermal systems
(Pirajino 2009). This homogeneity in the sequence of alteration minerals is not
surprising considering that rocks act as suppliers of chemical elements during water-
rock interaction and there are relatively limited differences in the concentrations
of major (rock-forming) elements in different lithotypes (e.g., Turekian and Wede-
pohl 1961), apart from the extreme case of monomineralic rocks such as limestones,
dolomites, and quartzites.

As pointed out by Giggenbach (1980, 1984, 1988), the non-conservative elements
transferred to the aqueous solution by CO2-driven rock dissolution remain in part in
the fluid and are partly incorporated in hydrothermal alterationminerals.Under favor-
able conditions (e.g., constant temperature, lowfluid/rock ratio), the aqueous solution
is expected to approach and possibly attain the condition of chemical equilibrium
with the hydrothermal alteration minerals, after a lapse of time largely depending on
the kinetics of relevant dissolution-precipitation reactions.

Focusing on the felsic rocks prevailing in the continental crust, the thermodynam-
ically stable hydrothermal paragenesis is expected to comprise quartz, muscovite
(or illite), albite, adularia, clinochlore (or chlorite), and either a Ca–Al-silicate, if
CO2 fugacity is relatively low, or calcite, if CO2 fugacity is comparatively high, in



4.1 The Hydrothermal Alteration Suites and Their Zones 141

accordance with mineralogical evidence (e.g., Ellis 1970; Ellis and Mahon 1977;
Giggenbach 1984, 1988; Arnórsson et al. 1983a, b; Arnórsson and Gunnlaugsson
1985). If so, the activities of undissociated SiO2 and Al3+, Na+, K+, Mg2+, and Ca2+

ions are fixed. In addition to the solid phases listed above, anhydrite, fluorite, and
calcite may also be part of the hydrothermal mineral assemblage, thus fixing the
activities of SO4

2−, F−, and HCO3
− ions, respectively (Guidi et al. 1990; Chiodini

et al. 1991 and references therein).
Therefore, the activity of all these compatible1 aqueous species can be involved

in geothermometers and fCO2-indicators, referring to suitable mineral-solution reac-
tions. For performing correctly this task, it is necessary to know the main charac-
teristics of these minerals and if they occur in active geothermal systems either as
pure (or nearly pure) solid phases or as components of solid solutions. In fact, in
the first case their activity can be assumed to be equal to one (based on the standard
state convention for solids, see Sect. 2.1.2), whereas in the second case their activity
must be properly calculated and involved in someway in geothermometers and fCO2-
indicators (see Sect. 2.2.1). Therefore, the next sections of this chapter are devoted
to summarize the main characteristics of relevant hydrothermal alteration minerals,
especially their chemical composition, which is used to compute the activity of solid
solution components of interest.

4.2 Feldspars

4.2.1 Main Characteristics of Feldspars

There is a number of books completely dedicated to feldspar minerals, such as Ribbe
(1983), Smith and Brown (1988), and Deer et al. (2001).

Feldspars have either monoclinic or triclinic symmetry. The crystal structure of
feldspars consists of a three dimensional framework of (Si, Al)–O or T–O tetrahedra,
with each oxygen atom constituting the vertex of two adjacent tetrahedra. Each
Si atom balances half charges of the four oxygen atoms in its Si–O tetrahedron,
but one negative charge is unbalanced in each Al–O tetrahedron. Therefore, large
monovalent and bivalent cations (collectively denoted M) occupy the interstices to
maintain the charge balance. Because there is one interstice for every four tetrahedra
and the interstices are completely filled up, the general crystallochemical formula of
feldspars is MT4O8, where M is commonly Na+, K+ or Ca2+ and T is usually Al3+

or Si4+, with 1 ≤ Al ≤ 2 and 2 ≤ Si ≤ 3.
Most feldspars are ternary solid solutions of albite [Ab, NaAlSi3O8], orthoclase

[Or, KAlSi3O8], and anorthite [An, CaAl2Si2O8]. The solid solutions predominantly

1Following Arnórsson et al. (1983b), the term “compatible” is utilized to indicate the chemical
components whose activity is limited by incorporation in the lattice of hydrothermal alteration
minerals.
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composed of albite and orthoclase form the alkali feldspar series, whereas the solid
solutions primarily made up of albite and anorthite form the plagioclase series.

At high temperatures (>1000 °C), feldspars exhibit remarkable solid solution.
Accordingly, the plagioclase series comprises high-anorthite, with An > 90%; high-
bytownite, with 70 <An< 90%; high-labradorite, with 50 <An< 70%; high-andesine
with 30 < An < 50%; high-oligoclase, with 10 < An < 30%; and high-albite, with An
< 10%. According to Parsons (2010), the alkali feldspar series comprises K-sanidine,
with Or >80%; sanidine, with 50 < Or < 80%; Na-sanidine with 35 < Or < 50%;
and anorthoclase, with Or < 35%, although different nomenclatures are adopted by
other authors. High-albite and anorthoclase are triclinic at room temperature but
they assume monoclinic symmetry when observed at elevated temperatures due to
shearing transformation. Sanidine has monoclinic symmetry at all temperatures.

At low temperatures (<300 °C) feldspars exhibit very limited solid solution and
the stable phases are triclinic low-microcline, low-albite and anorthite, all with nearly
stoichiometric composition. In fact, low-temperature natural feldspars are frequently
made up of intergrowths of two or more phases. Ideally, low-microcline, low-albite
and anorthite are expected to exhibit Al–Si order. Nevertheless, disordered structures
are frequent because of metastable crystallization.

There are two mechanisms for the transition from monoclinic to triclinic
symmetry. In alkali feldspars with Ab > 60% it occurs by a quick shearing phase
transformation brought about by twisting of (Si, Al)–O tetrahedra. In contrast, a
slow ‘diffusive’ order-disorder transformation occurs in the Or-rich alkali feldspars,
in which the Al ions, distributed randomly between four equivalent sites at high
temperatures, become ordered on one of these sites during cooling.

For what concerns the substitutions, the M-site can be occupied by Rb+, Tl+, and
NH4

+ and in part by Li+ and Cs+ in alkali feldspars and by Sr2+, Ba2+, Pb2+, and Eu2+,
as well as by (La3+, Na+) in alkali-earth feldspars. The ammonium alkali feldspar
is buddingtonite, NH4AlSi3O8 · ½ H2O, whereas the barium plagioclase is celsian,
Cls, BaAl2Si2O8. The main substitutions in T-sites of natural feldspars are B and Fe.
The boron analog of albite is reedmergnerite, NaBSi3O8.

4.2.2 The Chemistry of Hydrothermal Feldspars

Both adularia (i.e., hydrothermal orthoclase) and hydrothermal albite are widespread
in active geothermal systems where they usually occur at temperatures higher than
120–150 °C, in spite of some notable exceptions (e.g., Browne 1970, 1978; Reyes
1990). For instance, only adularia occurs in theCerroPrieto geothermal field,whereas
hydrothermal albite is absent although primary plagioclase usually represents up to
10% of the sandstone mineral constituents at all depths (Bird et al. 1984; Schiffman
et al. 1985). Conversely, hydrothermal albite replaces primary plagioclase at temper-
atures higher than 120 °C in the geothermal system of Onikobe, whereas adularia is
absent (Seki et al. 1983). Hydrothermal anorthite and plagioclases of intermediate
composition are uncommon.
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In this work, several chemical analyses of hydrothermal feldspars obtained from
deep boreholes drilled in active geothermal systems were compiled. 480 chem-
ical analyses were considered of acceptable quality, having sum of oxides from
98 to 102 wt%, and processed to compute the percentages of albite, orthoclase, and
anorthite.

The Ab–Or–An triangular plot of Fig. 4.1 displays the composition of 119
hydrothermal feldspars from the geothermal fields of Roosevelt Hot Springs, Utah
(Ballantyne 1978), Salton Sea, California (Shearer et al. 1988), Heber, California
(Browne 1977), Cerro Prieto, Mexico (Schiffman et al. 1985), Miravalles, Costa
Rica (Milodowski et al. 1989), Berlin, El Salvador (Ruggieri et al. 2006), Kilauea,
Hawaii (Bargar et al. 1996), Onikobe, Japan (Seki et al. 1983), Broadlands-Ohaaki,
New Zealand (Lonker et al. 1990), Waiotapu, New Zealand (Hedenquist and Browne
1989) Milos, Greece (Liakopoulos 1987), as well as Latera (Cavarretta et al. 1985),
Larderello (Cavarretta et al. 1982), and Pantelleria (Fulignati et al. 1997), Italy.
Among these 119 hydrothermal feldspars, there are 60 adularias with Ab < 15mol%,

Fig. 4.1 Ab-Or-An triangular plot showing the composition of 119 hydrothermal feldspars from
different active geothermal fields, including Roosevelt Hot Springs (Ballantyne 1978), Salton Sea
(Shearer et al. 1988), Heber (Browne 1977), Cerro Prieto (Schiffman et al. 1985), Miravalles
(Milodowski et al. 1989), Berlin (Ruggieri et al. 2006), Kilauea (Bargar et al. 1996), Onikobe (Seki
et al. 1983), Broadlands-Ohaaki (Lonker et al. 1990), Waiotapu (Hedenquist and Browne 1989),
Milos (Liakopoulos 1987), Latera (Cavarretta et al. 1985), Larderello (Cavarretta et al. 1982), and
Pantelleria (Fulignati et al. 1997)
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54 albites, and 5 anomalous samples, namely 1 probable mixture (intergrowth) of
adularia and albite (with ~25 mol% Ab), 3 plagioclases of variable composition (1
oligoclase, 1 andesine, and 1 bytownite), and 1 celsian-rich adularia from Berlin,
formally constituted by 74.7 mol% Or, 19.1 mol% Cls, 3.6 mol% Ab, and 2.6 mol%
An.

Neglecting the 5 anomalous samples, the composition of adularias and
hydrothermal albites from these different geothermal systems is described by the
following statistical parameters:

(i) XOr in adularia (N = 60): Min = 0.864, Max = 1.000, Mean = 0.946, Median
= 0.951, Std. Dev. = 0.030.

(ii) XAb in albite (N = 54): Min = 0.889, Max = 1.000, Mean = 0.981, Median =
0.989, Std. Dev. = 0.022.

The composition of adularia shows limited variations in well State 2-14 at
Salton Sea, with XOr from 0.90 to 0.98 (Shearer et al. 1988). The composition
of hydrothermal plagioclase is close to end-member albite at depths <1828.8 m,
whereas the hydrothermal plagioclase is richer in An at depths >1828.8 m. Three
hydrothermal feldspars coexists in samples below 3017.5 m depth, K-feldspar with
XOr ~ 0.91, albite-oligoclase with XAb 0.95–0.86, and oligoclase-andesine with XAb

0.75–0.63.
Both hydrothermal albite and oligoclase, with XAb from 0.883 to 0.850, occur in

an altered diabase dike or sill at Heber (Browne 1977). Textural relations suggest
that oligoclase is an early mineral, probably not in equilibrium with present-day
geothermal fluids.

At Cerro Prieto, adularia has XOr varying from 0.91 to 0.97, with a mean close
to 0.95, whereas hydrothermal albite is absent (Schiffman et al. 1985), as already
mentioned above.

In most of theMiravalles reservoir, hydrothermal plagioclase is almost pure albite
(Milodowski et al. 1989). Uncommon hydrothermal oligoclase (with XAb close to
0.85)might be explained by the presence of primary plagioclase relicts in albite. Rare
hydrothermal bytownite (with XAn of 0.77) occurs at 1453 m depth in association
with grandite garnet (60–65 mol% andradite) and magnetite. Adularia shows small
concentrations of Na and variable concentrations of Ba, which are higher in the cores
of crystals.

At Berlin, hydrothermal albite has XAb from 0.90 to 0.98, whereas a Ba-bearing
feldspar with XCls up to 0.191 occurs in well TR-2 at about 1500 m depth (Ruggieri
et al. 2006).

At Onikobe (Seki et al. 1983), the replacement of primary plagioclase by
hydrothermal albite (with XAb > 0.95) begins at 120–180 °C and the process comes
to completion at temperatures higher than 230–240 °C. Adularia is absent as already
mentioned above.

Adularia and hydrothermal albite span small compositional intervals at
Broadlands-Ohaaki, withXOr in adularia from 0.94 to 0.995 andXAb in hydrothermal
albite from 0.96 to 0.99, irrespective of primary plagioclase composition (Lonker
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et al. 1990). The intermediate compositions of adularia in well BR8 at 774–
781 m depth cannot be explained involving primary sanidine because it is absent at
Broadlands-Ohaaki (Browne and Ellis 1970). They are likely due to fine intergrowths
of hydrothermal albite with adularia (Lonker et al. 1990).

At Waiotapu, hydrothermal albite and adularia are common as alteration prod-
ucts of primary andesine at temperatures higher than ~180 °C (Hedenquist and
Browne 1989). Adularia is later than albite as indicated by textural evidence. Most
hydrothermal plagioclase has XAb from 0.90 to 0.99, but some samples range from
albite to andesine. The XOr in adularia varies from 0.94 to 0.995.

At Milos, albite is practically pure, with XAb ranging from from 0.999 to 1.000,
whereas XOr in adularia varies from 0.926 to 0.974 (Liakopoulos 1987).

At Larderello, adularia has XOr ranging from 0.950 to 0.959 in the Sasso-22
well at depths of 1600–2263 m based on microprobe analyses, whereas plagioclase
compositions (as XAb) determined by optical microscopy are: (i) from 0.97 to 0.95
in the San Ippolito 122 well at 783 m depth; (ii) from 0.87 to 0.86 in the Sasso 22
well at 2770 m depth; (iii) from 0.66 to 0.60 in the Anqua well at 2635 m depth
(Cavarretta et al. 1982).

At Pantelleria, hydrothermal albite has XAb varying from 0.982 to 0.992 and
adularia has XOr ranging from 0.946 to 1.000 (Fulignati et al. 1997).

As shown in the Ab–Or–An triangular plot of Fig. 4.2, the 361 hydrothermal
feldspars from Reykjanes, Iceland (mostly from Libbey and Williams-Jones 2016
and subordinately fromMarks et al. 2010; Fowler et al. 2015) comprise 150 adularias
with Or >85 mol%, 182 albite-oligoclase samples, and 18 anorthites as well as 14
anomalous samples which are probable mixtures (i.e., intergrowths of two or more
phases, possibly including relicts of primary phases), 8 rich in adularia and 6 rich in
oligoclase.

Neglecting these 14 anomalous samples, the composition of the hydrothermal
feldspars from Reykjanes is defined by the following statistical parameters:

(i) XOr in adularia (N= 150): Min= 0.870, Max= 0.992, Mean= 0.954, Median
= 0.963, Std. Dev. = 0.025.

(ii) XAb in albite-oligoclase (N= 179):Min= 0.697,Max= 0.977,Mean= 0.889,
Median = 0.910, Std. Dev. = 0.060.

(iii) XAn in anorthite (N= 18): Min= 0.900, Max= 0.991, Mean= 0.955, Median
= 0.963, Std. Dev. = 0.030.

Reykjanes is unique among the considered geothermal systems for the pres-
ence of hydrothermal anorthite, which occurs only in the deepest parts of the
geothermal system, where temperature is >300 °C. Hydrothermal anorthite is distin-
guishable from its igneous counterpart being more An-rich and having much lower
concentrations of K and Mg (Libbey and Williams-Jones 2016).

In contrast, hydrothermal albite and oligoclase are abundant throughout the Reyk-
janes geothermal system, where theymainly occur as replacement of primary plagio-
clase, although they are also present as subhedral crystals in veins and vugs (Libbey
and Williams-Jones 2016). Therefore, most oligoclase might actually represent the
product of incomplete replacement of amore calcic primary plagioclase, which could
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Fig. 4.2 Ab-Or-An triangular plot showing the composition of 361 hydrothermal feldspars from the
Reykjanes geothermal field (data mainly from Libbey and Williams-Jones 2016 and subordinately
from Marks et al. 2010 and Fowler et al. 2015)

be still present as relict. If so, oligoclase would be less frequent then evaluated above
for Reykjanes, consistent with what is generally observed in active geothermal fields
(Browne 1977).

Summing up, accepting that oligoclase compositions are due to the possible pres-
ence of relicts of primary plagioclase in hydrothermal albite and that mixed compo-
sitions are due to intergrowths of different endmember feldspars, it can be concluded
that both adularia and albite are the most abundant hydrothermal feldspars in active
geothermal systems, where they occur as pure or nearly pure solid phases. Based
on this evidence, the activities of Or in adularia and Ab in albite can be reasonably
assumed equal to one.
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4.2.3 The Structural State and Degree of Ordering
of Hydrothermal Alkali Feldspars

Only few investigations were performed so far to characterize the structural state and
Al–Si order-disorder on the tetrahedral sites of authigenic K- and Na-feldspars from
active geothermal systems.

The occurrence of almost pure adularia as hydrothermal mineral at tempera-
ture ≤265 °C in the Wairakei geothermal system was shown long ago by Steiner
and coworkers (Steiner 1970 and references therein). Optical data indicate that
hydrothermal K-feldspar is partly monoclinic and partly triclinic although X-
ray diffractograms indicate only monoclinic lattice. According to Steiner (1970)
either monoclinic and triclinic adularia are precipitated almost concomitantly, or
triclinic K-feldspar alone is formed and the associated monoclinic structure is only
apparent, being simulated by very fine twinning that is optically not detectable. If
so, hydrothermal, pure potassium feldspar may have any degree of Si–Al ordering
on crystallization.

McDowell (1986) investigated the structural state and Al–Si order on the tetrahe-
dral sites of the authigenic and re-equilibrated detrital K- andNa-feldspars coexisting
at temperatures of 250–360 °C in the Salton Sea geothermal reservoir and recovered
from the Elmore 1 borehole. The ordering parameter Z (as defined by Thompson
1969) is 0.79 ± 0.09 at ~335 °C and 0.70 ± 0.07 at ~360 °C for albite (N = 6),
whereas Z is 0.81 at ~335 °C for K-feldspar (N = 1).

Shearer et al. (1988) noted a systematic increasewith depth ofAl–Si disorder inK-
feldspar fromSalton Sea, but this information refers to allogenic-authigenicmixtures
of this mineral because the XRD analyses do not distinguish allogenic and authigenic
solid phases. Therefore, Shearer et al. (1988) concluded that the systematic increase
in Al–Si disorder with depth probably suggests the presence of higher fractions of
disordered authigenic (sanidine-like) K-feldspar in the hydrothermal assemblage.

Hedenquist and Browne (1989) studied the hydrothermal minerals at Waiotapu,
concluding that (i) the albite structure is partially ordered, based on the position
of the d204 reflection whereas (ii) adularia is almost completely ordered (maximum
microcline) as indicated by the position of d060 and d204 reflections.

Adularias from low-temperature hydrothermal veins are remarkable for the exten-
sive differences in structural state, from totally disordered monoclinic sanidine (or
the highly disordered triclinic form) to highly ordered microcline, chiefly depending
on nucleation and crystallization rates and temperature (Černý and Chapman 1986).
To be noted that hydrothermal alkali feldspars probably formed under supersatura-
tion conditions rather than at equilibrium. Consequently, their degree of ordering
is expected to be a function of the extent of supersaturation, with the Al–Si distri-
bution on the tetrahedral sites becoming more and more disordered with increasing
supersaturation. In fact, at conditions of sufficient supersaturation, the disordered
phase is kinetically favored over its ordered equivalent, irrespective of their relative
thermodynamic stabilities (Carpenter and Putnis 1985).
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The post-crystallization thermal regime can also affect the Al–Si distribution on
the tetrahedral sites of alkali feldspar. For instance, initially disordered phases kept
at high temperature could re-organize their lattice acquiring a more ordered Al–Si
distribution. Owing to these potential thermal effects on the hydrothermal feldspars,
it is advisable to take into consideration the authigenic alkali feldspars present in
sedimentary rocks, which formed at low temperatures andwere certainly not affected
by annealing and, therefore, are expected to give reliable indications on the degree
of ordering of adularia and albite.

According to Morad (1978), diagenetic K-feldspar crystals are monoclinic and,
less commonly, triclinic with various degrees of Al–Si ordering, whereas diagenetic
albite is well-ordered, triclinic. Kastner and Siever (1979) recognized that authigenic
feldspars may have almost any state of Al–Si ordering, from completely ordered,
triclinic microclines and albites to highly disordered monoclinic sanidines. Albites
tend to be ordered (e.g., Kastner and Waldbaum 1968; Fishman et al. 1995) whereas
the structural state of K-feldspar depends on rock type, probably due to kinetic
factors. K-feldspars are fully ordered in carbonate rocks, are highly disordered in
ash beds, whereas a wide range of ordering degree is found in sandstones and shales.

Further indications are given by the experiments performed by Flehmig (1977),
who synthesized highly pure K-feldspar and albite crystals by means of hydroxide
gels, mainly at 20 °C apart from a few runs at 3 and 60 °C. Strictly speaking, the
factors controlling crystal growth in gels are the free solute concentrations and pH
in the gel pores. However, since these parameters cannot be measured, the corre-
sponding parameters in the supernatant solution were reported and discussed by
Flehmig (1977). He found that the structural state and the degree of ordering of the
synthesized feldspars depends on pH and Na and K concentrations. The growth of
K-feldspar crystals took place in the pH range 5–10, with more ordered triclinic
K-feldspar (microcline) at higher pH and alkali concentrations and less ordered
monoclinic K-feldspar at lower pH and alkali concentrations. Albite crystals were
obtained only at pH ≥8 and high Na concentrations and showed high degrees of
ordering. Similar influences of pH and alkali concentration on the formation of low
albite had previously been recognized by Martin (1969).

On the basis of the evidence summarized above, the hydrothermal alkali feldspars
occurring in active geothermal systems are expected to be triclinic, fully ordered,
albite and variably ordered adularia, from fully ordered microcline to completely
disordered sanidine, with either triclinic or monoclinic symmetry.

These expectations are at variance with the findings of Stefánsson and Arnórsson
(2000), who underscored that primary disordered plagioclases and alkali-feldspars
of compositions typically found in volcanic rocks tend to dissolve in geothermal
waters with simultaneous precipitation of ordered alkali-feldspars with near pure
endmember compositions. However, Stefánsson andArnórsson (2000) used the solu-
bility constants of feldspars of Arnórsson and Stefánsson (1999) whose reliability
is questionable, at least as far as the alkali feldspars are concerned, as shown in the
next section.
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4.2.4 The Thermodynamic Properties of Endmember Alkali
Feldspars

As already underscored in Sect. 2.2, in the geochemical literature there is a lack
of consensus on the thermodynamic data of several minerals, including the alkali
feldspars. The reproduction of the monoclinic/triclinic transition temperature of
alkali feldspars, which is close to 500 °C in K-feldspar and close to 660 °C in
Na-feldspar at low pressures (Deer et al. 2001), represents a good way to prove the
reliability of the thermodynamic data of alkali feldspars, because of the simplicity
of the solid-solid reactions of interest (see below).

First, the thermodynamic data of high-albite, low-albite, sanidine, and microcline
fromHolland and Powell (1998) andArnórsson and Stefánsson (1999), see Table 4.1,
were inserted into SUPCRT92.

The heat capacity coefficients of Holland and Powell (1998) refer to the
polynomial equation:

C◦
P = a + b · T + c · T−2 + d · T−1/2, (4.1)

whereas the heat capacity coefficients of Arnórsson and Stefánsson (1999) are
consistent with the polynomial relation:

C◦
P = a + 2b · T + c · T−2 + f · T2 + g · T−1/2. (4.2)

Therefore, heat capacity coefficients were recalculated to make them consistent
with the Maier-Kelley relation, Eq. (2.17). The thermodynamic data of Holland and
Powell (2011) were not considered because these authors give the same entropy
(214.3 J K−1 mol−1) for sanidine and microcline probably due to a typo. In fact,
Holland and Powell (1998) give different entropies for sanidine (230 J mol−1

K−1) and microcline (216 J mol−1 K−1), as expected from configurational entropy
considerations (Openshaw et al. 1976).

Second, the standard Gibbs free energy, �G°r, of the solid-solid reaction;

Microcline = Sanidine (4.3)

was calculated bymeans of SUPCRT92 as a function of temperature, at both 1 bar and
1 kbar, considering alternatively the thermodynamic data of Helgeson et al. (1978),
Holland and Powell (1998), and Arnórsson and Stefánsson (1999).

Results are displayed in the diagram of �G°r versus temperature (Fig. 4.3) which
shows that:

(a) the thermodynamic data of Helgeson et al. (1978) are consistent with a sani-
dine/microcline transition temperature close to 500 °C, in agreement with the
available experimental evidence (see above),
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Fig. 4.3 Diagram of the
standard Gibbs free energy
of sanidine/microcline
transition as a function of
temperature, at a pressure of
1 bar and 1 kbar, based on
the thermodynamic data of
Helgeson et al. (1978),
Holland and Powell (1998),
and Arnórsson and
Stefánsson (1999)

(b) as explicitly stated in the paper of Holland and Powell (1998), their thermody-
namic data are consistent with a sanidine/microcline transition temperature of
452°C, which is ~50 °C lower than the experimental datum;

(c) the thermodynamic data of Arnórsson and Stefánsson (1999) are consistent with
a sanidine/microcline transition temperature of 210 °C, which is ~290 °C lower
than the experimental value.

Third, the �G°r of the solid-solid reaction;

High-albite = Low-albite (4.4)

was computed as a function of temperature, at both 1 bar and 1 kbar, taking into
account alternatively the thermodynamic data of Helgeson et al. (1978), Holland and
Powell (1998), and Arnórsson and Stefánsson (1999).

Results are presented in the plot of �G°r versus temperature (Fig. 4.4) which
shows that:

(a) the thermodynamic data of Helgeson et al. (1978) are consistent with a high-
albite/low-albite transition temperature close to 660 °C, in accordance with the
available experimental evidence (see above),

(b) the thermodynamic data of Holland and Powell (1998) are consistent with a
high-albite/low-albite transition temperature of 460–465 °C, which is ~200 °C
lower than the experimental datum;

(c) the thermodynamic data of Arnórsson and Stefánsson (1999) are consistent with
a high-albite/low-albite transition temperature of 515 °C,which is ~145 °C lower
than the experimental value.
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Fig. 4.4 Diagram of the
standard Gibbs free energy
of high-albite/low-albite
transition as a function of
temperature, at a pressure of
1 bar and 1 kbar, based on
the thermodynamic data of
Helgeson et al. (1978),
Holland and Powell (1998),
and Arnórsson and
Stefánsson (1999)

Summing up, only the thermodynamic data ofHelgeson et al. (1978) are consistent
with the monoclinic/triclinic transition temperatures of alkali feldspars whereas the
thermodynamic data of Holland and Powell (1998) and Arnórsson and Stefánsson
(1999) are not. Consequently, the thermodynamic data of Helgeson et al. (1978)
can be used to compute the log K values of the exchange reactions involving alkali
feldspars and other Al-bearing minerals of interest for geothermometry and fCO2

evaluation, as discussed in Chaps. 6–9, whereas the thermodynamic data of Holland
and Powell (1998) and Arnórsson and Stefánsson (1999) cannot be used to this aim.
In addition to these general implications, the monoclinic/triclinic transition temper-
atures of alkali feldspars have other specific implications on Na–K geothermometry,
whose discussion is postponed to Sect. 6.1.

4.2.5 The Thermodynamic Properties of Variably Ordered
Alkali Feldspars

Since the conversion between the monoclinic and triclinic crystal structures in K-
feldspar has little or no effect on its thermodynamic behavior, the different ther-
modynamic properties of ordered microcline and disordered sanidine are entirely
due to substitutional Al–Si order-disorder or nearly so (Helgeson et al. 1978). In
contrast, the displacive transformation in albite frommonoclinic to triclinic symmetry
is accompanied by a relatively large heat of transition and, therefore, albite experi-
ences two superimposed lambda transitions with increasing temperature, one caused
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by exchange of Al and Si atoms on its tetrahedral sites, and the other produced by
displacive changes in its symmetry (Helgeson et al. 1978).

Accepting that variably ordered adularia occurs in active geothermal systems
(see Sect. 4.2.3), the thermodynamic properties of adularia with ordering parameter
Z varying from 0.9 to 0.1, at steps of 0.1 units, were calculated in this work and
added to the SUPCRT92 thermodynamic database. In these calculations, maximum-
microcline and high-sanidine were assumed to be representative of adularia with
ordering parameter Z of 1 and 0, respectively. Following Helgeson et al. (1978), the
standard molal enthalpy and the standard molal entropy of substitutional disorder for
variably ordered adularia, �H°ds,Adl (in cal mol−1) and�S°ds,Adl (in cal K−1 mol−1),
respectively, at 25 °C, 1 bar, were computed using the simple relations:

�H◦
ds,Adl = 2650 · (1 − Z) (4.5)

�S◦
ds,Ad1 = 3.4 · (1 − Z). (4.6)

The standard molal Gibbs free energy of substitutional disorder for variably
ordered adularia, �G°ds,Adl (in cal mol−1), at 25 °C, 1 bar, was then obtained by
means of the fundamental Eq. (2.1), rewritten as:

�G◦
ds,Adl = �H◦

ds,Adl − T · �S◦
ds,Adl. (4.7)

Helgeson et al. (1978) assumed the same heat capacity power function coef-
ficients for high-sanidine and maximum-microcline, because the difference in the
heat capacity of the two K-feldspars, at 25 °C and 1 bar, is only 0.07 cal K−1 mol−1

(Openshaw et al. 1976). Here, this hypothesis was adopted for adularia, irrespective
of its ordering parameter Z.

Accepting that hydrothermal albite occurring in active geothermal systems is
fully ordered (see Sect. 4.2.3), there is no need to calculate the thermodynamic
properties of variably ordered albite. Nevertheless, the thermodynamic properties of
albite with ordering parameter Z varying from 0.9 to 0.1, at steps of 0.1 units, were
also computed in this work and added to the SUPCRT92 thermodynamic database.
In these calculations, low-albite and high-albite were assumed to be representative of
albite with ordering parameter Z of 1 and 0, respectively. Following Helgeson et al.
(1978), the standard molal enthalpy and the standard molal entropy of substitutional
disorder for variably ordered albite, �H◦

ds,Ab (in cal mol−1) and �S◦
ds,Ab (in cal K

−1

mol−1), respectively, at 25 °C, 1 bar, were calculated utilizing the equations:

�H◦
ds,Ab = 2630 · (1 − Z). (4.8)

�S◦
ds,Ab = 2.79 · (1 − Z). (4.9)

The standard molal Gibbs free energy of substitutional disorder for variably
ordered albite, �G◦

ds,Ab (in cal mol−1), at 25 °C, 1 bar, was then be computed by
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means of the fundamental relation (2.1) rewritten as:

�G◦
ds,Ab = �H◦

ds,Ab − T · �S◦
ds,Ab. (4.10)

The same heat capacity power function coefficients were adopted for any variably
ordered albite because those of high-albite are equal to those of low-albite, at least
below 350 °C (Helgeson et al. 1978).

The molar volumes of variably ordered adularia were computed through linear
interpolation of the values of maximum-microcline and high-sanidine reported by
Helgeson et al. (1978). Similarly, the molar volumes of variably ordered albite
were calculated through linear interpolation of the values of low-albite and high-
albite given by Helgeson et al. (1978). The standard state molal thermodynamic
properties, at 25 °C, 1 bar, of variably ordered adularia and albite are listed in
Table 4.2 together with those of maximum-microcline, high-sanidine, low-albite,
and high-albite reported by Helgeson et al. (1978).

4.3 White Micas

4.3.1 Main Characteristics of White Micas

The three rock-forming white micas are muscovite [KAlVI2 (AlSi3)IVO10(OH)2],
paragonite [NaAlVI2 (AlSi3)IVO10(OH)2], and margarite [CaAlVI2 (AlSi2)IVO10(OH)2].
As pointed out byGuidotti andSassi (2002): (i)muscovitemay contain up to 38mol%
of paragonite in solution, (ii) paragonite may contain up to 15 mol% of muscovite in
solution, and (iii) practically no solution occurs between muscovite and margarite.

In spite of these possible mixing relations, muscovite prevails by far over parag-
onite and margarite in white micas (or sericites) from active geothermal systems,
including phengites and illites. Phengites may be described as binary solid solu-
tions of muscovite and celadonites [K(M3+)VI(M2+)VISiIV4 O10(OH)2] (Ernst 1963;
Velde 1977). In the chemical formula of celadonite, M3+ generally represents Al3+

or Fe3+, whereas M2+ usually stands for Fe2+ or Mg2+, thus leading to four limiting
compositions called celadonite [K(Fe3+)VI(Mg2+)VISiIV4 O10(OH)2], Fe-celadonite
[K(Fe3+)VI(Fe2+)VISiIV4 O10(OH)2], Fe–Al-celadonite [KAlVI(Fe2+)VISiIV4 O10(OH)2]
and Mg–Al-celadonite [KAlVI(Mg2+)VISiIV4 O10(OH)2] (Li et al. 1997). Illites are
solid solutions ofmuscovite, celadonites andpyrophyllite [Al2Si4O10(OH)2] (Weaver
and Pollard 1973).

Following Brigatti and Guggenheim (2002) and references therein, we recall that
the 2:1 mica structure is constituted by two opposing tetrahedral (T) sheets with an
octahedral (M) sheet between them to produce a TMT layer. The general chemical
formula of micas is:

AXIIMVI
2−3 � VI

1−0T
IV
4 O10(X)2,
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in which:

• AXII refers to the twelve-coordinated interlayer sites,which are generally occupied
by K, Na, Ca, Ba, and rarely by Rb, Cs, Sr, NH4, and H3O;

• MVI indicates the six-coordinated octahedral sites, which are usually occupied by
Mg, Fe2+, Al, and Fe3+, although Li, Ti, V, Cr, Mn, Co, Ni, Cu, and Zn may also
be present in peculiar micas;

• �VI indicates a vacant six-coordinated octahedral site;
• TIV denotes the four-coordinated tetrahedral sites, which are generally occupied

by Si, Al and Fe3+ and infrequently by B and Be;
• X refers to (OH), F, Cl, O, S.

The smallest structural unit of micas contains three octahedral sites. All the three
octahedral sites are occupied in the so-called trioctahedral micas, such as biotite and
phlogopite, whereas only two octahedral sites [usually M(2)] are occupied and one
is vacant [generally M(1)], in the micas known as dioctahedral, such as muscovite,
paragonite, margarite, celadonite, and illite, which are those of interest to us.

4.3.2 The Activities of Muscovite, Celadonites,
and Pyrophyllite in Hydrothermal White Micas

Following Helgeson et al. (1978), Aagaard and Helgeson (1983), Helgeson and
Aagaard (1985), and Aagaard and Jahren (1992), the activities of muscovite,
aMs, pyrophyllite, aPrl, celadonite, aCel, Fe-celadonite, aFe–Cel, Fe–Al-celadonite,
aFe–Al–Cel, and Mg–Al-celadonite, aMg–Al–Cel, in white micas are computed using
the following equations:

aMs = kMs · XK,A · X2
Al,M(2) · XAl,T · X3

Si,T (4.11)

aPrl = kPrl · X�,A · X2
Al,M(2) · X4

Si,T (4.12)

aCel = kCel · XK,A · XMg,M(2) · XFe3+,M(2) · X4
Si,T (4.13)

aFe−Cel = kFe−Cel · XK,A · XFe2+,M(2) · XFe3+,M(2) · X4
Si,T (4.14)

aFe−Al−Cel = kFe−Al−Cel · XK,A · XFe2+,M(2) · XAl,M(2) · X4
Si,T (4.15)

aMg - Al - Cel = kMg - Al - Cel · XK,A · XMg,M(2) · XAl,M(2) · X4
Si,T (4.16)

which are based on the assumption of random mixing of atoms on energetically
equivalent sites. In Eqs. (4.11)–(4.16):
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kMs = 9.4815, kPrl = 1, kCel = kFe–Cel = kFe–Al–Cel = kMg–Al–Cel = 4 are constants
relating the inter- and intra-crystalline standard states;

XK,A and X�,A are the mole fractions of potassium and vacancies on the interlayer
A site;

XAl,M(2), XFe3+,M(2), XMg,M(2), XFe2+,M(2) are the mole fractions of aluminum,
trivalent iron, magnesium, and divalent iron on the M(2) octahedral sites;

XAl,T and XSi,T are the mole fractions of aluminum and silicon on the T tetrahedral
sites.

Chemical analyses of white micas are available for several active geothermal
systems, including Salton Sea, California, for the temperature range 190–322 °C
McDowell and Elders (1980, 1983); Coso, California, for the temperature interval
190–250 °C (Bishop and Bird 1987); Roosevelt Hot Springs, Utah, for temperatures
varying from212 to 255 °C (Ballantyne 1978; Capuano andCole 1982); LosAzufres,
Mexico, for temperatures ranging from 190 to 270 °C (Cathelineau 1988; Cathe-
lineau and Izquierdo 1988); Bouillante, Guadeloupe, for the temperature range 204–
260 °C (Mas et al. 2006); Larderello, Italy, for the temperature interval 248–315 °C
(Boyce et al. 2003); Pantelleria, Italy, at temperatures of 170 and 275 °C (Fulig-
nati et al. 1997); Aluto-Langano, Ethiopia, for the temperature range 215–300 °C
(Teklemariam et al. 1996); Waiotapu, New Zealand, for the temperature interval
170–282 °C (Hedenquist and Browne 1989); Broadlands-Ohaaki, New Zealand, for
temperatures varying from 222 to 300 °C (Lonker and Gerald 1990; Lonker et al.
1990); Kakkonda, Japan, at temperatures of 205 and 300 °C (Inoue et al. 2004).

These 94 chemical analyses of white mica samples were compiled. Since the FeO
and Fe2O3 contents are not reported and only the total Fe content is available, it is
necessary to adopt some hypotheses concerning the redox state of iron to compute,
first, site occupancies and, second, the activities of muscovite, pyrophyllite, and
celadonite components using Eqs. (4.11)–(4.16). The adopted hypotheses are that
86.5% of total Fe is present as Fe3+, which is the average value for illites according
to Weaver and Pollard (1973), and that Fe3+ is present only in the octahedral sites.
The exclusive occurrence of Fe3+ in the octahedral sites is a reasonable assumption
considering both that Fe3+ occupies the octahedral sites in the ferric endmembers of
celadonite (e.g., Li et al. 1997), pyrophyllite (e.g., Badaut et al. 1992 and references
therein), and muscovite (e.g., Guidotti and Sassi 2002), and that Fe3+ tetrahedral
substitution does not take place in dioctahedral micas, whereas it occurs in trioctahe-
dral micas, such as tetra-ferriphlogopite, tetra-ferri-annite and anandite (Brigatti and
Guggenheim 2002). To be noted that the alternative assumption of Fe completely
present as Fe2+ (which was adopted by Cathelineau and Izquierdo (1988) determines
changes (i) in the mole fractions of Fe2+ and Fe3+ on the M(2) octahedral sites,
whereas other mole fractions are unaffected by the hypotheses on the Fe redox state
and (ii) in the activities of celadonite, Fe-celadonite, and Fe–Al-celadonite, whereas
the activities of Mg–Al-celadonite, muscovite, and pyrophyllite are not influenced
by the assumptions on the Fe redox state.

The correlation plot of the activity of muscovite in the white mica samples versus
the mole fraction of Al on the tetrahedral site (Fig. 4.5), is a good starting point to
analyze the data of geothermal white micas. Since illites and white micas in general
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Fig. 4.5 Diagram of the
activity of muscovite versus
the mole fraction of Al on
the T tetrahedral sites for the
94 white mica samples from
different geothermal fields
(see legend), also showing
the idealized stoichiometry
of the components of white
micas, that is muscovite,
pyrophyllite and celadonites

are solid solutions of muscovite, celadonites and pyrophyllite (see above), they are
expected to be found along the tie line joining the muscovite point and the point
representative of both celadonites and pyrophyllite or at least close to this Ms − (Prl
+ Cel) tie line. Allowing for a maximum deviation of ±0.12 aMs units, 75 chemical
analyses were considered representative of white micas, whereas the remaining 19
were rejected. All these rejected samples show negative deviations from the Ms −
(Prl + Cel) tie line, possibly because they are white micas mixed with other clay
minerals or other phyllosilicates. Alternatively, assuming that all Fe is present as
Fe3+ and occupies the tetrahedral sites, 11 samples would deviate from the Ms −
(Prl + Cel) tie line by more than 0.12 aMs units, although the other 8 would exhibit
smaller deviations.

Aagaard and Helgeson (1983) underscored that the distribution of Al3+ ion among
the tetrahedral and octahedral sites of clay minerals allows one to distinguish illites
frommontmorillonites andmixed-layer clays. In fact, theseminerals occupy different
fields in the plot of Fig. 4.6, which was slightly modified adding the idealized stoi-
chiometry of the components of white micas, that is muscovite, pyrophyllite and
celadonites.

As expected: (i) the 75 accepted samples of geothermal white micas are situated
inside the compositional space delimited by these three endmembers, and most of
these samples are found in the field of illites or close to it, whereas (ii) the 19 rejected
samples are positioned to the right of the Ms–Prl–Cel triangle. However, assuming
that all Fe is present as Fe3+ and occupies the tetrahedral sites, also the 19 rejected
samples would be found inside the Ms–Prl–Cel triangle or close to it. Since the
ambiguity concerning these 19 rejected samples cannot be resolved, it is advisable
to rely only on the other 75 samples.
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Fig. 4.6 Diagram of the mole fraction of Al on the M(2) octahedral sites versus the mole fraction
of Al on the T tetrahedral sites for the 94 white mica samples from different geothermal fields (see
legend). The grey fields of illites, mixed-layer clays, and montmorillonites (smectites) are from
Aagaard and Helgeson (1983). The idealized stoichiometry of the components of white micas, that
is muscovite, pyrophyllite and celadonites, are also shown

The activity of themuscovite endmember in the considered 75whitemica samples
varies between 0.007 and 0.875, with an average of 0.654, a median of 0.688 and a
standard deviation of 0.156. The sum of the activities of the celadonite components
ranges from 0.033 to 0.677, with an average of 0.228, a median of 0.202 and a
standard deviation of 0.130. The activity of the pyrophyllite component spans the
range 0.000 to 0.156, with an average of 0.060, a median of 0.056 and a standard
deviation of 0.035.

The muscovite endmember prevails in 70 of the 75 white mica samples, the
celadonite components dominates the remaining 5 samples, whereas the pyrophyllite
endmember is always subordinate, as shown by the triangular diagram of Fig. 4.7.

The two diagrams of Fig. 4.8 show that:

(i) the activities of the muscovite and pyrophyllite endmembers in the white mica
samples of interest are not correlated, as also indicated by the very low value
of the squared linear regression coefficient, R2 = 0.027, whereas

(ii) there is a significant negative correlation between the activity of the muscovite
component and the sum of the activities of the celadonite components, as also
pointed out by the squared linear regression coefficient, R2 = 0.748.

The activity of the muscovite endmember, the sum of the activities of the
celadonite components and the activity of the pyrophyllite endmember have no
significant relation with temperature for the 75 accepted white mica samples as
pointed out by the very small R2 values of 0.0004, 0.0191, and 0.174, respectively.
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Fig. 4.7 Triangular diagram comparing the activities of muscovite, celadonites and pyrophyllite
for the 75 accepted white mica samples from different geothermal fields (see legend)

Fig. 4.8 Diagrams of the activity of the muscovite component versus a the sum of the activities
of the celadonite components and b the activity of the pyrophyllite component for the 75 accepted
white mica samples from different geothermal fields (symbols as in Figs. 4.5, 4.6 and 4.7). The
idealized stoichiometry of muscovite, pyrophyllite and celadonites are also shown
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In contrast, aMs, a�Cel, and aPrl exhibit a meaningful temperature dependence for the
19 rejected samples, with R2 values of 0.686, 0.705, and 0.266, respectively. Again,
this evidence suggests that white micas are mixed with other clay minerals or other
phyllosilicates in these 19 rejected samples.

4.3.3 The Thermodynamic Properties of Muscovite

The values of the�G°f and�H°f of muscovite at 25 °C, 1 bar given in the first row of
Table 4.3 were calculated by Helgeson et al. (1978) from the equilibrium constants
derived from high pressure, high temperature experimental data for the following
equilibria:

2 muscovite + 6 quartz + 2 H+ = 3 pyrophyllite + 2 K+ (4.17)

muscovite + quartz = K-feldspar + andalusite + H2O. (4.18)

Sverjensky et al. (1991) adopted a similar approach and considered the following
equilibria:

1.5 K-feldspar + H+ = 0.5 muscovite + 3 quartz + K+ (4.19)

muscovite + H+ + 1.5 H2O = 1.5 kaolinite + K+ (4.20)

muscovite + H+ + 3 quartz = 1.5 pyrophyllite + K+ (4.21)

muscovite + H+ = 1.5 andalusite + 1.5 quartz + 1.5 H2O + K+. (4.22)

However, Sverjensky et al. (1991) used more recent thermodynamic data for the
relevant aqueous species, obtaining the �G°f, �H°f, and S° values at 25 °C, 1 bar
listed in the second row of Table 4.3. These �G°f, �H°f, and S° values differ from
those of Helgeson et al. (1978) by 634 cal mol−1, 992 cal mol−1, and 1.20 cal K−1

mol−1, respectively. Sverjensky et al. (1991) proposed also to adjust the free energies
and enthalpies at 25 °C, 1 bar of all the K-bearing silicates by adding−236 cal mol−1

to preserve the consistency with phase equilibria at high pressures and temperatures.
In principle, the thermodynamic data of muscovite of Sverjensky et al. (1991) are
probably more representative than those of Helgeson et al. (1978), but their adoption
and the addition of −236 cal mol−1 to the free energies and enthalpies at 25 °C,
1 bar of all the K-bearing silicates are not sufficient for maintaining the internal
consistency of the thermodynamic database of Helgeson and coworkers unless a
thorough revision is performed.
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The suggestion of Sverjensky et al. (1991) was questioned by Holland and Powell
(1998), who proposed the �G°f, �H°f, and S° values at 25 °C, 1 bar given in
the third row of Table 4.3 which differ from those of Helgeson et al. (1978) by
3018 cal mol−1, 2813 cal mol−1, and 1 cal K−1 mol−1, respectively. Holland and
Powell (2011) suggested the �G°f and �H°f at 25 °C, 1 bar listed in the fourth
row of Table 4.3. These �G°f and �H°f are more similar to those of Helgeson
et al. (1978) than the free energy and enthalpy proposed Holland and Powell (1998),
with deviations of 1211 cal mol−1 and 1024 cal mol−1, respectively. Because of
the remarkable differences in the thermodynamic data stored for muscovite in these
different thermodynamic databases, it is meaningless to pick up the data from distinct
databases because it would be like mixing apples and oranges.

As shown in Sect. 4.3.2, muscovite is the main component of white mica solid
solutions, whereas pyrophyllite and celadonites play a subordinate role. Among the
different components of white mica solid solutions, Helgeson et al. (1978) report the
thermodynamic properties of muscovite and pyrophyllite (seventh row of Table 4.3)
but not of celadonites.

Following the approach delineated in Sect. 2.2.1, it is advantageous to consider
the white mica solid solution with average activity of muscovite, aMs = 0.654, and
to compute the Gibbs free energy and the thermodynamic equilibrium constant of
its dissolution reaction. The results obtained taking into account the muscovite ther-
modynamic data of Helgeson et al. (1978) are listed in Table 4.4 as a function of
temperature together with the standard molal Gibbs free energies and the natural and
decimal logarithms of the thermodynamic equilibrium constant of the dissolution
reaction of pure muscovite:

KAl3Si3O10(OH)2 + 10 H+ = K+ + 3 Al3+ + 3 SiO2(aq) + 6 H2O. (4.23)

Table 4.4 Standard molal Gibbs free energies and natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of both pure muscovite and the
white mica solid solution with average activity of muscovite as a function of temperature

T �rG◦
Ms �rG◦

Ms,aa ln KMs ln KMs,aa log KMs log KMs,aa

°C cal mol−1 cal mol−1

0 −18,378 −18,147 33.8574 33.4328 14.7041 14.5197

25 −15,732 −15,480 26.5525 26.1279 11.5316 11.3472

60 −11,004 −10,723 16.6214 16.1968 7.2186 7.0342

100 −5084 −4769 6.8561 6.4315 2.9776 2.7932

150 2711 3068 −3.2240 −3.6486 −1.4002 −1.5846

200 10,976 11,375 −11.6735 −12.0982 −5.0698 −5.2542

250 19,962 20,403 −19.2015 −19.6261 −8.3391 −8.5235

300 30,064 30,548 −26.3958 −26.8205 −11.4636 −11.6480
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4.4 Chlorites

4.4.1 Main Characteristics of Chlorites

The structure of chlorites consists in the regularly alternating (i) octahedral, brucite-
like layers, also known as the hydroxide or O sheets, and (ii) tetrahedral-octahedral-
tetrahedral, talc-like layers, also known as T–O–T or 2:1 sheets (e.g., Bailey 1988).
Chlorites are, therefore, defined as T–O–T + O or 2:1 + 1 phyllosilicates.

Wiewiora andWeiss (1990) proposed a crystallochemical classification involving
six octahedral positions and four tetrahedral positions, corresponding to half unit
cell. The six octahedral sites are occupied by both (i) trivalent (and tetravalent)
cations, such as Al3+, Fe3+, Cr3+, (and Ti4+), whose sum is indicated by R3+ and
(ii) divalent cations, such as Mg2+, Fe2+, Mn2+, and Ni2+, whose sum is represented
by R2+. Vacancies are indicated by the symbol �. The four tetrahedral sites are
occupied by Si and Al. Therefore, the chemistry of chlorites is described by the
general crystallochemical formula (fromWiewiora and Weiss 1990, modified by De
Caritat et al. 1993):

(R2+
u R3+

y �z)
VI(Si(4−x)Alx )

IVO10+w(OH)8−w

where u + y + z = 6, z = (y – x − w)/2, and w is usually zero or a small number.
Octahedral occupancy is the sum of all cations in the octahedral sites and is given
by �VI = u + y. Based on the general crystallochemical formula of chlorites, the
charge balance is expressed by the following relation:

2u + 3y − x − w − 12 = 0. (4.24)

Foster (1962) compiled 150 chemical analyses of chlorites and found that: (i) SiIV

values range between 2.34 and 3.45 and 99% of these values are in the 2.40–3.40
interval, corresponding to 0.60 < x < 1.60; (ii) octahedral vacancies range from −
0.05 to +0.55 but are usually in the 0.0 to +0.3 interval; (iii) all the data have charge
balance within the range −0.05 to +0.05, with 94% of those data falling within
the smaller interval −0.03 to +0.03. The last point implies that the charge balance
assumption is reasonable for the chlorite structure.

4.4.2 Crystal Chemistry of Hydrothermal and Diagenetic
Chlorites

Referring to the general crystallochemical formula of chlorites, the chemical compo-
sition of chlorites with Mg or Fe2+, Al, and � in the octahedral positions is limited
by the following four nodes:
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(1) u=6, y=0, z=0, x=0, corresponding to the stoichiometry of either serpentine,
Mg6Si4O10(OH)8, or greenalite, Fe

2+
6 Si4O10(OH)8;

(2) u= 4, y= 2, z= 0, x= 2,which is consistentwith the formulae of either amesite,
(Mg4Al2)(Si2Al2)O10(OH)8, or Fe2+-amesite,

(
Fe2+4 Al2

)
(Si2Al2)O10(OH)8;

(3) u = 0, y = 4.67, z = 1.33, x = 2 or (Al4.67�1.33)(Si2Al2)O10(OH)8; this compo-
sition exceptionally rich in Al has no equivalent among the chlorites found in
nature.

(4) u = 0, y = 4, z = 2, x = 0 or (Al4�2)Si4O10(OH)8; this chemical composition
is relatively similar to that of some natural dioctahedral chlorites.

These four nodes and some intermediate compositions are shown in the chlorite
classification diagram ofWiewiora andWeiss (1990) of Fig. 4.9, in which octahedral
R2+ and tetrahedral Si are reported on the abscissa and ordinate axes, respectively,
whereas octahedral Al and vacancies are represented in the grid. Both 181 chemical
analyses of hydrothermal chlorites from different active geothermal systems and 54
chemical analyses of diagenetic chlorites are shown in this plot.

Chlorites, especially those from low-temperature environments, are often inter-
stratified with smectite, vermiculite, saponite, and/or illite. Since the resolution of
the scanning electron microscope is insufficient to establish the possible presence of

Fig. 4.9 Projection of chlorite structural formulae in the plot of tetrahedral Si versus the sum of
octahedral divalent cations, R2+, both expressed in atoms per half unit cell (from Wiewióra and
Weiss 1990). Names of Mg-bearing chlorites are in blue whereas names of Fe2+-bearing chlorites
are in red. Structural formulae refer to 181 hydrothermal chlorites fromdifferent geothermal systems
(see legend) and 54 diagenetic chlorites occurring in deeply buried sandstones from the Gulf Coast
and the Norwegian Continental Shelf (see legend)
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these minerals in the analyzed chlorites, the chemical analyses with (CaO + Na2O
+ K2O) > 0.5 wt% were rejected. This procedure was adopted by previous authors
(e.g., Foster 1962), based on the assumption that these elements are not hosted in the
chlorite lattice.

The considered diagenetic chlorites were obtained from deeply buried sandstones
of both (i) the Gulf Coast area, Texas, where pressure is in the 300–1200 bar interval
and temperature is in the 102–232 °C range (Bourdelle et al. 2013) and (ii) the
Norwegian Continental Shelf at depths of 2393–4967 m, where temperature varies
from 90 to 180 °C (Jahren and Aagaard 1992).

The considered hydrothermal chlorites were sampled from the following active
geothermal systems: Newberry Caldera, Oregon, at 287 °C (Keith and Bargar 1988);
Roosevelt Hot Springs, Utah, in the temperature range 228–253 °C (Ballantyne
1978; Capuano and Cole 1982); Salton Sea, California, in the temperature interval
190–322 °C (McDowell and Elders 1980, 1983); Los Azufres, Mexico, for tempera-
tures ranging from 210 to 310 °C (Cathelineau and Nieva 1985; Cathelineau 1988);
Los Humeros, Mexico, for temperatures varying from 145 to 315 °C (Martinez-
Serrano and Dubois 1998; Martinez-Serrano 2002); Bouillante, Guadeloupe, in
the temperature range 182–260 °C (Mas et al. 2006); Reykjanes, Iceland, in the
temperature interval 170–331 °C (Libbey andWilliams-Jones 2016);Aluto-Langano,
Ethiopia, for temperatures ranging from 180 to 300 °C (Teklemariam et al. 1996);
Tendaho, Ethiopia, for temperatures varying from 165 to 270 °C (Gianelli et al.
1998); Larderello, Italy, in the temperature range 248–315 °C (Boyce et al. 2003);
Pantelleria, Italy, at 256 °C (Fulignati et al. 1997); Broadlands-Ohaaki, NewZealand,
in the temperature interval 267–300 °C (Lonker et al. 1990);Waiotapu, NewZealand,
at temperatures of 285–290 °C (Hedenquist and Browne 1989); Toyoha, Japan, for
temperatures varying from 209 to 298 °C (Inoue et al. 2010).

All these literature data were compiled and their structural formulae were calcu-
lated on the basis of 10 oxygen atoms and 8 hydroxyl groups for a total of 28 nega-
tive charge units. Iron was distributed between Fe2+ and Fe3+ assuming that negative
charges are balanced by the same number of positive charges, which is a reasonable
hypothesis (see above). In this way, Fe2+ resulted to range between 1.08 and 4.33
atoms per half unit cell, whereas Fe3+ turned out to be strongly subordinated, with a
maximum value of 0.39.

The diagram of Fig. 4.9 shows that:

(a) 90% of the hydrothermal chlorites have tetrahedral Si values ranging from 2.7
and 3.2, R2+ varying between 4.4 and 4.9, octahedral Al oscillating from 1.0 to
1.6, and octahedral occupancy of 5.8–6.0;

(b) the diagenetic chlorites have SiIV values generally varying from 2.7 and 3.2,
which compares with the range of the hydrothermal chlorites, but other param-
eters are different, with R2+ usually oscillating between 3.8 and 4.4, octahedral
Al generally ranging from 1.5 to 1.8 and octahedral occupancy of 5.5–5.8.

These differences between the diagenetic and hydrothermal chlorites considered
here (apart from the similarity in tetrahedral Si values) were already underscored by
previous authors (e.g., De Caritat et al. 1993 and references therein).
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Fig. 4.10 Diagram of the Fe2+/(Fe2+ + Mg) atomic ratio versus the octahedral Al value, in atoms
per half unit cell for 181 hydrothermal chlorites from different geothermal systems (see legend)
and 54 diagenetic chlorites occurring in deeply buried sandstones from the Gulf Coast and the
Norwegian Continental Shelf (see legend). Names of Mg-bearing chlorites are in blue whereas
names of Fe2+-bearing chlorites are in red

In the diagram of Fig. 4.9, the Mg-bearing chlorites (whose names are in blue)
cannot be distinguished from the Fe2+-bearing chlorites (whose names are in red)
having the same R2+ value. This distinction is conveniently performed by means of
the plot of Fig. 4.10, in which the Fe2+/(Fe2+ + Mg) ratio is contrasted with the
octahedral Al value.

This diagram highlights that:

(i) The diagenetic chlorites are richer in ferrous iron, with the Fe2+/(Fe2+ + Mg)
ratio ranging from 0.47 to 0.91 and can be considered mixtures of Fe2+-amesite,
amesite, and sheridanite, with the ferrous endmember generally prevailing over
the magnesian components.

(ii) The hydrothermal chlorites have highly variable Fe2+/(Fe2+ + Mg) ratio, from
0.23 to 0.94, that is from Fe2+-rich compositions, close to ripidolite, to Mg-rich
compositions, relatively similar to clinochlore or sheridanite.

Considering separately each geothermal system which is represented by at least 4
chlorite samples (N≥ 4), usually the Fe2+/(Fe2+ +Mg) ratio distributes in a relatively
small range, in the order of 0.21–0.30 units, as is the case of Tendaho (range = 0.21,
N = 6), Roosevelt (range = 0.22, N = 29), Reykjanes (range = 0.23, N = 61),
Larderello (range = 0.26, N = 15), Los Humeros (range = 0.29, N = 11), and
Salton Sea (range= 0.30, N= 12). The 9 chlorite samples from Los Azufres span an



4.4 Chlorites 169

even smaller Fe2+/(Fe2+ + Mg) range, of 0.09 units only, whereas a relatively large
Fe2+/(Fe2+ + Mg) range characterizes the chlorites from Broadlands (range = 0.47,
N = 9), Bouillante (range = 0.49, N = 15), Aluto-Langano (range = 0.56, N = 6),
and Toyoha (range = 0.60, N = 4).

The relatively small Fe2+/(Fe2+ +Mg) range ofmost geothermal systems suggests
that they are hosted in rocks of relatively uniformmineralogical and chemical compo-
sition. In particular, the hydrothermal chlorites from geothermal systems hosted in
silica-rich rocks, such as granite at Larderello (Boyce et al. 2003), have Fe2+-rich
compositions, whereas the hydrothermal chlorites from geothermal systems associ-
ated to silica-poor rocks, such as basalt at Reykjanes (Libbey and Williams-Jones
2016) have Mg-rich compositions.

In contrast, the relatively large Fe2+/(Fe2+ +Mg) range of Broadlands, Bouillante,
Aluto-Langano, and Toyoha calls for either (i) the occurrence of rocks of different
mineralogical and chemical composition, for instance basalts and silicic ignimbrites
at Aluto-Langano (Teklemariam et al. 1996) or (ii) the local presence of mineralized
zones bearing sulfide minerals, as is the case of Broadlands (Weissberg et al. 1979)
and Toyoha (Inoue et al. 2010), or (iii) the occurrence of successive alteration stages
during the thermal history of the geothermal system, as is the case of Bouillante (Mas
et al. 2006).

These findings agree with what was recognized long ago by Albee (1962), who
pointed out that chlorite chemistry depends upon the composition of both the rock
and the minerals associated with it. This matter was thoroughly discussed by De
Caritat et al. (1993).

Also fluids can control to some extents the composition of chlorites. For instance,
the Mg-rich chlorites of Reykjanes and Bouillante might be due to the inflow of
Mg-rich seawater into these geothermal systems, as suggested by Arnórsson for
Reykjanes and Sanjuan et al. (2001) for Bouillante.

4.4.3 The Activities of Clinochlore and Chamosite
in Hydrothermal and Diagenetic Chlorites

Following Helgeson et al. (1978), Aagaard and Helgeson (1983), Helgeson and
Aagaard (1985), and Aagaard and Jahren (1992), the activity of clinochlore, aClc,
and the activity of chamosite, aChm, in the chlorite solid solutions of interest were
calculated by means of the following relations:

aClc = kClc · X5
Mg,O · XAl,O · XAl,T · X3

Si,T (4.25)

aChm = kChm · X5
Fe2+,O · XAl,O · XAl,T · X3

Si,T (4.26)

which are based on the hypothesis of random mixing of atoms on energetically
equivalent sites. In Eqs. (4.25) and (4.26):



170 4 The Hydrothermal Minerals

kClc = kChm = 141.55776 are constants relating the inter- and intra-crystalline
standard states;

XMg,O, XFe2+,O, and XAl,O are the mole fractions of magnesium, divalent iron, and
aluminum, on the octahedral sites;

XAl,T and XSi,T are the mole fractions of aluminum and silicon on the tetrahedral
sites.

The selected 181 hydrothermal chlorites have:

(i) activity of the clinochlore endmember varying from 4.39 × 10−7 to 0.250, with
an average of 0.0553, a median of 0.0451 and a standard deviation of 0.0484,
and

(ii) activity of the chamosite endmember ranging from 6.77 × 10−4 to 0.589, with
an average of 0.0480, a median of 0.0173 and a standard deviation of 0.0794.

The 54 diagenetic chlorites considered in this work have:

(i) activity of the clinochlore endmember ranging from 4.04 × 10−6 to 0.0333,
with an average of 0.00513, a median of 0.00216 and a standard deviation of
0.00832, and

(ii) activity of the chamosite endmember varying from 0.0194 to 0.539, with an
average of 0.135, a median of 0.0875 and a standard deviation of 0.110.

As shown in the diagram of Fig. 4.11a, the activities of both endmembers in
the considered chlorite solid solutions are linked by a hyperbolic relationship,
which reflects the tight inverse correlation between XMg,O and XFe2+,O (Fig. 4.11b;
R-squared = 0.891, N = 235).

The activities of both clinochlore and chamosite are poorly correlated with the
temperature measured at the depth of provenance of the chlorite samples, as shown

Fig. 4.11 Plots of a the activity of clinochlore, aClc, versus the activity of chamosite, aChm, and b the
mole fraction of octahedral Fe2+ versus the mole fraction of octahedral Mg for 181 hydrothermal
chlorites from different geothermal systems (see legend) and 54 diagenetic chlorites occurring in
deeply buried sandstones from the Gulf Coast and the Norwegian Continental Shelf (see legend)
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Table 4.5 Squared linear
regression coefficients of the
pairs aClc–temperature and
aChm–temperature for the
entire chlorite dataset as well
as for each geothermal system
which is represented by at
least 4 chlorite samples

System N R2 [aClc-T] R2 [aChm-T]

Reykjanes 59 0.321 0.162

Gulf Coast 38 0.046 0.003

Roosevelt 29 0.00007 0.003

Norway 16 0.157 0.488

Larderello 15 0.147 0.121

Bouillante 15 0.112 0.037

Salton Sea 12 0.203 0.491

Los Humeros 11 0.073 0.494

Broadlands 9 0.024 0.354

Los Azufres 9 0.006 0.021

Tendaho 6 0.0002 0.042

Aluto-Langano 6 0.003 0.353

Toyoha 4 0.831 0.854

All dataset 237 0.133 0.112

by the squared linear regression coefficients of the pairs aClc–temperature and aChm–
temperature for the entire dataset as well as for each geothermal system which is
represented by at least 4 chlorite samples (Table 4.5). The only exception is the
Toyoha geothermal field, but the relatively high R2 values are probably fortuitous,
also taking into account the low number of available samples.

The lack of correlation between temperature and the activities of both clinochlore
and chamosite in the chlorite solid solution is not surprising considering that,
according to De Caritat et al. (1993) and other authors, there is a lack of confidence in
applying the chlorite geothermometers which have been designed by several workers
to obtain indications of palaeo-temperature from chlorite composition and structure.

4.4.4 The Thermodynamic Properties of Chlorites

The only minerals of the chlorite group considered by Helgeson et al. (1978) are 7Å-
clinochlore and 14Å-clinochlore, both of stoichiometry Mg5Al2Si3O10(OH)8. The
clinochlore with 7Å basal spacing is metastable with respect to its 14Å counterpart
at all temperatures and pressure. According to Helgeson et al. (1978), the reason
for this is probably the relatively high activation energy required for the conversion
of 7Å-clinochlore to the 14Å variety. This hypothesis could explain the persistence
of 7Å-clinochlore in weathering profiles, sedimentary environments, hydrothermal
alteration zones, and laboratory experiments at temperatures lower than 400–500 °C.
Accepting this explanation, 7Å-clinochlore is the clinochlore variety of interest for
this work.

As shown by Table 4.6, the thermodynamic data of seven chlorite minerals are
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listed by both Holland and Powell (1998) and Holland and Powell (2011), namely
Ordered Clinochlore [Mg5Al2Si3O10(OH)8], Al-free chlorite [Mg6Si4O10(OH)8],
14Å-Amesite [Mg4Al4Si2O10(OH)8], Daphnite [Fe5Al2Si3O10(OH)8], Mn-
chlorite [Mn5Al2Si3O10(OH)8], Sudoite [Mg2Al4Si3O10(OH)8], and Fe-Sudoite
[Fe2Al4Si3O10(OH)8]. Incidentally, the term chamosite should be used instead of
daphnite, for consistency with the chlorite classification of Wiewiora and Weiss
(1990).

Since the 14Å basal spacing is specified only for amesite, we assume that all the
other compositions have 7Å basal spacing. If so, the �G°f and �H°f values reported
by Holland and Powell (1998) for clinochlore differ from those of Helgeson et al.
(1978) by 17887 cal mol−1 and 21091 cal mol−1, respectively, whereas the�G°f and
�H°f values given by Holland and Powell (2011) deviate from those of Helgeson
et al. (1978) by 14845 cal mol−1 and 16160 cal mol−1, respectively.Moreover, for the
same mineral, there are differences from 1404 to 6298 cal mol−1 in �G°f and from
1781 to 8910 cal mol−1 in �H°f between the database of Holland and Powell (1998)
and that of Holland and Powell (2011). Again, due to these considerable differences
in the thermodynamic data stored for clinochlore in the different thermodynamic
databases, it is not possible to put together the data from distinct databases because
it would be equivalent to mix apples and oranges.

Following the approach outlined in Sect. 2.2.1, it is advisable to consider the chlo-
rite solid solution with average activity of clinochlore, aClc = 0.0553, and to compute
the Gibbs free energy and the thermodynamic equilibrium constant of its dissolu-
tion reaction. The results obtained considering the 7Å-clinochlore thermodynamic
data of Helgeson et al. (1978) are listed in Table 4.7 as a function of temperature
together with the standard molal Gibbs free energies and the natural and decimal
logarithms of the thermodynamic equilibrium constant of the dissolution reaction of
pure 7Å-clinochlore:

Table 4.7 Standard molal Gibbs free energies and natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of both pure 7Å-clinochlore and
the chlorite solid solution with average activity of clinochlore as a function of temperature

T �rG◦
Clc �rG◦

Clc,aa ln KClc ln KClc,aa log KClc log KClc,aa

°C cal mol−1 cal mol−1

0 −98,377 −96,806 181.2380 178.3431 78.7107 77.4534

25 −94,465 −92,750 159.4385 156.5435 69.2432 67.9860

60 −88,148 −86,231 133.1465 130.2515 57.8248 56.5675

100 −80,703 −78,556 108.8337 105.9387 47.2659 46.0086

150 −71,323 −68,889 84.8188 81.9238 36.8363 35.5791

200 −61,652 −58,930 65.5700 62.6750 28.4767 27.2194

250 −51,199 −48,189 49.2484 46.3534 21.3883 20.1310

300 −39,258 −35,961 34.4681 31.5731 14.9693 13.7120
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Mg5Al2Si3O10(OH)8 + 16 H+ = 5 Mg2+ + 2 Al3+ + 3 SiO2(aq) + 12 H2O
(4.27)

4.5 Epidotes

4.5.1 Main Characteristics and Nomenclature
of the Minerals of the Epidote Group

The following notes on the nomenclature and main features of the minerals of the
epidote group are largely based on the review paper of Franz and Liebscher (2004).
The minerals of the epidote group are monoclinic sorosilicates with the general
formula A2M3[Si2O7][SiO4]O(OH) indicating the presence of both SiO4 tetrahedra
and Si2O7 groups, as well as the M cations in six-fold octahedral coordination
and the A cations in eight-fold coordination (further details in the next section).
Orthorhombic zoisite is a polymorph of clinozoisite and is structurally very similar
to the monoclinic minerals of the epidote group.

According to the Commission on New Minerals, Nomenclature and Classifi-
cation (CNMNC) of the International Mineralogical Association (IMA) on the
nomenclature of epidote minerals:

(i) The term epidote refers to the mineral, the whole mineral group and the
composition Ca2(Al2Fe3+)[Si2O7][SiO4]O(OH). To avoid confusion, the terms
epidote and epidote component (or endmember) are used in this book to indi-
cate themineral/mineral group and the solid solution component (endmember),
respectively.

(ii) The name clinozoisite identifies the stoichiometry
Ca2Al3[Si2O7][SiO4]O(OH).

(iii) The term piemontite refers to the composition
Ca2(Al2Mn3+)[Si2O7][SiO4]O(OH).

(iv) The name mukhinite identifies the stoichiometry
Ca2(Al2V3+)[Si2O7][SiO4]O(OH).

(v) The terms allanite-Ce, allanite-La, allanite-Nd, and allanite-Y refer to the
composition [Ca(REE)](Al2Fe2+)[Si2O7][SiO4]O(OH), in which REE = Ce,
La, Nd, and Y, respectively.

The name tawmawite was used for the Cr3+ endmember,
Ca2(Al2Cr3+)[Si2O7][SiO4]O(OH), but is not approved by IMA. Also the term
pistacite, which was utilized to describe either Fe3+-rich epidotes of stoichiom-
etry close to Ca2(Al2Fe3+)[Si2O7][SiO4]O(OH) or the hypothetical endmember
Ca2Fe

3+
3 [Si2O7][SiO4]O(OH) should generally be avoided.

Most monoclinic epidote minerals occurring in geological systems belong to the
clinozoisite-epidote solid solution series with epidote mole fractions, XEp, usually
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lower than 0.4, whereas compositions with XEp as high as 0.4–0.5 were rarely found.
Natural binary solid solutions along the clinozoisite-piemontite join are uncommon
because most samples also contain Fe3+. In addition, the octahedral M sites can be
rarely occupied by Cr3+ and V3+, whereas the concentration of the divalent cations
Fe2+, Mn2+, and Mg2+ on these sites is usually very low. The A sites generally house
Ca2+, which can be substituted by Sr2+, Ba2+, Pb2+, and REE3+. Allanite minerals
exhibit larger and more complex compositional variations, according to the formula
[(Ca,Ce,La,Y)2(Al,Fe3+,Fe2+,Mn2+)3[Si2O7][SiO4]O(OH)].

Orthorhombic zoisite exhibits composition closer to the endmember stoichiom-
etry Ca2Al3Si3O12(OH) than themonoclinicminerals of the epidote group. Similar to
what occurs in monoclinic epidotes, Fe3+, Mn3+, Cr3+, and V3+ substitute for Al3+ in
the octahedral M sites (although the mole fraction of Fe3+ is usually≤0.15), whereas
Sr2+ and Pb2+ substitute for Ca2+ in the A sites of zoisite.

Usually, hydrothermal epidote from active geothermal systems shows a wide
interval in octahedral substitution ofAl3+ for Fe3+, with important oscillatory or irreg-
ular compositional zoning. These variable characteristics of hydrothermal epidote
are due to the variations, in time and space, of temperature, permeability, and fluid
parameters such as flux, pH, CO2 partial pressure, redox potential, and the aqueous
speciation of Al and Fe (Bird and Spieler 2004).

4.5.2 The Crystal Chemistry of Epidote Solid Solutions

This section ismainly focused on the equilibriummixingmodel of Bird andHelgeson
(1980) and, therefore, it is largely derived from their article. Epidote solid solutions
can be represented by the following crystallochemical formula:

AVIII
2 M(1)VI M(2)VI M(3)VITIV

3 O12(OH),

in which:

• AVIII refers to the two large eight-fold coordinated sites, which are predominantly
occupied by Ca2+ ions;

• M(1)VI, M(2)VI, and M(3)VI indicate the three six-fold coordinated octahedral
sites, which are energetically different and are occupied by Al3+ and Fe3+ ions;

• T stands for the three tetrahedral sites, which are almost completely occupied by
Si4+ ions.

Crystal structure site refinements and Mössbauer spectral data indicate that the
Fe3+ ions are mainly housed by the largest and most distorted M(3)VI octahedral
sites, although minor quantities of Fe3+ occur also in the M(1)VI sites. In contrast,
theM(2)VI sites contain onlyAl3+ ions. According to Bird andHelgeson (1980), Fe3+

ions are only present in the M(3) octahedral sites if epidote is completely ordered,
whereas octahedral disordering of epidote can be represented by the following
reaction:
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Ca2AlM(1)AlM(2)FeM(3)Si3O12(OH) → Ca2(Al1−xFex)M(1)AlM(2)(AlxFe1−x)M(3)

Si3O12(OH)

where x represents the mole fraction of Fe3+ ion on theM(1) sites. Bird and Helgeson
(1980) defined an ordering parameter for epidote, σ = 1 − 2x, which assumes the
value 1 if themineral is fully ordered andbecomes equal to 0 if it is entirely disordered.
The intracrystalline exchange reaction of Al3+ and Fe3+ ions among the M(1) and
M(3) sites:

Fe3+M(3) + Al3+M(1) ↔ Fe3+M(1) + Al3+M(3) (4.28)

is regulated by the intracrystalline standard state equilibrium constant:

K =
aFe3+M(1)

· aAl3+M(3)

aFe3+M(3)
· aAl3+M(1)

, (4.29)

which is a temperature function as expressed by the relation:

log K = −1523.4 ·
(
1

T
− 1

Tr

)
− 5.0, (4.30)

with Tr = 298.15. Assuming that the ratios between the activity coefficients of Al3+

and Fe3+ ions on the M(1) and M(3) sites are equal to 1, it follows that the ordering
parameter σ is related to K by the relation:

arctanh σ = −(ln K)/4. (4.31)

Therefore, it is possible to compute σ, knowing or assuming a suitable temperature
value. Following Bird and Helgeson (1980), the next step is the calculation of the
mole fraction of Fe3+ ions on the M(3) sites using the relation:

XFe3+M(3)
= −

[
XEp

K − 1
+

(
K · (1 − XEp) + XEp + 1

2 · (K − 1)

)2
]0.5

− K · (1 − XEp) + XEp + 1

2 · (K − 1)
(4.32)

which is written in a simplified form, that is assuming absence of ions other than
Al3+ and Fe3+ on the M(3) sites. Then, the mole fractions of Fe3+ and Al3+ ions on
the M(1) sites and the mole fraction of Al3+ ions on the M(3) sites are computed by
means of the equations:

XFe3+M(1)
= XEp − XFe3+M(3)

(4.33)
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XAl3+M(1)
= 1 − XFe3+M(1)

(4.34)

XAl3+M(3)
= 2 − XEp − XAl3+M(1)

. (4.35)

Themole fractions computed bymeans of Eqs. (4.32) through (4.35) are then used
to calculate the activities of the clinozoisite and epidote endmembers based on the
hypothesis of random mixing of atoms on energetically equivalent sites (Helgeson
et al. 1978; Bird and Helgeson 1980; Bird and Norton 1981; Helgeson and Aagaard
1985):

aCzo = X2
Ca2+A

· XAl3+M(1)
· XAl3+M(3)

· X3
Si4+T

(4.36)

aEp = kEp · X2
Ca2+A

·
(
XAl3+M(1)

· XFe3+M(3)

) 1+σ
2 ·

(
XAl3+M(3)

· XFe3+M(1)

) 1−σ
2 · X3

Si4+T
(4.37)

where kEp is the constant relating the inter- and intra-crystalline standard states,
which is given by:

kEp =
(
1 + σ

2

)−(1+σ)

·
(
1 − σ

2

)−(1−σ)

. (4.38)

The equilibrium model of Bird and Helgeson (1980) for partitioning of Al3+ and
Fe3+ ions among the M(1) and M(3) sites in epidote was based on the data available
at that time. In subsequent researches, the order-disorder degree was found either
higher than theoretically predicted by the equilibrium model or in good agreement
with model’s predictions or lower than theoretically predicted by the model (Franz
and Liebscher 2004). In spite of possible limitations, the model of Bird and Helgeson
(1980) is used in the next section, first, to calculate the equilibrium distribution of
Al3+ and Fe3+ ions among the M(1) and M(3) sites in epidote solid solutions coming
from active geothermal systems, starting from the analytical data, and second, to
compute the activities of the epidote and clinozoisite components of the epidote
solid solutions of interest.

4.5.3 The Activities of Clinozoisite and Epidote Endmembers
in Hydrothermal Epidote Solid Solutions

A total of 436 chemical analyses of epidote solid solutions collected in deep
geothermal wells at variable depths and temperatures were compiled. Most samples,
for a total of 259, come from thegeothermal systemofReykjanes, Iceland, at tempera-
tures of 176–345 °C (mainly fromLibbey andWilliam-Jones 2016 and subordinately
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fromFowler et al. 2015 andOttolini et al. 2012). Of the remaining 177 chemical anal-
yses, 57 are from Larderello, Italy, at temperatures of 250–368 °C (Cavarretta et al.
1980, 1982), 40 are fromMilos, Greece, at temperatures of 305–323 °C (Liakopoulos
1987), 23 are from Salton Sea, California, at temperatures of 250–353 °C (Keith et al.
1968; Bird et al. 1988; Cho et al. 1988; Shearer et al. 1988), 14 are fromLosHumeros,
Mexico, at temperatures of 235–350 °C (Martinez-Serrano 2002), 9 are from Waio-
tapu, New Zealand, at temperatures of 220–285 °C (Hedenquist and Browne 1989),
8 are from Cerro Prieto, Mexico, at temperatures of 325–350 °C (Schiffman et al.
1985), 8 are from Kakkonda, Japan, at temperatures of 225–285 °C (Muramatsu
and Doi 2000; Sawaki et al. 2001), 8 are from Onikobe, Japan, at temperatures of
125–173 °C (Seki et al. 1983), 4 are from Broadlands, New Zealand, at temperatures
of 260–300 °C (Lonker et al. 1990), 2 are from Hachimantai, Japan, at temperatures
of 200–230 °C (Shimazu and Yajima 1973), 2 are from Newberry Caldera, Oregon,
at temperature of 260 °C (Keith and Bargar 1988), and 2 are from Miravalles, Costa
Rica, at temperature of 240 °C (Milodowski et al. 1989).

Clinozoisite is the main component of these hydrothermal epidote solid solu-
tions, with mole fraction varying between 0.527 and 0.893, both average and median
equal to 0.728, and standard deviation of 0.061. Being the complement to 1 of the
clinozoisite mole fraction, the epidote component mole fraction ranges from 0.107
to 0.463, both average and median are equal to 0.272, and standard deviation is
the same of clinozoisite, 0.061. Consequently, available data are positioned along
a line of slope-1 in the correlation plot of the clinozoisite mole fraction versus the
epidote component mole fraction (Fig. 4.12a). The composition of the considered
hydrothermal epidote solid solutions compares with that of most monoclinic epidote
minerals occurring in different geological systems.

Fig. 4.12 Plots of a the clinozoisite mole fraction versus the epidote component mole fraction and
b the activity of clinozoisite versus the activity of the epidote component for 436 hydrothermal
epidote solid solutions from different geothermal systems (see legend)
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The activity of clinozoisite varies between0.523 and0.888,with ameanof 0.703, a
median of 0.706, and a standard deviation of 0.057,whereas the activity of the epidote
component ranges from 0.115 to 0.495, with an average of 0.288, a median of 0.287
and a standard deviation of 0.066. Also in the correlation diagram of the activity of
clinozoisite versus the activity of the epidote component (Fig. 4.12b), sample points
are distributed along a line of slope-1, because activities of both clinozoisite and
epidote endmembers are not very different from the corresponding mole fractions.
Nevertheless, in Fig. 4.12b there is a considerable scatter, which is evidently due to
varying deviations from ideality.

Such deviations are described by the activity coefficients of both clinozoisite
and epidote endmembers which were computed by means of Eq. (2.3) solved with
respect to λ. Interestingly, the activity coefficient of clinozoisite is usually <1, with
minimumof 0.763 andmaximumof 1.001, whereas the activity coefficient of epidote
is generally >1, up to a maximum of 1.129, even though its minimum value is
0.839 (Fig. 4.13a). However, average and median are close to unity, being 0.966 and
0.973, respectively, for clinozoisite and 1.060 and 1.066, respectively, for the epidote
component. The standard deviation is small in both case, with 0.028 for clinozoisite
and 0.035 for the epidote component.

These deviations from ideality are ascribable to the varying degree of substitu-
tional order/disorder which is a temperature function, as defined by Eq. (4.30) and
shown in Fig. 4.13b, according to the equilibriummodel ofBird andHelgeson (1980).

The temperature measured at the depth of collection of hydrothermal epidote was
considered in calculations, although observed mineral alteration may have formed
under thermal conditions different from contemporary temperatures. In addition,
Arnórsson (1995) noted that the number of hydrothermal minerals reported in a

Fig. 4.13 Plots of a the activity coefficient of clinozoisite versus the activity coefficient of the
epidote component and b the ordering parameter σ versus the measured temperature, for 436
hydrothermal epidote solid solutions from different geothermal systems (see legend)
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single drill hole sample is commonly greater than permitted by consideration of the
phase rule, indicating that secondary mineral assemblages may form over a range
of temperatures and fluid compositions, and that metastable phase relations are not
uncommon.

The hydrothermal epidote samples appear to be relatively ordered, as indicated
by the range of the ordering parameter σ, from 0.863 to 0.973, with a mean of 0.905,
a median of 0.904, and a standard deviation of 0.018. However, deviations from the
equilibrium distribution predicted by the model of Bird and Helgeson (1980) are
possible, due to occurrence of metastable states of substitutional order/disorder on
the octahedral sites. For instance, this condition was ascertained by means of 57Fe
Mössbauer spectroscopy for four epidote samples from the State 2–14 drill hole,
Salton Sea (Bird et al. 1988) and for the epidotes from the fossil geothermal system
of Saint Martin (Patrier et al. 1991), see also Liebscher (2004).

4.5.4 The Thermodynamic Properties of Epidotes

The thermodynamic properties of four minerals of the epidote group are reported
by Helgeson et al. (1978), namely clinozoisite and zoisite, both of chemical formula
Ca2Al3Si3O12(OH), as well as epidote (which refers to the stable state of substi-
tutional order/disorder at any pressure and temperature) and ordered epidote, both
of stoichiometry Ca2FeAl2Si3O12(OH). Holland and Powell (1998) estimated the
thermodynamic properties of four minerals of the epidote group, again clinozoisite
and zoisite, both of chemical formula Ca2Al3Si3O12(OH), and ordered epidote of
stoichiometry Ca2FeAl2Si3O12(OH), as well as a solid phase richer in Fe3+, called
Fe-epidote, of chemical composition Ca2Fe2AlSi3O12(OH). Monoclinic epidote
minerals were treated as regular solid solutions of clinozoisite, ordered epidote, and
Fe-epidote extending the model of Bird and Helgeson (1980) through incorporation
of non-ideal mixing. Holland and Powell (2011) revised the thermodynamic prop-
erties of the four minerals of the epidote group considered by Holland and Powell
(1998) and estimated also the thermodynamic properties of ordered piemontite, of
chemical formula Ca2MnAl2Si3O12(OH). All these data are reported in Table 4.8.

The �G°f and �H°f reported by Holland and Powell (1998) differ from those
of Helgeson et al. (1978) by 4570 and 4467 cal mol−1 for clinozoisite, 951 and
286 cal mol−1 for ordered epidote, and 4456 and 4667 cal mol−1 for zoisite. The
�G°f and �H°f listed by Holland and Powell (2011) differ from those of Helgeson
et al. (1978) by 3927 and 3824 cal mol−1 for clinozoisite, 2582 and 2843 cal mol−1

for ordered epidote, and 3963 and 4103 cal mol−1 for zoisite. Besides, for the same
mineral, there are differences from 493 to 4071 cal mol−1 in �G°f and from 564 to
6066 cal mol−1 in�H°f between the database of Holland and Powell (1998) and that
of Holland and Powell (2011).

A very detailed analysis of the thermodynamic properties of zoisite, orthoepi-
dote, clinozoisite, and epidote was performed by Gottschalk (2004), who examined
inter alias the experimental measurements carried out by several authors, as well as
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Table 4.9 Standard molal Gibbs free energies and natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of both pure clinozoisite and
the epidote solid solution with average activity of clinozoisite as a function of temperature

T �rG◦
Czo �rG◦

Czo,aa ln KCzo ln KCzo,aa log KCzo log KCzo,aa

°C cal mol−1 cal mol−1

0 −59,755 −59,564 110.0855 109.7331 47.8095 47.6565

25 −56,211 −56,002 94.8732 94.5208 41.2029 41.0499

60 −50,204 −49,971 75.8325 75.4801 32.9336 32.7806

100 −42,797 −42,536 57.7148 57.3624 25.0652 24.9122

150 −33,067 −32,771 39.3240 38.9716 17.0782 16.9251

200 −22,723 −22,392 24.1671 23.8147 10.4956 10.3426

250 −11,420 −11,054 10.9849 10.6325 4.7707 4.6176

300 1379 1780 −1.2107 −1.5631 −0.5258 −0.6789

the values reported in internally consistent datasets, underscoring the discrepancies
between different sources and the missing pieces of information.

Finally, the recommended values of the thermodynamic parameters are listed by
Gottschalk (2004), but no supporting motivation is given. The concluding statement
of Gottschalk (2004) “However, the specific choice of a value might be somewhat
subjective and reflects the opinion of the author” might seem disappointing at the
end of such a thorough review. However, it is a further example of the impossibility
to select reliable values of thermodynamic properties by focusing the attention on
a single group of minerals only. A much wider analysis is needed to establish the
internal consistency of the whole thermodynamic database.

Adopting the approach described in Sect. 2.2.1, it is advisable to consider the
epidote solid solution with average activity of clinozoisite, aCzo = 0.703, and to
compute the Gibbs free energy and the thermodynamic equilibrium constant of its
dissolution reaction. The results obtained taking into account the clinozoisite ther-
modynamic data of Helgeson et al. (1978) are listed in Table 4.9 as a function of
temperature together with the standard molal Gibbs free energies and the natural and
decimal logarithms of the thermodynamic equilibrium constant of the dissolution
reaction of pure clinozoisite:

Ca2Al3Si3O12(OH) + 13 H+ = 2 Ca2+ + 3 Al3+ + 3 SiO2(aq) + 7 H2O. (4.39)

4.6 Prehnite

As indicated by several authors (e.g., Papike and Zoltai 1967; Baur et al. 1990), there
are two prehnite polymorphs, namely monoclinic clinoprehnite and orthorhombic
orthoprehnite, which in turn have two distinct structures according to Akizuki
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(1987). The two prehnite polymorphs have very similar unit cell volumes, 469.5(1)
and 468.7(2) Å3, respectively, and supposedly a tiny energetic difference, as also
suggested by their close association in nature (Baur et al. 1990). Therefore, the two
polymorphs of prehnite are not distinguished in the following discussion.

4.6.1 The Crystal Chemistry of Prehnite/Ferri-Prehnite Solid
Solutions

Single crystal structure analyses (e.g., Preisinger 1965; Papike andZoltai 1967; Zunić
et al. 1990; Baur et al. 1990; Artioli et al. 1995; Akasaka et al. 2003) indicate that
prehnite solid solutions have seven-coordinated sites A filled by Ca2+, octahedral
sites M(1) containing both Al3+ and Fe3+, and two different types of tetrahedral sites
T1 and T2. The T1 sites are entirely occupied by Si4+ or nearly so, whereas the
T2 sites house Al3+ and Si4+ in variable degrees of order-disorder. The structural
formula of prehnite solid solutions can thus be written as (Bird and Helgeson 1980,
modified):

Ca2
[
Al(1−y)Fey

]M(1)
(Si)T12

(
Al(1−x)Six

)T2
O10(OH)2

where y is the mole fraction of Fe3+ on the octahedral sites M(1) and x is the mole
fraction of Si4+ on the tetrahedral sites T2.

Prehnite solid solutions fromnatural systems showconsiderable octahedral substi-
tution of Fe3+ for Al3+, which may be as high as 60 mol percent based on the chem-
ical analyses of this mineral from different metamorphic environments (Bird and
Helgeson 1980, and references therein), whereas other compositional variations are
very limited. In fact, sodium, potassium, magnesium, ferrous iron and manganese
substitution for calcium on the seven-coordinated sites, as well as the substitution
of Fe3+ or Al3+ for Si4+ on the tetrahedral sites are usually lower than 0.1 atoms per
formula unit.

Under the hypotheses of random intrasitemixing and equal interaction of Al3+ and
Fe3+ on the octahedral sites M(1) and Al3+ and Si4+ on the tetrahedral sites T2, the
activity of the prehnite endmember [Ca2Al(AlSi3)O10(OH)2] and the ferri-prehnite
component [Ca2Fe(AlSi3)O10(OH)2] in prehnite solid solutions are calculated by
means of the relations (Helgeson et al. 1978; Helgeson and Aagaard 1985):

aPrh = kPrh · X2
Ca2+A

· XAl3+M(1)
· (XAl3+T2

· XSi4+T2
) (4.40)

aFe−Prh = kFe−Prh · X2
Ca2+A

· XFe3+M(1)
· (XAl3+T2

· XSi4+T2
) (4.41)

where kPrh = kFe-Prh = 4 are the constants relating the inter- and intra-crystalline
standard states.
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4.6.2 The Endmember Activities in Hydrothermal
Prehnite/Ferri-Prehnite Solid Solutions

In thiswork, a total of 127 chemical analyses of prehnite solid solutions obtained from
deep geothermal wells at different temperatures and depths were compiled. Most
of these chemical analyses, namely 96, comes from the two geothermal systems
of Darajat, Indonesia (N = 61, temperatures 225–350 °C; Herdianita 2012) and
Reykjanes, Iceland (N = 35; temperatures 170–342 °C; Libbey and Williams-Jones
2016). Of the other 31 chemical analyses, 14 are from Onikobe, Japan (temperatures
112–173 °C; Seki et al. 1983), 7 are from Cerro Prieto, Mexico (temperatures 325–
350 °C; Schiffman et al. 1985), 4 are from Heber (temperature 175 °C; Wheeler
et al. 2001), 3 are from Kakkonda, Japan (temperature 225 °C; Muramatsu and Doi
2000), 1 is from Larderello, Italy (temperature 290 °C; Cavarretta et al. 1982), 1 is
from Miravalles (temperature 240 °C; Milodowski et al. 1989), and 1 is from Krafla
(temperature not specified; Kristmannsdóttir 1979).

The plots of Fig. 4.14a, b are very similar because the activities of the prehnite
and ferri-prehnite endmembers computed by means of Eqs. (4.40) and (4.41) are
nearly equal to the mole fractions of Al3+ and Fe3+ on the octahedral sites M(1),
respectively. Since XAl3+M(1)

+ XFe3+M(1)

∼= 1 and aPrh + aFe−Prh
∼= 1, most prehnite solid

solutions are situated close to the line of equation XFe3+M(1)
= 1−XAl3+M(1)

in Fig. 4.14a
and to the line of equation aFe-Prh = 1 − aPrh in Fig. 4.14b.

Prehnite is the main component of most hydrothermal prehnite solid solutions,
with activities ranging between 0.373 and 0.998, average of 0.763, median of 0.779,

Fig. 4.14 Plots of a the mole fraction of Al3+ on the octahedral sites M(1) versus the mole fraction
of Fe3+ on the octahedral sitesM(1) and b the activity of prehnite versus the activity of ferri-prehnite
for 127 prehnite solid solutions from different active geothermal systems (see legend). The dashed
line corresponds to the equations XFe3+M(1)

= 1 − XAl3+M(1)
in a an aFe-Prh = 1 − aPrh in b
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and standard deviation of 0.154. The activity of ferri-prehnite varies from 0.000 to
0.564, with average of 0.210, median of 0.190, and standard deviation of 0.148.

Interestingly, the prehnite solid solutions from the geothermal systems hosted in
basaltic rocks, such as Reykjanes and Onikobe, are generally richer in ferri-prehnite
than the prehnite samples from the geothermal systems housed in granites or clastic
sedimentary rocks, such as Larderello, Cerro Prieto, and especially Kakkonda, where
prehnite is Fe-free. The hydrothermal prehnite samples of Darajat distribute over the
whole compositional range, although the solid solutions rich in prehnite are more
abundant than those rich in ferri-prehnite.

4.6.3 The Thermodynamic Properties of Prehnite

Helgeson et al. (1978), Holland and Powell (1998), and Holland and Powell
(2011) report the thermodynamic properties of prehnite of stoichiometry
Ca2Al2Si3O10(OH)2, but Holland and Powell (2011) give also the thermodynamic
parameters of ferri-prehnite of composition Ca2FeAlSi3O10(OH)2 and describe devi-
ation from ideality of prehnite solid solutions in terms of a regular solution model.
According to Helgeson et al. (1978), the standard state molal �G°f, �H°f, and S°
at 25 °C, 1 bar of prehnite should be regarded as provisional approximations. All
these thermodynamic data of prehnite and ferri-prehnite are reported in Table 4.10,
showing that the �G°f and �H°f of Holland and Powell (1998) differ from those of
Helgeson et al. (1978) by 1702 and 502 cal mol−1, respectively, whereas the �G°f
and �H°f of Holland and Powell (2011) differ from those of Helgeson et al. (1978)
by 1449 and 248 cal mol−1, respectively.

Employing the approach described in Sect. 2.2.1, it is advisable to consider the
prehnite/ferri-prehnite solid solution with average activity of prehnite, aPrh = 0.763,
and to compute the Gibbs free energy and the thermodynamic equilibrium constant
of its dissolution reaction. The results obtained taking into account the prehnite
thermodynamic data of Helgeson et al. (1978) are listed in Table 4.11 as a function
of temperature together with the standard molal Gibbs free energies and the natural
and decimal logarithms of the thermodynamic equilibrium constant of the dissolution
reaction of pure prehnite:

Ca2Al2Si3O10(OH)2 + 10 H+ = 2 Al3+ + 2 Ca2+ + 3 SiO2(aq) + 6 H2O. (4.42)
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Table 4.11 Standard molal Gibbs free energies and natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of both pure prehnite and the
prehnite/ferri-prehnite solid solution with average activity of prehnite as a function of temperature

T(°C) �rG◦
Prh �rGo

Prh,aa ln KPrh ln KPrh,aa log KPrh log KPrh,aa

cal mol−1 cal mol−1

0 −44,958 −44,811 82.8253 82.5548 35.9706 35.8531

25 −43,057 −42,897 72.6718 72.4013 31.5610 31.4435

60 −39,407 −39,228 59.5238 59.2533 25.8509 25.7334

100 −34,749 −34,548 46.8615 46.5910 20.3517 20.2342

150 −28,569 −28,342 33.9749 33.7044 14.7551 14.6376

200 −21,965 −21,711 23.3609 23.0904 10.1455 10.0280

250 −14,682 −14,401 14.1226 13.8521 6.1334 6.0159

300 −6292 −5984 5.5243 5.2538 2.3992 2.2817

4.7 Laumontite and Wairakite

4.7.1 Main Characteristics of Ca-Zeolites

Laumontite and wairakite are the two most common zeolites in active
geothermal systems (e.g., Browne 1978; Kristmannsdóttir and Tomasson 1976),
together with heulandite [(Na,K,Ca0.5)10(A110Si26O72)·24H2O] − clinoptilolite
[(Na,K,Ca0.5)5.4 (A15.4Si30.6O72) · 20 H2O], forming a continuous composi-
tional series (Bish and Boak 2001). Less frequent zeolites comprise stilbite
[NaCa4(Al9Si27O72) · 30 H2O], chabazite [(Ca0.5,Na,K)4(A14Si8O24) · 12 H2O],
thomsonite [Ca7Na5(Al19Si21O80) · 24 H2O], scolecite [Ca8(Al16Si24O80) · 24 H2O],
mordenite [Na3Ca2K(Al8Si40O96) · 28 H2O], yugawaralite [Ca2(Al4Si12O32) · 8
H2O], levyne [(Ca0.5,Na)6(A16Si12O36) · 18 H2O], gismondine [Ca4(Al8Si8O32) ·
16 H2O], and gmelinite [(Na,K,Ca0.5)8(Al8Si16O48) · 22 H2O].

Only laumontite and wairakite are considered in this work, because all their
thermodynamic properties (and those of analcime) were retrieved by Helgeson
et al. (1978). In contrast, Helgeson et al. (1978) estimated only the standard molal
entropy and heat capacity power function coefficients for and other zeolites, including
chabazite [Ca(A12Si4O12) · 6 H2O], epilstilbite [Ca(A12Si6O16) · 5 H2O], heulan-
dite [Ca(A12Si7O18) · 6 H2O], natrolite [Na2(A12Si3O10) · 2 H2O], Na-phillipsite
[Na2(A12Si5O14) · 5 H2O], K-phillipsite [K2(A12Si5O14) · 5 H2O], Ca-phillipsite
[Ca(A12Si5O14) · 5 H2O], and stilbite [NaCa2(A15Si13O36) · 14 H2O].

The activity of aqueous silica and relevant cations, such as H+, Na+, K+, Ca2+, and
Al3+ are essential fluid parameters determining which zeolites will form or whether
zeolites will form at all. Temperature plays an important role in controlling zeolite
stability, partly because of the high water content of zeolites, whereas pressure is
less important (Chipera and Apps 2001).
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Zeolites usually occur in the shallower parts of active geothermal systems, at
temperatures <200 °C, although wairakite forms at temperatures >200 °C and is
often associated with epidote (Bird et al. 1984). A peculiarity of laumontite is its
occurrence also as precipitate from hot spring waters, at atmospheric pressure and
temperatures from 43 to 89 °C (McCulloh et al. 1981). In contrast, wairakite occurs
almost exclusively in geothermal systems, both active and fossil. Indeed, the name
wairakite is after Wairakei, New Zealand, where this zeolite was first found during
the study of hydrothermal alterationminerals in cores recovered from local boreholes
(Steiner 1955; Coombs 1955).

4.7.2 Crystal Chemistry of Wairakite and Analcime

The identification of several samples with chemistry and physical properties (e.g.,
refractive indices and density) intermediate between those ofwairakite [CaAl2Si4O12

· 2H2O] and those of analcime [NaAlSi2O6 · H2O] suggests the existence of a contin-
uous isomorphous series between these two endmembers (Passaglia and Sheppard
2001 and references therein). These samples with intermediate properties are clas-
sified either as analcime if Na/(Na + Ca) > 0.5 or as wairakite if Na/(Na + Ca) <
0.5. The Si/(Si + Al + Be) ratio has average value of 0.67 in both analcime and
wairakite and range 0.60 to 0.74 in analcime and 0.65 to 0.70 in wairakite. Subordi-
nate extra-framework cations are Ca, K, Mg, and Cs in analcime and Na and Cs in
wairakite.

Pure wairakite is monoclinic and has six tetrahedral sites, of which four are occu-
pied by Si4+ and two by Al3+, as well as an octahedral site housing one Ca2+ ion
(Armbruster and Gunter 2001). Ca is coordinated by two H2O molecules and four
oxygen atoms, belonging to two AlO4 tetrahedra. Allowing for the substitutions of
Na+ and K+ for Ca2+ on the octahedral M2 sites, of Fe3+ for Al3+ on the tetrahedral
T2 sites, and of Ti4+ for Si4+ on the tetrahedral T1 sites, the structural formula of
wairakite/analcime solid solutions can be written as:

[
Ca(1−x−y)NaxKy

][
Al(1−m)Fe

3+
m

]
2

[
Si(1−p)Tip

]
4O12 · 2 H2O

where x and y are the mole fractions of Na+ and K+, respectively, on the octa-
hedral M2 sites, m is the mole fraction of Fe3+ on the tetrahedral T2 sites, and
p is the mole fraction of Ti4+ on the tetrahedral T1 sites. Under the hypothesis of
randommixing of atoms on energetically equivalent sites, the activity of thewairakite
endmember [Ca(Al2Si4)O12 · 2H2O] and the analcime component [Na(AlSi2)O6 ·
H2O] in the wairakite/analcime solid solutions can be calculated by means of the
relations (Helgeson et al. 1978; Helgeson and Aagaard 1985):

aWrk = kWrk · XCa2+M2
· X2

Al3+T2
· X4

Si4+T1
(4.43)
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aAnl = kAnl · XNa+
M2

· XAl3+T2
· X2

Si4+T1
(4.44)

where kWrk = kAnl = 1 are the constants relating the inter- and intra-crystalline
standard states.

4.7.3 Crystal Chemistry of Laumontite

According to Armbruster and Gunter (2001) fully hydrated laumontite has stoi-
chiometry CaAl2Si4O12 · 4.5 H2O, but previous studies, including Helgeson et al.
(1978), assumed that it contains 4H2O molecules. Upon exposure to low humidity
at room temperature, laumontite experiences partial dehydration with production of
leonhardite, of stoichiometry CaAl2Si4O12 · 3.5 H2O. The reaction is reversed by
soaking leonhardite in H2O at room temperature (Coombs 1952). The Si/(Si + Al
+ Be) ratio of laumontite has average value of 0.67 and range 0.65–0.69, similar
to analcime and wairakite (see above). Subordinate extra-framework cations are Na
and K (Passaglia and Sheppard 2001).

Similar to wairakite, the laumontite structure is monoclinic and has six tetrahedral
sites, of which four house Si4+ and two house Al3+ ions, as well as an octahedral site
occupied by a Ca2+ ion (Armbruster and Gunter 2001). Ca is coordinated by three
H2O molecules and four oxygen atoms, belonging to AlO4 tetrahedra.

Again, as for wairakite/analcime solid solutions, permitting the vicariance of Na+

and K+ for Ca2+ on the octahedral M2 sites, of Fe3+ for Al3+ on the tetrahedral
T2 sites, and of Ti4+ for Si4+ on the tetrahedral T1 sites, the structural formula of
laumontite solid solutions can be written as:

[
Ca(1−x−y)NaxKy

][
Al(1−m)Fe

3+
m

]
2

[
Si(1−p)Tip

]
4O12 · 4.5 H2O

where x and y are the mole fractions of Na+ and K+, respectively, on the octahedral
M2 sites, m is the mole fraction of Fe3+ on the tetrahedral T2 sites, and p is the
mole fraction of Ti4+ on the tetrahedral T1 sites. Hence, the structural formula of
laumontite solid solutions is equal to that of wairakite/analcime solid solutions (see
above), apart from the different number of water molecules.

Assuming random mixing of atoms on energetically equivalent sites, the activity
of the laumontite endmember [Ca(Al2Si4)O12 · 4.5 H2O] and the related hypothetical
alkali component [(Na,K)(Al2Si4)O12 · 4.5 H2O] in the laumontite solid solutions
can be computed using the relations (Helgeson et al. 1978; Helgeson and Aagaard
1985):

aLmt = kLmt · XCa2+M2
· X2

Al3+T2
· X4

Si4+T1
(4.45)

aNa,K−Lmt = kNa,K-Lmt · (XNa+
M2

+ XK+
M2

) · X2
Al3+T2

· X4
Si4+T1

(4.46)
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where kLmt = kNa,K-Lmt = 1 are the constants relating the inter- and intra-crystalline
standard states.

4.7.4 The Activity of Wairakite in Hydrothermal
Wairakite/Analcime Solid Solutions

A total of 136 chemical analyses of wairakite/analcime solid solutions sampled in
geothermal wells at different depths and temperatures were compiled in this work.
Most of these chemical analyses, namely 119, come from the two geothermal systems
of Onikobe, Japan (N = 60; temperature 110–240 °C; Seki et al. 1983) and Darajat,
Indonesia (N = 59; temperature 220–267 °C; Herdianita 2012). The remaining 17
chemical analyses are from Hachimantai, Japan (N = 6; temperature 160–195 °C;
Shimazu and Yajima 1973), Waiotapu, New Zealand (N = 3; temperature 220–
285 °C; Hedenquist and Browne 1989), Cerro Prieto, Mexico (N = 2; temperature
320 °C; Schiffman et al. 1985), Krafla (N = 1, temperature not given; Kristmanns-
dottir, 1979), Reydarfjordur (N = 1; temperature not reported; Viereck et al. 1982),
Yellowstone, Wyoming (N = 1; temperature 138 °C; Bargar and Beeson 1981),
Kakkonda, Japan (N = 1; temperature not specified; Muramatsu and Doi 2000),
Wairakei, NewZealand (N= 1; temperature not given; Steiner 1955), and Larderello,
Italy (temperature 120 °C; Cavarretta et al. 1982).

The compiled wairakite/analcime solid solutions have wairakite activity ranging
from 0.573 to 0.999, with average of 0.891, median of 0.920, and standard deviation
of 0.090 and analcime activity varying from 0.000 to 0.427, with mean of 0.096,
median of 0.068, and standard deviation of 0.091. As expected, in the diagram of
Fig. 4.15a, most wairakite/analcime solid solutions are located close to the line of
equation aAnl = 1 − aWrk.

The wairakite/analcime samples coming from the two most studied geothermal
systems show different characteristics, with those from Onikobe spanning a compo-
sitional range much larger than those from Darajat. In fact, at Onikobe, wairakite
activity varies from 0.648 to 0.977, with average of 0.844, median of 0.846, and stan-
dard deviation of 0.083, whereas, at Darajat, wairakite activity ranges from 0.857 to
0.999, with average of 0.942, median of 0.946, and standard deviation of 0.037. The
different activities of wairakite and analcime at Onikobe and Darajat might be due
to differences in temperatures and in the lithological framework between the two
geothermal fields.
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Fig. 4.15 Plots of a the activity of wairakite versus the activity of analcime for 136
wairakite/analcime solid solutions from different active geothermal systems (see legend) and b the
activity of laumontite versus the activity of alkali-laumontite for 45 laumontite/alkali-laumontite
solid solutions from various active geothermal systems (see legend). The dashed line corresponds
to the equations aAnl = 1 − aWrk in a an aNa,K-Lmt = 1 − aLmt in b

4.7.5 The Activity of Laumontite in Hydrothermal
Laumontite/Alkali-Laumontite Solid Solutions

In this work, it was possible to compile only 45 chemical analyses of
laumontite/alkali-laumontite solid solutions, all obtained from geothermal wells at
varying depths and temperatures, apart from those of Sespe Hot Springs which were
collected at the surface.

Most of these chemical analyses, namely 19, come from the geothermal system of
Darajat, Indonesia (temperature 220–231 °C;Herdianita 2012). The other 26 laumon-
tite data are from Reydarfjordur (N = 6; temperature not reported; Mehegan et al.
1982; Viereck et al. 1982; Exley 1982), Yellowstone, Wyoming (N = 5; temperature
120–140 °C; Bargar and Beeson 1985), Breitenbush-Austin, Oregon (N= 5; temper-
ature 110–140 °C; Oscarson and Bargar 1996), Onikobe, Japan (N = 5; temperature
118–175 °C; Seki et al. 1969, 1983), Sespe Hot Springs (N = 3, temperature 89 °C;
McCulloh et al 1981), Paratunka, Kamchatka (N= 1, temperature not given, Petrova
1970), and Krafla (N = 1, temperature not given; Kristmannsdóttir 1979).

The considered laumontite/alkali-laumontite solid solutions exhibit laumontite
activity varying from 0.873 to 0.992, with mean of 0.946, median of 0.951, and
standard deviation of 0.031 whereas the activity of the alkali-component ranges
from 0.002 to 0.127, with average of 0.051, median of 0.048, and standard deviation
of 0.032. Not surprisingly, in the diagram of Fig. 4.15b, most laumontite/alkali-
laumontite solid solutions are situated near the line of equation aNa,K-Lmt = 1 −
aLmt.
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4.7.6 The Thermodynamic Properties of Wairakite
and Laumontite

The thermodynamic properties of wairakite of stoichiometry CaAl2Si4O12 · 2 H2O
and laumontite of composition CaAl2Si4O12 · 4 H2O given by Helgeson et al. (1978),
Holland and Powell (1998), and Holland and Powell (2011) are shown in Table 4.12.

Helgeson et al. (1978) derived the thermodynamic properties of wairakite and
laumontite from the experimental data of Liou (1970, 1971a), considering the
following equilibria:

wairakite = anorthite + 2 quartz + 2 H2O (4.47)

laumontite = wairakite + 2 H2O. (4.48)

However, the thermodynamic properties of laumontite are inconsistent with the
experimental data of Thompson (1970) for the equilibrium reaction:

laumontite = anorthite + 2 quartz + 4 H2O, (4.49)

as pointed out by Helgeson et al. (1978).
Holland and Powell (1998) derived the enthalpy of both zeolites from the experi-

mental results of Thompson (1970), Liou (1970, 1971a, b), and Cho et al. (1987) and
estimated the entropy of laumontite andwairakite bymeans of themethod of Holland
(1989), considering an entropy contribution of zeoliticH2Oof 6.9 calK−1 mol−1. The
differences between the thermodynamic properties reported byHelgeson et al. (1978)
and those of Holland and Powell (1998) and Holland and Powell (2011) are probably
due to the use of different experimental data to retrieve these thermodynamic data.
To be noted also that:

(i) The �H°f values of Helgeson et al. (1978), Holland and Powell (1998), and
Holland and Powell (2011) differ from the calorimetric results of Kiseleva et al.
(1996) by +4147, −4209, and −2782 cal mol−1, respectively, for laumontite
and by +9046, −4742, and −3752 cal mol−1, respectively, for wairakite.

(ii) The S° values ofHelgeson et al. (1978),Holland andPowell (1998), andHolland
and Powell (2011) deviate from the calorimetric outcomes of Kiseleva et al.
(1996) by +0.1, −6.8, and −4.9 cal K−1 mol−1, respectively, for laumontite
and by +9.3, −6.1, and −4.9 cal K−1 mol−1, respectively, for wairakite.

A thorough discussion on the thermodynamic properties of several zeolites,
including laumontite and wairakite, is provided by Chipera and Apps (2001).

Adopting the approach delineated in Sect. 2.2.1, it is advisable to take into consid-
eration the wairakite/analcime solid solution with average activity of wairakite, aWrk

= 0.891, and the laumontite/alkali-laumontite solid solution with mean activity of
laumontite, aLmt = 0.946, and to calculate the Gibbs free energy and the thermo-
dynamic equilibrium constant of their dissolution reactions. The results calculated
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using the wairakite and laumontite thermodynamic data of Helgeson et al. (1978) are
listed in Tables 4.13 and 4.14, respectively, as a function of temperature together with
the standard molal Gibbs free energies and the natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of pure wairakite:

CaAl2Si4O12 · 2 H2O + 8 H+ = Ca2+ + 2 Al3+ + 4 SiO2(aq) + 6 H2O (4.50)

and pure laumontite:

CaAl2Si4O12 · 4 H2O + 8 H+ = Ca2+ + 2 Al3+ + 4 SiO2(aq) + 8 H2O. (4.51)

Table 4.13 Standard molal Gibbs free energies and natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of both pure wairakite and the
wairakite/analcime solid solution with average activity of wairakite as a function of temperature

T(°C) �rG◦
Wrk �rG◦

Wrk,aa ln KWrk ln KWrk,aa log KWrk log KWrk,aa

cal mol−1 cal mol−1

0 −24,784 −24,721 45.6591 45.5437 19.8295 19.7794

25 −22,792 −22,724 38.4684 38.3530 16.7066 16.6565

60 −18,725 −18,649 28.2839 28.1685 12.2835 12.2334

100 −13,465 −13,379 18.1585 18.0431 7.8861 7.8360

150 −6529 −6432 7.7644 7.6490 3.3720 3.3219

200 736 845 −0.7828 −0.8982 −0.3400 −0.3901

250 8512 8632 −8.1877 −8.3031 −3.5559 −3.6060

300 17,160 17,291 −15.0663 −15.1817 −6.5432 −6.5933

Table 4.14 Standard molal Gibbs free energies and natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of both pure laumontite and the
laumontite/alkali−laumontite solid solution with average activity of laumontite as a function of
temperature

T(°C) �rG◦
Lmt �rG◦

Lmt,aa ln KLmt ln KLmt,aa log KLmt log KLmt,aa

cal mol−1 cal mol−1

0 −18,222 −18,192 33.5700 33.5145 14.5793 14.5552

25 −16,777 −16,744 28.3163 28.2608 12.2976 12.2735

60 −13,520 −13,483 20.4218 20.3663 8.8691 8.8450

100 −9247 −9206 12.4702 12.4147 5.4158 5.3916

150 −3623 −3576 4.3085 4.2530 1.8712 1.8471

200 2248 2300 −2.3909 −2.4464 −1.0383 −1.0624

250 8555 8613 −8.2291 −8.2846 −3.5738 −3.5979

300 15,662 15,725 −13.7511 −13.8066 −5.9720 −5.9961
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For laumontite there is a difference of 0.024 units between the log KLmt and log
KLmt,aa values, corresponding to differences of 30–63 calmol−1 in theGibbs free ener-
gies of the dissolution reactions. Therefore, there is not much difference in using the
thermodynamic data of pure laumontite or those of the laumontite/alkali-laumontite
solid solution of average laumontite activity occurring in active geothermal systems.

4.8 Garnets

Winchell (1933) divided the silicate garnets in the following two series:

• the ugrandites, comprising the endmember garnets uvarovite [Ca3Cr2Si3O12],
grossular [Ca3Al2Si3O12], and andradite [Ca3(Fe3+,Ti4+)2Si3O12], as well as
intermediate compounds;

• the pyralspites, including the endmember garnets pyrope [Mg3Al2Si3O12], alman-
dine

[
Fe2+3 Al2Si3O12

]
, and spessartine [Mn3Al2Si3O12], and also the intermediate

compositions.

According to Deer et al. (1982), there is an almost complete and continuous vari-
ation in composition within each of these two series whereas the variation between
ugrandites and pyralspites is less continuous.

4.8.1 Crystal Chemistry of Garnets

Garnet solid solutions are represented by the general crystallochemical formula
(Novak and Gibbs 1971):

XVIII
3 YVI

2 ZIV
3 O12,

in which, consistent with the endmembers recognized by Winchell (1933):

• XVIII refers to the eight-fold dodecahedral coordinated sites, which are occupied
by the divalent cations Ca2+, Mg2+, Mn2+, and Fe2+.

• YVI indicates the six-fold octahedral coordinated sites, housing the trivalent
cations Al3+, Fe3+, and Cr3+ as well as Ti4+.

• ZIV designates the four-fold tetrahedral coordinated sites that are mainly occupied
by Si4+ ions and subordinately by Al3+.

According to Rickwood (1968), possible endmembers garnets could be of the
following three types:

• Type 1:
{
R2+
3

} [R3+
2 ](R4+

3 )O12

• Type 2:
{
R2+
3

} [R3+R4+](R3+R4+
2 )O12

• Type 3:
{
R2+
3

} [R4+
2 ](R3+

2 R4+)O12.
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Accepting the presence of Fe3+ and Ti4+ in the tetrahedral sites in addition to Si4+

and Al3+, but disregarding the endmembers with more Ti4+ in tetrahedral sites than
in octahedral sites and with more than one element of any valence state, it is possible
to obtain 12 endmember garnets of type (1), none of type (2), and 8 of type (3).
Rickwood (1968) proposed also a procedure to recast garnet analyses into the mole
fractions of 19 endmember garnets, which were suitably chosen to accommodate
also Y on the dodecahedral sites, V and Zr on the octahedral sites, and H on the
tetrahedral sites.

More recently, Locock (2008) suggested an alternative method, designed to recal-
culate garnet analyses into the mole fractions of 29 endmember garnets, including
15 natural minerals species and 14 hypothetical components. The Locock’s method
is consistent with the general crystallochemical formula given above, including 8
cations and 12 anions (O or F) with no vacancies in the dodecahedral and octahedral
sites.

If ferric and ferrous iron are not measured separately, their proportions are
computed from the total iron concentration given as FeO, using the relation of Droop
(1987), which is based on the hypotheses that iron is the only multivalent element
and that there are no vacant cation sites. Both assumptions are justified for most
Al-silicate garnets. Based on their general crystallochemical formula (see above),
the relation of Droop (1987) can be written as follows for garnets:

NFe3+ = 24 · (1 − 8/S). (4.52)

In Eq. (4.52), S is the total number of cations initially computed assuming all iron
to be Fe2+. If S < 8, then all iron is actually present as Fe2+. Alternatively, if S > 8,
Eq. (4.52) is used to calculate NFe3+ . Then, the number of Fe2+ ions per formula unit,
NFe2+ , is computed by subtracting NFe3+ from the number of Fe2+ ions per formula
unit previously computed assuming all iron to be Fe2+, NFe2+,in:

NFe2+ = NFe2+,in − NFe3+ . (4.53)

If Eq. (4.53) gives a negative result, NFe2+ is set equal to zero.
Mn3+ is calculated only for compositions that cannot charge balance with Fe3+

alone. Only fluorine and the following oxides (expressed in weight percent) are
considered: SiO2, TiO2, ZrO2, SnO2, Y2O3, Al2O3, Sc2O3, Cr2O3, V2O3, FeO,MnO,
MgO,CaO,Na2O,H2O.The following oxidation states are assumed: Ti4+, Sn4+, Cr3+,
V3+. To be underscored that titanium occurs exclusively at the tetravalent oxidation
state in garnet, as suggested by most experimental evidence (Locock 2008).

In the Locock’s method cation and anion assignments are as follows: Mn3+ is
assigned to the octahedral site. H is assumed to occur as (H4O4)3 in substitution
for (SiO4)3. H4 is treated as one cation. Si is assigned to the tetrahedral site, but Si
in excess of 3 apfu is assigned to the octahedral site. The tetrahedral site is filled,
first with Si and H4 and afterwards with Al and Fe3+, if necessary and possible. F
substitutes for O in a coupled substitution with vacancies on the tetrahedral site. Zr,
Sn and Ti are assigned exclusively to the octahedral site. Any remaining Al and Fe3+
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as well as Sc, V and Cr are assigned to the octahedral site. The remainder of the
octahedral site is filled with Fe2+ and Mg, if necessary and possible. Ca, Mn2+, and
Na are assigned to the dodecahedral site with the remaining Fe2+ and Mg, if any.
Proportions are based on 8 cations, including F-related tetrahedral vacancies and H4.

The proportions of the 29 endmembers are computed by the Locock’s procedure
in the order given in Table 4.15.

In other terms, the proportions of the Mn3+ endmembers henritermierite and
blythite are computed first and are followed by katoite, F-garnets, and yttrogarnet.
The proportions of the remaining endmembers are calculated based on the octahe-
dral cations, in the order: Zr, Sn, Ti, Si, Sc, V, Cr, Al, Fe3+. For a given octahedral
cation, endmembers are usually considered in order of increasing rarity. The rigorous
assignment of cations to particular sites may lead to non-ideal subtotals for that site,
e.g., if (Ca + Na) > 3, or if (Ti + Zr) > 2, or if (Si + H4) > 3. To be noted that
the chemical formula of andradite reported in Table 4.15 does not comprise Ti, in
contrast with the stoichiometry of andradite adopted by other authors (e.g., Deer
et al. 1982 and references therein).

The Microsoft Excel spreadsheet provided by Locock (2008) was used in this
work to compute the mole fractions of endmember garnets and the mole fractions of
cations on the dodecahedral, octahedral, and tetrahedral sites. Cations mole fractions
were then used to calculate the activities of andradite and grossular in garnet solid
solutions by means of the following relations (Bird and Norton 1981):

aGrs = kGrs · X3
Ca2+X

· X2
Al3+Y

· X3
Si4+Z

(4.54)

aAdr = kAdr · X3
Ca2+X

· X2
Fe3+Y

· X3
Si4+Z

(4.55)

where kGrs = kAdr = 1 are the constants relating the inter- and intra-crystalline
standard states. Equations (4.54) and (4.55) are based on the hypothesis of random
mixing of atoms on energetically equivalent sites (Helgeson et al. 1978; Helgeson
and Aagaard 1985).

4.8.2 The Composition of Hydrothermal Garnet Solid
Solutions

A total of 201 chemical analyses of garnet solid solutions collected in deep
geothermal wells at different depths and temperatures were compiled. The majority
of these samples, for a total of 137, come from the geothermal systems of Darajat (N
= 83; measured temperature 137–235 °C; Herdianita 2012) and Reykjanes, Iceland
(N= 54;measured temperature 176–321 °C;Libbey andWilliam-Jones 2016).Of the
remaining 64 chemical analyses, 21 are from Latera, Italy (measured temperatures
220–343 °C; Cavarretta et al. 1985), 9 are from Larderello, Italy (present day temper-
atures 175–375 °C; Cavarretta et al. 1982; Gianelli and Ruggieri 2002), 9 are from
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Table 4.15 Endmembers considered in the procedure proposed by Locock (2008) to recalculate
garnet analyses

Order Endmembers Cation site

Dodecahedral Octahedral Tetrahedral Anion

1 Henritermierite Ca3 Mn3+2 Si2(H4) O12

2 Blythite Mn2+3 Mn3+2 Si3 O12

3 Katoite Ca3 Al2 (H4)3 O12

4 F-Ca garnet Ca3 Al2 (�)3 F12

5 F-Mn garnet Mn3 Al2 (�)3 F12

6 Yttrogarnet (YAG) Y3 Al2 Al3 O12

7 Kimzeyite Ca3 Zr2 SiAl2 O12

8 Kimzeyite-Fe Ca3 Zr2 SiFe3+2 O12

9 Tin garnet Ca3 SnFe2+ Si3 O12

10 Schorlomite Ca3 Ti2 SiFe3+2 O12

11 Schorlomite-Al Ca3 Ti2 SiAl2 O12

12 Morimotoite Ca3 TiFe2+ Si3 O12

13 Na–Ti garnet Na2Ca Ti2 Si3 O12

14 Morimotoite-Mg Ca3 TiMg Si3 O12

15 Morimotoite-Fe Fe2+3 TiFe2+ Si3 O12

16 Majorite Mg3 MgSi Si3 O12

17 Sc-garnet Ca3 Sc2 Si3 O12

18 Goldmanite Ca3 V2 Si3 O12

19 Yamatoite Mn2+3 V2 Si3 O12

20 Uvarovite Ca3 Cr2 Si3 O12

21 Knorringite Mg3 Cr2 Si3 O12

22 Spessartine Mn2+3 Al2 Si3 O12

23 Pyrope Mg3 Al2 Si3 O12

24 Almandine Fe2+3 Al2 Si3 O12

25 Grossular Ca3 Al2 Si3 O12

26 Andradite Ca3 Fe3+2 Si3 O12

27 Calderite Mn2+3 Fe3+2 Si3 O12

28 Skiagite Fe2+3 Fe3+2 Si3 O12

29 Khoharite Mg3 Fe3+2 Si3 O12

Mineral species names are in regular font, but hypothetical endmembers are in italics
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Reydarfjordur, Iceland (inferred temperature of garnet formation 300–360 °C; Exley
1982; Mehegan et al. 1982), 8 are from Los Humeros, Mexico (measured tempera-
tures of 300–325 °C; Martinez Serrano 2002), 6 are from Sabatini, Italy (measured
temperatures 165–290 °C; Cavarretta and Tecce 1987), 5 are from Kilauea, Hawaii
(present-day temperature 322 °C; Bargar et al. 1996), 4 are from Miravalles, Costa
Rica, (measured temperature 255 °C; Milodowski et al. 1989), and 1 each are from
Cerro Prieto, Mexico (present-day temperature 325 °C; Schiffman et al. 1985) and
Mofete, Italy (measured temperature 324 °C; Balducci and Chelini 1992).

The sum of the mole fractions of endmember garnets calculated adopting the
Locock’s method and using the Microsoft Excel spreadsheet provided by Locock
(2008) is higher than 0.9 in 192 cases, between 0.87 and 0.90 in 5 cases (2 from
Reydarfjordur and 1 each from Reykjanes, Los Humeros, and Darajat), close to
0.81 in 2 cases (1 from Reykjanes and 1 from Darajat) and 0.53–0.58 in 2 cases
from Darajat. These few samples with values of the sum of the mole fractions of
endmember garnets significantly lower than 1 and correspondingly very high remain-
ders might be affected by analytical problems but were not rejected to avoid loss of
information.

Andradite and grossular are the most frequent and important endmembers of the
considered hydrothermal garnets, with 195 and 139 concentrations �= 0, varying from
0.02 to 99.39 mol% and from 0.07 to 81.59 mol%, respectively. Pyrope and spes-
sartine are also common endmembers but less important, with 105 and 94 contents
�= 0, ranging from 0.04 to 13.92 mol% and from 0.03 to 10.80 mol%, respectively.
Almandine is not so common, with 37 concentrations �= 0, but varying from 0.01 to
84.69 mol%. The highest almandine concentrations (58.05–84.69 mol%) are found
in eight garnets from Larderello rocks affected by contact metamorphism (Gianelli
and Ruggieri 2002). Titanium is mainly accommodated in schorlomite-Al and mori-
motoite, with 77 and 49 contents �= 0, ranging from 0.01 to 7.76 mol% and from
0.02 to 9.98 mol%, respectively, and subordinately in morimotoite-Mg and Na–Ti
garnet, with 28 and 24 contents �= 0, ranging from 0.06 to 5.00 mol% and from 0.02
to 1.83 mol%, respectively.

Moreover, the sum of the andradite and grossular mole fractions is relatively close
to unity in most of the considered hydrothermal garnets. In fact, they are situated
close to the dashed line corresponding to the equation XAdr = 1 – XGrs in the binary
diagram of Fig. 4.16a. The only exceptions are the eight almandine-rich garnets from
Larderello (see above), which are situated relatively close to the origin in the binary
diagram of Fig. 4.16a, having small contents of grossular and especially andradite.
Authors of previous studies (e.g., Cavarretta et al. 1982, 1985; Exley 1982; Mehegan
et al. 1982; Bird et al. 1984; McDowell and Elders 1983; Schiffman et al. 1985;
Cavarretta and Tecce 1987; Milodowski et al. 1989; Balducci and Chelini 1992;
Gianelli et al. 1998; Martinez-Serrano 2002; Marks et al. 2010; Herdianita 2012;
Libbey and Williams-Jones 2016) already recognized the prevalence of andradite
and grossular in most hydrothermal garnets from active geothermal systems, which
are therefore called grandites.

Moreover, disregarding the eight almandine-rich garnets from Larderello, andra-
dite prevails over grossular in 145 grandites, i.e., 75% of the 193 cases, whereas
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Fig. 4.16 Correlation diagrams between a the mole fractions of grossular and andradite and b the
activities of grossular and andradite for the 173 garnet solid solutions coming from different
geothermal systems (see legend). The dashed lines refer to the equations XAdr = 1 − XGrs in
a and aAdr = 1 + aGrs − 2 · √

aGrs in b

grossular dominates over andradite in the other 48 grandites, i.e., 25% of the 193
cases (Fig. 4.16a). Of these 48 grossular-rich garnets, 15 are from Latera, 13 are from
Reykjanes, 8 are from Darajat, and 6 each are from Sabatini and Los Humeros. It
should be noted that garnets are often zoned and exhibit wide intra-crystal compo-
sitional variations, with grossular-rich core and andradite-rich rim in some cases,
and vice versa in other samples, that were attributed to changes in fluid chemistry
in some previous studies. Contact metamorphism and metasomatic processes were
also invoked to explain garnet compositions.

4.8.3 The Activity of Grossular and Andradite
in the Hydrothermal Garnet Solid Solutions

Excluding the eight almandine-rich garnets from Larderello and the three samples
from Darajat with very high remainders, the other 190 garnet solid solutions have
andradite activity varying from 0.00539 to 0.972, with mean of 0.541, median of
0.625, and standard deviation of 0.340, whereas grossular activity ranges from
<2.27 × 10−7 (in 22 cases) to 0.674, with average of 0.127, median of 0.0142,
and standard deviation of 0.179.

The correlation plot of Fig. 4.16b shows that andradite and grossular activities
of most garnets approximate the relation aAdr = 1 + aGrs − 2 · √

aGrs (dashed line),
apart from the eight almandine-rich garnets from Larderello and the three samples
from Darajat with very high remainders (see above).
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Fig. 4.17 Correlation diagrams between a the mole fraction of andradite and the mole fraction of
trivalent iron on the octahedral sites and b the mole fraction of grossular and the mole fraction of
aluminumon the octahedral sites for the 173 garnet solid solutions coming fromdifferent geothermal
systems (see legend). The dashed lines refer to the equations XAdr = XFe3+Y

in a and XGrs = XAl3+Y
in b

This relationships is obtained considering that XAdr ≈ XFe3+Y
and XGrs ≈ XAl3+Y

,
which are reasonable approximations in most cases, as indicated by Fig. 4.17a, b,
respectively. Consequently, Eqs. (4.54) and (4.55) simplify to aGrs ≈ X2

Al3+Y
≈ X2

Grs

andaAdr ≈ X2
Fe3+Y

≈ X2
Adr, respectively.Considering thatXAdr ≈ 1−XGrs (see above),

it is a simple matter to obtain, by substitution and rearrangement, the relation written
above linking andradite and grossular activities.

4.8.4 The Thermodynamic Properties of Grossular
and Andradite

Helgeson et al. (1978) report the thermodynamic properties of grossular and andradite
only, whereas almandine, pyrope, and spessartine are also included in the dataset of
Holland and Powell (1998), and almandine, knorringite, majorite, pyrope, and spes-
sartine are also comprised in the database ofHolland and Powell (2011). The standard
state molal thermodynamic properties, at 25 °C, 1 bar of grossular [Ca3Al2Si3O12]
and andradite

[
Ca3Fe

3+
2 Si3O12

]
listed in these three compilations are shown in

Table 4.16.
For grossular, the�G°f and�H°f of Holland and Powell (1998) differ from those

of Helgeson et al. (1978) by 4214 and 4574 cal mol−1, respectively, whereas the
�G°f and �H°f listed by Holland and Powell (2011) differ from those of Helgeson
et al. (1978) by 3946 and 4306 cal mol−1, respectively.
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For andradite, the�G°f and�H°f of Holland and Powell (1998) differ from those
ofHelgeson et al. (1978) by 1033 and 2398 calmol−1, respectively, whereas the�G°f
and �H°f listed by Holland and Powell (2011) differ from those of Helgeson et al.
(1978) by 910 and 2162 cal mol−1, respectively.

More recently, Dachs and Geiger (2019) investigated the thermodynamics of
three grossular-rich natural solid solutions and three synthetic andradite-grossular
solid solutions of composition Ca3

(
Al0.5Fe

3+
1.5

)
Si3O12,Ca3

(
AlFe3+

)
Si3O12, and

Ca3
(
Al1.5Fe

3+
0.5

)
Si3O12 . Using the S° calorimetric value of 325.0 ± 2.0 J K−1 mol−1

(corresponding to 77.68 ± 0.48 cal K−1 mol−1) for andradite (Geiger et al. 2018)
and published phase-equilibrium results on three andradite-bearing reactions, they
obtained the value of −5763.3 ± 1.5 kJ mol−1 (corresponding to −1377.462 ±
0.359 kcal mol−1) for the standard enthalpy of formation of andradite. This �H°f
value is lower than those of Helgeson et al. (1978), Holland and Powell (1998), and
Holland and Powell (2011) by 3543, 1145, and 1381 cal mol−1, respectively.

Following the approach outlined in Sect. 2.2.1, it is advisable to consider the
grossular/andradite solid solutionwith average activity of grossular,aGrs =0.127, and
to calculate the Gibbs free energy and the thermodynamic equilibrium constant of its
dissolution reaction. The results obtained considering the grossular thermodynamic
data of Helgeson et al. (1978) are listed in Table 4.17 as a function of temperature
together with the standard molal Gibbs free energies and the natural and decimal
logarithms of the thermodynamic equilibrium constant of the dissolution reaction of
pure grossular:

Ca3Al2Si3O12 + 12 H+ = 2 Al3+ + 3 Ca2+ + 3 SiO2(aq) + 6 H2O. (4.56)

Table 4.17 Standard molal Gibbs free energies and natural and decimal logarithms of the
thermodynamic equilibrium constant of the dissolution reactions of both pure grossular and the
grossular/andradite solid solution with average activity of grossular as a function of temperature

T(°C) �rGo
Grs �rGo

Grs,aa ln KGrs ln KGrs,aa log KGrs log KGrs,aa

cal mol−1 cal mol−1

0 −73,115 −71,995 134.6984 132.6348 58.4988 57.6026

25 −70,836 −69,613 119.5573 117.4938 51.9231 51.0269

60 −66,627 −65,261 100.6393 98.5757 43.7071 42.8109

100 −61,295 −59,765 82.6606 80.5970 35.8990 35.0029

150 −54,197 −52,462 64.4522 62.3887 27.9912 27.0950

200 −46,554 −44,614 49.5125 47.4490 21.5030 20.6068

250 −38,059 −35,914 36.6090 34.5455 15.8991 15.0029

300 −28,211 −25,861 24.7689 22.7054 10.7570 9.8608
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4.9 Calcite

Anhydrous calcium carbonate occurs as three distinct polymorphs, i.e., calcite,
aragonite, and vaterite, whose crystals have trigonal, orthorhombic, and hexagonal
symmetry, respectively. Calcite is the thermodynamically stable polymorph at low
pressures, aragonite is stable at high pressures (e.g., >3 kbar at 0 °C and >4.4 kbar
at 100 °C; Crawford and Hoersch 1972 and references therein), whereas vaterite is
unstable and is quickly converted into aragonite or calcite through dissolution and
growth (Ogino et al. 1987).

Aragonite is a member of the isomorphous group of orthorhombic carbonates
comprising strontianite [SrCO3],witherite [BaCO3], and cerussite [PbCO3], inwhich
Ca2+, Sr2+, Ba2+, and Pb2+ have nine-fold coordination. Orthorhombic BaCO3 and
SrCO3 invert to the trigonal calcite-type structure at temperatures of 806 and 912 °C,
respectively, which are much higher than the range of geothermal interest (Chang
1965).

Calcite belongs to the isomorphous group of trigonal carbonates includingmagne-
site [MgCO3], siderite [FeCO3], rhodochrosite [MnCO3], smithsonite [ZnCO3],
sphaerocobaltite [CoCO3], gaspeite [NiCO3], and otavite [CdCO3]. As required by
the electroneutrality condition, these trigonal carbonates host divalent cations, the
largest of which is Ca2+, whose size represents the uppermost value for six-fold octa-
hedral coordination (Reeder 1990). Complete miscibility occurs between calcite and
otavite, whereas limited miscibility occurs between calcite and the trigonal carbon-
ates of Mg, Fe, Mn, Co, and Ni. Nevertheless, significant amounts of Mg, Fe, Mn,
Zn, Co, Ni, and Cd are likely to be scavenged from the aqueous solution by calcite
precipitation (e.g., McIntire 1963; Marini et al. 2001). Similar considerations hold
true for Sr, Ba, and Pb although their carbonates are expected to mix with aragonite
instead of calcite.

4.9.1 The Composition of Calcite-Rich Trigonal Carbonates
from Active Geothermal Systems

A total of 313 chemical analyses of solid solutions of calcite-rich trigonal carbon-
ates sampled from deep geothermal wells at different depths and temperatures were
compiled in this work. The weight percentages of relevant oxides (CaO,MgO,MnO,
FeO, ZnO, SrO, BaO, and PbO) were converted into the corresponding moles and
their sumwas computed. A number of moles of CO2 equal to the sum of the moles of
the relevant oxides was assumed to be present in the mineral and the corresponding
CO2 weight percentage was computed accordingly. The chemical analyses with sum
ofweight percentages, including CO2, between 92 and 104%were accepted, whereas
the few analyses with sum of oxides <92 wt% were rejected.

Most of the accepted chemical analyses of calcite-rich trigonal carbonates, namely
251, are representative of the two geothermal systems of Darajat, Indonesia (N =



4.9 Calcite 205

175, temperature 110–300 °C; Herdianita 2012) and Reykjanes, Iceland (N = 76;
temperature 19–289 °C; Libbey and Williams-Jones 2016). Of the other 62 chem-
ical analyses, 25 are from Milos, Greece (temperature 190 °C; Liakopoulos 1987),
16 are from Onikobe, Japan (temperature 110–225 °C; Seki et al. 1983), 10 are
from Broadlands, New Zealand (temperature 230–290 °C; Lonker et al. 1990), 5
are from Cerro Prieto, Mexico (temperature 185–335 °C; Schiffman et al. 1985),
4 are from Pantelleria, Italy (temperature 85–120 °C; Fulignati et al. 1997), and
2 are from Newberry Caldera, Oregon (temperature 35–130 °C; Keith and Bargar
1988). The main statistical parameters for the mole fractions of calcite, magnesite,
siderite, rhodochrosite, SrCO3, BaCO3, smithsonite, and PbCO3 in the considered
solid solutions of calcite-rich trigonal carbonates are listed in Table 4.18.

As expected, calcite is by far themain component of the solid solutions of interest,
with mole fractions ranging between 0.705 and 1.000, average of 0.972, median of
0.988, and standard deviation of 0.043. Based on the average values, the second
major component is rhodochrosite, with mole fractions ranging between 0.0000570
and 0.130, average of 0.0139, median of 0.00522, and standard deviation of 0.0214,
and is followed by magnesite, siderite, SrCO3, PbCO3, smithsonite, and BaCO3, in
order of decreasing importance. To be noted that the number of available data, N,
decreases in the following order: CaCO3 > MgCO3 > MnCO3 > FeCO3 > SrCO3 >
PbCO3 > BaCO3 > ZnCO3.

4.9.2 The Carbonate Minerals Other Than Calcite
from Active Geothermal Systems

Calcite is not the only carbonate mineral present in active geothermal systems.
Although calcite is a common and important mineral at Ohaaki-Broadlands, occur-
ring in all boreholes, siderite is also present (Browne and Ellis 1970). Siderite is
uncommon, but it occurs in quantities of up to 10% in some Broadlands wells, at
temperatures between 37 and 130 °C. At Salton Sea, siderite occurs at weakly higher
temperatures, close to 135 °C, but it is absent at the depths/temperatures where base
metal sulfides are found (Muffler andWhite 1969). AtWairakei, siderite is reported to
be present at depth of only 27 m and low temperatures (Steiner 1953). At Newberry,
siderite is abundant and is locally associated with magnesite and solid solutions of
ankerite [CaFe(CO3)2] and dolomite [CaMg(CO3)2] at depths of 320 to 697m,where
measured temperature varies from 35 to 100 °C. It was probably precipitated after the
emplacement of a sill, during a thermal event that caused alteration of Fe-sulfides
(Keith and Bargar 1988). Both siderite and ankerite occur also at Darajat, where
calcite is the most common hydrothermal mineral (Herdianita 2012).
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4.9.3 The Thermodynamic Properties of Calcite

Helgeson et al. (1978), Holland and Powell (1998), and Holland and Powell (2011)
report the thermodynamic properties of calcite and aragonite of chemical formula
CaCO3 (Table 4.19). For calcite, the �G°f and �H°f of Holland and Powell (1998)
differ from those of Helgeson et al. (1978) by 308 and 163 cal mol−1, respectively,
whereas the �G°f and �H°f listed by Holland and Powell (2011) differ from those
of Helgeson et al. (1978) by 227 and 82 cal mol−1, respectively.

For aragonite, the�G°f and�H°f of Holland and Powell (1998) differ from those
of Helgeson et al. (1978) by 269 and 88 cal mol−1, respectively, whereas the �G°f
and �H°f listed by Holland and Powell (2011) differ from those of Helgeson et al.
(1978) by 207 and 47 cal mol−1, respectively.

These differences aremuch smaller than those generally observed for Al-silicates.
Nevertheless, they determine some differences in the Gibbs free energy of calcite-
aragonite conversion. For instance, this �G°r value, at 25°C, 1 bar, is 225 cal mol−1

based on the data of Helgeson et al. (1978), 186 cal mol−1 according to Holland and
Powell (1998), and 205 cal mol−1 based on the data of Holland and Powell (2011).

Since calcite generally occurs as a virtually pure phase (see Sect. 4.9.1), its activity
can be assumed to be equal to one. Therefore, there is no need to correct the Gibbs
free energy and the thermodynamic equilibrium constant of its dissolution reaction.

4.10 Quartz and Other Silica Minerals

The main crystalline polymorphs of silica stable at low pressures are quartz, cristo-
balite, and tridymite. Quartz and chalcedony (i.e., microcrystalline quartz with sub-
microscopic pores) are the most common hydrothermal minerals in most geothermal
fields, if not all, and distribute in a wide temperature range, from 120 to 350 °C
according to Henley and Ellis (1983). Above ~180 °C, aqueous solutions are satu-
ratedwith respect to quartz,whereas at lower temperatures, silica activity is controlled
by chalcedony solubility (e.g., Arnórsson et al. 1983a; Fournier 1991). Cristobalite
and tridymite also occur as hydrothermal minerals, especially at relatively low
temperatures, but are by far less common than quartz and chalcedony.

The crystal structure of all these silica polymorphs consists of a three-dimensional
framework of SiO4 tetraedra, which are linked together by sharing the corners with
other tetraedra. In these lattices, therefore, each oxygen atom has two silicon atoms
as nearest neighbors and each silicon atom is surrounded by four oxygen atoms
(Deer et al. 2004). In spite of these similarities, each silica polymorph has its
own crystal structure: α-quartz and β-quartz crystals have trigonal and hexagonal
symmetry, respectively; α-cristobalite and β-cristobalite crystals have tetragonal and
cubic symmetry, respectively, whereas tridymite occurs in seven distinct crystalline
forms indicated by the symbols HP, LHP, OC, OS, OP, MC, and MX-1 (Pryde and
Dove 1998).
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4.10.1 The Activity of Endmember Quartz in Hydrothermal
Quartz

A total of 209 chemical analyses of quartz were compiled in this work. All these
analyses are representative of quartz samples collected in the deep wells of the
Reykjanes geothermal field, Iceland at different depths, from 150 to 2846 m, and
temperatures, from 19 to 342 °C (Libbey and Williams-Jones 2016).

As expected, SiO2 is by far themain component of these quartz samples,withmole
fractions varying between 0.967 and 0.999, average of 0.993, median of 0.994, and
standard deviation of 0.005. These statistical parameters indicate that hydrothermal
quartz is a pure phase and its activity can be assumed to be equal to one. Strictly
speaking this finding concerns the Reykjanes geothermal system only, but it may be
considered a general conclusion, in spite of the lack of data for hydrothermal quartz
from other geothermal systems.

4.10.2 The Thermodynamic Properties
of the Quartz/Chalcedony Mechanical Mixture

Helgeson et al. (1978) report the thermodynamic properties of α- and β-quartz, α- and
β-cristobalite, chalcedony, amorphous silica, and coesite. The latter mineral is disre-
garded in Table 4.20 being stable at very high pressures, outside the range of interest
of geothermal systems. Holland and Powell (1998) and Holland and Powell (2011)
report instead the thermodynamic properties of quartz, cristobalite, and tridymite
(Table 4.20).

For quartz, the �G°f and �H°f of Holland and Powell (1998) differ from those
of Helgeson et al. (1978) by 53 and 56 cal mol−1, respectively, whereas the �G°f
and �H°f listed by Holland and Powell (2011) are closer to those of Helgeson et al.
(1978), with differences of 5 and 13 cal mol−1, respectively. The opposite is true
for cristobalite. In fact, the �G°f and �H°f of Holland and Powell (1998) deviate
from those of Helgeson et al. (1978) by 6 and 206 cal mol−1, respectively, whereas
the �G°f and �H°f reported by Holland and Powell (2011) exhibit larger deviations
from those of Helgeson et al. (1978), 114 and 636 cal mol−1, respectively.

The methodological approach of Helgeson et al. (1978) for treating quartz is
different from that adopted by Holland and Powell (1998) and Holland and Powell
(2011). In fact, Helgeson et al. (1978) report the thermodynamic properties of α-
quartz at 25 °C, 1 bar, the enthalpy, entropy, and volume of the α-β quartz transition
at 575 °C, 1 bar (which are listed in the column�H°f, S°, andV° inTable 4.20 to avoid
inserting three more columns), and the heat capacity coefficients of β-quartz. These
are the data stored in SUPCRT92, which are used to compute the thermodynamic
properties of quartz up to 2000 K. The same applies to other minerals that undergo
phase transitions, such as high-albite, 7Å-clinochlore, and prehnite, among those of
interest to us.
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In contrast, quartz is treated adopting a pressure-dependent Landau tricritical
model by Holland and Powell (1998) and Holland and Powell (2011). In this way,
there is no need to give separate thermodynamic data for α- and β-quartz. However,
it is necessary to consider the pressure-dependent critical temperature and the excess
volume, entropies, and energies. The properties given in the Holland and Powell
data sets are the Landau critical temperature at 1 bar, Tc° = 847 K (i.e., the α-
β quartz transition within 1 K); the thermal expansion parameter a° = 0.65 K−1

mol−1; the bulk modulus at 298 K, κ298 = 750 kbar mol−1; the maximum entropy
of disorder, Smax = 4.95 J K−1 mol−1 (=1.183 cal K−1 mol−1); and the maximum
volume of disorder Vmax = 0.1188 J bar−1 mol−1 (=1.188 cm3 mol−1). The approach
of Holland and Powell allows calculation of mineral-fluids equilibria up to a pressure
of at least 100 kbar, a value exceeding the maximum pressures present in geothermal
systems by about three orders of magnitude.

Unlike quartz, α- and β-cristobalite are treated by Helgeson et al. (1978) as
two distinct minerals. This different approach was probably adopted because the
transition temperature of cristobalite is poorly defined.

The thermodynamic data of chalcedony, cristobalite, and amorphous silica
reported by Helgeson et al. (1978) are consistent with those of quartz and were
retrieved from solubility measurements at high temperatures by Walther and
Helgeson (1977) in their study on the thermodynamic properties of aqueous silica
as a function of temperature and pressure.

As shown in Sect. 5.2.2, the solubilities of quartz and chalcedony, at saturation
temperatures and pressures, computed using the thermodynamic data of quartz and
chalcedony from Helgeson et al. (1978) and those of aqueous SiO2 from Shock et al.
(1989), bracket the functions describing quartz solubilities according to different
studies. Therefore, a mechanical mixture constituted by 50% chalcedony and 50%
quartz was added to the SUPCRT92 database. At 25 °C, 1 bar, α-quartz and chal-
cedony have the same entropy, volume, and heat capacity coefficients, whereas the
�G°f and �H°f values differ by 370 and 368 cal mol−1, respectively, due to the
distinct grain size of these two silica minerals. Therefore, the quartz/chalcedony
mechanical mixture has the same entropy, volume, and heat capacity coefficients
of the two endmember minerals, whereas its Gibbs free energy and enthalpy are
different, with �G°f = −204,461 cal mol−1 and �H°f = −217,466 cal mol−1.

Interpolation of the undissociated SiO2 concentration data fixed by the
quartz/chalcedony mechanical mixture leads to the following polynomial equation
(cSiO2 in mg/kg):

T(◦C) = 2.7195E − 12 · c5SiO2
− 6.6268E − 9 · c4SiO2

+ 6.4341E − 6 · c3SiO2

− 3.2559E − 3 · c2SiO2
+ 1.1233 · cSiO2 + 39.790 (4.57)

which is valid from 100 to 350 °C, at water saturation pressures, and reproduces
the equilibrium temperatures within 0.5 °C below 325 °C and within 5.5 °C above
325 °C.
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4.11 Conclusive Considerations on Hydrothermal Minerals

Over 2200 chemical analyses of hydrothermalminerals collected at depth in different
active geothermal systems were compiled, processed, and discussed in the previous
sections of this chapter. In agreement with the outcomes of previous studies, it turned
out that hydrothermal quartz, calcite, adularia, albite, anorthite, and laumontite are
virtually pure solid phases and their activities can be assumed to be equal to one.
In contrast, the other hydrothermal minerals of interest, i.e., white mica, chlorite,
epidote, prehnite, wairakite, and garnet, are solid solutions of variable composi-
tion. Therefore, the activities of pertinent endmembers were computed, under the
assumption of random mixing of atoms on energetically equivalent sites, obtaining
the following results:

(i) In the considered 75 hydrothermal white mica solid solutions, muscovite
activity varies from 0.007 to 0.875, but it is higher than 0.40 in most cases.
Accordingly, average muscovite activity is 0.654, the median value is 0.688
and the standard deviation is relatively small, 0.156.

(ii) The selected 181 hydrothermal chlorites have highly different Fe2+/(Fe2+ +
Mg) ratio, from 0.23 to 0.94, with compositions varying from Mg-rich values,
relatively similar to clinochlore or sheridanite, to Fe2+-rich values, close to
ripidolite. The activity of the clinochlore endmember spans a verywide interval,
from 4.39 × 10−7 to 0.250, with an average of 0.0553, a median of 0.0451 and
a relatively large standard deviation of 0.0484.

(iii) Clinozoisite is the main component of the 436 hydrothermal epidote solid
solutions of interest. Its activity varies from 0.523 to 0.888, with a mean of
0.703, a median of 0.706, and a small standard deviation of 0.057. According to
the equilibriummodel ofBird andHelgeson (1980), these hydrothermal epidote
samples appear to be relatively ordered, but deviations from the equilibrium
distribution are possible, due to occurrence ofmetastable states of substitutional
order/disorder on the octahedral sites.

(iv) Prehnite prevails in most of the 127 selected prehnite/ferri-prehnite solid solu-
tions. Its activity ranges from 0.373 to 0.998, with average of 0.763, median of
0.779, and a relatively small standard deviation of 0.154.

(v) Wairakite is the main endmember component of the 136 wairakite/analcime
solid solutions under consideration. Its activity varies from 0.573 to 0.999, with
mean of 0.891, median of 0.920, and a comparatively small standard deviation
of 0.090.

(vi) The sumof the andradite and grossularmole fractions is relatively close to unity
in most of the considered 201 hydrothermal garnets, which can be classified as
grandites, apart fromeight almandine-rich garnets fromLarderello.Grossular is
the main component in 25% of the cases only. Its activity ranges from <2.27 ×
10−7 (in 22 cases) to 0.674, with average of 0.127, median of 0.0142, and
relatively large standard deviation of 0.179.

The solid solutions with average activity of muscovite, 7Å-clinochlore, clino-
zoisite, prehnite, wairakite, and grossular were considered as points of reference.
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The �G°f and the log K of their dissolution reactions were computed and compared
with the �G°f and the log K of the dissolution reactions of the corresponding pure
minerals.

The dilution of the endmember component of interest in a given solid phase
increases its stability with respect to that of the pure mineral. An overall view of this
effect is provided by the diagram of CO2 fugacity versus temperature for the system
SiO2–Al2O3–CaO–H2O–CO2 (Fig. 4.18, modified from Giggenbach 1997), which
was constructed assuming saturation with calcite and quartz/chalcedony at any fCO2

and temperature.
In this diagram, the red lines depict the stability fields of the pure hydrothermal

minerals, but the blue lines describe the stability fields of the garnet, epidote,
wairakite/analcime and prehnite/ferri-prehnite solid solutions with average activ-
ities of the relevant endmembers, that is grossular, clinozoisite, wairakite, and
prehnite, respectively. Both grids were prepared assuming that laumontite, kaoli-
nite and pyrophyllite are pure phases. The comparison of the two grids shows what
follows:

(i) The stability field of the garnet solid solution expands considerably with respect
to that of pure grossular, at the expense of the stability field of prehnite. This
significant effect is due to the substantial difference between the average activity

Fig. 4.18 Diagram of CO2 fugacity versus temperature for the system SiO2–Al2O3–CaO–H2O–
CO2 (modified from Giggenbach 1997), prepared assuming saturation with quartz/chalcedony and
calcite at any fCO2 and temperature
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of prehnite, 0.763, and the average activity of grossular, 0.127. To be noted that
the following relation:

log fCO2,Prh−Grs = log KCal + log KPrh − log KGrs, (4.58)

links the logarithm of CO2 fugacity to the logK of the dissolution reactions of calcite,
prehnite, and grossular, which are as follows:

Cal + 2 H+ = Ca2+ + CO2(g) + H2O (4.59)

Prh + 3 Qtz/Chc + 10 H+ = 2 Ca2+ + 2 Al3+ + 6 H2O (4.60)

Grs + 3 Qtz/Chc + 12 H+ = 3 Ca2+ + 2 Al3+ + 6 H2O (4.61)

(ii) Also the stability field of the epidote solid solution exhibits a certain expansion
in comparison to that of pure clinozoisite, especially to disadvantage of the
stability field of wairakite and laumontite, whereas the clinozoisite-prehnite
boundary experiences a small shift. This behavior is partly attributable to the
fact that the average activity of clinozoisite, 0.703, is similar to that of prehnite,
0.763, but is significantly lower than those of wairakite, 0.891, and laumontite,
which is assumed to be equal to 1. However, the differential expansion of the
stability field of clinozoisite is also controlled, in part, by the stoichiometry of
relevant reactions, as pointed out by the following relations:

log fCO2,Czo-Prh = log KCal + log KCzo − 1.5 · log KPrh (4.62)

log fCO2,Wrk-Czo = log KCal + 3 · log KWrk − 2 · log KCzo (4.63)

log fCO2,Lmt-Czo = log KCal + 3 · log KLmt − 2 · log KCzo (4.64)

linking the logarithm of CO2 fugacity to the log K of the dissolution reactions of
clinozoisite, wairakite, and laumontite, which are as follows:

Czo + 3 Qtz/Chc + 13 H+ = 2 Ca2+ + 3 Al3+ + 7 H2O (4.65)

Wrk + 4 Qtz/Chc + 8 H+ = Ca2+ + 2 Al3+ + 6 H2O (4.66)

Lmt + 4 Qtz/Chc + 8 H+ = Ca2+ + 2 Al3+ + 8 H2O. (4.67)
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as well as by the log K of the dissolution reactions of calcite, Eq. (4.59), and prehnite,
Eq. (4.60).

Since hydrothermal quartz, calcite, adularia, albite, anorthite, and laumontite
occur as virtually pure solid phases, they can be involved without any partic-
ular worries and precautions in the theoretical, activity-based geothermometers and
fCO2-indicators representing the aim of this work.
Also the use of white mica, epidote, prehnite, and wairakite for theoretical

geothermometry and fCO2 evaluation does not pose particular problems because
these minerals exhibit limited compositional variations and, consequently, minor
deviations are generally expected from their average activities.

The involvement of chlorite and garnet in theoretical geothermometers and
fCO2-indicators is instead a risky business because these minerals show consider-
able compositional variations and, therefore, large deviations may occur from their
average activities.

Moreover, it must be recalled that (i) hydrothermal feldspars present in active
geothermal systems aremost likely triclinic, fully ordered, albite and variably ordered
adularia, from fully orderedmicrocline to completely disordered sanidine,with either
triclinic or monoclinic symmetry (see Sect. 4.2.3) and (ii) microcline and sanidine
have different thermodynamic properties (see Sect. 4.2.5).

The thermodynamic data of Helgeson et al. (1978) are used in this book because
they resulted to be consistent with the monoclinic/triclinic transition temperatures of
alkali feldspars whereas the thermodynamic data of Holland and Powell (1998) and
Arnórsson and Stefánsson (1999) did not, as discussed in Sect. 4.2.4. Unfortunately,
as shown in previous sections, there are large differences between the thermodynamic
data of Helgeson et al. (1978) and those of Holland and Powell (1998, 2011), formost
relevant solid phases, although these three databases are internally consistent. Owing
to these large differences, it is meaningless to select data from distinct databases
because it would be like mixing apples and oranges, as already recalled above.

In principle, the preparation of a common thermodynamic database for the whole
scientific community would be highly desirable. In practice, it is a prohibitive chal-
lenge that is probably doomed to remain a chimera for a certain lapse of time,
hopefully not too long.
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Chapter 5
Traditional Water Geothermometers
and fCO2-Indicators

Abstract Traditional water geothermometers and fCO2-indicators have been thor-
oughly reviewed in this chapter. The solubility of different silica minerals has been
recalled, but the main focus has been placed on quartz solubility, as it plays a pivotal
role in water geothermometry, underscoring the effects of grain size, pH, and salinity.
The different Na-K geothermometric functions proposed by different authors have
been examined. Since they are all plausible, there is not a unique Na-K geother-
mometer, but an infinite number of Na-K geothermometers which are controlled
by the exchange reaction between low-albite and variably ordered adularia, from
fully ordered maximum-microcline to completely disordered high-sanidine. Conse-
quently, there is also an infinite number of the other cation geothermometers which
are controlled by exchange reactions involving adularia. In particular, the Na-K-
Ca geothermometer has been split in the three separate Na-K, Na-Ca, and K-Ca
functions, following the suggestions of Tonani (1980). It turns out that the Na-Ca
and K-Ca geothermometers work for waters equilibrated with an unspecified Ca-Al-
silicate at relatively low fCO2 values,whereas they do notwork forwaters equilibrated
with calcite under comparatively high fCO2 values. This implies that the Na2/Ca and
K2/Ca ratios represent the basis not only for geothermometers but also for fCO2-
indicators, which is somewhat different from the point of view of previous authors.
Although Mg concentration decreases considerably with increasing temperature,
the K-Mg and Na-Mg geothermometers suffer several limitations due to different
reasons, including the variable composition of chlorites and illites and the varying
order-disorder of adularia, impacting the K-Mg geothermometer much more than
the Na-Mg geothermometer. Hence, some words of caution are needed on the use of
the very popular Na-K-Mg1/2 triangular plot.

5.1 General Aspects of Geothermometers
and fCO2-Indicators

Geothermometers and fCO2-indicators (sometimes improperly called geobarometers)
are simple functions in which the chemical data of geothermal water samples are
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inserted into to compute the temperature and fCO2 , respectively, which are expected
to be present in the zones of the geothermal aquifer where these geothermal water
samples have presumably attained chemical equilibriumwith hydrothermalminerals.

5.1.1 Basic Hypotheses of Geothermometry

AsunderscoredbyFournier et al. (1974), “There are many basic assumptions inherent
in using geochemical indicators to estimate subsurface temperatures …. The usual
assumptions are:

1. Temperature-dependent reactions occur at depth.
2. All constituents involved in a temperature-dependent reaction are sufficiently

abundant (that is, supply is not a limiting factor).
3. Water-rock equilibration occurs at the reservoir temperature.
4. Little or no re-equilibration or change in composition occurs at lower tempera-

tures as the water flows from the reservoir to the surface.
5. The hot water coming from deep in the system does not mix with cooler shallow

ground water.”

The fCO2-indicators rely on similar hypotheses. Often, the hypotheses 4 and
5 are not satisfied, especially for thermal springs. In fact, the geothermal liquid
frequently mixes with shallow waters or separates a vapor phase or precipitates one
or more mineral phases, during the ascent towards the surface. If so, the effects
of these secondary processes have to be properly modeled for a correct applica-
tion of geothermometers and fCO2-indicators as already recognized by Fournier and
Truesdell (1974).

The purpose of this chapter is to review the traditional geothermometers and fCO2-
indicators, both to provide a picture of the present state of the art and to underscore
the needs for possible improvements.

5.1.2 Historical Overview

The first attempt to use silica as a water geothermometer was probably done by
Bödvarsson (1960) and Bödvarsson and Palmason (1961) who adopted the concen-
tration of dissolved SiO2, cSiO2 , of the thermal springs in the low temperature areas
in Iceland as an indicator of aquifer temperature, T, using the simple relation (cSiO2

in mg/kg; T in °C): T = cSiO2 − 25. However, this can be considered a qualitative
geothermometer at best.

Morey et al. (1962) investigated the solubility of quartz inwater, in the temperature
range from 25 to 300 °C, by means of laboratory experiments. They calibrated two
quartz solubility relations, one at PH2O of 1000 atm, the other at water saturation
pressure using the results of their own experiments and those of Kennedy (1950).
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In the conclusive section of the paper, Morey et al. (1962) wrote that “it is probable
that the silica contents of many hot springs are controlled by equilibrium between
dissolved silica and quartz at relatively shallow depths where temperatures are above
150 °C. The waters from many springs and geysers in Yellowstone National Park are
unsaturated in silica with respect to silica gel at the vent temperatures, 80°–95 °C.
However, these waters are saturated in silica with respect to the solubility of quartz
at temperatures of 175°–275 °C.” For the first time, quartz solubility was used as a
real geothermometer.

Mahon (1966) utilized the quartz solubility curves of Morey et al. (1962) and
the dissolved silica concentration in waters discharged from the geothermal wells
of Wairakei, New Zealand, suitably corrected for steam separation, to evaluate
the temperatures present in the geothermal reservoir. Fournier and Rowe (1966)
described the method for calculating aquifer temperatures from the silica concentra-
tion of high-discharge, boiling springs and wet-steam wells assuming equilibrium
with quartz at depth. The quartz geothermometer was thus thoroughly established
and tested in the 60s. Since then, dissolved silica in hot spring waters and geothermal
well discharges has been extensively used as a tool to estimate aquifer temperature.

More or less at the same time, it was observed that the Na/K concentration ratio
of thermal waters decreases with increasing temperature and tables and/or diagrams
displaying the atomic Na/K ratios versus temperature were generated using both
results of laboratory experiments and water compositions of geothermal wells and
hot springs (White 1965, 1968; Ellis and Mahon 1967; Ellis 1970; Mercado 1970).
The ion exchange reaction between coexisting Na- and K-feldspars was generally
invoked to explain the Na/K ratio—temperature relation (e.g., White 1965; Ellis
1970). Nevertheless, the possible role of Na and K micas instead of one of the
two feldspars or both of them was discussed by Fournier and Truesdell (1970).
These authors underscored also the changes in the Na/K ratio during the ascent of
thermal waters from the deep aquifer to the surface discharge due to mineral-solution
reactions as well as the possible effects of complex ion formation.

The studies of hydrothermal alteration mineralogy (e.g., Browne 1970, 1978)
and geochemical modeling of mineral-solution equilibria and irreversible mass
transfer during water-rock interaction in high-temperature hydrothermal systems
(e.g., Helgeson, 1968, 1969; Helgeson et al. 1969, 1970) provided further evidence
on the role of temperature-dependent reactions involving hydrothermal minerals and
aqueous species in controlling water geothermometers.

Based on this knowledge, the solubility of different SiO2 polymorphs inwater was
used to calibrate silica geothermometers (e.g., Fournier and Rowe 1962; Fournier
1973; Arnórsson 1970, 1975; Fournier and Potter 1982a, b; Arnórsson et al. 1983a)
and ion exchange reactions involving suitable hydrothermal minerals were invoked
to derive or substantiate ionic solute geothermometers, such as the Na–K geother-
mometer (e.g., Fournier 1979; Arnórsson et al. 1983a; Giggenbach 1988), the Na–K–
Ca geothermometer (Fournier and Truesdell 1973), and the K–Mg geothermometer
(Giggenbach et al. 1983; Giggenbach 1988), as well as the K–Ca fCO2-indicator
(Giggenbach 1984, 1988).
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These simple functions have been used in a countless number of studies and
are still widely used today although some limitations became apparent through the
years. Finally, a theoretical justification for ionic solute geothermometers and fCO2-
indicators was found by Guidi et al. (1990) and Chiodini et al. (1991) who elaborated
on the early suggestion of Fournier and Truesdell (1970) concerning the possible
influence of complex ion formation.

5.1.3 The Simple Form of Most Geothermometric Equations

Although polynomial equations were used for some geothermometers, such as the
quartz solubility functions of Fournier and Potter (1982a, b), Von Damm et al.
(1991), Manning (1994), Shibue (1996), and Gunnarsson and Arnórsson (2000) (see
Sect. 5.2.2) and the Na–K geothermometer of Arnórsson (2000; see Sect. 5.3.1),
most geothermometers are written in the simple form:

T(◦C) = A

logK − B
− 273.15. (5.1)

In Eq. (5.1), K is the thermodynamic equilibrium constant of the reaction control-
ling the geothermometer and the meaning of A and B constitutes the subject of this
discussion. Suitable examples are the dissolution reactions of quartz and chalcedony:

quartz = SiO2(aq) (5.2)

chalcedony = SiO2(aq) (5.3)

and the albite-adularia exchange reaction:

albite + K+ = adularia + Na+. (5.4)

The thermodynamic equilibrium constants of reactions (5.2), (5.3), and (5.4) can
be written in the following simplified forms:

KQtz
∼= mSiO2(aq) (5.5)

KChc
∼= mSiO2(aq) (5.6)

KAb−Adl
∼= mNa+

/
mK+ (5.7)

assuming that: (i) solid phases are pure (see Sect. 2.1.2), which is reasonable for silica
minerals and alkali feldspars (see Sects. 4.2, and 4.10), (ii) the activity coefficient of



5.1 General Aspects of Geothermometers … 229

dissolved silica is 1, which is realistic for neutral species (see Sect. 2.3.3), and (iii)
the activity coefficients of Na+ and K+ ions are nearly equal, which is true (or nearly
so) for ions of the same charge if the B-dot equation is used (see Sect. 2.3.3).

As already recalled in Sect. 2.1.4, the temperature dependence of the thermody-
namic equilibrium constant K of any reaction is expressed by the van’t Hoff relation,
Eq. (2.22). Assuming that the standard isobaric heat capacity of the reaction, �Co

P,r,
is equal to zero, Eq. (2.22) is easily integrated and rearranged, obtaining:

logKT = − �Ho
r

2.303 · R · T + logKTr + �Ho
r

2.303 · R · Tr
. (5.8)

The natural logarithmof the thermodynamic equilibriumconstant and the standard
Gibbs free energy of reaction, �G°r, are linked by Eq. (2.12), which can be written
in the following form, for T = Tr and adopting the decimal logarithm of K instead
of its natural logarithm:

logKTr = − �Go
r

2.303 · R · Tr
. (5.9)

Let us now insert Eq. (5.9) into Eq. (5.8) and reorganize the obtained relation,
recalling Eq. (2.1) rewritten for T = Tr:

�Go
r = �Ho

r − Tr · �Sor . (5.10)

In this way, one finds:

logKT = − �Ho
r

2.303 · R · T + �Sor
2.303 · R . (5.11)

Let us now solve Eq. (5.1) with respect to log K expressing the temperature in
Kelvin degrees:

logK = A

T(K)
+ B. (5.12)

Comparison of Eqs. (5.11) and (5.12) shows that:

A = − �Ho
r

2.303 · R (5.13)

B = �Sor
2.303 · R . (5.14)

In other terms, the linear relation between the logarithm of the thermodynamic
equilibrium constant and the inverse of the absolute temperature implies that the
standard enthalpy and entropy of reaction are constant. This findings are expected
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because: (i) �CP°r was assumed equal to zero in the integration of the van’t Hoff
equation (see above) and (ii) �CP°r is related to the enthalpy and entropy of reaction
through the relations:

(
∂
(
�Ho

r

)

∂T

)

P

= �Co
P,r (5.15)

(
∂
(
�Sor

)

∂T

)

P

T = �Co
P,r. (5.16)

The condition �CP°r = 0 is usually true for isocoulombic reactions, that is for
reactions having the same number of ionic species of the same charge on each side. In
fact, reactions (5.2), (5.3), and (5.4), and similar reactions, are isocoulombic (Puig-
domènech et al. 1997). Therefore, it is reasonable to assume that the log K of these
reactions, and of similar reactions as well, depends linearly on the inverse of the
absolute temperature. In other terms, it is permissible to adopt Eqs. (5.1) and (5.12)
for the silica and Na–K geothermometers.

5.2 The Silica Geothermometers

According to Fournier (1991), in some geothermal reservoirs, well-crystalline quartz
controls undissociated SiO2 concentration at temperatures as low as 100 °C, prob-
ably because water has been in contact with rocks for comparatively long lapses of
time, whereas chalcedony (i.e., microcrystalline quartz with sub-microscopic pores)
governs undissociated SiO2 concentration up to 180 °C in the portions of geothermal
systems recently affected by fracturing. Chalcedony is more soluble than quartz
because the small size of its microcrystals determines large surface energies.

According to Arnórsson et al. (1983a), quartz solubility governs undissociated
SiO2 concentration above about 180 °C, whereas geothermal waters circulating in
aquifers of relatively low temperatures attainmetastable equilibriumwith chalcedony
instead of quartz.

Other silica minerals, such as α-cristobalite, opal-CT, and amorphous silica, occur
in geothermal systems and may control undissociated SiO2 concentration especially
at comparatively low temperatures and/or in acidic solutions.
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5.2.1 Constant-Enthalpy Relations Expressing the Solubility
of Silica Minerals in Pure Water

The logarithmof total dissolved silica concentration in purewater in equilibriumwith
vapor and a silicamineral (i.e., quartz, chalcedony, α-cristobalite, opal-CT, and amor-
phous silica) increases linearly with decreasing values of the absolute temperature
inverse, as shown by the solid black lines in Fig. 5.1. In the same diagram, the dashed
blue lines apply to waters that were initially in equilibrium with these silica minerals
at the considered temperatures and have experienced single-step steam separation at
100 °C, or maximum steam loss.

The solid black straight lines in Fig. 5.1 correspond to the following geothermo-
metric functions, which were proposed by Fournier (1977) and references therein
and are valid in the temperature range 0–250 °C (T is temperature, in °C, and cSiO2

is total dissolved silica concentration, in mg/kg):

TQz,F = 1309

5.19 − log cSiO2

− 273.15, for quartz (5.17)

TChc,F = 1032

4.69 − log cSiO2

− 273.15, for chalcedony (5.18)

Tα−Crs,F = 1000

4.78 − log cSiO2

− 273.15, forα-cristobalite (5.19)

Fig. 5.1 Solid black lines
indicate the solubility of
several silica minerals in
water, at the vapor pressure
of the solution, as expressed
by Eqs. (5.17)–(5.21).
Dashed blue lines refer to the
corresponding maximum
steam loss relations, that is
Eqs. (5.22)–(5.26).
Equations (5.17)–(5.22) are
from Fournier (1977)
whereas Eqs. (5.23)–(5.26)
were derived in this work
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TOpl,F = 781

4.51 − log cSiO2

− 273.15, for opal - CT (5.20)

TA−SiO2,F = 731

4.52 − log cSiO2

− 273.15, for amorphous silica. (5.21)

The plot of Fig. 5.1 andEqs. (5.17)–(5.21) indicate that, among the silicaminerals,
amorphous silica has the highest solubilities, quartz has the lowest solubilities, while
chalcedony, α-cristobalite, and opal-CT exhibit intermediate solubilities.1

Fournier (1977) and references therein proposed also the following maximum-
steam-loss quartz geothermometer:

TQz,msl,F = 1522

5.75 − log cSiO2

− 273.15. (5.22)

Similar maximum-steam-loss geothermometric functions for the other silica
minerals, corresponding to the dashed blue lines in Fig. 5.1, are as follows (this
work):

TChc,msl,F = 1227

5.20 − log cSiO2

− 273.15, for chalcedony (5.23)

Tα-Crs,msl,F = 1195

5.29 − log cSiO2

− 273.15, for α-cristobalite (5.24)

TOpl,msl,F = 976

5.02 − log cSiO2

− 273.15, for opal - CT (5.25)

TAm.SiO2,msl,F = 926

5.03 − log cSiO2

− 273.15, for amorphous silica. (5.26)

Based on data from geothermal wells in Iceland, Arnórsson et al. (1983a)
performed an empirical calibration of the chalcedony geothermometer obtaining
the following function:

TChc,A = 1112

4.91 − log cSiO2

− 273.15, (5.27)

which is valid from 25 to 180 °C. Arnórsson et al. (1983a) did not calibrate the quartz
geothermometer, because their analytical data were inadequate, but recommended
the use of the following function, in the temperature range 180–300 °C:

TQz,A = 1164

4.90 − log cSiO2

− 273.15. (5.28)

1Opal-CT was identified as β-cristobalite by Fournier (1977), but this erroneous identification was
corrected in later papers.
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Rimstidt (1997) presented results for quartz solubilitymeasurements in purewater
at 21, 50, 74, and 96 °C and 1 bar, in which equilibrium was attained from undersat-
uration. The duration of the two runs at 21 °C was 4917 days (~13.5 years) whereas
the other runs lasted 54 to 210 days. Rimstidt’s results indicate that quartz solubility
at 25 °C is 11.0 ± 1.1 mg/kg, which is significantly higher than the results given by
Eq. (5.17), 6.3 mg/kg, and Eq. (5.28), 9.9 mg/kg, although the latter should not be
used at 25 °C.

Rimstidt (1997) reviewed the available experimental data for the temperature
range 0–300 °C and obtained the following linear regression relationship (N = 71;
R2 = 0.994):

LogmSiO2(aq) = −1107.12(±10.77) · T−1 − 0.0254(±0.0247). (5.29)

Equation (5.29) corresponds to the following geothermometric relation:

TQz,R = 1107.12

4.753 − log cSiO2

− 273.15, (5.30)

in which the uncertainties are disregarded.
Strictly speaking, undissociated silica concentration, cSiO2(aq) , should appear in

silica geothermometers instead of total dissolved silica concentration, cSiO2 , because
the equilibrium condition between the aqueous solution and the considered silica
mineral, SiO2(s), involves undissociated silica, SiO2(aq), as expressed by the following
general reaction:

SiO2(s) = SiO2(aq). (5.31)

Reactions (5.2) and (5.3) involve quartz and chalcedony, respectively, and are
special cases of the general reaction (5.31). The thermodynamic equilibrium constant
of reaction (5.31) can be considered nearly equal to SiO2(aq) molality:

KSiO2(s)
∼= mSiO2(aq) (5.32)

for the reasons already given above for Eqs. (5.5) and (5.6).
To investigate the relation between the concentrations of total dissolved silica and

undissociated silica (or silicic acid) as a function of pH, we write the dissociation
reaction of undissociated silica:

SiO2(aq) + H2O = H+ + HSiO−
3 (5.33)

and the corresponding thermodynamic equilibrium constant:

K = aHSiO−
3

· aH+

aSiO2(aq) · aH2O
. (5.34)
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Assuming that the aqueous solution is relatively dilute, then aH2O = 1. Hypothe-
sizing that activity coefficients are equal or close to 1, and recalling that aH+ = 10−pH

and K = 10−pK, Eq. (5.34) can be rearranged as:

mHSiO−
3

mSiO2(aq)

= 10−pK

10−pH
= 10pH−pK (5.35)

Consequently, the following conditions hold true: mHSiO−
3

= mSiO2(aq) at pH= pK,
mHSiO−

3
= 0.1 · mSiO2(aq) at pH = pK − 1, mHSiO−

3
= 0.01 · mSiO2(aq) at pH = pK − 2,

and so on. For instance, since pK = 9.04 at 250 °C, it follows that mSiO2(aq) = mHSiO−
3

at pH = 9.04, mHSiO−
3

= 0.1 · mSiO2(aq) at pH = 8.04, mHSiO−
3

= 0.01 · mSiO2(aq) at
pH = 7.04, and so on. Since, the pK of silicic acid dissociation varies from 10.3 to
8.8, in the 0–350 °C range (Fig. 5.2) and the pH of reservoir liquids is usually in the
range 5–7, being constrained bywater-rock reactions, in general, total dissolved SiO2

concentration is nearly equal to undissociated SiO2 concentration, under reservoir
conditions.

However, loss of acid gases (CO2 and H2S) upon steam separation (boiling)
increases significantly the pH of the liquid phase. Upon attainment of pH values
higher than 7.8–9.3, depending on temperature, total dissolved silica concentration
becomes significantly greater than undissociated silica concentration due to the pres-
ence of significant amounts of silicate ion produced through reaction (5.33). There-
fore, it is advisable to insert undissociated silica concentration into silica geother-
mometers instead of total dissolved silica concentration, to get rid of these possible
pH effects. The pH effect on quartz solubility was underscored inter alias by Crerar

Fig. 5.2 Temperature
dependence of the pK of the
silicic acid dissociation
(reaction 5.33), based on
different experimental data
(from Fleming and Crerar
1982 and references therein)
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and Anderson (1971), who determined quartz solubility in the SiO2–H2O–NaOH
system, and Arnórsson (1975), who discussed the increase in pH upon flashing due
to extensive removal of dissolved CO2 and H2S from liquid water into the vapor
phase.

The linear relation between the absolute temperature inverse and log cSiO2 or log
cSiO2(aq) , for all the silica geothermometers, is due to the fact that reaction (5.31) is
isocoulombic, as already underscored in Sect. 5.1.3. Besides, based on Eq. (5.13):

(i) The slope of the quartz and chalcedony geothermometers of Fournier (1977),
Eqs. (5.17) and (5.18), respectively, is consistent with �H°r values of
5991 cal mol−1 and 4723 cal mol−1, respectively, for the corresponding
dissolution reactions.

(ii) The slope of the quartz and chalcedony geothermometric functions of
Arnórsson et al. (1983a), Eqs. (5.27) and (5.28), respectively, is consistent
with �H°r values of 5327 cal mol−1 and 5089 cal mol−1, respectively, for the
dissolution reactions of these two silica minerals.

(iii) The slope of the quartz geothermometer of Rimstidt (1997), Eqs. (5.30), is
consistent with a �H°r value of 5067 cal mol−1 for the dissolution reaction of
quartz.

In Fig. 5.3, these enthalpies of quartz and chalcedony dissolution are compared
with those predicted bySUPCRT92 (Johnson et al. 1992) as a functionof temperature,
atwater saturation pressure, based on the thermodynamic properties ofHelgeson et al.
(1978). From 100 to 275 °C, the �H°r values of the quartz and chalcedony geother-
mometers of Arnórsson et al. (1983a), the chalcedony geothermometer of Fournier
(1977), and the quartz geothermometer ofRimstidt (1997) agreewith the�H°r values
given by SUPCRT92 for quartz and chalcedony, 5150± 87 and 4782± 87 cal mol−1,

Fig. 5.3 Enthalpy of quartz
and chalcedony dissolution
predicted by SUPCRT92 as a
function of temperature, at
water saturation pressure,
based on the thermodynamic
properties of Helgeson et al.
(1978) and �H°r values
consistent with the quartz
and chalcedony
geothermometers of Fournier
(1977) and Arnórsson et al.
(1983a) and the quartz
geothermometer of Rimstidt
(1997)
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respectively, on average. In contrast, the �H°r values of the quartz geothermometer
of Fournier (1977) is higher than the �H°r values of quartz dissolution computed
using SUPCRT92 by 820 cal mol−1 on average.

To be noted that the �H°r values of SUPCRT92 show limited variations in the
temperature range 100–275 °C, whereas the SUPCRT92 enthalpies deviate progres-
sively from the �H°r values of silica geothermometers towards higher values below
100 °C and towards lower values above 275 °C. Therefore, based on SUPCRT92
predictions, the constant-enthalpy quartz and chalcedony geothermometers are
expected to give increasingly wrong results both below 100 °C and above 275 °C.

5.2.2 Variable-Enthalpy Relations Expressing Quartz
Solubility in Pure Water

Since the constant-enthalpy silica geothermometers do not describe properly the solu-
bility of quartz and chalcedony below 100 °C and above 275 °C, variable-enthalpy
relations were proposed by Fournier and Potter (1982a, b), Von Damm et al. (1991),
Manning (1994), Shibue (1996), and Gunnarsson and Arnórsson (2000). The first
four of these equations involve the density of H2O or its molar volume and reproduce
quartz solubility both in the liquid and vapor phases.

Fournier and Potter (1982a) used the experimental results obtained by different
authors (Kennedy 1950; Morey and Hesselgesser 1951a; Wyart and Sabatier 1955;
Khitarov 1956; Kitahara 1960; Van Lier et al. 1960; Morey et al. 1962; Siever 1962;
Weill and Fyfe 1964; Anderson and Burnham 1965; Heitmann 1965; Stewart 1965,
unpublished data; Semonova and Tsilkis, 1970; Crerar and Anderson 1971; Seward
1974; Hemley et al. 1980) at temperatures from 20 to 900 °C and at pressures up
to 10 kbar, to express quartz solubility in pure water as a function of the absolute
temperature and the specific volume of pure water, either liquid or gaseous, through
the following relation:

logmSiO2 = A + B · logV + C · (logV)2 (5.36)

where V is the specific volume of H2O (cm3 g−1), and:

A = −4.66206 + 0.0034063 · T + 2179.7 · T−1

− 1.1292 × 106 · T−2 + 1.3543 × 108 · T−3

B = −0.0014180 · T − 806.97 · T−1

C = 3.9465 × 10−4 · T.

Inserting the specific volume of pure water, at saturation temperatures and pres-
sures, from Lemmon et al. (2017)2 into Eq. (5.36), computed quartz solubility in the

2Data were obtained from the website https://webbook.nist.gov/chemistry/fluid/

https://webbook.nist.gov/chemistry/fluid/
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liquid phase increases gradually with temperature, up to a maximum of 771.2 mg/kg
at 339 °C, and decreases quickly above 360 °C, attaining a value close to 310 mg/kg
at the critical temperature of pure water, 374 °C.3 In contrast, the solubility of quartz
in steam is less than 1 mg/kg below 270 °C and increases steeply close to the critical
temperature, reaching 10.0 mg/kg at 322 °C, 30.7 mg/kg at 347 °C, 103.4 mg/kg at
368 °C, and 259.5 mg/kg at 373.9 °C.

In a separate scientific paper, Fournier and Potter (1982b) used the equation of
Fournier and Potter (1982a) to compute the solubility of quartz in pure H2O, at the
vapor pressure of the solution, in both the liquid and gas (steam) phases, at 5 °C
intervals up to the critical point. The obtained results are closely reproduced by the
following polynomial function:

TQz,FP = C1 + C2 · cSiO2 + C3 · c2SiO2
+ C4 · c3SiO2

+ C5 · log cSiO2 (5.37)

in which TQz,FP is in °C, C1 = −4.2198× 101, C2 = 2.8831× 10−1, C3 = −3.6686×
10−4, C4 = 3.1665 × 10−7, and C5 = 7.7034 × 101. The quartz geothermometer
of Fournier and Potter (1982b), i.e., Eq. (5.37), can be applied to dilute aqueous
solutions in the temperature range 20–330 °C.

As detailed in the next section, Von Damm et al. (1991) derived an equation
describing quartz solubility in NaCl solutions of molality up to 0.5 m, which can
be applied to pure water as well. Inserting the specific volume of pure water, at
saturation temperatures and pressures, from Lemmon et al. (2017) into Eq. (5.41),
calculated quartz solubility in liquid water increases gradually with temperature,
up to a maximum of 739.0 mg/kg at 343 °C, and decreases rapidly above 360 °C,
attaining a value close to 329 mg/kg at the critical temperature of pure water. In
contrast, the solubility of quartz in steam is <1 mg/kg below 263 °C and increases
steeply near the critical temperature, attaining 10.2 mg/kg at 319 °C, 30.0 mg/kg at
344 °C, 105.7 mg/kg at 367 °C, and 278.3 mg/kg at 373.9 °C.

Manning (1994) measured the solubility of quartz in pure water at pressures of
5 to 20 kbar and temperatures of 500 to 900 °C by means of crushed-quartz and
single-crystal experiments. He considered the results of his experiments, those of
Hemley et al. (1980) andWalther and Orville (1983) as well as the quartz solubilities
computed at 25, 50, 100, and 150 °C, up to 5 kbar, by means of the equation of
Fournier and Potter (1982a). Manning (1994) regressed all these data against T (in
K) and ρH2O (in g cm−3) obtaining the following relation:

logmSiO2 = A(T) + B(T) · log ρH2O (5.38)

where

A(T) = 4.2620 − 5764.2

T
+ 1.7513 × 106

T2 − 2.2869 × 108

T3

3The SiO2 concentration at the critical point was computed by averaging the values of the liquid
and vapor at 373.9 °C.
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B(T) = 2.8454 − 1006.9

T
+ 3.5689 × 105

T2 .

According toManning (1994), Eq. (5.38) reproduces measured quartz solubilities
up to 20 kbar and 900 °C and can be extrapolated to pressures higher than 20 kbar.
Inserting the specific volume of pure water, at saturation temperatures and pressures,
from Lemmon et al. (2017) into Eq. (5.38), quartz solubility in the liquid phase
growths progressively with temperature, up to a maximum of 700 mg/kg at 341 °C,
and decreases rapidly above 360 °C, attaining a value close to 263mg/kg at the critical
temperature of pure water. In contrast, the solubility of quartz in the gas phase is less
than 1mg/kg below 292 °C and rises suddenly near the critical temperature, reaching
10.3mg/kg at 337 °C, 30.5mg/kg at 356 °C, 104.1mg/kg at 371 °C, and 215.3mg/kg
at 373.9 °C.

Shibue (1996) used 424 experimental data on quartz solubility in pure water
from different studies (Kennedy 1950; Morey and Hesselgesser 1951a, b; Wyart and
Sabatier 1955; Morey et al. 1962; Siever 1962; Weill and Fyfe 1964; Anderson and
Burnham 1965, 1967; Crerar and Anderson 1971; Novgorodov 1975, 1977; Hemley
et al. 1980; Ragnarsdottir and Walther 1983; Walther and Orville 1983; Manning
1994) and derived the following equation (T in K; P in bar; ρH2O in g cm−3):

lnmSiO2 = −1.51914 + 1.99970 · ln ρH2O

− 2636.78

T
+ 0.00387766 · T + 0.0198582 · P

T
(5.39)

which is valid up to 10 kbar and 900 °C. Inserting the density of pure water, at
saturation temperatures and pressures, from Lemmon et al. (2017) into Eq. (5.39),
quartz solubility in liquid water increments more and more with temperature, up to a
maximum of 720.6 mg/kg at 341 °C, and decreases quickly above 360 °C, attaining
a value close to 289 mg/kg at the critical temperature of pure water. In contrast,
the solubility of quartz in steam is <1 mg/kg below 279 °C and increases abruptly
approaching the critical temperature, attaining 10.3 mg/kg at 330 °C, 31.0 mg/kg at
352 °C, 108.3 mg/kg at 370 °C, and 239.5 mg/kg at 373.9 °C.

Gunnarsson and Arnórsson (2000) considered the experimental data on quartz
solubility in water from several studies (Kennedy 1950; Fournier 1960; Kitahara
1960; Van Lier et al. 1960; Morey et al. 1962; Siever 1962; Crerar and Anderson
1971; Mackenzie and Gees 1971; Hemley et al. 1980; Rimstidt 1997; Gíslason et al.
1997) and proposed the following relation (T in K):

logmSiO2(aq) = −34.188 + 197.47 · T−1 − 5.851 × 10−6 · T2 + 12.245 · log T.

(5.40)

Equation (5.40) is valid at water saturation pressure in the temperature range 0 to
350 °C.
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All the functions expressing quartz solubility in pure water, both the constant-
enthalpy relations presented in the previous section and the variable-enthalpy equa-
tions introduced in this section, are shown in the diagrams of SiO2 concentration
versus temperature of Fig. 5.4 and SiO2 concentration (in logarithmic scale) versus
the absolute temperature inverse of Fig. 5.5.

The solubility of quartz and chalcedony, at saturation temperatures and pressures,
computed by means of the program SUPCRT92 (Johnson et al. 1992), based on
the thermodynamic data of quartz and chalcedony from Helgeson et al. (1978) and
those of aqueous SiO2 from Shock et al. (1989), are also displayed in this diagram,
together with the results of the polynomial Eq. (4.57) in Sect. 4.10.2, describing the
solubility of a mechanical mixture constituted by 50% chalcedony and 50% quartz,
called quartz/chalcedony in brief, at saturation temperatures and pressures.

Apart from the equation of Shibue (1996) below ~160 °C and the relations of
Fournier (1977) and Fournier and Potter (1982a, b) below ~120 °C, all the functions
describing quartz solubility in purewater are positioned between the solubility curves
of quartz and chalcedony computed by means of SUPCRT92. This suggests that the
differences between the experimental data of different authors might be ascribable,

Fig. 5.4 Diagram of SiO2 concentration versus temperature showing the constant-enthalpy and the
variable-enthalpy equations expressing quartz solubility in pure water, at saturation temperatures
and pressures. The blue circle, ruby red diamond, orange triangle, and green square indicate the
SiO2 concentration at critical point (C.P.) according to Fournier and Potter (1982a), Von Damm
et al. (1991), Manning (1994), and Shibue (1996), respectively



240 5 Traditional Water Geothermometers …

Fig. 5.5 Diagram of SiO2 concentration (in logarithmic scale) versus absolute temperature inverse
showing the constant-enthalpy and the variable-enthalpy equations describing quartz solubility in
pure water, at saturation temperatures and pressures. The blue circle, ruby red diamond, orange
triangle, and green square indicate the SiO2 concentration at critical point (C.P.) according to
Fournier and Potter (1982a), Von Damm et al. (1991), Manning (1994), and Shibue (1996),
respectively

at least partly, to the different grain size of quartz crystals in equilibrium with the
aqueous solution, as proposed by Azaroual et al. (1997) for the geothermal fluids of
the Paris Basin. In fact, quartz microcrystals (i.e., chalcedony) are more soluble than
quartz crystals, as already noted above. Accepting this explanation, it can be inferred
that the quartz/chalcedony polynomial Eq. (4.57) describes the solubility of quartz
crystals of average grain size, being representative of the central tendency.

The four variable-enthalpy relations of Fournier and Potter (1982a), Von Damm
et al. (1991), Manning (1994), and Shibue (1996) reproduce the marked decrease in
quartz solubility in the liquid phase and the steep increase in quartz solubility in the
vapor phase occurring at temperatures approaching the critical point of pure water.

Moreover, the liquid and vapor branches of these four functions converge at the
critical point, but there are considerable differences between the SiO2 concentration
value at the critical point,which varies from263 to 329mg/kg, as alreadynoted above.
In principle, SiO2 concentrations in the liquid phase higher than the critical value
correspond to two different temperatures of quartz equilibrium, one situated along
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the ascending part of the liquid branch of these four functions, the other positioned
along the descending portion.

The other equations are characterized by a continuous increment of quartz solu-
bility with increasing temperature and, consequently, they are unable to reproduce
quartz solubility neither in the liquid phase at temperatures approaching the critical
point nor in the vapor phase. Moreover, at temperatures higher than 250–275 °C
there are large differences among these functions.

Consequently, the four variable-enthalpy equations ofFournier andPotter (1982a),
Von Damm et al. (1991), Manning (1994), and Shibue (1996) can be applied up to
the critical point of pure water, whereas the other relations cannot be used above
temperatures varying from 250 to 350 °C, different from case to case.

5.2.3 Quartz Solubility in Salt Solutions

Fournier et al. (1982) measured the solubility of quartz in 2, 3, and 4 molal NaCl
solutions at 350 °C and pressures varying from 180 to 500 bar using the gold bag
hydrothermal apparatus of Seyfried et al. (1979). Quartz solubility in each of the
considered NaCl solutions resulted to be greater than that in pure water over the
whole pressure interval considered in the study, but the ratio between quartz solubility
in NaCl solutions and in pure water decreases with increasing pressure. Fournier
et al. (1982) underscored that the previous measurements of quartz solubility in
NaCl solutions carried out by Kitahara (1960) are too high due to the high pH
caused by reaction of elemental silver and NaCl with production of NaOH, AgCl,
and H2. According to Fournier et al. (1982), also quartz solubilities in NaCl solutions
measured by Ganeyev (1975) might be affected by similar problems whereas quartz
solubilities in NaCl solutions determined by Hemley et al. (1980) are reliable.

As anticipated in previous section, Von Damm et al. (1991) measured quartz
solubility in seawater at temperatures of 200, 300, 363, 400, and 450 °C and pressures
from 200 to 1000 bar performing the experiments in the modified Dickson apparatus
of Seyfried et al. (1979). The 100 data thus obtained were merged with three data
for 0.5 M NaCl (Hemley et al. 1980) and 391 for pure water from distinct sources
(Kennedy 1950; Morey and Hesselgesser 1951b; Wyart and Sabatier 1955; Khitarov
1956; Kitahara 1960; Van Lier et al. 1960; Morey et al. 1962; Siever 1962; Weill
and Fyfe 1964; Anderson and Burnham 1965; Heitmann 1965; Sommerfeld 1967;
Semonova and Tsilkis 1970; Crerar and Anderson 1971; Ragnarsdottir and Walther
1983; Walther and Orville 1983). The whole dataset includes 494 quartz solubility
data covering the temperature interval 45–900 °Cand the pressure range<1–9860bar.
According to Von Damm et al. (1991), quartz solubility is described by the following
equation:

lnmSiO2·bH2O = A + B · ln ρF + (
C + D · T2

) · T−1 + E · P · T−1 (5.41)
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in which ρF is density of the aqueous fluid in g cm−3, P is pressure in bar, T is
temperature in K, and coefficients are as follows: A = −2.32888, B = 1.79547, C =
−2263.62, D= 0.00407350, and E= 0.0398808. In spite of the empirical derivation
of Eq. (5.41), its terms are present in theoretical models describing quartz solubility.
For instance: the coefficient A depends on the hydration number of dissolved silica,
the weight fraction of free water, the activity coefficient of dissolved silica and water,
as well as the effects of pressure on the activity coefficient of dissolved silica and
water; the coefficient B is the hydration number of dissolved silica; the term (C +
D · T2) is equal to −�H/R; the coefficient E is equal to �V/R. Equation (5.41) may
hold for ionic strengths higher than that of seawater, provided that coefficient A is
suitably modified. However, Von Damm et al. (1991) did not test the model at high
ionic strengths due to the lack of data.

Shibue (1996) used available experimental data to derive three empirical equations
describing quartz solubility in pure water [i.e., Eq. (5.39) in previous section] as well
as in H2O + CO2 and H2O + NaCl fluids. In particular, the relation for H2O + NaCl
fluids was based on the experimentally measured quartz solubilities of Anderson
and Burnham (1967), Novgorodov (1975), Hemley et al. (1980), and Fournier et al.
(1982). For H2O + CO2 and H2O + NaCl fluids, the weight fraction of water in the
solvent, F, the density of the aqueous fluid, ρF, and an empirical constant, �, were
used as additional parameters. The ratio of quartz solubility in the aqueous fluid,
mSiO2,F, to that in pure water, mSiO2,W, at the same P, T, was assumed to be expressed
by the relation:

ln

(
mSiO2,F

mSiO2,W

)
= � · ln

(
ρF · F
ρH2O

)
. (5.42)

Densities of H2O + NaCl fluids were calculated by Shibue (1996) using the
equations of Anderko and Pitzer (1993). The obtained equation describing quartz
solubility in H2O + NaCl fluids is:

lnmSiO2,F = A + B · ln ρF + C · T−1 + D · T + E · P · T−1 + � · ln
(

ρF · F
ρH2O

)

(5.43)

in which P is pressure in bar, T is temperature in K, densities are in g cm−3, F is
defined above, and coefficients are as follows: A = −1.51914, B = 1.99970, C =
−2636.78, D = 0.00387766, E = 0.0198582, and � = 3.24740. The equation of
Shibue (1996) for H2O + NaCl fluids differs from that of Von Damm et al. (1991)
for the presence of an additional term, namely the last term on the right in Eq. (5.43),
which is defined by Eq. (5.42) and does not appear in Eq. (5.41). Equation (5.43)
applies to H2O + NaCl fluids with NaCl concentrations up to 33.6 wt%, at pressures
from 0.2 to 2 kbar and temperatures from 200 to 700 °C.

To calculate the molality of aqueous SiO2 in water-salt-CO2 fluids in equilibrium
with quartz, Akinfiev and Diamond (2009) proposed the following relation:
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logmSiO2 = A(T) + B(T) · log 18.0152

V∗
H2O

+ 2 · log xH2O (5.44)

in which A(T) and B(T) are the two polynomials of the equation of Manning (1994),
i.e., Eq. (5.38), and xH2O and V∗

H2O are the mole fraction and the effective partial
molar volume of H2O in the fluid, respectively. In turn, V∗

H2O is calculated from the
equation:

Vmix = xH2O · V∗
H2O +

∑
xs · Vs (5.45)

where Vmix is the molar volume of the fluid mixture (in cm3 mol−1) and xs and Vs

are the mole fraction and the intrinsic volume of the s solute, respectively. For the
binary system H2O–NaCl, Eq. (5.45) simplifies as follows:

Vmix = xH2O · V∗
H2O + (1 − xH2O) · VNaCl (5.46)

with the intrinsic volume of NaCl equal to 30.8± 1.3 cm3 mol−1. For pure water, the
relation of Akinfiev and Diamond (2009), i.e., Eqn (5.44), becomes equal to that of
Manning (1994) i.e., Eq. (5.38). The density model of Akinfiev and Diamond (2009)
has been coded byRonald Bakker into the program package LonerAP (Bakker 2003),
which may be downloaded, free of charge, at the website: http://fluids.unileoben.ac.
at/Computer.html.

We used the equations of Von Damm et al. (1991) and Akinfiev and Diamond
(2009) to calculate quartz solubility in liquid seawater, at saturation temperatures and
pressures, considering themolar volumes and densities of seawater fromBischoff and
Rosenbauer (1985)4. Results are shown in Fig. 5.6, together with quartz solubility in
pure water, at saturation temperatures and pressures, which was computed by means
of the equations of Von Damm et al. (1991) and Manning (1994).

The two seawater curves mimic the corresponding pure water curves, apart from
the flat portion close to the critical temperature of seawater, 408 °C (Bischoff 1991),
which might be due to uncertainties in relevant data. Moreover, the two seawater
curves depart progressively from the corresponding pure water curves, indicating
that quartz becomes more and more soluble in seawater, compared to pure water,
with increasing temperature. Some details are given below.

For instance, at 200 °C, quartz solubility increases by6.4mg/kg, from259.3mg/kg
in pure water to 265.7 mg/kg in seawater, according to Von Damm et al. (1991), and
by 5.4 mg/kg, from 237.7 mg/kg in pure water to 243.1 mg/kg in seawater, according
to Akinfiev and Diamond (2009).

At 250 °C, quartz solubility growths by 24.1 mg/kg, from 436.4 mg/kg in pure
water to 460.5 mg/kg in seawater, according to Von Damm et al. (1991), and by
23.0 mg/kg, from 404.8 mg/kg in pure water to 427.8 mg/kg in seawater, according
to Akinfiev and Diamond (2009).

4The equation of Shibue (1996) was not used because it cannot be applied along the saturation
curve of seawater.

http://fluids.unileoben.ac.at/Computer.html
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Fig. 5.6 Quartz solubility in liquid seawater, at saturation temperatures and pressures, computed
by means of the equations of Von Damm et al. (1991) and Akinfiev and Diamond (2009), as a
function of temperature. Quartz solubility in pure water, at saturation temperatures and pressures,
computed by means of the equations of Von Damm et al. (1991) and Manning (1994) is also shown
for comparison. The blue triangles and the red diamonds indicate the SiO2 concentration at critical
point (C.P.)

At 300 °C, quartz solubility increments by 59.3 mg/kg, from 636.7 mg/kg in pure
water to 696.0 mg/kg in seawater, according to Von Damm et al. (1991), and by
59.4 mg/kg, from 602.0 mg/kg in pure water to 661.4 mg/kg in seawater, according
to Akinfiev and Diamond (2009).

At 350 °C, quartz solubility increases by 153.0 mg/kg, from 732.6 mg/kg in pure
water to 885.6 mg/kg in seawater, according to Von Damm et al. (1991), and by
160.8 mg/kg, from 689.7 mg/kg in pure water to 850.5 mg/kg in seawater, according
to Akinfiev and Diamond (2009).

At 370 °C quartz solubility growths by 317.8 mg/kg, from 578.2 mg/kg in pure
water to 896.0 mg/kg in seawater, according to Von Damm et al. (1991), and by
337.1 mg/kg, from 515.7 mg/kg in pure water to 852.8 mg/kg, according to Akinfiev
and Diamond (2009).

Therefore, the increase in quartz solubility in seawater with respect to pure water
is relatively similar in both cases, that is considering either the two curves of Von
Damm et al. (1991) or the curves of Akinfiev and Diamond (2009) and Manning
(1994), whereas the differences between the two seawater curves reflect essentially
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the differences between the two pure water curves, which are computed according
to Von Damm et al. (1991) and Manning (1994), respectively.

5.2.4 The Preferred Silica Geothermometers

It is useful to compare the increase in quartz solubility in seawater with respect
to pure water (see previous section) with the difference in solubility between
quartz/chalcedony [polynomial Eq. (4.57), see Sect. 4.10.2] and quartz computed
by means of the program SUPCRT92 (Johnson et al. 1992), using the thermody-
namic data of quartz from Helgeson et al. (1978) and those of aqueous SiO2 from
Shock et al. (1989). All solubilities are at saturation temperatures and pressures.

At 200 °C, the difference in solubility between quartz/chalcedony and quartz,
47.7 mg/kg, is 7.5–8.8 times higher than the increase in quartz solubility in seawater
with respect to pure water, 5.4–6.4 mg/kg.

At 250 °C, the difference in solubility between quartz/chalcedony and quartz,
72.8 mg/kg, is 3.0–3.2 times higher than the increase in quartz solubility in seawater
with respect to pure water, 23.0–24.1 mg/kg.

At 300 °C, the difference in solubility between quartz/chalcedony and quartz,
101.6 mg/kg, is 1.7 times higher than the increase in quartz solubility in seawater
with respect to pure water, 59.3–59.4 mg/kg.

At 350 °C, the situation inverts and the increase in quartz solubility in seawater
with respect to pure water, 153.0–160.8 mg/kg becomes 1.3 times higher than the
difference in solubility between quartz/chalcedony and quartz, 120.3 mg/kg.

Summing up, only at temperatures higher than 300 °C, the increment in quartz
solubility caused by NaCl addition to pure water (~3.2 wt% corresponding to
~0.55 mol/kg) is more important than the increase in solubility due to the larger grain
size of quartz crystal. Among the reservoir liquids considered in this work, the NaCl
effect on quartz solubility is significant only for the high-salinity, high-temperature
liquids of Salton Sea (with Cl concentrations in the range 116,000–162,000 mg/kg
in most cases) and to, a lower degree, of Asal (with Cl concentrations of 66,800 to
74,600 mg/kg).

For these reasons, solubility of quartz/chalcedony was generally adopted, in this
work, as preferred silica geothermometer for the neutral liquids of salinity signif-
icantly lower than the seawater value and temperature in the range 180–350 °C.
Following Arnórsson et al. (1983a), the solubility of chalcedony was instead adopted
for the same kind of liquids below 180 °C.

5.2.5 The Silica Versus Enthalpy Plot

As underscored by Fournier (1991), in data processing/interpretation, it is often
advisable to use the diagram of silica versus enthalpy instead of the plot of silica
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versus temperature, because enthalpy can be involved in enthalpy balances (whereas
this is not possible for temperature) and for other reasons given below. Therefore,
the quartz solubility curve for pure water according to Fournier and Potter (1982a)
was reported in the silica versus enthalpy plot of Fig. 5.7 by combining the silica
concentrations given by Eq. (5.36), at saturation temperatures and pressures, with
the enthalpies of pure water from the Steam Tables (Lemmon et al. 2017; see above)
at the same conditions.

Besides, the curve expressing the solubility of quartz/chalcedony in pure liquid
water [polynomial Eq. (4.57), see Sect. 4.10.2], again at saturation temperatures
and pressures, was added to the diagram. As temperature increases above 313 °C,
the quartz/chalcedony curve deviates more and more from the Fournier and Potter
curve. In contrast, below 313 °C, the two curves are relatively close to each other,
with differences in SiO2 concentration lower than 20 mg/kg and average absolute
deviation of 13 mg/kg.

In the silica versus enthalpy plot, the solubility of quartz in pure water (liquid
and steam), at saturation temperatures and pressures, according to Fournier and

Fig. 5.7 Solubility of quartz in pure liquid water and in steam, at saturation temperatures and
pressures, as a function of enthalpy (from Fournier and Potter 1982a). The blue circle indicates the
SiO2 concentration at critical point (C.P.). The solubility of quartz/chalcedony in pure liquid water,
at saturation temperatures and pressures, is also shown
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Potter (1982a), is represented by a bell-shaped symmetrical curve, which reaches its
maximum of 771.2 mg/kg at 1587.4 kJ/kg, corresponding to 339 °C, and decreases
with a further increase in enthalpy. Therefore, at a given enthalpy, there is only
one value of dissolved silica, while at a given temperature there are two values of
dissolved silica, one for the liquid phase and one for the steam phase (see Fig. 5.4).
This is another good reason for using the diagram of silica versus enthalpy (Fig. 5.7)
instead of the plot of silica versus temperature (Fig. 5.4).

Two possible quartz solubility curves in seawater, computed by means of the
equations of Von Damm et al. (1991) and Akinfiev and Diamond (2009), and the
related quartz solubility curves in pure water, computed using the functions of Von
Damm et al. (1991) andManning (1994), are shown in the silica versus enthalpy plot
of Fig. 5.8.

Also the solubility of quartz in seawater is described by bell-shaped curves similar
to that of pure water, apart from the flat part close to the critical temperature of

Fig. 5.8 Quartz solubility in liquid seawater, at saturation temperatures and pressures, computed
using the equations of Von Damm et al. (1991) and Akinfiev and Diamond (2009), as a function
of enthalpy. Quartz solubility in pure water, at saturation temperatures and pressures, calculated
by means of the equations of Von Damm et al. (1991) and Manning (1994) is also shown for
comparison. The blue triangles and the red diamonds indicate the SiO2 concentration at critical
point (C.P.)
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seawater, 408 °C (Bischoff 1991), which might be due to uncertainties in perti-
nent data. As expected, the two seawater curves are situated above the two pure
water curves because quartz solubility increases with increasing salt concentration,
as already discussed in Sect. 5.2.3.

Quartz solubility curves in seawater can be of interest for high-salinity geothermal
liquids. In most cases, however, the quartz solubility curve in pure water represents a
suitable approximation and the basis for different geothermometric techniques, such
as the silica mixing model (Truesdell and Fournier 1977), the silica boiling model
(Fournier 1991), and the quartz geothermometry for wells with excess enthalpy
(excess steam) discharges. These topics are treated in the next sections.

5.2.6 The Silica Mixing Model

Assuming conservation of enthalpy and conservative behavior for dissolved SiO2,
that is adopting the silica mixing model of Truesdell and Fournier (1977), the silica
versus enthalpy plot reporting the quartz/chalcedony solubility curve for pure water
can be used to determine the temperature of the thermal endmember involved in
mixed water(s). In the ideal case, in which the cold endmember is known and the
mixture is unaffected either by conductive heat losses or gain/loss of dissolved SiO2,
the intersection of the straight line drawn through the cold endmember and the mixed
water with the quartz/chalcedony solubility curve gives the initial silica content and
the enthalpy of the thermal endmember (Fig. 5.9 a).

Fig. 5.9 Enthalpy-silica plot illustrating the application of the silica mixing model (Truesdell and
Fournier 1977) to both a the ideal case in which the cold endmember C is known and the mixture
M is unaffected either by conductive heat losses or gain/loss of dissolved SiO2 and b the Na–Cl
unboiling thermal springs of San Marcos, Guatemala (data from Marini et al. 1998)
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This graphical exercise corresponds to solve a system constituted by the silica-
enthalpy relation equivalent to the polynomial Eq. (4.57), see Sect. 4.10.2:

cSiO2,O = −20.195 + 0.21658 · Ho − 2.9378 × 10−4 · H2
0

+ 7.2745 × 10−7 · Ho3 − 2.5453 × 10−10 · Ho4 (5.47)

the enthalpy balance:

HM = HC · (1 − x) + HO · x (5.48)

and the mass balance:

cSiO2,M = cSiO2,C · (1 − x) + cSiO2,O · x. (5.49)

In Eqs. (5.47)–(5.49), pedices O, C, and M refer to the reservoir water (i.e., the
thermal endmember), the shallow water (i.e., the cold endmember), and the mixture,
respectively, whereas x is the mass fraction of the thermal endmember in themixture.

In real situations,mixedwaters aremore or less scattereddue to conductive cooling
and loss or (less likely) gain of dissolved SiO2. Reconstruction of a reasonablemixing
line requires use of linear regression through the most representative samples, which
are presumably not affected (or least affected) by conductive cooling and loss (or
gain) of dissolved SiO2. In fact, if the mixtures are affected by heat losses through
conduction, the enthalpy of the thermal endmember is overestimated, whereas if
mixed waters are influenced by SiO2 losses, the enthalpy of the thermal endmember
is underestimated.

In the case of the Na–Cl unboiling thermal springs of San Marcos, Guatemala
(data fromMarini et al. 1998), the linear regression equation through all the samples
intersects the quartz/chalcedony solubility curve at an enthalpy of 1335 kJ/kg, corre-
sponding to a temperature of 298 °C (Fig. 5.9b). This temperature is too high for
the thermal endmember, based on the results of other geothermometric techniques
(Marini et al. 1998 and references therein). In contrast, the line drawn through the
four springs less affected by SiO2 loss (identified by the red crosses) leads to an
estimated enthalpy of 950 kJ/kg for the thermal endmember. This enthalpy value
corresponds to a temperature close to 220 °C, which is within the range indicated by
the silica boiling model for the boiling springs present in the area (see next section).

5.2.7 The Silica Boiling Model

The silica versus enthalpy plot with the quartz/chalcedony solubility curve for pure
water allows also a quick determination of the silica concentration and enthalpy of
the initial liquid before boiling assuming (i) equilibrium between quartz/chalcedony
and the aqueous solution under reservoir conditions, (ii) conservation of enthalpy
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during the travel of the liquid phase from the reservoir to the surface discharge
point, which is a realistic assumption for the irreversible adiabatic process taking
place in geothermal wells and high-flow rate natural geothermal manifestations,
and (iii) occurrence of single-step vapor/liquid separation at surface conditions, i.e.,
100 °C, 1.013 bar at sea level. Under these assumptions, the enthalpy and silica
concentration of the initial liquid before boiling are given by the intersection of the
line joining the boiled liquids and the steam point at 100 °C, 1.013 bar (code V) with
the quartz/chalcedony solubility curve, as shown by the silica versus enthalpy plot
for the boiling springs of San Marcos, Guatemala (Fig. 5.10).

This graphical exercise corresponds to solve a system constituted by the silica-
enthalpy relation (5.47), the enthalpy balance:

HO = HL · (1 − y) + HV · y, (5.50)

and the mass balance:

cSiO2,O = cSiO2,L · (1 − y) + cSiO2,V · y, (5.51)

Fig. 5.10 Plot of silica versus enthalpy for the boiling springs of La Cimarrona and La Castalia, San
Marcos area, Guatemala (circles, data fromMarini et al., 1998), also showing both quartz solubility
in pure water (from Fournier and Potter 1982a) and quartz/chalcedony solubility in pure water (this
work), at saturation temperatures and pressures (see legend; modified from Fournier 1991)
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where subscripts O, L, and V refer to the deep reservoir water, the separated liquid,
and the separated vapor, respectively, whereas y is the mass steam fraction. At
vapor/liquid separation conditions of 100 °C, 1.013 bar, SiO2,V can be assumed
equal to zero and Eqs. (5.51) reduces to:

cSiO2,O = cSiO2,L · (1 − y). (5.52)

At these separation conditions, HL = 419.17 kJ/kg and HV = 2675.6 kJ/kg.
For La Cimarrona springs (# 44, 45, and 46) with cSiO2,L of 461–545 mg/kg, HO

and cSiO2,O turn out to be 961.1–1023.9 kJ/kg and 345.3–394.7 mg/kg, respectively,
corresponding to quartz/chalcedony equilibrium temperatures of 224–237 °C. For
La Castalia springs # 1 and #5, with cSiO2,L of 232 and 196 mg/kg, the obtained
HO values are 737.8 and 686.4 kJ/kg and the resulting cSiO2,O values are 196.4 and
168.8 mg/kg, corresponding to quartz/chalcedony equilibrium temperatures of 163
and 174 °C, respectively. These temperature values aremoderately smaller than those
proposed by Marini et al. (1998), i.e., 240 °C for La Cimarrona and 185 °C for La
Castalia.

5.2.8 Silica Geothermometry for Wells with Excess Enthalpy
(Excess Steam) Discharges

The excess enthalpy (excess steam) discharge is generally caused by the entry of
excess steam into these wells, together with the reservoir liquid phase, although
othermodels are possible as discussed byArnórsson et al. (2007), see also Sect. 3.1.2.
Since the excess steam dilutes the liquid, concentrations on a total-discharge basis
decrease for non-volatile solutes and increase for gas species.

In many liquid-dominated systems, the excess steam comes from the vapor cap
which is typically situated on top of the aquifer hosting the single liquid phase. Exam-
ples are Wairakei in New Zealand, Svartsengi in Iceland, and Olkaria in Kenya. In
some systems, the steam cap is present in the natural state before the onset of exploita-
tion, whereas in other systems, the steam cap develops due to pressure drawdown
caused by the exploitation. The vapor cap is generally characterized by pressures
and temperatures close to those of maximum enthalpy for saturated steam, 236 °C,
31.2 bar 5 (e.g., Ingebritsen and Sorey 1988; Arnórsson et al. 2007). Therefore, in
the following discussion, the reservoir vapor is assumed to be at these P, T conditions
and to have enthalpy of 2803.2 kJ/kg. Of course, the enthalpy of the reservoir vapor
can be properly fixed if different data are available.

Let us assume also that liquid samples are collected from the weir box at atmo-
spheric pressure. If so, the enthalpy of the separated steam is 2675.6 kJ/kg. Although
the difference between these two enthalpies is less than 5%, it is important to consider

5The reason for these peculiar conditions in vapor-dominated systems were discussed by James
(1968) and White et al. (1971) based on the pressure-enthalpy diagram for pure water.
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the proper enthalpy values to minimize uncertainties on the quartz/chalcedony
temperature of the reservoir fluid, which is hypothesized to be a pure saturated liquid
phase.

The quartz/chalcedony geothermometric method is graphically presented in
Fig. 5.11 for the sample collected from the Olkaria well OW-709 with discharge
enthalpy of 1921 kJ/kg and SiO2 concentration at the weir box of 649 mg/kg
(Karingithi et al. 2010).

First,we plot theweir box sample on the silica versus enthalpy diagramassociating
the SiO2 concentration to the enthalpy of the separated liquid phase, 419.17 kJ/kg
(black triangle).

Second, we draw the black solid line connecting the separated liquid point and
the separated steam point, with enthalpy of 2675.6 kJ/kg and SiO2 concentration of
0 mg/kg (black square).

Third, we place the point representative of total discharge along this black solid
line at enthalpy of 1921 kJ/kg, resulting in a SiO2 concentration of 217.0 mg/kg
(green circle).

Fig. 5.11 Plot of silica versus enthalpy for the sample collected from theOlkariawell OW-709 (data
from Karingithi et al. 2010), also showing both quartz solubility in pure water (from Fournier and
Potter 1982a) and quartz/chalcedony solubility in pure water (this work), at saturation temperatures
and pressures (see legend). The black square refers to the steam separated at atmospheric conditions.
The pink square represents reservoir steam. See text for other explanations and discussion
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Fourth, we draw the pink solid line from the reservoir steam point, with
enthalpy of 2803.2 kJ/kg and SiO2 concentration of 0 mg/kg (pink square) through
the total discharge point (green circle). The intersection of this line and the
quartz/chalcedony solubility curve (pink diamond) constrains the reservoir liquid
enthalpy at 1064.18 kJ/kg and its silica concentration at 427.8 mg/kg, corresponding
to a reservoir temperature of 245.5 °C. The mass fraction of reservoir vapor results
to be 0.493.

Instead of this graphical exercise, we can first compute the SiO2 concentration in
total discharge, cSiO2,TD, using the following relation:

cSiO2,TD = cSiO2,WB · (1 − y) (5.53)

where cSiO2,WB is the silica concentration in the separated liquid at the weir box
and y is the mass steam fraction at the same atmospheric P,T conditions, which is
calculated from total discharge enthalpy, HTD:

y = HTD − HL,WB

HV,WB − HL,WB
, (5.54)

where indices L,WB and V,WB refer to the separated liquid at the weir box and the
separated vapor at the weir box, respectively.

Second, we solve the system constituted by the silica-enthalpy relation (5.47), the
silica mass balance:

cSiO2,TD = cSiO2,RL · (1 − x) + cSiO2,RV · x (5.55)

and the enthalpy balance:

HTD = HRL · (1 − x) + HRV · x (5.56)

where subscripts RL and RV refer to the reservoir liquid and the reservoir vapor,
respectively, and x stands for the mass fraction of reservoir vapor.

Table 5.1 lists the main results, including the mass fraction of reservoir vapor
and the quartz/chalcedony temperature of the reservoir liquid, for all the Olkaria
wells sampled by Karingithi et al. (2010), together with the input data used both in
calculations and to prepare the silica versus enthalpy plot of Fig. 5.12.

Twenty five of the thirty samples have fraction of reservoir vapor varying from 0.1
and 0.9, whereas the remaining four samples have fraction of reservoir vapor varying
between 0.095 and 0.001. Only ten samples have quartz/chalcedony temperatures,
TQz/Chc, comparable with reported aquifer temperatures, TR, within ± 5 °C. Thirteen
samples have absolute differences between TQz/Chc and TR varying from 6 to 15 °C.
Seven samples have even higher absolute differences betweenTQz/Chc andTR, ranging
from 18 to 60 °C. Most of these differences are probably related to the definition of
the aquifer temperature, which was computed by Karingithi et al. (2010) by taking
the average of the temperatures given by the quartz and Na–K geothermometers.
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Table 5.1 Results of the quartz/chalcedony geothermometer for the Olkaria wells sampled by
Karingithi et al. (2010), most of which have high mass fractions of reservoir vapor, x. TR is the
reservoir temperature reported by the authors in their Table 4

Well HTD cSiO2,WB y,WB cSiO2,TD HRL cSiO2,RL x TQz/Chc TR

kJ/kg mg/kg mg/kg kJ/kg mg/kg °C °C

OW-02 1839 643 0.629 238.4 1066.15 429.5 0.445 245.9 251

OW-05 2599 624 0.966 21.2 764.10 211.5 0.900 180.4 240

OW-10 2531 773 0.936 49.5 950.50 337.2 0.853 221.4 262

OW-11 1894 597 0.654 206.8 1033.51 402.5 0.486 239.1 246

OW-15 2140 576 0.763 136.7 996.20 372.5 0.633 231.2 242

OW-16 1534 502 0.494 254.0 985.13 363.8 0.302 228.8 228

OW-19 1871 548 0.643 195.4 1002.45 377.5 0.482 232.5 229

OW-20 2541 778 0.940 46.4 940.50 329.7 0.859 219.3 254

OW-26 1881 657 0.648 231.4 1071.94 434.3 0.467 247.1 247

OW-28 2446 625 0.898 63.6 942.65 331.3 0.808 219.8 239

OW-29 2158 609 0.771 139.7 1014.68 387.2 0.639 235.1 243

OW-30i 2196 768 0.787 163.2 1099.77 458.0 0.644 252.8 262

OW-30ii 2196 701 0.787 149.0 1063.15 427.0 0.651 245.3 259

OW-10 2535 638 0.938 39.8 878.90 285.2 0.861 206.0 242

OW-15 1899 604 0.656 207.9 1037.67 405.9 0.488 239.9 246

OW-16 1384 573 0.428 328.0 1039.69 407.6 0.195 240.4 237

OW-19 1823 622 0.622 235.0 1054.04 419.4 0.440 243.4 253

OW-23 2191 653 0.785 140.2 1036.27 404.8 0.654 239.6 242

OW-25 2516 641 0.929 45.3 900.45 300.4 0.849 210.7 253

OW-202 1104 320 0.304 222.9 838.26 257.7 0.135 197.0 193

OW-301 1653 855 0.547 387.5 1195.28 541.7 0.285 272.0 262

OW-302 1234 744 0.361 475.3 1149.36 501.0 0.051 262.9 256

OW-304D 1672 364 0.555 161.9 867.10 277.1 0.416 203.4 190

OW-306 1037 551 0.274 400.1 1032.00 401.3 0.003 238.7 224

OW-709 1921 649 0.666 217.0 1064.18 427.8 0.493 245.5 245

OW-714 1303 739 0.392 449.5 1144.78 497.0 0.095 262.0 267

OW-719 1259 588 0.372 369.1 1052.87 418.4 0.118 243.1 241

OW-901 1854 529 0.636 192.6 990.32 367.9 0.476 229.9 220

OW-902 1108 477 0.305 331.4 976.50 357.1 0.072 227.0 209

OW-903 953 443 0.237 338.2 952.07 338.4 0.001 221.8 207
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Fig. 5.12 Plot of silica versus enthalpy for all the samples collected from the Olkaria wells by
Karingithi et al. (2010), also showing both quartz solubility in pure water (from Fournier and Potter
1982b; blue curves) and quartz/chalcedony solubility in pure water (this work; aquamarine curve),
at saturation temperatures and pressures. The two solid black lines enclose the separated liquids
collected at the weir box, whereas the two solid pink lines encompass the reservoir liquids. See text
for other explanations and discussion

Finally, it must be underscored that the silica-enthalpy diagram and related calcu-
lations can be applied not only to wells with excess enthalpy discharges but also
to wells discharging bi-phase fluids produced through boiling of single-phase reser-
voir liquids either unaffected by steam gain/loss or affected by steam loss. The well
discharges unaffected by steam gain/loss are situated along the quartz/chalcedony
solubility curve in the silica-enthalpy diagram, whereas the well discharges affected
by steam loss, similar to the boiling springs, are positioned to the left of the
quartz/chalcedony solubility curve having negative x values.
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5.2.9 Relation Between Undissociated SiO2 and Aquifer
Temperature for the Selected Reservoir Liquids

The concentration of undissociated silica, SiO2(aq), of the 1013 selected reser-
voir liquids is contrasted with the aquifer temperature (or reservoir temperature
or reference temperature) in the correlation diagrams of Fig. 5.13. The solubility
of quartz/chalcedony (see Sect. 4.10.2), at saturation temperatures and pressures, is
also shown in these diagrams, together with the solubilities of quartz and chalcedony,
at saturation temperatures and pressures, constrained by the thermodynamic data of
quartz and chalcedony from Helgeson et al. (1978) and of aqueous SiO2 from Shock
et al. (1989).

Most reservoir liquids are positioned along the solubility curves of
quartz/chalcedony or chalcedony because their aquifer temperatures were assumed
to be equal to either the quartz/chalcedony temperature given by Eq. (4.57) above
180 °C or the chalcedony temperature given by Eq. (5.18) at lower temperatures.
This assumption was generally adopted owing to the lack of information on aquifer
temperatures.

A number of reservoir liquids are positioned between the solubility curves of
quartz and chalcedony, due to attainment of equilibrium with quartz crystals of
different grain size, as suggested by Azaroual et al. (1997) for the geothermal fluids
of the Paris Basin. Some samples are found slightly above (to the left of) the chal-
cedony solubility curve due to moderate supersaturation with this silica mineral or
underestimation of the aquifer temperature.

All the reservoir liquids from Salton Sea and some from other fields, namely
five from Los Azufres and three from Cerro Prieto (Fig. 5.13b), one from Fushime
(Fig. 5.13c), four from Rotokawa (Fig. 5.13e), and two from Mofete (Fig. 5.13f)
are located significantly below (to the right of) the solubility curve of quartz. These
shifts are ascribable to either overestimation of the reference temperature or, more
likely, loss of SiO2 through precipitation of amorphous silica.

All previous findings are not surprising recalling that the rate of quartz dissolu-
tion/precipitation depends strongly on temperature and is comparatively fast at high
temperatures and very slow at low temperatures (e.g., Marini 2006 and references
therein). This explains why: (i) in the geothermal aquifers of medium to high temper-
ature (generally > 180 °C), reservoirs liquids attain equilibriumwith respect to quartz
or quartz/chalcedony, after relatively long water-rock interaction processes and (ii)
precipitation of quartz or quartz/chalcedony does not occur during the relatively fast
upflow of the reservoir liquids, even though saturation with respect to these solid
phases is largely exceeded.

In contrast, amorphous silica precipitates relatively fast when saturation is
exceeded, thus representing an upper threshold on the silica concentrations attainable
in many natural aqueous environments.
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Fig. 5.13 Correlation diagrams of undissociated silica versus aquifer temperature for the selected
reservoir liquids from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New
Zealand, and f miscellaneous geothermal systems. The solubility of quartz/chalcedony, at saturation
temperatures and pressures, computed using the polynomial Eq. (4.57), is also shown in these plots,
together with the solubilities of quartz and chalcedony, at saturation temperatures and pressures,
constrained by the thermodynamic data of quartz and chalcedony from Helgeson et al. (1978) and
of aqueous SiO2 from Shock et al. (1989)
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5.3 The Na–K Geothermometers

There are more than a few Na–K geothermometers in the literature as detailed in
the next sections. These geothermometric equations were used in a large number of
studies since the ‘60s and are still extensively used today. One of themain advantages
of the Na–K geothermometers is that they are not affected by steam separation and
are weakly influenced by mixing, provided that the Na and K concentrations of the
diluting water are much lower than those of the liquid coming from the geothermal
reservoir (e.g., Fournier 1981). According to several authors, the Na–K geother-
mometer is likely to re-adjust slower than the silica and K–Mg geothermometers
in response to physical changes experienced by thermal waters and, therefore, deep
Na/K-ratios are preserved upon cooling (see below for further details). We will show
that alternative views on the behavior of Na–K geothermometers are possible.

5.3.1 The Na–K Geothermometric Functions Proposed
by Different Authors

After the pioneering studies of White (1965, 1968), Ellis and Mahon (1967), Ellis
(1970), and Mercado (1970), several geothermometric relations involving the Na/K
ratiowere proposed by different authors (e.g., Fournier and Truesdell 1973; Truesdell
1976; Fournier 1979; Tonani 1980; Arnórsson et al. 1983a; Giggenbach et al. 1983;
Nieva andNieva 1987;Giggenbach 1988;Kharaka andMariner 1989;Michard 1990;
Verma and Santoyo 1997; Santoyo and Díaz-González 2010; Simmons 2013).

Since the mid ‘70s, the van’t Hoff equation integrated for constant standard
enthalpy of reaction (see Sect. 5.1.3) was adopted as a common practice to express
the Na–K geothermometers. This is an acceptable approximation because the Na–K
geothermometers are controlled by ion-exchange isocoulombic reactions, irrespec-
tive of the involved minerals. Therefore, the �CP°r is close to zero and the �H°r is
constant or nearly so (see Sect. 5.1.3).

As already recalled in Sect. 5.1.2, tables and diagrams showing the atomic Na/K
ratios and temperatures were presented in the early studies, performed before the
mid ’70s. Therefore, we have transposed these tables and diagrams in the corre-
sponding analytical forms, obtaining Na–K relations linear with respect to the abso-
lute temperature inverse, which are directly comparable with the more recent Na–K
functions.

All the Na–K geothermometers mentioned so far are reported in Table 5.2, in
which two expressions are given for convenience of the reader, one including the
molal concentrations of Na and K, the other comprising the concentrations of the
two alkali metals in mg/kg, although the change from one formulation to the other
is straightforward. All these Na–K geothermometric functions were calibrated on
a purely empirical basis, utilizing both results of laboratory experiments and water
compositions of geothermal boreholes, hot springs, and fluid inclusions.
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The Na–K geothermometric function of White (1968) corresponds to curve B in
his Fig. 2, in which other four curves are depicted. It is derived from Fig. 2 of Ellis
and Mahon (1967) and is valid from 60 to 700 °C. Owing to this wide temperature
range, this function has a relatively high uncertainty.

The Na–K geothermometer of Ellis (1970) is expected to work in a much smaller
temperature range, from 175 to 300 °C, because the aluminum-silicate equilibria are
not certain at temperatures lower than ca. 175–200 °C, according to the author. Ellis
(1970) noted that “with cooling of water, e.g., through boiling on rising towards the
surface, the Na/K exchange reaction is slower to readjust than the silica equilibrium.
A memory of deep temperatures is carried upwards, but the temperatures indicated
by the silica and the Na/K method may disagree, the latter showing a higher temper-
ature. The Na/K ratio can for example indicate whether or not higher temperatures
exist beneath the depth of drilling (Mahon 1970). The Na/K method is a more reli-
able method for estimating deep temperatures from spring flows, but for drillhole
discharges, the silica method is capable of giving more accurate temperatures at the
production levels.”

The Na–K geothermometric relation of Mercado (1970) was calibrated with the
geothermal liquids discharged from tenCerro Prietowells, whose temperatures range
from 130 to 375 °C.

Truesdell (1976) reports two Na–K geothermometric equations, one based on
Ellis and White diagrams, the other from Fournier and Truesdell (1973). As under-
scored by Truesdell (1976) as well, the Na–K geothermometer is less affected by
re-equilibration and near-surface dilution than are the silica geothermometers, but it
fails at temperatures below 100–120 °C.

The Na–K geothermometric function of Fournier (1979) was calibrated using
data from boreholes drilled in geothermal systems in a wide variety of geological
environments and spanning a large temperature interval, from 80 to 340 °C. Fournier
(1979) noted thatmostwaters from aquiferswith temperatures higher than 80–100 °C
have Na/K ratios intermediate between those of the aqueous solutions in equilibrium
with low-albite and maximum-microcline and those of the waters in saturation with
high-albite and high-sanidine, based on the thermodynamic data of Helgeson (1969).

According to Fournier (1979), at temperatures greater than 100–150 °C, exchange
of Na+ and K+ ions between coexisting alkali feldspars may govern the Na/K ratio in
most natural waters. At temperatures lower than 100–150 °C, either equilibrium is
not attained or other solid phases, such as clays, micas, and zeolites control dissolved
Na and K. Consequently, the Na–K geothermometer usually works well for waters
from aquifers with temperature higher than 150–200 °C, but overestimates reservoir
temperatures for waters from environments where temperatures is less than 100 °C
approximately.

Tonani (1980) proposed to use theNa–Kgeothermometer togetherwith theCa–Na
and Ca–K functions6 obtained from the Na–K–Ca geothermometer of Fournier and
Truesdell (1973) because the simultaneous use of the three separate geothermome-
ters (two of which are independent) has the advantage of allowing some degree

6These functions are presented in Sect. 5.4.
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of internal cross-checking, which is impossible by using a linear combination of
the geothermometers, like the Na–K–Ca geothermometer of Fournier and Truesdell
(1973).

Arnórsson et al. (1983a) presented two distinct equations, one for temperatures
from 25 to 250 °C, the other for higher temperatures, up to 350 °C. Arnórsson et al.
(1983a) underscored that the Na/K ratios given by these two functions agree with
those fixed by equilibrium coexistence of the aqueous solution with low-albite and
maximum-microcline, based on the thermodynamic data of Helgeson (1969). In
contrast, the thermodynamic data of Helgeson et al. (1978) give a much worse fit.
Arnórsson et al. (1983a) presented also two temperature functions to be used with
activities of Na+ and K+ ions. One is linear in 1/T and is valid from 25 to 250 °C.
The other is a polynomial equation and can be used from 25 to 350 °C. They agree
within few degrees with Eq. (5.64) and (5.65) and therefore are not considered any
further here below.

Giggenbach (1988) calibrated a Na–K relationship (already reported by Giggen-
bach et al. 1983) based on the analytical data of a large number of deep well
discharges, including those of Fournier (1979) and Fournier and Potter (1979). The
maximumNa/K ratios at a given temperature were considered to constrain the Na–K
geothermometric function, assuming that equilibrium Na/K ratios are approached
from lower values, which are initially controlled by rock dissolution.

Nieva andNieva (1987) devised a systematic, computerized procedure, taking into
account the six distinct exchange reactions involving pair of cations (Na+, K+, Ca2+,
and Mg2+) and some combinations of such reactions. The Na–K geothermometer
of Nieva and Nieva (1987) applies to waters with total cation content (sum of the
concentrations of Na + K + Mg + Ca) > 8 meq/L and %Mg ≤ 3.5.

The Na–K geothermometer of Kharaka and Mariner (1989) was developed to
evaluate the temperatures at depth in sedimentary basins, which are generally in
the range 30–200 °C. Moreover, these environments have water salinities and pres-
sures usually much greater than those occurring in geothermal systems sustained by
magmatic processes.

The empirical Na–K geothermometer of Michard (1990) was calibrated with
waters interacting with granitic rocks at temperatures lower than 150 °C and should
be used in the temperature range 50–150 °C. Aquifer temperatures were calculated
by Michard (1990) using the log(Q/K) versus temperature diagram (i.e., multicom-
ponent chemical geothermometry, see Sect. 2.3.2) and the silica, Na–K–Ca, and
Na–K geothermometers. Therefore, the good correlation between the logarithm of
the Na/K ratio and the absolute temperature inverse is partly biased by a circular
argument, as recognized by the author. Michard (1990) underscored that his Na–K
relation is similar to the temperature dependence of the equilibrium constant of the
ion exchange reaction involving albite and adularia7.

7The thermodynamic data used by Michard (1990) are given in the report EUR 8590 FR entitled
“Recueil de données thermodynamiques concernant les équilibres eaux-minéraux dans les réser-
voirs géothermaux”, which was prepared by Prof. Gil Michard for the European Commission in
1983. Unfortunately, we were not able to find this report.
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The function proposed by Verma and Santoyo (1997) is a refinement of the Na–
K geothermometer of Fournier (1979) and was obtained by a statistical procedure
consisting of detection and rejection of outliers, ordinary linear regression, and error
propagation theory. Santoyo and Díaz-González (2010) adopted a similar statistical
approach, but used a different geochemometric method and considered a larger and
more representative chemical database of geothermal fluids. Quite surprisingly, the
enthalpy term turned out to be relatively low and similar to the values of the early
studies.

The function of Simmons (2013) involves the Na/K activity ratio and is empirical,
being a best fit function of the data from some geothermal fields of the United States,
namely Beowave, Dixie Valley, Long Valley-Mammoth, Roosevelt Hot Springs, and
Raft River. It applies in the temperature range 120–270 °C. As noted by Simmons
(2013), a small interval of Na/K activity ratios corresponds to a large range of temper-
atures due to the small slope of this empirical equation, whose usefulness needs to
be proven.

In addition to the Na–K geothermometers considered so far, it is worth recalling
the Na–K function of Arnórsson (2000):

T = 733.6 − 770.551 · α + 378.189 · α2 − 95.753 · α3 + 9.544 · α4, (5.73)

in which T is temperature in °C and α = log(mNa/mK). This Na–K function was
calibrated theoretically, based on the equilibrium condition between the aqueous
solution, pure low-albite and pure microcline, both of which were assumed to be
fully ordered. Arnórsson (2000) obtained the thermodynamic properties of Na+ and
K+ ions fromShock andHelgeson (1988) and those of low-albite andmicrocline from
Arnórsson andStefánsson (1999).However, the reliability of the thermodynamic data
of alkali feldspar of Arnórsson and Stefánsson (1999) is questionable, as shown in
Sect. 4.2.4.

The Na–K geothermometric relations obtained through use of artificial neural
network (e.g., Bayram 2001; Can 2002; Serpen et al. 2009) are not considered
here because they add little to the present discussion, although their performance
is superior to that of the Na–K equation utilized to provide input data.

5.3.2 Why so Many Empirical Na–K Geothermometers Were
Derived in Previous Studies?

Sixteen different empirical Na–K functions are listed in Table 5.2 and were briefly
described in previous section. They might seem too many and, indeed, Arnórsson
(1998) noted that “it was in fashion that every geochemist studied the relationship
between aquifer temperature and aqueous Na/K ratios in “his” wells and, as a
product, came up with a new calibration. Careful assessment of experimental data
has just recently resulted in a theoretical calibration of this geothermometer so all
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Fig. 5.14 Diagram of log(mNa/mK) versus the absolute temperature inverse showing the sixteen
empirical Na–K geothermometers (see legend) and the theoretical Na–K function of Arnórsson
(2000). To be noted that Arnórsson et al. (1983a) presented two distinct empirical Na–K equations,
one for 25 < T < 250 °C, the other for 250 < T < 350 °C

the empirical calibrations can now be forgotten”. Perhaps not every geochemist
calibrated his/her own Na–K geothermometer, but certainly many geochemists did
so. Can we really forget about all the empirical Na–K geothermometers or should
we try to understand why so many Na–K functions have been proposed in previous
studies?

To answer this questions let us examine the plot of log(mNa/mK) versus the
absolute temperature inverse of Fig. 5.14, showing all the empirical Na–K geother-
mometric functions listed in Table 5.2 and the theoretical equation of Arnórsson
(2000), i.e., Eq. (5.73).

Ifwe showed this graph to a child, she/hewould probably recognize pick-up sticks,
a game in which a bundle of sticks are dropped as a loose bunch onto a table or the
floor, jumbling into a random pile. Looking at the graph seriously, it can be noted that
the scatter of the lines increases with decreasing temperature, whereas several lines
converge at temperatures higher than ~250 °C. The function of Arnórsson (2000)
passes more or less in the middle of the bundle, but it cannot be adopted as the
best Na–K geothermometer, unless we are able to prove that the Na–K functions
deviating from it are wrong because of one or more reasons which must be properly
understood.

The presence of poorly equilibrated waters in the datasets chosen for calibrating
the empirical Na–K geothermometers, especially the early ones, was invoked by
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some authors (e.g., Fournier 1979 and Giggenbach 1988) to reject the relationships
characterized by low slopes. Among the three functions having the lowest slopes,
those of White (1968) and Michard (1990) might actually be influenced by far-
from-equilibrium aqueous solutions. However, the function of Mercado (1970) is
constrained by the reservoir liquids tapped by ten Cerro Prieto wells with tempera-
tures in the interval 130–375 °C, as noted in the previous section. Therefore, the influ-
ence of low-temperature, poorly equilibratedwaters does not seem to be a convincing
explanation, at least for the relation of Mercado (1970).

Further evidence on this important point is provided by the correlation diagrams
of log(mNa/mK) versus the absolute temperature inverse of Fig. 5.15. In these plots,
most of the 1013 selected reservoir liquids are found in the same area occupied by
the sixteen empirical Na–K functions and the theoretical Na–K relation of Arnórsson
(2000). Based on this good correspondence between the Na–K geothermometers and
the selected reservoir liquids and assuming that the latter ones or at least most of
them are representative of mineral-solution thermochemical equilibrium at aquifer
temperatures of 100–350 °C, it can be concluded that all the Na–K geothermometric
functions are plausible, because it is possible to choose a suitable set of reservoir
liquids consistent with each geothermometer.

This implies that there is not a unique Na–K geothermometer, but an infinite
number of Na–K geothermometers. The Na–K functions proposed so far, therefore,
are not too many but are rather a small number compared to the infinite possibilities.
They should not be forgotten but rather used to gain knowledge on the identity of
the minerals governing the Na–K geothermometers, another key point representing
the subject of the next section.

A diagram like that of Fig. 5.15, although reporting only the six Na–K geother-
mometers of Truesdell (1976), Fournier (1979), Tonani (1980), Arnórsson et al.
(1983a), Giggenbach et al. (1983), and Nieva and Nieva (1987), was previously
presented and discussed by Fournier (1991) who concluded that “there is no single
universally best Na/K geothermometer because one may give the correct temperature
in one place and an erroneous temperature in another, depending on the particular
mineral assemblage (and structural state of the minerals) with which the circulating
water equilibrates.”

5.3.3 The Hydrothermal Minerals Controlling the Na–K
Geothermometers

Albites and adularias were suggested as the most probable candidates by several
authors (e.g.,White 1965; Ellis 1970; Fournier 1979;Arnórsson et al. 1983a;Giggen-
bach 1988; Michard 1990), although other solid phases, such as clays, micas, and
zeolites were proposed to control dissolved Na and K concentrations, especially at
low temperatures (e.g., Fournier and Truesdell 1970; Fournier 1979, 1991).
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Fig. 5.15 Diagrams of log(mNa/mK) versus the absolute temperature inverse showing the selected
reservoir liquids from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New
Zealand, and f miscellaneous geothermal systems as well as the sixteen empirical Na–K geother-
mometers (solid black lines) and the theoretical Na–K function of Arnórsson (2000; dashed black
line)
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To gain more information on the minerals governing the Na–K geothermometers,
it is useful to compare the �H°r and �S°r values of the empirical Na–K func-
tions, calculated from their slope and intercept using Eqs. (5.13) and (5.14), with
the enthalpies and entropies of the Na–K exchange reactions involving the perti-
nent solid phases mentioned above. Since no clays and zeolites are included in the
thermodynamic dataset of Helgeson et al. (1978), the thermodynamic properties
of Na–montmorillonite, K-montmorillonite, Na–clinoptilolite, and K-clinoptilolite
were obtained from Wolery et al. (2007) and these four minerals were added to the
SUPCRT92 database. Then, SUPCRT92 was run to calculate the thermodynamic
properties of the reactions of interest, as a function of temperature at water saturation
pressure. The considered reactions are:

(i) low-albite/maximum-microcline (L–Ab/Mc), low-albite/high-sanidine (L–
Ab/Sa), high-albite/maximum-microcline (H–Ab/Mc), and high-albite/high-
sanidine (H–Ab/Sa), all described by:

NaAlSi3O8 + K+ = KAlSi3O8 + Na+. (5.74)

(ii) paragonite/muscovite (Prg/Ms):

NaAl3Si3O10(OH)2 + K+ = KAl3Si3O10(OH)2 + Na+. (5.75)

(iii) Na–clinoptilolite/K-clinoptilolite (Na–Cpt/K–Cpt):

0.909 Na1.1Si4.9Al1.1O12 · 3.5H2O + K+

= 0.909 K1.1Si4.9Al1.1O12 · 2.7H2O + Na+ + 0.727H2O (5.76)

(iv) Na–montmorillonite/K-montmorillonite (Na–Mm/K–Mm):

3.03Na0.33Mg0.33Al1.67Si4O10(OH)2 + K+

= 3.03K0.33Mg0.33Al1.67Si4O10(OH)2 + Na+. (5.77)

The correlation plot of Fig. 5.16 shows that the �H°r and �S°r values of the
sixteen empirical Na–K geothermometric equations or at least most of them are
intermediate between the enthalpies and entropies of the low-albite/high-sanidine
exchange reaction and those of the low-albite/maximum-microcline exchange reac-
tion or, less likely, of the high-albite/high-sanidine exchange reaction. In contrast,
the�H°r and�S°r values of the sixteen empirical Na–K geothermometric equations
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Fig. 5.16 Comparison of the temperature-independent standard enthalpies and entropies
of the sixteen empirical Na–K geothermometers (open black circles), obtained from
their slope and intercept, with the standard enthalpies and entropies of the Na–K
exchange reactions low-albite/maximum-microcline (L–Ab/Mc), low-albite/high-sanidine (L–
Ab/Sa), high-albite/maximum-microcline (H-Ab/Mc), high-albite/high-sanidine (H–Ab/Sa),
paragonite/muscovite (Prg/Ms), Na-clinoptilolite/K-clinoptilolite (Na–Cpt/K–Cpt), and Na–
montmorillonite/K-montmorillonite (Na–Mm/K–Mm), computed as a function of temperature at
water saturation pressure using SUPCRT92

are at variance with the enthalpies and entropies of the Na–K exchange reactions
comprising high-albite and maximum-microcline as well as micas, clinoptilolites,
and montmorillonites.

5.3.4 Conclusive Remarks on the Na–K Geothermometers

Summing up, it appears that there is not a unique Na–K geothermometer, but that
all the Na–K geothermometers proposed so far are plausible and that they are a
small number compared to the infinite number of possible Na–K geothermometers,
as already underscored by Fournier (1991).
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Based on the�H°r and�S°r values of the sixteen empirical Na–K geothermome-
ters of interest, it turns out that they are probably controlled by the exchange reactions
low-albite/high-sanidine or low-albite/maximum-microcline or any “in-between”
exchange reaction, involving low-albite and adularia with a degree of ordering inter-
mediate between that of fully ordered maximum-microcline and that of completely
disordered high-sanidine whereas the possible role of the high-albite/high-sanidine
exchange reaction appears to be much less likely. These inferences are consistent
with the indications given by the authigenic alkali feldspars occurring in sedimentary
rocks and synthesized by means of hydroxide gels (see Sect. 4.2.3).

Furthermore, our conclusions represent a step forward with respect to previous
findings of Bird and Norton (1981) and Bird and Helgeson (1981), who showed that
the tetrahedral site distributions of Al3+ and Si4+ ions in coexisting alkali feldspars
have a dramatic influence on the Na+/K+ activity ratio in the aqueous phase and on
the temperatures given by Na–K geothermometers. According to Bird and Norton
(1981) “metastable tetrahedral ordering in alkali feldspars is a likely cause of many of
the discrepancies found among alkali cation geothermometers and actual measured
temperatures in geothermal systems”.

Accepting our conclusions, it follows that there is no reason to look for the univer-
sally best Na–K geothermometer, either empirical or theoretical, that can be applied
everywhere because it does not exists. Rather than using the Na/K ratio as the basis
for an infinite number of geothermometers, it is advisable to use it for obtaining
different indications, changing completely the approach to water geothermometry.
This discussion will be resumed in Chap. 6.

5.4 The Na–K–Ca Geothermometer

5.4.1 Formulation, Controlling Reactions,
and Limitations/Problems of the Na–K–Ca
Geothermometer

The Na–K–Ca geothermometer is one of the most popular and used empirical
geothermometers, although it is affected by a certain number of limitations and
problems. We consider the Na–K–Ca geothermometer immediately after the Na–K
geothermometer because of the strict link between these two functions. Such a link
was pointed out by Fournier and Truesdell (1973) who decided to introduce Ca in a
revised and expanded Na–K geothermometer because of at least two distinct reasons.
One reason is that the Na–K geothermometer does not yield reasonable results for
Ca-rich waters. The other reason is that Ca2+ ion may have an effect upon the Na/K
ratio of the aqueous solution as suggested by the reaction in which plagioclase is
destructed and K-feldspar is produced with the simultaneous exchange of K+ ion
for both Na+ and Ca2+ ions. Fournier and Truesdell (1973) postulated that “aqueous



270 5 Traditional Water Geothermometers …

Na–K–Ca relationships generally can be explained entirely in terms of silicate reac-
tions even though the absolute quantity of aqueous Ca is controlled by the solubility
of carbonate”8. According to Fournier and Truesdell (1973), the reactions involving
silicate minerals and controlling Na–K–Ca relationships have net stoichiometry:

Na2/3Ca1/6 − solid + K+ = 1/6Ca2+ + 2/3Na+ + K − solid, (5.78)

above 100 °C, and:

Ca2/3 − solid + K+ + 1/3Na+ = 2/3Ca2+ + KNa1/3 − solid (5.79)

below 100 °C. Fournier and Truesdell (1973) did not provide the temperature depen-
dence of the log K of reactions (5.78) and (5.79), but only the following overall
relation (concentrations in mg/kg):

T(◦C) = 1647

log(cNa/cK) + β · [log(√cCa/cNa + 2.06] + 2.47
− 273.15, (5.80)

in which β may be equal to 1/3 or 4/3. To choose the proper value of β, Fournier
and Truesdell (1973) suggested to proceed as follows: Express the concentrations of
dissolved species in units of molality and calculate log(

√
Ca/Na). If log(

√
Ca/Na)

is positive, compute the Na–K–Ca temperature for β = 4/3. The obtained Na–K–Ca
temperature is correct, if it is <100 °C. Otherwise, recalculate the Na–K–Ca temper-
ature for β = 1/3. However, β can be assumed equal to 1/3 for aquifer temperature
>100 °C, as is the case of the 1013 reservoir liquids of interest.

Precipitation of calcite causes an overestimation of the equilibrium temperature
obtained by means of the Na–K–Ca function, as already recognized by Fournier and
Truesdell (1973). Mixing has limited effects on the Na–K–Ca geothermometer if the
high-temperature water has salinitymuch greater than the low-temperature water and
if the fraction of the geothermal water is higher than 0.2–0.3. Otherwise, the effects
of mixing on the Na–K–Ca geothermometer should be taken into consideration, as
discussed by Fournier (1981).

Fournier and Potter (1979) noted that many Mg-rich waters have high Na–K–
Ca temperatures, well above 150 °C, which are unexpected considering that all
high-temperature (>175 °C) waters discharged from boreholes drilled into active
geothermal systems have low concentrations of Mg relative to the other dissolved
cations. Therefore, based on the value of R = [Mg/(Mg + Ca + K)] · 100, with
concentrations expressed in equivalent units, Fournier and Potter (1979), proposed
two different temperature corrections, �tMg (in °C), that should be subtracted from

8Actually, this hypothesis is erroneous because Ca2+ activity cannot be constrained by both calcite
and a Ca–Al-silicate at the same time, as hypothesized by Fournier and Truesdell (1973). In case
of coexistence of calcite and a Ca–Al-silicate, calcite fixes the activity of the carbonate species of
reference [either CO2(aq) or HCO3

− or CO3
2−], whereas the Ca–Al-silicate constrains the activity

of Ca2+ ion. However, Fournier and Truesdell (1973) excluded calcite and CO2 from reactions
(5.78) and (5.79).
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the Na–K–Ca temperature, T. For 5 < R < 50 and T > 70 °C:

�tMg = 10.66 − 4.7415 · R + 325.87 · (logR)2 − 1.032 × 105 · (logR)2

T

− 1.968 × 107 · (logR)2

T2 + 1.605 × 107 · (logR)3

T2 . (5.81)

For 0.5 < R < 5:

�tMg = −1.03 + 59.971 · log R + 145.05 · (logR)2

− 36711 · (log R)2

T
− 1.67 × 107 · logR

T2 . (5.82)

Irrespective of the R value, the Mg correction should not be applied if �tMg is
negative. Moreover, Fournier and Potter (1979) suggested that Mg-rich waters may
be unsuitable for the application of geothermometers because high Mg concentra-
tions indicate the occurrence of water-rock reactions at relatively low temperatures,
causing not only Mg acquisition but also possible changes in the concentrations of
other dissolved constituents.

The behavior of the Na–K–Ca geothermometer has stimulated the interest of
several authors, who approached this topic both theoretically and experimentally.
Shikazono (1976) and Michard and Fouillac (1976) provided a thermodynamic
interpretation of the Na–K–Ca geothermometer.

Shikazono (1976) underscored that in NaCl aqueous solutions in equilibrium
with typical hydrothermal minerals at fixed temperature, the logarithms of Na+, K+,
and Ca2+ molalities are linear functions of the logarithm of Cl− molality. The linear
functions involving alkali cations have slope 1,whereas those comprising alkali-earth
cations have slope 2.

According to Michard and Fouillac (1976), above 100 °C, the Na–K–Ca geother-
mometer is controlled by the equilibration of the aqueous solution with K-feldspar
and a plagioclase of nearly constant composition close to Ab0.8An0.2. In contrast,
below 100 °C, water chemistry is assumed to be controlled by the relative dissolu-
tion kinetics of relevantminerals and theNa–K–Ca geothermometerwould be chiefly
explained by the increasing salinity with temperature.

Janecki et al. (1986) performed laboratory experiments at 260, 280, 300, 320, and
340 °C, reacting granite disks in 10 mmol/kg NaCl solutions and in mixed solutions
containing 10 mmol/kg NaCl and 0.1 mmol/kg CaCl2. Hydrothermal batch reactors
were used for all the experiments, keeping total pressure at 272 bar, except one run
that was performed in a flow-through reactor. According to Janecki et al. (1986),
variations in solution chemistry closely follow the empirical Na–K–Ca geothermo-
metric function althoughweak deviations were observed at 340 °C. Primaryminerals
composing the granite were etched. Authigenic minerals recognized at the end of
the runs comprise minor quantities of Fe–, Mg–, Ca-rich clay minerals and a Ca-
silicate (truscottite or a similar phase) at all temperatures, a Ca-zeolite (possibly
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faujasite) below 300 °C, feldspar overgrowths (apparently albitic) above 300 °C, and
amphibole overgrowths at 340 °C.

Benjamin et al. (1983) performed a thorough review of the Na–K–Ca geother-
mometer. Through the least-squares fit of the Fournier and Truesdell data, they
obtained the following revised Na–K–Ca geothermometric relations:

T(◦C) = 22200

64.2 − log(Na/K) + 6.3 · log(√Ca/Na)
− 273.15 (5.83)

T(◦C) = 1416

log(Na/K) + 0.055 · log(√Ca/Na) + 1.69
− 273.15 (5.84)

Equation (5.83) applies to T ≤ 100 °C and it is of little interest for us, whereas
Eq. (5.84) is valid for T > 100 °C and deserves more attention. It is consistent with
a �H°r of −6480 ± 260 cal mol−1 and a �S°r of −7.74 ± 0.50 cal mol−1 K−1.
The error on the stoichiometric coefficient β is ± 0.053, whereas the error on the
computed temperatures varies from 10 to 25 °C.

Benjamin et al. (1983) performed also experimental studies reacting separately
twogranodiorites and abasaltwith distilledwater, both in afixed-temperature circula-
tion system, at 200 and 300 °C, and in a controlled-temperature-gradient circulation
system, at 72, 119, 161, 209, 270, and 310 °C, for 1440 h. Pressure was kept at
1/3 kbar in all the experiments. The duration of the fixed-temperature experiments
was 6579 and 5816 h for those with the granodiorites and 3600 h for that with the
basalt. Concentrations of Na, K, and Ca attained steady state after 2–4 weeks approx-
imately, but cation ratios stabilized in a few days. Overgrowths of zeolites, usually
Ca-rich, and clay minerals of variable composition were found over the primary
minerals at the end of the runs. Based on their analytical results, Benjamin et al.
(1983) computed a stoichiometric coefficient β of 0.98 ± 0.10 for the Na–K–Ca
geothermometric function as well as a �H°r of −10,300 ± 1100 cal mol−1 and a
�S°r of −13.3 ± 1.7 cal mol−1 K−1 for its controlling reaction which was written
as follows:

K+ + 0.02NaAlSi3O8 + 0.49CaAl2Si2O8 + 1.96SiO2

= 0.02Na+ + 0.49Ca2+ + KAlSi3O8 (5.85)

adopting a stoichiometric coefficient of K+ ion equal to 1. Reaction (5.85) is essen-
tially a Ca-K exchange reaction with a marginally involvement of Na+ ion. Benjamin
et al. (1983) were forced to interpret their experimental results in this way, owing to
the lack of thermodynamic data for zeolites and clay minerals, although they recog-
nized that feldspar endmembers do not govern solution chemistry. To be noted that the
�H°r and�S°r values and the stoichiometric coefficient β derived from the results of
the hydrothermal experiments are significantly different from those obtained through
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the least-squares fit of the Fournier and Truesdell data for T > 100 °C. These differ-
ences suggest that the hydrothermal experiments did not reproduce the water-rock
reactions controlling Na–K–Ca relations in natural geothermal systems.

Pope et al. (1987) performed another experimental study in which a powdered
peralkaline rhyolite was reacted with distilled water in separate runs with 0.1MNaCl
and 0.01MNaHCO3 at different temperatures in the range 100–500 °C,mostly at 200
and 300 °C, maintaining total pressure at 1 kbar. Reactants were sealed inside gold
capsules. Run durations were usually 2–3 weeks, with some longer experiments to
control the attainment of equilibriumor steady-state conditions.No alterationmineral
was detected by SEM and XRD analyses but the presence of alteration minerals in
small quantities cannot be excluded. The Na–K–Ca geothermometer works well for
the experimentswith 0.1MNaCl. In fact, themean computedNa–K–Ca temperatures
are 191 ± 14 °C and 297 ± 14 °C, at 200 and 300 °C, respectively. In contrast, the
Na–K–Ca temperatures are lower than the experimental values by 10–50 °C for the
experiments with 0.01 M NaHCO3. These poor results are ascribable, at least partly,
to the low Ca concentrations, which are close to detection limit at 200 °C and are
generally below detection limit at 300 °C.

5.4.2 Performance of the Na–K–Ca Geothermometer
for the Selected Reservoir Liquids

The temperature given by the Na–K–Ca geothermometer of Fournier and Trues-
dell (1973) for the 1013 selected reservoir liquids is contrasted with the aquifer
temperature in the binary diagrams of Fig. 5.17.

Among the Icelandic geothermal systems (Fig. 5.17a), the average absolute devi-
ation of the Na–K–Ca temperature from the reservoir temperature is: (i) 18± 10 (1σ)
°C for the high-temperature (>175 °C), low-salinity reservoir liquids of Hellisheidi,
Hveragerdi, Krafla, Namafjall, and Nesjavellir; (ii) 35 ± 12 °C for the high-
temperature reservoir liquids of Reykjanes; (iii) 6 ± 3 °C for the high-temperature
reservoir liquids of Svartsengi; (iv) 11± 5 °C for the medium-temperature (<175 °C)
Icelandic reservoir liquids. TheNa–K–Cageothermometer has a goodperformance at
Svartsengi and a very poor behavior at Reykjanes, although both systems are similar,
being partly recharged by seawater. TheNa–K–Cageothermometer has a poor perfor-
mance for the high-temperature (>175 °C), low-salinity reservoir liquids, whereas
it works relatively well for the medium-temperature (<175 °C) Icelandic reservoir
liquids. The Na–K–Ca temperature is higher than the aquifer temperature for most
liquids from Hveragerdi and the medium-temperature systems. In contrast, the Na–
K–Ca geothermometer underestimates the aquifer temperature for most reservoir
liquids of Hellisheidi, Krafla, Namafjall, Nesjavellir, Reykjanes, and Svartsengi.

Among the geothermal systems of Northern and Central America (Fig. 5.17b), the
average absolute deviation of theNa–K–Ca temperature from the aquifer temperature
is: (i) 5 ± 3 (1σ) °C for Dixie Valley; (ii) 42 ± 6 °C for Long Valley; (iii) 14 ± 6 °C
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Fig. 5.17 Correlation diagrams of the temperature given by the Na–K–Ca geothermometer of
Fournier and Truesdell (1973) versus the aquifer temperature for the selected reservoir liquids
from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New Zealand, and
f miscellaneous geothermal systems
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for Valles; (iv) 14 ± 8 °C for Coso; (v) 13 ± 7 °C for Salton Sea; (vi) 10 ± 5 °C for
Heber; (vii) 17 ± 14 °C for Cerro Prieto; (viii) 19 ± 12 °C for Los Azufres; (ix) 14
± 7 °C for Berlin; (x) 9 ± 4 °C for Miravalles. The Na–K–Ca geothermometer has
a good performance at Dixie Valley and a relatively good performance at Miravalles
and Heber, whereas its behavior is very poor at Long Valley and relatively poor
in the other systems. The Na–K–Ca temperature overestimates considerably and
systematically the aquifer temperature at Long Valley.

Among the geothermal systems of Japan (Fig. 5.17c), the average absolute devi-
ation of the Na–K–Ca temperature from the reservoir temperature is: (i) 41 ± 12
(1σ) °C for Mori-Nigorikawa; (ii) 19 ± 4 °C for Sumikawa; (iii) 16 ± 5 °C for
Uenotai; (iv) 27 ± 3 °C for Onikobe; (v) 18 ± 18 °C for Oku-aizu; (vi) 16 ± 10 °C
for Takigami; (vii) 11 ± 7 °C for Oguni; (viii) 14 ± 14 °C for Fushime. The Na–
K–Ca geothermometer has a very poor behavior at Mori-Nigorikawa and Onikobe
and a poor performance is all the other geothermal systems Japan, apart from Oguni,
to some extent. The Na–K–Ca temperature is higher than the reservoir temperature
in most wells of Mori-Nigorikawa and in several wells of Oku-aizu and Fushime,
whereas the reverse situation occurs frequently at Sumikawa, Uenotai, Onikobe,
Takigami, and Oguni.

Among the geothermal systems of the Philippines (Fig. 5.17d), the average abso-
lute deviation of the Na–K–Ca temperature from the aquifer temperature is: (i) 8 ±
7 °C for Bacon-Manito; (ii) 10 ± 9 °C for Tongonan; (iii) 8 ± 7 °C for Mahanag-
dong; (iv) 14 ± 10 °C for Alto Peak; (v) 10 ± 7 °C for Palinpinon. The Na–K–
Ca geothermometer works well at Mahanagdong and Bacon-Manito and relatively
well at Palinpinon and Tongonan. In contrast, its behavior is comparatively poor at
Alto Peak, possibly due to the presence of feed zones with different characteristics
as pointed out by Reyes et al. (1993). The Na–K–Ca temperatures are generally
lower than aquifer temperatures, especially at Alto Peak, and to a lower extent at
Mahanagdong and Bacon-Manito, whereas the opposite is true for Palinpinon and
Tongonan.

Among the geothermal systems of NewZealand (Fig. 5.17e), the average absolute
deviation of the Na–K–Ca temperature from the aquifer temperature is: (i) 5 ± 3 °C
for Ngawha; (ii) 15± 8 °C for Kawerau; (iii) 22± 12 °C for Waiotapu; (iv) 7± 5 °C
for Mokai; (v) 4 ± 2 °C for Ngatamariki; (vi) 18 ± 12 °C for Broadlands; (vii) 7 ±
4 °C for Wairakei; (viii) 15 ± 8 °C for Rotokawa. The Na–K–Ca geothermometer
has a good performance at Ngawha, Mokai, Ngatamariki, and Wairakei, whereas its
behavior is poor at Kawerau, Rotokawa, Broadlands, and especially at Waiotapu.
The Na–K–Ca temperature overestimates significantly the aquifer temperature in
most wells of Broadlands, Kawerau, and Waiotapu, whereas the opposite occurs at
Rotokawa.

Among the miscellaneous geothermal systems (Fig. 5.17f), the average absolute
deviation of the Na–K–Ca temperature from the aquifer temperature is: (i) 65 ±
15 °C for Yangbajing; (ii) 35 ± 23 °C for Kizildere; (iii) 59 ± 27 °C for Latera;
(iv) 33 ± 34 °C for Mofete; (v) 66 ± 6 °C for Ribeira Grande; (vi) 10 ± 5 °C for
Tendaho; (vii) 8 ± 5 °C for Asal; (viii) 35 ± 4 °C for Aluto-Langano; (ix) 16 ±
15 °C for Olkaria.
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The Na–K–Ca geothermometer works well at Asal, relatively well at Tendaho,
but it has a very poor performance at Olkaria, Mofete, Aluto-Langano, Kizildere and
especially at Latera, Yangbajing, and Ribeira Grande. The Na–K–Ca temperature
overestimates considerably the reservoir temperature at Yangbajing, Ribeira Grande,
Kizildere, Latera, Aluto-Langano, and in most wells of Olkaria, whereas the Na–
K–Ca temperature underestimates, to different extents, the aquifer temperature at
Mofete, Bagnore, Asal and Tendaho.

Loss of Ca from the aqueous solution due to precipitation of calcite or other
Ca-bearing minerals is a possible reason explaining why Na–K–Ca temperatures
are higher than aquifer temperatures. Although there is no relation between the
performance of theNa–K–Ca geothermometer andCa concentration for the reservoir
liquids of interest, loss of Ca is expected to have a much stronger impact on Ca-poor
aqueous solutions, such asNa–HCO3 waters, than onCa-rich aqueous solutions, such
as high-salinity Na–Cl waters. Of course, this problem affects not only the Na–K–Ca
geothermometer, but also all the Ca-based geoindicators.

Na–K–Ca temperatures higher than aquifer temperatures could be explained also
by the lack of re-equilibration of the Na–K–Ca system upon cooling of the aqueous
solutions, owing to the slow kinetics of relevant reactions. This explanation could
apply not only to spring waters but also to wells discharges, especially to wells
producing from a secondary shallow reservoir, in which the geothermal waters,
coming from a deeper and hotter reservoir, have a relatively short residence time.
For instance, this could be the case of Yangbajing. However, further data on the
kinetics of relevant re-equilibration processes are needed to convert this hypothesis
in a convincing explanation.

The deviations of Na–K–Ca temperatures from aquifers temperatures could also
be ascribable to the different constraints controlling the activity of Ca2+ ion in
reservoir liquids, either saturation with calcite, at high fCO2 values, or saturation
with a Ca–Al–silicate, at low fCO2 values. Further complications are caused by the
possible role of different Ca–Al-silicates, such as laumontite and other zeolites at
low-temperatures (indicatively up to 200 °C), epidote, prehnite, and wairakite at
temperatures of 200–300 °C, as well as grandite garnet, anorthite, pyroxene, and
amphibole, above 300 °C.

Participation of variably-ordered adularias (see Sect. 5.3.4) to the exchange reac-
tions of interest, is another possible reason for the discrepancies between Na–K–Ca
temperatures and aquifer temperatures. Finally, poor knowledge or choice of the
aquifer temperature cannot be excluded, although it cannot be invoked for deviations
higher than a few degrees to 10 °C approximately.

5.4.3 Na–Ca and K–Ca Geothermometers

As shown by Tonani (1980), the Na–K–Ca geothermometer can be split into three
temperature functions involving the Na/K,

√
Ca/Na, and

√
Ca/K ratios. The use of
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three separate geothermometric functions instead of the single Na–K–Ca geother-
mometer is advantageous because it is possible to check if the three computed temper-
atures are consistent with each other or not, although only two of these three relations
are mutually independent (Tonani 1980). Also Arnórsson et al. (1983a) underscored
that the separate Na/K and

√
Ca/Na cation ratios composing the Na–K–Ca geother-

mometer are fixed by temperature alone, if the condition of overall chemical equi-
librium between the geothermal waters and the hydrothermal mineral assemblage is
attained.

Based on these findings and considering that there is an infinite number of Na–K
geothermometers (see 5.3), it is permissible to suppose that there is also an infinite
number of Na–Ca and K–Ca geothermometers. To avoid complicating too much the
following discussion, we decided to take into account the sixteen empirical Na–K
geothermometers with linear dependence on the absolute temperature inverse listed
in Table 5.2 only. Moreover, we decided to write the geothermometric relations we
are looking for in terms of the Na2/Ca and K2/Ca ratios instead of the

√
Ca/Na and√

Ca/K ratios, respectively. To obtain the Na–Ca and K–Ca geothermometers of
interest, first, β is assumed equal to 1/3 (consistent with T > 100 °C) and Eq. (5.80)
is rewritten as (concentrations in mg/kg):

log(cNa/cK) + 1/3 · log(√cCa/cNa) = 1647

T + 273.15
− 3.1567. (5.86)

Second, Eq. (5.86) is multiplied by 2 and is suitably rearranged obtaining:

log(c2Na/cCa) = 6 · log(cNa/cK) − 9882

T + 273.15
+ 18.9402. (5.87)

Third, each Na–K empirical geothermometer listed in Table 5.2 is alternatively
inserted into Eq. (5.87) and the relation is suitably reorganized, deriving the corre-
sponding Na–Ca function. The related K–Ca geothermometer is then obtained either
subtracting the Na–K relation multiplied by 2 from the Na–Ca equation:

log(c2K/cCa) = log(c2Na/cCa) − 2 · log(cNa/cK) (5.88)

or through the relation:

log(c2K/cCa) = 4 · log(cNa/cK) − 9882

T + 273.15
+ 18.9402. (5.89)

The results of these simple but tedious calculations are listed in Tables 5.3 and 5.4,
where two relations are given, one for molal concentrations, the other for concentra-
tions inmg/kg, although the conversion from one form to the other is straightforward.
These Na–Ca andK–Ca geothermometers are expected to work at comparatively low
fCO2 values stabilizing one of the several possible Ca–Al-silicates (see above) and
destabilizing calcite.
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In addition to the Na–Ca and K–Ca geothermometers derived from the Na–K–Ca
geothermometer and the sixteen empiricalNa–Kgeothermometers listed inTable 5.2,
it is necessary to take into account the Na–Ca geothermometer of Arnórsson et al.
(1983a) and the K–Ca geothermometer of Michard (1990), which were proposed as
such.

Arnórsson et al. (1983a) presented a diagram of log(
√
Ca/Na) versus the absolute

temperature inverse, in which there is a large scatter of data points that was attributed
to equilibrium with more than one mineral assemblage.

The
√
Ca/Na geothermometric function of Arnórsson et al. (1983a) has a linear

dependence on the absolute temperature inverse and corresponds to the following
two relations identified by code Ar83b in Fig. 5.18:

T = 1120

2.118 − log(m2
Na

/
mCa)

− 273.15 T = 1120

6.238 − log(c2Na
/
cCa)

− 273.15.

(5.122)

The two associated K–Ca geothermometric functions can be computed by
inserting the Na–Ca geothermometer defined by Eq. (5.122) and one of the two
Na–K geothermometers of Arnórsson et al. (1983a), that is Eqs. (5.64) or (5.65),
into Eq. (5.88). The K–Ca geothermometers thus obtained, identified by code Ar83b

Fig. 5.18 Diagram of log(m2
Na/mCa) versus the absolute temperature inverse showing the sixteen

Na–Ca geothermometers obtained from the sixteen empirical Na–K functions (see legend) and the
Na–K–Ca geothermometer, as well as the Na–Ca geothermometers of Arnórsson et al. (1983a) and
Michard (1990), indicated by codes Ar83b and Mi90b, respectively
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Fig. 5.19 Diagram of log(m2
K/mCa) versus the reciprocal of the absolute temperature showing the

sixteen K–Ca geothermometers obtained from the sixteen empirical Na–K functions (see legend)
and the Na–K–Ca geothermometer, as well as the K–Ca geothermometers of Arnórsson et al.
(1983a) and Michard (1990), indicated by codes Ar83b and Mi90b, respectively

in Fig. 5.19, are:

T = 2986

3.643 − log(m2
K

/
mCa)

− 273.15 T = 2986

8.224 − log(c2K
/
cCa)

− 273.15

(5.123)

T = 3758

5.055 − log(m2
K

/
mCa)

− 273.15 T = 3758

9.636 − log(c2K
/
cCa)

− 273.15.

(5.124)

Equation (5.123) is valid from 25 to 250 °C, whereas Eq. (5.124) applies in the
temperature range 250–350 °C.

Based on the chemistry of several thermal waters interacting with granitic rocks
at temperatures lower than 150 °C,Michard (1990) derived a K–Ca geothermometer,
corresponding to the following two equations identified by code Mi90a in Fig. 5.19:

T = 3030

3.94 − log(m2
K

/
mCa)

− 273.15 T = 3030

8.52 − log(c2K
/
cCa)

− 273.15.

(5.125)
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The related Na–Ca geothermometer can be obtained inserting the K–Ca and Na–
K geothermometers of Michard (1990) defined by Eqs. (5.125) and (5.69), respec-
tively, into Eq. (5.88). The Na–Ca geothermometer thus derived is expressed by the
following two relations (identified by code Mi90a in Fig. 5.18):

T = 690

1.10 − log(m2
Na

/
mCa)

− 273.15 T = 690

5.22 − log(c2Na
/
cCa)

− 273.15.

(5.126)

Equations (5.125) and (5.126) should not be used above 150 °C, because their
parent functions were calibrated below this threshold.

The plot of log(m2
Na/mCa) versus the absolute temperature inverse of Fig. 5.18

shows that there are large differences among the Na–Ca geothermometric functions
discussed above, with most of them converging at temperatures higher than ~250 °C,
apart from Eq. (5.102) from Michard (1990) and Eq. (5.122) from Arnórsson et al.
(1983a), but diverging progressively with decreasing temperature. Since each pair
of Na–Ca and Na–K functions is linked by Eq. (5.87), this graph reflects largely
the shape of Fig. 5.14 with the Na–Ca geothermometers of relatively low slope
corresponding to the Na–K geothermometers of comparatively high slope (e.g.,
Giggenbach 1988) and vice versa (e.g., Simmons 2013).

The diagram of log(m2
K/mCa) versus the absolute temperature reciprocal of

Fig. 5.19 is similar to those of Figs. 5.14 and 5.18. To be noted that all the K–Ca
geothermometers have slope higher than the corresponding Na–Ca geothermometers
and, again, the K–Ca geothermometers of comparatively small slope correspond to
the Na–K geothermometers of relatively large slope (e.g., Giggenbach 1988) and
vice versa (e.g., Simmons 2013), since each couple of K–Ca and Na–K functions is
connected by Eq. (5.89).

In the correlation diagrams of log(m2
Na/mCa) versus the absolute temperature

inverse (Fig. 5.20) and of log(m2
K/mCa) versus the absolute temperature reciprocal

(Fig. 5.21), most of the 1013 selected reservoir liquids are positioned within the
same area occupied by the empirical Na–Ca and K–Ca functions, respectively. Not
surprisingly, a similar distribution of data points was already noted by Fournier and
Truesdell (1973) in the diagrams of log (

√
Ca/Na) versus the absolute temperature

reciprocal and log (
√
Ca/K) versus the absolute temperature inverse.

Nevertheless, all or most reservoir liquids of Long Valley, Mori-Nigorikawa,
Yangbajing, Kizildere, Ribeira Grande, Latera, and Aluto-Langano, as well as some
reservoir liquids of Broadlands, Ngawha, and Olkaria are situated above the lines
defined by the K–Ca geothermometers in Fig. 5.21 and most of these samples are
positioned above the lines corresponding to theNa–Ca geothermometers in Fig. 5.20.
These reservoir liquids have Na–K–Ca temperature significantly higher than aquifer
temperature as discussed in Sect. 5.4.2 and shown by the diagrams of Fig. 5.17.

Again, these highNa2/Ca andK2/Ca log-ratiosmight be due to either precipitation
of aCa-bearing solid phase (typically calcite) or equilibrationof the aqueous solutions
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Fig. 5.20 Diagrams of log(m2
Na/mCa) versus the absolute temperature inverse showing the selected

reservoir liquids from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New
Zealand, and f miscellaneous geothermal system, the sixteen Na–Ca geothermometers obtained
from the sixteen empirical Na–K functions (see legend) and the Na–K–Ca geothermometer (solid
black lines), as well as the Na–Ca functions of Arnórsson et al. (1983a) and Michard (1990),
represented by dashed black lines
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Fig. 5.21 Diagrams of log(m2
K/mCa) versus the absolute temperature inverse showing the selected

reservoir liquids from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New
Zealand, and f miscellaneous geothermal, the sixteen K–Ca geothermometers obtained from the
sixteen empirical Na–K functions (see legend) and the Na–K–Ca geothermometer (solid black
lines), as well as the K-Ca functions of Arnórsson et al. (1983a) and Michard (1990), represented
by dashed black lines
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with calcite instead of one of the several possible Ca–Al-silicates, because of the
relatively high fCO2 values occurring in the geothermal reservoirs of provenance.

The Na2/Ca and K2/Ca log-ratios of the other reservoir liquids agree with
those fixed by the Na–Ca and K–Ca geothermometers and, therefore, are probably
controlled by equilibrium with one of the different Ca–Al-silicate minerals, because
of the comparatively low fCO2 values occurring in the related geothermal aquifers.
These findings imply that the different Na–Ca and K–Ca geothermometric functions
can be utilized, to some extent, to identify the governing Ca–Al-silicate minerals, as
discussed in the next section.

5.4.4 The Hydrothermal Minerals Controlling the Na–Ca
and K–Ca Geothermometers

Following the same approach adopted in Sect. 5.3.3 for the Na–K geothermometer,
the�H°r and�S°r values of the empiricalNa–Ca andK–Cageothermometers, calcu-
lated from their slope and intercept using Eqs. (5.13) and (5.14), are compared with
the standard enthalpies and entropies of the following Na–Ca exchange reactions:

2NaAlSi3O8 + 4H2O + Ca2+ = CaAl2Si4O12 · 4H2O + 2SiO2 + 2Na+ (5.127)

2NaAlSi3O8 + 0.25KAlSi3O8 + 0.5H2O + Ca2+

= 0.25KAl3Si3O10(OH)2 + 0.5Ca2Al3Si3O12(OH) + 4.5SiO2 + 2Na+
(5.128)

2NaAlSi3O8 + 0.5KAlSi3O8 + H2O + Ca2+

= 0.5KAl3Si3O10(OH)2 + 0.5Ca2Al2Si3O10(OH)2 + 4.5SiO2 + 2Na+
(5.129)

2NaAlSi3O8 + 2H2O + Ca2+ = CaAl2Si4O12 · 2H2O + 2SiO2 + 2Na+ (5.130)

and of the following K–Ca exchange reactions:

2KAlSi3O8 + 4H2O + Ca2+ = CaAl2Si4O12 · 4H2O + 2 SiO2 + 2K+ (5.131)

2.25KAlSi3O8 + 0.5H2O + Ca2+

= 0.25KAl3Si3O10(OH)2 + 0.5Ca2Al3Si3O12(OH) + 4.5 SiO2 + 2K+
(5.132)

2.5KAlSi3O8 + H2O + Ca2+

= 0.5KAl3Si3O10(OH)2 + 0.5Ca2Al2Si3O10(OH)2 + 4.5 SiO2 + 2K+
(5.133)
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2KAlSi3O8 + 2H2O + Ca2+ = CaAl2Si4O12 · 2H2O + 2SiO2 + 2K+ (5.134)

respectively. Laumontite [CaAl2Si4O12 · 4 H2O] is involved in reactions (5.127)
and (5.131), clinozoisite [Ca2Al3Si3O12(OH)] participates to reactions (5.128) and
(5.132), prehnite [Ca2Al2Si3O10(OH)2] takes part to reactions (5.129) and (5.133)
and wairakite [CaAl2Si4O12 · 2 H2O] plays a part in reactions (5.130) and (5.134).
Among the other minerals involved in the Na–Ca and K–Ca exchange reactions
of interest, maximum-microcline and high-sanidine were alternatively considered to
representK-feldspar,whereas the silicamineralwas assumed to be quartz/chalcedony
above 175 °C and chalcedony below 175 °C. The thermodynamic properties of these
reactions were computed as a function of temperature at water saturation pressures
using SUPCRT92.

The correlation diagram of Fig. 5.22 shows that the�H°r and�S°r values of most
Na–Ca geothermometers are consistent with the standard enthalpies and entropies of
the Na–Ca exchange reactions of interest computed using SUPCRT92. Only the Na–
Ca functions derived from the Na–K geothermometers of White (1968), Mercado

Fig. 5.22 Comparison of the temperature-independent�H°r and�S°r values of the empirical Na–
Ca geothermometers (open black circles) with those of the Na–Ca exchange reactions involving
laumontite (Lmt) or prehnite (Prh) or clinozoisite (Czo) or wairakite (Wrk), and other pertinent
minerals, computed as a function of temperature at water saturation pressures using SUPCRT92
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Fig. 5.23 Comparison of the temperature-independent �H°r and �S°r values of the empirical
K–Ca geothermometers (open black circles) with those of the K–Ca exchange reactions involving
laumontite (Lmt) or prehnite (Prh) or clinozoisite (Czo) or wairakite (Wrk), and other pertinent
minerals, computed as a function of temperature at water saturation pressures using SUPCRT92

(1970), and Simmons (2013) have �H°r and �S°r values at variance with the stan-
dard enthalpies and entropies of the considered Na–Ca exchange reactions. Similar
inferences can be drawn from the correlation diagram of Fig. 5.23, in which the
temperature-independent standard enthalpies and entropies of the empirical K–Ca
geothermometers, obtained from their slope and intercept, are contrasted with the
�H°r and �S°r values of the K–Ca exchange reactions of interest, calculated as a
function of temperature at water saturation pressures using SUPCRT92.

These findings have two implications. On the one hand, the Na–Ca and K–
Ca geothermometers provide temperatures presumably controlled by the equilib-
rium condition between the aqueous solution of interest and a given Ca–Al-silicate,
assuming that fCO2 is low enough. However, it is impossible to identify the Ca–Al-
silicate involved in the Na–Ca and K–Ca exchange reactions presumably controlling
the Na–Ca and K–Ca geothermometers owing to their empirical nature, intrinsic
and/or inherited from the parent functions, i.e., the Na–K–Ca geothermometer and
a given Na–K geothermometer. On the other hand, it should be possible to cali-
brate theoretical Na–Ca andK–Ca geothermometers based on the exchange reactions
considered in this section. This possibility will be explored in Chap. 8.
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5.4.5 Conclusive Remarks on the Na–K–Ca Geothermometer

Summingup, theNa–Ca andK–Cageothermometers obtained by splitting theNa–K–
Ca function of Fournier and Truesdell (1973) as well as the Na–Ca geothermometer
of Arnórsson et al. (1983a) and the K–Ca geothermometer of Michard (1990) work
under favorable conditions, that is forwaters presumably equilibratedwith an unspec-
ified Ca–Al-silicate at relatively low fCO2 values. In contrast, these Na–Ca and K–Ca
geothermometers do not work for waters equilibrated with calcite under compara-
tively high fCO2 values. This implies that the Na2/Ca and K2/Ca ratios represent the
basis not only for geothermometers but also for fCO2-indicators. Our view on this
point is somewhat different from that of previous authorswhich is briefly summarized
below.

Ellis (1970) pointed out that Ca is a potential CO2-indicator for thermal waters,
proposing a technique to evaluate deep fCO2 values on the basis of Na and Ca
concentrations.

As already noted in Sect. 5.4.1, Fournier and Truesdell (1973) recognized that
calcite saturation controls Ca concentration, but they did not consider calcite and
CO2 in reactions (5.78) and (5.79), that were assumed to control the Na–K–Ca
geothermometer by these authors.

Giggenbach (1988) summarized the results of several investigations which were
carriedout for providingboth theoretical and experimental justifications to theNa–K–
Cageothermometer.He concluded thatmany problems in the use of this technique are
connected with its sensitivity to differences in the CO2 contents of geothermal fluids,
especially at relatively low temperatures.9 Therefore, Giggenbach (1988) suggested
that Ca may be used to formulate a fCO2-indicator, representing the subject of the
next section, rather than constituting the basis for a geothermometer.

This suggestion was later confirmed by Chiodini et al. (1991) based on the results
of a mineral-solution equilibrium model (see Sect. 5.8).

5.5 The K–Ca fCO2-Indicator

5.5.1 Relevant Reactions, Derivation, and Limitations
of the K–Ca fCO2-Indicator

According to Giggenbach (1988), it is likely that the initial CO2 contents of deep
geothermal fluids in areas affected by magmatic processes are externally controlled
byvariable contributions ofCO2-richmagmaticfluids andCO2-poormeteoricwaters.

9For instance, according to Paces (1975), the aqueous solution attains a steady state condition with
the felsic rocks, in aquifers at temperatures below 75 °C and CO2 partial pressures above 10−4 atm.
Therefore, he suggested an empirical correction involving the aquifer CO2 partial pressure to be
applied to the Na–K–Ca temperature.
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These deep geothermal fluids are expected to become reactive with respect to the
conversion of Ca–Al-silicates to either calcite and clay minerals or calcite and K-
mica. An example of the first process is the reaction:

2 Ca2Al3Si3O12(OH) + 4CO2 + 5H2O = 3Al2Si2O5(OH)4 + 4CaCO3 (5.135)

in which the considered Ca–Al-silicate is clinozoisite. Reaction (5.135) involves the
formation of kaolinite or similar minerals typical of acid alteration assemblages,
such as dickite or pyrophyllite (Reyes 1990). An example of the second process is
the reaction:

1.5KAlSi3O8 + Ca2Al3Si3O12(OH) + 2CO2(g) + H2O

= 1.5KAl3Si3O10(OH)2 + 3 SiO2 + 2CaCO3 (5.136)

in which, again, the Ca–Al-silicate is clinozoisite. The temperature dependence of
reaction (5.136) and similar reactions involving Ca–Al-silicates other than clino-
zoisite is described by the following equation (Giggenbach 1984; fCO2 in bar, T in
°C):

log fCO2 = 0.0168T − 3.78, (5.137)

which is valid from 100 to 350 °C. The univariant reaction (5.136) involves two
constituents of the full equilibriumhydrothermalmineral assemblage,K-mica andK-
feldspar, and represents the calcite/Ca–Al-silicate boundary. For a given temperature,
calcite is stable for fCO2 higher than that given by Eq. (5.137), whereas the Ca–Al-
silicate mineral (either laumontite, epidote or wairakite, depending on temperature)
is stable for fCO2 lower than that given by Eq. (5.137).

Arnórsson and Gunnlaugsson (1985) recognized that fCO2 is governed, above
~230 °C, by a buffer comprising calcite, epidote, prehnite and quartz and Arnórsson
(1985) proposed that the partial pressure of CO2 is fixed by temperature-dependent
mineral-solution equilibria as described by the following relation (PCO2 in bar, T in
K):

log PCO2 = −2.81 − 5012.7 · T−1 − 0.00919 · T + 6.464 · log T. (5.138)

Equation (5.138) agrees closely with Eq. (5.137) from 200 to 250 °C, whereas
the two functions diverge progressively the one from the other below 200 °C and
above 250 °C with maximum deviations of about one order of magnitude at 100
and 350 °C. Similar temperature- fCO2 (or PCO2) relations were also proposed by
Giggenbach (1981), Arnórsson et al. (1983a), and Arnórsson and Gunnlaugsson
(1985).

According to Giggenbach (1988), the conversion of K-feldspar to K-mica
promoted by CO2 with production of calcite and a silica mineral:
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3KA1Si3O8 + CO2(g) + Ca2+ + H2O

= CaCO3 + KAl3Si3O10(OH)2 + 6SiO2 + 2K+, (5.139)

is likely to occur over large portions of geothermal systems. The thermodynamic
equilibrium constant of reaction (5.139) is equal to log(a2

K+/aCa2+) − log fCO2 if the
solid phases and water are assumed to be pure. Moreover, the log K of reaction
(5.139) is practically temperature independent, being equal to −1.66 ± 0.15, in the
temperature range 50–300 °C, based on the thermodynamic data of Bowers et al.
(1984). Therefore, to a first approximation, the K2/Ca concentration ratio can be
assumed to be a fCO2-indicator, as described by the following equation (Giggenbach
1988; concentrations in mg/kg, fCO2 in bar):

log fCO2 = log(c2K+/cCa2+) − 3.0. (5.140)

As underscored by Giggenbach (1988), the K–Ca fCO2-indicator is based on the
hypothesis of chemical equilibrium attainment between the aqueous solution and all
the solid phases participating to reaction (5.139). Therefore, the K–Ca fCO2-indicator
can be applied to the comparatively high CO2 fugacities at which calcite is stable
and Ca–Al-silicate minerals are not, whereas it cannot be used at the relatively low
CO2 fugacities where the Ca–Al-silicate minerals are stable and calcite is not. The
threshold between these two distinct situations is defined by Eqs. (5.137) or (5.138).

5.5.2 Application of the K–Ca fCO2-Indicator to the Selected
Reservoir Liquids

Giggenbach (1988) used the K–Ca fCO2-indicator together with the K–Mg geother-
mometer because these two geo-indicators are expected to equilibrate with compa-
rable speed and under comparable conditions. Since there are several doubts on the
reliability of the K–Mg geothermometer (see Sect. 5.6), the results of the K–Ca
fCO2-indicator for the 1013 selected reservoir liquids are plotted against the refer-
ence (aquifer) temperatures, instead of the K–Mg temperatures, in the diagrams of
Fig. 5.24, also showing the approximate calcite/Ca–Al-silicate stability boundary or
full equilibrium lines, represented by Eqs. (5.137) and (5.138).

The data points situated above the full equilibrium lines, such as all or most
reservoir liquids of LongValley (Fig. 5.24b),Mori-Nigorikawa (Fig. 5.24c),Ngawha,
Kawerau, Broadlands (Fig. 5.24e), Yangbajing, Kizildere, Latera, Ribeira Grande,
Aluto-Langano, and Olkaria (Fig. 5.24f) have computed CO2 fugacities much higher
than the full equilibrium value. Indeed, it is possible that the CO2 fugacities of these
reservoir liquids are externally controlled rather than internally fixed by mineral-
solution equilibria.
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Fig. 5.24 Diagrams of the aquifer temperature versus the CO2 fugacity computed by means of
the K–Ca fCO2 -indicator of Giggenbach (1988), Eq. (5.140), for the selected reservoir liquids
from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New Zealand, and
f miscellaneous geothermal systems. TheCO2 fugacity spans six orders ofmagnitude and, therefore,
is reported on a log scale. Also shown are the full equilibrium lines of Giggenbach (1984; solid
black line), Eq. (5.137), and Arnórsson (1985; dashed black line), Eq. (5.138)
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However, calcite scaling is known to occur in these systems, as reported for
instance by Brown et al. (2013) for Long Valley, Yoshida (1991) for Mori-
Nigorikawa, Sheppard (1984) for Ngawha, Christenson (1997) for Kawerau,
Simmons and Christenson (1994) for Broadlands, Zheng et al. (2019) for Yang-
bajing, Tarcan et al. (2016) for Kizildere, Pieri et al. (1989) for Latera, Viveiros
Pereira (2014) for Ribeira Grande, Tassew (2010) for Aluto-Langano, and Opondo
(2015) for Olkaria. This process may cause a considerable decrease in Ca concentra-
tion and a related increase in both the K2/Ca concentration ratio and in the computed
CO2 fugacity, which could overestimate the real value.

Further indications are given by the comparison of the CO2 fugacities computed
by means of the K–Ca fCO2-indicator and the corresponding CO2 fugacities obtained
through speciation calculations, generally carried out bymeans of the computer code
WATCH, that is combining the analyses of the liquid and vapor phases separated at
known pressure, temperature conditions. Such a comparison, performed through the
log-log diagrams of Fig. 5.25 shows that:

(i) Most reservoir liquids of Long Valley (Fig. 5.25b), Ngawha (Fig. 5.25e)
Kizildere, Aluto-Langano, and Latera (Fig. 5.25f) have CO2 fugacities given
by speciation calculations much higher than those given by the K–Ca fCO2-
indicator and, therefore, they might have excess CO2 with respect to the CO2

concentration controlled by equilibrium coexistence of calcite, K-feldspar,
K-mica and a silica mineral.

(ii) The reservoir liquids ofMori-Nigorikawa (Fig. 5.25c) andKawerau (Fig. 5.25e)
have CO2 fugacities obtained through speciation calculations similar to those
calculated using the K–Ca fCO2-indicator and, therefore, they might be close
to equilibrium with calcite, K-feldspar, K-mica and a silica mineral.

(iii) Most reservoir liquids of Broadlands (Fig. 5.25e) Yangbajing, Ribeira Grande,
and Olkaria (Fig. 5.24f) have CO2 fugacities given by speciation calculations
lower than those calculated using the K–Ca fCO2-indicator. Assuming that the
CO2 fugacities given by speciation calculations are reliable (which is far from
certainty), the results of the K–Ca fCO2-indicator could overestimate the real
values because of calcite precipitation.

Returning to consider the diagrams of Fig. 5.24, the sample points posi-
tioned below the full equilibrium line, such as the reservoir liquids from the
high-temperature Icelandic geothermal systems (Fig. 5.24a), Berlin, Los Azufres
(Fig. 5.24b), Fushime, Oku-aizu, Sumikawa, Uenotai (Fig. 5.24c), Alto Peak, Bacon-
Manito, Mahanagdong, Palinpinon, and Tongonan (Fig. 5.24d), might indicate that
comparatively low contributions of deep CO2-rich fluids enter these geothermal
aquifers from below, stabilizing the Ca–Al-silicates and destabilizing calcite. Alter-
natively, the low CO2 concentrations of these reservoir liquids, or at least some of
them, could be caused by aquifer boilingwhich is known to occur in these geothermal
systems.

The log-log diagrams of the CO2 fugacities computed by means of the K–Ca
fCO2-indicator versus the corresponding CO2 fugacities obtained through speciation
calculations (Fig. 5.25) are useful for solving this dilemma. In fact:
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Fig. 5.25 Log-log diagrams of the CO2 fugacities computed by means of the K–Ca fCO2 -indicator
versus the corresponding CO2 fugacities obtained through speciation calculations, for the selected
reservoir liquids from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New
Zealand, and f miscellaneous geothermal systems
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(i) Most reservoir liquids of Reykjanes, Svartsengi, Hveragerdi, and Bakki
(Fig. 5.25a), Oku-aizu (Fig. 5.25c), Alto Peak, Bacon-Manito, Mahanagdong,
and Palinpinon (Fig. 5.25d) have CO2 fugacities obtained through specia-
tion calculations similar to or somewhat higher than those calculated through
the K–Ca fCO2-indicator, suggesting that the occurrence of aquifer boiling is
unlikely.

(ii) Several reservoir liquids of Krafla, Namafjall, Nesjavellir, Hellisheidi
(Fig. 5.25a), Berlin, Los Azufres (Fig. 5.25b), Fushime, Sumikawa, Uenotai
(Fig. 5.25c), and Tongonan (Fig. 5.25d), have CO2 fugacities given by speci-
ation calculations lower than those computed using the K–Ca fCO2-indicator,
possibly because of aquifer boiling.

According to Giggenbach (1988), K and Ca concentrations can be used to eval-
uate reliable CO2 fugacities only for sample points found near the full equilibrium
line. However, it cannot be excluded that also these fluids might be affected by the
processes mentioned above. Consequently, the results of the K–Ca fCO2-indicator
have always a certain degree of uncertainty.

Further uncertainties are caused by the possible involvement of adularia of vari-
able order-disorder degree in reactions (5.136) and (5.139) instead of fully ordered
maximum-microcline as assumed by Giggenbach (1984, 1988). This discussion will
be resumed in Chap. 8.

5.6 The K–Mg and Na–Mg Geothermometers

5.6.1 Relevant Reactions, Derivation, and Limitations
of the K–Mg and Na–Mg Geothermometers

It was recognized long ago that the waters of high temperature (250–300 °C)
and low salinity have exceptionally low Mg concentrations, typically 10–100 ppb
only (Mahon 1965). Moreover, it was also understood that Mg concentrations are
strongly dependent on temperature, and this relationship was attributed to equili-
bration of geothermal liquids with chlorites owing to their ubiquitous occurrence in
the hydrothermal alteration parageneses. Ellis (1971) carried out laboratory experi-
ments to investigate the chemistry of the aqueous solution in equilibrium with chlo-
rite, calcite, and quartz, under controlled CO2 partial pressures and to calibrate the
temperature dependence ofMg concentration. Starting from these premises, Giggen-
bach (1988) assumed that the behavior of Mg in well-equilibrated geothermal waters
is described by the following two reactions:

0.8 muscovite + 0.2 clinochlore + 5.4 chalcedony + 2K+

= 2.8K-feldspar + 1.6H2O + Mg2+ (5.141)
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and

0.8 muscovite + 0.2 clinochlore + 5.4 chalcedony + 2Na+

= 2 albite + 0.8K-feldspar + 1.6H2O + Mg2+, (5.142)

which are written involving clinochlore and muscovite as endmember components
of chlorites and illites, respectively. The corresponding equilibrium constants are:

KMg−K = aMg2+

a2
K+

a2.8
Kfs · a1.6

H2O

a0.8
Ms · a0.2

Clc · a5.4
Chc

(5.143)

KMg−Na = aMg2+

a2
Na+

a2
Ab · a0.8

Kfs · a1.6
H2O

a0.8
Ms · a0.2

Clc · a5.4
Chc

. (5.144)

The activities of H2O, chalcedony, and alkali feldspars are close to unit, whereas
the effects of clinochlore and muscovite incorporation into natural chlorites and
illites was assessed by Giggenbach (1988) considering the data reported by Capuano
and Cole (1982) for Roosevelt Hot Springs and by Walshe (1986) for a number of
hydrothermal phyllosilicates.

The logarithm of clinochlore activity in the chlorites of interest varies from −4.7
to −1.3 with a mean of −2.2. The logarithm of muscovite activity in the considered
illites ranges from −0.73 to −0.15 with an average of −0.33. Hence, the logarithm
of the activity product AP = a0.8

Ms · a0.2
Clc ranges from −1.5 to −0.4 with a mean of −

0.7. Instead of considering this average AP, Giggenbach (1988) arbitrarily assumed
an AP value of +0.3 to derive the K–Mg geothermometer, obtaining the following
equations, for concentrations ci in mg/kg and mi in mol/kg:

T = 4410

14.0 − log(c2K
/
cMg)

− 273.15 T = 4410

9.2 − log(m2
K

/
mMg)

− 273.15.

(5.145)

Giggenbach (1988) justified the choice of the AP value of +0.3 to adjust for the
positions of high-temperature data points in a plot of log (aMg2+

/
a2
K+ ) versus the

absolute temperature inverse (Fig. 5b of Giggenbach 1988) and with the assump-
tion that measured temperatures of low-temperature waters are likely to underesti-
mate their actual mineral-solution equilibrium temperatures. Moreover, Giggenbach
(1988) concluded that there is no reason to favor a theoretical over the empirical cali-
bration, because of possible uncertainties in the thermodynamic properties adopted
for K-feldspar, muscovite and clinochlore, that were obtained from Bowers et al.
(1984). Summing up, the K–Mg geothermometer is empirical and its derivation
leaves much to be desired. Equation (5.145) is slightly different from the relation
previously published by Giggenbach et al. (1983) whose intercept (entropy term) is
13.95 instead of 14.0 for concentrations in mg/kg.
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In addition to the temperature dependence of the Na/K and K2/Mg concentra-
tion ratios, Giggenbach (1988) also computed the internally consistent temperature
dependence of the Na2/Mg concentration ratio inserting Eqs. (5.66) and (5.145) into
the following simple relation, written for concentrations in mg/kg:

log(c2Na/cMg) = log(c2K/cMg) + 2 · log(cNa/cK). (5.146)

Because of the infinite number of possible Na–K geothermometers (see
chapter 5.3), there is also an infinite number of possible Na–Mg geothermome-
ters, which are related to the K–Mg geothermometer of Giggenbach (1988) through
Eq. (5.146). However, only the sixteen empirical Na–K geothermometers, with linear
dependence on the absolute temperature inverse (see Table 5.2 in chapter 5.3),
were alternatively inserted into Eq. (5.146) together with K–Mg geothermometer
of Giggenbach (1988) expressed by Eq. (5.145) to keep the following discussion to
a simple level. In this way, the sixteen Na–Mg geothermometers listed in Table 5.5
were obtained. Again, two relations are reported, one for concentrations in mg/kg,
the other for molal concentrations, although the conversion from one form to the
other is straightforward.

As part of their systematic, computerized procedure, Nieva and Nieva (1987)
proposed the following Na–K–Mg relation:

T = 11140

18.30 + 6 · log(mNa
/

mK) + log(mMg
/

m2
Na)

− 273.15. (5.163)

Inserting the Na–K geothermometer of Nieva and Nieva (1987), i.e. Eqn (5.67),
into Eq. (5.163) and rearranging, one obtains the following Na–Mg geothermometric
equation (indicated by code NiNi87b) for concentrations ci in mg/kg and mi in
mol/kg:

T = 4072

10.866 − log(m2
Na

/
mMg)

− 273.15,

T = 4072

15.203 − log(c2Na
/
cMg)

− 273.15. (5.164)

The corresponding K–Mg geothermometer is then derived by inserting the Na–K
and Na–Mg geothermometers of Nieva and Nieva (1987), that is Eqs. (5.67) and
(5.164), in consistent units, into Eq. (5.146) and reorganizing:

T = 6428

13.344 − log(m2
K

/
mMg)

− 273.15,

T = 6428

18.143 − log(c2K
/
cMg)

− 273.15. (5.165)



5.6 The K–Mg and Na–Mg Geothermometers 299

Ta
bl

e
5.

5
N
a–
M
g
ge
ot
he
rm

om
et
er
s
ob
ta
in
ed

fr
om

th
e
K
–M

g
ge
ot
he
rm

om
et
er

of
G
ig
ge
nb
ac
h
(1
98
8)

an
d
di
ff
er
en
tN

a–
K
ge
ot
he
rm

om
et
er
s,
as

in
di
ca
te
d

N
a–
K
re
fe
re
nc
es

N
a–
M
g
fu
nc
tio

n
in
vo
lv
in
g
m
ol
al

co
nc
en
tr
at
io
ns

N
a–
M
g
fu
nc
tio

n
in
vo
lv
in
g
co
nc
en
tr
at
io
ns

in
m
g/
kg

C
od
e

E
qn
.#

W
hi
te
(1
96
8)

T
=

34
01

.8

9.
32

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

34
01

.8

13
.6
6−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

W
h6
8

(5
.1
47
)

E
lli
s
(1
97
0)

T
=

28
07

8.
16

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

28
07

12
.5
0−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

E
l7
0

(5
.1
48
)

M
er
ca
do

(1
97
0)

T
=

31
29

8.
72

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

31
29

13
.0
6−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

M
e7
0

(5
.1
49
)

Fo
ur
ni
er

an
d
T
ru
es
de
ll
(1
97
3)

T
=

28
56

8.
26

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

28
56

12
.6
0−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

Fo
T
r7
3

(5
.1
50
)

T
ru
es
de
ll
(1
97
6)

T
=

26
98

.8

7.
95

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

26
98

.8

12
.2
9−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

T
r7
6

(5
.1
51
)

Fo
ur
ni
er

(1
97
9)

T
=

19
76

6.
70

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

19
76

11
.0
3−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

Fo
79

(5
.1
52
)

To
na
ni

(1
98
0)

T
=

27
44

8.
10

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

27
44

12
.4
4−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

To
80

(5
.1
53
)

A
rn
ór
ss
on

et
al
.(
19
83
a)
,2

5–
25
0
°C

T
=

25
44

7.
68

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

25
44

12
.0
1−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

A
r8
3,

LT
(5
.1
54
)

A
rn
ór
ss
on

et
al
.(
19
83
a)
,2
50
–3
50

°C
T

=
17

72

6.
27

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

17
72

10
.6
0−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

A
r8
3,

H
T

(5
.1
55
)

(c
on
tin

ue
d)



300 5 Traditional Water Geothermometers …

Ta
bl

e
5.

5
(c
on
tin

ue
d)

N
a–
K
re
fe
re
nc
es

N
a–
M
g
fu
nc
tio

n
in
vo
lv
in
g
m
ol
al

co
nc
en
tr
at
io
ns

N
a–
M
g
fu
nc
tio

n
in
vo
lv
in
g
co
nc
en
tr
at
io
ns

in
m
g/
kg

C
od
e

E
qn
.#

G
ig
ge
nb
ac
h
(1
98
8)

T
=

16
30

6.
16

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

16
30

10
.5
0−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

G
i8
8

(5
.1
56
)

N
ie
va

an
d
N
ie
va

(1
98
7)

T
=

20
54

6.
72

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

20
54

11
.0
6−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

N
iN
i8
7a

(5
.1
57
)

K
ha
ra
ka

an
d
M
ar
in
er

(1
98
9)

T
=

20
50

7.
04

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

20
50

11
.3
8−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

K
hM

a8
9

(5
.1
58
)

M
ic
ha
rd

(1
99
0)

T
=

20
70

6.
36

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

20
70

10
.7
0−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

M
i9
0

(5
.1
59
)

V
er
m
a
an
d
Sa
nt
oy
o
(1
99
7)

T
=

18
32

6.
43

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

18
32

10
.7
7−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

V
eS

a9
7

(5
.1
60
)

Sa
nt
oy
o
an
d
D
ía
z-
G
on
zá
le
z
(2
01
0)

T
=

26
57

.4

7.
91

−l
og

(
m
2 N
a

m
M
g

)
−

27
3.
15

T
=

26
57

.4

12
.2
5−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

Sa
D
i1
0

(5
.1
61
)

Si
m
m
on
s
(2
01
3)

T
=

37
80

10
.1
4−

lo
g(

m
2 N
a

m
M
g

)
−

27
3.
15

T
=

37
80

14
.4
7−

lo
g(

c2 N
a

c M
g

)
−

27
3.
15

Si
13

(5
.1
62
)



5.6 The K–Mg and Na–Mg Geothermometers 301

Based on the chemical characteristics ofwaters interactingwith granitic lithotypes
at temperatures lower than 150 °C,Michard (1990) derived aK–Mggeothermometer,
which is defined by the following two relations (indicated by code Mi90b):

T = 3000

5.84 − log(m2
K

/
mMg)

− 273.15,

T = 3000

10.64 − log(c2K
/
cMg)

− 273.15. (5.166)

The corresponding Na–Mg geothermometer is obtained inserting the Na–K and
K–Mg geothermometers of Michard (1990), that is Eqs. (5.69) and (5.166), in
consistent units, into Eq. (5.146) and rearranging:

T = 660

3.00 − log(m2
Na

/
mMg)

− 273.15, T = 660

7.34 − log(c2Na
/
cMg)

− 273.15.

(5.167)

These two functions should not be used outside the calibration range, that is above
150 °C.

Two K–Mg geothermometric functions were proposed by Fournier (1991).
However, the equations listed in Table 3 of Fournier (1991) are at variance with
the corresponding lines reported in the diagram of log(K2/Mg) versus the absolute
temperature reciprocal, that is Fig. 9 of Fournier (1991). Relying on the diagram,
the two K–Mg geothermometers of Fournier (1991) are defined by the following
relations (indicated by code Fo91a and Fo91b) for concentrations ci in mg/kg and mi

in mol/kg:

T = 2680

4.60 − log(m2
K

/
mMg)

− 273.15

T = 2680

9.40 − log(c2K
/
cMg)

− 273.15, (5.168)

T = 6460

13.30 − log(m2
K

/
mMg)

− 273.15

T = 6460

18.10 − log(c2K
/
cMg)

− 273.15. (5.169)

Equation (5.168) is valid for log(K2/Mg) < 3.25, corresponding to T < 162.5 °C,
whereas Eq. (5.169) holds for log(K2/Mg) > 3.25, that is for T > 162.5 °C. The two
related Na–Mg geothermometers are derived by inserting the Na–K geothermometer
of Fournier (1979), Eq. (5.62), and each one of the two K–Mg geothermometers into
Eq. (5.146), thus obtaining:
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T = 246

2.097 − log(m2
Na

/
mMg)

− 273.15,

T = 246

6.434 − log(c2Na
/
cMg)

− 273.15 (5.170)

T = 4026

10.797 − log(m2
Na

/
mMg)

− 273.15,

T = 4026

15.134 − log(c2Na
/
cMg)

− 273.15. (5.171)

As shownby the diagramof log(m2
K/mMg) versus the absolute temperature inverse

(Fig. 5.26), the high-slope K–Mg geothermometer of Fournier (1991), code Fo91b,
is very close to the K–Mg function of Nieva andNieva (1987), codeNiNi87b. TheK–
Mg geothermometer of Giggenbach (1988) intersects these two functions at tempera-
tures of 210–230 °C, while it progressively diverges from both relations at higher and
lower temperatures. Of the two remaining K–Mg geothermometers, the low-slope
function of Fournier (1991), code Fo91a, crosses the other relations, whereas that of
Michard (1990), code Mi90b, is positioned somewhat above them.

The plot of log(m2
Na/mMg) versus the absolute temperature reciprocal (Fig. 5.27)

shows that there are considerable differences among the twenty Na–Mg geother-
mometers, including those reported in Table 5.5, and Eqs. (5.164), (5.167), (5.170),
and (5.171). The two low-slope relations of Michard (1990) and Fournier (1991),
codes Mi90b and Fo91a, are limited below 150 and 160 °C, respectively. Most of the

Fig. 5.26 Diagram of
log(m2

K/mMg) versus the
absolute temperature inverse
showing the K–Mg
geothermometers of
Giggenbach (1988), Michard
(1990), and Fournier (1991),
as well as that obtained from
the Na–K–Mg relation of
Nieva and Nieva (1987)
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Fig. 5.27 Diagram of log(m2
Na/mMg) versus the absolute temperature inverse showing the sixteen

Na–Mg geothermometers obtained from the K–Mg geothermometer of Giggenbach (1988) and the
sixteen empirical Na–K functions (see legend) as well as the Na–Mg geothermometers related to
the K–Mg geothermometers of Michard (1990) and Fournier (1991), and to the Na–K–Mg relation
of Nieva and Nieva (1987)

other eighteen geothermometric functions converge at 225–275 °C, but diverge more
and more at decreasing and increasing temperatures. As expected, the spread of the
Na–Mg linear functions obtained from the K–Mg geothermometer of Giggenbach
(1988) and the sixteen empirical Na–K functions is similar to that of the corre-
sponding Na/K geothermometers (Fig. 5.14). To be noted that the Na–Mg geother-
mometers of comparatively low slope are derived from the Na–K geothermome-
ters of relatively high slope (e.g., Giggenbach 1988) and vice versa (e.g., Simmons
2013). This is also expected, because each pair of Na–Mg and Na–K equations is
interconnected by Eq. (5.146).

5.6.2 Application of the K–Mg and Na–Mg Geothermometers
to the Selected Reservoir Liquids

In the correlation diagrams of log(m2
K/mMg) versus the absolute temperature recip-

rocal (Fig. 5.28) there is a large scatter of data points which are positioned both above
and below the solid black lines representing the K–Mg geothermometric functions
of Giggenbach (1988) and Fournier (1991), and that obtained from the Na–K–Mg
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Fig. 5.28 Diagrams of log(m2
K/mMg) versus the absolute temperature inverse showing the selected

reservoir liquids from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New
Zealand, and f miscellaneous geothermal systems aswell as theK–Mg geothermometers of Giggen-
bach (1988), Michard (1990), Fournier (1991), and that obtained from the Na–K–Mg relation of
Nieva and Nieva (1987), all represented by black solid lines
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relation of Nieva and Nieva (1987). Most deviations of data points from these K–
Mg geothermometers are less than ~ 1.5 log-units, but maximum shifts achieve
~2.5 log-units. Deviations of data points from the K-Mg geothermometers seem
to be temperature independent. Also the binary plots of log(m2

Na/mMg) versus the
absolute temperature reciprocal (Fig. 5.29) exhibit a considerable scatter of sample
points which, again, are located both above and below the lines corresponding to the
different Na–Mg geothermometric functions. The remarkable scatter of data points
in the diagrams of Figs. 5.28 and 5.29 is probably due to different causes.

Low values of the (m2
K/mMg) and (m2

Na/mMg) ratios might be explained by
the presence of excess magnesium due to mixing of reservoir liquids with Mg-
rich external fluids coming from shallower and colder environments. Reservoir
liquidswith noticeable excessmagnesiumoccur atKrafla,Namafjall, Nesjavellir, and
Hellisheidi (Figs. 5.28a and 5.29a), Dixie Valley (Figs. 5.28b and 5.29b), Onikobe,
Sumikawa, and Uenotai (Figs. 5.28c and 5.29c), Alto Peak (Figs. 5.28d and 5.29d),
Broadlands, Kawerau, Ngawha, and Rotokawa (Figs. 5.28e and 5.29e), Bagnore,
Kizildere, Olkaria, and Tendaho (Figs. 5.28f and 5.29f).

In contrast, high values of the (m2
K/mMg) and (m2

Na/mMg) ratios might be due to
loss of magnesium, possibly because of Mg incorporation in the lattice of precipi-
tating calcite or other solid phases. This process might be invoked for some reser-
voir liquids of Reykjanes, Svartsengi, Hveragerdi, and Bakki (Figs. 5.28a and
5.29a), Berlin, Los Azufres, Miravalles, and Valles (Figs. 5.28b and 5.29b), Mori-
Nigorikawa, Fushime, Oguni, and Takigami (Figs. 5.28c and 5.29c), Bacon-Manito,
Mahanagdong, Palinpinon, and Tongonan (Figs. 5.28d and 5.29d), Wairakei and
Broadlands (Figs. 5.28e and 5.29e), Ribeira Grande, Kizildere, and Yangbajing
(Figs. 5.28f and 5.29f).

High and low values of the (m2
K/mMg) and (m2

Na/mMg) ratios might be due to the
presence of illites and especially chlorites of varying compositions, as documented by
the chemical data of these hydrothermal solid phases coming from active geothermal
systems, which are discussed in Sects. 4.3 and 4.4.

Still another cause might be the variable degree of ordering on the tetrahedral
sites of adularia. Accepting that the differences among the Na–K geothermometers
are due to the variable order-disorder degree of adularia involved in the exchange
reaction with low-albite (see Sect. 5.3.4), also the differences among the K–Mg
geothermometers and among the Na–Mg geothermometers could be ascribable to
the same reason.

Since the stoichiometric coefficient of adularia is 0.8 in the exchange reaction
(5.142) governing the Na–Mg geothermometer and 2.8 in the exchange reaction
(5.141) controlling the K–Mg geothermometer, it is reasonable to hypothesize that
the impact of variable ordering on the tetrahedral sites of adularia is more important
on the K–Mg relation than on the Na–Mg function.

Finally, it is possible that in some systems or in some parts of a given geothermal
system, the (m2

K/mMg) and (m2
Na/mMg) ratios are not controlled by chlorites, but by

other Mg-bearing minerals, as discussed in the next section.
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Fig. 5.29 Diagrams of log(m2
Na/mMg) versus the absolute temperature inverse showing the selected

reservoir liquids from a Iceland, b Northern-Central America, c Japan, d The Philippines, e New
Zealand, and f miscellaneous geothermal systems as well as different Na–Mg geothermometers
(solid black lines)
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5.6.2.1 The Hydrothermal Minerals Controlling the K–Mg and Na–Mg
Geothermometers

As recalled above, Giggenbach (1988) assumed that the K–Mg and Na–Mg geother-
mometers are controlled by reactions (5.141) and (5.142), both involving clinochlore
as Mg-bearing mineral. This is the only chlorite component present in the thermo-
dynamic database of Helgeson et al. (1978), in the two distinct forms with basal
spacing of 7 and 14 Å (Sect. 4.4.4).

Other Mg-bearing hydrothermal solid phases occur in active geothermal systems,
such as biotite, clinopyroxene, and amphibole, generally above 275 °C, and dolomite,
talc, and different clayminerals (e.g., smectites, vermiculites, and saponites), usually
below 180 °C. Since no clays are included in the thermodynamic dataset of
Helgeson et al. (1978), the thermodynamic properties of Na-montmorillonite, K-
montmorillonite, and Mg-montmorillonite were taken fromWolery et al. (2007) and
these three minerals were added to the SUPCRT92 database.

Then, the thermodynamic properties of the K–Mg and Na–Mg exchange
reactions involving 7Å-clinochlore [Clc, Mg5Al2Si3O10(OH)8], phlogo-
pite [Phl, KMg3(AlSi3)O10(OH)2], diopside [Di, CaMgSi2O6], tremo-
lite [Tr, Ca2Mg5Si8O22(OH)2], ordered and disordered dolomite [Dol,
CaMg(CO3)2], talc [Tlc, Mg3Si4O10(OH)2], and Mg-montmorillonite [Mg-Mnt,
Mg0.495Al1.67Si4O10(OH)2] were computed as a function of temperature at water
saturation pressures using SUPCRT92. In addition to reaction (5.141), the following
K–Mg exchange reactions were also considered:

3.33KAlSi3O8 + 1.33H2O + Mg2+

= 0.33KMg3(AlSi3)O10(OH)2 + KAl3Si3O10(OH)2 + 6 SiO2 + 2K+ (5.172)

3.75KAlSi3O8 + 0.5Ca2Al3Si3O12(OH) + 1.5H2O + Mg2+

= CaMgSi2O6 + 1.75KAl3Si3O10(OH)2 + 5.5 SiO2 + 2K+ (5.173)

3.3KAlSi3O8 + 0.2Ca2Al3Si3O12(OH) + 1.4H2O + Mg2+

= 0.2Ca2Mg5Si8O22(OH)2 + 1.3KAl3Si3O10(OH)2 + 5 SiO2 + 2K+ (5.174)

2.25KAlSiO8 + 2CaCO3 + 0.5H2O + Mg2+

= CaMg(CO3)2 + 0.5Ca2Al3Si3O12(OH)

+ 0.25KAl3Si3O10(OH)2 + 4.5 SiO2 + 2K+ (5.175)

3KAlSi3O8 + 1.33H2O + Mg2+

= 0.33Mg3Si4O10(OH)2 + KAl3Si3O10(OH)2 + 4.67 SiO2 + 2K+ (5.176)

6.06K0.33Mg0.33Al1.67Si4O10(OH)2 + Mg2+
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= 6.06Mg0.495Al1.67Si4O10(OH)2 + 2K+. (5.177)

Similarly, in addition to reaction (5.142), the other Na–Mg exchange reactions
taken into account are:

1.33KAlSi3O8 + 2NaAlSi3O8 + 1.33H2O + Mg2+

= 0.33KMg3(AlSi3)O10(OH)2 + KAl3Si13O10(OH)2 + 6SiO2 + 2Na+
(5.178)

1.75KAlSi3O8 + 2NaAlSi3O8

+ 0.5Ca2Al3Si3O12(OH) + 1.5H2O + Mg2+

= CaMgSi2O6 + 1.75KAl3Si3O10(OH)2 + 5.5SiO2 + 2Na+ (5.179)

1.3KAlSi3O8 + 2NaAlSi3O8 + 0.2Ca2Al3Si3O12(OH) + 1.4H2O + Mg2+

= 0.2Ca2Mg5Si8O22(OH)2 + 1.3KAl3Si3O10(OH)2 + 5SiO2 + 2Na+ (5.180)

0.25KAlSi3O8 + 2NaAlSi3O8 + 2CaCO3 + 0.5H2O + Mg2+

= CaMg(CO3)2 + 0.5Ca2Al3Si3O12(OH)

+ 0.25KAl3Si3O10(OH)2 + 4.5 SiO2 + 2Na+ (5.181)

KAlSi3O8 + 2NaAlSi3O8 + 1.33H2O + Mg2+

= 0.33Mg3Si4O10(OH)2 + KAl3Si3O10(OH)2 + 4.67 SiO2 + 2Na+ (5.182)

6.06Na0.33Mg0.33Al1.67Si4O10(OH)2 + Mg2+

= 6.06Mg0.495Al1.67Si4O10(OH)2 + 2Na+. (5.183)

Clinozoisite was adopted to balance the calcium ions present in the lattice of
diopside, tremolite, and dolomite. Calcite was assumed to take part to reactions
(5.175) and (5.181) to balance the carbonate ions of dolomite. Apart from reactions
(5.177) and (5.183), which comprise montmorillonites only, maximum-microcline
and high-sanidine were alternatively involved in all the other reactions, in which
the stoichiometric coefficients of alkali feldspars and silica minerals are higher than
those of relevant Mg-bearing phases. Therefore, the contributions of Mg-bearing
solid phases to the thermodynamic properties of all K–Mg and Na–Mg exchange
reactions, apart from (5.177) and (5.183), are expected to be less important than
those of alkali feldspars and silica minerals.

The �H°r and �S°r values of the empirical K–Mg geothermometers, calculated
from their slope and intercept using Eqs. (5.13) and (5.14), are compared with the
�H°r and �S°r values of the K–Mg exchange reactions of interest in the correlation
diagram of Fig. 5.30. As expected, the �H°r and �S°r values of the K–Mg geother-
mometer of Giggenbach (1988) are consistent with the �H°r and �S°r values of
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Fig. 5.30 Comparison of the temperature-independent �H°r and �S°r values of the empirical K–
Mg geothermometers of Giggenbach (1988), Michard (1990), Fournier (1991), and that obtained
from the Na–K–Mg relation of Nieva and Nieva (1987), all indicated by open black circles, with
those of the K–Mg exchange reactions involving different hydrothermal minerals (see legend),
computed as a function of temperature at water saturation pressures using SUPCRT92

the K–Mg exchange reaction (5.141) involving 7Å-clinochlore. However, the reac-
tions comprising maximum-microcline together with phlogopite or talc or diopside
or tremolite and those including high-sanidine and dolomite, ordered or disordered,
might also control the K–Mg geothermometer of Giggenbach (1988), owing to the
similar reaction entropies and the limited differences in reaction enthalpies. This
finding is not surprising because of the small contributions of the different Mg-
bearing solid phases to the thermodynamic properties of these exchange reactions.
In contrast, the �H°r and �S°r values of the K–Mg geothermometer of Giggen-
bach (1988) are at variance with those of the reactions involving (i) K- and Mg-
montmorillonites, (ii) high-sanidine together with 7Å-clinochlore or phlogopite or
talc or diopside or tremolite, as well as (iii) maximum-microcline and dolomite,
either disordered or ordered.

The high-slope K–Mg function of Fournier (1991), code Fo91b, and that obtained
from Nieva and Nieva (1987), code NiNi87, have �H°r values similar to those of
the reactions including maximum-microcline and disordered dolomite, but higher
�S°r values. The low-slope K–Mg functions of both Michard (1990), code Mi90b,
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and Fournier (1991), code Fo91a, have (i) �S°r values comparable with those of the
exchange reactions comprising high-sanidine and diopside or tremolite, but much
higher �H°r values and (ii) �H°r values similar to those of the exchange reactions
involving high-sanidine and clinochlore, but much lower �S°r values.

The �H°r and �S°r values of the empirical Na–Mg geothermometers, computed
from their slopes and intercepts utilizingEqs. (5.13) and (5.14), are comparedwith the
�H°r and �S°r values of the considered Na–Mg exchange reactions in the binary
diagram of Fig. 5.31. The low-slope Na–Mg functions of Michard (1990), code
Mi90b, and Fournier (1991), code Fo91a, are at variance with all the considered
exchange reactions. The high-slopeNa–Mg function of Fournier (1991), code Fo91b,
and the Na–Mg geothermometer obtained from the Na–K–Mg relation of Nieva and
Nieva (1987), code NiNi87, have�H°r and�S°r values relatively similar to those of
the reactions including maximum-microcline or high-sanidine and dolomite, either
disordered or ordered.

The Na–Mg geothermometers derived from the K–Mg geothermometer of
Giggenbach (1988) and different Na–K geothermometers distribute in the following
two groups:

Fig. 5.31 Comparison of the temperature-independent�H°r and�S°r values of the empirical Na–
Mg geothermometers (open black circles) with those of the Na–Mg exchange reactions involving
different hydrothermalminerals, computed as a function of temperature atwater saturation pressures
using SUPCRT92
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(i) Those related to the Na–K geothermometers of high slope (Fournier 1979; high-
temperature function ofArnórsson et al., 1983a;Nieva andNieva 1987;Kharaka
andMariner 1989; Giggenbach 1988; Michard 1990; Verma and Santoyo 1997)
are consistent with the Na–Mg exchange reaction involving 7Å-clinochlore
together with maximum-microcline or high-sanidine. The exchange reactions
including phlogopite, diopside, talc, and tremolite have similar entropies but
somewhat lower enthalpies.

(ii) Those linked to the Na–K geothermometers of low slope (White 1968; Ellis
1970; Mercado 1970; Fournier and Truesdell 1973; Truesdell 1976; Tonani
1980; low-temperature function of Arnórsson et al., 1983a; Santoyo and Díaz-
González 2010; Simmons 2013) are consistent with the Na–Mg exchange
reaction comprising ordered dolomite together with maximum-microcline or
high-sanidine. The exchange reactions including disordered dolomite have
comparable entropies and weakly higher enthalpies.

The �H°r and �S°r values of the reactions involving Na– and Mg-
montmorillonites are at variance with those of all the Na–Mg geothermometers.

All in all, the K–Mg and Na–Mg geothermometers might be controlled by
exchange reactions involving chlorites, as proposed by Giggenbach (1988), but the
possible governing role of several otherMg-bearing solid phases cannot be excluded.

5.6.3 The Na–K–Mg0.5 Triangular Diagram

Combining the fast-responding K–Mg geothermometer with the slowly re-
equilibrating Na–K geothermometer by means of a triangular plot, Giggenbach
(1988) suggested a graphical method (Fig. 5.32) to assess the degree of attainment
of water-rock equilibrium.

In this Na–K–Mg1/2 triangular diagram, the Na–K and K–Mg systems are repre-
sented by two sets of lines of constant Na/K and K/Mg1/2 ratios, radiating from the
Mg1/2 and Na vertices, respectively. Since at each value of the Na/K and K/Mg1/2

ratios corresponds a unique temperature value, each of these lines is an isotherm. The
intersection points of the Na–K and K–Mg isotherms referring to the same tempera-
ture delineate the so-called “full equilibrium” curve comprising the compositions of
waters in equilibrium with the mineral phases controlling both geothermometers.

The compositions of waters generated through isochemical dissolution of average
crustal rocks, also shown in this triangular plot, delineate a rock dissolution area,
which is far away from the full equilibrium curve.

Neutral chloride reservoir liquids encountered by deep geothermalwells generally
plot along or close to the full equilibrium curve, at temperatures slightly higher than
those physically measured in these wells. Corresponding neutral chloride spring
waters generally plot in the field of partially equilibrated waters, being found below
the full equilibrium curve and somewhat shifted towards theMg1/2 vertex. This might
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Fig. 5.32 Na–K–Mg1/2 triangular diagram (modified from Giggenbach 1988) showing different
types of geothermal waters (see legend), the compositions expected for rock dissolution (green
closed triangles), the line of fully equilibrated waters, and the fields of both partially equilibrated
waters and immature waters

be due to either Mg acquisition upon cooling, proceeding faster than Na acquisition,
or to mixing of thermal waters with Mg-rich cold shallow waters.

Also some bicarbonate waters attain partial equilibrium, whereas other bicar-
bonate waters and the acid waters are situated close to the Mg1/2 vertex. These
are the so-called “immature waters”, which provide unreliable Na–K temperatures,
whereas their K–Mg temperatures may still be valid, at least for not too acid aqueous
solutions.

This Na–K–Mg1/2 plot has become very popular in geochemical investigations
because it allows: (i) the immediate distinction between waters suitable or unsuitable
for the application of ionic solute geothermometers, (ii) the assessment of deep
equilibrium temperatures, and (iii) the straightforward evaluation of re-equilibration
and/or mixing effects on a large number of water samples.

However, as already pointed out by Fournier (1991), some words of caution are
needed, because different full equilibriumcurves can be defined based on distinctNa–
K and K–Mg geothermometric functions. As shown in the Na–K–Mg1/2 triangular
diagram of Fig. 5.33, these full equilibrium curves occupy a large part of the field of
the waters in partial equilibrium defined by Giggenbach (1988) and some of them
extend in the field of the immature waters towards theMg1/2 vertex. The consequence
of this spread of full equilibrium curves is that a given water may be assumed to be
either in full equilibrium or in partial equilibrium or even immature, depending
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Fig. 5.33 Na–K–Mg1/2 triangular diagram showing different “full equilibrium” curves defined by
various Na–K and K–Mg geothermometers (see legend) as well as the line separating the field of
the waters in partial equilibrium from the field of the immature waters, according to Giggenbach
(1988)

on the Na–K and K–Mg of reference, as already pointed out by Fournier (1991).
Alternatively, assuming that all the curves are actually representative of the full
equilibrium conditions, the Na–K–Mg1/2 triangular diagram of Fig. 5.33 suggests
that a different approach to Na–K–Mg geothermometry is probably needed.

5.7 Other Ionic Solute Geothermometers

5.7.1 The Li-Based Geothermometers

Fouillac and Michard (1981) proposed two empirical Na–Li geothermometers cali-
brated considering a large number of geothermal waters. One relation applies to the
waters with Cl < 0.2 M:

T = 1000

log(mNa
/

mLi) + 0.38
− 273.15. (5.184)

The other equation is valid for Cl > 0.3 M:

T = 1195

log(mNa
/

mLi) − 0.19
− 273.15. (5.185)

Fouillac and Michard (1981) identified also the following two functions relating
temperature and Li molality:
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T = 2258

1.44 − logmLi
− 273.15 for Cl < 0.2M (5.186)

T = 1436

0.61 − logmLi
− 273.15. for Cl > 0.3M (5.187)

More or less at the same time, a Na–Li geothermometer was also developed by
Kharaka and coworkers (Kharaka et al. 1982; concentrations Ci in mg/L)

T = 1590

log(cNa
/
cLi) + 0.779

− 273.15. (5.188)

Considering the chemical characteristics of thermal waters interacting with
granitic rocks at temperatures <150 °C, Michard (1990) derived another Li–Na
geothermometer:

T = 1040

log(mNa
/

mLi) + 0.43
− 273.15 (5.189)

which is similar to Eq. (5.184).
Kharaka and coworkers assumed that the Mg-to-Li ratio may be a sensitive indi-

cator of temperature becauseof both the decrease ofMgconcentrationwith increasing
temperature and the concurrent increase ofLi concentration.Basedon these premises,
Kharaka et al. (1985) developed an Mg–Li geothermometer that can be applied up
to 350 °C (concentrations Ci in mg/L):

T = 1900

log(c0.5Mg

/
cLi) + 4.67

− 273.15. (5.190)

The use of the c0.5Mg

/
cLi ratio for water geothermometry was reconsidered by

Kharaka and Mariner (1989) who derived two Mg–Li geothermometers (concentra-
tions Ci in mg/L). One was calibrated using the whole database and applies up to
350 °C:

T = 2200

log(c0.5Mg

/
cLi) + 5.47

− 273.15. (5.191)

The other was calibrated utilizing oil-field waters alone and is similar to
Eq. (5.190):

T = 1910

log(c0.5Mg

/
cLi) + 4.63

− 273.15. (5.192)



5.7 Other Ionic Solute Geothermometers 315

In our opinion, lithium geothermometers should be used with caution for at least
two reasons. One is that lithium has virtually conservative (mobile) behavior in
geothermal systems, although it may be incorporated into secondary quartz and
chlorite, as found by Goguel (1983). In fact, owing to the conservative behavior of
lithium, Giggenbach (1991) suggested to use it as tracer, together with rubidium
and cesium and/or together with boron and chloride, to investigate the origin of
geothermal fluids.

The second reason is that even admitting that Li has compatible behavior and
its activity is therefore fixed by equilibrium with an unspecified solid solution10,
the Li content of this unspecified solid solution is expected to be small and highly
variable from system to system and evenwithin different portions of the same system.
Therefore, the activity of the Li-endmember in the solid solution taking part to the
exchange reactions supposedly governing the Na–Li and Mg–Li geothermometers
cannot be properly constrained.

Actually, Fouillac and Michard (1981) recognized that “it is unlikely that the Li
temperature relationship is related to a chemical equilibrium between water and a
lithium mineral. Lithium minerals seem to be very rare in hydrothermal environments.
In fact, they considered that “lithium behaves in hot waters as a “soluble” element,
i.e. it is not co-precipitated with any secondary mineral, except perhaps near-surface
clays.” Fouillac and Michard (1981) attributed the temperature—lithium relation to
the increase in rock dissolution with increasing temperature coupled with the uptake
of lithium in weathering products, such as clay minerals.

Accepting these explanations of Fouillac and Michard (1981), it follows that the
development of a Na–Li geothermometer on a thermodynamic basis, by referring to
a suitable exchange reaction, is meaningless. Therefore, Li-based geothermometers
will not be considered any further in this work.

5.7.2 The “Auxiliary Geothermometers” of Michard (1990)

In addition to theNa–K,Ca–K,Mg–K, andNa–Li geothermometerswhich have been
already discussed above, Michard (1990) calibrated other “auxiliary geothermome-
ters” involving the Rb/Na, Cs/Na, Sr/K2, Fe/K2, and Mn/K2 ratios as well as the F·K
and W·K2 products for waters interacting with granitic rocks at temperatures lower
than 150 °C. Michard (1990) suggested that these auxiliary geothermometers could
be alternatively used to compute the concentrations of Rb, Cs, Sr, Fe, Mn, F, and W,
for known temperature and concentrations of Na and K. However, Michard (1990)
recognized that regional variations can be important for trace alkali elements, i.e., Li,
Rb, and Cs. “As these elements are governed by partition processes and not by equi-
libria with different solid phases, regional variations must be related to variations in
the trace elements content of the granite.” Similar to the Li-based geothermometers,

10We recall that the term compatible indicates the components whose solubility is limited by
incorporation in authigenic minerals (Arnórsson et al. 1983b).
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also those involving Rb, Cs, Sr, Fe, Mn, and W, will not be considered any further in
this work. Discussion of F-based geoindicators will be resumed in the next section.

5.7.3 The Ca–Mg and SO4–F Theoretical Geothermometers
for Thermal Waters from Carbonate-Evaporite
Reservoirs

Marini et al. (1986) proposed a Ca–Mg geothermometer and a SO4–F geother-
mometer specific forwaters coming fromcarbonate-evaporite aquifers. Both geother-
mometers were calibrated using the thermodynamic data of suitably selected
exchange reactions. The Ca–Mg geothermometer is based on the exchange reaction
involving calcite and dolomite:

2CaCO3 + Mg2+ = CaMg(CO3)2 + Ca2+ (5.193)

whereas the SO4–F geothermometer is constrained by the exchange reaction between
anhydrite and fluorite:

CaSO4 + 2F− = CaF2 + SO2−
4 . (5.194)

The thermodynamic equilibrium constant of reactions (5.193) and (5.194) are

nearly equal to the free ion molality ratios mCa2+
/

mMg2+ and mSO2−
4

/
m2

F− , respec-

tively, assuming that the solid phases are pure, the activity coefficients of Ca2+ and
Mg2+ ions cancel out, and the activity coefficient of SO4

2− ion is nearly equal to the
squared activity coefficient of F− ion.

A major problem in the application of the Ca–Mg geothermometer is the variable
degree of order-disorder of dolomite, as discussed by several authors (e.g., Marini
et al. 1986; Chiodini et al. 1995; Hyeong and Capuano 2001; Zhiqian et al. 2007;
Vespasiano et al. 2014; Blasco et al. 2018, 2019).

Another major problem is caused by ion complexing (Guidi et al. 1990). In fact,
due to the formation of ion pairs of Ca2+ ion (e.g., CaSO4°, CaCO3°, CaHCO3

+,
CaCl+, CaCl2°, and CaF+) and Mg2+ ion (e.g., MgSO4°, MgCO3°, MgHCO3

+,
MgCl+, andMgF+), the total molality ratio mCa

/
mMg deviates significantly from the

free ionmolality ratiomCa2+
/

mMg2+ especially inCl-poor solutions. Similarly, owing
to the formation of ion complexes of SO4

2− ion (e.g., NaSO4
−, KSO4

−, KHSO4°,
CaSO4°, and MgSO4°) and F− ion (e.g., NaF°, CaF+, and MgF+), the total molality

ratio mSO4

/
m2

F departs considerably from the free ion molality ratio mSO2−
4

/
m2

F− ,

especially in Cl-rich solutions.
To eliminate the impact of ion complexing, the Ca–Mg and SO4–F geothermome-

ters and other theoretical geoindicators were recalibrated by Chiodini et al. (1995)
for waters coming from carbonate-evaporite aquifers of medium-low temperature
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Table 5.6 Theoretical geoindicators for aqueous solutions coming from carbonate-evaporite
aquifers of medium-low temperature (50–150 °C; from Chiodini et al. 1995)

pH = 6.268 − 0.5564 · log PCO2 − 98.77/T − 0.0005 · log�eq (5.195)

logmCa = −3.809 + 727.29/T + 0.1279 · log PCO2 + 0.2097 · log�eq (5.196)

logmMg = −6.926 + 1707.1/T + 0.0888 · log PCO2 + 0.1397 · log�eq (5.197)

logmHCO3 = −4.819 + 0.4570 · log PCO2 + 970.29/T + 0.07323 · log�eq (5.198)

logmSO4 = −4.832 + 1145.9/T + 0.3118 · log�eq − 0.07306 · log PCO2 (5.199)

logmF = −2.805 − 325.9/T + 0.1127 · log�eq − 0.02174 · log PCO2 (5.200)

log (mCa
/

mMg) = 3.117 − 979.8/T + 0.03904 · log PCO2 + 0.07003 · log�eq (5.201)

log (mHCO3

/
mF) = −2.014 + 0.4787 · log PCO2 + 1296.2/T − 0.03943 · log�eq (5.202)

log (mSO4

/
m2

F) = −0.7782 + 1797.7/T + 0.08653 · log�eq − 0.02963 · log PCO2 (5.203)

log (m2
HCO3

/
mSO4 ) = −4.807 + 0.9871 · log PCO2 + 794.8/T − 0.1655 · log�eq

(5.204)

(50–150 °C). First, the total concentrations of Ca, Mg, SO4, F, and HCO3 were
computed for aqueous solutions in equilibrium with calcite, disordered dolomite11,
anhydrite, and fluorite at temperatures between 0 and 150 °C, PCO2 in the 0.1 to
100 bar range, and total concentrations of conservative components, Na and Cl,
varying between 0.0001 and 0.3 mol/kg. These calculations were performed using
the mineral-solution equilibrium model of Guidi et al. (1990) and Chiodini et al.
(1991), representing the subject of the next section. Second, a stepwise multiple
regression analysis was performed to describe the dependence of the total concen-
tration of each chemical component and relevant concentration ratios upon 1/T(K),
log PCO2 and log �eq (�eq is total ionic salinity in eq/kg). The obtained theoret-
ical geoindicators are reported in Table 5.6, indicating that: (i) the concentrations
of Ca, Mg, SO4, and F as well as the SO4

/
(F)2 and Ca/Mg ratios depend mainly

on temperature and, therefore, can be used to formulate geothermometers, (ii) the
(HCO3)

2
/
SO4 ratio and pH are mainly controlled by PCO2 and, consequently, can be

utilized as basis for PCO2-indicators (iii) the HCO3/F ratio and HCO3 concentrations
are functions of both PCO2 and temperature.

More recently, Vespasiano et al. (2014) developed geothermometric functions
specific for the thermal aquifers discharging at the Luigiane Spa, near Guardia
Piemontese (Calabria, Italy). These thermal aquifers are hosted in carbonate-
evaporite rocks affected by low-grade metamorphic processes, which are presum-
ably responsible of the order-disorder state of dolomite. The Ca–Mg and SO4–F
geothermometric functions obtained for thesewaters are (concentrations ci inmg/kg):

T(K) = 896.8

3.408 − log(cCa
/
cMg)

− 273.15 (5.205)

11Disordered dolomite was considered because ordered dolomite provided results at variance with
the analytical data of the thermal springs of Central Italy considered by Chiodini et al. (1995).
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T(K) = 1700.4

log(cSO4

/
c2F) + 3.171

− 273.15. (5.206)

Summing up, the studies on the geothermometry of thermal waters coming from
carbonate-evaporite aquifers have stimulated the investigation of the ion complexing
influence on geothermometers and PCO2-indicators, which is further considered in
the next section.

5.8 The Influence of Ion Complexing on Geothermometers
and fCO2-Indicators

5.8.1 Theoretical Approach

The concentrations of compatible dissolved components can be predicted specifying
the identity of theminerals presumably in equilibriumwith the aqueous solution (one
mineral for each compatible component) as well as the temperature and the concen-
tration of chloride and other conservative components, if any. The predictability of
the concentrations of compatible dissolved components was recognized by several
studies, such as those of Shikazono (1978), Michard et al. (1981), and Arnórsson
et al. (1983b).

Building on the outcomes of these studies, Guidi et al. (1990) and Chiodini et al.
(1991) investigated the influence of ion complexing on geothermometers and fCO2-
indicators using a mineral-solution equilibrium model which has the same computa-
tional structure of themodel adopted byMichard et al. (1981). The following aqueous
species are considered in themodel:H2O°,H+,OH−, Na+,NaCl°,NaSO4

−, NaCO3
−,

NaF°, NaOH°, K+, KCl°, KSO4
−, KHSO4°, Ca2+, CaSO4°, CaCO3°, CaHCO3

+,
CaF+, CaOH+, Mg2+, MgSO4°, MgCO3°, MgHCO3

+, MgF+, MgOH+, H2CO3°,
HCO3

−, CO3
2−, SO4

2−, F−, Cl−, H4SiO4°, H3SiO4
−, Al(OH)−4 , Al

3+, Al(OH)2+,
Al(OH)+2. The model finds the roots of a polynomial equation of H+ activity, which
is obtained considering: the electroneutrality equation, the thermodynamic constant
of the dissolution reactions of relevant mineral phases and gaseous CO2, and the
thermodynamic constant of the dissociation reactions of complex aqueous species.
In the light of the available information on high-temperature geothermal systems:

(i) Na+, K+, Ca2+,Mg2+, Al(OH)−4 , H4SiO4°, SO4
2−, F−, and HCO3

− were chosen
as compatible dissolved components of interest, whereas only Cl− was taken
into account among conservative constituents.

(ii) The hydrothermal mineral assemblage was assumed to be made up of low-
albite, K-feldspar, either a Ca–Al-silicate12 and/or calcite, depending on the

12Laumontite up to 200 °C, clinozoisite in the 200–280 °C interval, and wairakite at higher
temperatures.
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fCO2 computed by Eq. (5.137), clinochlore, muscovite, quartz, anhydrite, and
fluorite.

(iii) In general, fCO2 was considered an externally controlled parameter fixing the
activity of HCO3

− ion, apart from the cases of Ca–Al-silicate/calcite coexis-
tence. In these particular cases, fCO2 is fixed by temperature, calcite governs
the activity of HCO3

− ion, and the Ca–Al-silicate controls the activity of Ca2+

ion.

The composition of the aqueous solution was computed at temperatures ranging
from 150 to 300 °C, at steps of 50 °C, fCO2 varying from 0.1 to 100 bar, every half
log-unit, and total chloride molality from 0.0003 to 1, every half log-unit. Calculated
total concentrations are in satisfactory agreement with those observed in different
high-temperature geothermal systems.

Then, the logarithms of total concentrations of compatible constituents and their
log-ratios were treated as dependent variables in multiple stepwise regression anal-
ysis, in which 1/T(K), log fCO2 and log �eq (�eq is total ionic salinity in eq/kg) were
adopted as independent variables.

5.8.2 Complexing in Hydrothermal Aqueous Solutions
and Related Effects

To simplify the discussion, in this section, we examine only the chemical specia-
tion of a hydrothermal aqueous solution in equilibrium with low-albite, maximum-
microcline, clinozoisite, calcite, 7 Å-clinochlore, muscovite, quartz, anhydrite, and
fluorite at temperature of 250 °C, CO2 fugacity fixed by coexistence of calcite and
clinozoisite, and total Cl concentration varying from 0.003 to 3 mol/kg.

We have performed a new series of calculations by means of the computer code
EQ3NR, version 7.2b (Wolery 1992). Reference was made to the COM thermo-
dynamic database, which includes a large number of solid, aqueous, and gaseous
species, whose thermodynamic properties are mostly derived from SUPCRT92
(Johnson et al. 1992 and references therein). The aqueous species considered in
speciation computations are listed in Table 5.7. In spite of some differences in the
considered aqueous species and in some thermodynamic data, results are comparable
with those of Guidi et al. (1990) and Chiodini et al. (1991).

As discussed by Guidi et al. (1990) and Chiodini et al. (1991), ion association
in hydrothermal aqueous solutions has different effects on dissolved components,
mainly depending on the charge of relevant ions, as summarized below.

Sodium and potassium (Fig. 5.34). Although the concentrations of the Cl
complexes NaCl(aq) and KCl(aq) increase with total Cl molality, the free ions Na+

and K+ are always the dominant species of dissolved sodium and potassium. There-
fore, total (analyzed) Na and K concentrations are always representative of the
concentrations of free ions.

Magnesium and calcium (Fig. 5.35). The free ion Ca2+ is the dominant species for
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Table 5.7 Aqueous species considered in speciation computations

Al3+ Ca2+ H+ HCO3
− K+ Mg2+ Na+

F− Al(OH)+2 CaCO3(aq) HCl(aq) CO2(aq) KCl(aq) MgCO3(aq) NaAlO2(aq)

Cl− AlO2
− CaCl+ HF(aq) CO3

2− KHSO4(aq) MgCl+ NaCO3
−

SO4
2− HAlO2(aq) CaCl2(aq) HF2− KSO4

− MgF+ NaCl(aq)

SiO2(aq) CaF+ HSO4
− MgHCO3

+ NaF(aq)

OH- CaHCO3
+ HSiO3

− MgSO4(aq) NaHCO3(aq)

CaSO4(aq) NaHSiO3(aq)

NaOH(aq)

Fig. 5.34 Distribution of dissolved species of a sodium and b potassium in a hydrothermal aqueous
solution in equilibriumwith low-albite, maximum-microcline, clinozoisite, calcite, 7Å-clinochlore,
muscovite, quartz, anhydrite, and fluorite at 250 °C as a function of total Cl molality

Fig. 5.35 Distribution of dissolved species of a calcium and b magnesium in a hydrothermal
aqueous solution in equilibrium with low-albite, maximum-microcline, clinozoisite, calcite, 7Å-
clinochlore, muscovite, quartz, anhydrite, and fluorite at 250 °C as a function of total Cl molality
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Fig. 5.36 Distribution of dissolved species of (a) sulfate and (b) fluoride in a hydrothermal aqueous
solution in equilibriumwith low-albite, maximum-microcline, clinozoisite, calcite, 7Å-clinochlore,
muscovite, quartz, anhydrite, and fluorite at 250 °C as a function of total Cl molality

total Cl concentrations higher than 0.012 mol/kg and lower than 2 mol/kg, that is in
the range 425–70,900 mg/kg. The Cl complexes CaCl2° and CaCl+ dominate at high
totalCl concentrations. In contrast, theCaSO4° ion pair prevails over otherCa-species
at low total Cl concentrations. The free ion Mg2+ is never the main dissolved Mg
species, because the MgSO4° aqueous complex dominates at total Cl concentrations
lower than 0.13 mol/kg (4600 mg/kg) and the MgCl+ ion pair prevails in Cl-rich
solutions. Nevertheless, the relative proportion of Mg2+ ion increases with total Cl
molality.

Sulfate and fluoride (Fig. 5.36). Free ions SO4
2− and F− are the prevailing species

at total Cl concentrations lower than 0.1 mol/kg (3500 mg/kg) and 0.25 mol/kg
(8900 mg/kg), respectively, while the CaSO4° and CaF+ ion pairs are the dominant
species at total Cl molalities higher than these values. Therefore total (analyzed)
sulfate and fluoride concentrations are representative of the concentrations of free
ions only at total Cl concentrations lower than 0.1 mol/kg (3500 mg/kg) and
0.25 mol/kg (8900 mg/kg), respectively.

Carbonate species (Fig. 5.37a). The main dissolved carbonate species is aqueous
CO2 (or carbonic acid, H2CO3) at all total Cl molalities. Similar to what has been
observed for sulfate and fluoride, free HCO3

− ion is the main carbonate species
at total Cl concentrations lower than 0.18 mol/kg (6400 mg/kg), whereas the ion
complex CaHCO3

+ prevails at total Cl molalities above this value.
Proton donors and proton (Fig. 5.37b). Bicarbonate is the main acid (proton

donor) at all total Cl molalities. The concentration of H+ ion increases by almost
2 orders of magnitude with increasing total Cl concentrations, from 0.22 μmol/kg
at total Cl concentration of 0.003 mol/kg to 13 μmol/kg at total Cl concentration
of 3 mol/kg. Proton concentration is buffered by coexistence of aluminum-silicate
minerals as already pointed out by Ellis (1970). For, instance, referring to the simpli-
fied system albite-muscovite-quartz-aqueous solution, if the concentration of Cl−
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Fig. 5.37 Distribution of a carbonate species and bproton donors andH+ in a hydrothermal aqueous
solution in equilibriumwith low-albite, maximum-microcline, clinozoisite, calcite, 7Å-clinochlore,
muscovite, quartz, anhydrite, and fluorite at 250 °C as a function of total Cl molality

ion increases, the concentrations of Na+ and K+ ions have to increase accordingly,
to maintain the electroneutrality condition. In turn, this increment in alkali concen-
trations determines an increase in H+ molality owing to the equilibrium constraint
dictated by the following reaction:

3 albite + K+ + 2H+ = muscovite + 6 quartz + 3Na+. (5.207)

Effects of ion complexing. Due to the effects of ion complexing, total (analytical)
molalities of compatible cations (Na+, K+, Ca2+ and Mg2+) and compatible anions
(SO4

2−, F−, andHCO3
−) diverge, to variable extents, from themolalities of free ions,

which are uniquely fixed by mineral-solution equilibrium, at a given temperature or
a given temperature, fCO2 condition.

The ratios of total molalities exhibit variable deviations from the corresponding
ratios of free ion activities, which are uniquely fixed by temperature. These effects
are minor on the Na/K ratio because the total (analyzed) concentrations of both Na
and K are representative of free ion concentrations, at all T– fCO2–Cl conditions (see
above), and activity coefficients of Na+ and K+ ions are similar (Fig. 5.38a).

In contrast, the K2/Mg total molality ratio deviates strongly from the free ion
activity ratio (Fig. 5.38b), due to the differences in the speciation of K, which is
dominated by free K+ ion all T– fCO2–Cl conditions, and Mg, which is controlled by
SO4 and Cl complexes while the free Mg2+ ion is always present in lower concentra-
tions (see above). The deviations of the total molality ratio from the free ion activity
ratio are particularly important at low total Cl molality where the ion complexing
effects are extremely important on Mg.

Also the K2/Ca and Na2/Ca total molality ratios exhibit considerable deviations
from the corresponding free ion activity ratios (Fig. 5.39), because ion complexing is
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Fig. 5.38 Log-log diagrams of a Na/K and b K2/Mg total molality ratios and free ion activity
ratios as a function of total Cl molality in a hydrothermal aqueous solution in equilibrium with low-
albite, maximum-microcline, clinozoisite, calcite, 7Å-clinochlore, muscovite, quartz, anhydrite,
and fluorite at 250 °C

Fig. 5.39 Log-log diagrams of a K2/Ca and b Na2/Ca total molality ratios and free ion activity
ratios as a function of total Cl molality in a hydrothermal aqueous solution in equilibrium with low-
albite, maximum-microcline, clinozoisite, calcite, 7Å-clinochlore, muscovite, quartz, anhydrite,
and fluorite at 250 °C

more important for Ca, especially at total Cl concentrations lower than 0.012 mol/kg
and higher than 2 mol/kg, than for the two alkali metals (see above).

The SO4/F2 and SO4/HCO2
3 total molality ratios depart from the related free ion

activity ratios as shown in Fig. 5.40. Nevertheless, these deviations are different
from those of the ratios between mono- and bivalent cations, because SO4, F, and
HCO3 have similar speciation, with the free ion prevailing at relatively low total Cl



324 5 Traditional Water Geothermometers …

Fig. 5.40 Log-log diagrams of a SO4/F2 and b SO4/HCO2
3 total molality ratios and free ion activity

ratios as a function of total Cl molality in a hydrothermal aqueous solution in equilibrium with low-
albite, maximum-microcline, clinozoisite, calcite, 7Å-clinochlore, muscovite, quartz, anhydrite,
and fluorite at 250 °C

molalities and theCa-complexes dominating at comparatively high total Clmolalities
(see above).

5.8.3 The Theoretical Geoindicators of Chiodini et al. (1991)

Chiodini et al. (1991) treated the logarithms of the total molalities of compatible
components and their log-ratios as dependent variables in multiple stepwise regres-
sion analysis, in which 1/T(K), log fCO2 and log�eq were considered as independent
variables. The final regression equations thus obtained, as well as a relation for pH,
are reported in Tables 5.8 and 5.9.

Table 5.8 pH and logarithms of the total molalities of the compatible constituents dissolved in
aqueous solutions in equilibriumwith the neutral-pHhydrothermalmineral assemblage as a function
of temperature, PCO2 and ionic salinity (from Chiodini et al. 1991)

logmNa = −0.527 + 0.982 · log�eq + 78.9/T + 0.0119 · log PCO2 (5.208)

logmK = +0.458 + 0.944 · log�eq − 1014/T + 0.0346 · log PCO2 (5.209)

logmCa = −1.116 + 1.302 · log�eq − 0.390 · log PCO2 − 443/T (5.210)

logmMg = −8.188 + 0.912 · log�eq + 2156/T + 0.356 · log PCO2 (5.211)

logmHCO3 = −10.004 + 0.904 · log PCO2 + 3223/T − 0.489 · log�eq (5.212)

logmSO4 = −12.503 + 4604/T + 0.501 · log PCO2 − 0.626 · log�eq (5.213)

logmF = −5.069 + 798/T + 0.127 · log PCO2 − 0.0886 · log�eq (5.214)

pH = +1.757 − 0.822 · log�eq + 1846/T − 0.0171 · log PCO2 (5.215)
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Table 5.9 Logarithms of the total molality ratios of compatible constituents dissolved in aqueous
solutions in equilibrium with the neutral-pH hydrothermal mineral assemblage as a function of
temperature, PCO2 and ionic salinity (from Chiodini et al. 1991)

log (mNa
/

mK) = −0.985 + 1093/T + 0.0384 · log� eq − 0.0228 · log PCO2 (5.216)

log (m2
K

/
mMg) = +9.104 − 4184/T + 0.975 · log�eq − 0.286 · log PCO2 (5.217)

log (mSO4

/
m2

F) = −2.364 + 3007/T − 0.449 · log�eq + 0.247 · log PCO2 (5.218)

log (m2
K

/
mCa) = +2.031 + 0.459 · log PCO2 + 0.585 · log�eq − 1584/T (5.219)

log (mCa
/

mMg) = +7.073 − 0.746 · log PCO2 − 2600/T + 0.390 · log�eq (5.220)

log (m2
HCO3

/
mSO4 ) = −7.506 + 1.307 · log PCO2 + 1843/T − 0.352 · log�eq (5.221)

log (mHCO3

/
mF) = −4.935 + 0.777 · log PCO2 + 2425/T − 0.401 · log�eq (5.222)

log (m2
Na

/
mMg) = +7.134 + 1.052 · log�eq − 1999/T − 0.332 · log PCO2 (5.223)

log (m2
Na

/
mCa) = +0.061 + 0.662 · log�eq + 0.414 · log PCO2 + 601/T (5.224)

Inspection of Tables 5.8 and 5.9 shows that:

(i) TheNa/K, K2/Mg, and SO4/F2 ratios as well as SO4 and Fmolalities aremainly
controlled by temperature and are therefore potential geothermometers.

(ii) TheK2/Ca, Ca/Mg,HCO3/F, and (HCO3)2/SO4 ratios aswell asHCO3 molality
are largely controlled by fCO2 and are therefore potential fCO2-indicators.

(iii) The Na2/Mg and Na2/Ca ratios, the molalities of cations, and pH are mainly
constrained by total ionic salinity and are therefore less suitable, in principle,
as either geothermometers or fCO2-indicators.

5.8.4 The Lesson Learned and the Way Forward

Summing up, the studies of Guidi et al. (1990) and Chiodini et al. (1991) found a
theoretical justification for the ionic solute geothermometers and fCO2-indicators,
which were originally derived on a purely empirical basis, and this is certainly a
valuable result. The functions reported in Tables 5.8 and 5.9 can be used to investigate
the behavior of each solute uponmixing and re-equilibration, as done byMarini et al.
(1998) for the thermal waters of the San Marcos area, Guatemala.

However, the approach adopted by Chiodini et al. (1991), consisting in computing
the speciation of fully-equilibrated geothermal aqueous solutions and processing
the obtained results through multiple regression analysis with the ultimate aim to
obtain geothermometers and fCO2-indicators involving the total concentrations of
the compatible constituents, is probably not the best strategy. In fact, it is more
correct to carry out speciation calculations on the water samples of interest obtaining
the activities of the free ions of compatible constituents that are subsequently intro-
duced into functions expressing the temperature dependence of the thermodynamic
equilibrium constants of suitable exchange reactions (at water saturation pressures).
In essence, the log K of these reactions are adopted as benchmarks in this second
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approach, which is therefore rigorous, whereas the same log K aremanipulated in the
first approach, a practice which leaves much to be desired, also considering that the
rigmarole of multiple regression analysis introduces far from negligible approxima-
tions. Therefore, we decided to develop and investigate theoretical geothermometers
and fCO2-indicators based on ion activity ratios, representing the subject of the next
chapters of this book.
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Chapter 6
The Activity-Based Theoretical Na–K
Geoindicators

Abstract Accepting that a single universally-working Na-K geothermometer does
not exist and the Na-K geothermometers are controlled by the exchange reaction
involving fully-ordered low-albite and variably-ordered adularia, from fully ordered
maximum-microcline to completely disordered high-sanidine, theNa/K activity ratio
of the aqueous solution is expected to be a function of both temperature and the
ordering parameter of adularia, Z. However, the two limiting Na-K geothermometers
involving low-albite and either high-sanidine (with Z = 0) or maximum-microcline
(with Z= 1) give equilibrium temperatures differing by 125± 3 °C on average, in the
range 100–350 °C, and have little usefulness. We usedMultiple Regression Analysis
to try to predict the ordering parameter of adularia based on the chemical characteris-
tics of the 1013 selected reservoir liquids, but it turned out that Z is chiefly controlled
by Na, K, and SiO2. This is a disappointing result being affected by a circular argu-
ment. Therefore, for the moment, it is advisable to utilize the Na/K log activity ratio
to estimate the ordering parameter Z of the hydrothermal adularia in hypothetical
equilibrium with the considered aqueous solutions and to use this information in
other geothermometers representing the subject of the following chapters.

We have already recalled that several previous authors (e.g., White 1965; Ellis 1970;
Fournier 1979; Arnórsson et al. 1983; Giggenbach 1988; Michard 1990) suggested
that the activities of Na+ and K+ ions in reservoir liquids are probably controlled
by the exchange reaction (5.74) between hydrothermal alkali feldspars, which is
rewritten here for convenience:

NaAlSi3O8 + K+ = KAlSi3O8 + Na+. (6.1)

The possible involvement in reaction (6.1) of solid phases other than the alkali
feldspars can be excluded comparing the enthalpies and entropies of several Na–K
exchange reactions with those of Na–K geothermometers, as discussed in Sect. 5.3.3.
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6.1 The Log K of the Na–K Exchange Reactions Between
Hydrothermal Alkali Feldspars

Since hydrothermal Na- and K-feldspars are pure or relatively pure minerals (see
Sect. 4.2.2), their activities can be considered to be close to unity and the equilibrium
constant of reaction (6.1) can be simplified as follows:

K = aK−feldspar · aNa+

aNa−feldspar · aK+
∼= aNa+

aK+
. (6.2)

Equation (6.2) indicates that the Na+/K+ activity ratio of reservoir liquids is
expected to be a simple temperature function, thus supporting the use of the Na+/K+

activity ratio or, to a first approximation, of the Na/K concentration ratio for geother-
mometry. However, the different structural state of the alkali feldspars and Al-
Si order-disorder on their tetrahedral sites complicate this simple picture, making
unlikely the existence of a unique Na–K geothermometer applicable everywhere, as
underscored by Bird and Norton (1981) and already noted in Sect. 5.3.4.

Although the reasons for choosing the thermodynamic data of the alkali feldspars
given by Helgeson et al. (1978) to derive the activity-based Na–K theoretical indi-
cators of interest were thoroughly explained in Sect. 4.2.3, it is interesting to
make a brief digression to see how the choice of thermodynamic properties of the
alkali feldspars other than those of Helgeson et al. (1978) impacts the temperature
dependence of the Na/K log activity ratio.

First, the thermodynamic equilibriumconstant of the exchange reactions involving
the four endmember alkali feldspars, that is the log K values of the exchange reac-
tions between low-albite and maximum-microcline, low-albite and high-sanidine,
high-albite and maximum-microcline, high-albite and high-sanidine were calculated
by means of SUPCRT92 considering the thermodynamic data of Helgeson et al.
(1978). Results of these SUPCRT92 calculations are shown in Fig. 6.1. Extrapo-
lation of the lines for these four exchange reactions above 350 °C shows that the
low-albite/maximum-microcline line intersects the low-albite/high-sanidine line at
500 °C and the high-albite/maximum-microcline line crosses the high-albite/high-
sanidine line at the same temperature, which is the microcline-sanidine transition
temperature consistent with the thermodynamic data of Helgeson et al. (1978) for
these two K-feldspars, as discussed in Sect. 4.2.4. In other terms, the equality of the
log K of the low-albite/high-sanidine and low-albite/maximum-microcline exchange
reactions at 500 °C and the equality of the log K of the high-albite/high-sanidine and
high-albite/maximum-microcline exchange reactions at the same temperature are not
fortuitous coincidences, but the consequences of the condition �G

◦
f,Sa = �G

◦
f,Mc at

500 °C.
Second, the thermodynamic equilibrium constants of the four exchange reactions

involving the four endmember alkali feldspars were calculated using SUPCRT92
taking into account the thermodynamic properties of alkali feldspars of Holland and
Powell (1998). Results are displayed in Fig. 6.2. Comparison of Figs. 6.1 and 6.2
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Fig. 6.1 Na/K log activity ratios fixed by low-albite/maximum-microcline (L-Ab/Mc),
low-albite/high-sanidine (L-Ab/Sa), high-albite/maximum-microcline (H-Ab/Mc), and high-
albite/high-sanidine (H-Ab/Sa) coexistence (red lines, solid below 350 °C, dashed above 350 °C),
all computed considering the thermodynamic data of alkali feldspars of Helgeson et al. (1978)

Fig. 6.2 Na/K log activity ratios fixed by low-albite/maximum-microcline (L-Ab/Mc),
low-albite/high-sanidine (L-Ab/Sa), high-albite/maximum-microcline (H-Ab/Mc), and high-
albite/high-sanidine (H-Ab/Sa) coexistence (red lines, solid below 350 °C, dashed above 350 °C),
all computed considering the thermodynamic data of alkali feldspars of Holland and Powell (1998)
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shows that the low-albite/maximum-microcline line in Fig. 6.2 is practically super-
imposed onto the same line in Fig. 6.1, whereas the low-albite/high-sanidine line
in Fig. 6.2 is moderately shifted upwards with respect to the same line in Fig. 6.1.
These small differences in the position of the low-albite/maximum-microcline and
low-albite/high-sanidine lines in Figs. 6.1 and 6.2 reflect the relatively limited differ-
ence, ~50 °C, between the sanidine/microcline transition temperature consistent
with the thermodynamic data adopted by Holland and Powell (1998) for the two
K-feldspars, 452 °C, and the sanidine/microcline transition temperature of Helgeson
et al. (1978), 500 °C. To be noted also that the high-albite/maximum-microcline
and high-albite/high-sanidine lines in Fig. 6.2 are somewhat shifted downwards
compared to the corresponding lines in Fig. 6.1, but also these two lines intersect at
the sanidine/microcline transition temperature of 452 °C.

Third, the log K values of the exchange reactions involving the four endmember
alkali feldspars were computed by means of SUPCRT92 considering the thermody-
namic data of alkali feldspars of Arnórsson and Stefánsson (1999). The outcomes of
these calculations are presented in Fig. 6.3.

In Fig. 6.3, the low-albite/high-sanidine line intersects the steeper low-
albite/maximum-microcline line at 210 °C and the high-albite/high-sanidine line
crosses the steeper high-albite/maximum-microcline line at the same temperature,
which is the sanidine/microcline transition temperature consistent with the thermo-
dynamic data of Arnórsson and Stefánsson (1999) for the two K-feldspars, as shown
in Sect. 4.2.4.

Summing up, the comparison of Figs. 6.1, 6.2, and 6.3 shows that the sani-
dine/microcline transition temperature constrains the temperature—log K relations

Fig. 6.3 Na/K log activity
ratios fixed by
low-albite/maximum
microcline (L-Ab/Mc),
low-albite/high-sanidine
(L-Ab/Sa), high-
albite/maximum-microcline
(H-Ab/Mc), and
high-albite/high-sanidine
(H-Ab/Sa) coexistence (red
solid lines), all computed
considering the
thermodynamic data of alkali
feldspars of Arnórsson and
Stefánsson (1999)
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of the exchange reactions between alkali feldspars. Therefore, it is of utmost impor-
tance to rely on thermodynamic data of alkali feldspars which are consistent with
the correct sanidine/microcline transition temperature, like those of Helgeson et al.
(1978). Another good reason for choosing the thermodynamic data of Helgeson et al.
(1978), not only for the alkali feldspars but also for all the other solid phases, is the
high level of internal consistency of this thermodynamic database as already recalled
in Sect. 2.2. Moreover, the shifts in the thermodynamic data of the Al-bearing solid
phases with respect to other datasets do not affect the thermodynamic properties of
the reactions of interest to us, owing to Al conservation in the solid phases.

Resuming the main discussion, it must be underscored that the hydrothermal
feldspars participating to reaction (6.1) are most likely triclinic, fully-ordered low-
albite and variably-ordered adularia, from fully ordered microcline to completely
disordered sanidine, with either triclinic or monoclinic symmetry, as discussed in
Sects. 4.2.3 and 5.3.3. Accepting this hypothesis, the Na/K activity ratio is expected
to be a function of both temperature and the ordering parameter of adularia, Z,
which is equal to 1 for maximum-microcline and assumes the value of 0 for high-
sanidine. Therefore, the logarithm of the thermodynamic equilibrium constant of
reaction (6.1), involving low-albite and adularia with variable ordering parameter
Z, was computed using SUPCRT92 considering the thermodynamic data of alkali
feldspars of Helgeson et al. (1978) for temperatures varying from 0 to 350 °C at steps
of 25 °C and for Z values ranging from 0 to 1 at steps of 0.1 Z units. Results are
reported in Table 6.1.

The computed log K values are nearly equal to the Na+/K+ activity ratio and are
reproduced with acceptable approximations by the following two equations (T in
°C):

Z =(
2.1911 · 10−7 · T3 − 8.9451 · 10−5 · T2 + 2.0023 · 10−2 · T − 0.11043

)

· log(aNa+/aK+) − 1.1269 · 10−7 · T3 + 4.2393 · 10−5 · T2

− 7.8201 · 10−3 · T − 1.1045 (6.3)

1000/(T + 273.15) =
(
−0.919194 · Z4 + 2.759529 · Z3 − 3.361149 · Z2 + 2.209325 · Z − 0.791765

)

· [
log

(
aNa+/aK+

)]2 +
(
1.5035 · Z4 − 4.717177 · Z3 + 6.31701 · Z2 − 5.16263 · Z + 3.215553

)

· log(aNa+/aK+
) − 0.51088 · Z4 + 1.632504 · Z3 − 2.275505 · Z2

+ 2.011206 · Z − 0.147528 (6.4)

which are valid from 100 to 350 °C and can be alternatively used depending on what
we know and what we want to compute.
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6.2 The Na+/K+ Log Activity Ratio of the Selected
Reservoir Liquids

Let us now consider the binary plots in which the Na+/K+ log activity ratio is
contrasted with the aquifer temperature inverse for the selected reservoir liquids
of Iceland (Fig. 6.4a), Northern and Central America (Fig. 6.4b), Japan (Fig. 6.5a),
the Philippines (Fig. 6.5b), New Zealand (Fig. 6.6a), and miscellaneous systems
(Fig. 6.6b).

The Na+/K+ log activity ratios fixed by low-albite/maximum-microcline,
low-albite/high-sanidine, high-albite/maximum-microcline, and high-albite/high-
sanidine equilibrium coexistence, as well as by equilibrium co-occurrence of low-
albite and adularia with ordering parameter Z varying from 0 to 1 at steps of 0.1 units,
all computed considering the thermodynamic data of alkali feldspars of Helgeson
et al. (1978) are also shown in these diagrams for comparison.

In these binary plots, 950 of the 1013 reservoir liquids (corresponding to 93.8%
of the total) are found between the lines of low-albite/maximummicrocline and low-
albite/high-sanidine equilibrium coexistence, 19 samples only (1.9% of the total) are
located above the low-albite/maximum microcline line and 45 samples only (4.4%
of the total) are situated below the low-albite/high-sanidine line. Moreover, the 64
samples positioned outside the field of low-albite/adularia equilibrium co-occurrence
exhibit small or relatively small deviations.

Fig. 6.4 Na+/K+ log activity ratios of the selected reservoir liquids of (a) Iceland and (b) North
and Central America as a function of aquifer temperature. Also shown are the Na+/K+ log activity
ratios fixed by low-albite/maximum-microcline (L-Ab/Mc), low-albite/high-sanidine (L-Ab/Sa),
high-albite/maximum-microcline (H-Ab/Mc), and high-albite/high-sanidine (H-Ab/Sa) equilib-
rium coexistence (red solid lines), as well as by equilibrium co-occurrence of low-albite and adularia
with ordering parameter Z varying from 0 to 1 at steps of 0.1 units (dashed black lines)
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Fig. 6.5 Na+/K+ log activity ratios of the selected reservoir liquids of a Japan and b The
Philippines as a function of aquifer temperature. Also shown are the Na+/K+ log activity
ratios fixed by low-albite/maximum-microcline (L-Ab/Mc), low-albite/high-sanidine (L-Ab/Sa),
high-albite/maximum-microcline (H-Ab/Mc), and high-albite/high-sanidine (H-Ab/Sa) equilib-
rium coexistence (red solid lines), as well as by equilibrium co-occurrence of low-albite and adularia
with ordering parameter Z varying from 0 to 1 at steps of 0.1 units (dashed black lines)

Fig. 6.6 Na+/K+ log activity ratios of the selected reservoir liquids of aNewZealand and bmiscel-
laneous systems as a function of aquifer temperature. Also shown are the Na+/K+ log activity
ratios fixed by low-albite/maximum-microcline (L-Ab/Mc), low-albite/high-sanidine (L-Ab/Sa),
high-albite/maximum-microcline (H-Ab/Mc), and high-albite/high-sanidine (H-Ab/Sa) equilib-
rium coexistence (red solid lines), as well as by equilibrium co-occurrence of low-albite and adularia
with ordering parameter Z varying from 0 to 1 at steps of 0.1 units (dashed black lines)
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Of the 19 samples with Na+/K+ log activity ratios weakly higher than those
fixed by low-albite/maximum microcline equilibrium coexistence, 2 are from Krafla
(Fig. 6.4a), 1 is from Los Azufres (Fig. 6.4b), 2 are from Takigami, 1 is from Mori-
Nigorikawa (Fig. 6.5a), 1 each are fromMahanagdong, BaconManito, andAlto Peak
(Fig. 6.5b), 8 are from Ngawha (Fig. 6.6a), 1 is from Bagnore, and 1 is from Olkaria
(Fig. 6.6b). These small deviations are attributable to distinct reasons, including the
undersaturationwith completely ordered adularia1, overestimation of aquifer temper-
ature, underestimation of K+ ion activity, and overestimation of Na+ ion activity. The
12 reservoir liquids of Ngawha and the 2 reservoir liquids of Bagnore are unique
due to the high concentrations of dissolved B (760–1026 mg/kg at Ngawha; 299 and
459 mg/kg at Bagnore) and NH4 (69–293 mg/kg at Ngawha, 438 and 669 mg/kg
at Bagnore). Since B3+ can be hosted in the T-sites of alkali feldspars substituting
for Al3+ ion and NH+

4 ion can occupy the M-sites of alkali feldspars replacing for
Na+ and K+ ions (see Sect. 4.2.1), the hydrothermal alkali feldspars occurring in the
Ngawha and Bagnore geothermal reservoirs might be different from pure albite and
adularia. If so, the activity of albite and adularia would be different from unity, and
should be properly considered in Eq. (6.2). Unfortunately, we were not able to find
chemical analyses of the hydrothermal alkali feldspars present in the Ngawha and
Bagnore geothermal aquifers to further investigate this matter.

Of the 45 samples with Na+/K+ log activity ratios slightly lower than those fixed
by low-albite/high-sanidine equilibrium co-occurrence, 5 are from Salton Sea, 1 is
from Los Azufres (Fig. 6.4b), 12 each are from Fushime and Oku-Aizu (Fig. 6.5a),
5 are from Tongonan, 4 are from Bacon-Manito (Fig. 6.5b), 4 are from Rotokawa
and 2 are from Mokai (Fig. 6.6a). These limited deviations might be due to different
causes, such as supersaturation with fully disordered adularia, underestimation of
aquifer temperature, overestimation of K+ ion activity, and underestimation of Na+

ion activity. Furthermore, given the high temperatures and high salinities of some of
these aqueous solutions, firstly those of Salton Sea and secondly those of Fushime
and Oku-Aizu, the activities of Na+ and K+ ions might be affected by uncertainties
in speciation calculations.

Most reservoir liquids of Northern-Central America (Fig. 6.4b), Japan (Fig. 6.5a),
The Philippines (Fig. 6.5b), and New Zealand (Fig. 6.6a)are characterized by a
general decrease in Z with increasing temperature in spite of the considerable scatter
of sample points. In contrast, most reservoir liquids of Iceland have Z values ranging
from 0.5 to 1 irrespective of temperature (Fig. 6.4a).

All in all, the spread of sample points in the binary plots of Figs. 6.4, 6.5 and
6.6 is in accordance with the expectations based on the characteristics of authigenic
feldspars occurring in sedimentary rocks and to some extent in low-temperature
hydrothermal veins as well as of K-feldspars and albites synthesized in hydroxide
gels (Sect. 4.2.3). This suggests that theNa+/K+ log activity ratio of reservoir liquids is
usually controlled by equilibriumcoexistence of fully ordered low-albite and adularia
with ordering parameter Z varying from 0 to 1. This inference is supported by a large

1Saturation with low-albite was assumed in speciation calculation to fix Al concentration.
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number of data above ~200 °C, but is probably valid also in the temperature range
100–200 °C, in spite of the lower number of available data.

6.3 The Ordering Parameter Z of Hydrothermal Adularia
in Hypothetical Equilibrium with the Selected
Reservoir Liquids

The ordering parameter Z of hydrothermal adularia in hypothetical equilibrium with
each reservoir liquid of interest was computed by inserting its Na+/K+ log activity
ratio and reservoir temperature into Eq. (6.3). Considering together the 1013 selected
reservoir liquids, Z has a mean of 0.559, a median of 0.612, and a standard deviation
of 0.261. These statistical parameters were calculated forcing to 1 the 19 values of
Z higher than 1 and forcing to 0 the 45 values of Z lower than 0. The main statistical
parameters of Z for the selected reservoir liquids, divided according to the geothermal
field of provenance, are listed in Table 6.2, whereas their mean and median values of
Z are contrasted in the binary diagram of Fig. 6.7, in which the error bars correspond
to ±1 standard deviation.

Most geothermal systems have mean value of the ordering parameter Z of
hydrothermal adularia in the range 0.347–0.808. The hydrothermal adularia of
Bagnore andNgawha has higher mean Z values, 0.908 and 0.977, respectively. These
high means are expected on the basis of the unusual fluid chemistry of these two
sites (see above). In contrast, the hydrothermal adularia of Cerro Prieto, Yangbajing,
Mokai, Salton Sea, Fushime, Oku-aizu, Tongonan, and Rotokawa has lower average
Z values, in the interval 0.047–0.239. The low Z values of hydrothermal adularia in
hypothetical equilibrium with the Salton Sea reservoir liquids agree with previous
findings of Bird and Helgeson (1981) who recognized that these aqueous solutions
are close to equilibrium with an hydrothermal assemblage including high-sanidine,
which has Z = 0.

For the Na–K geothermometers of Fournier (1979), Arnórsson et al. (1983),
Giggenbach (1988), and Arnórsson (2000), which are probably those most widely
used, we have computed the ordering parameter Z of hydrothermal adularia as a func-
tion of temperature by inserting the Na/K total molality ratio and the corresponding
temperature into Eq. (6.3), assuming that the Na/K total molality ratio is equal to
the Na+/K+ activity ratio. The calculated ordering parameter Z of adularia varies as
follows, as shown by the diagram of Fig. 6.8: (i) 0.90 at 100–150 °C, 0.87 at 200 °C,
0.77 at 250 °C, 0.59 at 300 °C, and 0.26 at 350 °C for the function of Fournier (1979);
(ii) 0.56 at 100 °C, 0.61 at 150 °C, 0.64 at 200 °C, 0.62 or 0.68 at 250 °C, 0.45 at
300 °C, and 0.00 at 348 °C for the two geothermometers of Arnórsson et al. (1983);
(iii) 0.95 at 250 °C, 0.72 at 300 °C, and 0.32 at 350 °C for the geothermometer of
Giggenbach (1988); (iv) 0.79 at 100 °C, 0.75 at 150 °C, 0.70 at 200 °C, 0.62 at
250 °C, 0.49 at 300 °C, and 0.24 at 350 °C for the theoretical function of Arnórsson
(2000).
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Table 6.2 Main statistical parameters for the ordering parameter Z of hydrothermal adularia in
hypothetical equilibrium with the reservoir liquids of interest divided according to the field of
provenance

Field Country N Minimum Maximum Median Mean Std.Dev.

Hellisheidi Iceland 27 0.539 0.949 0.698 0.699 0.080

Hveragerdi Iceland 13 0.623 0.977 0.702 0.728 0.106

Krafla Iceland 36 0.437 1.000 0.846 0.795 0.159

Namafjall Iceland 37 0.460 0.958 0.686 0.704 0.148

Nesjavellir Iceland 15 0.497 0.754 0.642 0.637 0.080

Reykjanes Iceland 13 0.621 0.952 0.770 0.779 0.118

Svartsengi Iceland 12 0.522 0.656 0.593 0.590 0.049

Iceland,
medium T

Iceland 29 0.416 0.865 0.668 0.658 0.089

Dixie Valley USA 35 0.525 0.776 0.627 0.627 0.048

Long Valley USA 10 0.415 0.603 0.483 0.502 0.065

Valles USA 7 0.478 0.920 0.580 0.648 0.172

Coso USA 5 0.006 0.683 0.397 0.347 0.253

Salton Sea USA 23 0.000 0.962 0.082 0.161 0.222

Heber USA 16 0.585 0.916 0.716 0.717 0.090

Cerro Prieto Mexico 19 0.036 0.539 0.193 0.239 0.137

Los Azufres Mexico 26 0.000 1.000 0.365 0.370 0.242

Berlin El Salvador 55 0.195 0.749 0.443 0.441 0.117

Miravalles Costa Rica 105 0.673 0.968 0.801 0.808 0.055

Mori
Nigorikawa

Japan 21 0.336 1.000 0.549 0.578 0.169

Sumikawa Japan 14 0.052 0.928 0.657 0.623 0.240

Uenotai Japan 4 0.221 0.639 0.550 0.490 0.185

Onikobe Japan 7 0.438 0.654 0.506 0.540 0.083

Oku-aizu Japan 31 0.000 0.735 0.074 0.138 0.184

Oguni Japan 6 0.640 0.743 0.730 0.717 0.039

Takigami Japan 13 0.421 1.000 0.728 0.749 0.166

Fushime Japan 25 0.000 0.602 0.037 0.146 0.181

Palinpinon The Philippines 29 0.065 0.745 0.351 0.378 0.164

Alto Peak The Philippines 27 0.067 1.000 0.497 0.604 0.278

Tongonan The Philippines 11 0.000 0.295 0.011 0.064 0.105

Mahanagdong The Philippines 28 0.006 1.000 0.569 0.554 0.216

Bacon-Manito The Philippines 51 0.000 1.000 0.434 0.444 0.252

Ngawha New Zealand 12 0.852 1.000 1.000 0.977 0.045

Kawerau New Zealand 4 0.515 0.838 0.669 0.673 0.142

(continued)
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Table 6.2 (continued)

Field Country N Minimum Maximum Median Mean Std.Dev.

Waiotapu New Zealand 6 0.340 0.805 0.521 0.525 0.166

Ngatamariki New Zealand 7 0.432 0.586 0.458 0.488 0.066

Broadlands +
Orakeikorako

New Zealand 42 0.217 0.978 0.557 0.553 0.169

Mokai New Zealand 4 0.000 0.366 0.172 0.177 0.205

Wairakei New Zealand 9 0.434 0.675 0.585 0.563 0.098

Rotokawa New Zealand 9 0.000 0.165 0.031 0.047 0.057

Bagnore Italy 2 0.817 1.000 0.908 0.908 0.130

Latera Italy 5 0.000 0.923 0.419 0.406 0.337

Mofete Italy 3 0.197 0.807 0.541 0.515 0.306

Asal Djibouti 4 0.545 0.826 0.651 0.668 0.117

Tendaho Ethiopia 36 0.609 0.950 0.792 0.771 0.087

Aluto-Langano Ethiopia 3 0.408 0.837 0.686 0.644 0.217

Olkaria Kenya 42 0.064 1.000 0.675 0.673 0.199

Yangbajing China 32 0.127 0.415 0.204 0.214 0.067

Kizildere Turkey 28 0.544 0.838 0.702 0.714 0.078

Ribeira Grande Azores, Portugal 15 0.343 0.638 0.532 0.517 0.084

Fig. 6.7 Correlation plot
between the mean and
median values of the
ordering parameter Z of
hydrothermal adularia in
hypothetical equilibrium
with the considered reservoir
liquids divided according to
the field of provenance. The
error bars correspond to ±1
standard deviation
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Fig. 6.8 Ordering parameter
Z of hydrothermal adularia
involved in the Na–K
geothermometers of Fournier
(1979), Arnórsson et al.
(1983), Giggenbach (1988),
and Arnórsson (2000), as a
function of temperature

In spite of the considerable differences among these four Na–K geothermometers,
they exhibit a common decrease in Z with increasing temperature, thus mimicking
the general trend described by most data in the correlation diagrams of Figs. 6.4, 6.5
and 6.6.

6.4 The Theoretical Activity-Based Na–K
Geothermometers Involving the Ordering Parameter
of Adularia

In Figs. 6.4, 6.5 and 6.6 most considered reservoir liquids, presumably represen-
tative of mineral-solution equilibrium, are found above the line fixed by equilib-
rium coexistence of low-albite and high-sanidine and below the line constrained by
equilibrium co-occurrence of low-albite and maximum-microcline. Consequently,
the two corresponding geothermometric functions can be used to calculate the
minimum and maximum Na–K equilibrium temperatures, respectively. These two
theoretical activity-basedNa–K geothermometers are described by the following two
polynomial equations2, in which β = log(aNa+/aK+):

2In Figs. 6.4, 6.5 and 6.6, pronounced deviations from linearity can be observed for all the func-
tions outlining the temperature dependence of the Na+/K+ log activity ratio, not only those fixed
by low-albite/maximum-microcline and low-albite/high-sanidine equilibrium coexistence, but also
those constrained by equilibrium co-occurrence of low-albite and adularia with ordering parameter
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TNa−K(Z=0)(
◦C) = 300.04 · β4 − 1736.7 · β3 + 3813.9 · β2 − 3923.2 · β + 1711.6

(6.5)

TNa−K(Z=1)(
◦C) = 12.909 · β4 − 126.80 · β3 + 488.60 · β2 − 955.91 · β + 875.63.

(6.6)

Equations (6.4) and (6.5) are applicable in the range 25–350 °C and the uncertainty
in the computed temperature varies from 0.1 to 1 °C. Nevertheless, use of Eqs. (6.5)
and (6.6) is not advisable below 100 °C, and sometimes even below 150 °C, owing
to the marked decrease in the rate of the dissolution/precipitation reactions of alkali
feldsparswith decreasing temperature (e.g., Palandri andKharaka2004,Marini 2006,
Bandstra et al. 2008 and references therein). Regardless of these considerations on
reaction kinetics, the usefulness of Eqs. (6.4) and (6.5) is very limited because the
Na–K-temperatures computed for Z = 0 and Z = 1 differ by 125 ± 3 °C on average,
in the range 100–350 °C.

Therefore, it would be desirable to adopt a different approach to Na–K geother-
mometry, such as that consisting in the following two steps:

1. Calculation of the ordering parameter of adularia presumably in equilibrium
with the aqueous solution of interest, based on either the logarithm of the total
concentration of dissolved components (e.g., B, SiO2, Na, K, Mg, Ca, SO4, Cl,
�CO2, and �H2S) or the logarithm of the activity of the related ionic or neutral
species (e.g., H3BO3,aq, SiO2,aq, Na+, K+, Mg2+, Ca2+, SO4

2−, Cl−, HCO3
−, and

HS−), assuming that the degree of ordering of adularia is somehow related to
water chemistry, as suggested by the experimental synthesis of alkali feldspars
in hydroxide gels (see Sect. 4.2.3).

2. Use of the Z value obtained from water chemistry and the Na+/K+ activity ratio
to compute the Na–K temperature of the aqueous solution of interest by means
of Eq. (6.4).

Several attempts were done to find a suitable relation for predicting Z from water
chemistry. Use of Factor Analysis (FA) followed by Multiple Regression Analysis
(MRA) was explored to avoid multicollinearity issues, but the obtained relations
resulted to be poor predictors due to the low R-squared values.

Therefore, MRA only was utilized, in spite of the high inter-associations among
the independent variables. Different MRA runs were performed considering the
selected reservoir liquids either altogether or in separate groups, but it turned out
that Z is chiefly controlled by Na, K, and SiO2 in all these attempts. This is a disap-
pointing result being affected by a circular argument as explained, in more detail,
referring to the following equation:

Z = 1.97264 − 2.24782 · log aK+ + 2.19929 · log aNa+ + 1.77758 · log aSiO2(aq) ,

(6.7)

Z varying from 0 to 1 at steps of 0.1 units. Consequently, the use of polynomial equations of temper-
ature, instead of linear functions of the absolute temperature inverse, is advisable (if not mandatory)
for obtaining the desired Na–K activity-based theoretical geothermometers.
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whichwas obtained considering the 1013 samples altogether inMRA. Equation (6.7)
has standard errors of 0.057203 on the intercept, 0.033916 on the coefficient of
log aK+ , 0.036593 on the coefficient of log aNa+ , and 0.038055 on the coefficient of
log aSiO2(aq)

. Equation (6.7) has multiple R of 0.9138, multiple R-squared of 0.8351,
and adjusted multiple R-squared of 0.8346. The standard error on the predicted Z
values is 0.114, which is a relatively high value. For instance, for log(aNa+/aK+) = 1,
the corresponding error on the computed Na–K temperature is of 11–18 °C.

However, it must be noted that the coefficients of log aNa+ and log aK+ are posi-
tive and negative, respectively, but have almost the same absolute value, whereas
log aSiO2(aq)

is a proxy of temperature. Thus, Eq. (6.7) expresses the dependence of Z
on log(aNa+/aK+) and temperature and, therefore, is affected by a circular argument
because Zwas previously computed by inserting log(aNa+/aK+) and temperature into
Eq. (6.3). In short words, Eq. (6.7) and similar relations are meaningless.

6.5 Final Considerations on the Use of the Na/K-Activity
Ratio

To conclude this chapter, it is worth repeating that a single universally-workingNa–K
geothermometer does not exist, regardless of whether it is calibrated empirically or
it is based on the solid pillars of thermodynamics. This is due to the different degree
of Al–Si order-disorder on the tetrahedral sites of alkali feldspars, as already pointed
out by Bird and Norton (1981).

For this reason, Na–K geothermometry must necessarily imply the ordering
parameter of adularia, Z. The two limiting Na–K geothermometers, involving low-
albite and either high-sanidine or maximum-microcline, as proxies of completely
disordered adularia (with Z = 0) and totally ordered adularia (with Z = 1), respec-
tively, give equilibrium temperatures differing by 125± 3 °C on average, in the range
100–350 °C, and have little usefulness. The attempts that we carried out to predict Z
on the basis of water chemistry were unsuccessful, but it is possible that the available
data are inadequate and that this matter might be clarified by further researches.

All in all, for themoment, it is probably advisable to use theNa/K log activity ratio
to estimate the ordering parameter Z of the hydrothermal adularia in hypothetical
equilibrium with the aqueous solution of interest and to use this information in other
geothermometric functions that are presented anddiscussed in the following chapters.
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Chapter 7
The Activity-Based Theoretical K–Mg
and Na–Mg Geoindicators

Abstract Assuming that geothermal reservoir liquids are in equilibrium with
clinochlore, muscovite, adularia, albite, and a silica mineral (Giggenbach, 1988),
their K2/Mg- and Na2/Mg-activity ratios are controlled by the aquifer temperature,
T, the order-disorder degree of hydrothermal adularia, Z, and the mineral activity
product, MAP, involving the activity of clinochlore in hydrothermal chlorite and
the activity of muscovite in hydrothermal illite. Knowing Z and T, it is possible to
obtain MAP. For the reservoir liquids with negative MAP values, the K2/Mg- and
Na2/Mg-activity ratios can be used to calculate theminimum activities of clinochlore
in chlorites and of muscovite in illites, which have limited importance for prac-
tical purposes. For the reservoir liquids with positive MAP values, the K2/Mg-
and Na2/Mg-activity ratios can be utilized to compute the minimum concentra-
tions of excess (non-equilibrium) Mg and, consequently, to identify and quantify
the processes controlling excess Mg, such as cooling and mixing, which may lead
to Mg-silicate (e.g., smectite) scaling. This is probably the most valuable informa-
tion provided by the activity-based theoretical K-Mg and Na-Mg geoindicators. The
K-Mg and Na-Mg exchange reactions involving other Mg-minerals are not explored
to develop other K-Mg and Na-Mg geoindicators due to the restricted temperature
intervals in which they are expected to be effective and the limitations caused by the
varying characteristics of the relevant Mg-bearing minerals.

As already discussed in Sect. 5.6, Giggenbach (1988) assumed that (i) the K–Mg
geothermometer is controlled by coexistence, at equilibrium, of clinochlore (Clc),
muscovite (Ms), chalcedony (Chc), and adularia (Adl), as expressed by reaction
(5.141), and (ii) the Na–Mg geothermometer is governed by co-occurrence, at equi-
librium, of the same hydrothermal minerals plus albite (Ab), as indicated by reac-
tion (5.142). Although the K–Mg and Na–Mg geothermometers might be controlled
by exchange reactions involving Mg-bearing solid phases other than chlorites, as
discussed in Sect. 5.6.3, let us consider reactions (5.141) and (5.142), which are
rewritten here reversing their direction for convenience:

© The Editor(s) (if applicable) and The Author(s), under exclusive license
to Springer Nature Switzerland AG 2020
R. Cioni and L. Marini, A Thermodynamic Approach to Water Geothermometry,
Springer Geochemistry, https://doi.org/10.1007/978-3-030-54318-1_7
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2.8KAlSi3O8 + Mg2+ + 1.6H2O =
0.2Mg5Al2Si3O10(OH)8 + 0.8KAl3Si3O10(OH)2 + 5.4SiO2 + 2K+,

(7.1)

0.8KAlSi3O8 + 2NaAlSi3O8 + Mg2+ + 1.6H2O =
0.2Mg5Al2Si3O10(OH)8 + 0.8KAl3Si3O10(OH)2 + 5.4SiO2 + 2Na+.

(7.2)

7.1 The Log K of the K–Mg and Na–Mg Exchange
Reactions

The thermodynamic equilibrium constants of reactions (7.1) and (7.2) are the inverse
of Eqs. (5.143) and (5.144), that is:

KK−Mg = a0.2Clc · a0.8Ms · a5.4Chc · a2K+

a2.8Adl · aMg2+ · a1.6H2O

(7.3)

KNa−Mg = a0.2Clc · a0.8Ms · a5.4Chc · a2Na+

a0.8Adl · a2Ab · aMg2+ · a1.6H2O

(7.4)

Since adularia, albite and chalcedony are usually pure or relatively pure minerals,
their activities can be assumed to be equal to 1. Also the activity of water does
not deviates significantly from unity, if the ionic strength of the aqueous solution is
lower than ~1 mol/kg. Therefore, Eqs. (7.3) and (7.4) can be generally simplified
and rearranged as follows:

a2K+

aMg2+
∼= KK−Mg

a0.2Clc · a0.8Ms

· (7.5)

a2Na+

aMg2+
∼= KNa−Mg

a0.2Clc · a0.8Ms

· (7.6)

Equations (7.5) and (7.6) indicate that the K2/Mg- and Na2/Mg-activity ratios of
geothermal liquids are expected to depend not only on the equilibrium temperature
but also on the mineral activity product a0.2Clc ·a0.8Ms , which is indicated by the acronym
MAP in the subsequent discussion. In turn, the activities of clinochlore andmuscovite
depend on the crystallo-chemical characteristics of hydrothermal chlorites and illites,
respectively. Therefore, it is worth to recall that:
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1. The 181 hydrothermal chlorites considered in Sect. 4.4.3 have activity of the
clinochlore endmember varying between 4.39× 10−7 and 0.250, with an average
of 0.0553, a median of 0.0451 and a standard deviation of 0.0484.

2. The 75 hydrothermal illites taken into account in Sect. 4.3.2 have activity of
the muscovite endmember ranging between 0.007 and 0.875, with an average of
0.654, a median of 0.688 and a standard deviation of 0.156.

3. Based on the average aMs and aClc values, log MAP has a mean of −0.399 and
is expected to vary from −0.674 to −0.270 considering a range of ±1σ around
the mean aMs and aClc values.

Further complications are posed by Al–Si order-disorder on the tetrahedral sites
of adularia as discussed in Sects. 4.2.3 and 5.3.3. Therefore, an adularia with ordering
parameter Z varying from 0 (i.e., high-sanidine) to 1 (i.e., maximum-microcline) at
steps of 0.1 units was alternatively assumed to be involved in reactions (7.1) and
(7.2).

Another point to be considered is the basal spacing of clinochlore. Based on the
pertinent discussion in Sect. 4.4.4, 7Å-clinochlore was considered to take part to
reactions (7.1) and (7.2)

Either the quartz/chalcedony mechanical mixture, above 175 °C, or chalcedony,
below 175 °C, were assumed to participate to reactions (7.1) and (7.2), whose ther-
modynamic properties were calculated by means of SUPCRT92, considering the
thermodynamic data of solid phases of Helgeson et al. (1978), for temperatures
varying from 0 to 350 °C, at steps of 25 °C, and for values of the ordering parameter
Z of adularia varying from 0 to 1, at steps of 0.1 units.

The computed log KK–Mg values (Table 7.1) are a function of the absolute temper-
ature inverse and the ordering parameter Z of adularia as defined by the following
two relations:

logKK−Mg =
(−1621.2

T
+ 2.0798

)
· Z − 105, 276

T2 − 2019.8

T
+ 5.6865 (7.7)

logKK−Mg =
(−1621.2

T
+ 2.0798

)
· Z + 450, 637

T2 − 4280.5

T
+ 8.4530 (7.8)

Equation (7.7) applies from 0 to 175 °C, whereas Eq. (7.8) is valid from 175 to
325 °C.

The calculated log KNa–Mg values (Table 7.2) depend on the absolute temperature
inverse and the ordering parameter Z of adularia as described by the following two
equations:

logKNa−Mg =
(−463.264

T
+ 0.5944

)
· Z + 104, 027

T2 − 1646.0

T
+ 5.7524 (7.9)

logKNa−Mg =
(−462.976

T
+ 0.5938

)
· Z + 752, 484

T2 − 4407.2

T
+ 9.1807

(7.10)
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Equation (7.9) is valid from 0 to 175 °C, whereas Eq. (7.10) applies from 175 to
325 °C.

7.2 The (K+)2/Mg2+ and (Na+)2/Mg2+ Log Activity Ratios
of the Selected Reservoir Liquids

TheK2/Mg log-activity ratios given by Eqs. (7.7) and (7.8) are shown in the diagrams
of Figs. 7.1, 7.2, and 7.3, whereas the Na2/Mg log-activity ratios given by Eqs. (7.9)
and (7.10) are displayed in the graphs of Figs. 7.4, 7.5, and 7.6. In all these plots,
the K2/Mg and Na2/Mg log-activity ratios are represented as a function of the abso-
lute temperature inverse, from 100 to 350 °C, for the average log MAP value of −
0.399 and for different values of the ordering parameter of adularia, namely Z = 1
(i.e., maximum-microcline), Z = 0 (i.e., high-sanidine), as well as Z = 0.559, Z =
0.820, and Z = 0.298, corresponding to the average value, the average value +1σ,
and the average value −1σ, respectively, of the hydrothermal adularia in hypothet-
ical equilibrium with the considered geothermal liquids (see Sect. 6.3). In all these
diagrams are also displayed the K2/Mg and Na2/Mg log-activity ratios, as a function
of 1/T(K), for both log MAP of −0.674, Z = 0 and log MAP of −0.270, Z = 1, to
bracket most compositional variations of hydrothermal chlorites and illites. These
theoretical K2/Mg and Na2/Mg log-activity ratios suggest that:

Fig. 7.1 K2/Mg-log activity ratios of the selected reservoir liquids from the geothermal systems
of a Iceland and b North-Central America as a function of aquifer temperature. Also shown are the
K2/Mg-log activity ratios fixed by equilibrium coexistence of clinochlore, muscovite, either chal-
cedony (below 175 °C) or quartz/chalcedony (above 175 °C), and adularia with ordering parameter
Z = 1 and 0 (red solid lines), Z = 0.820, 0.559, and 0.298 (red dashed lines), all for log MAP = −
0.399, as well as for log MAP = −0.674 and Z = 0 and for log MAP = −0.270 and Z = 1 (blue
solid lines)
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Fig. 7.2 K2/Mg-log activity ratios of the selected reservoir liquids from the geothermal systems of
a Japan and b The Philippines as a function of aquifer temperature. Also shown are the K2/Mg-log
activity ratios fixed by equilibrium coexistence of clinochlore, muscovite, either chalcedony (below
175 °C) or quartz/chalcedony (above 175 °C), and adularia with ordering parameter Z = 1 and 0
(red solid lines), Z= 0.820, 0.559, and 0.298 (red dashed lines), all for log MAP = −0.399, as well
as for log MAP = −0.674 and Z = 0 and for log MAP = −0.270 and Z = 1 (blue solid lines)

Fig. 7.3 K2/Mg-log activity ratios of the selected reservoir liquids from the geothermal systems of
a New Zealand and b miscellaneous sites as a function of aquifer temperature. Also shown are the
K2/Mg-log activity ratios fixed by equilibrium coexistence of clinochlore, muscovite, either chal-
cedony (below 175 °C) or quartz/chalcedony (above 175 °C), and adularia with ordering parameter
Z = 1 and 0 (red solid lines), Z = 0.820, 0.559, and 0.298 (red dashed lines), all for log MAP = −
0.399, as well as for log MAP = −0.674 and Z = 0 and for log MAP = −0.270 and Z = 1 (blue
solid lines)
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Fig. 7.4 Na2/Mg-log activity ratios of the selected reservoir liquids from the geothermal systems
of a Iceland and b North-Central America as a function of aquifer temperature. Also shown are
the Na2/Mg-log activity ratios fixed by equilibrium coexistence of clinochlore, muscovite, either
chalcedony (below 175 °C) or quartz/chalcedony (above 175 °C), albite, and adularia with ordering
parameter Z = 1 and 0 (red solid lines), Z = 0.820, 0.559, and 0.298 (red dashed lines), all for log
MAP = −0.399, as well as for log MAP = −0.674 and Z = 0 and for log MAP = −0.270 and Z
= 1 (blue solid lines)

Fig. 7.5 Na2/Mg-log activity ratios of the selected reservoir liquids from the geothermal systems of
a Japan and b The Philippines as a function of aquifer temperature. Also shown are the Na2/Mg-log
activity ratios fixed by equilibrium coexistence of clinochlore, muscovite, either chalcedony (below
175 °C) or quartz/chalcedony (above 175 °C), albite, and adularia with ordering parameter Z = 1
and 0 (red solid lines), Z = 0.820, 0.559, and 0.298 (red dashed lines), all for log MAP = −0.399,
as well as for log MAP = −0.674 and Z = 0 and for log MAP = −0.270 and Z = 1 (blue solid
lines)
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Fig. 7.6 Na2/Mg-log activity ratios of the selected reservoir liquids from the geothermal systems
of a New Zealand and b miscellaneous sites as a function of aquifer temperature. Also shown are
the Na2/Mg-log activity ratios fixed by equilibrium coexistence of clinochlore, muscovite, either
chalcedony (below 175 °C) or quartz/chalcedony (above 175 °C), albite, and adularia with ordering
parameter Z = 1 and 0 (red solid lines), Z = 0.820, 0.559, and 0.298 (red dashed lines), all for log
MAP = −0.399, as well as for log MAP = −0.674 and Z = 0 and for log MAP = −0.270 and Z
= 1 (blue solid lines)

1. The impact of the adularia order-disorder is more important on the K2/Mg log-
activity ratio than on the Na2/Mg log-activity ratio. This fact is not surprising due
to the distinct stoichiometric coefficients of adularia, 2.8 and0.8, in reactions (7.1)
and (7.2) controlling the K2/Mg and Na2/Mg log-activity ratios, respectively.

2. The effect of adularia order-disorder on the K2/Mg log-activity ratio is slightly
lower than that caused by the compositional changes of hydrothermal chlorites
and illites, considering a range of ±1σ around the mean aClc and aMs values.
In contrast, the influence of adularia order-disorder on the Na2/Mg log-activity
ratio is appreciably lower than that brought about by the chemical variations of
hydrothermal illites and chlorites, referring again to an interval of ±1σ around
the average aClc and aMs values. Also this fact is not surprising because adularia
has different stoichiometric coefficients in reactions (7.1) and (7.2) whereas the
stoichiometric coefficient of clinochlore is the same in both reactions and the
same applies to muscovite.

Also shown in Figs. 7.1, 7.2, and 7.3 and in Figs. 7.4, 7.5, and 7.6 are the
K2/Mg- and Na2/Mg-log activity ratios, respectively, of the selected geothermal
liquids against the reciprocal of their aquifer temperatures (in K). Several reser-
voir liquids have K2/Mg- and Na2/Mg-log activity ratios within the range expected
based on the different chemistry of hydrothermal chlorites and illites and the varying
ordering parameter of adularia. Nevertheless, many reservoir liquids have K2/Mg-
and especially Na2/Mg-log activity ratios lower than theoretical values. The Mg
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concentration of these geothermal liquids is probably not representative of mineral-
solution equilibrium due to presence of excess magnesium which is ascribable to
different causes, as already pointed out in Sect. 5.6.2, including: (i) addition of Mg-
rich fluids either external to the geothermal system or proceeding from shallower and
colder parts of the geothermal system itself and (ii) cooling of the reservoir liquids
andMg acquisition, for instance during their travel from the upflow zone towards the
outflow zone or due to breakthrough of re-injected brines (e.g., Fournier 1991). A few
reservoir liquids have K2/Mg- and especially Na2/Mg-log activity ratios higher than
theoretical values, possibly due to incorporation of Mg in the lattice of precipitating
calcite or other solid phases, as already underscored in Sect. 5.6.2.

7.3 The Log MAP Values of the Selected Reservoir Liquids
and Related Implications

The binary diagrams of Figs. 7.1, 7.2, 7.3, 7.4, 7.5, and 7.6 allows a comparison
between the theoretical K2/Mg- and Na2/Mg-log activity ratios controlled by reac-
tions (7.1) and (7.2) and the corresponding ratios of all the selected geothermal liquids
in a single view. However, these binary diagrams do not allow a precise assessment
of the consistency or inconsistency between theoretical and observed values for each
aqueous solution. To gain more information on this subject, the log MAP values of
the 973 geothermal liquids with Mg concentration higher than detection limit were
computed and processed as described below.

First, the log KK–Mg and log KNa–Mg values were obtained for each geothermal
liquid by inserting the reservoir temperature and the ordering parameter Z of adularia
apparently in equilibrium with it into Eqs. (7.7) or (7.8) and Eqs. (7.9) or (7.10),
respectively. The Z values >1 were assumed equal to one, whereas the Z values <0
were set to zero. Second, knowing the log KK–Mg and log KNa–Mg values as well
as the K2/Mg- and Na2/Mg-log activity ratios of each aqueous solution, their log
MAP values were computed by means of Eqs. (7.5) and (7.6), respectively. For each
geothermal liquid, the logMAP values given by Eqs. (7.5) and (7.6) agree within less
than 0.01 log-units1. Among the 973 reservoir liquids with Mg concentration higher
than detection limit, 587 (60% of the cases) have negative log MAP values, ranging
from−0.000639 to−2.59, while 386 (40% of the entries) have positiveMAP values,
varying from +0.00233 to +3.18.

The log MAP values computed from the K2/Mg-log activity ratios are contrasted
with these activity ratios in the binary diagrams of Figs. 7.7, 7.8, and 7.9, whereas
the log MAP values calculated on the basis of the Na2/Mg-log activity ratios are not
considered to avoid unnecessary repetitions. In the diagrams of Figs. 7.7, 7.8, and 7.9,
the reservoir liquids of a given geothermal system are distributed close or relatively

1These negligible differences are due to the approximations in the calculations of the ordering
parameter Z of adularia by means of Eq. (6.2), log KK–Mg by using Eqs. (7.7) or (7.8), and log
KNa–Mg by utilizing Eqs. (7.9) or (7.10).
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Fig. 7.7 Correlation diagrams between the log MAP values and K2/Mg-log activity ratio for the
selected reservoir liquids from the geothermal systems of a Iceland and b North-Central America

Fig. 7.8 Correlation diagrams between the log MAP values and K2/Mg-log activity ratio for the
selected reservoir liquids from the geothermal systems of a Japan and b The Philippines

close to a straight line of slope−1 and intercept depending on the aquifer temperature
and the order/disorder degree of adularia. Tight trends are observed for the reservoir
liquids of geothermal systems with little variations in both aquifer temperature and
ordering parameter of adularia, as those coming from Bakki (Fig. 7.7a), Miravalles
and Dixie Valley (Fig. 7.7b), and the shallow reservoir of Yangbajing (Fig. 7.9b). In
contrast, the reservoir liquids of geothermal systems with significant changes in both
aquifer temperature and ordering parameter of adularia, as is the case of Los Azufres
(Fig. 7.7b), Fushime and Oku-aizu (Fig. 7.8a), Alto Peak (Fig. 7.8b), Broadlands
(Fig. 7.9a) exhibit a considerable spread of data points. It should not be forgotten,



360 7 The Activity-Based Theoretical K–Mg and Na–Mg Geoindicators

Fig. 7.9 Correlation diagrams between the log MAP values and K2/Mg-log activity ratio for the
selected reservoir liquids from the geothermal systems of a New Zealand and bmiscellaneous sites

however, that the relation between log MAP values and K2/Mg-log activity ratios
may be influenced also by the number of samples available for each geothermal
system.

Recalling that MAP is equal to a0.2Clc · a0.8Ms and that both aClc and aMs cannot be
higher than one, it follows that the maximum permissible value of log MAP is zero
for an aqueous solution in equilibrium with the hydrothermal minerals involved in
reactions (7.1) and (7.2). Consequently, only the geothermal liquidswith negative log
MAP values may be representative of reservoir conditions, although possible effects
of Mg loss cannot be excluded as already underscored above and in Sect. 5.6.2. In
contrast, the geothermal liquids with positive log MAP values are certainly affected
by presence of excess (non-equilibrium) Mg, for the reasons given above and in
Sect. 5.6.2.

Minimum muscovite activities of the illites in apparent equilibrium with the
587 reservoir liquids with negative log MAP values were computed for aClc = 1
and minimum clinochlore activities of the chlorites in apparent equilibrium with
these aqueous solutions were calculated for aMs = 1. Computed minimum values
of muscovite activity range between 5.79 × 10−4 and 0.998, with a mean of 0.292,
a median of 0.209 and a standard deviation of 0.248. Calculated minimum values
of clinochlore activity distribute in a much wider interval, from 1.13 × 10−13 to
0.991, with an average of 0.0720, a median of 0.00191 and a standard deviation of
0.0720. These computed minimum values of aMs and aClc partly overlap the ranges
of muscovite and clinochlore activities of the hydrothermal illites and chlorites (see
Sect. 7.1).

Furthermore, computed minimum values of aMs and aClc could be used to specu-
late, to some extent, on both the lithology of reservoir rocks and the possible seawater
recharge, as already recalled in Sect. 4.4.2. In fact, on the one hand, chlorite chem-
istry depends upon the composition of both reservoir rock and other hydrothermal
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minerals (e.g., Albee 1962; De Caritat et al. 1993). On the other hand, the compo-
sition of chlorites can be controlled by fluid chemistry, at least in part. For instance,
the Mg-rich chlorites of Reykjanes and Bouillante might be due to the inflow of Mg-
rich seawater into these geothermal systems, as recognized by Arnórsson (1978a)
for Reykjanes and Sanjuan et al. (2001) for Bouillante. Nevertheless, the computed
minimum values of aMs and aClc have limited importance for practical purposes.

Let us now consider the 386 geothermal liquids with positive MAP values. For
these geothermal liquids, it is possible to compute themaximummolality of freeMg2+

ion fixed by equilibrium with the hydrothermal minerals participating to reactions
(7.1) and (7.2), through the following two relations:

logmMg2+,max.eq = 2 · log aK+ − log γMg2+ − logKK−Mg (7.11)

logmMg2+,max.eq = 2 · log aNa+ − log γMg2+ − logKNa−Mg (7.12)

which are obtained rearranging Eqs. (7.5) and (7.6) and assuming unit values for
both aMs and aClc. Activities of muscovite and clinochlore <1 would lead to lower
molalities of free Mg2+ ion. For the reservoir liquids with 0≤ Z≤ 1, themMg2+,max.eq
given by Eq. (7.11) matches closely the mMg2+,max.eq obtained by Eq. (7.12), with an
average deviation of 0.16 ± 0.25 (1σ) %. For the reservoir liquids with Z > 1 or Z <
0, the adularia ordering parameter was set to 1 and 0, respectively, leading to higher
discrepancies between the twomMg2+,max.eq values computed bymeans of Eqs. (7.11)
and (7.12).

For the 386 geothermal liquids with positive MAP values, the maximummolality
of free Mg2+ ion, computed for mineral-solution equilibrium and aMs = aClc = 1 is
contrasted with the analytical molality of free Mg2+ ion in the correlation plots of
Figs. 7.10, 7.11, and 7.12. The shifts to the right of the equality line allow one to
evaluate the minimum concentration of excess (non-equilibrium)Mg present in each
reservoir liquid. In turn, these data can be used to recognize and quantify the processes
controlling excess Mg, such as cooling and mixing (see above). To be recalled that
mixing ofMg-rich, low-temperature waters from shallow levels with SiO2-rich, high
temperature waters from deep levels may lead to smectite scaling as recognized at
Tongonan, Palinpinon, and Bacon-Manito in The Philippines (Reyes and Cardile
1989), in several geothermal district heating systems in Iceland (Gunnlaugsson and
Einarsson 1989; Kristmannsdóttir et al. 1989; Hauksson et al. 1995), at Onikobe,
Japan (Ajima et al. 1998), and in the Mori geothermal power plant (Kasai et al.
2000). Cooling by boiling was instead invoked to explain smectite scaling in the
surface facilities of the Mindanao geothermal field (Dulce et al. 2010).
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Fig. 7.10 Correlation plot between the maximum equilibrium molality of free Mg2+ ion and the
analytical molality of free Mg2+ ion for the selected reservoir liquids with positive MAP values
from the geothermal systems of a Iceland and b North-Central America

Fig. 7.11 Correlation plot between the maximum equilibrium molality of free Mg2+ ion and the
analytical molality of free Mg2+ ion for the selected reservoir liquids with positive MAP values
from the geothermal systems of a Japan and b The Philippines

7.4 Final Considerations on the Use of the K2/Mg-
and Na2/Mg-Activity Ratios

Summing up, the K2/Mg- and Na2/Mg-activity ratios of reservoir liquids are
controlled by the aquifer temperature, the order-disorder degree of hydrothermal
adularia, and the mineral activity product MAP = a0.2Clc ·a0.8Ms , involving the activity of
clinochlore in hydrothermal chlorite and the activity of muscovite in hydrothermal
illite.
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Fig. 7.12 Correlation plot between the maximum equilibrium molality of free Mg2+ ion and the
analytical molality of free Mg2+ ion for the selected reservoir liquids with positive MAP values
from the geothermal systems of a New Zealand and b miscellaneous sites

For the reservoir liquids with negative MAP values, the K2/Mg- and Na2/Mg-
activity ratios can be used to obtain information on the minimum activities of
clinochlore in chlorites and of muscovite in illites, which are in apparent equilib-
rium with the aqueous solutions of interest. For the reservoir liquids with positive
MAP values, the K2/Mg- and Na2/Mg-activity ratios can be utilized to assess the
minimum concentrations of excess (non-equilibrium)Mg and, consequently, to iden-
tify and quantify the processes controlling excess Mg, such as cooling and mixing,
which may lead to Mg-silicate (e.g., smectite) scaling. This is probably the most
valuable information provided by the activity-based theoretical K–Mg and Na–Mg
geoindicators.

The K–Mg andNa–Mg exchange reactions other than (7.1) and (7.2), discussed in
Sect. 5.6.3, are not explored here to develop alternative K–Mg and Na–Mg geoindi-
cators for two main reasons, namely the restricted temperature range in which they
are expected to be effective and the limitations caused by the varying character-
istics of the relevant Mg-bearing minerals. For what concerns the first reason, the
exchange reactions involving phlogopite, diopside, tremolite, and talc should work
above ~280 °C, whereas the exchange reactions including Mg-montmorillonite and
dolomite should be active below ~180 °C (e.g., Henley and Ellis 1983; Reyes 1990).
For what concerns the second reason, phlogopite is a component of biotite, diopside
is a component of clinopyroxene, tremolite is a component of amphibole, and Mg-
montmorillonite is a component of smectites, whereas the thermodynamic properties
of dolomite are strongly influenced by order-disorder. Therefore, alternative K–Mg
and Na–Mg geoindicators are expected to be affected by limitations similar to or
even worse than those of the K–Mg and Na–Mg geoindicators derived above for the
exchange reactions involving clinochlore as Mg-bearing solid phase.
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Chapter 8
The Activity-Based Theoretical K–Ca
and Na–Ca Geoindicators

Abstract Our activity-based theoretical K-Ca and Na-Ca geoindicators were tested
with about one thousand reservoir liquids. The theoretical K-Ca geothermometers
reproduce aquifer temperature with an average error of 3.8 °C and the error is lower
than 10 °C in 97.3% of the cases. The theoretical Na-Ca geothermometers reproduce
aquifer temperature with an average error of 6.9 °C and the error is less than 15 °C
in 93.5% of the cases. The CO2 fugacities given by our theoretical activity-based
K-Ca and Na-Ca fCO2-indicators match the CO2 fugacities given by the K-Ca fCO2-
indicator of Giggenbach (1984), with an absolute deviation of 0.33 log-units on
average, and reproduce the CO2 fugacities given by speciation calculations, with
an absolute deviation of 0.78 log-units on average. Furthermore, these theoretical
K-Ca and Na-Ca geothermometers and fCO2-indicators allow one to identify the
Ca-bearing solid phase in equilibrium with each reservoir liquid, either a Ca-Al-
silicate (laumontite or clinozoisite or prehnite or wairakite) or calcite. This indication
represents a substantial improvement with respect to the traditional K-Ca and Na-Ca
geoindicators, is probably more reliable than the results of multicomponent chemical
geothermometry, being slightly affected by pH and Al concentration, and may give
qualitative clues on well permeability.

8.1 The K–Ca and Na–Ca Exchange Reactions
and the Univariant Reactions Involving Calcite
and a Ca–Al-Silicate

Under relatively low fCO2 values, the K
2/Ca-activity ratio of reservoir liquids is prob-

ably controlled by equilibrium coexistence of hydrothermal minerals comprising
a Ca–Al-silicate, adularia, a silica mineral and, in some cases, muscovite as
well, as already recalled in Sect. 5.4.5. Plausible Ca–Al-silicates are laumontite
[Lmt; CaAl2Si4O12·4H2O], clinozoisite [Czo; Ca2Al3Si3O12(OH)], prehnite [Prh;
Ca2Al2Si3O10(OH)2], and wairakite [Wrk; CaAl2Si4O12·2H2O]. They are involved
in theK–Ca exchange reactions (5.131)–(5.134),which are rewritten and renumbered
here for convenience:
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2KAlSi3O8 + 4H2O + Ca2+ = CaAl2Si4O12 · 4H2O + 2SiO2 + 2K+ (8.1)

2.25KAlSi3O8 + 0.5H2O + Ca2+ = 0.25KAl3Si3O10(OH)2
+ 0.5Ca2Al3Si3O12(OH) + 4.5SiO2 + 2K+

(8.2)

2.5KAlSi3O8 + H2O + Ca2+ = 0.5KAl3Si3O10(OH)2 + 0.5Ca2Al2Si3O10(OH)2
+ 4.5SiO2 + 2K+ (8.3)

2KAlSi3O8 + 2H2O + Ca2+ = CaAl2Si4O12 · 2H2O + 2SiO2 + 2K+. (8.4)

Likewise, under relatively low fCO2 values, the Na
2/Ca-activity ratio is probably

constrained by equilibrium coexistence of the same hydrothermal minerals either
with albite in lieu of adularia, if muscovite is absent, or with albite in lieu of a part
of adularia, if muscovite is present, as described by the Na–Ca exchange reactions
(5.127)–(5.130), which are written again and renumbered here below:

2NaAlSi3O8 + 4H2O + Ca2+ = CaAl2Si4O12 · 4H2O + 2SiO2 + 2Na+ (8.5)

2NaAlSi3O8 + 0.25KAlSi3O8 + 0.5H2O + Ca2+ = 0.25KAl3Si3O12(OH)2
+ 0.5Ca2Al3Si3O12(OH) + 4.5SiO2 + 2Na+ (8.6)

2NaAlSi3O8 + 0.5KAlSi3O8 + H2O + Ca2+ = 0.5KAl3Si3O12(OH)2
+ 0.5Ca2Al2Si3O12(OH)2 + 4.5SiO2 + 2Na+ (8.7)

2NaAlSi3O8 + 2H2O + Ca2+ = CaAl2Si4O12 · 2H2O + 2SiO2 + 2Na+ (8.8)

As alreadynoted inSect. 5.5, under relatively high fCO2 values, theCa–Al-silicates
are not stable, and the K2/Ca-activity ratio is probably governed by equilibrium
coexistence of adularia, muscovite, a silicamineral, and calcite, according to reaction
(5.139), which is rewritten and renumbered here under:

3KAlSi3O8 + CO2(g) + Ca2+ + H2O = CaCO3 + KAl3Si3O12(OH)2
+ 6SiO2 + 2K+. (8.9)

Reaction (8.9) represents the basis of the K–Ca fCO2-indicator of Giggenbach
(1988). The Na2/Ca activity ratio is probably controlled by a similar reaction, with
albite in lieu of a part of adularia:

2NaAlSi3O8 + KAlSi3O8 + CO2(g) + Ca2+ + H2O = CaCO3

+ KAl3Si3O12(OH)2 + 6SiO2 + 2Na+. (8.10)
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Reaction (8.10) represents the basis for a Na–Ca fCO2-indicator, which is derived
in this book, following early suggestions of Ellis (1970) and Chiodini et al. (1991).

As already underscored in Sect. 5.5, equilibrium coexistence of calcite and a Ca–
Al-silicate (either laumontite or clinozoisite or prehnite or wairakite), together with
adularia, muscovite, and a silica mineral, acts as a CO2 buffer (Giggenbach 1981,
1984, 1988; Arnórsson et al. 1983; Arnórsson 1985; Arnórsson and Gunnlaugsson
1985). In other terms, these mineral assemblages constrain fCO2 , at any specified
temperature, as described by the following univariant reactions:

KAl3Si3O10(OH)2 + 4SiO2 + CaCO3 + 3H2O = KAlSi3O8

+ CaAl2Si4O12 · 4H2O + CO2(g) (8.11)

0.75KAl3Si3O10(OH)2 + 1.5SiO2 + CaCO3 = 0.75KAlSi3O8

+ 0.5Ca2Al3Si3O12(OH) + CO2(g) + 0.5H2O (8.12)

0.5KAl3Si3O10(OH)2 + 1.5SiO2 + CaCO3 = 0.5KAlSi3O8

+ 0.5Ca2Al2Si3O10(OH)2 + CO2(g) (8.13)

KAl3Si3O10(OH)2 + 4SiO2 + CaCO3 + H2O = KAlSi3O8

+ CaAl2Si4O12 · 2H2O + CO2(g), (8.14)

To be noted that reactions (8.11)–(8.14) are obtained by summation of previous
reactions. In detail:

• reaction (8.11) is the algebraic sum of either reactions (8.1) and (8.9) or reactions
(8.5) and (8.10),

• reaction (8.12) is the algebraic sum of either reactions (8.2) and (8.9) or reactions
(8.6) and (8.10),

• reaction (8.13) is the algebraic sum of either reactions (8.3) and (8.9) or reactions
(8.7) and (8.10),

• reaction (8.14) is the algebraic sum of either reactions (8.4) and (8.9) or reactions
(8.8) and (8.10).

The fCO2-temperature relationships corresponding to reactions (8.11)–(8.14)
define the upper fCO2 value of Ca–Al-silicate stability. At any given temperature,
Ca–Al-silicates are stable at lower fCO2 values, whereas calcite is stable at higher
fCO2 values. Moreover, the mineral assemblages involved in reactions (8.11)–(8.14)
represent the more or less hypothetical condition of full mineral-solution equilib-
rium. However, none of these CO2 buffers is ubiquitously efficacious in natural
geothermal systems (Grant 1982; Giggenbach 1982). The probable reason for this
is that a continuous flux of CO2 occurs through the geothermal systems in the same
manner as the heat flux, as suggested both by field evidence (Mahon et al. 1980) and
by water/rock hydrothermal experiments (Kacandes and Grandstaff 1989). Thus, the
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univariant equilibrium conditions involving the minerals acting as CO2 buffers may
be established only in some parts of the geothermal systems, whereas in general
the fCO2 is an externally fixed parameter. If fCO2 is externally controlled, one of
the minerals participating in the univariant reactions (8.11)–(8.14) is no longer part
of the equilibrium assemblage, and CO2 is involved in bivariant reactions, such as
reactions (8.9) and (8.10).

8.2 The Activities of Ca-Endmembers in Hydrothermal
Ca–Al-Silicates and Calcite

Before gaining further insights from the reactions presented in the previous section,
it is useful to recall the available information on the activity of Ca-endmembers in
Ca–Al-silicates and calcite from active geothermal systems (Table 8.1), which was
discussed in Sects. 4.5.3 for clinozoisite, 4.6.2 for prehnite, 4.7.4 for wairakite, 4.7.5
for laumontite, and 4.9.1 for calcite.

Since adularia, albite and silica minerals occur as pure or relatively pure solid
phases in geothermal systems, their activities do not depart significantly from unity,
as already noted many times. The same holds true for calcite and, even if to a lesser
extent, for laumontite, whereas the activities of wairakite and especially of prehnite
and clinozoisite exhibit higher deviations from one, but still relatively limited consid-
ering the mean and median values (Table 8.1). The activity of muscovite diverges
evenmore from unity compared to prehnite and clinozoisite. In fact, it varies between
0.007 and 0.875, with an average of 0.654, a median of 0.688 and a standard devi-
ation of 0.156, in 75 white micas from several geothermal systems (see Sect. 4.3.2
for further details).

Table 8.1 Main statistical parameters for the activity of the Ca-endmembers in Ca–Al-silicates
and calcite from active geothermal systems

Ca-endmember Solid solution N Mean Median Std
dev

Min Max

Clinozoisite Clinozoisite/epidote 436 0.703 0.706 0.057 0.523 0.888

Prehnite Prehnite/ferri-prehnite 127 0.763 0.779 0.154 0.373 0.998

Wairakite Wairakite/analcime 136 0.891 0.920 0.090 0.573 0.999

Laumontite Laumontite/alkali-laumontite 45 0.946 0.951 0.031 0.873 0.992

Calcite Calcite-rich trigonal
carbonate

313 0.972 0.988 0.043 0.705 1.000
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8.3 The Log K of the K–Ca and Na–Ca Exchange
Reactions and of the Univariant Reactions Involving
Calcite and a Ca–Al-Silicate

Assuming that the activity of water does not differ significantly from 1, if the ionic
strength of the aqueous phase is less than ~1 mol/kg, the decimal logarithm of the
thermodynamic equilibrium constants of the reactions presented in Sect. 8.1 can be
generally written in the following simplified forms:

logKK−Ca,Lmt
∼= log

(
a2K+

aCa2+

)
+ log aLmt (8.15)

logKK−Ca,Czo
∼= log

(
a2K+

aCa2+

)
+ 0.25 · log aMs + 0.5 · log aCzo (8.16)

logKK−Ca,Prh
∼= log

(
a2K+

aCa2+

)
+ 0.5 · log aMs + 0.5 · log aPrh (8.17)

logKK−Ca,Wrk
∼= log

(
a2K+

aCa2+

)
+ log aWrk (8.18)

logKNa−Ca,Lmt
∼= log

(
a2Na+

aCa2+

)
+ log aLmt (8.19)

logKNa−Ca,Czo
∼= log

(
a2Na+

aCa2+

)
+ 0.25 · log aMs + 0.5 · log aCzo (8.20)

logKNa−Ca,Prh
∼= log

(
a2Na+

aCa2+

)
+ 0.5 · log aMs + 0.5 · log aPrh (8.21)

logKNa−Ca,Wrk
∼= log

(
a2Na+

aCa2+

)
+ log aWrk (8.22)

logKK−Ca,Cal
∼= log

(
a2K+

aCa2+

)
− log fCO2 + log aMs (8.23)

logKNa−Ca,Cal
∼= log

(
a2Na+

aCa2+

)
− log fCO2 + log aMs (8.24)

logKLmt−Cal
∼= log fCO2 + log aLmt − log aMs (8.25)
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logKCzo−Cal
∼= log fCO2 + 0.5 · log aCzo − 0.75 · log aMs (8.26)

logKPrh−Cal
∼= log fCO2 + 0.5 · log aPrh − 0.5 · log aMs (8.27)

logKWrk−Cal
∼= log fCO2 + log aWrk − log aMs (8.28)

As discussed in Sects. 4.2.3 and 5.3.3, Al–Si order-disorder on the tetrahedral sites
of adularia causes further complications. Therefore, adopting the same approach of
Sects. 6.1 and 7.1, adularias with ordering parameter Z varying from 0 (i.e., high-
sanidine) to 1 (i.e., maximum-microcline) at steps of 0.1 units were alternatively
considered to take part to reactions (8.1)–(8.4), (8.6), (8.7), and (8.9)–(8.14). The
silicamineral involved in these reactionswas assumed to be chalcedony at T < 175 °C
or quartz/chalcedony at T > 175 °C. The thermodynamic properties of these reactions
were computed as a function of temperature, at pressure of 1 bar for T < 100 °C and
at water saturation pressure for T ≥ 100 °C, using the SUPCRT92 code.

8.4 Derivation of the Activity-Based Theoretical K–Ca
and Na–Ca Geothermometers and fCO2-Indicators

The logarithm of the thermodynamic equilibrium constants of reactions (8.1)–(8.10)
for pure solid phases were fitted against both the inverse of the absolute temperature
and the ordering parameter of adularia (if present in the reaction), considering as two
distinct datasets the data below 175 °C, with chalcedony controlling undissociated
SiO2, and those above 175 °C,with quartz/chalcedony governing undissociated SiO2.
Each regression equation and the average activities of pertinent solid phases were
then inserted into the corresponding relation linking the log K to the K2/Ca- and
Na2/Ca-log activity ratios, i.e., Eqs. (8.15)–(8.24).

The relations derived from Eqs. (8.15) to (8.22) were solved with respect to
temperature, thus obtaining four K–Ca geothermometers and four Na–Ca geother-
mometers. The relationships resulting from Eqs. (8.23) and (8.24) were solved with
respect to the logarithm of CO2 fugacity, thus obtaining a K–Ca fCO2-indicator and
a Na–Ca fCO2-indicator.

The uncertainties caused by variations in the activities of relevant compo-
nents in the solid solutions of interest, that is muscovite in illite, laumontite
in laumontite/alkali-laumontite, clinozoisite in clinozoisite/epidote, prehnite in
prehnite/ferri-prehnite, and wairakite in wairakite/analcime were evaluated consid-
ering the average activities plus one standard deviation and the average activities
minus one standard deviation (see below).
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8.4.1 The Theoretical K–Ca and Na–Ca Laumontite
Geothermometers

For reactions (8.1) and (8.5), comprising laumontite, the following four geothermo-
metric equations were obtained from Eqs. (8.15) and (8.19) and the log KK–Ca,Lmt

and log KNa–Ca,Lmt values listed in Tables 8.2 and 8.3, respectively:

TK−Ca,Lmt (
◦C) = 2481.5 + 1158.1 · Z

4.0237 + 1.4861 · Z − log
(

a2
K+

aCa2+

) − 273.15, for T < 175 ◦C

(8.29)

TK−Ca,Lmt (
◦C) = 2100.3 + 1157.4 · Z

3.3178 + 1.4845 · Z − log
(

a2
K+

aCa2+

) − 273.15,

for 175 < T < 325 ◦C (8.30)

TNa−Ca,Lmt (
◦C) = 940.13

2.4914 − log
(

a2
Na+

aCa2+

) − 273.15, for T < 175 ◦C (8.31)

TNa−Ca,Lmt (
◦C) = 1050.2

2.9090 − log
(

a2
Na+

aCa2+

) − 273.15, for 175 < T < 325 ◦C

(8.32)

It must be noted that the log K values of reaction (8.5), which are reported in
Table 8.3, depend on temperature only because adularia is not involved in this reac-
tion. The average value of log aLmt, −0.0241, is considered in Eqs. (8.29)–(8.32).
Due to deviations of laumontite activity of +1σ and −1σ from the mean value, log
aLmt assumes the values −0.0101 and −0.0386, respectively. These variations in log
aLmt, determine differences of ±0.3 to ±1.1 °C, ±0.9 to ±1.8 °C, ±1.1 to ±3.0 °C,
and ±2.7 to ±5.0 °C in the temperatures calculated by means of Eqs. (8.29), (8.30),
(8.31), and (8.32), respectively, representing their nominal errors.

8.4.2 The Theoretical K–Ca and Na–Ca Clinozoisite
Geothermometers

For reactions (8.2) and (8.6), involving clinozoisite, the following four geothermo-
metric functions were obtained, based on Eqs. (8.16) and (8.20) and the log KK–Ca,Czo

and log KNa–Ca,Czo values reported in Tables 8.4 and 8.5, respectively:
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Table 8.3 Logarithm of the thermodynamic equilibrium constant of reaction (8.5), log KNa–Ca,Lmt,
for pure laumontite, chalcedony (for T < 175 °C) or quartz/chalcedony (for T > 175 °C), and albite,
as a function of temperature (P = 1 bar for T < 100 °C; P = Psat for T ≥ 100 °C)

T (°C) 0.01 25 50 75 100 125 150 175

log K −0.9783 −0.6816 −0.4386 −0.2330 −0.0548 0.1025 0.2440 0.3731

T (°C) 175 200 225 250 275 300 325 350

log K 0.5535 0.6634 0.7672 0.8671 0.9647 1.0581 1.1375 1.1749

TK−Ca,Czo (
◦C) = 1302.9 · Z + 3697.9

6.3540 + 1.6719 · Z − log
(

a2
K+

aCa2+

) − 273.15, for T < 175 ◦C

(8.33)

TK−Ca,Czo (
◦C) = 1302.1 · Z + 4121.3

7.6909 + 1.6700 · Z − log
(

a2
K+

aCa2+

) − 273.15,

for 175 < T < 325 ◦C (8.34)

TNa−Ca,Czo (
◦C) = 144.81 · Z + 2170.4

4.8576 + 0.1859 · Z − log
(

a2
Na+

aCa2+

) − 273.15, for T < 175 ◦C

(8.35)

TNa−Ca,Czo (
◦C) = 144.72 · Z + 3042.6

7.2239 + 0.1856 · Z − log
(

a2
Na+

aCa2+

) − 273.15,

for 175 < T < 325 ◦C (8.36)

The averagevalue of the term0.25 · logaMs +0.5 · logaCzo,−0.1227, is considered
in Eqs. (8.33)–(8.36). Due to deviations of clinozoisite and muscovite activity of +
1σ and −1σ from the mean values, the term 0.25 · log aMs + 0.5 · log aCzo assumes
the values−0.0825 and−0.1706, respectively. These variations in the term 0.25 · log
aMs + 0.5 · log aCzo, cause differences of ±0.7 to ±2.3 °C, ±1.8 to ±3.8 °C, ±1.3 to
±4.1 °C, and±2.5 to±5.3 °C in the temperatures computed bymeans of Eqs. (8.33),
(8.34), (8.35), and (8.36), respectively, representing their nominal uncertainties.

8.4.3 The Theoretical K–Ca and Na–Ca Prehnite
Geothermometers

For reactions (8.3) and (8.7), including prehnite, the following four geothermometric
equations were obtained on the basis of Eqs. (8.17) and (8.21) and the log KK–Ca,Prh

and log KNa–Ca,Prh values listed in Tables 8.6 and 8.7, respectively:
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TK−Ca,Prh (
◦C) = 1447.7 · Z + 2573.9

4.6093 + 1.8577 · Z − log
(

a2
K+

aCa2+

) − 273.15, for T < 175 ◦C

(8.37)

TK−Ca,Prh (
◦C) = 1446.7 · Z + 2876.0

5.6691 + 1.8555 · Z − log
(

a2
K+

aCa2+

) − 273.15,

for 175 < T < 325 ◦C (8.38)

TNa−Ca,Prh (
◦C) = 289.51 · Z + 1035.4

3.0844 + 0.3715 · Z − log
(

a2
Na+

aCa2+

) − 273.15, for T < 175 ◦C

(8.39)

TNa−Ca,Prh (
◦C) = 289.33 · Z + 1804.7

5.3085 + 0.3711 · Z − log
(

a2
Na+

aCa2+

) − 273.15,

for 175 < T < 325 ◦C (8.40)

The mean value of the term 0.50 · log aMs + 0.5 · log aPrh,−0.1509, is considered
in Eqs. (8.37)–(8.40). Owing to departures of prehnite and muscovite activity of +
1σ and −1σ from the mean values, the term 0.50 · log aMs + 0.5 · log aPrh becomes
equal to −0.0646 and −0.2591, respectively. These changes in the term 0.50 · log
aMs + 0.5 · log aPrh, determine differences of ±1.6 to ±5.3 °C, ±4.0 to ±9.6 °C,
±4.5 to ±14.4 °C, and ±8.4 to ±17.9 °C in the temperatures computed by means of
Eqs. (8.37), (8.38), (8.39), and (8.40), respectively, representing their nominal errors.

8.4.4 The Theoretical K–Ca and Na–Ca Wairakite
Geothermometers

For reactions (8.4) and (8.8), involvingwairakite, the following four geothermometric
functions were obtained based on Eqs. (8.18) and (8.22) and the log KK–Ca,Wrk and
log KNa–Ca,Wrk values reported in Tables 8.8 and 8.9, respectively:

TK−Ca,Wrk (
◦C) = 1158.2 · Z + 5457.0

9.5776 + 1.4861 · Z − log
(

a2
K+

aCa2+

) − 273.15, for T < 175 ◦C

(8.41)

TK−Ca,Wrk (
◦C) = 1157.4 · Z + 5520.6

9.8775 + 1.4844 · Z − log
(

a2
K+

aCa2+

) − 273.15,

for 175 < T < 325 ◦C (8.42)
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Table 8.9 Logarithm of the thermodynamic equilibrium constant of reaction (8.8), log KNa–Ca,Wrk,
for pure wairakite, chalcedony (for T < 175 °C) or quartz/chalcedony (for T > 175 °C), and albite,
as a function of temperature (P = 1 bar for T < 100 °C; P = Psat for T ≥ 100 °C)

T (°C) 0.01 25 50 75 100 125 150 175

log K −6.2281 −5.0910 −4.1187 −3.2723 −2.5253 −1.8584 −1.2567 −0.7088

T (°C) 175 200 225 250 275 300 325 350

log K −0.5283 −0.0348 0.4221 0.8492 1.2512 1.6292 1.9758 2.2653

TNa−Ca,Wrk (
◦C) = 0.1490 · χ3 + 3.9720 · χ2 + 52.5016 · χ + 207.866,

for T < 175 ◦C (8.43)

TNa−Ca,Wrk (
◦C) = 0.5157 · χ3 + 3.6160 · χ2 + 52.5514 · χ + 199.312,

for 175 < T < 325 ◦C (8.44)

In Eqs. (8.43) and (8.44), χ = log
(
a2Na+/aCa2+

)
.

To be noted that the log K values of reaction (8.8), which are shown in Table 8.9,
are function of temperature only because adularia does not take part to this reaction.
The average value of log aWrk, −0.0501, is considered in Eqs. (8.41)–(8.44). Due to
deviations of wairakite activity of +1σ and −1σ from the average value, log aWrk

assumes the values−0.0083 and−0.0964, respectively. These variations in log aWrk,
determine differences of ±0.5 to ±1.4 °C, ±1.3 to ±2.7 °C, ±0.9 to ±2.2 °C, and
±2.1 to ±3.4 °C in the temperatures calculated by means of Eqs. (8.41), (8.42),
(8.43), and (8.44), respectively, representing their nominal uncertainties.

8.4.5 The Theoretical K–Ca and Na–Ca Calcite
fCO2-Indicators

For reactions (8.9) and (8.10), comprising calcite, the following four equations were
obtained on the basis of Eqs. (8.23) and (8.24) and the log KK–Ca,Cal and log KNa–Ca,Cal

values given in Tables 8.10 and 8.11, respectively

log fCO2,K−Ca = log

(
a2K+

aCa2+

)
+

(
1737.2

T
− 2.2291

)
· Z

− 49,305

T2 − 1506.0

T
+ 3.5345 (8.45)

log fCO2,K−Ca = log

(
a2K+

aCa2+

)
+

(
1736.3

T
− 2.2270

)
· Z
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− 780,426

T2 + 1523.2

T
− 0.1345 (8.46)

log fCO2,Na−Ca = log

(
a2Na+

aCa2+

)
+

(
579.07

T
− 0.7430

)
· Z

− 258,609

T2 − 1879.8

T
+ 3.4685 (8.47)

log fCO2,Na−Ca = log

(
a2Na+

aCa2+

)
+

(
578.72

T
− 0.7423

)
· Z

− 1,081,929

T2 + 1648.6

T
− 0.8608 (8.48)

Equations (8.45) and (8.47) are valid below175 °C,whereas Eqs. (8.46) and (8.48)
hold true from 175 to 350 °C. Shifts of muscovite activity of ±1σ from the mean
value determine differences of 0.09–0.12 log-units in the log fCO2 values calculated
by means of Eqs. (8.45)–(8.48), irrespective of temperature.

8.5 Derivation of the Theoretical fCO2-Temperature
Functions Controlled by Equilibrium Coexistence
of a Ca–Al-Silicate and Calcite

Adopting the same approach described in Sect. 8.4, the log K of reactions (8.11)–
(8.14) for pure solid phases were fitted against both the absolute temperature recip-
rocal and the ordering parameter of adularia, considering separately the data below
175 °C, with chalcedony controlling undissociated SiO2, and those above 175 °C,
with quartz/chalcedony governing undissociated SiO2. Each regression equation and
the average activities of pertinent solid phases were then inserted into Eqs. (8.25)–
(8.28). These equations were solved with respect to the logarithm of CO2 fugacity,
thus obtaining four fCO2-temperature functions, one for each Ca–Al-silicate. Again,
the uncertainties brought about by variations in the activities of relevant compo-
nents in the solid solutions of interest were assessed taking into account the average
activities plus one standard deviation and the average activities minus one standard
deviation.
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8.5.1 The fCO2-Temperature Functions Fixed by Equilibrium
Coexistence of Laumontite and Calcite

The log fCO2 values controlled by laumontite/calcite equilibrium coexistence [see
reaction (8.11) and Eq. (8.25)] depend on the absolute temperature reciprocal and
the ordering parameter Z of hydrothermal adularia as described by the following
relations:

log fCO2 =
(
579.063

T
− 0.7430

)
· Z − 260,888

T2

− 2806.6

T
+ 5.9407 for T < 175 ◦C (8.49)

log fCO2 =
(
578.708

T
− 0.7422

)
· Z − 818,992

T2

− 426.78

T
+ 3.0381 for 175 < T < 325 ◦C. (8.50)

Equations (8.49) and (8.50) are based on the log KLmt-Cal values shown in
Table 8.12. Deviations of muscovite and laumontite activities of ±1σ from the
mean values bring about differences of 0.079–0.104 log-units in the log fCO2 values
calculated by means of Eqs. (8.49) and (8.50), irrespective of temperature.

8.5.2 The fCO2-Temperature Functions Fixed by Equilibrium
Coexistence of Clinozoisite and Calcite

The log fCO2 values governed by clinozoisite/calcite equilibrium coexistence [see
reaction (8.12) and Eq. (8.26)] vary with the absolute temperature inverse and the
ordering parameter Z of hydrothermal adularia as defined by the following equations:

log fCO2 =
(
434.321

T
− 0.5573

)
· Z − 5493.1

T
+ 10.3015 for T < 175 ◦C

(8.51)

log fCO2 =
(
434.061

T
− 0.5568

)
· Z − 5612.4

T
+ 10.4368

for 175 < T < 325 ◦C. (8.52)

Equations (8.51) and (8.52) were derived from the log KCzo-Cal values listed in
Table 8.13. Shifts of clinozoisite andmuscovite activity of±1σ from themean values
cause differences of 0.053–0.070 log-units in the log fCO2 values calculated using
Eqs. (8.51) and (8.52), irrespective of temperature.
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8.5.3 The fCO2-Temperature Functions Fixed by Equilibrium
Coexistence of Prehnite and Calcite

The log fCO2 values fixed by prehnite/calcite equilibrium coexistence [see reaction
(8.13) and Eq. (8.27)] depend on the absolute temperature reciprocal and the ordering
parameter Z of hydrothermal adularia according to the following relations:

log fCO2 =
(
289.504

T
− 0.3714

)
· Z − 4369.1

T
+ 8.5567 for T < 175 ◦C

(8.53)

log fCO2 =
(
289.321

T
− 0.3710

)
· Z − 4372.6

T
+ 8.4261 for 175 < T < 350 ◦C.

(8.54)

Equations (8.53) and (8.54) were obtained from the log KPrh-Cal values shown in
Table 8.14. Deviations of prehnite and muscovite activity of ±1σ from the average
values cause differences of 0.007–0.010 log-units in the log fCO2 values computed
using Eqs. (8.53) and (8.54), irrespective of temperature.

8.5.4 The fCO2-Temperature Functions Fixed by Equilibrium
Coexistence of Wairakite and Calcite

The log fCO2 values constrained by wairakite/calcite equilibrium coexistence [see
reaction (8.14) and Eq. (8.28)] depend on the absolute temperature inverse and
the ordering parameter Z of hydrothermal adularia as described by the following
equations:

log fCO2 =
(
579.066

T
− 0.7430

)
· Z − 87,786

T2

− 6737.3

T
+ 12.7898 for T < 175 ◦C (8.55)

log fCO2 =
(
578.696

T
− 0.7422

)
· Z − 416,559

T2 − 5422.6

T
+ 11.1262

for 175 < T < 350 ◦C. (8.56)

Equations (8.55) and (8.56) were derived from the log KWrk-Cal values listed in
Table 8.15. Shifts of wairakite andmuscovite activity of±1σ from the average values
cause differences of 0.051–0.072 log-units in the log fCO2 values computed using
Eqs. (8.55) and (8.56), independent of temperature.



388 8 The Activity-Based Theoretical K–Ca and Na–Ca Geoindicators

Ta
bl
e
8.
14

L
og
ar
ith

m
of

th
e
th
er
m
od
yn
am

ic
eq
ui
lib

ri
um

co
ns
ta
nt
of

re
ac
tio

n
(8
.1
3)
,l
og

K
Pr
h-
C
al
,f
or

pu
re
pr
eh
ni
te
,c
al
ci
te
,a
du

la
ri
a,
m
us
co
vi
te
,a
nd

ch
al
ce
do

ny
(f
or

T
<
17
5
°C

)
or

qu
ar
tz
/c
ha
lc
ed
on
y
(f
or

T
>
17
5
°C

),
as

a
fu
nc
tio

n
of

th
e
te
m
pe
ra
tu
re

an
d
th
e
or
de
ri
ng

pa
ra
m
et
er

Z
of

ad
ul
ar
ia
(P

=
1
ba
r
fo
r
T
<
10
0
°C

;P
=

P s
at
fo
r
T

≥
10
0
°C

)

T
(°
C
)

Z
=

1
Z

=
0.
9

Z
=

0.
8

Z
=

0.
7

Z
=

0.
6

Z
=

0.
5

Z
=

0.
4

Z
=

0.
3

Z
=

0.
2

Z
=

0.
1

Z
=

0

0.
01

−6
.7
20
0

−6
.7
88
8

−6
.8
57
7

−6
.9
26
5

−6
.9
95
4

−7
.0
64
2

−7
.1
33
1

−7
.2
01
9

−7
.2
70
7

−7
.3
39
6

−7
.4
08
4

25
−5

.4
64
6

−5
.5
24
5

−5
.5
84
5

−5
.6
44
4

−5
.7
04
4

−5
.7
64
4

−5
.8
24
3

−5
.8
84
3

−5
.9
44
2

−6
.0
04
2

−6
.0
64
2

50
−4

.4
03
4

−4
.4
55
9

−4
.5
08
3

−4
.5
60
8

−4
.6
13
2

−4
.6
65
7

−4
.7
18
1

−4
.7
70
6

−4
.8
23
0

−4
.8
75
4

−4
.9
27
9

75
−3

.4
95
7

−3
.5
41
8

−3
.5
87
8

−3
.6
33
8

−3
.6
79
8

−3
.7
25
8

−3
.7
71
8

−3
.8
17
8

−3
.8
63
8

−3
.9
09
9

−3
.9
55
9

10
0

−2
.7
11
0

−2
.7
51
5

−2
.7
91
9

−2
.8
32
4

−2
.8
72
8

−2
.9
13
2

−2
.9
53
7

−2
.9
94
1

−3
.0
34
6

−3
.0
75
0

−3
.1
15
5

12
5

−2
.0
26
1

−2
.0
61
7

−2
.0
97
3

−2
.1
32
8

−2
.1
68
4

−2
.2
04
0

−2
.2
39
6

−2
.2
75
1

−2
.3
10
7

−2
.3
46
3

−2
.3
81
8

15
0

−1
.4
23
5

−1
.4
54
8

−1
.4
86
1

−1
.5
17
3

−1
.5
48
6

−1
.5
79
9

−1
.6
11
2

−1
.6
42
4

−1
.6
73
7

−1
.7
05
0

−1
.7
36
3

17
5

−0
.8
89
4

−0
.9
16
9

−0
.9
44
3

−0
.9
71
8

−0
.9
99
2

−1
.0
26
7

−1
.0
54
2

−1
.0
81
6

−1
.1
09
1

−1
.1
36
5

−1
.1
64
0

17
5

−1
.0
24
7

−1
.0
52
2

−1
.0
79
7

−1
.1
07
1

−1
.1
34
6

−1
.1
62
0

−1
.1
89
5

−1
.2
16
9

−1
.2
44
4

−1
.2
71
9

−1
.2
99
3

20
0

−0
.5
41
1

−0
.5
65
1

−0
.5
89
2

−0
.6
13
2

−0
.6
37
3

−0
.6
61
3

−0
.6
85
3

−0
.7
09
4

−0
.7
33
4

−0
.7
57
5

−0
.7
81
5

22
5

−0
.1
06
9

−0
.1
27
9

−0
.1
48
9

−0
.1
69
9

−0
.1
90
8

−0
.2
11
8

−0
.2
32
8

−0
.2
53
7

−0
.2
74
7

−0
.2
95
7

−0
.3
16
7

25
0

0.
28
49

0.
26
67

0.
24
85

0.
23
03

0.
21
21

0.
19
39

0.
17
57

0.
15
75

0.
13
93

0.
12
12

0.
10
30

27
5

0.
64
05

0.
62
48

0.
60
91

0.
59
34

0.
57
77

0.
56
21

0.
54
64

0.
53
07

0.
51
50

0.
49
94

0.
48
37

30
0

0.
96
46

0.
95
12

0.
93
78

0.
92
44

0.
91
11

0.
89
77

0.
88
43

0.
87
10

0.
85
76

0.
84
42

0.
83
08

32
5

1.
26
15

1.
25
02

1.
23
89

1.
22
76

1.
21
64

1.
20
51

1.
19
38

1.
18
26

1.
17
13

1.
16
01

1.
14
88

35
0

1.
53
47

1.
52
53

1.
51
59

1.
50
66

1.
49
73

1.
48
80

1.
47
87

1.
46
93

1.
46
00

1.
45
07

1.
44
14



8.5 Derivation of the Theoretical fCO2 -Temperature Functions Controlled … 389

Ta
bl
e
8.
15

L
og
ar
ith

m
of

th
e
th
er
m
od
yn
am

ic
eq
ui
lib

ri
um

co
ns
ta
nt

of
re
ac
tio

n
(8
.1
4)
,
lo
g
K
W
rk
-C
al
,
fo
r
pu

re
w
ai
ra
ki
te
,
ca
lc
ite

,
ad
ul
ar
ia
,
m
us
co
vi
te
,
an
d

ch
al
ce
do
ny

(f
or

T
<
17
5
°C

)
or

qu
ar
tz
/c
ha
lc
ed
on
y
(f
or

T
>
17
5
°C

),
as

a
fu
nc
tio

n
of

th
e
te
m
pe
ra
tu
re

an
d
th
e
or
de
ri
ng

pa
ra
m
et
er

Z
of

ad
ul
ar
ia
(P

=
1
ba
r
fo
r
T

<
10
0
°C

;P
=

P s
at
fo
r
T

≥
10
0
°C

)

T
(°
C
)

Z
=

1
Z

=
0.
9

Z
=

0.
8

Z
=

0.
7

Z
=

0.
6

Z
=

0.
5

Z
=

0.
4

Z
=

0.
3

Z
=

0.
2

Z
=

0.
1

Z
=

0

0.
01

−1
1.
53
66

−1
1.
67
43

−1
1.
81
20

−1
1.
94
97

−1
2.
08
74

−1
2.
22
50

−1
2.
36
27

−1
2.
50
04

−1
2.
63
81

−1
2.
77
58

−1
2.
91
35

25
−9

.4
65
1

−9
.5
85
0

−9
.7
04
9

−9
.8
24
9

−9
.9
44
8

−1
0.
06
47

−1
0.
18
46

−1
0.
30
45

−1
0.
42
45

−1
0.
54
44

−1
0.
66
43

50
−7

.7
19
5

−7
.8
24
4

−7
.9
29
2

−8
.0
34
1

−8
.1
39
0

−8
.2
43
9

−8
.3
48
8

−8
.4
53
7

−8
.5
58
6

−8
.6
63
5

−8
.7
68
4

75
−6

.2
31
3

−6
.3
23
3

−6
.4
15
4

−6
.5
07
4

−6
.5
99
4

−6
.6
91
4

−6
.7
83
5

−6
.8
75
5

−6
.9
67
5

−7
.0
59
5

−7
.1
51
6

10
0

−4
.9
49
6

−5
.0
30
5

−5
.1
11
3

−5
.1
92
2

−5
.2
73
1

−5
.3
54
0

−5
.4
34
9

−5
.5
15
8

−5
.5
96
6

−5
.6
77
5

−5
.7
58
4

12
5

−3
.8
36
0

−3
.9
07
1

−3
.9
78
3

−4
.0
49
4

−4
.1
20
6

−4
.1
91
7

−4
.2
62
8

−4
.3
34
0

−4
.4
05
1

−4
.4
76
2

−4
.5
47
4

15
0

−2
.8
61
0

−2
.9
23
6

−2
.9
86
1

−3
.0
48
7

−3
.1
11
2

−3
.1
73
8

−3
.2
36
3

−3
.2
98
9

−3
.3
61
4

−3
.4
23
9

−3
.4
86
5

17
5

−2
.0
01
7

−2
.0
56
7

−2
.1
11
6

−2
.1
66
5

−2
.2
21
4

−2
.2
76
3

−2
.3
31
2

−2
.3
86
1

−2
.4
41
0

−2
.4
96
0

−2
.5
50
9

17
5

−2
.3
62
6

−2
.4
17
5

−2
.4
72
4

−2
.5
27
4

−2
.5
82
3

−2
.6
37
2

−2
.6
92
1

−2
.7
47
0

−2
.8
01
9

−2
.8
56
8

−2
.9
11
7

20
0

−1
.5
81
8

−1
.6
29
9

−1
.6
78
0

−1
.7
26
1

−1
.7
74
2

−1
.8
22
3

−1
.8
70
3

−1
.9
18
4

−1
.9
66
5

−2
.0
14
6

−2
.0
62
7

22
5

−0
.8
86
0

−0
.9
27
9

−0
.9
69
9

−1
.0
11
8

−1
.0
53
8

−1
.0
95
7

−1
.1
37
7

−1
.1
79
6

−1
.2
21
6

−1
.2
63
5

−1
.3
05
4

25
0

−0
.2
63
1

−0
.2
99
5

−0
.3
35
9

−0
.3
72
3

−0
.4
08
7

−0
.4
45
1

−0
.4
81
5

−0
.5
17
9

−0
.5
54
3

−0
.5
90
7

−0
.6
27
1

27
5

0.
29
66

0.
26
52

0.
23
38

0.
20
25

0.
17
11

0.
13
98

0.
10
84

0.
07
71

0.
04
57

0.
01
44

−0
.0
17
0

30
0

0.
80
11

0.
77
42

0.
74
75

0.
72
08

0.
69
40

0.
66
73

0.
64
05

0.
61
38

0.
58
71

0.
56
03

0.
53
36

32
5

1.
25
71

1.
23
44

1.
21
19

1.
18
94

1.
16
69

1.
14
44

1.
12
18

1.
09
93

1.
07
68

1.
05
43

1.
03
18

35
0

1.
67
01

1.
65
13

1.
63
27

1.
61
40

1.
59
54

1.
57
67

1.
55
81

1.
53
94

1.
52
08

1.
50
22

1.
48
35



390 8 The Activity-Based Theoretical K–Ca and Na–Ca Geoindicators

8.6 Plots of the K2/Ca- and Na2/Ca-Log Activity Ratios
Versus the Absolute Temperature Inverse

The reservoir liquids of interest as well as the theoretical K–Ca and Na–Ca geother-
mometers and fCO2-indicators which were derived in Sect. 8.4 are shown in the
diagrams of Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6. The reservoir liquids are indi-
cated by the usual symbols, whereas the K–Ca and Na–Ca theoretical geoindicators
are represented by lines of different color, namely moss-green for the laumontite
geothermometers, green for the clinozoisite geothermometers, orange for the prehnite
geothermometers, olive for the wairakite geothermometers, and grey for the calcite
fCO2-indicators, whose lines refer to different fCO2 values, as specified.
For the geoindicators involving the ordering parameter of adularia, Z was alter-

natively set at 0.30 (mean value −1σ, dashed lines) and 0.82 (mean value +1σ, solid
lines) to bracket the range of Z values of most hydrothermal adularias in hypothet-
ical equilibrium with the considered reservoir liquids (see Sect. 6.1). The activities
of Ca-endmembers in Ca–Al-silicates and of muscovite in illite were assumed equal
to the average values for the hydrothermal solid solutions from active geothermal
systems (see Sect. 8.2), like in the derivation of the geoindicators (Sect. 8.4).

For the calcite fCO2-indicator, at the same fCO2 value, the theoretical K
2/Ca-log

activity ratios of the aqueous solution for Z = 0.30 and Z = 0.82 differ by 1.26 log-
units at 100 °C, 0.75 log-units at 200 °C, and 0.42 log-units at 300 °C, whereas the
differences in the theoretical Na2/Ca-log activity ratios are 1/3 of previous figures,

Fig. 8.1 Logarithmof the aK2/Ca and bNa2/Ca activity ratios of the selected reservoir liquids from
the geothermal fields of Iceland as a function of the aquifer temperature reciprocal. Also shown
are the theoretical log activity ratios fixed by mineral-solution equilibria, for average activities
of relevant solid phases. Different fCO2 values, as indicated, were considered for the reactions
involving calcite (gray lines). The ordering parameter of adularia was set at 0.30 (dashed lines) and
0.82 (solid lines), to bracket the range of Z values of adularia apparently in equilibrium with the
reservoir liquids of interest
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Fig. 8.2 Logarithm of the a K2/Ca and b Na2/Ca activity ratios of the selected reservoir liquids
from the geothermal fields of Northern and Central America as a function of the aquifer temperature
reciprocal. Also shown are the theoretical log activity ratios fixed by mineral-solution equilibria,
for average activities of relevant solid phases. Different fCO2 values, as indicated, were considered
for the reactions involving calcite (gray lines). The ordering parameter of adularia was set at 0.30
(dashed lines) and 0.82 (solid lines), to bracket the range of Z values of adularia apparently in
equilibrium with the reservoir liquids of interest

Fig. 8.3 Logarithm of the a K2/Ca and b Na2/Ca activity ratios of the selected reservoir liquids
from the geothermal fields of Japan as a function of the aquifer temperature reciprocal. Also shown
are the theoretical log activity ratios fixed by mineral-solution equilibria, for average activities
of relevant solid phases. Different fCO2 values, as indicated, were considered for the reactions
involving calcite (gray lines). The ordering parameter of adularia was set at 0.30 (dashed lines) and
0.82 (solid lines), to bracket the range of Z values of adularia apparently in equilibrium with the
reservoir liquids of interest
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Fig. 8.4 Logarithm of the a K2/Ca and b Na2/Ca activity ratios of the selected reservoir liquids
from the geothermal fields of the Philippines as a function of the aquifer temperature reciprocal.
Also shown are the theoretical log activity ratios fixed by mineral-solution equilibria, for average
activities of relevant solid phases. Different fCO2 values, as indicated, were considered for the
reactions involving calcite (gray lines). The ordering parameter of adularia was set at 0.30 (dashed
lines) and 0.82 (solid lines), to bracket the range of Z values of adularia apparently in equilibrium
with the reservoir liquids of interest

Fig. 8.5 Logarithm of the a K2/Ca and b Na2/Ca activity ratios of the selected reservoir liquids
from the geothermal fields of New Zealand as a function of the aquifer temperature reciprocal.
Also shown are the theoretical log activity ratios fixed by mineral-solution equilibria, for average
activities of relevant solid phases. Different fCO2 values, as indicated, were considered for the
reactions involving calcite (gray lines). The ordering parameter of adularia was set at 0.30 (dashed
lines) and 0.82 (solid lines), to bracket the range of Z values of adularia apparently in equilibrium
with the reservoir liquids of interest
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Fig. 8.6 Logarithmof the aK2/Ca and bNa2/Ca activity ratios of the selected reservoir liquids from
miscellaneous geothermal fields as a function of the aquifer temperature reciprocal. Also shown
are the theoretical log activity ratios fixed by mineral-solution equilibria, for average activities
of relevant solid phases. Different fCO2 values, as indicated, were considered for the reactions
involving calcite (gray lines). The ordering parameter of adularia was set at 0.30 (dashed lines) and
0.82 (solid lines), to bracket the range of Z values of adularia apparently in equilibrium with the
reservoir liquids of interest

being 0.42 log-units at 100 °C, 0.25 log-units at 200 °C, and 0.14 log-units at 300 °C.
This different impact of adularia order-disorder is due to its different stoichiometric
coefficient, which is 3 in the K–Ca exchange reaction (8.9) controlling the K2/Ca
activity ratio, but is 1 in Na–Ca exchange reaction (8.10), governing the Na2/Ca
activity ratio.

Likewise, for the reactions comprisingCa–Al silicates, adularia order-disorder has
a greater impact on the theoretical K2/Ca-log activity ratios than on the corresponding
Na2/Ca-log activity ratios. Again, these differences are related to the higher stoichio-
metric coefficient of adularia in the K–Ca exchange reactions (8.1), (8.2), (8.3), and
(8.4), compared to theNa–Ca exchange reactions (8.5), (8.6), (8.7), and (8.8), respec-
tively. In particular, the theoretical Na2/Ca-log activity ratios governed by the Na–Ca
exchange reactions (8.5) and (8.8), involving laumontite and wairakite, respectively,
do not depend on Z because adularia does not participate to these reactions.

In the plots of theK2/Ca log-activity ratio versus the aquifer temperature reciprocal
as well as in the diagrams of the Na2/Ca log-activity ratio versus the aquifer temper-
ature inverse, the lines of the wairakite, clinozoisite and prehnite geothermome-
ters converge gradually with increasing temperatures and diverge progressively with
decreasing temperatures, whereas the lines of the laumontite geothermometers have
lower slope and cross the lines of the wairakite, clinozoisite and prehnite geother-
mometers. Consequently, for the reservoir liquids ofmedium-low temperature (in the
range 100–200 °C approximately), the attainment of equilibriumwith either prehnite
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or clinozoisite or wairakite results in substantially different K2/Ca and Na2/Ca log-
activity ratios, at any given temperature and Z value of adularia. In other words,
in principle, it is possible to establish if a given low-temperature reservoir liquid is
in equilibrium with either prehnite or clinozoisite or wairakite. However, there are
some ambiguities owing to the possible attainment of equilibrium with laumontite
instead of prehnite or clinozoisite.

In contrast, the high-temperature reservoir liquidsmay appear to be in equilibrium
(or close to it) with two or even three Ca–Al-silicates at the same time, which is obvi-
ously an impossible condition because it would violate the Gibbs’ phase rule. This
apparent multiple-equilibrium condition is due to the small differences in the Gibbs
free energies and log K values of the K–Ca and Na–Ca exchange reactions involving
prehnite, clinozoisite, and wairakite above 200 °C approximately. Furthermore, the
differences between the Gibbs free energies of these reactions become smaller and
smaller with increasing temperature.

The reservoir liquids of interest can be separated into three different groups based
on their position with respect to the lines of the Ca–Al-silicate geothermometers in
the diagrams of Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6, namely those situated along these
lines, those that are found above these lines and those that are located below these
lines.

Most reservoir liquids from the geothermal fields of Iceland (Fig. 8.1), Northern
and Central America (Fig. 8.2), and the Philippines (Fig. 8.4), as well as the Japanese
reservoir liquids from Uenotai, Takigami, Oguni, and Fushime (Fig. 8.3), the New
Zealand reservoir liquids from Waiotapu, Ngatamariki, Rotokawa, and Wairakei
(Fig. 8.5), and those from Asal and Tendaho (Fig. 8.6) are positioned in the area
below the dashed line of the prehnite geothermometers and above the solid lines of
the wairakite and laumontite geothermometers (intersecting at ~250 °C), indicating
that these reservoir liquids are in equilibrium with a Ca–Al-silicate or close to this
condition. Therefore, the K2/Ca and Na2/Ca log-activity ratios of these reservoir
liquids can be inserted into the geothermometric functions controlled by laumontite,
Eqs. (8.29)–(8.32), clinozoisite, Eqs. (8.33)–(8.36), prehnite, Eqs. (8.37)–(8.40), and
wairakite, Eqs. (8.41)–(8.44), to compute the temperatures possibly occurring in the
geothermal reservoir.

Several reservoir liquids are situated above the dashed line of the prehnite geother-
mometers and are in apparent equilibriumwith calcite, under the CO2 fugacity values
indicated by the grey lines. This is the case of all the reservoir liquids from Mori-
Nigorikawa (Fig. 8.3), Ngawha, Orakeikorako, and Kawerau (Fig. 8.5), Kizildere,
Ribeira Grande, Aluto-Langano, and Latera (Fig. 8.6). Moreover, most reservoir
liquids from Long Valley and some from Valles, Coso, and Los Azufres (Fig. 8.2),
a few from The Philippines geothermal fields (Fig. 8.4), several from Broadlands
(Fig. 8.5), Yangbajing and Olkaria (Fig. 8.6) are also in apparent equilibrium with
calcite. The word apparent is necessary, because the K2/Ca and Na2/Ca log-activity
ratios of these reservoir liquids could be affected by Ca loss due to precipitation of
calcite or other Ca-bearing solid phases. If this is not the case, the K2/Ca and Na2/Ca
log-activity ratios of these reservoir liquids can be inserted into Eqs. (8.45)–(8.48)
to calculate the fCO2 presumably present in the geothermal aquifer.
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Below the solid lines of the wairakite and laumontite geothermometers (inter-
secting at ~250 °C) there are only few sample points, including all the reservoir liquids
from Onikobe, some from Sumikawa (Fig. 8.3), some from Namafjall (Fig. 8.1), and
one from Los Azufres (Fig. 8.2). The low K2/Ca and Na2/Ca log-activity ratios of
these aqueous solutions might be due to rock dissolution promoted by their initial
acidity, causing preferential acquisition of Ca, as proposed by Truesdell and Nakan-
ishi (2005) for Onikobe. Accepting this interpretation, these reservoir liquids are
probably in disequilibrium with both Ca–Al-silicates and calcite and cannot be used
to compute neither the temperature nor the CO2 fugacity of the geothermal aquifer.

8.7 Plots of CO2 Fugacity Versus the Absolute
Temperature Inverse

The theoretical K–Ca and Na–Ca calcite fCO2-indicators, that is Eqs. (8.45)–(8.48)
provide the same CO2 fugacities, with deviations varying from 0.00019 to 1.7%
with respect to the average fCO2 values. These deviations increase with decreasing
fCO2 and are ascribable to numerical approximations. Therefore, it is permissible to
average the results of the K–Ca and Na–Ca calcite fCO2-indicators. Strictly speaking,
the use of these fCO2-indicators is not correct for the reservoir liquids in equilibrium
with Ca–Al-silicates, because these reservoir liquids are not in equilibrium with
calcite. Nevertheless, this action is tolerable, since it is likely that these reservoir
liquids are not too far from calcite saturation.

The fCO2 values of the selected reservoir liquids, obtained by averaging the results
of the K–Ca and Na–Ca calcite fCO2-indicators, as well as the four theoretical fCO2-
temperature functions controlled by equilibrium coexistence of a Ca–Al-silicate and
calcite (which were derived in Sect. 8.5) are reported in the diagrams of CO2 fugacity
(on a logarithmic scale) versus the reservoir temperature inverse of Figs. 8.7, 8.8
and 8.9. Also in these diagrams, the reservoir liquids are represented by the usual
symbols, whereas the fCO2-temperature functions are indicated by lines of the same
colors adopted in Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6, namely moss-green for the
laumontite-calcite functions, green for the clinozoisite-calcite functions, orange for
the prehnite-calcite functions, and olive for the wairakite-calcite functions.

Again, the ordering parameter of adularia was assumed equal to 0.30 (dashed
lines) or 0.82 (solid lines) to bracket the range of Z values of hydrothermal adularias
apparently in equilibrium with the considered reservoir liquids (see Sect. 6.1). The
activities of relevant endmembers in the solid solutions of interest, that ismuscovite in
illite, laumontite in laumontite/alkali-laumontite, clinozoisite in clinozoisite/epidote,
prehnite in prehnite/ferri-prehnite, and wairakite in wairakite/analcime, were
assumed equal to the average values for the hydrothermal minerals from active
geothermal systems (see Sect. 8.2), like in the derivation of the theoretical fCO2-
temperature functions controlled by equilibrium coexistence of a Ca-Al-silicate and
calcite (Sect. 8.5).
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Fig. 8.7 Diagram of CO2 fugacity (on a logarithmic scale) computed by averaging the results of the
K–Ca and Na–Ca calcite fCO2 -indicators versus the reservoir temperature inverse for the selected
reservoir liquids from the geothermal fields of a Iceland and b Northern and Central America.
Also shown are the lines of equilibrium coexistence of calcite and a Ca–Al-silicate, drawn for the
ordering parameter of adularia Z= 0.82 (solid lines) and Z= 0.30 (dashed lines), assuming average
activities of relevant solid phases

Fig. 8.8 Diagram of CO2 fugacity (on a logarithmic scale) computed by averaging the results of the
K–Ca and Na–Ca calcite fCO2 -indicators versus the reservoir temperature inverse for the selected
reservoir liquids from the geothermal fields of a Japan and b The Philippines. Also shown are the
lines of equilibrium coexistence of calcite and a Ca–Al-silicate, drawn for the ordering parameter of
adularia Z = 0.82 (solid lines) and Z = 0.30 (dashed lines), assuming average activities of relevant
solid phases
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Fig. 8.9 Diagram of CO2 fugacity (on a logarithmic scale) computed by averaging the results
of the K–Ca and Na–Ca calcite fCO2 -indicators versus the reservoir temperature inverse for the
selected reservoir liquids from the geothermal fields of a New Zealand and b miscellaneous sites.
Also shown are the lines of equilibrium coexistence of calcite and a Ca–Al-silicate, drawn for the
ordering parameter of adularia Z= 0.82 (solid lines) and Z= 0.30 (dashed lines), assuming average
activities of relevant solid phases

Similar to what was observed in the plots of Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6,
also in the diagrams of Figs. 8.7, 8.8 and 8.9, the log fCO2-temperature functions
constrained by equilibrium coexistence of calcite and wairakite, calcite and clino-
zoisite, and calcite and prehnite converge progressively with increasing temperatures
and diverge gradually with decreasing temperatures, whereas the two functions fixed
by equilibrium coexistence of calcite and laumontite have lower slope and intersect
the other calcite/Ca–Al-silicates functions.

Not surprisingly, sample points are distributed in the plots of Figs. 8.7, 8.8 and
8.9 similar to what is observed in Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6. In fact:

1. The reservoir liquids situated along the lines of the Ca–Al-silicate geothermome-
ters in the plots of Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6 are found along the lines
constrained by equilibrium coexistence of calcite and a Ca–Al-silicate in the
diagrams of Figs. 8.7, 8.8 and 8.9, confirming their condition of equilibrium
with one of the considered Ca–Al-silicates.

2. The reservoir liquids positioned above the lines of the Ca–Al-silicate geother-
mometers in the plots of Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6 are encountered above
the lines constrained by equilibrium coexistence of calcite and aCa–Al-silicate in
the diagrams of Figs. 8.7, 8.8 and 8.9, confirming their condition of equilibrium
with calcite.

3. The few reservoir liquids located below the lines of the Ca–Al-silicate geother-
mometers, in the plots of Figs. 8.1, 8.2, 8.3, 8.4, 8.5 and 8.6 are found below
the lines constrained by equilibrium coexistence of calcite and a Ca–Al-silicate
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in the diagrams of Figs. 8.7, 8.8 and 8.9, being in disequilibrium with both
Ca–Al-silicates and calcite.

All in all, the similarity in the distribution of sample points in the two series
of diagrams is expected, but the additional information provided by the diagrams of
Figs. 8.7, 8.8 and 8.9 is the distinction among: (a) The reservoir liquids in equilibrium
with aCa–Al-silicate, towhich it is permissible to apply the theoreticalK–Ca andNa–
Ca geothermometers derived in Sect. 8.4, that is Eqs. (8.29)–(8.44), to compute the
temperatures possibly occurring in the geothermal reservoir. (b) The reservoir liquids
in equilibriumwith calcite, which are suitable for using the theoretical K–Ca andNa–
Ca calcite fCO2-indicators, i.e., Eqs. (8.45)–(8.48), to calculate the fCO2 presumably
present in the geothermal aquifer. (c) The reservoir liquids in disequilibriumwith both
Ca–Al-silicates and calcite, which cannot be used to compute neither the temperature
nor the CO2 fugacity of the geothermal aquifer.

8.8 Use of the K–Ca and Na–Ca Activity-Based Theoretical
Geoindicators

The diagrams examined in Sects. 8.6 and 8.7 provide an useful overview. However,
it is necessary to decide for each individual reservoir liquid if its K2/Ca and Na2/Ca
log-activity ratios can be used to estimate the temperature or the CO2 fugacity of
the geothermal aquifer. To this purpose, it is advisable to compare the CO2 fugacity
computed by averaging the results of the K–Ca and Na–Ca calcite fCO2-indicators,
that is Eqs. (8.45)–(8.48), with the maximum CO2 fugacity given by the fCO2-
temperature functions controlled by equilibrium coexistence of a Ca–Al-silicate and
calcite, that is Eqs. (8.49)–(8.56). If the average CO2 fugacity given by the K–Ca
and Na–Ca calcite fCO2-indicators is higher than the maximum CO2 fugacity of Ca–
Al-silicate/calcite equilibrium coexistence, then the reservoir liquid can be assumed
to be in saturation with calcite, and the computed CO2 fugacity can be considered
reliable and representative of the geothermal aquifer. If the opposite is true, then the
reservoir liquid can be assumed to be in equilibrium with a Ca–Al silicate and the
different theoretical K–Ca and Na–Ca geothermometers can be applied to it.

We tested this approach using the 1013 reservoir liquids of interest. Results are
presented and discussed here below. First, the 23 reservoir liquids presumably in
disequilibrium with both Ca–Al-silicates and calcite, being situated below the lines
of the Ca–Al-silicate geothermometers, and the Sumikawa sample SM-2_78, with
Ca concentration lower than detection limit, were excluded from further processing.
The 24 excluded reservoir liquids comprise 8 entries of Namafjall, 1 of Los Azufres,
8 of Sumikawa, and 7 of Onikobe.

Among the remaining 990 reservoir liquids, 706 are suitable for using the theo-
retical K–Ca and Na–Ca geothermometers, whereas 283 are appropriate for utilizing
the theoretical K–Ca and Na–Ca fCO2-indicators. The computed temperatures and
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related errors are discussed in Sect. 8.8.1, whereas the calculated CO2 fugacities and
associated uncertainties are presented in Sect. 8.8.2.

8.8.1 Temperatures Given by the Theoretical, Activity-Based
K–Ca and Na–Ca Geothermometers and Related
Uncertainties

For each reservoir liquid suitable for geothermometry, four K–Ca temperatures
and four Na–Ca temperatures were computed. Among them, the K–Ca and Na–
Ca temperatures closest to each aquifer temperature were adopted, maintaining the
information on the Ca–Al-silicate mineral controlling the geothermometer(s) used
to calculate these adopted temperatures. The adopted K–Ca and Na–Ca temper-
atures are contrasted with the aquifer temperature in the diagrams of Figs. 8.10,
8.11, 8.12, and 8.13, referring to the clinozoisite, wairakite, laumontite, and prehnite
geothermometers.

As a whole, the error on the adopted K-Ca temperatures (i.e., the absolute value
of their deviation from the aquifer temperature) ranges between 0.0 and 16.9 °C,
with an average of 3.8 °C, a median of 3.0 °C and a standard deviation of 3.0 °C.
The errors on the adopted K–Ca temperatures are ≤5 °C in 519 cases (73.5% of the
total), >5 and≤10 °C in 168 cases (23.8% of the total), and >10 °C in 19 cases (2.7%
of the total).

The error on the adopted Na–Ca temperatures varies between 0 and 36.9 °C, with
a mean of 6.9 °C, a median of 6.0 °C and a standard deviation of 5.3 °C. The errors
on the adopted Na–Ca temperatures are ≤5 °C in 332 cases (47.0% of the total),

Fig. 8.10 Diagram of the aquifer temperature versus the adopted aK–Ca and bNa–Ca clinozoisite
temperatures
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Fig. 8.11 Diagram of the aquifer temperature versus the adopted a K–Ca and b Na–Ca wairakite
temperatures

Fig. 8.12 Diagram of the aquifer temperature versus the adopted a K–Ca and b Na–Ca laumontite
temperatures

>5 °C and≤10 °C in 201 cases (28.5% of the total), >10 °C and≤15 °C in 127 cases
(18.0% of the total), and >15 °C in 46 cases (6.5% of the total).

The adopted K–Ca temperatures include 421 clinozoisite temperatures, 141
wairakite temperatures, 93 laumontite temperatures, and 51 prehnite tempera-
tures. The adopted Na–Ca temperatures include 459 clinozoisite temperatures, 169
wairakite temperatures, 63 laumontite temperatures, and 15 prehnite temperatures.
The concordant cases (i.e., the adopted K–Ca and Na–Ca temperatures refer to the
same Ca–Al-silicate mineral) are 634, corresponding to 90% of the total, whereas
the discordant cases (i.e., the adopted K–Ca and Na–Ca temperatures refer to distinct



8.8 Use of the K–Ca and Na–Ca Activity-Based Theoretical … 401

Fig. 8.13 Diagram of the aquifer temperature versus the adopted a K–Ca and b Na–Ca prehnite
temperatures

Ca–Al-silicateminerals) are 72, equivalent to 10%of the total, which is an acceptably
low value.

The 421K–Ca clinozoisite temperatures vary from 103 to 321 °C, with an average
of 248 °C, a median of 258 °C, and a standard deviation of 81 °C. The error on the
K–Ca clinozoisite temperatures ranges between 0 and 17 °C, with a mean of 3.4 °C,
a median of 6.0 °C, and a standard deviation of 7.1 °C.

The 141 K–Ca wairakite temperatures range from 170 to 338 °C with a mean of
262 °C, a median of 263 °C, and a standard deviation of 33 °C. The error on the
K–Ca wairakite temperatures varies between 0 and 14 °C, with an average of 5.0 °C,
a median of 5.0 °C, and a standard deviation of 3.5 °C.

The 93 K–Ca laumontite temperatures vary from 163 to 310 °C, with an average
of 234 °C, a median of 239 °C, and a standard deviation of 26 °C. The error on the
K–Ca laumontite temperatures ranges between 0 and 14 °C, with a mean of 3.2 °C,
a median of 2.0 °C, and a standard deviation of 2.9 °C.

The 51 K–Ca prehnite temperatures range from 135 to 297 °C, with a mean of
249 °C, a median of 239 °C, and a standard deviation of 67 °C. The error on the
K–Ca prehnite temperatures varies between 0 and 11 °C, with an average of 4.5 °C,
a median of 6.5 °C, and a standard deviation of 2.1 °C.

The 459 Na–Ca clinozoisite temperatures vary from 90 to 323 °C, with an average
of 250 °C, a median of 252 °C, and a standard deviation of 44 °C. The error on the
Na–Ca clinozoisite temperatures ranges between 0 and 30 °C, with a mean of 6.5 °C,
a median of 5.0 °C, and a standard deviation of 5.0 °C.

The 169 Na–Ca wairakite temperatures range from 173 to 335 °C, with mean and
median of 261 °C and standard deviation of 30 °C. The error on Na–Ca wairakite
temperatures varies between 0 and 37 °C, with an average of 7.8 °C, a median of
8.0 °C, and a standard deviation of 5.6 °C.
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The 63 Na–Ca laumontite temperatures vary from 155 to 322 °C, with an average
of 235 °C, a median of 239 °C, and a standard deviation of 24 °C. The error on
Na–Ca laumontite temperatures ranges between 0 and 21 °C, with a mean of 5.8 °C,
a median of 5.0 °C, and a standard deviation of 4.7 °C.

The 15 Na–Ca prehnite temperatures range from 123 to 263 °C, with a mean of
176 °C, a median of 147 °C, and a standard deviation of 50 °C. The error on Na–Ca
prehnite temperatures varies between 8 and 25 °C, with an average of 16.5 °C, a
median of 17.0 °C, and a standard deviation of 4.4 °C.

The average and median values of the K–Ca clinozoisite temperatures agree with
the average and median values of the Na–Ca clinozoisite temperatures within a
few degrees. Similarly, there is a good agreement between the average and median
values of the K–Ca and Na–Ca temperatures for wairakite and laumontite as well.
In contrast, the average and median values of the K–Ca prehnite temperatures are at
variance with the mean and median values of the Na–Ca prehnite temperatures. This
discrepancy is due, at least partly, to the different number of cases, 51 for the K–Ca
prehnite temperatures versus 15 for the Na–Ca prehnite temperatures.

The higher number of adopted K–Ca and Na–Ca clinozoisite temperatures
compared to the other Ca–Al silicate temperatures is in accordance with the
widespread occurrence of hydrothermal epidote in active geothermal systems.More-
over, the K–Ca and Na–Ca laumontite, clinozoisite, and wairakite temperatures are
in satisfactory agreement with the distinct distribution of these three hydrothermal
minerals in active geothermal systems, where the stable Ca–Al-silicate is wairakite
or epidote or prehnite at high temperatures, typically 200–300 °C, and laumontite at
lower temperatures, as already recalled in Chaps. 4 and 5.

The errors onK–Ca andNa–Ca temperatures are partly explained by the deviation
of the activities of relevant minerals from the average values, considering that devia-
tions of+1σ and−1σ from the mean value of the pertinent activity term cause uncer-
tainties of 3.8, 2.7, 1.8, and 9.6 °C in theK–Ca temperatures of clinozoisite,wairakite,
laumontite, and prehnite, respectively, whereas the uncertainties of this type on the
corresponding Na–Ca temperatures are 5.3, 3.4, 5.0, and 17.9 °C, respectively.

Finally, the identification of the Ca–Al-silicate in equilibrium with each reservoir
liquid may provide a qualitative indication on well permeability. In fact, according
to Reyes (1990), wairakite is an indicator of high permeability, whereas prehnite
and laumontite (if abundant) are indicators of poor permeability. Prehnite apparently
requires little flow of geothermal fluids through the rocks to form as it appears to
recrystallize easily, with increase in temperature, from the primary Fe–Mg minerals,
such as pyroxene (Reyes 1990).



8.8 Use of the K–Ca and Na–Ca Activity-Based Theoretical … 403

8.8.2 CO2 Fugacities Given by the Theoretical,
Activity-Based K–Ca and Na–Ca Calcite
fCO2-Indicators and Related Uncertainties

The CO2 fugacity was computed by means of the theoretical K–Ca and Na–Ca
calcite fCO2-indicators for 283 reservoir liquids coming from the geothermal fields
of Krafla, Namafjall, Nesjavellir, Hellisheidi, Dixie Valley, Long Valley, Valles,
Coso, Salton Sea, Los Azufres, Berlin, Mori-Nigorikawa, Uenotai, Oku-aizu, Bacon
Manito, Tongonan (Mahiao and Malitbog sectors), Mahanagdong, Alto Peak, Palin-
pinon, Ngawha, Kawerau, Orakeikorako, Mokai, Broadlands, Rotokawa, Yang-
bajing, Kizildere, Aluto-Langano, Olkaria, Bagnore, Latera, Mofete, and Ribeira
Grande. All these reservoir liquids are presumably in equilibrium with calcite. Since
the CO2 fugacities given by the theoretical K–Ca and Na–Ca calcite fCO2-indicators
are practically equal (see Sect. 8.7), the average of the two values was taken and
plotted against both:

1. the CO2 fugacities calculated by means of speciation calculations (Figs. 8.14a,
8.15a, 8.16a, and 8.17a), that is combining the analyses of the liquid and vapor
phases separated at known pressure, temperature conditions, usually using the
computer program WATCH, and

2. the CO2 fugacities computed using the K–Ca fCO2-indicator of Giggenbach
(1984; Figs. 8.14b, 8.15b, 8.16b, and 8.17b), which is discussed in Sect. 5.5.

The reasons of the deviations observed in these diagrams are discussed in
Sect. 5.5.2 and are disregarded here to avoid unnecessary repetitions. The absolute
value of the difference between the CO2 fugacities given by the theoretical K–Ca

Fig. 8.14 Log-log diagram of the average CO2 fugacity given by the theoretical K–Ca and Na–Ca
calcite fCO2 -indicators versus a the CO2 fugacity obtained from speciation calculations and b the
CO2 fugacity computed using the K–Ca fCO2 -indicator of Giggenbach (1984) for the geothermal
fields of Iceland and Northern-Central America
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Fig. 8.15 Log-log diagram of the average CO2 fugacity given by the theoretical K–Ca and Na–Ca
calcite fCO2 -indicators versus a the CO2 fugacity obtained from speciation calculations and b the
CO2 fugacity computed using the K–Ca fCO2 -indicator of Giggenbach (1984) for the geothermal
fields of Japan and the Philippines

Fig. 8.16 Log-log diagram of the average CO2 fugacity given by the theoretical K–Ca and Na–Ca
calcite fCO2 -indicators versus a the CO2 fugacity obtained from speciation calculations and b the
CO2 fugacity computed using the K–Ca fCO2 -indicator of Giggenbach (1984) for the geothermal
fields of New Zealand

and Na–Ca calcite fCO2-indicators and the CO2 fugacities calculated by means of
speciation calculations ranges between 0.0093 and 2.19 log-units, with an average of
0.78 log-units, a median of 0.66 log-units, and a standard deviation of 0.54 log-units.
The absolute value of these differences is≤0.50 log-units in 110 cases (38.9% of the
total), >0.50 and ≤1.00 log-units in 78 cases (27.6% of the total), >1.00 and ≤1.50
log-units in 63 cases (22.3% of the total) >1.50 and≤2.00 log-units in 28 cases (9.9%
of the total), and >2.00 log-units in 4 cases (1.4% of the total).
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Fig. 8.17 Log-log diagram of the average CO2 fugacity given by the theoretical K–Ca and Na–Ca
calcite fCO2 -indicators versus a the CO2 fugacity obtained from speciation calculations and b the
CO2 fugacity computed using the K–Ca fCO2 -indicator of Giggenbach (1984) for themiscellaneous
geothermal fields

The absolute value of the difference between the CO2 fugacities given by the
theoreticalK–Ca andNa–Ca calcite fCO2-indicators and theCO2 fugacities computed
using the K–Ca fCO2-indicator of Giggenbach (1984) varies between 0.00029 and
1.62 log-units, with a mean of 0.33 log-units, a median of 0.24 log-units, and a
standard deviation of 0.32 log-units. The absolute value of these differences is≤0.50
log-units in 228 cases (80.6% of the total), >0.50 and ≤1.00 log-units in 34 cases
(12.0% of the total), >1.00 and ≤1.50 log-units in 20 cases (7.1% of the total), and
>1.50 log-units in 1 case (0.4% of the total).

The satisfactory agreement between the CO2 fugacities calculated bymeans of the
theoretical K–Ca and Na–Ca calcite fCO2-indicators and the CO2 fugacities given
by the K–Ca fCO2-indicator of Giggenbach (1984) is not surprising. In fact, the
theoreticalK–Ca calcite fCO2-indicator developed in thiswork is an improved version
of the K–Ca fCO2-indicator of Giggenbach (1984). This improvement is mainly due
to the use of the activities of K+ and Ca2+ ions instead of the total concentrations of
K and Ca, respectively.

Following the rigorous approach developed here, the CO2 fugacities given by
the theoretical K–Ca and Na–Ca calcite fCO2-indicators were considered reliable
if higher than the maximum CO2 fugacity of Ca–Al-silicate/calcite coexistence.
However, the theoretical K–Ca and Na–Ca calcite fCO2-indicators can be probably
used even if the CO2 fugacities obtained by means of the theoretical K–Ca and Na–
Ca calcite fCO2-indicators are somewhat lower than the maximum CO2 fugacity of
Ca–Al-silicate/calcite coexistence, provided that differences are not too large.
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8.9 Final Considerations on the Activity-Based Theoretical
K–Ca and Na–Ca Geoindicators

The activity-based theoretical K–Ca and Na–Ca geothermometers developed in this
work are based on exchange reactions involving laumontite, clinozoisite, prehnite,
and wairakite, whereas the activity-based theoretical K–Ca and Na–Ca fCO2-
indicators implemented here are built on reactions including calcite. Adularia partici-
pates to the exchange reactions controlling all the theoretical K–Ca geothermometers
and fCO2-indicators and some Na–Ca geothermometers and fCO2-indicators. Conse-
quently, these functions involve the ordering parameter of hydrothermal adularia in
hypothetical equilibrium with each reservoir liquid of interest, which is obtained
from the Na–K activity-ratio and the reservoir temperature (see Chap. 6).

The theoretical K–Ca and Na–Ca geoindicators were tested with about one thou-
sand reservoir liquids. The theoretical K–Ca geothermometers reproduce aquifer
temperature with an average error of 3.8 °C and the error is lower than 10 °C in 97.3%
of the cases. The theoretical Na–Ca geothermometers reproduce aquifer temperature
with an average error of 6.9 °C and the error is less than 15 °C in 93.5% of the cases.

The CO2 fugacities given by theoretical K–Ca and Na–Ca fCO2-indicators match
satisfactorily the CO2 fugacities given by the K–Ca fCO2-indicator of Giggenbach
(1984), with an absolute deviation of 0.33 log-units on average, whereas the agree-
ment with the CO2 fugacities computed by means of speciation calculations is less
good, with an absolute deviation of 0.78 log-units on average.

These good performances of the activity-based theoretical K–Ca and Na–Ca
geothermometers, and to a lower extent of the fCO2-indicators as well, are expected
because the activities of the Ca-bearing endmembers in relevant hydrothermal
minerals from active geothermal systems (i.e., laumontite in laumontite/alkali-
laumontite, clinozoisite in clinozoisite/epidote, prehnite in prehnite/ferri-prehnite,
wairakite in wairakite/analcime, and calcite in calcite-rich trigonal carbonates) and
the activity of muscovite in hydrothermal illites from active geothermal systems do
not deviate too much from the average values and average activities do not depart
too much from unity (see Chap. 4 and Sect. 8.2).1

In addition to these good performances in terms of computed aquifer tempera-
tures and CO2 fugacities, the theoretical K–Ca and Na–Ca geothermometers and
fCO2-indicators allow one to identify the Ca-bearing solid phase in equilibrium with
each reservoir liquid, either a Ca–Al-silicate (laumontite or clinozoisite or prehnite
or wairakite) or calcite. This indication represents a significant step forward with
respect to the results of the traditional K–Ca and Na–Ca geoindicators and is prob-
ably more reliable than the outcomes of multicomponent chemical geothermometry
(see Sect. 5.9), being marginally affected by pH and Al concentration. Finally, the
identification of the Ca–Al-silicate in equilibrium with each reservoir liquid may

1Following the same line of reasoning, K–Ca and Na–Ca theoretical geoindicators based on the
exchange reactions involving grossular were not developed because grossular activity in 190 garnet
solid solutions from active geothermal systems ranges from <2.27·10−7 (in 22 cases) to 0.674, with
average of 0.127, median of 0.0142, and standard deviation of 0.179.
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provide a qualitative indication on well permeability. In fact, wairakite is an indicator
of high permeability, whereas prehnite and laumontite (if abundant) are indicators
of poor permeability (Reyes 1990).

It is advisable, not to say it is mandatory, to complement the application of the
theoretical K–Ca and Na–Ca geothermometers and fCO2-indicators derived in this
book with the plots of the K2/Ca log-activity ratio versus the absolute tempera-
ture reciprocal, the Na2/Ca log-activity ratio versus the absolute temperature inverse
(see Sect. 8.6) and the CO2 fugacity versus the absolute temperature reciprocal (see
Sect. 8.7), all providing useful overviews through the eyeball comparison of all the
aqueous solutions of interest with the theoretical geoindicators.
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Chapter 9
Conclusions and Way Forwards

Abstract In this chapter, the main characteristics of the theoretical, activity-based
Na-K, K-Ca and Na-Ca geoindicators and the suggested procedure for their use are
summarized. Possible improvements related to the choice of the thermodynamic
database, the implementation of further theoretical, activity-based K-Ca and Na-Ca
geoindicators, and the prediction of the ordering parameter of adularia on the basis
of water chemistry are briefly discussed.

The main results of our research are the theoretical, activity-based Na–K, K–Ca
and Na–Ca geoindicators, which can be used to compute aquifer temperature and
CO2 fugacity through the procedure summarized in Sect. 9.3. These geoindicators
express the temperature dependence of the thermodynamic equilibrium constant
of the exchange reactions involving pertinent hydrothermal minerals and take into
account the average activities of relevant endmembers in solid solutions as well as
Al–Si order-disorder on the tetrahedral sites of adularia if needed.

The same approach was applied also to derive K–Mg and Na–Mg geoindicators,
but the usefulness of these geoindicators is limited by the extremely variable activity
of clinochlore in chlorites. At best, the K–Mg and Na–Mg geoindicators can be
used to assess the minimum concentrations of excess (non-equilibrium) Mg and,
consequently, to identify and quantify related cooling and/ormixing processes,which
may lead to Mg-silicate (e.g., smectite) scaling, as shown in Chap. 7.

9.1 The Theoretical, Activity-Based Na–K Geoindicators

The theoretical Na–K geoindicators were implemented building on previous findings
of Bird and Norton (1981), who showed that Na–K geothermometry is complicated
by the different structural state of alkali feldspars and Al–Si order-disorder on their
tetrahedral sites. Consequently, a single Na–K geothermometer valid everywhere
does not exist. Quite surprisingly, these important findings of Bird andNorton (1981)
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have received little attention in the scientific community and several geochemists
have continued to propose different calibrations for the Na–K geothermometer.

Further evidence of interest for the elaboration of theoretical Na–K geoindicators
is provided by the data available for both the authigenic alkali feldspars present
in sedimentary rocks (e.g., Kastner and Waldbaum 1968; Morad 1978; Kastner
and Siever 1979; Fishman et al. 1995) and the highly pure K-feldspars and albites
synthesized at low temperatures by using hydroxide gels (Flehmig 1977). These data
consistently indicate that K-feldspar crystals have various degrees of Al–Si ordering,
whereas albite crystals arewell-ordered.Assuming that hydrothermal alkali feldspars
present in active geothermal systems have order-disorder characteristics similar to
those of authigenic alkali feldspars present in sedimentary rocks and synthesized at
low temperatures by means of hydroxide gels, the Na/K activity ratio of reservoir
liquids is expected to be a function of both temperature and the ordering parameter
of hydrothermal adularia, Z, which is equal to 1 for maximum-microcline, the proxy
of totally ordered adularia, and assumes the value of 0 for high-sanidine, the proxy
of completely disordered adularia.

In agreement with these expectations, 950 of the 1013 selected geothermal liquids
(corresponding to 93.8% of the total) have Na/K activity ratio intermediate between
the values fixed by low-albite/maximum microcline and low-albite/high-sanidine
equilibrium coexistence, providing a strong support to our hypothesis. Interest-
ingly and not surprisingly, also the Na–K geothermometers calibrated by different
authors are limited by low-albite/maximummicrocline and low-albite/high-sanidine
equilibrium co-occurrence.

The two limiting theoretical Na–K geothermometers derived in this work,
involving low-albite and either high-sanidine or maximum-microcline have little
usefulness because they give equilibrium temperatures differing by 125 ± 3 °C on
average, in the range 100–350 °C. Therefore, it is advisable to use the Na/K log
activity ratio for computing the ordering parameter Z of hydrothermal adularia in
hypothetical equilibrium with the aqueous solution of interest and to use this infor-
mation in the theoretical K–Ca and Na–Ca geoindicators implemented in this work,
representing the subject of the next section.

9.2 The Theoretical, Activity-Based K–Ca and Na–Ca
Geoindicators

The theoretical, activity-based K–Ca and Na–Ca geothermometers implemented in
thiswork are controlled by the exchange reactions involving differentCa–Al silicates,
namely laumontite, clinozoisite, prehnite, and wairakite, whereas the K–Ca and Na–
Ca theoretical, activity-based fCO2-indicators obtainedhere are governedby reactions
comprising calcite. In addition to Ca–Al silicates or calcite, adularia is also included
in the exchange reactions controlling all the theoretical K–Ca geoindicators and
someNa–Ca geoindicators. Consequently, these relations are function of the ordering



9.2 The Theoretical, Activity-Based K–Ca and Na–Ca Geoindicators 411

parameter of hydrothermal adularia which, in turn, depends on the Na–K activity-
ratio and aquifer temperature, as recalled in previous section.

A total of about one thousand reservoir liquids were utilized to test the theoretical,
activity-based K–Ca and Na–Ca geoindicators. The temperature given by the K–Ca
geothermometers deviates from aquifer temperature by 3.8 °C on average, and the
absolute value of the difference between K–Ca temperature and aquifer temperature
is lower than 10 °C in 97.3% of the cases. The temperature calculated by means of
the Na–Ca geothermometers differs from aquifer temperature by 6.9 °C on average
and the absolute value of the difference between Na–Ca temperature and aquifer
temperature is lower than 15 °C in 93.5% of the cases.

TheK–Ca andNa–Ca fCO2-indicators give CO2 fugacities showing absolute devi-
ation of 0.78 log-units, on average, from the CO2 fugacities calculated by means of
speciation calculations. However, the CO2 fugacities computed by means of the K–
Ca and Na–Ca fCO2-indicators are in satisfactory agreement with the CO2 fugacities
given by theK–Ca fCO2-indicator ofGiggenbach (1984) having an absolute deviation
of 0.33 log-units on average.

The good performance of the theoretical, activity-basedK–Ca andNa–Cageother-
mometers, and to a lower extent of the fCO2-indicators as well, are not surprising
because the controlling exchange reactions involve well-behaved hydrothermal
minerals. In fact, the activities of the Ca-bearing endmembers (i.e., laumontite,
clinozoisite, prehnite, wairakite, and calcite) in relevant hydrothermal minerals from
active geothermal systems (i.e., the solid solutions made up of laumontite/alkali-
laumontite, clinozoisite/epidote, prehnite/ferri-prehnite, wairakite/analcime, and
trigonal carbonate) exhibit limited variations from the average values and these
average activities are not too different from unity.1

Moreover, the Ca-bearing mineral in equilibrium with each reservoir liquid,
either a Ca–Al-silicate (laumontite or clinozoisite or prehnite or wairakite) or calcite
can be identified by using the K–Ca and Na–Ca theoretical geothermometers and
fCO2-indicators. This indication is a considerable improvement with respect to the
outcomes of the traditional K–Ca and Na–Ca geoindicators, and is probably more
reliable than the results ofmulticomponent chemical geothermometry (see Sect. 5.9),
being slightly influenced by pH and Al concentration. Finally, the identification of
the Ca–Al-silicate in equilibrium with each reservoir liquid may give a qualitative
indication onwell permeability. In fact, wairakite is an indicator of high permeability,
whereas prehnite and laumontite (if abundant) are indicators of poor permeability
(Reyes 1990).

1Incidentally, the exchange reactions involving grossular were disregarded because grossular
activity in 190 garnet solid solutions from active geothermal systems spans a very large range,
from less than 2.27 × 10−7 (for 22 cases) to 0.674, with an average of 0.127 and a standard
deviation of 0.179.
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9.3 Suggested Procedure for the Use of the Theoretical,
Activity-Based Na–K, K–Ca and Na–Ca Geoindicators

The suggested procedure for using the theoretical, activity-based Na–K, K–Ca and
Na–Ca geoindicators includes a series of steps as outlined below and schematically
presented in the workflow of Fig. 9.1.

Step 1. Data organization, including the calculation/assessment of the aquifer
temperature for the aqueous solution of interest based on silica geother-
mometers or other available data, such as measured aquifer temperature
and discharge enthalpy for wells.

Step 2. Speciation calculations to compute the activities of relevant species by
means of WATCH, PHREEQC Interactive, EQ3/6, or similar computer
programs. If the charge unbalance is lower than 10%, it is possible to proceed
to the next step. Otherwise the procedure should be stopped.

Step 3. Calculation of the pH fixed by mineral-solution equilibrium, pHmse, by
means of Eq. (3.10), involving aquifer temperature, total ionic salinity, and
the CO2 fugacity given by speciation-saturation calculations. If the differ-
ence between pHmse and the pH given by speciation calculations is less than
1 pH unit, it is possible to proceed to the next step. Otherwise, it is advis-
able to change the reconstruction of reservoir fluids, adopting a different
approach, as discussed in Sect. 3.1.

Step 4. Calculation of the ordering parameter Z of hydrothermal adularia in hypo-
thetical equilibrium with the aqueous solution of interest on the basis of
aquifer temperature and the Na/K activity ratio.

Step 5. Calculation of CO2 fugacity by means of the K–Ca and Na–Ca calcite
fCO2-indicators, that is Eqs. (8.45)–(8.48) and the fCO2—temperature func-
tions controlled by equilibrium coexistence of a Ca–Al-silicate and calcite,
that is Eqs. (8.49)–(8.56), based on aquifer temperature and the ordering
parameter Z of adularia. If the CO2 fugacity given by the K–Ca and Na–Ca
calcite fCO2-indicators is higher than the maximum CO2 fugacity of Ca–
Al-silicate/calcite coexistence, then the aqueous solution of interest is in
equilibrium with calcite, and the computed CO2 fugacity is representative
of the geothermal aquifer. Otherwise, the K–Ca and Na–Ca geothermome-
ters should be used (see next step) instead of the K–Ca and Na–Ca calcite
fCO2-indicators.

Step 6. Calculation of the K–Ca and Na–Ca temperatures using the different
theoretical, activity-based K–Ca and Na–Ca geothermometers, that is
Eqs. (8.29)–(8.44), considering the ordering parameter Z of adularia where
needed.

Step 7. Comparison of the different K–Ca and Na–Ca temperatures with the aquifer
temperature established in step 1, selection of the K–Ca and Na–Ca temper-
atures closest to the aquifer temperature, and identification of the Ca–Al
silicate(s) in equilibrium with the aqueous solution of interest or close to
this condition.
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Fig. 9.1 Workflow of the suggested procedure for the use of the theoretical, activity-based Na–K,
K–Ca and Na–Ca geoindicators
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In addition to this procedure, it is advisable, not to say it is mandatory, to use
the diagrams of K2/Ca log-activity ratio vs. the absolute temperature reciprocal,
Na2/Ca log-activity ratio vs. the absolute temperature inverse andCO2 fugacity vs. the
absolute temperature reciprocal, allowing an eyeball comparison of all the aqueous
solutions of interest with the theoretical geoindicators.

9.4 The Way Forward

The approach to water geothermometry and fCO2 evaluation proposed in this book
was thoroughly testedwith over one thousand reservoir liquids coming fromdifferent
geothermal fields worldwide. Therefore, we are confident that it can be applied
elsewhere with a high probability of success. Nevertheless, we are aware that the
work we did is far from complete for at least two reasons.

The first reason relates to our choice of the thermodynamic database, that will
certainly make many people turn up their noses. As long as a standard, internation-
ally accepted thermodynamic database does not exist, it could be interesting to use
different thermodynamic databases for calculating the thermodynamic equilibrium
constants of the Na–K, K–Ca, Na–Ca, K–Mg, and Na–Mg exchange reactions of
interest. This is a fairly simple exercise, which we have deliberately chosen not to
perform, apart from the test of alkali feldspars transition temperatures in Sects. 4.2.4
and 6.1, because we trust the thermodynamic database implemented by Helgeson
and coworkers and we did not want to complicate too much this book.

A second reason is the limited number of Ca–Al silicates taken into account in
this work to implement the theoretical, activity–based K–Ca and Na–Ca geoindica-
tors. In addition to the Ca–Al silicates considered here, that is laumontite, clino-
zoisite, prehnite, and wairakite, other Ca–Al silicates and Ca-silicates occur as
hydrothermal minerals in active geothermal systems and, therefore, are of interest for
the elaboration of water geothermometers and fCO2-indicators. It is worth recalling
the Ca-bearing zeolites (e.g., heulandite, stilbite, chabazite, thomsonite, scolecite,
mordenite, yugawaralite, levyne, gismondine, and gmelinite), which are stable at low
temperatures, usually below 200 °C, as well as actinolitic amphibole, Ca clinopy-
roxene, andradite-grossular garnet, andwollastonite, which are stable at high temper-
atures, generally ≥300 °C (e.g., Bird et al. 1984). Some of these minerals, however,
exhibit large ranges of compositions that might complicate their use for the deriva-
tion of suitable geoindicators, similar to what we noted for garnet. Titanite (sphene)
might be another Ca-bearing mineral of interest, together with other Ti-bearing solid
phases, for the elaboration of geoindicators. The main problem, however, is the lack
of reliable thermodynamic data as discussed in Sect. 9.4 and, again, we return to the
previous issue.

Furthermore, there is room for improvement related to the ordering parameter Z of
adularia, which is a subject of major importance. In fact, in the suggested procedure,
Z is computed as a function of theNa/K activity ratio and aquifer temperature, but this
approach introduces a sort of vicious circle in geothermometric calculations. Since
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previous researches (Martin 1969; Flehmig 1977) have shown that the structural state
and the degree of ordering of alkali feldspars depends on pH and Na and K concen-
trations, it should be possible to predict Z on the basis of water chemistry. We have
tried to investigate this possibility but our attempts were unsuccessful. Experiments
of alkali feldspar synthesis using hydroxide gels might provide further evidence on
the parameters possibly controlling their degree of ordering. Other indications might
results from the chemistry of hydrothermal alkali feldspars in geothermal aquifers
hosting reservoir liquids rich in boron and ammonium, such as Ngawha and Monte
Amiata, because both B3+ and NH4

+ ions are incorporated in the alkali feldspars
lattice.

Moreover, other activity ratios might be of interest for geothermometry, e.g.,
the SO4/(F)2 ratio, and for the implementation of fCO2-indicators, e.g. the HCO3/F
and (HCO3)2/SO4 ratios, as pointed out by Chiodini et al. (1991). We intentionally
avoided to consider these potential geo-indicators in order to conclude this book (or
perhaps its first edition) and submit our results, albeit partial, to the attention of the
scientific community.
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