
Chapter 5
Upper Water Structure and Paleo-Monsoon

Zhimin Jian, Jun Tian and Xiangjun Sun

Introduction

Hemipelagic sediments in the SCS often register higher depositional rates. Carbon-
ate compensation depth (CCD) in this marginal ocean basin is generally deeper than
neighboring sea basins. Thus the SCS offers an ideal locality for paleoceanographic
studies in the low-latitude western Pacific (Wang P. 1999). The first several cores in
the world ocean used for high-resolution stratigraphy using accelerator mass spec-
trometer (AMS) 14C dating technique were from the southern part of this basin
(Andree et al. 1986; Broecker et al. 1988). This is particularly significant for the
western Pacific region where high-resolution paleo-studies are hampered by poor
carbonate preservation and low sedimentation rates.

Climate and hydrography in the SCS are largely controlled by the monsoonal
wind system which is characterized by its pronounced seasonality. Strong south-
westerly winds during summer and northeasterly winds during winter drive a
semi-annual reversal in surface-water circulation from approximately clockwise to
anti-clockwise (Wyrtki 1961). The oceanographic features of the upper ocean such
as sea surface temperatures (SST) and the thermocline are driven by the monsoon
circulation and hence display conspicuous seasonality (see Chapter 2). Since the
1990s, numerous experiments and expeditions have been organized to study the
East Asian monsoon in the SCS, such as the “South China Sea Monsoon Exper-
iment (SCSMEX)” (1996–2001) by meteorologists (Ding et al. 2004), “Monitor
Monsoon” expedition in 1994 (Sarnthein et al. 1994) and ODP Leg 184 (Wang P.
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et al. 2000) by earth scientists. Now the SCS and the Arabian Sea respectively have
become the foci for the East and South Asian monsoon studies in both modern and
paleo-climatology (Wang B. et al. 2003).

The upper ocean and monsoon of the SCS in the geological past were highly
sensitive to changes in climate boundary conditions. During glacial periods, the SCS
became a semi-enclosed basin connected to the western Pacific through the Bashi
Strait and to the Sulu Sea through the Balabac and Mindoro Straits due to low sea
level, inevitably resulting in a pronounced difference in surface and deep circulation
(Wang P. et al. 1995; Jian and Wang 1997) and hence altering the upper water struc-
ture and deep water conditions. Since the 1990s, a large number of papers have been
published on the monsoonal evolution and variability using proxy measurements
relating to changes in SST, vertical thermal structure, productivity, wind-blown
(e.g., eolian dust and specific pollens) and river-discharged grains (Wang P. et al.
2005 and references herewith). The present chapter provides a synthesis of the upper
ocean structure and East Asian monsoon history in the SCS, beginning with the SST
and thermocline depth history, then the vegetation history in the deep-sea pollen
record, and finally an outline of the monsoon history.

5.1 Sea Surface Temperature History (Jian Z. and Tian J.)

SST Proxies

Sea surface temperature (SST) is not only one of the main subjects for interna-
tional paleoceanographic studies since the 1970s like CLIMAP, but also the starting
point of the East Asian paleo-monsoon study since the 1990s in the SCS. So far,
three methods including paleoecology of planktonic foraminiferal transfer function,
alkenone unsaturation index (UK′

37) of sediments, and Mg/Ca ratios of planktonic
foraminiferal tests have been applied to reconstruct the past SST variations in the
SCS. Numerous paleo-SST sequences have been generated, in particular for the late
Quaternary, although the use of some SST proxies remains debatable.

Foraminiferal Transfer Function

The first attempt to reconstruct paleo-SST in the SCS was in 1990, when trans-
fer function FP-12 was applied to foraminiferal census over the last glacial cycle
at 3 core sites in the northern SCS (Wang and Wang 1990). It was found that
the glacial/interglacial SST contrast was much more significant in the SCS than
in the adjacent open Pacific, indicating an amplifier effect of glacial signals in
the marginal sea. However, the transfer function FP-12E initially employed was a
regional version of Imbrie-Kipp’s transfer function, based on census data of plank-
tonic foraminifers in 165 coretops from the open western Pacific Ocean, with the
standard errors of 2.48 ◦C for winter SST and 1.46 ◦C for summer SST (Thompson
1981). The SST reconstruction using FP-12E has inevitable biases in the marginal
seas where upper ocean hydrology is different from that of the open Pacific.
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To avoid these drawbacks, Pflaumann and Jian (1999) developed a calibrated
SIMMAX-28 transfer function to estimate past SST in the SCS. SIMMAX method
used modern analog technique with a similarity index (Pflaumann et al. 1996).
SIMMAX-28 was based on 30 new planktonic foraminiferal census data of sur-
face sediment samples recovered between 630 and 2883 m water depths in the SCS,
together with the 131 data sets published from the western Pacific. The standard
errors of the transfer function SIMMAX-28 are 1.27 ◦C for winter SST and 0.45 ◦C
for summer SST. This regional SIMMAX method offers a slightly better understand-
ing of the marginal sea conditions of the SCS than FP-12E, but is also biased toward
the tropical temperature regime, like FP-12E, because of the very limited data from
temperate and subpolar regions. Application of SIMMAX-28 transfer function on
sediment core 17940 from the northern SCS (Pflaumann and Jian 1999) revealed
nearly unchanged summer temperatures around 28 ◦C for the last 30 kyr, while win-
ter temperatures varied between 19.5 ◦C in the last glacial maximum (LGM) and
26 ◦C during the Holocene, and during Termination 1A the winter estimates show
a Younger Dryas cooling by 3 ◦C subsequent to a temperature optimum of 24 ◦C
during the Bølling/Allerød period.

The different results from the two methods can be illustrated with an example
from the southern SCS, namely the SST-sequence of core 17957-2 over the past
1.5 myr (Fig. 5.1) (Jian et al. 2000b). Estimates of the winter and summer SSTs
for the core top are 27.2 ◦C and 29.4 ◦C using FP-12E, and 27.0 ◦C and 28.9 ◦C
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Fig. 5.1 Down-core variations in the estimated winter and summer SSTs in core 17957-2 using
(a) SIMMAX-28 and (b) FP-12E methods show slightly different results (from Jian et al. 2000b).
Dashed lines mark the average winter SST before and after marine isotope stages (MIS) 21–20
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using SIMMAX-28, respectively. For the whole core, the SIMMAX-28 derived
winter SST varies from 24.7 to 27.8 ◦C, while the summer SST varies from 28.8
to 29.4 ◦C. Both FP-12E and SIMMAX-28 derived winter and summer SSTs are
slightly warmer with a narrow range of seasonality in core 17957-2 when compared
to previous estimates using transfer function FP-12E (Wang and Wang 1990; Miao
et al. 1994; Wang P. et al. 1995). Glacial/interglacial cycles are well presented in
the FP-12E derived SST records but are somewhat obscured in the SIMMAX-28
derived SST records (Jian et al. 2000b).

For core MD972151 from the southern SCS, five transfer functions including
the Imbrie-Kipp method (IKM), modern analog technique (MAT), modern analog
technique with similarity index (SIMMAX), revised analog method (RAM), and the
artificial neural network technique (ANN) were used to evaluate the magnitude of
cooling during the LGM (Chen M. et al. 2005). The MAT, SIMMAX, RAM and
ANN showed similar SST estimation results with ≤1 ◦C uncertainties in coretop
SST calibrations. The IKM performed significantly worst in the calibration exercise,
producing glacial SST estimates similar to present-day values, whereas all other four
techniques indicated ∼1 ◦C cooler glacial SST in the tropical western Pacific.

Alkenone Unsaturation Index

Pelejero and Grimalt (1997) established a calibrated linear relationship between
UK′

37 in surface sediment samples mainly consisting of coccolithophorids and SST
for the SCS. The relationship between C37 alkenones composition and water tem-
perature is based on the degree of unsaturation of the ketones, which is measured
by means of several indices: UK

37 = (C37:2 − C37:4)/(C37:2 + C37:3 + C37:4) and
UK′

37 = (C37:2)/(C37:2 + C37:3), where C37:4, C37:3 and C37:2 are the concentra-
tions of heptatriaconta-(8E, 15E, 22E, 29E)- tetraen-2-one, heptatriaconta-(8E, 15E,
22E)-trien-2-one and heptatriaconta-(15E, 22E)-dien-2-one, respectively. Even in
the warm waters (25–29 ◦C) of the SCS, UK′

37 and SST show a good linearity, indi-
cating that the alkenone unsaturation index (UK′

37) is a good SST proxy. This linear
relationship is expressed as an equation, UK′

37 = 0.031T + 0.092, which is very
similar to the frequently used equation (UK′

37 = 0.033T + 0.043) established for
Emiliania huxleyi in culture and column water samples (Prahl and Wakeham 1987).
The equation of UK′

37 is valid for temperatures of the annually averaged water
mass between 0 and 30 m in the SCS. SST estimates using this equation for core
17961-2 from the southern SCS show significant SST increases during Termination
I. In sediment cores 18252-3 and 18287-3 from the southwestern and southern SCS,
UK′

37-derived SST increased abruptly by 1 ◦C or more at the end of Termination IA
(Kienast et al. 2001, 2003), concurrent with the pre-Bølling warming about 14.6 ka
ago observed in the Greenland Ice Sheet Project (GISP) 2 ice core. In IMAGES core
MD972151 from the southern SCS, Zhao et al. (2006) used UK′

37 to reconstruct the
SST history for the past 150 kyr on a millennial scale, suggesting glacial/interglacial
SST changes by 4 ◦C and 5 ◦C for Termination I and Termination II, respectively.

However, Bentaleb et al. (2002) questioned the usage of UK′
37 as a SST proxy

after calibrating water samples collected from the western Pacific Ocean. Their
results showed a constant value of unity (1.0) for the UK′

37 index when the surface
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water temperature reached 26.4 ◦C, indicating that paleo-SSTs above 26.4 ◦C may
not be accurately calculated by using the UK′

37 index. Pelejero and Calvo (2003),
however, pointed out that Bentaleb et al. (2002) might have been made errors in
designating a value of unity to the UK′

37 index when the C37:3 alkenone was not
detected. Zhao et al. (2006) detected both C37:2 and 37:3 alkenones in all samples
from the southern SCS, enabling them to estimate SST up to 29 ◦C during MIS 5.5,
which supports the use of the UK′

37 index as a paleothermometer in the region.

Mg/Ca Ratios of Foraminifera

The Mg/Ca ratio of planktonic foraminiferal shells has also been widely used
as useful proxy of past SST reconstruction in the SCS. This method has been
proved to be valid in a number of oceanographic settings (Hasting et al. 1998;
Lea et al. 2000). Mg paleothermometry has certain unique advantages over other
proxies (Lea et al. 2000), the most important of which is that Mg/Ca is measured in
foraminiferal shells, which are by themselves a vital archive of past climate and the
carrier phase for oxygen isotopes. Measuring both Mg/Ca and δ18O in foraminiferal
shells from the same sample makes it possible to separate the magnitude and tim-
ing of SST and δ18Owater changes (Elderfield and Ganssen 2000). Hasting et al.
(2001) developed an empirical equation based on core top sample calibrations,
i.e., Mg/Ca (mmol.mol−1) = 0.38 × exp(0.089 × SST(◦C)), and then compared
three independent paleotemperature estimates from an AMS 14C-dated core 18287-3
from the southern SCS: Mg/Ca ratio from planktonic foraminifera (Globigerinoides
ruber and Globigerinoides sacculifer), alkenone thermometry (UK′

37) and differ-
ent foraminiferal transfer functions (SIMMAX28, RAM and FP-12E). Results from
these three different methods show similar average glacial/interglacial temperature
differences of about 2.5 ◦C. The most important shift that appears in all the three
records is an abrupt SST increase by about 1.3–1.8 ◦C near the end of the last glacial
period, synchronous with the 14.6 ka warming event observed in the GISP2 ice core.
At two depth intervals with enhanced preservation, the Mg/Ca-deduced SSTs were 1
to 3.5 ◦C higher than predicted, which led Hasting et al. (2001) to conclude that even
in a shallow core expected to have no significant carbonate dissolution, enhanced
preservation events may lead to more positive Mg/Ca values and, therefore, higher
inferred SST.

Not only dissolution but also planktonic foraminiferal species variations affect
the validity of Mg/Ca as a paleo-SST proxy. Core top Mg/Ca measurements of
samples from the tropical Pacific and Atlantic indicate G. ruber being the most
accurate SST recorder and G. sacculifer a subsurface temperature register at 20–
30 m (Dekens et al. 2002). When considering water depth of a core as a dissolution
correction parameter and ΔCO3

2− a dissolution parameter, a calibrated equation
for G. ruber Mg/Ca in the Pacific can be used: Mg/Ca = 0.38exp[SST-0.61(core
depth km)−1.6 ◦C] (Dekens et al. 2002). All the results from using this equation are
plausible, as seen from SST reconstructions for Site 1143 between 3.3 and 2.5 Ma
(Tian et al. 2006) and for Site 1145 for the past 145 kyr (Oppo and Sun 2005).

Wei et al. (2007) measured Mg/Ca in G. sacculifer for a past ∼260 kyr SST
reconstruction at Site 1144. Because there is no calibration for G. sacculifer in the
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SCS, Wei et al. (2007) established the relationship between SST and Mg/Ca ratios
on G. sacculifer shells without a sac chamber by five calibrations, including shells
from culture (Nürnberg et al. 1996), from core-top sediments (Dekens et al. 2002;
Rosenthal and Lohmann 2002), and from sediment traps (Anand et al. 2003). Each
calibration was evaluated by two calculated results: SST of the topmost sample and
SST change from LGM to the Holocene. Evaluation shows that SST calculations
based on G. sacculifer in the SCS from Nürnberg et al. (2000) (T = (log Mg/Ca −
log 0.491)/0.033), Anand et al. (2003) (Mg/Ca = 0.347 exp(0.090T)) and Dekens
et al. (2002) for the Atlantic (Mg/Ca = 0.37 exp[0.09(T − 0.36 core depth km)])
agree quite well with each other with average temperature offsets less than 0.1 ◦C.

The planktonic foraminifer G. ruber (white) has two morphotypes, G. ruber
sensu stricto (s.s.) living in the top 30 m of the water column and G. ruber sensu
lato (s.l.) living at depths below 30 m (Wang L. 2000). Steinke et al. (2005) showed
that G. ruber s.s. often register significantly higher Mg/Ca ratios than G. ruber s.l.
as the latter precipitated its shells in slightly colder waters. Increased temperature
differences between the two morphotypes occur mostly during periods of low salin-
ity, especially during the Bølling/Allerød and the early Holocene. Their findings
are supported by δ18O and δ13C differences between the two morphotypes and by
stable oxygen isotope studies on core-top material from the SCS (Wang L. 2000;
Löwemark et al. 2005) and by plankton tow and pumping studies from the Pacific
(Kuroyanagi and Kawahata 2004). However, even the author themselves (Steinke
et al. 2005, 2008a) accept that specimens of the two morphotypes of G. ruber are
usually insufficient in high-resolution core samples for separate Mg/Ca analyses,
thus a SST bias using both morphotypes appears to be unavoidable.

Intercomparison

SST reconstructions derived from planktonic foraminiferal transfer functions usu-
ally produce significant discrepancies with those derived from alkenone unsatura-
tion and Mg/Ca ratios (Huang et al. 1997b; Steinke et al. 2001). In addition, SST
records from different foraminifer transfer functions do not always agree with each
other (Jian et al. 2000b; Steinke et al. 2001; Chen M. et al. 2005). To test the relia-
bility of SST reconstructions, Steinke et al. (2008b) compared SST estimates using
five different transfer function techniques on planktonic foraminiferal faunal census
data from core MD01-2390 in the tropical southern SCS. All SST records derived
from transfer functions indicate nearly unchanged or unusually higher temperatures
during the LGM relative to modern temperatures, in contrast to substantial cooling
of 2–5 ◦C inferred by UK′

37 or Mg/Ca ratios from the same core (Steinke et al. 2006).
The glacial planktonic foraminiferal assemblage from the southern SCS that has no
modern analog is the main reason why the transfer function derived SST estimates
for the LGM are inaccurate (Steinke et al. 2008b). The abundances of Pulleniatina
obliquiloculata and Neogloboquadrina pachyderma (dextral) are abnormally high
in glacial assemblages. The glacial high abundance of P. obliquiloculata proba-
bly resulted from a process involving stronger mixing and/or enhanced upwelling
due to an intensified winter monsoon, which prevented shallow-dwelling, warm
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indicators to establish larger populations. Similarly, the glacial high abundance of
N. pachyderma (dextral) was likely caused by a winter inflow of cold surface water
from the northeast via the Bashi Strait due to the combined effects of an intensified
winter monsoon, a southward shift of the polar front and the eastward migration of
the Kuroshio Current during the LGM (Steinke et al. 2008b). As reported also by
Jian et al. (1999), Huang et al. (2002), Steinke and Chen (2003) and Xu et al. (2005),
P. obliquiloculata during glacials was consistently more abundant at southern than
northern SCS localities, implying a unique phenomenon from the southern SCS. The
abnormal glacial planktonic foraminiferal assemblage often causes warm SST esti-
mates for the southern SCS using transfer functions (Chen M. et al. 2005; Steinke
et al. 2008b). Comparatively, therefore, SST estimates based on Mg/Ca ratios and
alkenone unsaturation index are more realistic and reliable (Steinke et al. 2008a,b).

In core 17940 from the northern SCS, the estimated annual SST curve (aver-
age of summer and winter SST) based on UK′

37 measurements shows a smoother
outline without the obvious short-term fluctuations revealed by the SIMMAX-
derived SST curve during the Holocene and the LGM (Pelejero et al. 1999a). The
discrepancy between the planktonic foraminiferal- and UK′

37 (coccolithophorids)-
derived SST may be attributed to the disparity between these two organisms. While
coccolithophorids are nannoplankton living in the uppermost water, planktonic
foraminifera live in water column from the sea surface down to several hundred
meters and different species reach peak abundances at different times through-
out the year. In addition to temperature, planktonic foraminiferal assemblage may
have been affected by other water mass variables such as salinity and by fertility
(Pflaumann and Jian 1999).

Paleo-SST Reconstruction

Most of the continuous paleo-SST records from the SCS, especially those derived
from geochemical methods (UK′

37 and Mg/Ca ratios), cover only the late Pleis-
tocene. Although faunal transfer functions are biased in SST estimates for the glacial
southern SCS (Chen M. et al. 2005; Steinke et al. 2008b), they are still the main
technique used to reveal the long-term trend of SST variability in the SCS on the
tectonic timescale.

Plio-Pleistocene

The longest paleo-SST sequences from the SCS are those derived from ODP Leg
184 cores. Late Pliocene-Pleistocene SST records have been obtained using PF-12E
transfer functions at Site 1143 in the southern SCS (2.5–0 Ma), and at Site 1146
(4–0 Ma) and Site 1144 (1.1–0 Ma) in the northern SCS (Li B. et al. 2004; Zheng
et al. 2005) (Fig. 5.2). In these studies, the extinct species were replaced by their
modern counterparts for SST calculations (Anderson 1997). The results show that
winter SST gradually decreased at Site 1146 since 3.1 Ma, superimposed by large
amplitude fluctuations. The decrease by more than 7 ◦C on average was in parallel
with an upcore reduction in the abundance of mixed-layer species influenced by the
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East Asian winter monsoon variability. The decreased SST at Site 1146, therefore,
was probably responding to intensified East Asian winter monsoon especially during
the period of 3.1–2.0 Ma, as documented also in terrestrial records from the loess
plateau (An 2000) and marine isotopic records from the southern SCS (Tian et al.
2004, 2006).

At Site 1143 from the southern SCS, the amplitudes of the SST fluctuations were
1.3 ◦C for summer and 4.5 ◦C for winter between 2.5 and 0.9 Ma but changed to
0.9 ◦C for summer and 3.5 ◦C for winter after 0.9 Ma, consistent with SST esti-
mates from other southern SCS sites (e.g., Fig. 5.1). Therefore, the southern SCS
has maintained relatively warm and stable SST since the late Pliocene, while the
northern SCS experienced larger amplitude SST fluctuations especially during the
Pleistocene.

Of particular interest are rapid SST changes in such periods as 3.1–2.5 Ma and
1.2–0.9 Ma. For the period from 3.3 to 2.5 Ma, the estimated SST at ODP Site 1143
using Mg/Ca ratio of G. ruber varies between 31 and 26.4 ◦C, showing a pattern of
stepwise decrease corresponding to the onset of the significant Northern Hemisphere
Glaciation (Fig. 5.3) (Tian et al. 2006). Three steps (periods 1–3) of SST changes
can be recognized: MIS M2-G18 (3.3–2.97 Ma), G18-G6 (2.97–2.7 Ma), and G6-99
(2.7–2.5 Ma), with SST decreasing by ∼5 ◦C from 3.3 to ∼2.7 Ma before increasing
by ∼1.5 ◦C until ∼2.5 Ma. Moreover, the amplitude of the millennial- or orbital-
scale variability of SST also decreased (Tian et al. 2006).
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For the period from 1.2 to 0.9 Ma, the estimated SST at ODP Site 1143 using
transfer function PF-12E shows winter SST increases by ∼2 ◦C (Fig. 5.2a; Li B.
et al. 2004). Because P. obliquiloculata contributes 80% to a tropical dissolution-
resistant factor in PF-12E (Thompson 1981), its relatively high abundance since
0.9 Ma probably contributed to estimated SST higher than in earlier periods, consis-
tent also with an increase in the Pulleniatina/Neogloboquadrina ratio (Fig. 5.2b). As
Pulleniatina and Neogloboquadrina are both deep-dwelling species but respectively
indicate warmer and cooler water temperatures (Hemleben et al. 1989; Chaisson
1995), their ratio increase at 0.9 Ma may indicate a warm subsurface water mass in
the southern SCS at the time. The SST variations, Pulleniatina abundance, and Pul-
leniatina/Neogloboquadrina ratio at Site 1143 all indicate relatively warm surface
waters in the southern SCS during the Pleistocene with enhanced warm subsurface
waters right after the mid-Pleistocene climate transition between 1.2 and 0.9 Ma. A
similar finding was reported from core 17957-2 also in the southern SCS, although
the SST estimates using FP-12E and SIMMAX-28 show slightly different results
(Fig. 5.1) (Jian et al. 2000b). The SIMMAX-28-derived winter SST exhibit larger
amplitude fluctuations before the Brunhes/Matuyama (B/M) boundary, whereas the
PF-12E-derived winter SST show greater changes across the MIS 22/21 transition
(Fig. 5.1).

Late Pleistocene

Late Pleistocene SST variations have been studied in numerous cores in the SCS
with higher time resolutions than those Pliocene-Pleistocene records. Wang L. et al.
(1999a) reported a millennial-scale UK′

37 SST record for the past 35 kyr from core
17940, northern SCS, by calibrating UK′

37 to annual mean SST in 0–30 m water
depth, together with the FP-12E-based summer and winter SST estimates (Fig. 5.4).
While the summer SST remained almost constant over the entire last glacial cycle,
the winter SST decreased with a number of short-term negative oscillations by
∼2 ◦C during the MIS 3, paralleling some “warm” δ18O minima. The MIS 2 SST
minima match well with heavy δ18O values toward the end of the LGM. Prominent
declines in winter SST also occur in the late Holocene.

In the southern SCS, Steinke et al. (2006) reported a high resolution SST record
for the past 22 kyr based on planktonic foraminiferal Mg/Ca ratios from core MD01-
2390 (Fig. 5.5), showing an average temperature change of 3.1 ± 0.6 ◦C. This
temperature change is relatively larger than previous reconstructions. This could
be related to the fact that the entire G. ruber population instead of “morphospecific”
samples of G. ruber s.s. from the glacial period was used for Mg/Ca measurements.
As mentioned above, G. ruber s.l. specimens generally yield lower Mg/Ca ratios
and hence lower SST estimates compared to G. ruber s.s. In core MD01-2390, the
abundance of G. ruber in LGM samples is very low, and the use of both G. ruber
s.l. and G. ruber s.s. for Mg/Ca analyses contributes to lower SST-estimations for
the LGM (Steinke et al. 2006, 2008a).

An abrupt temperature increase by at least 1 ◦C at the end of Heinrich 1 (H1)
event (Termination IA) is recorded in two short UK′

37 SST records spanning the
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last 13,000 yr from cores 18287-3 and 18252-3 in the southern SCS (Fig. 5.6)
(Kienast et al. 2001). Within the recognized dating uncertainties, this SST increase
was synchronous with the Bølling warming 14.6 ka ago as recorded in the GISP2
ice core.

SST Variations at Millennial Scales

In recent years, remarkable progresses have been made on SST reconstructions on
millennial time scales in the SCS. Representing these are the alkenone derived SST
record in IMAGES core MD972151 from the southern SCS (Zhao et al. 2006) and
the Mg/Ca derived SST record at ODP Site 1145 from the northern SCS (Oppo and
Sun 2005).

In the southern SCS, the alkenone data from core MD972151 generate a SST
record over the past 150 kyr, with sampling resolution of 150 to 200 years (Fig. 5.7)
(Zhao et al. 2006). It shows glacial SST variations from 23.5 to 26 ◦C and interglacial
SST variations from 27 to 28.9 ◦C, in general agreement with previously reported
records from the southern SCS (Pelejero et al. 1999a,b; Wang P.1999; Kienast et al.
2001; Steinke et al. 2001; Chen M. et al. 2005) and from the tropical western Pacific
ocean (Lea et al. 2000; Stott et al. 2002; Rosenthal et al. 2003; Visser et al. 2003).
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SST increased by ∼5 ◦C during Termination II and by ∼4 ◦C during Termination I.
For Termination I, the lowest SST (23.8–24.0 ◦C) was recorded at 15.2–14.1 ka,
just prior to the Bølling transition instead of during the LGM between 23 and
19 ka. Following this was an increase by 3 ◦C (to 27 ◦C) within 100 years during
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the Bølling/Allerød and IS1 warm event. A similar SST pattern occurred also in
Termination II, with a very cold event (23.5–23.7 ◦C) lasting 2700 years (between
137 and 134 ka) in late MIS 6 (Fig. 5.7). Frequent SST oscillations were observed
within MIS 3, with frequencies similar to the D-O cycles observed in Greenland ice
cores. SST was around 26 ◦C during typical warmer interstadial events and dropped
to ∼24.4 ◦C during colder stadial events.

The SST curve from core MD972151 is comparable with the δ18O record of
the Hulu stalagmite from eastern China (Wang Y. et al. 2001) with some minor
differences (Fig. 5.7). Between 65 and 10 ka, the SST oscillated within a range of
24–26 ◦C, while the Hulu δ18O fluctuated between −6.5 and −9.5� during the
period of 60–30 ka before increasing to a maximum of −4.5� at 16 ka. These
millennial-scale oscillations in the two records correlate well with each other and
with the Greenland GISP2 record. Within the error of the age model, for example,
most of the positive SST excursions on the order of 1.0–1.5 ◦C over a few hun-
dred years can be correlated with the interstadials in the GISP2 record and with
more negative δ18O values in the Hulu δ18O record, indicative of stronger summer
monsoons. Similarly, several significant cool intervals (24.4–24.2 ◦C) between these
interstadial events possibly correspond to the Heinrich events reported from the
North Atlantic Ocean (Bond et al. 1993; Chapman et al. 2000) (Fig. 5.7). Therefore,
Zhao et al. (2006) concluded that millennial-scale SST changes in the SCS were
mainly caused by the variability of the winter monsoon. Moreover, the simultaneous
rise in sea level and in UK′

37 SST during Termination I indicates an important role
of sea-level change on the regional SST variability by influencing the exchange of
tropical ocean warm surface water with the SCS water through the Sunda Shelf
region (sill depth 30–50 m). When sea-level drop was less than 30 m relative to
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and the δ18O record of the Hulu Cave (B) (Wang Y. et al. 2001) and the δ18O record of the GISP2
ice core from Greenland (A) (Dansgaard et al. 1993) shows a good correlation of interstadial events
and Heinrich events (H1 to H61) (from Zhao et al. 2006). The vertical bar indicates the youngest
Toba tephra layer. Below 40 ka, GISP2 has turned out to deviate by 2500 yrs from new annual-layer
counts (Svensson et al. 2008)
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today’s, SST at MD972151 was constantly above 27 ◦C, a situation which occurred
during MIS 5e, part of MIS5c and 5a, and over the last 11 kyr (Zhao et al. 2006).

In the northern SCS, Oppo and Sun (2005) reconstructed SST variations at ODP
Site 1145 for the past 140 kyr (Fig. 5.8) using an equation developed for G. ruber
Mg/Ca ratios in the Pacific (Dekens et al. 2002). The estimated SST for the late
Holocene was ∼28 ◦C, corresponding to an abundance peak of G. ruber in late sum-
mer. The maximum SST of the previous interglacial (MIS 5e) was ∼1 ◦C warmer
than the late Holocene, in a good agreement with alkenone-based SST estimates
(Pelejero et al. 1999a). Glacial SST was ∼4 ◦C colder than the late Holocene, also
consistent with previous estimates for the northern SCS (Wang P. et al. 1995; Pele-
jero et al. 1999a). After the MIS 5e temperature peak, SST within the last interglacial
changed several times by ∼3 ◦C marking other MIS 5 substages (Fig. 5.8).

Suborbital SST changes at Site 1145 are best developed since ∼80 kyr. Based
on a visual correlation between the SST record and the Hulu δ18O record, Oppo
and Sun (2005) suggested that SST changes in the northern SCS were synchronous
with abrupt events in the seasonality of monsoon precipitation and in temperature
changes over Greenland, and that the distinct cold events likely corresponded to the
Heinrich events from episodic massive iceberg discharges into the subpolar North
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Atlantic (Fig. 5.8). A good match between the Mg/Ca SST record and the ben-
thic δ18O from the same site also implies that the demise of ice sheets during the
last deglaciation did not precede Northern Hemisphere summer insolation increase
(Oppo and Sun 2005).

The outlined SST changes are confirmed by our new Mg/Ca-derived SST record
from core 17961 in the southern SCS (Fig. 5.9). During the last deglaciation, SST
changes were apparently synchronous with changes in both benthic (C. wueller-
storfi) and planktonic (G. ruber) δ18O, without any noticeable phase lead or lag
between them (Jian et al. 2008). Together with the recent published SST records
(Kienast et al. 2001; Oppo and Sun 2005), our new data support the inference that,
in the East Asian monsoon region, tropical SST changes during the last deglaciation
were synchronous with warming events in Greenland. These SCS records are in
conflict with postulates from the equatorial western Pacific Ocean (Lea et al. 2000;
Visser et al. 2003), although the SCS, particularly its southern part, belongs to the
tropical Pacific. Therefore, the precise phase relationship between tropical and high-
latitude climates during past abrupt climate events require further studies on higher
time resolution before these inconsistencies can be resolved.

Paleo-SST Patterns

Paleo-SST in the SCS

As described in Chapter 2, the modern SST distribution in the SCS is largely con-
trolled by the seasonally reversing monsoon-driven surface circulation. With the
seasonal alternation of prevailing winds, i.e. the southwest monsoon in summer and
northeast monsoon in winter, the SCS displays a trans-basinal pattern of surface
currents with opposite directions during summer and winter. In summer, surface
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water of the tropical Indian Ocean flows northward into the SCS, while in winter the
northeast wind drives the tropical and subtropical Pacific waters together with the
cooler coastal waters into the SCS, leading to a steeper south-north (S-N) temper-
ature gradient in the winter SCS. According to Levitus and Boyer (1994), the SST
of the SCS ranges from 22 to 28.8 ◦C during winter, with steep gradients toward the
coast of China, while during summer, the SST varies only between 27 and 29 ◦C.

During the LGM, however, when sea level dropped by 100–120 m, all the south-
ern connections to the open ocean closed, and the SCS changed to a semi-closed
basin with Bashi Strait as its only water passage way to the open ocean. Winter and
summer SST estimates for the LGM from ten cores (Fig. 5.10) show distinct S-N
contrast (Wang P. et al. 1995). The winter SST displayed a south-north (S-N) trend,
from 17.5 ◦C in the north to 23 ◦C in the south, whereas the summer SST showed
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an east-west trend, from <25 ◦C in the east to 27–28 ◦C in the west, indicating basic
changes in surface circulation.

These SST patterns during the LGM are also supported by numerical simula-
tions. As shown in Fig. 5.10, when sea level was low, the glacial surface circulation
was counter-clockwise for winter and basically clockwise for summer. Therefore,
the earlier interglacial (and postglacial) trans-basinal patters of circulation must
have been replaced by semi-enclosed patterns as schematically shown in Fig. 5.10
(Wang P. et al. 1995).

North-South Comparison of SST

The S-N temperature gradient in the winter SCS seems to exist throughout the
entire Quaternary and can be used to indicate changes in the strength of the East
Asian winter monsoon. Reconstructions of SST at ODP Sites 1146 and 1143 reveal
increased SST gradient between the northern and southern SCS during glacials
of the late Pleistocene due to strengthened winter monsoon, consistent with other
winter monsoon proxy records (Fig. 5.11). For example, the S-N SST difference
(ΔSST) between core 17964 (112◦12.8′E, 06◦09.5′N) from the south and core
17940 (117◦23.0′E, 20◦07.0′N) from the north displays increased values during the
last glacial stage and decreased values during the Holocene, respectively, indicating
intervals of strengthened and weakened winter monsoons (Fig. 5.12).

The SST estimates in cores 17940 and 17964 are based on planktonic foram-
iniferal transfer function and possibly biased by age control and ecological effects.
Recently, Oppo and Sun (2005) published the first SST record based on Mg/Ca
ratio measurements at ODP Site 1145. This northern SCS record is compared with
a southern SCS record in core 17961 (112◦19.9′E, 08◦30.4′) derived also from
the Mg/Ca ratio (Jian et al. 2008). The S-N SST and planktonic δ18O differences
between Site 1145 and core 17961 were calculated after interpolating the two sets
of data to 1 kyr interval. The results show that the S-N SST gradient in the SCS
fluctuated frequently, although the time resolution for the lower part of core 17961
is lower than that at Site 1145 (Fig. 5.13). Spectral analyses of the ΔSST reveal a
precessional cycle (∼23.2 kyr) and millennial variabilities mainly at 2.0–2.4 kyr and
1.4 kyr (Fig. 5.14). Particularly, during the D-O interstadials in the last glacial stage,
the S-N SST differences decreased correspondingly, indicating weakened winter
monsoons.

Paleo-SST in the Western Pacific

On the basis of micropaleontological data, the CLIMAP studies concluded that the
“ice-age ocean was strikingly similar to the present ocean in at least one respect:
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large areas of the tropics and subtropics within all oceans had sea-surface tempera-
ture as warm as, or slightly warmer than, today” (CLIMAP 1981). Recent studies,
however, have different conclusions (e.g., Hostetler et al. 2006).

Wang P. (1999) summarized the available paleo-SST data from the SCS and East
China Sea, Sulu Sea and the adjacent western Pacific during the LGM, which were
based on planktonic foraminiferal census using the transfer function FP-12E. As
seen from Fig. 5.15, the LGM summer SST for the South China Sea and Sulu Sea
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between 5 and 20 ◦N ranges from 25.6 to 29.0 ◦C, averaging 27.8 ◦C, while in the
open western Pacific at the same latitudes it ranges from 27.1 to 29.6 ◦C with an
average of 28.7 ◦C. The LGM winter SST varies from 16.0 to 24.0 ◦C in the South
China and Sulu Seas, averaging 21.1 ◦C, and from 23.8 to 28.0 ◦C in the open ocean,
averaging 26.0 ◦C, or 4.9 ◦C higher than that in the marginal seas. Thus, the winter
SST at the LGM was much cooler in the western Pacific marginal seas than in the
open ocean, whereas in summer the SST was similar in the marginal seas and ocean,
resulting in a much more intensive seasonality during the LGM in the marginal seas.
In general, the winter SST at the LGM was at least 3–4 ◦C lower in the SCS and Sulu
Sea than in the open Pacific, and the LGM seasonality is about 4 ◦C higher in the
open ocean, supporting the early finding of the amplifying effect of glacial signals
in the marginal seas (Wang and Wang 1990).

These different results of paleo-SST reconstructions led to new efforts to improve
the paleoecological transfer function technique and to debate whether the technique
is applicable to the whole tropics (Anderson and Webb 1994). Up to now, nearly ten
cores in the SCS have been analyzed for UK′

37 measurements, confirming LGM-
Holocene SST contrast by 4–4.5 ◦C in the north and by 2.5 ◦C in the south (Huang
et al. 1997a; Pelejero et al. 1999a; Kienast et al. 2001; Zhao et al. 2006), all slightly
exceeding that in the open Pacific (Lea et al. 2000).

Oxygen isotope data for the late Quaternary are now available from many sites
in the western Pacific marginal seas, in particular the SCS. As seen from LGM-
Holocene changes in the δ18O of shallow-dwelling planktonic foraminifers (G.
sacculifer or G. ruber) (Fig. 5.15d), the δ18O contrast is again much more significant
in the marginal seas than in the open ocean, with <1.7� in the open ocean south
of 30 ◦N but >1.7� in the marginal seas at the same latitudes. Although the greater
δ18O difference in the marginal seas might be partly caused by salinity changes and
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in part controlled by sedimentation rates and bioturbation, there is no contradiction
between the δ18O data and the trend of paleo-SST change discussed above (Wang P.
1999).

5.2 Thermocline Depth History (Tian J. and Jian Z.)

The upper-water structure, particularly the thermocline depth, is of particular impor-
tance for the low-latitude Pacific and the SCS because of its close ties with El
Nino-Southern Oscillation and with the East Asian monsoon. Therefore, past ther-
mocline changes in the SCS can shed light on the history of both the East Asian
monsoon (Jian et al. 2000a; Huang et al. 2002; Tian et al. 2005b) and the Western
Pacific Warm Pool (Li B. et al. 2004; Li Q. et al. 2006). Seasonal variations of
thermocline depth in the modern SCS are discussed in Chapter 2 (Thermocline and
upwelling), here we review the history of thermocline depth changes starting from
its proxies.

Proxies of Thermocline Depth

Foraminiferal Assemblage

Planktonic foraminiferal assemblages, transfer functions, and δ18O gradient between
surface and sub-surface planktonic foraminifers have been applied for reconstruct-
ing past thermocline changes in the SCS. Quantitative analyses of the modern
planktonic foraminiferal distribution indicate that shallow dwelling species such as
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G. ruber and G. sacculifer dominate the assemblage when the surface mixed layer
is deep and the thermocline is depressed to below the photic zone, and vice versa
for the deep thermocline dwelling species such as P. obliquiloculata and Globoro-
talia tumida (Bé et al. 1985; Ravelo and Fairbanks 1992; Jian et al. 2000a). The
vertical depth habitats of tropical planktonic foraminifers provide a primary tool
for reconstructing upper water structure in paleo-oceans (Fairbanks et al. 1982;
Thunell et al. 1983; Bé et al. 1985), so paleo-thermocline depth can be reconstructed
either using the abundance ratio between shallow and deep dwelling species or
transfer functions, as in the case of SST reconstruction. While the former may indi-
cate relative changes, the latter provides quantitative estimates of the thermocline
depth. In the tropical Pacific Ocean, two transfer function techniques, the Imbrie-
Kipp Method (IKM) (Imbrie and Kipp 1971) and the modern analog technique
(MAT) (Hutson 1980) have been widely used and the results show that subsurface
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hydrography of the tropical Pacific during the LGM was only slightly different from
the present-day’s structure there (Andreasen and Ravelo 1997).

δ18 O Gradient Between Surface and Subsurface Planktonic Foraminifera

Another useful proxy of the paleo-thermocline depth in the western Pacific is the
δ18O difference between surface and subsurface dwelling planktonic foraminiferal
species (Ravelo and Shackleton 1995; Jian et al. 2001). Larger δ18O differences
between subsurface and surface species usually indicate a shallow thermocline with
a large temperature range in the photic zone with colder intermediate waters getting
close to the surface, whereas smaller δ18O differences often result from a deepened
thermocline with a narrow temperature range (Ravelo and Shackleton 1995). For
example, in the modern tropical Pacific, the thermocline is deep in the west but
shallow in the east. The subsurface to surface foraminiferal δ18O differences in core
top samples are smaller (1.0�) in the western Pacific but larger (1.9�) in the east-
ern Pacific, corresponding to the deep and shallow thermoclines in these two Pacific
sectors, respectively (Billups et al. 1999). Similarly, in the equatorial Atlantic the
subsurface to surface foraminiferal δ18O differences in core top samples are smaller
(0.9�) in the west with a deep thermocline but larger (1.4�) in the east with a
shallow thermocline (Billups et al. 1999). By using δ18O differences between the
subsurface G. tumida and the near-surface dwelling species G. sacculifer, Billups
et al. (1999) constructed the upper ocean thermal gradient variations at the open west
Pacific ODP Site 806 between 5 and 3 Ma. The consistently small δ18O differences
led the authors to suggest that the thermal gradient in the photic zone remained small
and the mixed layer remained deep during the early Pliocene at Site 806.

The same has been observed in the modern SCS. As shown in Fig. 5.16, the
core top δ18O differences (Δδ18O(P-G)) between P. obliquiloculata and G. ruber in
the southern SCS ranges from 0.76 to 1.38� in the summer monsoon upwelling
area off Vietnam, but from 1.68 to 1.83� outside this area. Smaller δ18O differ-
ences between subsurface and surface species mean shallower thermocline in the
upwelling area (Tian et al. 2005b). Therefore, the δ18O difference Δδ18O(P-G), can
be used to indicate thermal gradient variations in the SCS, with large Δδ18O(P-G)

values implying decreased mixed layer depth, and vice versa for smaller Δδ18O(P-G)

values.

Paleo-Thermocline Depth

Thermocline Evolution on Tectonic Timescales Since the Late Miocene

Abundance variations of deep-dwelling planktonic foraminiferal species have been
used to estimate relative thermocline changes in the tropical and subtropical Pacific
(Kennett et al. 1985) as well as in the SCS. Based on the relative abundances of
the total deep-dwelling species and such species groups as Neogloboquadrina spp.,
Pulleniatina spp., and Globoquadrina dehiscens at Sites 1143 and 1146, Li B. et al.
(2004) revealed the relative thermocline evolution in the northern and southern SCS
for the past 12 myr.
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Fig. 5.16 δ18O differences between subsurface-dwelling P. obliquiloculata and surface dwelling
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from summer upwelling region off Vietnam have larger Δδ18O(P-G) values (Tian et al. 2005b)

As shown in Fig. 5.17, a major decrease in the abundance of deep-dwelling
planktonic foraminifera between 11 and 9 Ma at both sites, centered at 10 Ma,
may indicate a deeper thermocline in the SCS after 10 Ma. Lower total abundances
of deep-dwelling planktonic foraminiferal species from 10 to 8.2 Ma (Site 1143)
and 8.58 Ma (Site 1146) suggest that a deeper thermocline persisted until 8.2 and
8.58 Ma in the southern and northern SCS, respectively. The thermocline in the
western Pacific is 50–100 m deeper than in the eastern Pacific (Levitus and Boyer
1994). It has been suggested that the closure of the Indonesian Seaway played an
important role in the early formation of the WPWP (Kennett et al. 1985). The clo-
sure of the Indonesian Seaway could have contributed greatly to WPWP evolution
owing to the piling up of warm surface water in the western equatorial Pacific and
the strengthening of the Equatorial Under Current (Maier-Reimer et al. 1990; Hirst
and Godfrey 1993). Accordingly, the synchronous thermocline deepening at 10 Ma
at sites 1143 and 1146 likely has been caused by initial formation of the WPWP
due to the increased closure of the Indonesian Seaway in the early part of the late
Miocene.
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Globoquadrina dehiscens was a typical subsurface species living mainly in warm
temperate waters during the Miocene, which became extinct from the world oceans
at 5.6 Ma near the Miocene/Pliocene boundary (Kennett et al. 1985; Berggren et al.
1995). In the SCS, however, the faunal data from Sites 1143 and 1146 show that
the last occurrence (LO) of Gq. dehiscens at core depths of 470 m at Site 1143
and 412 m at Site 1146 corresponds to an age at ∼9.8 Ma (Fig. 5.17). This event has
also been reported from numerous petroleum wells on the northern shelf of the SCS,
such as BY 7-1-1 (Qin 1996). The LO of Gq. dehiscens at these industrial sites is
close to the zone N15/N16 boundary, and is accompanied by the first occurrences
of Neogloboquadrina acostaensis and Globorotalia merotumida. The disappearance
of Gq. dehiscens after 10 Ma from both the southern and northern parts of the SCS
probably provides additional evidence for the initial development of the WPWP
during the early part of the late Miocene (Li Q. et al. 2006). The pile up of warm
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water during the formation of the WPWP probably eliminated the temperate water
dwellers such as Gq. dehiscens that characterized the fauna before 10 Ma in the SCS.

At approximately 6.6 Ma the deep-dwelling planktonic foraminiferal species at
Site 1143 constituted more than 60% of the total fauna, reflecting a shallower ther-
mocline at that time. Later, it gradually decreased to the lowest abundance values
of 10% at 2 Ma (Fig. 5.17b), a trend also observed in the Neogloboquadrina group
(Fig. 5.17a). Site 1143 now lies within the modern WPWP, so thermocline variations
at this locality should have responded to the warm pool development. These faunal
decreases imply a thermocline deepening after 6.6 Ma in the southern SCS, probably
related to the evolution of the western Pacific hydrography toward modern “warm
pool” conditions after 6.6 Ma.

At Site 1146 in the northern SCS, the total deep dwelling species and species
of Neogloboquadrina did not change significantly until 3.1 Ma (Fig. 5.17c and d).
Neogloboquadrina spp. increased markedly over the 3.1–2.0 Ma period, from less
than 10% to more than 20% of the fauna, and increased further to 30% in the Pleis-
tocene. The total deep-dwelling species also increased from 25 to 55% over the same
period, reaching the highest value of >83% at 1.0 Ma in the middle Pleistocene.
These abundance increases at Site 1146 reflect a sudden shoaling of the thermocline
after 3.1 Ma that continued into the Pleistocene in the northern SCS. These patterns
contrast sharply with those at Site 1143, indicating that different controlling factors
had been operating on the upper waters of the southern and northern parts of the SCS
since the late Miocene. The faunal data from Site 1146 also suggest that the upper
water conditions analogous to the modern northern SCS first occurred in the middle
Pliocene. The shoaling thermocline from 3.1 to 2 Ma at Site 1146 thus indicates an
intensified East Asian winter monsoon during that period, consistent with the eolian
sediment records from central China (An et al. 2001).

Pleistocene Thermocline Variations on Orbital Scales in the Southern SCS

Transfer function derived thermocline change. Compared to the Neogene history
discussed above, the Pleistocene thermocline depth can be estimated quantitatively
using foraminiferal transfer function. The very deep dwelling species Globorotalia
truncatulinoides has an unusual life cycle and is very useful in the reconstruction of
the upper thermal structure. It reproduces at ∼600 m and from this depth juveniles
rapidly travel to the surface then sink slowly through the water column, growing
by adding chambers (Bé 1977; Bé et al. 1985; Hemleben et al. 1989). A higher
proportion of this species probably indicate a very deep thermocline and/or thick
mode water thermostads (Lohmann and Schweitzer 1990; Ravelo and Fairbanks
1992; Martinez 1994, 1997). In core 17957-2 from the southern SCS, the percent-
age abundance of G. truncatulinoides shows a trend of gradual decrease during
the Brunhes chronozone which indicates water mixing and the depth of thermo-
cline (DOT) gradually decreased (Fig. 5.18). Especially, the G. truncatulinoides
left-coiling form, which requires a thermocline much deeper than the right-coiling
form, and Globoquadrina conglomerata abruptly increased in MIS 5, indicating that
the thermal structure of upper water column greatly changed during at that time.
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Fig. 5.18 Pleistocene thermocline history in the southern SCS is revealed in faunal proxies from
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The average Holocene DOT estimates in core 17957-2 is ∼190 m, agreeing with
the modern annual DOT derived from the world ocean atlas for this region (Levitus
and Boyer 1994). The estimated downcore DOT ranges from 115 to 230 m, rela-
tively deeper during interglacials than during glacials. Before MIS 22-21 or before
the mid-Pleistocene revolution (MPR), DOT changed little around 200 m. Later it
gradually decreased during the Brunhes chronozone, with an average of 180 m. The
shallowest DOT of ∼115 m occurred within MIS 6 before deepening again after
abrupt increases in the G. truncatulinoides left-coiling form and in G. conglomerata
during MIS 5.

In responding to DOT shoaling, the abundance of mixed layer dwelling species
reduced while thermocline dwelling species increased (Ravelo et al. 1990; Ravelo
and Fairbanks 1992). The mixed layer dwelling species in core 17957-2 decreased
in abundance since the MPR and reached a minimum during MIS 6-5, while the
thermocline dwelling species changed in an opposite trend (Fig. 5.18), reflecting a
shoaling DOT, a phenomenon also observed in the western equatorial Pacific during
the same time by the δ18O difference between G. sacculifer and P. obliquiloculata
(Schmidt et al. 1993).

However, the transfer function-derived DOT changes do not always display
similar patterns of glacial/interglacial changes in different parts of the SCS. The
prevailing monsoon system coupled with Ekman effect results in winter upwelling
off the northwestern edge of the Philippines and summer upwelling along the
Vietnam coast (Chapter 2). The winter upwelling region centered about 100 km
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offshore between 16 and 19 ◦N off the northwestern Philippines had been revealed
by the distributions of temperature, salinity and dissolved oxygen concentration,
and also by the tracer distribution obtained from a numerical experiment (Chao
et al. 1996; Shaw et al. 1996). The summer upwelling is also predicted from a
climatology-driven circulation model in response to summer monsoonal winds (see
Chapter 2). Late Quaternary records of monsoon-driven coastal upwelling can be
highly promising for reconstructing the past thermocline changes and hence the
East Asian monsoon variability. For example, shoaled thermocline and enhanced
organic carbon flux have been inferred as result of intensified upwelling off eastern
Vietnam during interglacials and off the northwestern Philippines during glacials
(Jian et al. 2001; Fig. 5.19), showing a seesaw pattern of the DOT changes during
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Fig. 5.19 Downcore variations in paleoproductivity indicators are compared between core 17954
off Vietnam and core 17928 off northwestern Luzon: Corg-Flux (organic carbon flux to the seafloor
based on organic carbon content using the equation of Sarnthein et al. 1992), BF-flux (organic
carbon flux to the seafloor based on the relative abundance data of benthic foraminifera using the
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glacial/interglacial cycles from the east to the west. The seasaw pattern of the DOT
changes is probably unique to the SCS due to the monsoon influences in both
summer and winter seasons.

δ18 O gradient derived thermocline change. An alternative way of thermocline
reconstruction is by Δδ18O(P-G). Its values at ODP Site 1143 were reduced by
0.5–1.0� during glacials or stadials compared to the adjacent interglacials or
interstadials, suggesting that the thermocline depth was deeper during glacial and
stadial periods over the last 1.56 myr (Fig. 5.20) (Tian et al. 2004). On the con-
trary, during interglacial or interstadial periods, large Δδ18O(P-G) values imply a
shallower thermocline. Exceptions to this general pattern are rare, including rel-
atively high Δδ18O(P-G) values for MIS 16 and relatively low values for MIS 17
(Fig. 5.20).

However, the estimated DOT changes using these two methods show two oppo-
site patterns for the early Pleistocene glacial/interglacial cycles in the southern
SCS. The δ18O gradient between P. obliquiloculata and G. ruber at Site 1143
exhibits deeper thermocline during glacials and shallower thermocline during inter-
glacials throughout the Pleistocene (Fig. 5.20C), whereas transfer function derived
DOT shows entirely different trends before and after the mid-Pleistocene revolution
(MPR) around 0.9Ma mostly due to the abnormally high abundance of P. obliquiloc-
ulata in post-0.9 Ma glacial times. P. obliquiloculata is a typical thermocline dweller
and its abundance heavily influences the accuracy of planktonic foraminiferal trans-
fer functions. Its abundance shows higher values in interglacials before MPR but
higher values in glacials after MPR in the southern SCS, such as at ODP Site 1143
(Xu et al. 2005), SONNE cores 17957-2 (Jian et al. 2000b) and 17962 (Fang et al.
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2000). Although the transfer function techniques of Andreasen and Ravelo (1997)
were successfully applied to reconstruct past thermocline depths in the open tropical
Pacific, these techniques should be applied with caution in the southern SCS because
of the potential no-analog behavior of planktonic foraminiferal species, especially
of P. obliquiloculata.

Trans-Pacific Comparison and the Western Pacific Warm Pool

The upper ocean structure across the tropical Pacific is characterized by marked
gradients of SST and thermocline depth, which are affected by ENSO (El Niño-
Southern Oscillation) on different time scales. During normal conditions, the trop-
ical eastern Pacific is bathed with cold surface water and a shallow thermocline,
and the western Pacific with warm surface water and a deep thermocline. However,
during El Niño years, the slopes of the seesaws of SST and thermocline across the
equatorial Pacific were reduced, as a result of thermocline deepening and surface
water warming in the east and thermocline shoaling and surface water cooling in
the west. The SST records derived from the planktonic Mg/Ca ratio at ODP Site
806 in the west and at ODP Site 847 in the east well document the evolution of
the trans-Pacific equatorial SST gradient over the last 5 myr and reveal permanent
El Niño-like conditions in the late Pliocene period (Ravelo et al. 2004; Wara et al.
2005). The SST records show that the SST gradient across the equatorial Pacific
was only 1.5 ◦C before ∼2 Ma, very similar to the situation during a modern El
Niño event. However, the SST gradient reached as high as 4–5 ◦C just after 2 Ma.
In addition, the proxy records of thermocline changes using the planktonic δ18O
difference at ODP Site 847 reveal significant thermocline shoaling or water cooling
in the eastern equatorial Pacific at ∼3.5 Ma, much earlier than the abrupt increase in
the SST gradient. Similar changes in planktonic δ18O differences are also reported
from ODP Site 851, another site from the eastern equatorial Pacific (Cannariato and
Ravelo 1997).

The 28 ◦C isotherm, which constrains the northern boundary of the Western
Pacific Warm Pool (WPWP), separates the SCS into two parts from the northeast
to the southwest. The thermocline in the modern SCS shoals from ∼175 m in the
south to ∼125 m in the north (Levitus and Boyer 1994), a seesaw pattern simi-
lar to that across the West and East Pacific. Variations in the relative abundances
of the deep-dwelling planktonic foraminifera at ODP Site 1146 and at ODP Site
1143 reflect the evolution of the thermocline depth gradient across the northern
and southern SCS since the late Miocene (Jian et al. 2006) (Fig. 5.21). The ther-
mocline gradient between the northern and southern SCS probably enhanced for
the first time during the 11.5–10.6 Ma, as indicated by an opposite change in the
relative abundance of deep-dwelling planktonic foraminifera between Site 1146
and Site 1143. Between 10.6 and 4.0 Ma was a period with weakened thermo-
cline gradient between the two sites. More significant increases in the thermocline
gradient occurred at about 4.0–3.2 Ma, as marked by a jump in the abundance of
deep-dwelling species at Site 1146 but a major decrease at Site 1143 (Jian et al.
2006). The faunal evidence of thermocline deepening from ODP Site 1143 at about
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4.0–3.2 Ma matches well with the record thermocline shoaling in the east equatorial
Pacific around ∼3.5 Ma (Wara et al. 2005). The thermocline variations between
the eastern and western equatorial Pacific reflect the long-term evolution of cli-
mate conditions in the pan-Pacific region. For example, the similarly decreased
thermocline gradients across the east-west equatorial Pacific in the late Pliocene
and in the modern El Niño years probably reflect the El Niño-like climate con-
ditions during the late Pliocene and subsequent weakening. The development of
a S-N thermocline gradient in the SCS since the Pliocene is comparable to the
trans-Pacific east-west thermocline variations, indicating the long-term evolution of
the WPWP.

5.3 Vegetation History in Deep-Sea Record (Sun X.)

Pollen grains in marine sediments are originating from vegetation on land and then
buried in the sea after being transported by winds or currents. Deep-sea palynology
yields terrestrial climate signals among the ocean records and bridges the pale-
oenvironmental studies across from land to sea. Pollen grains derived from the
deep-sea, however, are typically transported over long distance and they integrate
palynological information over a large area. Therefore, the use of pollen as climate
and vegetation proxy depends on adequate knowledge of its modern distribution. A
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survey of modern pollen in surface sediments is a prerequisite for paleoenvironment
interpretation of the SCS sediment records.

Pollen Distribution in Surface Sediments

A total of 40 surface sediment samples from the SCS were investigated for pollen
(Fig. 5.22) (Sun et al. 1999). The results are calculated and summarized by isopoll
maps of pollen concentration (grains/g) and pollen percentage, which display dis-
tribution patterns of different pollen types related to their dispersal routes and
mechanisms in the SCS. The concentrations of total pollen, total tree pollen, pine
and fern spores bear very similar distribution patterns. Their highest concentrations
occur in the northern part of the SCS, adjacent to Taiwan and Bashi Straits and
decrease towards southwest along the direction of winter monsoon and surface cur-
rents. Their concentration isopoll figures are stretched as a tongue, extending from
the Bashi trait towards the southwest. This can be illustrated with Pinus concen-
tration isopoll map (Fig. 5.22A), and is most likely resulting from the northeastern
winter monsoon which brings the conifer pollen from the southeast part of mainland
China and Taiwan to the sea before being transported further afield by surface cur-
rents (Sun et al. 1999). This interpretation is confirmed by the depositional process
recorded by sedimentation traps in the northern SCS (Su and Wang 1994). On the
other hand, pollen concentrations of tropical/subtropical trees and herbs are very
low and their values decrease from the continental shelf to the deep sea, implying
their dispersal from the coastal areas of south China and Taiwan mainly by river
discharges (Fig. 5.22B).

The pollen concentrations in the southern SCS are much lower, only one tenth
of those of the northern part, and decrease from the coastal areas of islands (mainly
Borneo) to the deep-sea. This pollen distribution pattern indicates that the pollen
source areas in the southern SCS are the islands east of the Sunda Shelf, mainly
Borneo, and pollen grains reach there chiefly by river transport (Sun et al. 1999).

Pollen percentage results display that, along the continental shelves of the north-
ern and southern SCS, the fern spores are the dominant component, respectively
reaching 80% and 70% of total pollen and spores sum. The subdominant compo-
nents are trees, reaching 40% in the northern, southern, and eastern margins of the
SCS but diminishing seaward. Percentages of herb pollen are quite low, contributing
less than 10% of the total in near 90% of samples.

Among tree pollen, Pinus is found to be prevalent in the surface sediments from
the northern SCS, contributing 80% in most of samples, but it is only less than
10% in the southern SCS (Fig. 5.22C). Its maximal values of concentration occur
in the northeast SCS and stretch as a saddle from NE to SW, being consistent with
the direction of the NE winter monsoon and the surface current. Pollen of tropical
and subtropical complex reaches 60% in the southern part, but only <1% in the
north (Fig. 5.22D). Mangrove pollen is abundant in the southern part, reaching a
maximum of 20%, but only ∼1% in the northern part (Fig. 5.22E).
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Long-Term Evolution

All of the pollen sequences discussed here were based on samples retrieved dur-
ing cruises “Sonne 95” in 1994 (Sarnthein et al. 1994), “Sonne 115” in 1996
(Stattegger et al. 1997) and “ODP Leg 184” in 1999 (Wang P. et al. 2000) (see
Table 5.1, Fig. 1.1). Of those only the ODP cores enabled us to study the long-
term vegetation history before the late Pleistocene. Because of the extremely low
pollen concentrations in a number of stratigraphic intervals, only the early-to-middle
Oligocene, late Miocene-Pliocene, and Pleistocene pollen sequences are discussed
here.

Oligocene

The longest deep-sea record from the SCS was recovered at ODP Site 1148 from
the northern lower continental slope (at modern water depth of 3,294 m), but from
the entire profile only the Oligocene section yielded sufficient quantity of pollen for
a statistically meaningful study. As seen from Fig. 5.23, the Oligocene assemblage
is dominated by montane conifer tree pollen. The broad-leave tree pollen groups
include mainly tropical-subtropical components. A distinct change in pollen assem-
blage occurred at around 32.0 Ma when the temperate montane conifer and cool and
drought-enduring deciduous tree taxa remarkably increased. Therefore, the pollen
data suggest that tropical montane rainforest and lowland rainforest developed in
the neighboring areas before 32.0 Ma, but the climate turned to be cooler and drier
after 32.0 Ma. This climate change is well correlated with previous observations
during oil exploration in the Zhujiangkou (Pearl River Mouth) Basin (Wu et al.
2003).

Noteworthy is the occurrence of abundant coastal and neritic dinoflagellate cysts
together with the Oligocene pollen (Mao et al. 2007), which seem to be incom-
patible with the deep-water benthic fauna from the same samples (see Chapter 6).
This unusual combination of coastal dinoflagellates with deepwater ostracoda and
foraminifera is most probably associated with the narrow gulf shape of the early
SCS basin at the early stage of seafloor spreading. Since then, the depth of the SCS
basin increased during its further opening, as evidenced by the changes in benthic
microfauna, accompanied by increased abundance of oceanic dinoflagellate species
upward in the profile (Mao et al. 2007).

Late Miocene-Pliocene

The late Miocene-Pliocene pollen sequence is based on 380 samples from the
depth interval of 76–512 mcd (meter composite depth) at ODP Site 1143, southern
SCS. Four pollen zones are defined from the pollen diagrams (Fig. 5.24) (Luo and
Sun 2007):
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Fig. 5.23 Pollen concentration and percentage diagrams of selected palynomorph components in
the Oligocene section of ODP Site 1148 show a major change at ∼32 Ma (based on Wu et al. 2003)

P1 (521–413 mcd, 11.9–8.15 Ma) is characterized by very low pollen influx
(48 grains/cm2/kyr in average). Pinus (52.1%) is the dominant taxon, and the tropi-
cal lowland rainforest pollen (16.5%) comes second. The percentages of fern spores
are very high, occupying 107.9% of the total land seed plants.

P2 (413–171 mcd, 8.15–4.29 Ma) is characterized by abruptly increased pollen
influx (1648 grains/cm2/kyr in average), which is nearly 35 times more than those
in P1. Cool-tolerant pollen groups increased during this stage, at the cost of warm-
tolerant groups. But pollen of the tropical lowland rainforest (6.5%) and fern spores
(62.6%) dropped sharply.

P3 (171–122 mcd, 4.29–2.63 Ma) is characterized by decreased pollen influx
(85 grains/cm2/kyr) and dramatically increased fern spores (329.4%). During this
stage, pollen of the temperate forest fell sharply (2.1%), and the mangrove pollen
appeared in very low percentages.

P4 (122–76 mcd, 2.63–1.58 Ma) is characterized by a second rise in pollen influx
(194 grains/cm2/kyr) with strong fluctuations. The lowland rainforest pollen and
especially the ferns (329.4%) increased in percentages. More mangrove pollen
(1.3%) were found during this stage.

A distinct boundary occurs at 8.1 Ma when pollen influx values increased abruptly.
The cool-tolerant montane and temperate groups also increased while percentages
of tropical lowland group and fern declined. These dramatic changes in pollen influx
presumably resulted from exposure of the Sunda Shelf from 8.1 to 4.3 Ma because
of the sea level drop.
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The increase of cool-tolerant group probably indicates a climate cooling since
∼8 Ma, in consistent with loess sequence results and other records. The loess
records demonstrate a massive eolian deposition since 7–8 Ma, implying arid cli-
mate and desert environment developed in the late Miocene (Sun and An 2001).
The terrestrial pollen records demonstrate that a bloom of grass vegetation occurred
during time intervals of 8.5–6.0 Ma in the Jiuxi Basin (Ma et al. 2004), 8.6–8.4 Ma
and 6.9–6.6 Ma in the Linxia Basin (Ma et al. 1998) from the northwestern China,
indicating dry and cold climate. The pollen influx at Site 1143 decreased from 4.3 to
2.6 Ma, probably related to sea level rise and submergence of the Sunda Shelf. Since
∼2.6 Ma, the pollen influx increased again and fluctuated in a wide range. A rough
comparison of pollen influx values with δ18O data indicates that the time intervals
with high influx values correspond to glacial periods with heavy δ18O values and the
low influx values are correlated with interglacial periods with lighter δ18O values
(Luo and Sun 2007).

Pleistocene

The best palynological record of the Pleistocene in the SCS is from ODP Site 1144,
northern SCS. It provides a long pollen sequence spanning the past 1.3 myr, with
an average time resolution of about 820 years. A total of 1250 pollen samples
were analyzed for the 504 m long sequence. Chronology of the sequence is based
on micropaleontology and magnetostratigraphy (Wang P. et al. 2000), as well as
the δ18O record of G. ruber (Bühring et al. 2001). Sediments of the profile are
almost continuous except for a hiatus at 196.64 m where MIS 8 is almost completely
missing, and two short-term hiatuses respectively within MIS 5.5 and MIS 11.31.
Often, lighter δ18O stages are correlated to pine-dominant pollen zones assigned to
interglacials, and heavier δ18O stages correspond to herb-predominant pollen zones
belonging to glacials. On this basis, a total of 29 pollen zones have been recognized
which almost completely coincide with isotopic stages MISs 1–29 (Fig. 5.25).

A total of 174 pollen types have been identified, but except for pine and some
herbs, most of the pollen types contain very few grains, in particular for some trop-
ical and subtropical taxa (Fig. 5.26). Pinus pollen dominates pollen assemblages
throughout the profile, followed by herbs in percentages. These two types together
can reach up to 80% of the total pollen sum of land seed plants, though the downcore
variations are very significant. Pinus almost always shows higher percentages in the
interglacial (varying from 39 to 81%) than in the adjacent glacial stage (30–54%).
Herbs pollen includes 29 pollen components, with the most important components
from Artemisia, Poaceae and Cyperaceae. Pollen from Chenopodiaceae and other
Asteraceae are moderate, and all other taxa are very low in percentage. In contrast

←−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−
Fig. 5.24 Late Miocene–Pliocene pollen diagrams (A, pollen percentages; B, pollen influx) from
ODP Site 1143 can be divided into 4 pollen zones, indicating major changes at 8.1, 4.3 and
∼2.6 Ma (from Luo and Sun 2007). Pollen percentages are based on total pollen numbers of seed
land plants, while pollen influx represents numbers of pollen grains/cm2/kyr
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to Pinus, the percentages of herbs and their main taxa are low during interglacial
periods (4.9–25.5%), but considerably higher during glacials (12.8–32.7%) (Sun
et al. 2003).

The tropical and subtropical group includes a large number of taxa, but only a
few grains of each taxon can be encountered per sample, except Quercus (evergreen
type). This group ranks third, inferior to Pinus and herbs in pollen percentages, and
ranges from 6.3 to 20%. No distinct glacial/interglacial variations in its percentage
can be found, although the middle part of the profile (from MIS 19 to 12) bears

−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−−→
Fig. 5.26 Pollen diagram of ecological groups and selected taxa from ODP Site 1144 are shown
by (A) pollen percentages, calculated on the total pollen sum of land seed plants, and (B)
pollen influx (grains/cm2/yr) (from Sun et al. 2003). Ecological groups shown in the figure
are: Herbs (Artemisia, Poaceae and Cyperaceae as the main components, with sparse Aster-
aceae, Chenopodiaceae etc.); Boreal conifers (Picea, Abies, and Tsuga); Tropical upper mountain
group (Podocarpus, Dacrycarpus, Dacrydium and Phyllocladus); Temperate deciduous group
(Betula, Alnus, Carpinus, Juglans, Ulmus etc.); Tropical and subtropical evergreen group (Quercus,
Altingia, Ilex, Castanopsis/Lithocarpus, Mallotus/Macaranga, Euphorbiaceae, Palmae, Melastom-
ataceae, Meliaceae, Euphorbiaceae, Moraceae); Mangroves (mainly Rhizophora and Sonneratia)
and Aquatics (Typha, Myriophyllum, Nymphoides)
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higher percentages than the upper and lower parts. Mangroves, of which Rhizophora
is the most important, is very low in percentage, ranging from 0 to 0.3%. Mangrove
pollen is almost completely absent before MIS 12, occur only in trace numbers
since MIS 12, but increase to maximum values in the LGM and the Holocene (MIS
2 and 1). Anthoceros, the dwarf liverwort genus is also recorded, with insignificant
numbers in interglacial intervals. Aquatic plants occur in low proportions (less than
2%) throughout the profile. Fern spores are found in large numbers ranging from
11.7 to 58.2% of total land seed plants and represent a variety of types with spores
of Cyathea and Gleichenia dominating. Generally, fern spores are more frequent in
interglacials, and achieve highest percentages in MIS 1, 5e and 15 (Fig. 5.26A).

Pollen influx (Fig. 5.26B) is expressed as numbers of pollen grains accumulated
on one square centimeter during one year. In general, influx values of total pollen
and pollen of each ecological group or taxon are very low (4 grains/cm2/yr) in the
lower part of the profile (from the bottom of the profile to MIS 17), then begin to
increase upward and reach the maximum (864 grains/cm2/yr) in MIS 2 (LGM). The
range of pollen influx variations can exceed two orders of magnitude (Fig. 5.26B).
In addition, the influx values of total pollen and pollen of each ecological group or
taxon are clearly greater in glacials than those in neighboring interglacials.

The pollen sequence at Site 1144 provides a vegetation and monsoon history
of the Pleistocene. During interglacials, low amounts of pollen are found in the
sediments, particularly from tropical/subtropical plants and herbs, thereby provid-
ing very limited information about the terrestrial vegetation. In contrast, a large
amount of pollen in glacial sediments at Site 1144 could have been brought in
by a strengthened northeast winter monsoon from the Asian mainland and Tai-
wan Island. In addition, pollen grains could also have been transported from the
exposed continental shelf by water flow and wind at glacial sea-level lowstands
(Sun et al. 2003).

Pollen assemblages at Site 1144 have revealed the changes in evergreen forest
composition over the last million years, indicating that the evergreen broadleaved
forests still survived in the southern coastal areas of China in glacials, probably
broader in its distribution than today. The early period of the vegetation history
before 900 ka is marked by relatively high percentages of tropical montane pollen
and Altingia within the tropical and subtropical pollen, implying cooler climate than
today. The period of 900–360 ka saw the occurrence of Dipterocarpaceae, Celas-
traceae, Cycas, Eugenia, Mallotus/Macaranga and Trema, indicating a relatively
warm climate. Since ∼360 ka trees from Fagaceae began to expand and became
absolutely dominant in the forest, probably implying strengthened seasonality and
cooler climate than before.

The pollen data from core 17940, a site near Site 1144, have already showed
that, during the LGM, the emerged part of the continental shelf was mainly covered
by grassland inferred from the high percentages of herb pollen (Sun et al. 1999).
This is further confirmed by the pollen records from Site 1144. The long-term
trends in the pollen record also bear information about evolution of the shelf and
its vegetation during the glacial emergence. Before 900 ka, the narrowly emerged
shelf was probably covered by grassland mainly of Artemisia during glacials, and
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then mainly of Poaceae and Cyperaceae during glacials between 900 and 160 ka.
The Artemisia population increased again and occupied most part of the exten-
sive emerged continental shelf during the last glacial stage. There were also sedge
swamps and wetlands on the continental shelf during glacials, as indicated by the
pollen of Cyperaceae, water plants like Typha and Myriophyllum, and small liver-
wort (Anthoceros). The existence of mangrove pollen since MIS 10 (Fig. 5.26), even
in very low percentages, indicates that mangrove survived along the northern coast
of the SCS during some glacial periods within the last 360 ka.

The frequent alternations between pine and herbaceous pollen at Site 1144 cor-
respond to sea level changes during the last million years (Sun et al. 2003). The
pollen ratio between shore plants (represented by herbaceous pollen, H) and upland
ones (indicated by pine pollen, P) may indicate the relative distance of the studied
site from the coast (Traverse 1988), with high ratio of H/P implying shorter distance
to the coast and low ratio vice versa. The palynologically inferred changes in the
distance from the coast indicated by H/P ratios at Site 1144 should be ascribed to
eustatic sea-level changes during glacial cycles (Fig. 5.25). H/P ratios reach the
maximum (5.5) during the LGM, and the minimum (0.01) in the Holocene. The
large amplitude variations of H/P values in MIS 3 may suggest significant sea-level
changes in the area, as recorded in the coastal zone of China (Wang P. et al. 1981).

However, a broader emerged shelf can also result in a higher H/P ratio than
a narrow one. Changes in the size or width of the exposed continental shelf in
the northern SCS are probably other factors influencing H/P variations. The small
amplitudes in variations and low values of H/P before MIS 6 suggests a narrow and
steep continental shelf, with only a limited area exposed at the lower sea-level stand,
and the broadening of the continental shelf around MIS 6 was probably caused
by neotectonics of the China continent related to the uplift of the Tibetan plateau
(Fig. 5.27) (Li J. 1991; Li and Fang 1996).

Pollen records at Site 1144 serve as direct proxies of the past variability of
the East Asian winter and summer monsoons. The downcore variations of the tree
pollen influx (Fig. 5.26) show that the higher values occur in glacial periods com-
pared with lower values in neighboring interglacials, indicating intensification of
the winter monsoon in glacial periods and weakening in interglacials. Moreover, in
most cases the pollen influx values are very low at the beginning of a glacial cycle
and then increase gradually, reaching the maximum at its end and then abruptly
falling down to the minimum at the beginning of the next interglacial. Similar to

Fig. 5.27 Schematic
diagrams show changes in
width of the northern
continental shelf of the SCS
during glacial stages before
and after MIS 6, as inferred
from the pollen record (from
Sun et al. 2003)

EXPOSED CONTINENTAL SHELF  

EXPOSED
CONTINENTAL SHELF 

After MIS 6  

Before MIS 6  
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foraminiferal δ18O variations, they indicate a causal relationship between global ice
volume and monsoon variations.

Over the past 1 myr, the tree pollen influx value noticeably increased since MIS
16, indicating that the Asian winter monsoon began to intensify since ∼670 ka ago
when the European Alps experienced the first major glacial, the Günz glaciation.
Grain size analysis of a number of loess sequences from the Loess Plateau in
central China also shows the intensification of the winter monsoon during the last
∼0.6–0.45 myr. Significant advance of the Mu Us desert (north of the Loess Plateau)
and better development of paleosols than those formed before imply enhancement
of both winter and summer monsoons during the last 0.6 myr (Ding et al. 1999).
Similarly, increased dust influx in Lingtai and Xifen loess profiles is regarded as an
increase of aridity and, hence, of winter monsoon intensity during the last ∼0.6 myr
(Hovan et al. 1989; Sun and An 2001).

Other pollen records such as herbs demonstrate similar glacial cycles as the tree
pollen influx. Fox example, the high values of tree pollen influx at MIS 2, 5, 12
are accompanied by similar peaks of Artemisia and herbs in general (Fig. 5.25),
all displaying sawtooth-like curves. However, tree pollen influx also shows high
values at MIS 5b and two spikes within MIS 3, probably related to intensive and
variable winter monsoon during these interglacial periods. The unstable climate of
MIS 3 is also evidenced by the high H/P ratio and high percentage of Anthoceros at
Site 1144.

For the pollen sequence at Site 1144, there are humidity-indicative palynomorphs
closely related to the summer monsoon intensity. Ferns usually grow under humid
conditions, with higher fern percentages suggesting wetter climate (Van der Kaars
1991; Van der Kaars et al. 2000). In addition, fern spores are produced in enormous
numbers and hence suitable for quantitative analyses. Therefore, the fern spore pro-
portions to the total pollen sum of land seed plants may serve as summer monsoon
proxy. Downcore variations of fern percentages show higher values in interglacials
and lower values in glacials, suggesting strong summer monsoons during warm peri-
ods (Fig. 5.25F). The significantly strong summer monsoon have occurred during
late MIS 1, 5e and 15, evidenced by very high values of fern spore percentage.
Fern spore percentage maintained high and constant values before MIS 16, probably
reflecting relatively strong and stable summer monsoon before MIS 16.

Spectral analyses of herbs and pine percentages at Site 1144 discover a set of
Milankovich cycles for the last 1 myr, the strong 100 kyr eccentricity cycle, the weak
41 kyr obliquity cycle and a more distinct 23 kyr precession cycle, as well as some
significant semi-precessional cycles (∼11, 10, and 9 kyr) (Fig. 5.28), revealing the
orbital forcing on the vegetation changes in the source regions that delivered pollen
to the northern SCS. Cross-spectral analyses of herb and pine pollen percentages
with planktonic foraminiferal δ18O records show very high non-zero coherences
(>90%) at the 100 kyr and 23 kyr bands (Fig. 5.29). Phase relationships between
pollen and δ18O records show that the vegetation changes are nearly in phase with
or slightly lag the global ice volume maxima at the 100 kyr and the 23 kyr bands,
respectively (Sun et al. 2003). Spectral and cross-spectral analyses reveal close rela-
tionship of the vegetation changes in the northern SCS with those changes in global
ice volume, sea level and monsoons.
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Fig. 5.29 Cross spectral
analyses of δ18O (solid line)
with herbs% (A, dashed line)
and Pinus% (B, dashed line)
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eccentricity band and the
23 kyr precessional band
(from Sun et al. 2003).
Spectral densities are
normalized and plotted on a
log scale. The coherency
spectra are plotted on a
hyperbolic arctangent scale.
The horizontal dashed line
denotes 80% coherency level.
Point-dashed lines indicate
coherency
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Fig. 5.30 Pollen percentage profiles and charcoal concentration curve (grains/cm3) from core
17940, the northern SCS, show changes in three pollen zones (from Sun and Li 1999). Ecolog-
ical groups include: tropical and subtropical broadleaved taxa (mainly Castanopsis, Quercus, Ilex,
Altingia, Elaecarpus, Palmae, Sapindaceae, Araliaceae, Gesneriaceae, etc.), temperate broadleaved
taxa (mainly Betula, Carpinus, Alnus, Juglans, etc.), montane confers (Picea, Abies, Tsuga) and
upper montane rain forest taxa (Podocarpus, Dacrydium, Phyllocladus, Dacrycarpus)

Last Glacial Pollen Records: North-South Differences

Northern SCS

The best pollen record over the last glacial from the northern SCS was generated
from core 17940, in which a total of 161 pollen types were identified, with 13 AMS
14C dates for time constraint. A large number of tree pollen taxa from this core,
except the predominant Pinus, were grouped into several categories according to
their ecology (Fig. 5.30) (Sun and Li 1999). On the basis of downcore variation in
different ecological groups it can be clearly divided into three zones, namely Zone
LG, Zone T and Zone H (Table 5.2).

During MIS 3 and MIS 2 (the LGM), the pollen assemblages are marked by
alternating dominance of montane conifers and upper montane rainforest taxa with
herb taxa, denoting cooler climate than the present day. Today the montane conifers
and montane rainforest gymnosperm incline to inhabit cool and humid environ-
ments. They are distributed either in montane areas of northern China and Taiwan
(such as Picea, Abies) or in montane areas of tropical subtropical areas (Dacrydium,
Podocarpus, Dacrycarpus, Phyllocladus). Anthoceros is a small liverwort, recorded

Table 5.2 Division of pollen zones in core 17940 is based on Sun and Li (1999)

Zone Depth (cm) Interval/Period Age (ka)

H 0–660 Holocene (MIS 1) 0–10
T 660–723 Younger Dryas 10–11.3

723–870 Bølling-Allerød 11.3–15
LG 870–1050 Last Glacial Maximum 15–25.3

1050–1306 MIS 3 25.3–37
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almost only during the last glaciation. The living Anthoceros prefers to grow in
deforested areas, on the edges of forests, or on moist soil in northeastern China
(Gao and Zhang 1981). High percentages of these pollen and spores denote much
cooler climate than in the present day.

Large amount of herb pollens was found during the glacial period. As the dom-
inant component in the herb group, Artemisia is a herb or a small shrub widely
distributed in temperate grasslands in the northern Hemisphere. In the pollen assem-
blages from the surface sediments of the SCS, only a few pollen grains of this
taxon occur in rare samples adjacent to the northern continent. During the LGM,
high frequencies of Artemisia occurred in northern China and declined eastward
and southward. In southeastern China, close to core 17940, Artemisia grains were
sporadic or even absent at 18 ka (Sun and Li 1999; Sun et al. 2000b). So, where did
such a great amount of Artemisia pollen in the glacial SCS come from? A plausi-
ble answer is that they came from the exposed continental shelf of the SCS which
was occupied by grassland, dominated by Artemisia, under a comparatively dry and
temperate condition. Judging from the above mentioned pollen data, the exposed
continental shelf during the last glacial time was probably occupied by grassland,
with montane conifers growing on nearby mountains. Therefore, the northern part
of the SCS had experienced remarkable decline in temperature and humidity. More-
over, the amount of charcoal during the last glacial was much higher than during
the Holocene, suggesting frequent fire due to the dry climate (Sun et al. 2000a).
However, the frequent alternating predominance of the herb-dominant and montane
confers-dominant groups also implies unstable conditions with frequent alternations
between relatively cool and humid and comparatively dry and warm stages.

During Termination I, the vegetation and climate experienced remarkable fluc-
tuations. Those include a sudden expansion of tropical and subtropical vegetation
and mangroves, which indicates abrupt warming during the Bølling and Allerød,
and a rapid increase of montane conifers, which indicates abrupt cooling during the
Younger Dryas. These changes exhibit the main futures of climatic oscillations of
the same time in the northern Hemisphere.

The Holocene is distinguished by absolute dominance of pine pollen (∼90%),
gradually increasing of fern spores and disappearance of Anthocerus and man-
groves. The pollen records are quite similar to those of the surface sediments from
the northern SCS, implying that the vegetation and climate was similar to that of the
present day, with gradual warming of the climate and continuing submerging of the
continental shelf. The sudden rise of spore Dicranopteris about 2 kyr ago might have
resulted from intensification of human activities. Dicranopteris is atypical tropical
or subtropical fern, often distributing in deforested places after human interferences
(Guangdong Institute of Botany 1976).

Southern SCS

Pollen types are different between the southern and northern parts of the SCS.
Four main ecological groups of pollen were discovered in pollen assemblages from
the south (Li and Sun 1999). The first group includes tropical montane rainforest,
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reflecting a cool and humid climate. The second group is low montane rainforest
taxa. The third group is rainforest taxa with more than one hundred pollen morphs
identified, denoting hot and humid climate. The fourth group includes mangroves,
Rhizaphora, Sonneratia and Liuminizera growing in brackish water along tropical
coasts and serving as an indicator of tropical coastal line. The rise of mangrove per-
centage in pollen diagram is closely related to sea level rise (Ellison 1993; Grindrod
and Rhodes 1984). The last glacial pollen data of the southern SCS come from two
areas: the southern continental slope and the Sunda Shelf.

Southern slope. Detailed pollen data are available from 3 cores: 17964, 17962
and 18287 (see Fig. 1.1 and Table 5.1 for locations). The bottom of core 17964
was dated at 26 ka, and the pollen assemblages from this core are dominated by
tree pollen, with less herb pollen (<20%). Remarkable from the first glance is the
absence of the glacial/interglacial contrast frequently observed in the northern SCS.
Nevertheless, four pollen zones (P1-P4) were recognized that represent different
stages of vegetation and climatic changes (Fig. 5.31) (Li and Sun 1999).

The glacial time (P1) is dominated by tree pollen taxa (>80%), excluding consid-
erable amount of pine, composed mainly of upper montane rainforest and lowland
rainforest and mangroves. Herb pollen percentages are quite stable through the pro-
file (around 20%), while fern spores are very high in percentages. Pollen assemblage
from this stage probably indicates that the climate was gradually getting cooler
from MIS 3 towards the LGM. Mangroves pollen percentages increase upwards the
profile as well, suggesting gradually exposure of the Sunda Shelf with sea level drop.

The striking feature of the deglaciation (P2) is that the total pollen influx
(grains/cm2/yr) and influxes of each group and taxa are in their maximum values,
probably resulting from the rapid migration of the coastline and accompanied ero-
sion. The pollen record at this stage denotes that the Sunda Land was covered mainly
by lowland rainforest. The pollen percentages of mangroves increased during the
later stage of deglaciation (P3).
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The Holocene (P4) can be divided into three substages. The early part (9.9–
5.2 ka) is characterized by abruptly increased pine pollen and mangroves, and a
slight decline of lowland rainforest. In the middle part of P4 (5.2–2.3 ka), pollen
percentages of the lowland rainforest and mangroves (especially Rhizophora and
Sonneratia) increased their pollen percentages, but those of the montane rainforests
continuously declined and almost disappeared, indicating the warmest climate
developed in the middle Holocene. In the most recent part (2.3 ka-present), pollen
percentages of the lowland rainforest and mangroves declined, but those of Pinus,
upper montane rainforest and fern spores (spores of Dicranopteris and Acros-
tichum in particular) increased considerably, implying a cooler climate and human
disturbances during the late Holocene (Li and Sun 1999).

Core 17962 is quite similar to core 17964 in pollen assemblages, especially dur-
ing the Holocene (Sun et al. 2002). However, the pollen assemblages of core 17962
changed much more smoothly (Fig. 5.32) and did not display clear millennial-scale
oscillations in different ecological groups of pollen taxa. In addition, the lowland
rainforest dominated the whole pollen profile, except the early Holocene. The pollen
influx values in core 17962 were high during the glacial stage with maximum val-
ues in the LGM, but they progressively decrease during the Termination I and to a
minimum in the Holocene (Fig. 5.32).

Core 18287 recovered from the upper slope close to the Sunda Shelf covers only
Termination I and the Holocene, and the pollen profile is dominant by tree pollen
taxa (Fig. 5.33; see Figs. 1.1 and 5.35 for location). The upper montane rainfor-
est pollen of this core is low in percentages throughout the whole profile, but the
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Fig. 5.33 Pollen percentage diagram of core 18287 from the southern SCS shows variations from
Termination I to the Holocene (from Wang X. et al. 2007)

lower montane rainforest pollen serving as cool climate indicator is quite abundant.
During theTermination the lowland rainforest and fern expanded their distributions
and the lower montane rainforest progressively moved up to the mountains and its
distribution area on the shelf shrank, probably caused by climate warming during
this period (Wang X. 2006; Wang X. et al. 2007).

The three cores discussed above (17962, 17964, 18287) range from north to
south. A comparison of their pollen influx profiles reveals a southward migration
of its maximum value: at LGM in the northern core 17962 but at Termination I
in the southern core 18287 (Fig. 5.34). This pattern confirms that the pollen was
transported northward from the Sunda Shelf and the maximum influx moved to the
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Fig. 5.34 Total pollen influx (grains/cm2/yr) curves for cores 17962 (Sun et al. 2002), 17964 (Li
and Sun 1999) and 18287 (Wang X. 2006) indicate a shift of pollen deposition center southward
with sea level rise from the LGM to Termination I
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south with the postglacial retreat of the coastline. In the Holocene, extremely low
pollen influx at these cores indicates that the sea level rose and the Sunda Shelf
submerged into the seawater. Therefore, the neighboring islands, mainly Borneo,
became the only pollen source area. Noticeable is the middle Holocene, when both
sea level rise and the submerged area of the shelf reached its maximum, and the
climate was warmer and more humid than today, as evidenced by maximum pollen
percentages of mangroves. During the late Holocene, pine pollen increased again but
lowland rainforest and mangroves sharply decreased, probably related to climatic
cooling. The sudden increase of fern spores in the late Holocene as recorded in core
17962 (Fig. 5.32) suggests intensive deforestation by human activities (Li and Sun
1999; Sun et al. 2002).

Sunda Shelf. During the LGM, the Sunda Shelf was widely subaerially exposed
as a large low-gradient coastal plain, while the modern Malayan Peninsula, Borneo
and Sumatra Islands formed highlands to the west and south (Tjia 1980; Hanebuth
et al. 2000). Several rivers originating here drained the coast lowland during the
LGM. Pollen assemblages from three cores were studied in detail (Wang X. 2006;
Wang X. et al. 2007, 2008): cores 18300 and 18302 from the outer shelf in modern
water depths of 92–98 m and core 18323 from the inner shelf but in a paleo-river
channel with modern water depth of 87 m (Fig. 5.35). The pollen records from the
three cores are shown in Fig. 5.36.
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Fig. 5.35 Location map shows the palynologically studied sites (large filled circles) revealing the
rising trend of sea level and the submergence of the Sunda Shelf after the LGM (from Wang X.
2006). Dotted lines show paleo-coastline. Small dots are other sites cored during SONNE Cruise
115 (Stattegger et al. 1997)
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Fig. 5.36 Pollen percentage diagrams of cores 18300 (A), 18302 (B), and 18323 (C) from the
Sunda Shelf indicate a major change during the LGM (shaded interval) (modified from Wang X.
(2006)

All the 3 cores reached the last glacial. Most interesting is the pollen record
of the LGM (including early H1 event; shaded zone in Fig. 5.36), although ages
slightly differ between cores (∼22.1–16.3 ka for P2 at 18300, ∼20.16–16.3 ka for
P1 at 18302, and ∼23.46–16.3 ka for P2 at 18323). Before the LGM (such as P1
in 18300), tree pollen is prevailing with considerable amount of mangrove pollen.
The LGM and early H1 times, however, are characterized by dominance of herb
pollen (mainly Poaceae) and fern spores (mainly Cyathea) and by very low pollen
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influx and occurrence of Phagmites (sedge, a water or swamp plant). Tree pollen
dropped to ∼50% and mangrove pollen almost disappeared during the interval. This
is very different from the pollen assemblages of MIS 3 and subsequent Termination
I (P3 in core 18300), which features a sharp decrease in herb pollen and fern spores
but increase in tree pollen. Mangroves increased remarkably, suggesting that the
area was submerged with the coastline approaching again (Fig. 5.36) (Wang X.
et al. 2008).

Summarizing the pollen records from cores 18300, 18323, 17962 and 17964,
regional environmental changes since MIS 3 in the southern SCS can be recon-
structed. In the course of sea level drop, the inner shelf was already subaerially
exposed and covered mainly by lowland rainforest, but the outer shelf was still
covered by shallow seawater (Fig. 5.37A). The lower montane rainforest probably
migrated from montane areas of the southern island down to the shelf and became an
important part of the glacial vegetation. The climate at that time was cooler than the
present day, but could be still very humid. During the LGM and early H1, the pollen
assemblages from the continental slope were dominated by lowland rainforest and
mangroves, whereas those from the shelf were prevailed by high percentages of herb
pollen and fern spores without mangroves. One source area of the pollen was from
the marshy plants growing along the Sunda River, and the other was from the veg-
etation distributed on the Sunda Land (Fig. 5.37B). Lowland rain forest and lower
montane rainforest covered the exposed Sunda Land during the LGM and H1, and
the upper montane rainforest periodically migrated down along the montane slopes
of the southern islands. The climate should be cooler than the present day, but still
humid. During the Termination I after ∼16 ka, pollen assemblages are dominated
by lowland rainforest and mangrove (Fig. 5.37C). Mangrove pollen reappeared and
increased quickly upwards the profiles on the shelf, indicating sea level rise and
shelf submerging again. These changes indicate postglacial warming and lowland
rainforest covering the exposed part of the shelf during the Termination.

North-South Comparison of the Vegetation During the LGM

The pollen data summarized above have outlined a distinct picture of north-south
contrast of vegetation in the late Quaternary SCS, specifically for peak glacial and
H1 times. Grassland vegetation, mainly composed of Artemisia, then covered the
exposed northern continental shelf of the SCS, indicating colder and drier climate
relative to the present day. But the subaerially exposed southern continental shelf,
the Sunda Land, was covered by lowland rainforest and lower montane rainforest;
mangroves grew along the coast and montane rainforest migrated down the mon-
tane slopes many times during this period. Along the North Sunda River distributed
marshy vegetation. This evidence of pollen assemblages indicates cool but humid
climate in the southern SCS during the LGM.

The difference in humidity between the northern and southern SCS was proba-
bly caused by changes in the East Asian monsoon system (Sun et al. 2000b). The
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Fig. 5.37 Schematic diagrams show paleovegetation evolution on the Sunda Land from (A) MIS
3, to (B) LGM and H1 times, and (C) Termination I after 16 ka

intensification of Siberian High over the East Asian continent during the glacial
period strengthened the East Asian winter monsoon, which in turn led to the lower
temperature and reduced humidity in the region including the northern SCS. By
contrast, the East Asian winter monsoon becomes Australian summer monsoon
when it crosses the Equator, and brings precipitation to the islands of southeastern
Asia. During the last glaciation, the strengthened boreal winter monsoon absorbed
moisture when crossing the SCS and provided more precipitation to the Sunda
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SUNDA SHELF NORTHERN SHELF

S N

The SCS

NE Winter Monsoon

Fig. 5.38 A schematic diagram shows vegetation and rainfall differences between the northern
(right panel) and southern SCS (left panel) during glacial stages. While grassland vegetation cov-
ered the exposed continental shelf under strong winter monsoon in the north, more precipitation
in the south was provided by the strengthened winter monsoon which absorbed moisture when
crossing the sea, enabling lowland rainforest to grow

Land, leading to the continued growth of lowland rainforest and mangroves there.
Moreover, the island areas south of the southern SCS without relief obstruction
could also receive more rainfall to enable humid rainforest vegetation to grow
(Walker and Flenley 1976; Stuijts et al. 1988; Hope and Tulip 1994). However,
areas located in the rain-shadow behind mountains may have experienced an arid
climate and grown grassland vegetation due to a lack of moisture from the monsoon
(Fig. 5.38).

This idea was confirmed by n-alkane stable carbon isotopic analysis (δ13C) of
core 17962. Accumulation rates of long–chain n-alkanes suggest that intensified
river flows occurred on Sunda Land due to intensified winter monsoon precipitation
during the last glacial period. The isotopic composition ranges from −27.1� to
−33.9� for C27-C33 n-alkanes in the entire core sequence, indicating an input
mainly from C3 higher plants (Hu et al. 2003). This means that rainforest continued
growing on the Sunda Shelf in a constant humid climate although the possibility of
certain decrease in precipitation cannot be excluded. Since the present climate in the
Sunda Shelf is extremely humid, “there could be a decrease in the total precipitation
which the area receives, without there necessarily being any recognizable effect on
vegetation” (Newsome and Flenley 1988).

5.4 Monsoon History (Jian Z. and Tian J.)

The climate records in the SCS discussed so far in this chapter cover a broad spec-
trum from land vegetation to upper water structure, but all are focused on the main
feature of the region: the East Asian monsoon system. The following is a brief
overview of the monsoon history as recorded in the SCS. A correct use of proxies is
a prerequisite for paleo-monsoon reconstruction.
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Monsoon Proxies

Terrestrial sediment records provide reliable East Asian Monsoon proxies. For
example, loess deposits show clear evidences of monsoon changes in the late
Cenozoic, with magnetic susceptibility and Rr/Sr ratio indicating summer mon-
soon change, and grain size and Al flux indicating winter monsoon change (Porter
et al. 1992; Ding et al. 1992, 1994; Vandenberghe et al. 1997; An et al. 2001; Guo
et al. 2002). Stable oxygen isotopes of cave stalagmites from the southern China
document millennial and orbital scale variabilities of precipitation mostly during
summer seasons, serving as a perfect East Asian Summer Monsoon proxy (Wang Y.
et al. 2001, 2005, 2008; Cheng et al. 2006). Recently, the magnetic properties and
the titanium content in sediments of Lake Huguang Maar in coastal southeast China
have been found to be East Asian winter monsoon proxies (Yancheva et al. 2007),
anticorrelated to the cave stalagmite records of summer monsoon.

Marine deposition in the SCS involves a complex of physical, biological, and
chemical processes, making marine proxies associated not only with monsoon
changes but also with several other variables, and thus is usually more complex than
terrestrial deposition. In addition, there has been much less observation of monsoon-
related modern processes in the SCS as compared to the Arabian Sea. Therefore,
the use of monsoon proxies in the SCS needs to be employed with caution to avoid
misinterpretation. As everywhere, it is better to utilize a multi-proxy method for
monsoon study in the SCS, with support of evidences from modern hydrological
features and from core top and sediment trap analyses.

In 2005, the SCOR-IMAGES Evolution of Asian MONSoon (SEAMONS) work-
ing group provided a summary of geological archives and their proxy data of the
Asian monsoon (Wang P. et al. 2005). In general, monsoon proxies from the SCS
can be divided into two groups according to the primary aspects of the monsoon
that they address: direct proxies related to monsoon winds (direction and strength),
and indirect proxies related to monsoon-induced precipitation or upper ocean struc-
ture changes such as the thermocline depth (Table 5.3). Many of the monsoon
proxies have been already discussed in the previous paragraphs, some additional
remarks and a few proxies specific of the SCS, grouped into paleontological, iso-
topic, mineral and elemental geochemical, and organic geochemical proxies, are
briefly introduced below.

Microfossil and Isotopic Proxies

As shown in preceding sections, micropaleontological and palynological proxies are
among the most frequently used methods in paleo-monsoon studies, yet the appli-
cation of a particular proxy has its spatial and temporal limitations. In the Indian
Ocean, for example, the census count of the planktonic foraminifera Globigerina
bulloides serves as a good upwelling indicator and thus an ideal proxy of the Indian
monsoon, as evidenced by sediment trap time series and plankton-tow data (Curry
et al. 1992) and confirmed by its geographic distribution in core-top sediments
(Prell 1984). G. bulloides has been widely used in upwelling regions of the Arabian
Sea for paleo-monsoon studies on long-term tectonic scales (Kroon et al. 1991) to
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Table 5.3 Synthesis of monsoon proxies indicates two groups of proxies (direct and indirect)
commonly used in the SCS (modified from Wang P. et al. 2005)

Features and processes Proxies References

Wind system (direct proxies)
Wind directions (surface and

mid-tropospheric wind)
Lithogenic tracers

Clay minerals Liu Z. et al. 2003
Specific pollen types and

assemblages
Sun et al. 1999

Loess-type sediments (>6 μm) Wang L. et al. 1999a
Wind-induced coastal upwelling: Wang L. et al. 1999a

1. Summer upwelling S.W. of
Vietnam

Jian et al. 2001

2. Winter upwelling N.W. of
Luzon

Huang B. et al. 2002

Wind strength Silt modal grain sizes (>6 μm) Wang L. et al. 1999a
Wind-driven precipitation (indirect proxies)
Processes linked with wind

strength
Thermocline depth Jian et al. 2000b

Planktonic foraminifera and
nannofossil indices

Tian et al. 2005b
Liu C. et al. 2002

1. Structure of surface
ocean

Meridional SST gradient
Difference in planktonic δ18O Wei et al. 2003

2. Upwelling productivity Micropaleontological proxies:
1. Planktonic foraminifera

Abundance of N. dutertrei Jian et al. 2003
2. Benthic foraminifera

indicative of high
organic-carbon flux

Jian et al. 1999; Kuhnt
et al. 1999

3. Radiolaria Upwelling index Wang and Abelmann
2002

Chen M. et al. 2003
4. Nannofossils Liu C. et al. 2002

Geochemical proxies
1. Organic carbon % and flux Jian et al. 1999
2. Opal % and flux Lin H. et al. 1999
3. Ba/Al ratio Wehausen and

Brumsack 2002; Lin
H. et al. 1999

4. Cd/Ca ratio in foraminiferal
tests

5. δ15N Kienast et al. 2002
Higginson et al. 2003

6. δ13C in near-surface dwelling
planktonic foraminifera as
inverse nutrient signal

Wang L. et al. 1999a
Jian et al. 2003

Continental runoff Sea surface salinity estimates
Planktonic δ18O

Wang L. et al. 1999a,b

Precipitation rate Pollen (vegetation changes) Sun and Li 1999; Sun
et al. 2003

Charcoal Luo et al. 2001
Weathering and pedogenesis Clay minerals Trentesaux et al. 2004

K/Si Wehausen and
Brumsack 2002

Magnetic grain size (ARM/SIRM
ratio)

Kissel et al. 2003
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Fig. 5.39 Abundance changes in Neogloboquadrina dutertrei (upper panel) and planktonic δ13C of
G. ruber (lower panel) at ODP Site 1148 can be used as indirect monsoon proxies. Oblique arrow
shows the East Asian winter monsoon strengthening in the late Pliocene. Short arrows indicate
short-term winter monsoon enhancements as indicated by decreased δ13C and increased abundance
of N. dutertrei. Vertical dashed line indicates the mid-Pleistocene revolution (MPR)

high-resolution millennial scales (Anderson et al. 2002). However, its use in the
SCS as monsoon indicator is hampered by its rarity because of the semi-enclosed
nature of the sea basin. In the upwelling regions of the SCS, Neogloboquadrina
dutertrei, rather than G. bulloides, is dominant (Pflaumann and Jian 1999). Modern
observations in sediment traps (Chen et al. 2000) and surface sediments indicate that
N. dutertrei is a typical winter and high-productivity species and can therefore serve
as an indirect proxy for the East Asian winter monsoon in the SCS, as exemplified
by a study of the Plio-Pleistocene sequence at ODP Site 1148 from the northern
SCS (Fig. 5.39) (Jian et al. 2001, 2003).

δ18O differences between subsurface P. obliquiloculata and surface G. ruber
reflect monsoon-driven changes in the thermocline depth, thus are useful as mon-
soon indicator (see Fig. 5.20). Similarly, G. ruber δ13C may also serve as proxy
of the East Asian winter monsoon, as this seasonal reproducer (Chen et al. 2000)
displays a gradual decrease in its δ13C towards the Luzon Strait where the inflow of
nutrient-enriched surface water is driven by the East Asian winter monsoon (Wang
L. et al. 1999a; Jian et al. 2003; Cheng X. et al. 2005). At ODP Site 1148 from
the northern SCS, rapid decreases in G. ruber δ13C were coupled with increased
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abundance in N. dutertrei during the period of 3.2–2.2 Ma, probably illustrating the
trend of gradually enhanced East Asian winter monsoon. After ∼2.2 Ma, several
conspicuous G. ruber δ13C negative excursions associating with increases in rela-
tive abundance of N. dutertrei, particularly at ∼1.7, 1.3, 0.9, 0.45, and 0.15 Ma, or
about every 0.4 Ma, may imply that the winter monsoon strengthened at those times
(Fig. 5.39) (Jian et al. 2003).

Mineral and Elemental Geochemical Proxies

With the rapid development in technology, some mineral and elemental ratios of sed-
iments have become progressively widely used proxies in paleo-monsoon studies.
The following are a few examples from the SCS.

Ratio of smectite vs illite+chlorite is used to estimate the relative strength of
the summer vs winter monsoons based on the observation that modern illite and
chlorite in the SCS mainly come from the mainland of China and Taiwan Island,
while smectite largely originates from Luzon and other islands of the southern SCS
(Liu Z. et al. 2003; see “Clay Mineral” section in Chapter 4). The record of this
ratio at ODP Site 1146 demonstrates distinctive glacial/interglacial cycles for the
past 2 million years, with high values implying strong summer monsoons during
interglacials and low values implying strong winter monsoons during glacials (Liu
Z. et al. 2003), consistent with the results of palynological analysis at ODP Site
1144 (Fig. 5.40). Also at Sites 1143 and 1146, ratios of (illite+chlorite)/smectite,
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Fig. 5.40 Variations of monsoon proxies during the past one million years are from ODP Site 1146
(A, planktonic δ18O; B, ratio of smectite/illite+chlorite) and ODP Site 1144 (C, planktonic δ18O;
D, herbs%; E, ferns% (percentage in the total pollen sum)) in the northern SCS (Wang P. et al.
2003)



356 Z. Jian et al.

(quartz+feldspar)% and mean grain-size of terrigenous materials have been consid-
ered as direct monsoon proxies, revealing a 20 myr long history of the East Asian
Monsoon on the tectonic scale (Wan et al. 2006, 2007).

Ratio of hematite vs goethite (Hm/Gt) has been used as a reasonable precipitation
proxy over the last 600 kyr in the southern SCS (Zhang et al. 2007). These authors
measured the concentrations of hematite and goethite, two climatically significant
Fe oxide minerals, using diffuse reflectance spectroscopy in ODP Site 1143 samples,
and found a good correlation between variations in the Hm/Gt ratio and in stalag-
mite oxygen isotopes from South China, indicating that the Hm/Gt ratio provides a
unique, long-term record of monsoon precipitation in Southeast Asia.

Ratios of K/Si and Ba/Al also show responses to insolation-driven monsoon vari-
ability in the northern SCS (Wehausen and Brumsack 2002). While the fluvial input
(K/Si) responds to changes in the summer monsoon, productivity variations, as doc-
umented by Ba enrichments, seem to reflect variations in winter monsoon intensity.
A stronger winter monsoon may have increased nutrient availability via dust input
and/or upwelling activities. Ba/Al peaks, indicating enhanced productivity, occur
during K/Si minima at ODP Site 1145 from 3.2 to 2.5 Ma, implying that summer
and winter monsoons were approximately 180◦ out-of-phase (Fig. 5.41).

Chemical index of alteration (CIA) and elemental ratios, such as Ca/Ti, Na/Ti,
Al/Ti, Al/Na, Al/K, and La/Sm, are sensitive to weathering which is closely related
to East Asian summer monsoon changes (Wei G. et al. 2006). These proxies at
ODP Site 1148 from the northern SCS are found to have recorded the chemical
weathering history on a tectonic timescale since 23 Ma in South China. The results
show that the East Asian summer monsoon has dramatically affected South China
in the early Miocene, but its weathering influence decreased continuously since that
time, probably because of the intensification of the winter monsoon (Fig. 5.42).

Organic Geochemical and Isotopic Proxies

δ15N and chlorine accumulation rate of sediments have been employed to recon-
struct oceanic nitrate inventory, the balance between denitrification and N fixation,
and paleoproductivity since the LGM in the northern SCS. N fixation was locally
enhanced during the LGM, coincident with increased inputs of iron-rich aeolian
dust raised by invigorated winter monsoon winds from a desiccated continent
(Higginson et al. 2003), indicating the possibility of δ15N to be an East Asian winter
monsoon index.

The accumulation rates of C37 alkenones and C30 alkyl diols have been used as
East Asian winter monsoon proxies in the southern SCS (Hu et al. 2002). Pollen
records indicate that drought occurred in the northern SCS and South China dur-
ing the LGM (Sun et al. 1999). However, this is not the case in the southern
SCS, where the enhanced winter monsoon brought precipitation of moisture from
the West Pacific to the emerged Sunda Land during glacial times (Pelejero et al.
1999a,b), as evidenced in the enhanced accumulation rates of terrestrial biomarkers
in core 17962 from the southern SCS (Hu et al. 2002). Both the proxies from core
17962 show enhanced paleoproductivity of coccolithophorids and microalgae such
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(3.2–2.5 Ma) at ODP Site 1145 (A, eccentricity; B, insolation at 65 ◦N; C, K/Si ratio; from
Wehausen and Brumsack 2002). Benthic δ13C at ODP Site 1143 (D) is shown for comparison
(Wang P. et al. 2003)

as eustigmatophytes during the glacial time, correlating well with those of terrestrial
biomarkers (e.g., long-chain n-alkanes, high molecular n-alkanols and long-chain
n-alkanoic acids), suggesting that the enhancement of marine productivity during
the last glacial period would have been triggered by an increased supply of nutrients
from rivers on Sunda Land, which probably had been caused by abundant monsoon
rainfall.

Black carbon δ13C or difference between atmospheric δ13C and black carbon
δ13C (Δp) has been used to indicate East Asian monsoon, especially the summer
monsoon variations since 30 Ma ago on the tectonic timescale (Jia et al. 2003).
Because the negative adjustment in Δp of C3 ecosystems is usually related to
moisture deficits, and C4 photosynthesis is commonly associated with hot, dry envi-
ronments with warm-season precipitation in a low atmospheric pCO2 background,
secular changes in terrestrial Δp could be reasonably related to the East Asian cli-
mate evolution toward a monsoon circulation system. The reconstruction of black
carbon δ13C and Δp at ODP Site 1148 from the northern SCS reveals five events of
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Fig. 5.43 Analytical data from ODP Site 1148 show 5 stages in carbon isotope changes related
to monsoon development (Jia et al. 2003). (A) Black carbon abundance in dry bulk sediments;
(B) C/N elemental ratio in treated samples containing black carbon; (C) black carbon accumula-
tion rate; (D) isotopic composition of black carbon; (E) isotopic composition of marine inorganic
carbon in planktonic foraminifera (solid line) and in bulk carbonate (dashed line); (F) difference
(ΔP) between atmospheric δ13C and δ13CBC. Thick gray lines in D, E, and F are 5 point running
averages. PDB = Peedee belemnite; Plio = Pliocene; Plt = Pleistocene

the East Asian summer monsoon intensification since the early Miocene (Fig. 5.43;
Jia et al. 2003).

Noteworthy is that the integrity of each monsoon proxy depends on the extent to
which it responds to monsoon forcing only or, if influenced also by non-monsoon
processes, the extent to which this additional signal can be identified and removed.
Examples include the difficulty in differentiating the monsoon signal from the sea
level signal when interpreting the deep-sea pollen record (Sun et al. 2003; Wang P.
et al. 2005). For these reasons a multi-proxy approach is often employed, an example
is the summer monsoon factor for the northern Arabian Sea based on factor analyses
of five proxies: lithogenic grain size, Ba accumulation rate, δ15N, abundance of G.
bulloides and opal mass accumulation rate (Clemens and Prell 2003). While the
multi-proxy approach is clearly useful in that it provides a means of accounting for
problems associated with multiple mechanisms influencing individual proxies, it
does not replace the need for detailed understanding of the mechanisms influencing
individual proxies.

The key to reliable paleoclimate reconstruction is an exact understanding of
the various processes contributing to variance in any specific climate proxy. One
means of accomplishing this is through long-term sediment trap studies. Care-
ful analyses and applications of the sediment trap data will significantly improve
our knowledge of monsoon proxies. However, it must be kept in mind that sed-
iment trap results do not include many processes which take place during and
after deposition which can strongly distort the integrity of a climate proxy signal.
In addition, the majority of trap deployments is of short duration (two years or
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less) and limited to one or two trap locations. Long-duration efforts are required
to record the entire range of climate variability associated, for example, with El
Niño. Short duration efforts of a year or two cannot record the entire range of vari-
ability necessary to evaluate proxy response under the full range of modern climate
conditions. Multiple traps are required to record gradients which are often preva-
lent and important in regions of large variability such as the monsoon influenced
regions.

High-quality core-top data sets are another base to establish and evaluate mon-
soon proxies. An example is the distribution of planktonic foraminiferal species in
the northern Indian Ocean based on analyses of 251 core-top samples (Cullen and
Prell 1984). This survey not only illustrated the link between G. bulloides% and
monsoon-driven upwelling, but also brought to light the alteration of planktonic
foraminiferal assemblages by carbonate dissolution. Similar work has been done
for planktonic foraminifera (Pflaumann and Jian 1999) and pollen (Sun et al. 1999)
in the SCS, but the number of sites is relatively low. In general, there are too few
core-top data-sets published for the Asian monsoon region, and continued work on
systematic core-top analyses to further refine monsoon proxies should be a high
priority.

Tectonic-Scale Long-Term Evolution

Long-term monsoon records have been developed from DSDP/ODP cruises to the
Indian Ocean and the Mediterranean sea (Legs 22, 24, 115, 116, 117, 121), as well
as from studies of the Chinese Loess Plateau. Early monsoon studies in the SCS,
however, were limited to the late Quaternary (Sarnthein et al. 1994; Wang L. et al.
1999a) until ODP Leg 184 in 1999, which has enabled us to study the long-term
evolution of summer and winter monsoons. The first question to be answered is
how far the East Asian monsoon history can be traced back.

Onset of the East Asian Monsoon System

The monsoon upwelling indicator, Globigerina bulloides, significantly increased
only about 8.5 Ma at ODP Site 722, Arabian Sea (Kroon et al. 1991; Prell et al.
1992). In age, this is very close to the rapid ecological transition from C3-dominated
to C4-dominated vegetation about 7.4–7.0 Ma, as revealed by the δ13C data of pedo-
genic carbonates from northern Pakistan in the Himalayan foreland, and interpreted
then as marking the origination or intensification of the Asian monsoon system
(Quade et al. 1989). Numerical modeling supports the hypothesis of intensified
uplift of the Tibetan Plateau around 8 Ma causing enhanced aridity in the Asian
interior and the onset of the Indian monsoon (Prell and Kutzbach 1997). The loess-
paleosol profile in China extended the history of the monsoon from 2.6 back to
7–8 Ma (Sun D. et al. 1998; Ding et al. 1998; An et al. 2001). However, the recent
discovery of the Miocene loess-paleosol profile at Qin’an, western Loess Plateau,
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indicates that the East Asian monsoon could be traced back to 22 Ma at the least
(Guo et al. 2002).

There is yet no deep-sea data to discern the East Asian monsoon history over
the entire late Cenozoic because pollen records from the SCS are limited only to
the Oligocene and the Quaternary, although the longest sediment record of Leg 184
(Site 1148 on the lowermost northern slope) spans the last 32 myr. At Site 1148,
a suite of element ratios such as Al/Ti, Al/K. Rb/Sr and La/L, indicative of the
intensity of chemical weathering, increased abruptly around 29.5 Ma, in an early
seafloor spreading stage of the SCS (Fig. 5.42). This event implies an increase in
humidity, but whether it was related to the first East Asian monsoon is not clear
(Wang P. et al. 2003).

A 30 myr long stable isotopic record of marine-deposited black carbon from
regional terrestrial biomass burning from ODP Site 1148 of the northern SCS reveals
photosynthetic pathway evolution of terrestrial ecosystems in the late Cenozoic.
This record revealed 5 positive excursions and indicates that C3 plants negatively
adjusted their isotopic discrimination and C4 plants appeared gradually as a com-
ponent of land vegetation in East Asia since the early Miocene (21–22 Ma). This
record coincides with the Qin’an Miocene loess profile in geological time (Guo
et al. 2002), but significantly predates the 7–8 Ma age of sudden expansion of C4

plants in Pakistan during the late Miocene and Pliocene (Fig. 5.43). The changes in
terrestrial ecosystems with time can be reasonably related to the evolution of East
Asian monsoons (Jia et al. 2003), although this evidence cannot be conclusive as the
C4 plants expansion may be caused by factors other than monsoon.

Sun and Wang (2005) compiled available marine records from the South and
East China Seas together with profiles from onshore basins of China to approach
the Cenozoic evolution of the East Asian monsoon. From 125 off- and on-shore
sites with pollen and paleobotanical data collected, plus lithological indicators from
all over the country, the distribution patterns of arid versus humid climates were
reconstructed for five epochs. The results support the model that a broad arid zone
was stretching across China in the Paleogene, but retreated to northwest by the end
of the Oligocene, indicating the transition from a planetary to a monsoonal system
in atmospheric circulation over the region. A variety of evidence, such as the Qin’an
Miocene loess profile (Guo et al. 2002), the monsoonal Miocene mammalian fauna
discovered in Southeast Asia (Ducrocq et al. 1994), and paleo-climate modeling
(Ramstein et al. 1997), all support the existence of the Asian monsoon before the
early Miocene. However, these new data do not support an onset of the Asian mon-
soon system around 8 Ma (Prell and Kutzbach 1997). Rather, the new data led to a
hypothesis that the transition to the monsoon climate system in East Asia occurred
in the latest Oligocene. The reorganization of the climate system, the appearance of
C4 plants and the increase in humidity in East Asia around the Oligocene/Miocene
boundary provide evidence for the establishment of the modern East Asian mon-
soon. Since then, the Neogene has witnessed significant variations of the monsoon
system, including enhancement of aridity and monsoon intensity around 8 Ma and
3 Ma. Thus, the Asian monsoon system has a longer history than previously thought
(Wang P. et al. 2005; Sun and Wang 2005).
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Development of the East Asian Monsoon System

No remarkable change in sediment accumulation was found at ODP Leg 184 sites
in the SCS around 8 Ma (Wang P. et al. 2000). In oceans, the monsoon-driven
upwelling can lead to increased productivity and shoaled thermocline. Important
faunal signals of strengthened monsoons include abundance increases in
productivity-indicative planktonic foraminifera due to upwelling and decreases in
the percentage of planktonic foraminifera living in the mixed layer because of a
shoaled thermocline. As already mentioned (see “Monsoon proxies”), the relative
abundance of G. bulloides is a good proxy of upwelling-related high productivity
in the Arabian Sea, but it never shows high abundance in the SCS. Instead, the
percentage of N. dutertrei better unveils the monsoonal variability. According to
previous studies and comparison of various stable isotope measurements, species of
Globigerinoides, Globigerinita, and Globigerina comprise the major part of shallow
water dwellers in the mixed layer. Figure 5.44 plots the variations of N. dutertrei%
and shallow water dwellers% at Site 1146 in the northern SCS over the past 12 myr.
It shows that N. dutertrei% increased abruptly at 7.6 Ma, and further increased from
3.2 to 2.0 Ma. Opposite to this trend are an abrupt decrease in the shallow water
dwellers% after 8 Ma and a further decrease from 3.2 to 2.0 Ma, although their
abundance has also been affected by carbonate dissolution around 11 Ma (Wang P.
et al. 2003). Together, these planktonic foraminiferal results indicate paleo-monsoon
enhancements at 8–7 Ma and 3.2–2.0 Ma.

The strengthening of the summer monsoon around 8 Ma is also supported by
the increase in Pyloniid radiolarians at Site 1143 (Chen et al. 2003). Considering
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the first obvious strengthening of the Indian monsoon at 8 Ma broadly concurred
with the initiation of the Red Clay eolian deposition on the loess plateau, the SCS
results confirm a significant enhancement of the Asian monsoon system around
8 Ma. Further development of monsoons from 3.2 to 2.0 Ma was also manifested
by the increase of opal abundance at Site 1143 (Li J. et al. 2002) and by drastic
coarsening of terrigenous clastic grain size due to intensified eolian transportation
(Ding et al. 1992). Judging from the modern planktonic foraminiferal δ13C distribu-
tion in the region, the prominent decrease in planktonic δ13C at Site 1148 from 3.1
to 2.2 Ma was likely responding to the intensification of the winter monsoon (Jian
et al. 2003). In the modern SCS, winter monsoons exert a major influence on the
variation of productivity and thermocline depth. Therefore, the Leg 184 monsoonal
proxies discussed above are interpreted as result of the intensification of the winter
monsoon caused by the growth of boreal ice sheets.

The enhancements of the East Asian monsoon at 8–7 Ma and 3.2–2.0 Ma corre-
spond well to the Indian monsoon records (Prell et al. 1992). Zheng H. et al. (2004)
compared the monsoonal records from the Indian Ocean, Loess Plateau, the SCS
and the North Pacific, and found that intensification of Asian aridity and monsoons
around 8 Ma and 3 Ma ago has been convincingly documented both on land and
in the ocean, which display similar stages in the development of the East and South
Asian monsoons (Fig. 5.45), with an enhanced winter monsoon over East Asia being
the major difference (Wang P. et al. 2003). Increased aridity around 8–7 Ma was
recorded also in the North Pacific as a peak in dust accumulation rate (Rea et al.
1998), but this interval of higher dust accumulation was not sustained, unlike the
younger record of a major dust increase since about 3.5 Ma (Fig. 5.45).

The number and geographic coverage of monsoon records decrease with increas-
ing age and thus our knowledge of pre-Quaternary monsoon history remains rela-
tively poor. Only long records will provide the opportunity to test the numerous
hypotheses regarding the long-term history of the East Asian monsoon and the
relative roles played by uplift, sea-land distribution and oceanic gateways. There-
fore, we need more long and high-quality marine records from the SCS, including
hemipelagic and lacustrine sediments of Miocene and Paleogene age.

Orbital-Scale Variability

Late Pliocene Monsoon Variations

Orbital-driven monsoon variations in the Pliocene can be demonstrated with iso-
topic records from ODP sites in the SCS. The period from 3.3 to 2.5 Ma in the late
Pliocene is characterized by a continuous increase of global ice volume as recorded
by a trend of positive shift in benthic δ18O. The planktonic δ18O level, however,
remains relatively constant, resulting in an increasing difference between benthic
and planktonic isotopes (Jian et al. 2003; Tian et al. 2006). To test the connection of
the isotopic signals with monsoon variability, the ice volume, water temperature, and
salinity effects need to be distinguished first. As already introduced in the section
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Fig. 5.45 Terrestrial and marine records reveal the monsoon history since the middle Miocene: (a)
linear sedimentation rate of Jiaxian red clay in the Chinese Loess Plateau; (b) mass accumulation
rate of eolian flux to the North Pacific (ODP Sites 885/886); (c) ratio of abundance of G. sacculifer
and G. ruber (solid line) and abundance of Neogloboquadrina (green line) from the SCS (ODP Site
1146); (d) abundance of G. bulloides and relative abundance of radiolarian Actinoma spp. from the
Indian Ocean (ODP Site 722); (e) normalized mean sediment flux to the Indian Ocean; (f) linear
sedimentation rate of Yecheng molass (from Zheng et al. 2004)

“Sea surface temperature history”, the paleo-SST at ODP Site 1143 from 3.3 to
2.5 Ma was estimated using the G. ruber Mg/Ca ratio (Fig. 5.3). The surface water
δ18Osw can be calculated from the paired-G. ruber δ18O and Mg/Ca ratio-based
SST using the Orbulina low-light paleotemperature equation (Bemis et al. 1998).
The derived δ18Osw shows a pattern of steady glacial/interglacial cycles from 3.3 to
2.5 Ma, without any obvious long-term trends (Tian et al. 2006). Since the δ18Osw

depends both on global ice volume and water salinity, the regional sea surface salin-
ity (SSS) variations can be estimated by removing the ice volume effects from the
δ18Osw, i.e., the residual Δδ18Osw-b. The Δδ18Osw-b of Site 1143 was obtained by
subtracting the benthic foraminiferal δ18O from the calculated δ18Osw. The derived
Δδ18Osw-b shows a stepwise decrease during the period of significant ice sheet
growth 3.3–2.5 Ma ago (Fig. 5.46C) (Tian et al. 2006).

The Δδ18Osw-b reflects SSS variations at Site 1143, which are associated with
regional changes of precipitation and fluvial runoff in the southern SCS region. The
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Fig. 5.46 Paleo-monsoon records from ODP Site 1143 show monsoon-driven salinity changes
in the period of 2.5–3.3 Ma when Northern Hemisphere Glaciation (NHG) started: (A) Cibici-
doides δ18O for the past 5 myr, (B) G. ruber δ18O for the past 5 myr, (C) Δδ18Osw-b, the difference
between sea water δ18O and Cibicidoides δ18O, (D) total organic carbon mass accumulation rate,
with marine isotope stages indicated (from Tian et al. 2006)

ice sheet growth caused an overall long-term sea level lowering of ∼43 m (Mudelsee
and Raymo 2005), which shortened the distance between Site 1143 and the con-
tinent, leading to a local decrease of SSS. Meanwhile, strengthened East Asian
summer monsoons increased the annual mean precipitation in and the fluvial runoff
to the southern SCS, which in turn resulted in SSS decreases at Site 1143. Thus, the
Δδ18Osw-b variations from 3.3 to 2.5 Ma may reflect a stepwise development of the
East Asian monsoons (Fig. 5.46C).

The down-core measurements of TOC flux at Site 1143 show clear glacial/
interglacial cycles from 3.3 to 2.5 Ma, with higher values during glacial periods and
lower values during interglacial periods (Fig. 5.46D). Just after 2.82 Ma (MIS G10),
the amplitude of the TOC flux fluctuations within a glacial/interglacial cycle rapidly
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Fig. 5.47 Spectral analyses of Cibicidoides −δ18O and Mg/Ca-derived SST, TOC and Δδ18Osw-b

records from ODP Site 1143 reveal major cyclicities for the period of 2.5–3.3 Ma: (a) spectrum of
−δ18O (solid line) and SST (dashed line); (b) spectrum of −δ18O (solid line) and TOC (dashed
line); (c) spectrum of −δ18O (solid line) and Δδ18Osw-b (dashed line) (Tian et al. 2006). Numbers
denote the phases at the 100 kyr, 41 kyr and 23 kyr bands. Negative phases denote SST leads −δ18O,
and positive phases denote TOC or Δδ18Osw-b lags −δ18O

increased, reaching a level nearly 3 to 4 times the amplitude observed prior to MIS
G10 (Fig. 5.46D). As modern productivity in the southern SCS is associated with
summer monsoon driven upwelling, the variations of TOC flux at Site 1143 indi-
cate a rapid strengthening of the East Asian summer monsoon after 2.82 Ma. Both
TOC flux and Δδ18Osw-b records reveal a general enhancement of the East Asian
monsoons, especially the summer monsoon during the period of the late Pliocene
ice sheet growth (Fig. 5.46).

Since SST, TOC and Δδ18Osw-b all vary someway in response to changes in
monsoon intensity, cross-spectrum analyses were carried out between the monsoon
proxies and benthic foraminiferal δ18O (Fig. 5.47). Compared to the benthic δ18O,
the SST records show weak variations at the primary orbital periodicities of 100 kyr,
41 kyr and 23 kyr, but relatively strong variations at the periodicities of 58 kyr and
31 kyr. Coherencies at the orbital periodicities are all above the 80% alarm test level,
indicating a coherent relationship between the benthic δ18O and the SST records.
Phase relations reveal a lead of the SST changes relative to the global ice volume
changes at each cycle (Fig. 5.47a), namely a lead of 35◦ at the 100 kyr band, equiv-
alent to 9.72 kyr; a lead of 36◦ at the 41 kyr band, equivalent to 4.1 kyr; and a lead
of 65◦ at the 23-kyr band, equivalent to 4.1 kyr. From 3.3 to 2.5 Ma, the 3–4 kyr lead
of SST change at ODP Site 1143 relative to global ice volume signal at both the
obliquity and precession bands is similar to that in the early Pleistocene, indicating
a stationary phase relationship since the Pliocene.

TOC and Δδ18Osw-b are spectrally similar to the benthic δ18O, performing strong
100 kyr, 41 kyr and 23 kyr cycles (Fig. 5.47b,c). In addition, both the TOC and
Δδ18Osw-b records show a periodicity of 26 kyr which is within the range of the
precession in the Pliocene (Berger et al. 1992). Coherencies above the 80% alarm
test level indicate coherent relationship between the benthic δ18O and these two
monsoon-related proxy records at the primary orbital periodicities. However, phase
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relations reveal that these two records lag the global ice volume change at the
100 kyr, 41 kyr and 23 kyr bands. The phase offsets between the TOC and the ben-
thic δ18O record are 145◦ at the 100 kyr band equating with a lag of 40.2 kyr, and
107◦ at the 41 kyr band equating with a lag of 12.2 kyr, and 145◦ at the 23 kyr band
equating with a lag of 9.2 kyr (Fig. 5.47b). The phase offsets between the Δδ18Osw-b

and the benthic foraminiferal δ18O are 160◦ at the 100 kyr band equating with a lag
of 44.4 kyr, and 165◦ at the 41 kyr band equating with a lag of 18.8 kyr, and 138◦

at the 23-kyr band equating with a lag of 8.8 kyr (Fig. 5.47c). The cross spectral
analyses thus show that the global ice volume change is a factor internal to the
climate system with great influence on the variability of East Asian monsoons at
least since the Pliocene. In the Pleistocene, monsoon proxy records in the Arabian
Sea indicate that the monsoon maximum usually lags the minimum of global ice
volume by 2–4 kyr at both the obliquity and precession bands (Clemens et al. 1991,
1996), much smaller than the lag of 8–18 kyr found at Site 1143. The differences
reveal a nonstationary phase of the East Asian monsoon relative to the global ice
volume in the Plio-Pleistocene. The numerical climate-model experiment reveals
that the evolution of the Asian monsoons is linked to phases of Himalaya-Tibetan
plateau uplift and to the boreal ice sheet growth (Prell and Kutzbach 1997). Thus,
the decreased phase lag at the obliquity and precession bands is possibly linked to
the amplified northern hemisphere ice sheets and the increased contrast between
glacial and interglacial periods.

To sum up, the data from the southern SCS show important linkage of the East
Asian monsoon with both the tropical and high latitude forcings. The records of
ODP Site 1143 from the southern SCS reveal that East Asian monsoons gradually
strengthened in response to the phased expansion of ice sheets in the high northern
latitudes during the late Pliocene, with increased phase offsets at the obliquity and
precession bands relative to the late Pleistocene. This finding suggests that the East
Asian monsoons are not only simply driven by northern summer insolation at the
precession period but also modulated by global ice volume change in high latitudes
(Tian et al. 2006).

Pleistocene Monsoon Variations: Glacial/Interglacial Cycles

Compared to the late Pliocene, the Pleistocene displayed much more significant
amplitude changes with glacial/interglacial cycles due to a prevalent monsoon cli-
mate. In the modern SCS, winter (from December to March) is the season when the
average seasonal mixed layer reaches its maximum depth, and the SST decreased
to the annual minimum, while the proxies of productivity, including opal%, P.
obliquiloculata and G. ruber flux, organic carbon flux, all exhibit higher values than
other seasons (Fig. 5.48). Accordingly, in the Pleistocene, all the monsoon proxies
are expected to vary more strongly in glacial than interglacial cycles. Decreased
SST and intensified winter monsoon during glacials strengthened the mixing in the
upper water and thickened the mixed layer in the region as indicated by decreased
Δδ18O(P-G) values at Site 1143 (Fig. 5.20C).
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Fig. 5.48 Sediment trap
records from the central SCS
indicate seasonal changes in
all variables, including (A)
the average seasonal mixed
layer depth for the SCS by
integrating data from Levitus
(1982); (B) SST ◦C; (C)
opal%; (D) P. obliquiloculata
(dashed line) and G. ruber
(solid line) flux,
individuals.m−2.d−1; (E)
organic carbon flux,
mg.m−2.d−1; (F) primary
productivity, mg.m−2.d−1

(from Tian et al. 2005b)
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A compilation of some monsoon proxies over the last 800 kyr (Fig. 5.49) shows
higher herbaceous pollen%, lower Δδ18O(P-G) values and lower P. obliquiloculata%
during glacial intervals, indicating intensified winter monsoon in the SCS and south-
ern China. P. obliquiloculata is a typical deep dwelling planktonic foraminifer,
living in the uppermost part of the thermocline or below the bottom of the mixed
layer. Since the sediment trap reveals its high flux (also G. ruber flux) corresponding
to the deep winter mixed layer, the higher abundances of P. obliquiloculata during
glacials (Fig. 5.49B) possibly reflect a deeper thermocline associated with cooling
climate and intensified winter monsoon (Tian et al. 2005b). However, relating its
higher abundances with a deep thermocline in the southern SCS remains to be
confirmed because other studies indicate that deep-dwelling species including P.
obliquiloculata and Globorotalia tumida often dominate the planktonic assemblage
during times of a shallower surface mixed layer when the thermocline is located
within the photic zone (Bé et al. 1985).

Analogous to higher opal concentrations during winter within the annual cycle as
revealed in the sediment trap study in the central SCS (Fig. 5.48C), the opal flux at
Site 1144 from the northern SCS displays higher concentrations during glacials than
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Fig. 5.49 East Asian monsoon proxy records from the SCS show monsoon variations over the last
800 kyr: (A) herbs% of ODP Site 1144 (Sun et al. 2003); (B) P. obliquiloculata% of Site 1143 (Xu
et al. 2005); (C) Δδ18O(P-G) of ODP Site 1143 (PDB, �, 3-point Gaussian smoothing); (D) G.
ruber δ18O of Site 1143 (PDB, �, 3-point Gaussian smoothing), with numbers and shaded bars
marking cold marine isotope stages (MIS) (Tian et al. 2005b)

during interglacials for the past 1.56 myr (Li and Wang 2004). At a nearby locality,
Site 1146, siliceous microfossils also show higher abundances and higher accumu-
lation rates during glacials than during interglacials for the past 1.0 myr (Wang R.
et al. 2003). The evidence of increased opal flux and siliceous microfossils together
implies higher glacial siliceous productivity in the northern SCS caused by strong
East Asian winter monsoon winds. The intensified East Asian winter monsoon
winds during glacials likely enhanced the inflow of upwelled nutrient-rich water
through Bashi Strait and the transportation of more eolian dust, resulting in nutrient
increases and higher productivity in surface waters of the northern SCS (Wang L.
et al. 1999a).

Previous studies have revealed that most marine proxies are not associated with
any particular climatic variable but with the integration of several variables, and
only the variance held in common among several proxies can be attributed to the
variable of interest. This approach is most useful when the proxies are of suffi-
ciently different origins (chemical, physical, biological, isotopic) and from an array
of sites such that the variance not held in common is largely independent (Clemens
and Prell 2003). Although the Δδ18O(P-G) and P. obliquiloculata% of Site 1143, as
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well as herbs% and opal flux of Site 1144, show many differences in both long-
and short-term variations (Fig. 5.49), they all share common features of strong
glacial/interglacial variations that may have been caused by strong winter monsoons
during glacials.

Therefore, the main implication of the δ18O differences between G. ruber and P.
obliquiloculata from Site 1143 is that an intensified East Asian winter monsoon was
the primary factor affecting upper ocean thermal gradient variations, especially the
mixed layer depth or the thermocline depth in the southern SCS during the Pleis-
tocene. This conclusion differs from faunal-climate records from the East Pacific
where the cool sea surface and the shoaled thermocline are driven by wind-induced
upwelling. The hydrologic feature of a deep mixed layer or thermocline driven by
strong winter monsoons in the SCS, as demonstrated by modern observations and
comparisons between paleo-climate proxies, seems to be unique in marginal seas
where upwelling is weak but monsoon influence is strong.

Pleistocene Monsoon Variations: Coherence and Phase Relationship

Clemens et al. (1991) found that the Earth’s geometry (ETP, eccentricity+obliquity-
precession) serves as the external forcing of the Indian Ocean summer monsoon
whereas the latent heat across the equator from the southern Indian Ocean to the
northern serves as the internal forcing. In addition, they also found that the global
ice volume changes have little impact on the evolution of the Indian Ocean summer
monsoon, conflicting with the GCM simulations (Kutzbach and Guetter 1986; Prell
and Kutzbach 1987). Later, Wang L. et al. (1999a) considered that the East Asian
monsoon probably had a similar forcing mechanism to that of the Indian Ocean sum-
mer monsoon based on several short and mainly low resolution proxy records from
the SCS. Cores from ODP Leg 184 sites provide high quality and long sediment
records, which enable a test of this hypothesis by examining all available faunal,
floral and geochemical proxies, especially the coherency and phase relationship of
the East Asian Monsoon with orbital forcing and global ice volume changes during
the Pleistocene.

ODP Site 1143 in the southern SCS. The flux of opal (including radiolarians and
diatoms) usually reflects modern ocean productivity (Dickens and Barron 1997),
and monsoon-driven upwelling can enhance the siliceous productivity of the upper
ocean. In the Indian Ocean, opal flux indicates changes in the intensity of the Indian
summer monsoon. Similarly in the SCS, the siliceous productivity indicated by
Opal% is also related to the East Asian monsoon changes (Wang and Li 2003;
Wang R. et al. 2003). Sediment trap studies in the northern and central SCS show
opal flux peaking in both winter and summer monsoon seasons (Tian et al. 2004).
At Site 1143, the opal% is lower before 400 ka, ranging from 1.5 to 2.5%, with a
smaller glacial/interglacial amplitude; after 400 ka, it increases abruptly from 1.5 to
6.0%, with a larger glacial/interglacial amplitude (Fig. 5.50). In general, the opal%
of Site 1143 is lower during glacials but higher during interglacials, indicating
stronger summer monsoon during interglacials.
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Fig. 5.50 Paleo-climate records of ODP Site 1143 show monsoon variations over the past 1.6 myr
in the southern SCS: (a) benthic foraminiferal Cibicidoides δ18O (�, PDB) (Tian et al. 2002); (b)
opal percentage (%) (Wang and Li 2003); (c) planktonic foraminiferal G. ruber δ13C (�, PDB)
(Tian et al. 2005a)

When the nutrient-rich subsurface water upwells to the surface by the monsoon,
the δ13C of the sea surface water will decrease. If the foraminiferal shell equilibri-
ums with the ambient water during the process of its calcification, the changes of
the shell’s δ13C should record the changes of the monsoon intensity. In the SCS, in
the upwelling areas off the northwest coast of the Philippines and off the east coast
of Vietnam, the G. ruber δ13C and P. obliquiloculata δ13C in core-top samples show
relatively lower values than in other areas (Wang L. et al. 1999). The planktonic
foraminifer G. ruber δ13C for the past 1.6 myr varies from 0.2 to 2.0� (Fig. 5.50).
Although the glacial/interglacial change of G. ruber δ13C is not as obvious as that of
the benthic δ18O, the high-frequency and large amplitude fluctuations in the G. ruber
δ13C of Site 1143 may reflect productivity variations related to monsoon variability.

ODP Site 1144 in the northern SCS. The herbs and Pinus found in the deep sea
sediments of Site 1144 were probably transported by strong winter monsoon-driven
currents (Sun et al. 2003), and thus can be used as the proxies of the East Asian
winter monsoon. The abundance sum of these two groups exceeds 50% in most
samples and they always show a reverse relationship with higher Pinus% in inter-
glacials and higher herbs% in glacials (Fig. 5.25), indicating strengthened winter
monsoon during glacials and weakened winter monsoon during interglacials (see
detailed discussion in section “Vegetation history in deep-sea record” above).

Coherencies and phases of monsoonal proxy records with orbital and global
ice volume forcing. Cross spectral analyses indicate that the pollen records of the
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Fig. 5.51 Cross spectral analyses of the pollen records of ODP Site 1144 (0–1 Ma) with the orbital
forcing (ETP) and the global ice volume variations (δ18O) show dominant orbital periods at 100 kyr,
41 kyr and 23 kyr (grey bars) where high coherencies are present: (a) ETP vs herbs%; (b) ETP
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spectrums of ETP or δ18O. Dashed lines denote the spectrums of the pollen records. Dotted dashed
line denotes coherency. The horizontal solid lines denote the coherencies above 80% standard level

past 1 myr (Herbs% and Pinus%) at ODP Site 1144 demonstrate strong variances
at the 100 kyr band and moderate to strong variance at the 41 kyr and 23 kyr bands,
but they are coherent with the orbital forcing (ETP) only at the 23 kyr precession
band (Fig. 5.51). The upper ocean temperature contrast in the southern SCS is also
coherent with the ETP only at the precession band (Tian et al. 2004), as also in the
east tropical Pacific (Ravelo and Shackleton 1995). These indicate that the tropical
climate is externally controlled by the precessional radiation.

The herbs% and Pinus% are highly coherent with the global ice volume change
(represented by foraminiferal −δ18O) at the 100 kyr and the 23 kyr bands
(Fig. 5.51c,d). Though the cross spectrum between the pollen and the δ18O records
show no coherent relationship at the 41 kyr band, a highlighted coherency stands
at the 54 kyr band, a heterodyne frequency of the primary orbital periods. A sim-
ilar coherent relationship at the 54 kyr band also exists between the Indian Ocean
monsoon tracers and the concentration of the orbital variance (Clemens et al. 1991).
The 100 kyr glacial cycles are dominant in the Earth’s Pleistocene climate records
(Imbrie et al. 1992), especially in the foraminiferal δ18O records. Both the herbs%
and the Pinus% of Site 1144 display perfect glacial/interglacial variations for the
past 1 myr. The graphic structure of the pollen records, which is identical to that
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of the δ18O, in conjunction with the cross spectral analyses, indicate that the East
Asian winter monsoon has been greatly influenced by and coherent with the global
ice volume change. The inference is consistent with the conclusions drawn from the
loess-paleosol sequence (An et al. 2001) and from the north Pacific dust concentra-
tion (Rea et al. 1998) as well as from numerical simulations (Kutzbach and Guetter
1986). As the other important component of the Asian monsoon system, the Indian
Ocean summer monsoon appears to be different, with proxies not coherent with the
global ice volume change at the 100 kyr band but coherent at the 41 kyr and the
23 kyr bands. In addition, the fact that the ice-volume minima (maximum effective-
ness of sensible heating) lag the Indian Ocean summer monsoon maxima by 33 kyr
over the eccentricity band, excludes a forcing-response relationship between the
Northern Hemisphere Glaciation and the Indian Ocean summer monsoon changes
(Clemens et al. 1991).

Both G. ruber δ13C and opal% of Site 1143 are coherent with the concentration
of orbital variances at the three primary orbital cycles, the 100 kyr, the 41 kyr and
the 23 kyr bands (Fig. 5.52a,b). Particularly, the coherency of G. ruber δ13C with
the ETP at the 23 kyr precession band is the highest, nearly two times the coherency
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Fig. 5.52 Cross spectral analyses of G. ruber δ13C and opal% of ODP Site 1143 with the orbital
forcing (ETP) and the global ice volume variations (δ18O) show dominant orbital periods at 100 kyr,
41 kyr and 23 kyr (grey bars) where high coherencies are present over the last 1.6 myr: (a) ETP vs
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80% standard level
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at the eccentricity or obliquity bands. Also, the coherency of opal% with the ETP at
the 23 kyr precession band is the highest among the three coherencies. These mean
that the strongest responses of the East Asian monsoon to the orbital forcing occur
at the precession band. This kind of relationship between the East Asian monsoon
proxies and the orbital forcing highlights the precession as the primary force driving
the tropical climate change. The opal% of Site 1143 is also highly coherent with the
−δ18O at the three primary orbital cycles; in addition, the G. ruber δ13C is also
strongly coherent with the -δ18O at the 41 kyr band and the two precession bands
(23 kyr and 19 kyr). Though the coherency of G. ruber δ13C with the −δ18O at the
100 kyr band does not exceed the 80% statistical level, a strong 100 kyr cycle also
occurs in its spectrum. The coherent relationship of the opal% and G. ruber δ13C
with the −δ18O is consistent with that between the pollen records and the −δ18O
at Site 1144 (Fig. 5.51c), revealing a close relationship between the East Asian
monsoon variations and global ice volume changes.

Cross spectrum analysis has also revealed the phase relationships of the proxies
with the orbital variance (ETP) at the orbital cycles. At the 100 kyr band, the opal%
leads the ETP by 2.9◦ ±2.4◦, close to zero, while the pollen records are not coherent
with the ETP, but in phase with −δ18O. Again, this indicates that the East Asian
winter monsoon is greatly influenced by the global ice volume change. At the 41 kyr
band, all monsoon tracers and the global ice volume change are coherent with the
concentration of the ETP. Their phases relative to the ETP are close to each other if
the phase errors are considered. This means that the orbital forcing has almost the
same controls over the East Asia monsoon and the global ice volume change at the
41 kyr band. At the precession band, the phases of the monsoon proxies relative to
ETP are overall much closer at the precession band than at the obliquity band, but
they departure away from the phase of the −δ18O relative to the ETP (see Tian et al.
2005a for further details).

Suborbital-Scale Variability

Paleomonsoon research was initiated with efforts to understand links between
changes in monsoon intensity and large-scale boundary conditions such as orbital
forcing and changes in global ice volume. These remain active areas of research.
However, ice cores from Greenland have revealed records of climate change on
far shorter time scales as well (Dansgaard et al. 1993; Grootes and Stuiver 1997).
Now, it has been revealed that decadal- to millennial-scale climate variability is a
global phenomenon, which was not limited to the ice cores and high latitudes of
the North Atlantic, but also extended to other regions such as the tropical Pacific
and monsoonal Asia. Millennial-to-centennial- scale variations have been exten-
sively reported in the monsoon climate, including in the SCS, and a number of
conceptual models are under development in efforts to constrain the forcing mecha-
nisms underlying short-term changes in monsoon climate. Most hypothesize that the
short-term changes in monsoon intensity are linked to internal oscillations in ther-
mohaline circulation as well as atmospheric energy and moisture transfer. In some
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cases, a link to millennial- and centennial-scale variations of solar activity has been
made on the basis of variations in 10Be flux and 14C production (Bond et al. 2001;
Schulz and Paul 2002; Sarnthein et al. 2002). Exploration of the tidal influences on
monsoon variability, like the solar cycles, has also been discussed (e.g. Fairbridge
1986). Because very high-resolution records are requested for reconstructing the
sub-orbital variations in monsoon climate, only fragmentary pieces of information
from the Pleistocene history are available so far in the SCS.

Millennial-Scale Cycles in the Middle Pleistocene

It has been found that the rapid climate changes occurred not only in the last glacial
stage, but also in the Holocene in Asian monsoon regions (Schulz et al. 1998; Wang
L. et al. 1999a; von Rad et al. 1999), implying that the decadal- to millennial-scale
climate variability operates independently of the glacial/interglacial climate cycle.
Similarly, sub-orbital climate fluctuations existed beyond the late Quaternary.

McManus et al. (1999) reported the millennial-scale climate variability through-
out the past 500 kyr according to the changes of the ice rafted debris in the
North Atlantic. Almost at the same time, Raymo et al. (1998) found that the
millennial-scale climate variability can be traced back to 1.2 Ma. They claimed that
millennial-scale climate instability may be a pervasive and long-term characteristic
of Earth’s climate, rather than just a feature of the strong glacial/interglacial cycles
of the past 800 kyr. These findings fundamentally altered the way Earth scientists
thought about the operation of the Earth’s climate system and the relative sensitivity
of this system to major climatic shifts.

In the SCS, ODP Site 1144 is distinguished by extremely high sedimentation
rate in the last 1 myr (Bühring et al. 2001). Its ultrahigh-resolution color reflectance
(L∗) data (4 cm interval; time resolution of ∼10 yr), as a proxy of carbonate con-
tent in deep sea sediments (Sarnthein et al. 1994), provide a unique possibility
to study millennial-scale climate variability during the middle Pleistocene climate
transition (MPT).

Figure 5.53 shows the results of wavelet spectral analysis of the color reflectance
(L∗) data of Site 1144 based on the oxygen isotopic stratigraphy of Bühring et al.
(2001), which demonstrate that the D/O-like millennial-scale climate fluctuations
existed throughout the glacial, deglacial and postglacial stages over the last 1 myr
(Jian and Huang 2003). Of particular interest is that after the mid-Pleistocene rev-
olution (MPR) at 900 ka, along with the strengthening of the East Asian winter
monsoon, the signal of millennial-scale climate fluctuations became stronger during
glacial stages. Before the MPR, the signals of millennial-scale climate fluctuations
were relatively stronger during interglacials, but after the MPT they became rela-
tively stronger during glacials. It seems that the MPT was reflected not only by a
change in dominant climate periodicities from 41 to 100 kyr, but also by a change
in the characteristics of millennial-scale climate fluctuations. Although the new
results need further evidence from high-resolution isotope analyses, it illuminates
that orbital and millennial/centennial scale climate changes are interwoven between
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them. This is very important for understanding the sub-orbital variability of the
Asian monsoon system.

Dansgaard-Oeschger Cycles During the Last Glaciation

Monsoon variations on Dansgaard-Oeschger (D-O) time scales (∼1.5 kyr) were
reported from the carved sediment sections off Pakistan (Schulz et al. 1998), from
bioturbated high-resolution sediment sections in the Arabian Sea (Sirocko et al.
1996), Bengal Fan (Kudrass et al. 2001), the SCS (Wang L. et al. 1999a; Bühring
et al. 2001; Higginson et al. 2003; Zhao et al. 2006), the Sulu Sea (Oppo et al.
2001; de Garidel-Thoron et al. 2001), and the Sea of Japan (Tada et al. 1999).
Wang L. et al. (1999a) were the first to report glacial millennial-scale D-O events
from the SCS (Fig. 5.54). IMAGES Core MD972151 (Zhao et al. 2006) also offers
an opportunity to correlate millennial- to centennial-scale SST variabilities in the
SCS during the glacial period with the monsoon record from the Hulu Cave of
eastern China (Wang Y. et al. 2001) and the D-O cycles in the GISP2 ice core
record (Fig. 5.7). These results support that the glacial millennial-scale D-O events
recorded in the SCS and on Chinese mainland are nearly synchronous with those
found in Greenland ice cores, suggesting global climatic tele-connections.

As discussed earlier in this chapter, the SST difference between the southern
and northern SCS can be used to monitor the strength of the East Asian winter
monsoon, as illustrated in Fig. 5.55 with Mg/Ca-derived SST data from core 17961
and ODP Site 1145 (Oppo and Sun 2005). The S-N SST difference displays clear
millennial-scale fluctuations at a period of ∼1.4 kyr (Figs. 5.13 and 5.14). During
interstadials of the D-O events, the S-N SST difference decreased correspondingly,
indicating the decreased winter monsoon, and vice versa during stadials (Fig. 5.55).
The overriding features of glacial D-O cycles correspond to increased summer mon-
soons during interstadials and increased winter monsoons during stadials, consistent
with the exceptionally well-dated monsoon records of the Hulu Cave (Wang Y. et al.
2001) as well as with loess records from central China (An 2000).

Millennial-To-Centennial-Scale Cycles in the Holocene

Sub-orbital climate fluctuations also occurred in the Holocene, although the D/O-
type variability of the last glaciation is no longer dominant (Schulz et al. 1999).
Instead, the Holocene interval is characterized by variability with a broad range of
periodicities near 890–950 yr, 550 yr, 200 yr, 145 yr, 80–105 yr, 20–24 yr and 11 yr
(Wang P. et al. 2005). These scales of variability may be linked to changes in solar
activity, which produce very weak variations in incident solar energy (Labitzke
2001; Beer et al. 2000; Haigh 1996).

In the northern SCS, fluctuations in the SSS during the Holocene reflect centen-
nial periods of 775 yr and 102/84 yr which exceed the upper limit of red noise at
80% confidence level (Fig. 5.56). These periods lie far below the established range
of Milankovitch orbital forcing, and also differ from the millennial-scale glacial
D-O cycles (Wang L. et al. 1999a). Instead, the 102/84-year periodicities possibly
reflect the Gleissberg cycle of solar activity.
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Fig. 5.54 Dansgaard-Oeschger (D-O in numbers) events and Heinrich events (H1 to H4) are
recorded in core 17940-2 from the northern SCS (modified from Wang L. et al. 1999a). OD =
Oldest Dryas; B/A = Bølling-Allerød; YD = Younger Dryas; EHPB = early Holocene/Preboreal

These new marine records can now be compared with a set of ultrahigh-resolution
companion records from terrestrial archives, as obtained from East African and
Tibetan lake sediments (Gasse et al. 1996), and Chinese speleothems (Wang Y. et al.
2001; Yuan et al. 2004). Among the millennial-scale climate records generated to
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Fig. 5.55 Last glacial climate records from various regions show similar Dansgaard-Oeschger
(D-O) events and Heinrich events (H1 to H6): (A) core 17961-2, southern SCS; (B) SST difference
between core 17961 (Jian et al. 2008) from the southern and Site 1145 from northern SCS (Oppo
and Sun 2005); (C) Greenland ice core δ18O (Stuiver and Grootes 2000)

date, those from monsoonal regions show extremely strong similarities to those from
the Greenland ice cores, indicating the coupled nature of high- and low-latitude
abrupt climate change (Figs. 5.55 and 5.56). Despite their nature and mechanism
are still vigorously being debated, factors such as tropical forcing and solar activity
other than the glacial/interglacial ice cover volume change are most likely responsi-
ble for the sub-orbital climate changes. More high quality sediment sequences with
high sedimentation rates in the SCS are needed for evaluating the phase relationships
of climate signals in the monsoon region as compared to high-latitude climate com-
ponents. This information will enhance our understanding of the role that monsoon
circulation plays in sub-orbital variability.
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Fig. 5.56 Comparison between the δ18O-based Holocene temperature record in Greenland ice-core
GISP2 (Grootes and Stuiver 1997) and sea-surface salinity (SSS) changes in core 17940 off Hong
Kong shows sub-orbital variations over the last 10,000 yr (from Wang L. et al. 1999a). Data are
presented in the time (upper panel) and frequency domain (lower panel for SSS). Major temper-
ature lows (δ18O minima) on Greenland summit were coeval with SSS maxima, equal to lows
and subsequent highs in monsoon precipitation in subtropical South China. Horizontal bar shows
band-width. Numbers in the SSS power spectrum are significant periods in years, which exceed
the upper limit of red noise at 80% confidence level (dotted line)
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Summary

As the largest of the East Asian monsoon-dominated marginal seas between the
largest continent Asia and the largest ocean Pacific, the SCS has witnessed dramatic
changes in paleo-sea surface temperature, thermocline depth and paleo-vegetation
of the surrounding continents/islands on tectonic, orbital and sub-orbital time scales
in the late Cenozoic, which are summarized as follows:

1. Upper water structure variations. The upper water structure in the SCS is sen-
sitive to changes in the East Asian monsoon and global ice-volume in the late
Cenozoic. The foraminiferal assemblage data reveal that the depth of thermo-
cline (DOT) in the SCS has experienced major changes at 11.5–10.6, 4.2–3.2
and 0.9 Ma, possibly related to the evolution of the WPWP. The Mg/Ca ratio
derived SST in the southern SCS had ever decreased by ∼5 ◦C during the forma-
tion of the Northern Hemisphere Glaciation. Since then, due to the strengthening
of the winter monsoon and reorganization of sea circulation, the estimated SST
decreased and the DOT deepened during glacials, and vice versa during inter-
glacials. As shown by the paleo-SST estimations based on the transfer function
technique, the average SST in the SCS was 0.9 ◦C cooler than in the Pacific at
similar latitudes in summer, while the difference was as much as 4.9 ◦C in win-
ter, resulting in an enhanced seasonality in the marginal seas, especially during
glacials. The increased glacial/interglacial SST contrast in the marginal seas has
been supported by UK′

37 and Mg/Ca ratio analyses, showing the “amplifying
effect” of climate changes in the SCS.

2. East Asian monsoon evolution and variability. A multi-proxy method for mon-
soon study in the SCS is recommended. The monsoon system started in the
latest Oligocene and experienced major stages of intensification at ∼8.0, 3.2,
and 2.0 Ma, in accordance with the terrestrial records from the Loess Plateau.
The evolution of East Asian monsoon was similar to the South Asian monsoon
in stages, with an enhancement of the winter monsoon in East Asia being the
major difference. On the orbital time scale, previous studies on Indian monsoonal
upwelling have revealed that the Indian monsoon was externally forced by cycli-
cal changes in solar insolation associated only with the obliquity and precession
parameters. However, the SCS-based studies have shown that direct local inso-
lation forcing could be less important in driving the East Asian winter monsoon
variability, but the ice volume forcing may be the primary factor in determining
their strength and timing. Therefore, intensified winter monsoon and weakened
summer monsoon is typical of glacial periods, and vice versa for interglacial
periods. The rich spectra of monsoon variability from the southern SCS exhibit
characteristic features of orbital forcing in the low latitude ocean ranging from
the 400 kyr eccentricity to 10 kyr semi-precessional cycles. The high-resolution
Quaternary records have demonstrated that the D/O-like millennial-scale climate
fluctuations exist throughout the last 1.0 myr and the rapid climatic events in the
SCS were coeval with those found in Greenland ice cores, suggesting global
climatic tele-connections.
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3. Land-Sea comparison. The sediment records (e.g., marine pollen and clay min-
eral records) provide important information for the land-sea comparison of
paleoclimatological changes in the SCS. The increase of cool-tolerant pollen
group probably indicates climate cooling since ∼8.0 and 2.6 Ma, consistent with
the Chinese loess sequences. During the LGM, grassland vegetation mainly com-
posed of Artemisia covered the exposed northern continental shelf of the SCS,
indicating colder and drier climate relative to the present day. The glacial emer-
gence of the continental shelf and SST decrease in SCS led to a considerable
reduction of evaporation, involving a strongly enhanced continental aridity in the
subtropical South China. Moreover, the evidence of pollen assemblages indicates
cool but humid climate in the southern SCS during glacials. Since the southern
SCS is a part of the WPWP, its exposure and cooling must have weakened the
role of the warm pool in regional climate during glacial periods.

4. South-North contrast. The northern part of the SCS basin is controlled by the
monsoon-driven cyclonic gyre, while the southern part belongs to the WPWP
with much less monsoon influence. In the past, this S-N contrast became inten-
sified with the growth of the Boreal ice sheet and the strengthening of the
winter monsoon. Enhanced also by geological contrast between the landward
sides to the NW (continent) and the SE (island arc), the southern and northern
SCS are also different in many sedimentological and paleoceanographic aspects,
including the different responses of the two parts to glacial cycles in micropa-
leontology, SST, and monsoon-induced upwelling. Palynological analyses have
found grassland on the northern continental shelf, but forest on the southern shelf
of the glacial SCS, indicating their different vegetational and climatic response to
the LGM. Interestingly, the spectral analysis of the S-N SST difference (ΔSST)
in the SCS has revealed precessional cycle and millennial variability, reflecting
the changes in the East Asian monsoon on orbital and sub-orbital time scales.
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Mg/Ca ratios of two Globigerinoides ruber (white) morphotypes: implications for recon-
structing past tropical/subtropical surface water conditions. Geochem. Geophys. Geosyst. 6:
doi:10.1029/2005GC000926.

Steinke S., Kienast M., Groeneveld J., Lin L.C., Chen M.T. and Rendle-Bühring R. 2008a. Proxy
dependence of the tempral patten of deglacial warming in the tropical South China Sea: toward
resolving seasonality. Quat. Sci. Rev. 27: 688–700.

Steinke S., Kienast M., Pflaumann U., Weinelt M. and Stattegger K. 2001. A high resolution sea-
surface temperature record from the tropical South China Sea (16,500–3000 B.P.). Quat. Res.
5: 353–362.



5 Upper Water Structure and Paleo-Monsoon 391

Steinke S., Yu P.S., Kucera M. and Chen M.T. 2008b. No-analog planktonic foraminiferal faunas
in the glacial southern South China Sea: Implications for the magnitude of glacial cooling in
the western Pacific warm pool. Mar. Micrpaleontol. 66: 71–90.

Stott L., Poulsen C., Lund S. and Thunell R. 2002. Super ENSO and global climate oscillations at
millennial time scales. Science 297: 222–226.

Stuijts I., Newsome J.C. and Flenley J.R. 1988. Evidence for late Quaternary vegetational change
in the Sumatran and Javan Highlands. Rev. Palaeobot. Palynol. 55: 207–216.

Stuiver M. and Grootes P.M. 2000. GISP2 oxygen isotope ratios. Quat. Res. 53: 277–284.
Su G. and Wang T. 1994. Basic characteristics of modern sedimentation in the South China Sea.

In: Zhou D., Liang Y.B. and Zheng C.K. (eds.), Oceanology of China Seas. Kluwer, New York,
pp. 407–418.

Sun Y. and An Z. 2001. History and variability of aridification in Asian Interior as recorded in dust
flux of the Loess Plateau over the last 7 ma. Sci. China (D) 31(9): 769–767 (in Chinese).

Sun D.H., Shaw J., An Z., Cheng M. and Yue L. 1998. Magnetostratigraphy and paleoclimatic
interpretation of a continuous 7.2 Ma Late Cenozoic eolian sediments from the Chinese Loess
Plateau. Geophys. Res. Lett. 25: 85–88.

Sun X. and Li X. 1999. A pollen record of the last 37 ka in deep sea core 17940 from the northern
South China Sea. Mar. Geol. 156: 227–244.

Sun X., Li X. and Beug H.J. 1999. Pollen distribution in hemipelagic surface sediments of the
South China Sea and its relation to modern vegetation distribution. Mar. Geol. 156: 211–226.

Sun X., Li X. and Chen H. 2000a. Evidence for natural fire and climate history since 37 ka BP in
the northern part of the South China Sea. Sci. China (D) 43(5): 487–493.

Sun X., Li X., Luo Y. and Chen X. 2000b. The vegetation and climate at the last glaciation on the
emerged continental shelf of the South China Sea. Palaeogeogr. Palaeoclimatol. Palaeoecol.
160: 301–316.

Sun X., Li X. and Luo Y. 2002. Vegetation and climate on the Sunda Shelf of the South China Sea
during the Last Glactiation-Pollen results from station 17962. Acta Bot. Sinica 44(6): 746–752.

Sun X. and Luo Y. 2001. Pollen record of the last 280 ka from deep-sea sediments of the northern
South China Sea. Sci. China (D) 44(10): 879–888.

Sun X., Luo Y., Huang F., Tian J. and Wang P. 2003. Deep-sea pollen from the South China Sea:
Pleistocene indicators of East Asian monsoon. Mar. Geol. 201: 97–118.

Sun X. and Wang P. 2005. How old is the Asian monsoon system? – Palaeobotanical records from
China. Palaeogeogr., Palaeoclimatol., Palaeoecol. 222: 181–222.

Svensson A., Andersen K.K., Bigler M., Clausen H.B., Dahl-Jensen D., Davies S.M., Johnsen S.J.,
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