
Chapter 11

Catchment and Channel Hydrology

John B. Thornes†

Introduction

Solar radiation, wind, and water are the driving agents
of desert landscapes. Water has four major roles to
play. First, in sustaining any life forms that exist; sec-
ondly, as a chemical substance which interacts with
other chemical substances, notably salts; third, as a
medium of transport of mass; and, fourth, as a direct
source of energy. The last role, though small by com-
parison with the roles of solar and wind energy, may
none the less be critical in determining the threshold
of operation of runoff, through its impact on infiltra-
tion. Since infiltration is one of the major thresholds in
dryland morphological development, the factors which
control it have a role out of all proportion to the energy
involved.

We have come to take for granted the well-known
hydrological cycle of arid lands (as illustrated in
Fig. 11.1). The hydrological cycle of desert environ-
ments has the same inputs and outputs, and there is
the same requirement for the conservation of mass and
energy.

It is the relative importance of the different compo-
nents which is critical. In temperate environments per-
colation, throughflow, saturated flow, and groundwater
play a most significant role. In dry environments in-
filtration normally only occurs to shallow depths, soil
moisture is consistently low or very low, and overland
flow is important, with deep percolation and ground-
water being relatively unimportant except in subal-
luvial or externally recharged aquifers. This relative
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importance also varies spatially and through time more
than in temperate environments. For example, under
even sparse vegetation infiltration becomes relatively
much more important than between vegetation. Under
seasonal control, infiltration may be much more impor-
tant in the wetter than in the drier season, and so on.
As this balance changes so does the relative role of dif-
ferent geomorphic processes. The differences between
desert and temperate hydrology from a geomorpholog-
ical point of view are therefore more complex than sim-
ply a shift in the magnitude and frequency of events.

The major differences, which are illustrated and
developed in the remainder of this chapter, can be
summarized as follows.

(a) Rainfall occurs at high intensities, with low overall
amounts, at irregular intervals, often with a strong
seasonal bias and usually with a very large inter-
annual variability.

(b) The rain falls on ground with a sparse or non-
existent vegetation cover, which is irregular in its
distribution and especially adapted to collect rain-
fall. Interception rates are low and highly variable
and rapid direct evaporation of excess surface wa-
ter is characteristic.

(c) Infiltration is largely controlled by the bare surface
characteristics which range from sands to organic
crusts and from stones to chemical precipitates.

(d) Losses due to evapotranspiration are dominated
by soil-water availability and controlled by profile
characteristics as well as by atmospheric stress;
subsurface water movement may be significantly
affected by regolith chemistry.

(e) Overland flow is relatively more likely when
storms occur and the terrain over which it occurs
may be exceptionally rough.
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Fig. 11.1 Elements of the hydrological cycle in arid lands (after Shmida et al. 1986)

(f) Channel flow is ephemeral and, hence, signifi-
cantly influenced by boundary conditions, espe-
cially transmission losses to alluvium.

(g) Groundwater obeys the same rules as in temperate
environments, but suballuvial aquifers assume a
more significant hydrological role with ephemeral
channel flow.

Precipitation

Magnitudes at Different Timescales

From a geomorphological point of view, annual
rainfalls tend to determine the overall character of the
environment through the vegetation condition because,
to a first approximation, the gross vegetation biomass
and productivity are determined by rainfall for areas
with less than about 600 mm (Walter 1971, Leith and
Whittaker 1975). Above this figure nutrients become
more significant in limiting plant growth. Below it

the physiological response of plants in biomass terms
to gross precipitation may actually be quite variable
because ultimately it is the available moisture for plant
growth that is the controlling factor. This availability
reflects evapo-transpiration amounts and the water
use efficiency of particular species (Woodward 1987).
Shrubs and dwarf shrubs are the most conspicuous
life forms in desert regions. At the wetter margin
shrubs such as Artemisia, Atriplex, Cassia, Ephedra,
Larrea, and Retama prevail, whereas in extreme
deserts dwarf shrub communities are present, such as
the Chenopodiacae, Zygophillaceae, and the Aster-
aceae (such as Artemisia). Typically the semi-deserts
have 150–350 mm of rain, whereas the extreme
deserts have less than 70 mm, according to Shmida
(1985).

Generally here we follow Le Houerou (1979) in re-
stricting deserts to environments with less than 400 mm
y−1, which in North Africa and in southern Europe
corresponds to the northern limit of steppe vegetation,
such as Stipa tenacissima and Artemisia herba-alba.
Le Houerou differentiates extreme desert lands as those
with less than 100 mm, corresponding to the northern
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border of typical desert plants, such as Calligonium
comosum and Cornulaca monacantha.

Annual rainfall magnitudes are also reflected in al-
titudinal variations in plant cover. Whittaker and Nier-
ing (1964), for example, show the clear gradation from
desert to forest developed in the Santa Catalina moun-
tains of Arizona.

There have been several models which relate
geomorphic processes or responses to annual rainfall
amounts and temperature (Peltier 1950, Langbein and
Schumm 1958, Carson and Kirkby 1972), and these
consistently show low total magnitudes of rainfall
having low rates of geomorphic activity but with
sharply increasing rates up to a maximum at about
300 mm.

There is an enormous interannual variability in to-
tal amounts in dry areas. Figure 11.2 shows interan-
nual variations of rainfall totals for Murcia, south-
east Spain, for 124 years, expressed as rainfall anoma-
lies (mean annual rainfall/standard deviation). Here the
mean annual rainfall is 300 mm, and the interannual co-
efficient of variation 35%, a figure typical of semi-arid
environments. Bell (1979) has shown that, in general,
annual precipitation variability is highest in zones of
extreme aridity and that the lowest variations are at the
poleward margins of the deserts, where frontal rainfall
forms a greater proportion of the total annual rainfall.

As a general rule the standardized rainfall anomaly de-
creases as the mean annual rainfall increases.

The geomorphic significance of seasonal rainfall
distribution varies with evapotranspiration because
these together determine soil moisture conditions
and infiltration rates, decomposition rates for organic
matter, soil erodibility, evaporation rates, solute
movement, and chemical precipitates.

Figure 11.3 shows the annual pattern of soil mois-
ture for the Murcia site shown in Fig. 11.2. The rela-
tive importance of seasonal rainfall totals depends on
how much the plant cover varies. Typically in arid and
semi-arid conditions the seasonal impact is principally
on annual herbs. In semi-arid environments these may
account for as little as 5% of the total cover, the amount
increasing as the conditions become drier. The season-
ality of rainfall is generally expressed in some ratio of
monthly to annual rainfall. For example the Fournier
index (Fournier 1960) expressed seasonality by the in-
dex p2/P , where p is the rainfall of the wettest month
and P the annual rainfall. By regression analysis he
showed that this index is related to total sediment yield.
The yield increases with seasonality and relief, and
the rate of increase is greater in desert areas. More
recently Kirkby and Neale (1987) indicated that it is
seasonality, expressed as the degree of rainfall concen-
tration, which leads to the characteristic Langbein and
Schumm (1958) curve.

Fig. 11.2 Annual rainfall
anomalies for Murcia,
south-east Spain (after
Thornes 1991)
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Fig. 11.3 Seasonal
fluctuations in soil moisture
for the El Ardal site, Murcia,
1989-1990 under different
ground conditions based on
data for the MEDALUS
project
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In areas of extreme aridity the rainfall is not strongly
seasonal in amount except in the Gobi–Tarim basin,
where cyclonic storms are blocked by the persistent
Siberian High in winter. Towards the desert margins
rainfall seasonality increases and most significant is
the distribution of rainfall in relation to temperature.
Around the central Australian desert, for example,
long periods without rain are usual in the northern
winter and the southern summer. In the Mojave Desert
rain occurs in winter, in the Chihuahuan Desert in the
summer, and the Sonoran Desert has both winter and
summer rainfalls.

Event rainfall magnitudes are important in deter-
mining soil moisture characteristics, but generally in
desert areas it is the high intensity that is geomorpho-
logically important, as discussed below.

The idea of coupling magnitude and frequency was
first developed comprehensively in geomorphology
by Wolman and Miller (1960). Put simply it draws
attention to the fact that it is not only the magni-
tude of the force applied by a process but also how
frequently the force is applied which determines
the work done by the process. In temperate envi-
ronments their results suggest that it is the medium
scale events of medium frequency that perform most
geomorphic work. Ahnert (1987) has used the same
concept to express the magnitude and frequency of
climatic events. Plotting the event magnitude on the
vertical axis and the log (base 10) of the recurrence
interval of the event on the horizontal axis provides
an alternative representation of the relationship. By

fitting a regression model to the data he obtained the
relationship

P24 = Y + A log10(RI) (11.1)

where P24 is the daily precipitation of an event with
recurrence interval of RI (in years), and the recur-
rence interval is obtained from RI = (N + 1)/rank
by magnitude in a list of n daily rainfall totals. Ahn-
ert showed that Y and A are characteristics of the rain-
fall, and he used them as indices of magnitude and
frequency. The map of California (Fig. 11.4a) indi-
cates that both A and Y are generally low in the Mo-
jave Desert. The indices can be obtained for other
time intervals, for partial series (such as P-threshold),
and for other variables such as frost frequency. More-
over, it is possible to derive the magnitude and fre-
quency product and plot this against return period.
For example, Ahnert calculated the curve for (P −
Tr)F , where P is the daily rainfall, Tr a threshold
value, and F the frequency of the event of magni-
tude (P – Tr), and plotted this against recurrence in-
terval. The family of curves (Fig. 11.4b) shows that
in desert areas the overall product is low and that
the maximum of the product occurs in tens of years
rather than several times a year. This implies that most
work is done by rather less frequent events, but not by
very rare events. De Ploey et al. (1991) developed this
idea further to provide an index of cumulative erosion
potential.
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Fig. 11.4 Frequency and magnitude distribution of rainfall (after Ahnert 1987). (a) Regional distribution of values of A and Y in
California. (b) The product of magnitude and frequency for a variety of stations
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In temperate environments there are a large number
of small events and a much smaller number of large
events, so the distribution tends to negative exponen-
tial and gives a straight line on the semi-log plot. Ah-
nert (1987) used this relationship to explore the char-
acteristics of storm events, and this provides a useful
comparison of the models for desert and temperate
environments (Fig. 11.4). This pattern of magnitude
and frequency can also be expressed for individual
seasons.

Rainfall Intensity

The intensity of rainfalls is especially important in de-
termining the canopy storage and gross interception
losses as well as the production of overland flow. In-
tensity also determines the compaction of soils and
thus indirectly affects the infiltration capacity (Roo and
Riezebos 1992). One of the simplest measures of inten-
sity is the mean rainfall per rain day. It provides the key
parameter for providing the exponential distribution of
rainfall magnitudes and deriving the excess above a
critical threshold value (Thornes 1976). It is sensitive
to the definition of rain day, but generally a figure of
0.2 mm is taken as the threshold. Average figures for
desert areas are between 5 and 10 mm, and these tend
to increase to the margins. These figures do not differ
greatly from temperate areas and are generally less in
the extreme deserts.

While mean rainfall per rain day is a useful index
when only daily rainfall amounts are available (which
is the case for large parts of the Earth and especially
desert regions), the absolute intensity (mm h−1)
generally increases as shorter periods are considered.
Although record intensities occur in humid tropical
areas, intensities for arid areas are generally higher
than those of temperate regions. For example, Dhar
and Rakhecha (1979), working in the Thar Desert
of India where average annual rainfall is 310 mm,
found that one-day point rainfalls of the order of
50–120 mm have a recurrence interval of 2 years and
that rainfalls associated with monsoon depressions
can be from 250 to 500 mm in a single day. The peak
daily rainfall can be several times the annual average.
Berndtsson (1987), for example, observed that on 25
September 1969, 400 mm of rain fell at Gabes, central
Tunisia, which is about five times the mean annual

rainfall. In semi-arid south-eastern Spain the storms
of 18–19 October 1973 produced rainfalls equal to
the mean annual amount (300 mm) in a period of
about 10 h. In this semi-arid environment rainfall
intensities of 70 mm h−1 typically recur about every 5
years.

Using the 1-h duration and 2-year return period,
Bell (1979) obtained figures typically of the order of
10–20 mm for central desert areas and 20–50 mm along
desert margins. Again, this suggests that it is the desert
margins where runoff effects are most likely to be ge-
omorphologically important. He estimated the ‘max-
imum probable’ 1-h rainfalls for the Australian arid
region to be of the order of 180 mm at the poleward
edge to 280 at the equatorwards margin. Similar figures
have been estimated for the desert areas of the United
States by Herschfield (1962), and Bell (1979) believed
that they are probably typical of the arid zone in other
parts of the world. Typically the 2-year 1-h value has
an intensity about ten times that of the 2-year 24-h
rainfall.

Temporal Variability

For geomorphic purposes most data are of relatively
short duration. Typically 40–50 years of daily rainfall
records are available for the arid areas of the world.
Autographic data, from which storm profiles can be
constructed, are even rarer. For developing models of
the impact of rainfall series it is therefore sometimes
necessary to simulate series which have the same
characteristics as the actual data. The problem is
that small sample sizes preclude normal forcasting
techniques and the variability of total rainfall in an
event is quite high.

Within individual storm events there are often sig-
nificant variations in intensity. Figure 11.5 illustrates a
storm profile for the semi-arid Cuenca area of central
Spain. The total rainfall for the storm was 24 mm, with
an average intensity of 6 mm h−1 while the high burst
in minutes 35–39 produced an intensity of 36 mm
h−1. Within-storm rainfall has been modelled by
Jacobs et al. (1988) and a description of their approach
is found below.

The distribution of events is reflected in the sea-
sonal distribution of cumulative rainfall totals and these
have a strong effect on plant growth in dry areas. For
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Fig. 11.5 Rainfall storm
profile for an autumn storm in
Cuenca, Spain
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example Fig. 11.6 shows the contrasts in rainfall pat-
terns within the year for normal (1981), exceptionally
wet (1961) and exceptionally dry years (1979, 1982)
in south-east Spain. Lack of autumn rains inhibits the
germination of seedlings, whereas lack of soil moisture
in spring limits plant growth.

The seasonal distribution of event magnitudes and
durations is also important from a runoff and infiltra-
tion point of view. Generally event magnitudes and du-
rations reflect prevailing weather types, with cyclonic
storms often giving long-duration, low-intensity rain-

falls and convective (summer) storms giving short-
duration, high-intensity rainfalls.

A simple seasonal model is provided by the Markov
chain, in which sequences of rain and no-rain days and
the rainfall magnitudes for these days are generated.
Thornes and Brandt (1994) have provided a synthetic
generator for the semiarid regions of south-east Spain
using this principle. The sequence of rain or non-rain
days is obtained from a Markov probability matrix of
transitions from rain-rain, rain–dry, dry–rain, and dry–
dry days derived from the historical records on a sea-
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Fig. 11.6 Seasonal variations in the annual distribution of rainfall for the province of Murcia, Spain. Key: � = 1961; ◦ = 1979;
+ = mean; � = 1981; • = 1982
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sonal basis. The magnitudes are then obtained from
a two-parameter gamma distribution, again with sea-
sonal parameters. Both the transition matrices and the
gamma parameters were found to be stable over time
in this environment.

A more sophisticated model was used by Duckstein
et al. (1979) to investigate and simulate the structure of
daily series. They define an event as a day having a pre-
cipitation greater than a constant amount, say 0.2 mm.
The statistics of interest are then the number of events
per unit time, the time between events, the depth of pre-
cipitation, the duration of precipitation, and the maxi-
mum intensity of rainfall in an event. A sequence is a
number of rainfall events separated by three or fewer
days. Then the dry spell duration is a run of days with-
out rain, and the average seasonal maximum of the run
of dry days defines extreme droughts. Finally, interar-
rival time is the time between the beginning of one se-
quence and the beginning of the next; in statistical ter-
minology it is the renewal time.

For convective storms occurring in summer the
events are independent and short (cf. Smith and
Schreiber 1973). The probability of n events of j days
duration is then given by the Poisson mass function

fn( j) = exp(−m)mj/j! (11.2)

where m is the mean number of events per season.
The probability that the interarrival time T is t days

is given by

fT (t) = u exp(−ut) (11.3)

where u is estimated from 1/T , with T the mean inerar-
rival time between events. For Tucson, Arizona, u is es-
timated to be 0.27. Under some conditions, especially
where the storms are more frequent (e.g. where a cy-
clonic element prevails), interarrival times may be bet-
ter described by a gamma rather than an exponential
distribution. Finally, the event magnitudes are also in-
dependent. For example in Granada province, south-
ern Spain, Scoging (1989) found that 90% of summer
storm rainfall lasted less than an hour and that the mag-
nitude of the rainfall in an event is independent of its
duration. Under these circumstances, which are most
common for convective thunderstorms, the gamma dis-
tribution again provides a suitable model for rainfall
magnitudes.

The amounts, intensities, and durations of storms
are also found to vary significantly in the long term in
dry as they do in temperate areas, and interest in these
fluctuations has been heightened in recent years as the
result of the potential implications of global warming
for already dry areas.

Berndtsson (1987), for example, found that in Tu-
nis from 1890 to 1930 there was a massive fall in
mean annual rainfall and that after 1925 there was an
oscillation of durations of 10–15 years. Similar phe-
nomena have been recorded in other statistical anal-
yses. Conte et al. (1989) demonstrated that oscilla-
tions in rainfall in the Western Mediterranean in the
period after 1950 could be related to the Mediterranean
Oscillation in barometric pressure. Thornes (1990) also
observed both the steep decline in rainfall in the pe-
riod 1890–1934 and oscillations in rainfall anomalies
in the post-1950 period in the southern Iberian Penin-
sula. The rainfall decline, at 3 mm y−1, is of the order
of magnitude currently predicted for climatic changes
over the next 60 years by climatologists from general
circulation models. The rainfall anomaly oscillations
are in phase with those recorded by Conte et al. and al-
most exactly out of phase with those described for the
Sahel.

Spatial Variability

If arid zone rainfall is difficult to predict in time, it is
almost as difficult to predict in space. The spatial dis-
tribution of storms tends to be random in subtropical
deserts. There is usually a poor correlation of rainfall
amounts at stations only 5 km apart. It is rare for a sin-
gle station to experience more than one storm in a day,
and the spacing between concurrent storms is typically
50–60 km.

The development of rainfall in convective storms
is quite complex and accounts for much of the lo-
cally highly concentrated rainfall amounts and intensi-
ties that accompany desert storms. Well-defined storm
cells are born and then decay, and the cellular struc-
ture can give rise to well-defined rates of attenuation
of rainfall with distance from the cell centres. Jacobs
et al. (1988) examined summer data from a network of
102 gauges distributed over a 154 km2 area in Walnut
Gulch Experimental Watershed, Arizona for the period
1970–1977, and they attempted to model the intensity
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and cumulative depth over temporal realizations of the
process or for a particular event over space. The proce-
dure assumes that a storm is born at maximum inten-
sity and then decays exponentially through time, with
the initial intensity being an independent exponentially
distributed random variable. The spatial distribution of
storm centres is modelled as a Poisson process, and
the time of birth of each cell relative to storm outset
is taken to be exponential. From these assumptions the
variance and covariance structures of rainfall intensity
and depth are derived analytically and appear to pro-
vide a reasonable representation of the structure of the
storm patterns observed.

In comparison with the Walnut Gulch data, one
of the best sets of rainfall data in a desert area in
the world, the storm depths modelled by Jacobs et al.
were found to be more homogeneous and isotropic
over time. Zawadeski (1973) had already shown that
storms are typically isotropic under about 10 km but
increasingly anisotropic over larger distances.

Interception

Our understanding of surface hydrological processes is
very largely in terms of specific surfaces, such as bare
soils, plants of various species and architecture, and

more recently in terms of stone cover. In fact, desert
surfaces usually comprise complex mixtures of these
different types, just as satellite images represent com-
plex mosaics of land use (Fig. 11.7). This means that
both the understanding and modelling of such surfaces
tend to be difficult. Moreover the very nature of desert
soils with their chemical crusts, concentrated aggre-
gates, complex surface roughness, and particular plant
types means that hillslope hydrology (as opposed to
hydraulics) of such regions is still in its relative infancy.
Earlier treatises on desert hydrology, for example,
have tended to simply reiterate the received wisdom
from temperate soils, which is, in reality, completely
inappropriate.

Desert plants are structurally rather different from
temperate and humid tropical plants in their life forms.
They often have low leaf areas, especially adapted
leaves and stems, and wide spacing (see below). The
morphologies of several rangeland species of shrubs
and grasses (e.g. Cassia sp., Stipa tenacissima) are de-
signed to intercept rainfall and channel the water down
as stemflow. This water infiltrates adjacent to the tree
bole and produces enhanced water storage at depth.
Slatyer (1965) showed that with mulga scrub once the
interception store of 2–3 mm has been filled, stem-
flow accounts for up to 40% of the rain falling on the
canopy, and falls of 15–20 mm of rain can cause about
100 l of stemflow from adult trees. Stemflow equal to

Fig. 11.7 Compound
character of surfaces in
semi-arid and arid
environments, showing major
fluxes of evaporation (vevap,
bevap), transpiration (trans),
interception (vstore) and
Hortonian and saturated
overland flow (HOF, SOF)
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30–40% of intercepted rain has also been found in
semi-arid environments in the Zaragoza area of Spain
by Gonzalez-Hidalgo (1991).

Evans et al. (1976), on the other hand, reported that
about 90% of rainfall was converted into throughfall
for creosote bush and about 65% for bursage. However,
the percentage for different storms ranged from 67% to
greater than 100% and from 26% to greater than 100%
for creosote bush and bursage, respectively. Generally,
in rangeland, losses from the canopy through the di-
rect evaporation of intercepted water are thought to be
unimportant (Johns et al. 1984). However, though the
total loss to gross interception may be small, its role
in redirecting water to the concentrated root zone be-
low the stem may be very significant. The concentra-
tion of nutrients in the root zone is partly a testimony
to this concentration of wash from the canopy itself. De
Ploey (1982) has attempted to provide a simple model
to estimate the interception properties of plant cover
on the basis of stem density and stem angle and has
simulated the behaviour of stems in the laboratory with
a reasonable degree of success.

Stone cover is also important in determining the
interception of water, but the picture is somewhat
confused for two reasons. First, losses to infiltration
are estimated as the residual between water rate
application by sprinkler and runoff from experimen-
tal micro-plots. Second, the loss rate is influenced
by whether the stones are lying on the surface or
embedded within it (Poesen et al. 1990). Our field
experiments indicate that stones may intercept and
store considerable volumes of water depending on
their surface characteristics. Therefore, they probably
account for much of the losses attributed to infiltration
in sprinkler experiments. This question is further dis-
cussed below. The same is true of crusting. As yet we
do not know the relative proportions attributable to in-
terception, infiltration, and evaporation in determining
the residual sum available for runoff.

Unsaturated Zone Processes

Soils in deserts are as variable as, if not more variable
than, their temperate counterparts. The effects of soil
texture are emphasized, as profile control is dominant
in the overall water balance. For example, Hillel and
Tadmoor (1962), in a comparison of four desert soils in

the Negev, showed that sandy soils wetted deeply, have
the largest storage, the highest infiltration rates, and the
lowest evaporation when compared with rocky slope
soils and loessic and clay soils. The latter had very low
storage as a result of surface crusting, poor absorp-
tion, and high vaporation rates. As a result, the plant
growth capabilities were markedly different. Others too
have shown that in sandy soils the upward movement
of water vapour, facilitated by the open pore structure,
may lead to condensation of water near the surface
in winter-cold desert soils in amounts of the order of
15–25 mm.

A major driving force in desert soils is the high
rate of near-surface evaporation. Water moves up
through the soil as a result of the thermal gradient
mainly through vapour transfer (Jury et al. 1981). With
available moisture the near-surface potential rates
may reach 1500–2000 mm y−1, at 2 m the rates are
about 100 mm y−1, and at 3–4 m they are practically
negligible. As a result of this steep gradient, upward
movement of water and, if available, salts is the
dominant process in summer months, as in the takyr
soils of Turkmenistan.

The stone content of desert soils generally increases
with depth, though such soils may also have surface
armouring induced by a variety of processes Chap-
ter 5). Field bulk density may be quite high for stoney
soils, typically of the order of 1.8 compared with values
of 1.0–1.4 for non-stoney soils. Mehuys et al. (1975)
found little difference between stoney and non-stoney
soils in the relationship between conductivity and soil
tension, but strong differences in the relationship be-
tween conductivity and soil moisture. In two out of
three cases the conductivity is higher in stoney than in
non-stoney soils with milar soil moistures.

Infiltration

Infiltration rates on bare weathered soils in dry environ-
ments are often relatively high when surfaces are not
compacted, especially where vegetation or a heavy sur-
face litter occurs. Runoff is often critically determined
by the controls of infiltration, especially vegetation at
plot scales (Francis and Thornes 1990). In experiments
using a simple sprinkler system at rates of 55 mm h−1,
with an expected recurrence interval of about 10 years,
infiltration rates may be as high as 50 mm h−1 with
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runoff accounting for as little as 2–3% of the rainfall.
However, under all circumstances the infiltration rates
are highly variable.

In general, infiltration rates increase with litter and
organic matter content of soils. One of the earliest
investigations, by Lyford and Qashu (1969), showed
that infiltration rates decreased with radial distance
from shrub stems due to lower bulk density and
higher organic matter content under the shrubs. Later
investigations by Blackburn (1975) on semi-arid
rangeland in Nevada examined the effects of coppice
dunes (i.e. vegetation bumps) on infiltration, runoff,
and sediment production. Using a sprinkler simulator
at 75 mm h−1 on small plots, he analysed the average
infiltration rates at the end of 30 min and found that the
coppice dune rate was three to four times that for the
dune interspace areas. The soil characteristics of the
interspaces were most important in determining runoff
rates, and infiltration rates were strongly negatively
correlated with percentage bare ground. Similarly,
Swanson and Buckhouse (1986), in a comparison of
three subspecies of big sagebrush (Artemisia triden-
tata, A. wyomingensis, and A. vaseyana) occupying
three different biotopes in Oregon, found no significant
differences in final infiltrability between habitat type
and climax understorey species. However, infiltration
in shrub canopy zones had generally higher rates than
shrub interspaces, confirming the results obtained by
Lyford and Qashu (1969) and Blackburn (1975).

There is often an interaction between infiltration
capacity, vegetation cover and aspect in dry environ-
ments. For example, Faulkner (1990), examining in-
filtration rates on sodic soils in Colorado, has found
that aspect has a strong influence on infiltration rates
through vegetation cover, though some caution needs
to be exercised here because of the role of piping in
infiltration rate and runoff control in the bare badland
areas.

Gifford et al. (1986) examined the infiltrability of
soils under grazed and ungrazed (20 years) crested
wheatgrass (Agropyron desertorum) in Utah using both
sprinkling and ring infiltrometers. They found that in-
filtration rates measured by the ring infiltrometer were
2.3–3.2 times higher than those measured by the sprin-
kling infiltrometer (cf. Scoging and Thornes 1979)
and that season and grazing/nongrazing were the main
sources of variation. The spring infiltrability values
were double the summer values, and the ungrazed
were three times the grazed values.

Infiltration rates are generally reduced by crusting,
which may result from algal growth, rainfall com-
paction, and precipitate development. Thin algal crusts
have an important role in stabilizing the soil surface,
though there seems to be some disagreement as to its
hydrological significance. Some workers claim that
the crust, by limiting the impact of raindrops on a
bare soil, actually prevents the development of a true
rainbeat crust and thus the algae increase infiltration.
A contrary view, however, is that the biological crusts
have a strong water repellency and so increase runoff.
Alexander and Calvo (1990) and Yair (1990) have
investigated the organic crusting and attest to its
significance in controlling surface runoff. Alexander
and Calvo found that lichens provide crusting on
north-facing but not on south-facing slopes and that
lichens produce more rapid ponding and runoff but not
more erosion. Yair reported that removal of the crust
from sandy dune soils produced a dramatic increase
in the time to runoff and that the runoff coefficient
was an order of magnitude lower, largely due to
reinfiltration.

On the other hand, compaction by raindrop im-
pact leading to sealing significantly reduces infiltration
(Morin and Benyami 1977). Roo and Riezebos (1992)
have attempted to provide a model for the impact of
crust development on infiltration amounts.

Finally, stones control the infiltration rates into soils
to some extent. The general conclusion of the many
field and laboratory studies on infiltration rates un-
der a rock cover indicates a generally positive corre-
lation between infiltration and stone cover, but Poesen
et al. (1990) argued that this depends on whether the
rocks are partially buried or resting on the surface. In
the former case there tends to be a negative correla-
tion because the stones intercept the rainfall and lead
to higher evaporation and runoff rates, whereas in the
latter case they tend to inhibit crusting and so encour-
age infiltration. Working on shrub lands, both Tromble
et al. (1974) and Wilcox et al. (1988) obtained negative
correlations between infiltration and stone cover, but
the latter accounted for this in terms of the reduced op-
portunity for plant cover development, which enhances
infiltration as noted above. In a field experiment Abra-
hams and Parsons (1991) also obtained a negative cor-
relation between stone cover and infiltration rate and
again explained this in terms of the higher infiltration
rates under bushes where stones were generally absent
(see Fig. 9.11). They concluded that, at least for shrub
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covered pediments, inverse relations between infiltra-
tion and stone cover could be used in modelling.

Evaporation from Surfaces
and Transpiration from Plants

Most literature for dry environments suggests that
there is a high correlation between evapotranspiration
and rainfall (Scholl 1974) and that in general the total
annual evapotranspiration for desert environments is
equal to the cumulative annual infiltration into the soil
for the year. This is more or less equal to the annual
precipitation minus the annual runoff. Moreover, at
least once per year the soil moisture becomes more
or less negligible and deep drainage is more or less
negligible relative to total annual evapotranspiration.
Therefore, the principal interest is in the temporal
distribution of evapotranspiration during the year.

Actual estimates of the relative balance of the
various components give a clear idea of the importance
of evapotranspiration in the overall water budget.
Renard (1969) suggested that evaporation and evap-
otranspiration from Walnut Gulch is about 85–90%
of the incoming rainfall, and in the study by Floret
et al. (1978) in Tunisia evaporation from bare soil
alone was calculated to be between 40 and 70% of
the total depending on the year. Evans et al.’s (1981)
comparative analysis of bare soil and different plant
species (creosote, mesquite, and sagebrush) revealed
no significant differences between the bare soil and the
vegetated sites for any extended period of time. Nor
were there any differences between plant species, and

most of the evapotranspiration took place in periods
immediately following rainfall. Then the rates varied
between 2.3 and 10 mm d−1, with rates of 1 mm d−1

for extended periods of time between rainfall events
and rates of less than 0.1 mm d−1 for the driest parts
of the year.

These results emphasize the ability of desert plants
to exist at high water stresses. Final water contents
correspond to suctions of −10 to −50 bars. Typically
the plant stress is uniformly distributed throughout the
plant at dawn and in equilibrium with the soil suc-
tion. As the day develops the plant stresses increase
so that for Larrea tridentata stresses of 40–65 bars are
reached, and in Ceratoides lanata, for example, 120
bars potential is not uncommon.

The evapotranspiration process is clearly crucially
important for dry environments, even when vegetation
cover is small, and exercises a significant control on
the total water budget. Since this budget is controlled
by the plant cover, which also plays a major role in the
hydrology and hydraulics of overland flow, we return
to the vegetation cover next.

A general classification of xerophytic plants is
given in Fig. 11.8 (Levitt 1972). Xerophytic plants
can escape drought seasons by an ephemeral habit or
resist drought either by avoiding it by reducing water
consumption or by using the maximum possible when
it is available. The latter strategy is a characteristic
especially of phreatophytes, such as mesquite and
tamarisk. Other plants are able to tolerate drought by
mechanical means. Mosses and lichens, for example,
can expand again after dehydration. Such poikilo-
hydrous plants have the capacity to take up water

Fig. 11.8 Structure of
xerophytic plant types (after
Levitt 1972)
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instantaneously and survive extreme and prolonged
desertification.

Specific observations on desert vegetation have
been made by Nobel (1981) in the Sonoran Desert.
He investigated the desert grass Hilaria rigida, which
is a clump grass of the C4 type and has amongst the
highest photosynthetic rates so far reported. In this
species, clumps of increasing size tend to be further
from a random point and further from their nearest
neighbour of the same species. This larger spacing
suggests pre-emption of groundwater. This conclusion
is partly borne out by the fact that leaves on small
clumps (less than 10 culms) have a threefold higher
rate of transpiration per unit leaf area than do leaves
on larger clumps (over 200 culms), indicating that the
water transpired does not vary much with clump size.
Given that the amount of CO2 fixed per unit ground
area does not differ much with clump size, the pattern
of large and small clumps can be quite stable. This
may also be indicated by the low interdigitation of
root systems for different clumps. This high level of
adjustment suggests that clump life could be quite
long. Somewhat similar conclusions were reached by
Phillips and McMahon (1981).

Some species are evergreen, while others are fac-
ultatively drought deciduous. Several studies have in-
dicated that the leaf area index (LAI) declines as wa-
ter potential declines, and Woodward (1987) has devel-
oped a model which predicts LAI in terms of a cumu-
lated water deficit, arguing that when the water deficit
falls below −80 mm abscission begins (Fig. 11.9).

In addition to changes of leaf shape and plant struc-
ture, other special plant physiological adaptations oc-
cur which give desert plants more efficient water use.
For example, succulent plants possess pathways for the
fixation of CO2 that enable assimilation to proceed
with the stomata open only at night, when potential
for evaporation from cladodes and leaves is minimal
(Fuchs 1979).

The plant cover and biomass is a function of the pro-
duction and distribution of the photosynthetic produc-
tion, and this is usually controlled by the evapotranspi-
ration rate. In modelling the impact of climatic change
on erosion in which the plant cover is a most critical
variable, the key issue in arid and semi-arid areas is
the plant water balance and its impact on net produc-
tion (i.e. the difference between the plant material pro-
duced by photosynthesis and that consumed for main-
tenance). It is generally assumed that the plant biomass
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Fig. 11.9 Predicted monthly soil-water deficit for soils at two
sites in Australia in accordance with Woodward’s (1987) model.
LAI = leaf area index (after Woodward 1987)

comes into equilibrium with the available water (cf. Ea-
gleson 1979, Thornes 1990, and see below).

Lane et al. (1984) demonstrated for the Mojave
Desert that the best predictors of annual plant produc-
tivity were linear relations with mean annual precipita-
tion (r2 = 0.51), seasonal precipitation (January–May,
r2 = 0.74), annual transpiration (r2 = 0.84), and sea-
sonal transpiration (r2 = 0.90).

Net plant productivity in the south Tunisian steppe
is approximately 1000 kg ha−1 y−1 of dry matter or ap-
proximately 5.5 kg ha−1 mm−1 of rainfall. Wet years
produced 1550 kg of dry matter per hectare and dry
years about 1060. The difference is due to the distri-
bution of rainfall. This distribution is especially impor-
tant when the annuals and perennials occur at different
times of the year. Floret et al. (1978) found that annuals
peak in May, while perennials peak in June and July.
For maximum production of annuals, rainfall should
be regularly distributed between autumn and the end of
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spring, while bushes do better if the deep soil layers are
still wet in mid-May.

Modelling vegetation growth and water consump-
tion for sparse vegetation can be illustrated by the
ARFEQ model of Floret et al. (1978). These authors
modelled primary production and water use in a south
Tunisian steppe, comprising dominantly Rhatherium
suaveolus. This is a zone of typically 170–180 mm y−1

rainfall, falling mainly in September and March. The
soil is a gypsous sandy clay with an organic matter con-
tent of the order of 0.4–0.7%. The cover of perennial
species is about 35% Stipa sp., Aristida sp., and Plan-
tago albicans. Rantherium accounts for a further 30%
with about 26 500 tussocks ha−1. The surfaces typi-
cally have 1600 kg ha−1 of above-ground phytomass
and 50–80 kg ha−1 of litter on the soil.

In the ARFEQ model bare soil drainage is an
inverse function of the storage above field capacity;
potential evapotranspiration is calculated as a func-
tion of the measured Piche evaporation; and actual
evapotranspiration is related to potential through
the dimensionless water content of the water con-
tent of the upper horizon. For the plant cover, total
transpiration is obtained from a comparison of the
atmospheric demand and the soil-water stress. The
atmospheric demand is expressed in terms of LAI,
stomatal conductance, and Piche evaporation. The
soil-water resistance is obtained from the difference
between soil-water stress and leaf stress mediated
by a root resistance, which is inversely proportional
to the amount of root mass in a given soil layer.
Leaf-water potential is then assumed to meet the
requirement that there is an equilibrium between
the atmospheric demand and the root extraction.
This is a common assumption for water-limited
plant covers (i.e. that the plant water use is in equi-
librium with the applied stress). In practice this
assumption may often be doubtful given the high
interannual and longer-term variability. Below we
examine how changes in water availability and re-
distribution lead to vegetation cover extinction and,
hence, to changes in the hydrological regime over the
longer term.

From these hydrological considerations, gross pho-
tosynthesis is assumed to be a function of water status,
LAI, and incoming solar radiation (Feddes 1971), and
the photosynthetic rate less respiration and senescence
is used to determine dry matter production. The results
of the model suggest that approximately 0.26–0.54 g of

dry matter are produced per kilogram of H2O, rising in
spring to 1.26 for annuals and 1.39 for perennials.

While still in the domain of unsaturated control, it
is worth noting that there have been significant new
developments in estimating the impact of large areas
of bare surface on the now widely accepted Penman–
Monteith equation (Monteith 1981), though the devel-
opments are still largely restricted to agricultural crops,
such as millet. The Penman–Monteith model is based
on the estimation of potential evapotranspiration con-
trolled by atmospheric demand through the resistances
of plant stomata (stomatal resistance), the canopy over-
all, and the atmosphere above the canopy to water
vapour transport. However, it has been observed re-
cently that a substantial amount of water is lost from
the surface by evaporation from dry soils. For exam-
ple, Gregory (1991) reported that as much as 75%, and
commonly of the order of 35%, is lost by evapora-
tion from bare soil surfaces between row crops. There
seem to be two possible approaches to dealing with
this problem: the first is to have separate estimators
for crops and bare areas; and the second it to have a
combined model which takes both into account. With
regard to the first approach, Ritchie (1972) developed
a model which assumed that after rain, soil evapora-
tion is determined by net radiation at the soil surface.
However, following this initial phase, evaporation from
the bare soil becomes increasingly limited by the abil-
ity of water to diffuse through the drying soil surface.
In this second phase, Ritchie set cumulative soil evap-
oration to be inversely proportional to the square root
of time. Many observations of desert soils have em-
pirically supported the use of this proportionality even
though this model allows no interaction between the
soil and the canopy. Two particular models are impor-
tant in the second approach: ENWATBAL developed
by Lascano et al. (1987) and the sparse crop model of
Shuttleworth and Wallace (1985). In the latter the near-
surface layer (Fig. 11.10) comprises an upper layer,
which loses moisture directly from the canopy, and an
interactive soil substrate, which has its own surface re-
sistance and an aerodynamic resistance between the
soil and the canopy. The combined evapotranspiration
is then set up as:

L Ec + L Es = CcPMc + CsPMs (11.4)

in which L is the latent heat of vaporization, Ec the
canopy transpiration, Es the bare soil evaporation, and
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Fig. 11.10 The Shuttleworth and Wallace (1985) model of
canopy and bare soil: (a) classical ‘big leaf’ model, (b) inter-
active soil substrate model. E is total latent heat flux, with sub-
scripts c and s representing canopy and bare ground, respectively,
and r is the canopy resistance

PMc and PMs the respective Penman–Monteith esti-
mates. The coefficients Cc and Cs are then empirical
coefficients which are functions of the aerodynamic re-
sistance and bulk stomatal resistance of the crop and
the soil (Wallace 1991).

Phreatophytes

It was argued in the 1960s that phreatophytes in the
American South-west were major consumers of wa-
ter and that the elimination of phreatophyte vegetation
might be considered as a suitable method of water har-
vesting. Bouwer (1975) considered that potentially 6.4
million hectares of phreatophytes could be consuming
30 × 109 m3 of water. The uptake of groundwater by
plant roots varies diurnally and seasonally, but funda-
mentally the evapotranspiration rate appears to be re-
lated to the depth of water table. Bouwer (1975) has
modelled it as such on the assumption that the sys-
tem is in steady state. The deeper the roots the greater
the water table can sink and still maintain essentially
potential evapotranspiration rates. Because roughness
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Fig. 11.11 Gila valley phreatophytes water loss by evapotran-
spiration over depth, with (solid lines with circles) and (hypo-
thetically) without salt cedar cover

and total leaf area tend to increase with increasing
plant height, and trees and shrubs are generally deeper
rooted than grasses, potential evapotranspiration for
deep-rooting vegetation is higher than that for shallow-
rooting plants, and higher still than that for bare soil.

Van Hylckama (1975) has estimated the water loss
with and without salt cedar cover in the lower Gila val-
ley, Arizona (Fig. 11.11). His analysis suggests that
with salt cedar the surface groundwater rate would
yield about 2.5 m y−1 of water loss with trees and
2.0 m y−1 without. This difference increases sharply as
the water table falls. Bouwer, however, noted that the
reduction in channel seepage due to phreatophyte con-
trol increases and the actual amount of water which
can be saved decreases as distance from the channel
decreases.

Hillslope Runoff

In drylands overland flow is patchy in occurrence,
reticular in character, and often terminates before
reaching the channel by reinfiltrating on the hillslope
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(Yair and Lavee 1985). Its characteristics are largely
determined by the disposition of stones, vegetation,
and macroscale roughness. Conversely, it plays an
important role in the location of plant activity at the
drier margins, and there may be a complex interaction
between overland flow, reinfiltration, plant cover,
and erosion. This reticular flow has been the subject
of much recent research, since the important obser-
vations of Emmett (1970). Abrahams et al. (1986),
Thornes et al. (1990), Dunne et al. (1991), and Baird
et al. (1992) have all drawn attention to the impact of
surface topographic stones and vegetation in concen-
trating the flow into rills and eventually gullies. Retic-
ular flow contrasts significantly with sheet flow. In the
past overland flow has often been modelled as sheet
flow by means of the kinematic cascade model, which
assumes that an overland flow of uniform depth is prop-
agated down a hillslope comprising a series of smooth
planes. The significance of reticular flow lies in the re-
striction of flow-induced infiltration and wash erosion
to the actual flow-wetted area at the surface, which in

turn has important implications for a wide range of
processes. In Chapter 9 the generation and propagation
of reticular runoff in hydraulic terms is discussed in
detail. Here we restrict ourselves to the main controls
on the quantity and timing of slope runoff in terms of
the water reaching the channel system.

On slopes mantled with coarse debris, the stone
content exerts a substantial control on hillslope runoff
process. Yair and Lavee (1974) examined runoff from
coarse scree slopes using rainfall simulators at three in-
tensities: 60 mm h−1 for 10 min, 30 mm h−1 for 10 min,
and 15 mm h−1 for 20 min. In these experiments the
runoff was generated mainly in the lower areas (i.e.
within the gullies). The explanation given was that
the larger blocks (15–20 cm) in these areas yield more
runoff and concentrate the water on small underlying
patches of fine-grained materials, thus exceeding the
infiltration rates in these fine-grained receiving areas.

Stones, like vegetation (Fig. 11.12), concentrate the
flow so that velocities are higher, infiltration localized,
and scour restricted in space. Baird et al. (1992) have

Fig. 11.12 Diagrams
illustrating roughness
elements. In (a) rills provide
different flow depths and
widths. In (b) the roughness
elements are formed by
surface rocks. In (c) the
roughness elements are
created by bushes and
generate different infiltration
amounts according to the
thickness and disposition of
organic matter
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modelled this process following the free volume con-
cept of Thornes et al. (1990). In their model the rain-
fall is assumed to be distributed across the entire sur-
face but water entering a slope section is allowed to
fill the hollows to a depth equivalent to its volume. As-
suming a normally distributed ground roughness, they
avoid describing the detailed topography in each cell
and generate a distribution of flow velocities on the ba-
sis of depth and slope distributions for the wetted ar-
eas. As the flow increases in depth, it drowns surfaces
of different infiltration properties and infiltration rates
evolve dynamically for different flow conditions. Re-
sults of the operation of this model show significant
changes in the hydrograph and in sediment yields when
compared with unrilled slopes (Fig. 11.13).

At the hillslope scale, Yair and Lavee (1985)
demonstrated a complex interaction between runoff
generation, slope properties, and vegetation cover on
slopes in the northern Negev at Sede Boqer. They
observed that flow from bare upper-slope rock surfaces
passes on to lower slopes with increasing amounts of
colluvium. There is a progressive diminution of water
availability to plants further downslope, resulting in a
change in species composition as well as plant cover
density. In the upper part of the colluvium, perennial
species are dominated by Mediterranean species,
whereas lower down Saharo-Arabian species with a
lower water demand dominate.
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Fig. 11.13 Results from the RETIC model showing that the ex-
istence of rilling tends to steepen-up both the rising and receding
limbs of the hydrograph

The distribution of species according to water
availability and erosion competition was modelled by
Thornes (1990) on the assumption of a wedgeshaped
colluvium of increasing thickness downslope. This
model yields an accumulation of water with increas-
ing distance downslope, common in more humid
Mediterranean environments, so that plants with a
lower water use efficiency are located at the base of
the slope (Fig. 11.14). Kirkby (1990), on the other
hand, modelled the actual runon and reinfiltration
conditions at Sede Boqer using a digital simulation
model. Here the microtopography is generated by an
exponential distribution, infiltration and evaporation
follow storage-controlled laws, and water is routed
kinematically. Some typical results are shown in
Fig. 11.15a, giving the simulated overland flow for
the bedrock surface and soil-covered sections and
illustrating the pronounced effects of reinfiltration in
the latter. The effects of redeposition are also felt so
that the peak of erosion is in mid-slope, the net effect
being to sweep the sediment in a downslope direction
through time, leading to a redistribution of the whole
complex of evaporation, recharge, and plant growth in
that direction, which is offset only by the deposition
of loess on the slope. The effects of the progressive
movement of the system downslope are illustrated by
the changes in the estimated relative plant densities
through time shown in Fig. 11.15b. After 100 years
the peak densities are predicted at about 28 m and
by 500 years at about 42 m. At a given time the rise
in plant cover continues downslope to a peak until
no more water is available for evapotranspiration,
after which it falls again dramatically in a downslope
direction (Fig. 11.15b). The effect of this sweeping of
sediment is to concentrate the vegetation in a narrow
band in the zone of maximum infiltration losses. This
peak vegetation cover actually moves slightly upslope
through time. This complex interaction between vege-
tation, infiltration, and erosion at the hillslope scale is
thought to replicate the actual conditions described for
Sede Boqer quite well.

Much of the observation and modelling of dryland
processes has been at the point, plot, or hillslope scale,
and the problem of scaling up these observations and
models to a regional scale has hardly been mentioned.
An exception to this is the work of Pickup (1988) in
Australia. Although this work is essentially directed
at the problem of grazing-induced erosion, through
the idea of scour–transportfill (STF) sequences, the
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approach is essentially hydrological in character.
The spatial organization of runoff controls was also
examined in a semi-arid mountain catchment by
Faulkner (1987). This work also serves to remind us
of the importance of snowmelt in semi-arid mountains
as well as cold deserts. The hypothetical model of
domains is shown in Fig. 11.16a, where the relative
dominance of different processes is dependent on

aspect and vegetation response. Faulkner proceeded
to simulate the runoff production from the different
surfaces in terms of snowmelt and rainfall runoff
generation using established techniques. Figure 11.16b
shows not only the importance of snowmelt on
the hydrograph but also the different spatial im-
pact its contribution has on the pattern of channel
runoff.
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ter Kirkby 1990)
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Fig. 11.16 (a) Hypothetical process domains in a mountain semi-arid snowmelt-dominated mountain catchment. (b) Simulated
downstream changes in mean daily discharges in the pre-melt and melt seasons in Alkali Creek, Colorado (after Faulkner 1987)

At the regional scale the measured runoff redistribu-
tion of rainfall represents a complex range of factors.
The various sources of losses to the surface affect
the nature and timing of runoff in semi-arid environ-
ments on the hillslopes as well as in the channels. Pil-
grim et al. (1979) estimated for the Fowler’s Gap Arid
Zone Research Station site in New South Wales ini-
tial losses prior to runoff of 5.35 mm with a continu-
ing loss of typically 2 mm h−1. However, as Wheater
and Bell (1983) point out, catchment losses vary ac-
cording to the scale of the runoff processes. In this
regard, Shanen and Schick (1980) showed that in the
Middle East initial loss estimates are 2.5 mm for small
plots, 5.5 mm for 1–7 ha catchments, and 7–8 mm for a

3.45 km2 catchment. This is a reflection of the general
law that percentage runoff decreases with size of catch-
ment, but in dry lands the losses are generally more
acute. There is a mixture here too of direct losses from
the catchment surface and channel transmission losses.
The latter become particularly important with the de-
velopment of an infiltrating channel fill (see below).

In recent years it has become generally more recog-
nised following the work of Le Bissonais on runoff in
relation to erosion in N.W. France that the surface char-
acteristics of soils notably infiltration and crusting are
not only important in runoff at several different scales
but that they can be characterised and mapped using
remotely sensed imagery. Coupled with GIS this is an



322 J.B. Thornes

important innovation in hillslope hydrology for large
catchments. A simple example was Bull’s (1991) dis-
tinction between loose sediment and rocky slopes or
plateaux. In a direct application to arid zone hydrol-
ogy on a very large scale Lange (1999) used six terrain
types to represent hydrologically relevant surface char-
acteristics in modelling runoff for the 1400 km2 Nahel
(Wadi) Zin in southern Israel. Each terrain type was
studied in the field by obtaining infiltration parameters
on small plots (Yair 1990) and detailed analyses of nat-
ural rainstorms on instrumented slopes. For the remain-
ing terrain types, infiltration parameters were assessed
by investigations of the stability of top-soil crusts and
stony pavements (Yair 1992).

It was recognised long-ago (Thornes and Gilman
1983) that different Tertiary lithologies played a key
role in runoff generation in Bronze-Age times in
South-East Spain. It is the formal coupling of G.I. S.
field studies and remote sensing in desert catchments
that underlies the importance of recent work, espe-
cially recognising the intrinsic difficulties of working
in and obtaining parameters for large desert areas.
I raises the issues of what parameters are relevant
and at what scales for defining hydrological similar
surfaces.

Dalen et al. (2005) addressed precisely this question
in their study of simulated and actual runoff in a dry-
land catchment in S.E. Spain. This proceeded through
the development of a new runoff model base on the
Green-Ampt algorithm coupled to the SCS Curve
Number approach. This was used with a simulation
model to examine the effects of rainfall intensity and
geomorphological catchment characteristics on runoff
at different scales, ranging from hill-slopes to moder-
ate size catchments (up to 100 km2). Vegetation was
not taken into account. Nor was the aerial distribution
of infiltration or crusting, but it is recognised as ‘of
great importance’.

It was found that spatial variations in rainfall inten-
sity during the storm were most important in control-
ling run-off because of re-infiltration of run-off on long
slopes. The ‘effective intensity’ decreases as (slope
length)−0.5 for major storms.

The second most important effect is produced by
catchment geomorphic characteristics. Shape effects
the distribution of travel times and channel cut-and-fill
sequences affect transmission losses (Thornes 1977).
Fresh incisions, such as badlands quickly convey water
to the outlet.

Although crusting and infiltration properties were
not specifically modelled, evidence from nearby areas
demonstrate unequivocally that they are key controls
on runoff (Li et al. 2005).

The HYSS approach seems destined to revolu-
tionise hill-slope hydrology and thereby attempts to
estimate runoff for large desert catchments.

Overall Water Balance

Accepting that these complexities arise in runoff
regimes and that they have strong distributed patterns
at the local scale, there is nevertheless an important
role for a general model of the overall water balance,
especially in the light of attempts to connect general
circulation models to models of surface change. One
of the most significant developments in this respect
has been Eagleson’s (1979) attempt to provide a
hydrological model for the principal hydrological
balance components in the overall annual hydrological
cycle. This complex model rests on a statistical dy-
namic formulation of the vertical (point) water budget
through equations expressing the infiltration, exfiltra-
tion, transpiration, percolation, and capillary rise from
the water table both during and between storms. By
asserting that the vegetation growth is in equilibrium
and never in a stressed condition, Eagleson derives the
expectation of the annual evapotranspiration and the
optimal vegetation cover density for any location for
which the required parameters are available. Typically
the overall partition of the water budget and its
division into climatic regimes are shown in Fig. 11.17a
as a function of rainfall mPA. The E outside the
brackets indicates that the values are the statistically
expected values. The solid lines indicate the major
controls. Actual evapotranspiration E∗

TA
increases

with rainfall to a maximum when it equals potential
evapotranspiration E∗

PA
. Infiltration IA increases with

rainfall until it is limited by saturated percolation to
groundwater, which is a function of the mean duration
of the rainy season mτ and the saturated hydraulic
conductivity K(1). The uppermost, straight, solid line
is the line through which mean annual rainfall m PA

is equal to mean annual potential evapotranspiration
E∗

PA
, so to the right of this line there is always excess

water.
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Fig. 11.17 (a) The hydrological components and classification of hydrological regimes according to Eagleson’s model. (b) The
relationship between plant cover density, soil type, and soil moisture in the same model

The vertical dashed lines associated with numbers
just above the horizontal axis define climatic zones.
The lower bound of the semi-arid zone (1) occurs when
the mean annual rainfall is greater than the mean actual
annual evapotranspiration, recalling that the latter in-
cludes the effects of seasonality, vegetation cover, soil
type, and so on. The upper bound of this zone (2) sep-
arates the semi-arid from the subhumid regimes. In the
former, infiltration and evapotranspiration are profile-
(soil-) controlled, whereas in the latter evapotranspira-
tion is climate-controlled. Above this (above rainfall at
3) infiltration is greater than actual evapotranspiration
and the soil will be fully humid. Figure 11.17(b) shows
the response of vegetation cover to soil moisture for
different soil types (silt-loam, sandy loam, clay-loam,
and clay). The point marked Mo is the optimum veg-
etation cover for the prevailing soil characteristics and
soil moisture in an unstressed condition in Santa Paula,
California (Eagleson 1979).

Groundwater

Although deep percolation from rainfalls is gener-
ally small and, therefore, groundwater is generally
relatively unimportant from a geomorphic point of
view, this is not true of suballuvial aquifers. Here
the aquifer is recharged from transmission losses

from channel flow and, therefore, it has important
implications for runoff and transporting capacity.
Moreover, the suballuvial rockhead configuration
may lead to groundwater resurgence and availability
of water to phreatophytes. Figure 11.18a shows the
configuration of the alluvial fill of the Mojave River,
California. It can be seen from this diagram that the
suballuvial aquifer thins and shallows in the vicinity of
Victorville, to the south of Bell Mountain, and again
near Barstow. These subsurface ‘narrows’ force the
water near to the surface, causing a significant growth
of phreatophytes, which have a significant effect on
channel behaviour and morphology. Figure 11.18b
shows the pattern of precipitation at Lake Arrowhead
and the resulting flow at Victorville and Barstow
for the spring of 1969. By the time the flow had
reached Barstow, the transmission losses to the bed
had eliminated the lower flows. Finally, Fig. 11.18c
shows the evolution of ground water in the suballuvial
aquifer. This graph indicates the remarkable recovery
of levels by recharge in the 1969 and 1978 floods.
Buono and Lang (1980) reported that by the time the
flow had reached Victorville 43% of it had been lost,
and that 50% had been lost by the time it reached
Barstow.

In another study of a much smaller channel system,
Butcher and Thornes (1978) attempted to model the
impact of transmission losses on channel flow and the
survival of flow to the main channel. They showed that
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coupled with the transmission losses, the propensity for
flows to survive in smaller channels and reach the main
channel flow system also depended on the contribu-
tions of yet smaller channels to the system in question.
The pattern of contributions of smaller subcatchments,
called the area increment function, determined the
likelihood that a flow would survive as far as the
next tributary input. Butcher and Thornes modelled
flows using a kinematic cascade routing model (KIN-
GEN) developed by Woolhiser (1976) coupled with
a transmission loss model for reaches between major
tributaries based on a simple Kostiakov-type equation
and the opportunity time for flow permitted by the
passage of the flood wave. Smaller infiltration rates
were found to produce disproportionately greater
survival lengths. This application to a specific channel
was generalized by Thornes (1977), who combined
three principles – a differential equation for channel
losses developed from Burkham’s (1970) model, the
hydraulic geometry of ephemeral channels (Leopold
and Miller, 1956), and an area increment function
based on Shreve (1974) – to solve the equations for
the probability of survival downstream given various
parameters derived from field studies. The general
spatial scheme is shown in Fig. 11.19, together with
typical theoretically derived survival curves. The
implications of this model for geomorphic phenom-
ena are illustrated in the next chapter. An excellent
summary of the modelling of transmission losses was
given by Lane (1980), and Lane (1982) developed a
semi-empirical approach to transmission losses in the
context of distributed modelling for small semi-arid
watersheds.

Channel Flow

McMahon (1979) summarized the characteristics of
runoff in desert environments on the basis of an exam-
ination of 70 annual flow records and peak discharge
series from six desert zones. He found that runoff
in desert channels was more varied than in humid
channels, a fact confirmed by McMahon et al. (1987).
Examining global runoff variations, these authors
found that as runoff decreases, variability (defined as
the standard deviation/mean annual runoff) increases.
Consequently, extrapolation from humid zones is

not acceptable. In testing the carryover effect, it was
found that in desert channels the first-order serial
correlation between annual flows (for 50 records)
is 0.01. McMahon summarized the situation as
follows:

(a) flood events are irregular and of short duration;
(b) data from gauging records are extremely poor;
(c) high stream velocities (4 m s−1) are common;
(d) high debris loads occur during the passage of flood

waves;
(e) gauging station controls are sandy and unstable;
(f) drainage boundaries are indefinite;
(g) overbank flows occur frequently;
(h) underflow is often a large part of flood events.

These conclusions are borne out by a few exam-
ples. Costa (1987) itemized the 12 largest floods ever
measured in the United States. All occurred in semi-
arid to arid areas, with mean annual rainfalls ranging
from 114 to 676 mm; 10 had mean annual rainfalls less
than 400 mm. This finding conflicts with the results of
Wolman and Gerson (1978) who concluded that differ-
ences in maximum possible runoff from a single severe
storm in different physiographic regions and climatic
regimes appear to be insignificant. However, the United
States experience does not suggest that these floods
were due simply to high rainfall intensity. Rather it in-
dicates that for a given intensity, rains in semi-arid and
arid environments produce more runoff per unit area
than they do in temperate environments. This finding
reflects the whole panoply of surface infiltration and
runoff controls dealt with earlier in the chapter. Mean
velocity in these floods ranged from 3.47 to 9.97 m s−1,
and shear stresses and unit stream powers were several
hundred times greater than those produced in larger
rivers.

The analysis of more individual extreme events is
even more perplexing. Wheater and Bell (1983) found
that problems with data are severe and that flood hy-
drology in arid zones was (and still is) largely unquan-
tified. They exemplify the difficulties involved with ref-
erence to Wadi Adai in Oman where their reconstruc-
tion of a specific major flood depended heavily on a
mixture of modelling and parameter estimation from
sparse data. The wadi has a catchment area of 370 km2,
channel slopes of 0.13–0.50, and a channel width of
50–150 m. On the basis of intermittent flood records
stretching back to 1873, the flood of 3 May 1981 had
a recurrence interval of 100–300 years. The main flood
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peak arrived at 0300 h, the recession started at 0530 h,
and there was hardly any flow by 1700 h. Flow veloci-
ties were estimated to be 3.6–4.5 m s−1.

Descriptions abound of the characteristic features
of flow in ephemeral channels, though the number of
well-documented sites at which they have been prop-
erly investigated is still quite small. Among these the
best are the Walnut Gulch Experimental Watershed,
Arizona (Renard 1970) and the Nahal Yael Watershed,
Israel (Schick 1986). The events in ephemeral chan-
nels, separated by zero flows, are often asynchronous
across the channel network and are sometimes accom-
panied by well-developed bores and periodic surges in
flow. Moreover, the recession limbs are usually very
steep. All these features have been modelled, some-
times in combination, and Lane (1982) has considered
their application to Walnut Gulch. We now consider the
modelling of some of the components. The geomorphic
impact of these phenomena is considered in the follow-
ing chapter.

The development of a steep bore at the front of
ephemeral channel flow is caused by a combination
of intense storms, rapid translation of the water under
conditions of high drainage density, and the interaction
of wave movement and transmission losses. The sec-
ond of these is addressed in Chapter 12. The develop-
ment of a bore is analogous to the release of water in
an irrigation ditch or in a dam burst. At the front edge
of the wave the water is initially shallow and the bed
friction high. This is compounded by the exhaust of
air from the bed as infiltration forces it out, sometimes
trapping it between the advancing subsurface wetting
front and the groundwater.

Smith (1972) modelled these effects using the kine-
matic wave approach, which assumes that considera-
tion of the momentum of the flow can be neglected. He
predicted the advance rate, surface profiles, and mod-
ifications with time to kinematic wave flow over an
initially dry infiltrating plane. Although the kinematic
wave approach has been the subject of much recent
criticism, it appears to be appropriate for small catch-
ments, where it is possible to resolve the physical de-
tail without compromising the deterministic nature of
the model (Ponce 1991). Smith’s approach was to set
up the continuity equation to take account of the trans-
mission losses – that is

dh/dt + d(uh)/dx = q(x, t) (11.5)

where h is flow depth, u the local velocity, x the
distance along the channel, t is time, and q(x, t) the
local inflow (e.g. from tributaries or valley-side walls)
or outflow (i.e. transmission losses). Figure 11.20a
shows the basic setup of his model. A sharp fronted
flood wave is advancing from left to right across an
inclined channel bed. Beneath the bed the graphs show
that infiltration rate is greatest near the front of the
advancing wave and that the cumulative infiltration
increases away from the advancing front. Labora-
tory experiments in a glass-sided flume by the author
(Thornes 1979) clearly reveal a sharp wetting front that
is quite even in sand-sized sediments, but has a fractal
appearance in more variable sediments. The kinematic
approximation is given by the stage-discharge equation

Q = α · hm+1 (11.6)

in which α and m are constants. The wave front itself is
assumed to move as a kinematic shock. For infiltration,
Smith set

−q(x) = K (T )−a + f0 (11.7)

in which q(x) is the infiltration rate at x, T is the time
since surface ponding, K and a are coefficients related
to the characteristics of the channel bed materials, and
f0 is the long-term transmission loss rate. This is es-
sentially the Kostiakov equation. Typical advance rates
of the front are shown for the model (which replicated
field data of Criddle (1956) very well) in Figure 11.20b.
The curve suggests that the velocity of the wave front
(the gradient of the line) increases with time, the aver-
age rate over this period being about 1 m min−1 in this
particular case. Typical figures in semi-arid channels
seem to be of the order of 1–3 km h−1 (as illustrated for
Walnut Gulch in Fig. 11.20c), and the model replicates
well the steepening of the wave front downstream. Be-
hind the peak flow of the hydrograph, which comes al-
most immediately after the wave front, the deeper wa-
ter provides a relatively lower roughness and a higher
velocity, and so the wave front grows.

Infiltration also takes its toll on the recession limbs
of ephemeral channel flood waves, which are also usu-
ally steeper than in temperate channels. The reces-
sion limb can be imagined as a wedge-shaped reservoir
moving down channel, with the tail of the flow catch-
ing up with the front as transmission losses draw in
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the shallower water of the recession limb, as has been
modelled by Peebles (1975).

Not all rising limbs are associated with a single
wave of water, and Foley (1978) described the onset of
flow to be a series of translatory waves of small ampli-
tude building up to flood depth. Periodic surges are also
a characteristic of steady ephemeral channel flow, es-
pecially in larger channels. These appear as sudden in-
creases in stage and may move as waves faster than the
actual flow of the water itself, usually, but not always
in a downstream direction. They can be responsible for
extensive damage and also for some special sediment
transport and depositional effects exclusive to this kind
of flow. Leopold and Miller (1956) provided an excel-
lent description of such a flow in which they observed a
series of bores each 0.15–0.30 m high and between 0.5
and 1 min apart. One possible explanation is that the
waves represent asynchronous contributions from dif-
ferent parts of the channel network. However, Leopold
and Miller (1956) ascribed them to a type of momen-
tum wave associated with the hydraulics of the channel
itself. Such surges have also been simulated in the labo-
ratory by Brock (1969), and R.J. Heggen (unpublished
data 1986) described changes in width and velocity as
well as height in these phenomena. Generally, under
Green’s Law, the elevation of a sinusoidal wave de-
creases as channel width increases, so the surges tend
generally to attenuate downstream.

Conclusion

From this chapter it is evident that while the essential
controls of arid and semi-arid hydrology are much
the same as those of temperate environments, it is the
time–space intensity of the hydrological processes
which leads to significant differences in the corre-
sponding geomorphic processes. Above all it is the
time and space distribution of precipitation which
leads to a much less ordered patterning of processes
and the resulting forms. Even in arid environments,
and certainly in semi-arid environments, the spatio-
temporal diversity of rainfall leads to a distinctive
pattern of plant water use, plant growth, and the
resulting biological activity, both on hillslopes and,
to a lesser extent, in channels. These two interrelated
elements, water and biological growth, are the key to
understanding past, present, and future deserts.
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