
241

7 The Biogeochemistry of Iron
RALF R. HAESE

7.1 Introduction

For our understanding of interactions between
living organisms and the solid earth it is fascina-
ting to investigate the reactivity of iron at the
interface of the bio- and geosphere. Similar to
manganese (chapter 11) iron occurs in two valence
states as oxidized ferric iron, Fe(III), and reduced
ferrous iron, Fe(II). Two principal biological pro-
cesses are of importance: Microorganisms such as
magnetotactic bacteria and phytoplankton (see
chapter 2 and section 7.3) depend on the uptake
of iron as a prerequisite for their cell growth (assi-
milation). Others conserve energy from the reduc-
tion of Fe(III) to maintain their metabolic activity
(dissimilation). In this case ferric iron serves as an
electron acceptor which is also termed oxidant.
Apart from biotic reactions manifold abiotic reac-
tions occur depending on thermodynamic and ki-
netic conditions. Due to redox-reactions dissolu-
tion and precipitation of iron-bearing minerals may
result which has great influence on the sorption/
desorption and co-precipitation/release behavior
of various components such as phosphate and
trace metals. From a geologic point of view it is
striking to find discrete iron enriched layers such
as black shales or strata of the banded iron forma-
tion, which challenge geochemists to reconstruct
the environmental conditions of their formation.

7.2 Pathways of Iron Input
to Marine Sediments

Within the continental crust iron is the fourth
most abundant element with a concentration of
4.32 wt% (Wedepohl 1995). It is transported to
marine sediments by four major regimes: fluvial,
aeolian, submarine hydrothermal, and glacial

input. For the investigation of iron reactivity it is
important to differentiate regions of predominant
input regimes since characteristic reactions occur
at the interface of the transport regime and the
marine environment. For the chemistry of hydro-
thermal fluids and reactions during mixing with
seawater refer to chapter 13.

7.2.1 Fluvial Input

In Figure 7.1 averaged concentrations of dissol-
ved and particulate iron, major fluxes and the
respective predominant reactions are shown.
Dissolved iron concentrations in averaged river
and marine water clearly show less solubility in
marine relative to river water. In contrast, the
concentration of particulate iron does not change
significantly and is similar to the average conti-
nental crust concentration. This is also reflected
in the conservative behavior of iron under chemi-
cal weathering conditions. Along with Al, Ti and
Mn, Fe belongs to the refractive elements
(Canfield 1997). Note that in Fig. 7.1 the given
value for particulate iron concentration in marine
sediments is derived from pelagic clay sediments.
Biogenic constituents such as carbonate and opal
may significantly dilute the terrigineous fraction
(chapter 1) and thus decrease the iron concen-
tration.

The decrease of dissolved iron concentrations
can be traced within estuarine mixing zones. With-
in river water, dissolved iron is mainly present as
Fe(III)oxyhydroxide, which is stabilized in collo-
idal dispersion by high-molecular-weight humic
acids (Hunter 1983). Due to increasing salinity and
thus increasing ionic strength the colloidal disper-
sion becomes electrostatically and chemically
destabilized which results in the coagulation of
the fluvial colloids. This process is reflected in
Fig. 7.2 showing dissolved iron along a transect
off the mouth of the Congo (formerly: Zaire) river
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towards the open ocean. With increasing salinity
the concentration of dissolved iron decreases
exponentially. These results also point out the
operatively defined differentiation of dissolved
and particulate phase. The concentration of dis-
solved iron depends on the pore size of the used
filters. Commonly, particles smaller than 0.4 µm are
considered to be ‘dissolved’.

Fig. 7.2 Dissolved iron concentrations of surface water
from a transect off the Congo River towards the open
ocean. Pore sizes of 1.2, 0.45, 0.22, 0.05 and 0.025 µm
(according to graphs from above downward) were used to
separate particulate from dissolved phase (adopted from
Figuères et al. 1978).

Fig. 7.1 Global fluxes of dissolved (Fediss), highly reactive iron (FeHR) and total iron (FeT) from riverine, glacial,
atmospheric and hydrothermal sources. The estuarine mixing zone serves as a major sink for dissolved and highly
reactive (dithionite-soluble) iron. Fluxes and concentrations are given according to Poulton and Raiswell (2002). The
atmospheric dissolved iron flux was taken from Duce et al. (1991).
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Apart from being a zone of coagulation the
estuarine and coastal zone represents the most
important sink for dissolved and particulate iron
of fluvial origin. A recent study by Poulton and
Raiswell (2002) provides quantitative evidence for
the important role of estuaries for iron trans-
formations at the Earth’s surface (Fig. 7.1): The
high degree of chemical weathering in the
catchments of rivers discharging into the global
ocean leads to a high proportion of highly reac-
tive iron (FeHR,dithionite soluble) relative to total iron
(FeT), with FeHR/FeT = 0.43. In contrast, glaciers
discharge sediments which were formed pre-
dominantly under physical weathering conditions
and reveal a mean FeHR/FeT of 0.11. Approximately
40 % of the riverine highly reactive iron fraction is
retained in the estuarine and near-coastal zone,
which, together with the low FeHR proportion in
glacial sediments leads to a FeHR/FeT of 0.26 in
marine sediments. The iron inputs from atmo-
spheric and hydrothermal sources are relatively
small, i.e. less than 10 % of FeHR and FeT as
compared to the riverine input (Fig. 7.1).

7.2.2 Aeolian Input

In contrast to the fluvial transport regime the
aeolian transport is highly efficient for the depo-
sition of terrigenous matter in the deep sea.
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Donaghay et al. (1991) published a global map of
atmospheric iron flux to the ocean (Fig. 7.3).
Among others the North African desert and Asia
can be identified as major dust sources. Asian
loess is transported across the northern Pacific
making up to 100 % of the terrigenous fraction of
pelagic sediments (Blank et al., 1985) and North
African dust is spread out over the north equa-
torial Atlantic eventually reaching the Caribbean
Sea (Carlson and Prospero 1972) and the northern
coast of Brazil (Prospero et al., 1981). Iron settles
out of wind-driven air layers by wet deposition
which can be traced in equatorial areas (Murray
and Leinen 1993) where a distinctively high
humidity occurs within the Inner Tropical Conver-
gence Zone (ITCZ). Therefore, a characteristic
high deposition of iron occurs at the equatorial
Atlantic (Fig. 7.3).

As iron is discussed as limiting nutrient for
phytoplankton productivity of distinct oceanic
regions (chapter 7.3) it is important to investigate
the flux, degree of solubility and the bioavai-
lability of the introduced iron into open ocean
surface water. It has long been known that sorp-
tion onto suspended particles is highly efficient in
the removal of trace metals from solution
(Krauskopf 1956) resulting in a decrease of dissol-

ved concentration relative to the thermodynamic
saturated concentration. Chester (1990) listed the
solubility of several trace metals in coastal and
open ocean surface water and specified the
solubility of aeolian transported iron with ≤ 7 %.
This is in agreement with a short review of
published results provided by Zhuang et al. (1990)
revealing a range of iron solubility between 1 and
10 %. By contrast, Zhuang et al. (1990) themselves
found a solubility of ~50 % of atmospheric iron
suggesting that all the dissolved iron in North
Pacific surface water is provided by atmospheric
input. Zhuang and Duce (1993) could show that
the concentration of suspended particles is the
prime variable controlling the adsorbed fraction,
yet, an increase in aeolian deposition would also
result in an increase of net dissolved iron.

The reason for the dissolution of solid phase
iron in the photic zone is the photochemical
reduction of Fe(III), with UVB (280 – 315 nm)
producing most of Fe(II), followed by UVA (315 –
400 nm) and visible light (400 – 700 nm) (Rijken-
berg et al. 2005). As a consequence, about 10 % of
atmospheric FeT reaches the ocean as dissolved
iron (Duce et al. 1991; Fig. 7.1). In surface waters
of the global ocean the produced Fe2+ is subse-
quently reoxidized, yet, the photoreduction

Fig. 7.3 Global map of atmospheric iron fluxes to the deep sea (adopted from Donaghay et al. 1991).
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causes a net increase of dissolved iron. Model
and experimental results by Johnson et al. (1994)
reflect the dependence of dissolved iron on irra-
diation (Fig. 7.4). During incubations diurnal
cycles and gradually decreasing dissolved iron
concentrations result from induced daily
irradiation and a gradual uptake by phyto-
plankton.

7.3 Iron as a Limiting Nutrient for
Primary Productivity

The growth of phytoplankton in the world ocean
is undoubtedly one of the driving influences for
the global carbon cycle and thus for the present
and past climate (Berger et al. 1989; de Baar and
Suess 1993). This primary productivity (PP) is
limited by the availability of nutrients. Apart from
the major nutrients nitrogen, phosphorous and
silica so called micronutrients  - especially iron -
have long been speculated to have a limiting
control on PP (Hart 1934). Yet, detailed
investigations concerning their importance for
the carbon cycle have only been possible for the
past ten years due to analytical reasons. Virtually
all microorganisms require iron for their
respiratory pigments, proteins and many
enzymes. Therefore, dissolved iron shows a
similar vertical profile in the water column as
nitrate being reduced to near zero within the

surface layer where PP takes place and being
increased within the oxygen minimum zone due to
the mineralization of iron bearing organic matter
(Fig. 7.5).

Three major oceanic regions (20 % of the
world’s open ocean) are characterized by high-
nitrate and low-chlorophyll (HNLC) concen-
trations. The PP of the Southern Ocean (Broecker
et al., 1982), the equatorial Pacific (Chavez and
Barber 1987) and the Gulf of Alaska (McAllister et
al. 1960) are obviously not limited by nitrate.
Alternatively, as atmospheric dust loads in the
Antarctic and equatorial Pacific are the lowest in
the world (Prospero 1981; Uematsu et al. 1983) the
importance of iron as limiting micronutrient for PP
became increasingly discussed.

The effect of added atmospheric dust to clean
sea water from HNLC-regions were studied in

Fig. 7.5 Vertical distribution of NO3
-, dissolved iron and

oxygen at a station of the Gulf of Alaska (adopted from
Martin et al. 1989).
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Fig. 7.4 Measured iron concentrations in incubations
(dots) and model (solid line) results of dissolved iron
within surface ocean water. The artificial light intensity
(dashed line) drives the photochemical reduction. The
gradual decrease of dissolved iron is caused by the uptake
by phytoplankton (adopted from Johnson et al. 1994).
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bottle experiments by Martin et al. (1991) demon-
strating increased PP by a factor of 2-4 (Fig. 7.6).
Since the role of large grazers living on phyto-
plankton was not considered by such experiments
doubts and open questions to use these labo-
ratory results for statements on large-scale envi-
ronmental processes remained. Therefore, Martin
and colleagues conducted a large-scale iron
enrichment experiment south of the Galapagos
Islands in the equatorial Pacific (Martin et al.
1994). A total volume of 15,600 l of iron solution
(450 Kg Fe) were distributed by ship over an area
of 64 km2  which increased the original dissolved
iron concentration of 0.06 nM to ~4 nM. Iron

concentrations, various parameters monitoring
primary productivity and an inert tracer were
continuously analyzed for 10 days. As a result
they did find an increase of PP by a factor of 2-4
within the iron fertilized open ocean patch
(Martin et al. 1994) which gave evidence for the
importance of iron as limiting micronutrient within
HNLC-areas.

Compelling evidence for the limitation of
phytoplankton productivity by the availability of
dissolved iron was also found in surface waters
of the Peru shelf by comparing the nutrient inven-
tories of the northern, chlorophyll-rich, ‘brown’
waters to the southern, chlorophyll-poor, ‘blue’
waters (Bruland et al. 2005). Surface waters of
both areas receive large fluxes of macronutrients
through upwelling, but only the bottom waters of
the northern area are suboxic and rich in
dissolved iron (> 50 nM). The constant
replenishment of dissolved iron from iron-rich
bottom waters leads to very high primary produc-
tivity in the northern Peru shelf region whereas
the southern region is characterized by high
(macro-) nutrient and low chlorophyll concen-
trations.

If iron is a limiting micronutrient for present-
day PP, it may be an important link to explain
glacial-interglacial climatic cycles of the past.
Martin (1990) postulated the ‘iron hypothesis’
which explains decreased atmospheric CO2
concentrations during glacial times with
increased iron deposition by aeolian input resul-
ting in increased PP and thus increased CO2-

Fig. 7.7 Fe and CO2 concentrations of the Antarctic
Vostok ice core for the past 160,000 years (adopted from
De Angelis et al. 1987). Measured Al concentrations were
converted to Fe concentrations according to the average
continental crust composition. The negative correlation of
CO2 and Fe supports the ‘iron hypothesis’ (see text).

Fig. 7.6 The effect of iron addition to surface water of
high-nutrient, low-chlorophyll (HNLC) regions. The
doubling rate, µ, is an expression for the increase of
primary productivity and maximum values, max.,
depend on light intensity and temperature. An increase
of primary productivity by a factor of 2-4 is resulting
due to the addition of atmospheric iron (adopted from
Martin et al. 1991).
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uptake by the oceans. A comparison of iron and
CO2 concentrations of the past 160,000 years
recorded within an Antarctic ice core revealed a
strikingly negative correlation (Fig. 7.7) which
supports the ‘iron hypothesis’.

So far, dissolved iron has been discussed with
respect to the assimilation by phytoplankton. The
chemical state of bioavailable dissolved species
is presently a matter of intensive studies and dis-
cussions. Due to thermodynamic reasons concen-
trations of free ions of dissolved iron are ex-
tremely low under oxic and pH-neutral conditions.
A discussion paper by Johnson et al. (1997)
reviews regional distributions and depth profiles
of dissolved iron and points out that at greater
depth the iron concentrations always remain
constant of ~ 0.6 nM. Other elements with such
short residence time (100 to 200 years) typically
continuously decrease with depth and age. This
suggests a substantial decrease in the iron re-
moval rate below this concentration. As organic
ligands with a binding capacity of 0.6 nM Fe have
been found (Rue and Bruland 1995; Wu and Luther
1995), iron-organic complexes are regarded to be of
great importance for the distribution of dissolved
iron. Additional evidence for the interaction with
dissolved organic molecules comes from the study
of iron uptake mechanisms by organisms. To make
dissolved iron more accessible, microorganisms
have acquired the ability to synthesize chelators
which complex ferric iron of solid phase. These
chelators are commonly called siderophores and
consist of a low-molecular-mass compound with a
high affinity for ferric iron. Siderophores are
secreted out of the microorganism where they form
a complex with ferric iron. After transport into the
cell, the chelated ferric iron is enzymatically
reduced and released from the siderophore, which
is secreted again for further complexation. For the
open ocean environment ferric iron availability by
the secretion of siderophores was shown for
phytoplankton (Trick et al. 1983), as well as for
bacteria (Trick 1989). Kuma et al. (1994) showed
that total natural organic Fe3+-chelators are
abundant in open ocean regions of the eastern
Indian Ocean and the western North Pacific Ocean
where they control the dissolved iron concen-
tration. Recent experiments have explored the
mechanisms of the dissolution of iron oxyhy-
droxides under variable light and chelator condi-
tions and it was concluded that the interplay of
siderophores and light controls the overall process
(Borer et al. 2005).

7.4 The Early Diagenesis of Iron
in Sediments

The fundamental work by Froelich et al. (1979)
established a conceptual model for the organic
matter respiration in marine sediments which has
been modified, verified and extended in numerous
aspects since then. Froelich and colleagues found
a succession of electron acceptors used by
dissimilatory bacteria according to their energy
gain. Consequently, a biogeochemical zonation of
the sediment results where O2, NO3

-, bioavailable
Mn(IV) and Fe(III) and SO4

2- diminish succes-
sively with depth. Apart from the consumption of
electron acceptors the production of reduced
species such as NH4

+, Mn2+, Fe2+, HS- and CH4
occurs. These components may be reoxidized
abiotically under given thermodynamic condi-
tions. As will be shown, these reoxidation reac-
tions can also be microbiologically catalyzed. It is
important to note that for the investigation of iron
reactivity a differentiation of biotic and abiotic
reactions is inherently important but often very
difficult to achieve. Another considerable
question with respect to the iron reactivity in
sediments concerns the bioavailable fraction of
iron bearing minerals. So far, it could be shown
that ferric iron of iron oxides as well as certain
sheet silicates can be used by dissimilatory iron
reducing bacteria but their quantities and rates of
reduction vary significantly. A final discussion of
this section will compare different depositional
environments with respect to the importance of
dissimilatory iron reduction, chemical reduction
and the availability of ferric iron.

Fig. 7.8 Iron reduction by GS-15 with acetate as electron
donor (adopted from Lovley and Philips 1988).

Acetate

Fe3+

Cell
numbers

Fe2+

70

60

50

40

30

20

10

210

180

150

120

90

60

30

0 0
2 4 6

8

14

160

2

4

6

8

10

14

12

35

30

25

20

15

10

5

0

A
ce

ta
te

 (m
M

)

Days

10
7  c

el
ls

 p
er

 m
ill

ili
te

r

Fe
2+

 (m
ill

im
ol

es
 p

er
 li

te
r)

Fe
3+

 (m
ill

im
ol

es
 p

er
 li

te
r)



247

7.4.1 Dissimilatory Iron Reduction

Iron (and manganese) can be reduced enzyma-
tically by various pathways, which are summa-
rized in great detail by Lovley (1991). One of the
prerequisites is the direct contact between the
bacteria and solid phase ferric iron (Munch and
Ottow 1982). The following given equations shall
be considered as representative for a series of
reactions within each group.

1. Fermentative Fe3+-reduction:

C6H12O6 + 24Fe3+ + 12H2O
⇒ 6HCO3

- + 24Fe2+ + 30H+ (7.1)

2. Sulfur-oxidizing Fe3+-reduction:

S0 + 6Fe3+ + 4H2O
⇒ HSO4

- + 6Fe2+ + 7H+ (7.2)

3. Hydrogen-oxidizing Fe3+-reduction:

H2 + 2Fe3+ ⇒ 2H+ + 2Fe2+ (7.3)
4. Organic-acid-oxidizing Fe3+-reduction:

acetate- + 8Fe3+ + 4H2O
⇒ 2HCO3

- + 8Fe2+ + 9H+ (7.4)

5. Aromatic-compound-oxidizing Fe3+-reduction:

phenol + 28Fe3+ + 17H2O
⇒ 6HCO3

- + 28Fe2+ + 34H+ (7.5)

For the case of fermentative Fe(III)-reduction it is
important to note that during fermentation Fe(III)
only serves as a minor sink for electrons and that
organic substrates are primarily transformed to
organic acids or alcohols.

A review of organisms reducing Fe(III), the
respective electron donors and the applied forms
of Fe(III) is given by Lovley (1987) and Lovley et
al. (1997). In Figure 7.8 a typical result of ferric
iron reduction mediated by a distinct ferric iron
reducing bacteria (i.e. Geobacter metallireducens)
and an appropriate electron donor (i.e. acetate) is
shown. Note that the reproduction (cell numbers)
ceases although acetate and ferric iron are still
present. This is a general observation, which is
explained by the limited bioavailability of the ferric
iron fraction (section 7.4.2.2). Figure 7.9
represents a model for the degradation of natural
organic matter with ferric iron as sole electron
acceptor (Lovley 1991). The primary organic
matter is hydrolyzed to smaller compounds such
as sugars, amino and fatty acids, and aromatic

7.4 The Early Diagenesis of Iron in Sediments
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compounds through the activity of hydrolytic
enzymes which are produced by a variety of
microorganisms. Subsequently, these intermediate
products can be used for the dissimilatory ferric
iron reduction.

7.4.2 Solid Phase Ferric Iron and its
Bioavailability

Solid phase ferric iron is present in various iron
bearing minerals and amorphous phases of marine
sediments. Two major groups can be distin-
guished: Iron oxyhydroxides (including iron
oxides) and (sheet) silicates. As the iron bearing
mineral assemblage varies considerably among
different depositional environments the micro-
biological availability of specific Fe(III)-bearing
compounds can be highly variable.

7.4.2.1 Properties of Iron Oxides

During terrestrial weathering a minor amount of
the released iron from silicates (biotite, pyroxene,
amphibole, olivine) is incorporated into clay
minerals and a major fraction serves for the
formation of iron oxides. Among iron oxides
goethite (α-FeOOH) and hematite (α-Fe2O3) are
the most abundant and are mostly associated
with each other. Lepidocrocite (γ-FeOOH), mag-
hemite (γ-Fe2O3) and magnetite (Fe2+Fe2

3+O4) are
generally quantitatively less abundant. Yet, with
respect to the magnetization of the sediment
magnetite and maghemite are of great importance

due to their ferrimagnetic character (chapter 2).
Iron phases precipitating from solution are
collectively called iron oxyhydroxide. By means
of mineralogical identification methods (X-ray
diffraction, infrared and Mössbauer spectros-
copy) the precipitate may be completely amor-
phous representing a ferric gel or it may be a
poorly crystallized, water containing phase such
as ferrihydrite (5Fe2O3·9H2O). Formerly this
fraction was called ‘amorphous Fe(III)hydroxide’
(Böhm 1925). Aging causes these earliest pre-
cipitates to increase their crystallinity, which
means an increase in the ordering of the crystal
lattice. Depending on the pH-value of ambient
water the resulting proportion of goethite versus
hematite varies. Hematite is favored under
seawater conditions (Schwertmann and Murad
1983; Fig. 7.10). The effect of aging also explains
the observation of a decrease in the highly
reactive Fe-oxide fraction with water depth and
distance to the coast although the total fraction
of Fe-oxides and total iron concentration
increases (Haese et al. 2000). With respect to the
adsorption of anions and cations as well as to
organic ligand formation (see below) it is
important to know an approximate dimension of
the specific surface area of iron oxides /
oxyhydroxide. Crosby et al. (1983) determined
specific surface areas for iron oxyhydroxide
synthesized under natural conditions revealing
159-234 m2g-1 for precipitates from Fe3+ solutions
and 97-120 m2g-1 for precipitates from Fe2+

solutions. Natural samples showed a range from
6.4-164 m2g-1.

Physical, chemical and mineralogical proper-
ties of the iron oxides can be variable. Aluminium
(Al(III)) may substitute isomorphically for Fe(III)
due to very similar ionic radii (Fe(III): 0.73 Å;
Al(III): 0.61 Å) and the same valence. Norrish and

Fig. 7.10 Recrystallization products of a ferrihydrite sus-
pension after 441 days. Aging causes a formation of hema-
tite (Ht) and goethite (Gt) depending on the pH of ambi-
ent water (adopted from Schwertmann and Murad 1983).

Fig. 7.11 In the presence of water the iron oxide
surface is hydroxylated (step 1) and subsequently H2O is
adsorbed (step 2) (redrawn from Schwertmann and
Taylor 1989).
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Taylor (1961) found a maximum of one-third mole
percent Al substitution for Fe within goethite
and a maximum of one-sixth substitution was
determined for hematite in soils (Schwertmann et
al. 1979). As a product of terrestrial weathering
magnetites usually contain minor amounts of
Ti(IV) (ionic radius: 0.69 Å) as a substitution for
Fe which is then called titano-magnetite. In
contrast, bio-mineralized magnetite is a pure iron
oxide. Different colors of iron oxides / oxyhy-
droxide are immediately apparent in nature. This
holds true for different pure iron oxides, for diffe-
rent grain sizes of one oxide (e.g. goethite) as
well as for distinct substitutions for Fe, e.g. by
Mn or Cr (Schwertmann and Cornell 1991). The
color of synthetic minerals and natural sediment
can be quantitatively determined by reflectance
spectroscopy (e.g. Morris et al. 1985).

In the presence of water the surface of an iron
oxide is completely hydroxylated which can be
understood as a two-step reaction which is
shown schematically in Fig. 7.11.

As iron oxides / oxyhydroxide have a very
high affinity for the adsorption of anions as well
as cations under natural conditions the early
diagenetic reactivity of iron is often of great
significance for the behavior of compounds such
as trace metals, phosphate and organic acids.
The adsorption on iron oxides is caused by the

hydroxylation of the mineral surface (S-OH).
Depending on the pH of ambient water protonation
or deprotonation occurs according to

S-OH + H+ ⇔ S-OH2
+ (7.6)

S-OH + OH- ⇔ S-O- + H2O (7.7)

As a result, the surface charge and the
surface potential vary depending on the concen-
tration of H+ ions in solution. Apart from the pH
the surface charge is influenced by the concen-
tration of the electrolyte and the valence of ions
in solution. pH-values where the net surface
charge is zero are called points of zero charge
(pzc). For pure synthetic iron oxides these vary
between a pH of 7 and 9. An excess of positive or
negative charge is balanced by the equivalent
amount of anions or cations. As representative
for the adsorption of cations (Cu2+), anions
(H2PO4

-) and organic compounds (oxalate) the
following reactions are given:

(7.8)

(7.9)

(7.10)

As the complexation of cations causes a
release of H+ and anions compete with surface
bound hydroxyl groups (‘ligand exchange’) the
adsorption is strongly pH-dependant (see above).
As a result, anions are preferably adsorbed at
lower pH-values whereas cations are primarily
adsorbed at higher pH values (Fig. 7.12).

7.4.2.2 Bioavailability of Iron Oxides

As dissimilation is a biological process used to
gain electrons for cell energetic functions, the
energy gain from the induced reactions is notewor-
thy. The following reactions and their respective
standard free energy, ∆Go, values are given to
provide an overview of the energy gain due to the
reaction with various iron oxyhydroxide / oxides.

4Fe(OH)3 + CH2O + 7H+

⇒ 4Fe2+ + HCO3
- + 10H2O    (7.11)

7.4 The Early Diagenesis of Iron in Sediments

Fig. 7.12 The pH dependence of anion (a) and cation (b)
sorption on hydrous ferric oxide (adopted from Stumm
and Morgan 1996).
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∆G0: (-376) - (-228) kJ mol-1

4FeOOH + CH2O +7H+

⇒ 4Fe2+ + HCO3
- + 6H2O    (7.12)

∆G0: (-387) - (-239) kJ mol-1

2α-Fe2O3 + CH2O + 7H+

⇒ 4Fe2+ + HCO3
- + 4H2O    (7.13)

∆G0: -236 kJ mol-1

2Fe3O4 + CH2O + 11H+

⇒ 6Fe2+ + HCO3
- + 6H2O    (7.14)

∆G0: -328 kJ mol-1

∆G0 values were adopted from Stumm and
Morgan (1996). For Fe(OH)3 and FeOOH a range
of free energy is given as the solubility products
Ks = [Fe3+] [OH-]3 range from 10-37.3 to 10-43.7

depending on the mode of preparation, age and
molar surface. For example, aged goethite (α-
FeOOH) reveals a ∆G0

f of -489 kJ mol-1 whereas for
freshly precipitated amorphous FeOOH a value of
-462 kJ mol-1 was determined (Stumm and Morgan
1996). The variability of FeOOH thermodynamic
properties is a result of the metastability of freshly
precipitated ferric iron phases (chapter 7.4.2.1, Fig.
7.10).

By means of microbial cultures growing on the
various iron oxides as terminal electron acceptors
it has been shown that they all can be used for the
purpose of dissimilation (e.g. Lovley 1991; Kostka
and Nealson 1995). Yet, it was generally found
that the ferric iron phases were reduced at diffe-
rent rates and to varying degrees. Consequently,
Ottow (1969) determined the following sequence
of biological availability: FePO4⋅4H2O > Fe(OH)3 >
lepidocrocite (γ-FeOOH) > goethite (α-FeOOH) >
hematite (Fe2O3). Note that the Fe-P phase may
sequester significant amounts of P out of the
nutrient loaded freshwater part of an estuary, but
under brackish and marine conditions this phase
is not stable as it rapidly transforms under the
influence of free sulfide (Hyacinthe and Van
Cappellen, 2004). Within natural soil samples a
preferential reduction of amorphous to crystalline
iron oxides was found (Munch and Ottow 1980).
Later, Roden and Zachara (1996) discovered the
importance of the solid phase specific surface area
for the degree of reducibility. The greater the
specific surface area was the more reduced ferric

iron was determined (Fig. 7.13). Additionally, they
could show that after rinsing the solid phase,
which could not be reduced any further,
dissimilatory reduction of the original ferric iron
was continued. They concluded that the reduction
of iron oxides is limited by the adsorption of some
components, possibly Fe2+, which inhibits further
microbial access. This finding also explains the
results of Munch and Ottow (1980, see above)
because amorphous and poorly crystalline phases
are usually characterized by a higher specific
surface area than well crystallized phases, and the
greater the specific surface area the more can be
adsorbed. This early finding agrees with the
results of a recent study, which identified nano-
phase goethite with diameters < 12 nm to be the
predominant authigenic iron oxyhydroxide in
freshwater and marine environments (van der Zee
et al. 2003).

Once a framework for the availability of iron
oxides is established, the kinetics of individual
reactions provides insight into reaction rates and
rate limiting steps for the overall reactivity of iron.
Here, the kinetics of microbial iron oxide reduction
is explored and in section 7.4.4.1 analog infor-
mation are provided for the reduction by sulfide
and ligands. Building on previous experimental
results demonstrating the control of mineral
surface area for the degree of iron reduction
(Roden and Zachara 1996; Fig. 7.13), it was shown,
that also the rate of microbial iron reduction in
natural sediments is of first-order and controlled
by the mineral surface area (Roden and Wetzel

Fig. 7.13 The dependence of solid phase ferric iron
reducibility from the specific surface area of iron
oxyhydroxide / oxides (redrawn from Roden and Zachara
1996). HSA, MSA, and LSA represent high, medium, and
low specific surface area.
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2002). Kinetic experiments with synthetic iron
oxyhydroxides have shown that the initial micro-
bial reduction rate increases with increasing initial
ferric iron concentration up to a given maximum
reduction rate (Bonneville et al. 2004). This
observation was explained by a saturation of
active membrane sites with Fe(III) centers. The
respective reaction was best described with a
Michaelis-Menten rate expression with the maxi-
mum reduction rate per cell positively correlating
with the solubility of the iron oxyhydroxides
(Bonneville et al. 2004). Kinetic studies involving
iron are not only inherently important to describe
reaction pathways and to derive rate constants,
which can be used in models. Kinetic studies also
increasingly focus on iron isotopic fractionation
to better understand the iron isotopic composition
of ancient sediments, which may assist in the
reconstruction of paleo-environments. Important-
ly, iron isotope fractionation occurs in abiotic and
biotic processes; the degree of isotopic fracti-
onation depends on individual reaction rates and
the environmental conditions, e.g. whether reac-
tions take place within an open or closed system
(Johnson et al. 2004).

7.4.2.3 The Bioavailability of Sheet Silicate
Bound Ferric Iron

As early as in 1972 Roth and Tullock published
results on the chemical reduction of smectites.
Subsequently, Rozenson and Heller-Kallai
(1976a,b) studied the potential of reduction and
reoxidation in various dioctahedral smectites
with the aid of different reducing and oxidizing
agents. Concurrent with the change of the inter-
crystalline redox state a change of the smectite
color was observed. Oxidized smectites showed a
white or yellowish color whereas the reduced
smectites revealed a greenish-grey or black color.
To balance the intercrystalline charge (de-)
protonation was postulated. Additionally, as a
consequence of smectite reduction a decrease of
the specific surface area and the swellability in
water, as well as an increase of nonexchangeable
Na+ was found (Lear and Stucki 1989). A potential
importance of smectite redox reactivity in natural
sediments was first pointed out by Lyle (1983) for
sediments of the eastern equatorial Pacific where
a distinctive color transition from tan (above)
green-gray (below) was found in near-surface
sediments. König et al. (1997) conducted a high
resolution Mössbauer-spectroscopy study for

one core from the Peru Basin which revealed a
present-day reduction of 42 % of total iron which
can be differentiated into an immobile fraction (36 %)
consisting of smectite bound iron and a mobile
fraction (16 %) which diffuses back into the oxidized
upper sediment layer. Evidence for the bioavailability
of ferric iron bound to smectites was given by
Kostka et al. (1996). During culturing of an iron
reducing bacteria (Shewanella putrefaciens strain
MR-1) on smectite as a sole electron acceptor a
reduction of Fe3+ by 15 % within the first 4 hours
and a total of 33 % after two weeks occurred.

7.4.3 Iron Reactivity towards S, O2, Mn,
NO3

-, P, HCO3
-, and Si-Al

The (microbial) dissimilatory iron reduction was
shown in the previous section. In this section the
reactions with major oxidants and reductants will
be introduced. Additionally, the interactions between
iron and phosphorus, as well as the formation of
siderite and iron-bearing sheet silicates will be
pointed out briefly to show to the variety of reac-
tions in marine sediments coupled the reactivity of
iron.

7.4.3.1 Iron Reduction by HS- and Ligands

Apart from the dissimilatory iron reduction
(section 7.4.1) iron oxides can be dissolved by
protons, ligands and reductants. Dissolution reac-
tions by protons and ligands are generally con-
sidered to be the rate-determining step for weathe-
ring processes. For iron bearing minerals in marine
sediments proton-promoted dissolution is of no
importance due to prevailing neutral or slightly
alkaline conditions. Ligands (e.g. oxalates and
citric acid) are by-products of biological decom-
position and dissolve iron oxides by primary
surface complexation onto the iron oxide surface
resulting in a weakening of the Fe-O bond which
is followed by a detachment of Fe3+-ligand. Reduc-
tive dissolution (e.g. by HS-, ascorbate, and dithi-
onite) is characterized by primary surface com-
plexation followed by an electron transfer from the
reductant to ferric iron and detachment of Fe2+.
The three pathways of Fe(III) (hydr)oxide disso-
lution are shown in Fig. 7.14.

Experimental determination of reduction rates
(e.g. Pyzik and Sommer 1981; Dos Santos Afonso
and Stumm 1992; Peiffer et al. 1992) reveal rates
under well defined conditions and information on
the reaction kinetics. Under natural conditions the

7.4 The Early Diagenesis of Iron in Sediments
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composition of dissolved compounds in solution
is complex and may have significant influence on
the dissolution rate. Biber et al. (1994) demon-
strated the inhibition of reductive dissolution by
H2S and the ligand-promoted dissolution by EDTA
due to the presence of oxoanions (e.g. phosphate,
borate, arsenate) (Fig. 7.15 a,b).

A sequence of iron mineral reactivity towards
sulfide was proposed more than 10 years ago
(Canfield et al. 1992), which was later extended
(Raiswell and Canfield 1996), and recently revised
(Poulton et al. 2004). The revised sequence
particularly accounts for the mineral surface area
and can be grouped into two fractions excluding
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iron bearing silicates: The poorly crystalline
hydrous ferric oxide, 2-line ferrihydrite and lepi-
docrocite are reactive on a time scale of minutes to
hours, whereas goethite, hematite and magnetite
are reactive on a time scale of tens of days. In
Table 7.1 the reactivity of iron oxyhydroxides and
iron bearing silicate minerals towards sulfide is
expressed as half-life (t1/2).

The presence of iron minerals and their
respective reactivity towards sulfide is of greatest
importance for the pore water chemistry and the
limitation for pyrite formation. In case of reactive
iron rich sediments dissolved iron may build-up in
pore water and dissolved sulfide is hardly present
although sulfate reduction occurs. In contrast, in
sediments characterized by a low content of
reactive iron dissolved sulfide can build-up
instead of dissolved iron (Canfield 1989). The
degree of pyritisation (DOP) was originally
defined by Berner (1970) and was later modified
by Leventhal and Taylor (1990) and Raiswell et al.
(1994). DOP is now defined as:

lelubsodithionitepyrite

pyrite

FeFe
Fe

DOP
−+

=     (7.15)

A DOP-value of 1 means a complete pyritisation of
reactive iron, which has been found in sediments
overlain by anoxic-sulfidic bottom water (Raiswell et
al., 1988). In sediments exposed to sulfide for more
than one million years silicate-bound iron has only
been partially turned into pyrite (Raiswell and
Canfield 1996). This observation is explained by an
overall slow rate of pyritisation of silicate-bound iron,

which is influenced by the mineral assemblage, degree
of crystallinity and grain size. This clearly states the
range of silicate iron reactivity towards sulfide, which
is influenced by the mineral assemblage, degree of
crystallinity and grain size.

7.4.3.2 Iron Oxidation by O2, NO3
-, and Mn4+

The reaction of dissolved Fe2+ with oxygen is
known to be fast and its rate was determined in
sea-water by Millero et al. (1987):

− = ⋅+
d FeII

dt

K O

H
FeIIH aq[ ] [ ]

[ ]
[ ].2

2 (7.16)

at 20 °C, kH=3x10-12 mol min-1liter-1. At a tempe-
rature of 5 °C the rate decreases by about a factor
of 10. As the oxidation rate (-d[FeII]/dt) is inversely
proportional to the power of the proton
concentration ([H+]2) the importance of the pH
becomes obvious. The lower the pH (= - log [H+]),
the lower is the rate of ferrous iron oxidation.
Therefore, within a ferrous iron solution with a very
low pH-value, e.g. acidified with HCl, the reaction is
so slow that oxidation under air atmosphere is
negligible over weeks. Under pH neutral conditions
this reaction is so fast that dissolved iron may only
escape from the sediment into the bottom water if
the oxygen penetration depth is very little or even
anoxic bottom water conditions are given. The
effects on iron, manganese, phosphate and cobalt
fluxes during a controlled decrease of oxygen
bottom water concentration and the importance of
the diffusive boundary layer within a benthic flux-
chamber (see chapter 3) were studied by Sundby et
al. (1986). They could demonstrate that due to a
decrease of diffusive oxygen flux into the sediment
manganese release increased prior to iron
according to thermodynamic predictions (Balzer
1982). Stirring within a flux-chamber controls the
thickness of the benthic boundary layer and thus
the diffusive flux of oxygen into the sediment. A
decrease or even an interruption of stirring results
in a significant increase of benthic efflux of redox-
sensitive constituents such as iron and manganese.

Buresh and Moraghan (1976) showed the
thermodynamic potential of ferrous iron oxidation by
nitrate, yet the reaction is not spontaneous. In the
presence of solid phase Cu(II), Ag(I), Cd(II) , Ni(II),
and Hg(II) serving as catalysts ferrous iron can
reduce nitrate rapidly (Ottley et al. 1997). Similarly,
the formation of a Fe(II)-lepidocrocite (γ-FeOOH)

7.4 The Early Diagenesis of Iron in Sediments

Table 7.1 Reactivity of iron minerals towards sulfide (1000
ìM ÓH2S, pH 7.5, 25°C) according to 1: Poulton et al.
(2004), 2: Canfield et al. (1992), and 3: Raiswell and
Canfield (1996). The ‘poorly-reactive silicate fraction’ was
determined operationally as (FeHCl, boiling - FeDithionite) / Fetotal

Iron Mineral / fraction Half life, t1/2

Hydrous Ferric Oxide1 5.0 minutes
2-line Ferrihydrite1 12.3 hours
Lepidocrocite1 10.9 hours
Goethite1 63 days
Magnetite 1 72 days
Hematite 1 182 years
Sheet silicates2 10 000 years
poorly-reactive silicate fraction3 2.4 x 106 years
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surface complex was found to catalyze chemo-
denitrification (Sørensen and Thorling 1991). The
potential significance of microorganisms inducing
ferrous iron oxidation was pointed out within the
last years (Widdel et al. 1993; Straub et al. 1996).
Ferrous iron was found to serve as electron donor
in cultures of nitrate-reducing bacteria. Even in
the presence of acetate as typical electron donor
ferrous iron was additionally oxidized. This implies

that iron oxide formation typically occurring at the
interface of nitrate and iron bearing pore water is
at least in parts microbially mediated. Ehrenreich
and Widdel (1994) have described a microbial
mechanism of pure anaerobic oxidation by iron
oxidizing photoautotrophs. This exciting obser-
vation challenges the conviction that the earliest
iron oxidation on earth occurred during the build-
up of free oxygen. One may now speculate that
the accumulation of the Banded Iron Formation
(Archaic age, ~ 3 billions years B.P.) was
microbiologically induced under suboxic/anoxic
conditions. Similarly, manganese oxidation rates in
natural environments were determined to be
considerably higher than determined in laboratory
studies under abiotic conditions implying a
microbially mediated manganese oxidation
(Thamdrup et al. 1994; Wehrli et al. 1995).

Ferrous iron oxidation by manganese oxide
was found to be especially fast as long as no iron
oxyhydroxide precipitates, which presumably
blocks reactive sites on the manganese oxide
surface (Postma 1985). The oxidation of ferrous
iron by manganese oxide has been proven to be
important for the interpretation of pore water
profiles and the precipitation of authigenic phases
(Canfield et al. 1993a; Haese et al. 2000; van der
Zee 2005). In Fig. 7.16 pore water profiles of iron
and manganese reveal concurrent liberation of the
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two elements which was attributed to dissimi-
latory iron reduction and subsequent iron reoxida-
tion by manganese oxides which in turn results in
the production of Mn2+

aq..
Similar to the possibility of concurrent reduc-

tion of sulfate and ferric iron by a culture of a
single bacteria (Coleman et al. 1993; see section
7.4.3.4) other iron reducing bacteria were found to
additionally maintain dissimilation with more than
one electron acceptors under suboxic conditions
(Lovley and Phillips 1988) or even under oxic
conditions (Myers and Nealson 1988a). In the
presence of Fe(III) and Mn(IV) strain MR-1 was
found to reduce both but additional manganese
reduction occurred due to the immediate abiotic
reaction with released Fe2+ (Myers and Nealson
1988b). The interactions of biotic and abiotic
reactions are shown in Fig. 7.17.

7.4.3.3 Iron-bound Phosphorus

In section 7.4.2.1 the theoretical significance of
phosphate adsorption onto iron oxides was
illustrated. Numerous studies on natural sedi-
ments suggest that iron oxides control phosphate
pore water and solid phase concentrations, as well
as the overall sedimentary phosphate cycle (Krom
and Berner 1980; Froelich et al. 1982; Sundby et al.
1992; Jensen et al. 1995; Slomp et al. 1996a,b). A
generalized representation of the sedimentary
phosphorus cycle is shown in Fig. 6.11. Apart
from the Fe-bound P, organic P and authigenic
carbonate fluorapatite are the principal carriers of
solid phase P. HPO4

2- is the predominant dissolved
P species under sea water conditions (Kester and
Pytkowicz 1967).

The following information and simple calcu-
lation allows the reader to assess and understand
the important role of iron oxyhydroxides and their
interactions with phosphorous: A maximum of 2.5 -
2.8 µmol m-2 of adsorbed phosphate on iron oxides
were found (Goldberg and Sposito 1984; Pena and
Torrent 1984). In order to approximate a maximum
adsorbed phosphate concentration in the sediment
one can assume 1 cm3 of sediment with a porosity
of 75 %, a dry weight density of 2.65 g cm-3, 50
µmol/gSediment Fe bound to iron oxides and an iron
oxide specific surface area of 120 m2 g-1 (see
section 7.4.2.1). For the wet sediment we can
calculate an iron concentration of 33 µmol cm-3

which is bound to iron oxides. This fraction has a
specific surface area of ∼ 0.22 m2  within 1 cm3 of
wet sediment which may then adsorb up to ∼ 0.57

µmol P (assuming an adsorption capacity of 2.6
µmol P per square meter of iron oxide). For a
comparison of adsorbed and dissolved phosphate
concentration we can furthermore assume a
concentration of 5 µM phosphate within the
interstitial water which is equivalent to 0.0037
µmol cm-3 of wet sediment. Consequently, the
adsorbed fraction of phosphate can be more than
two orders of magnitude greater than the
dissolved fraction due to the presence of iron
oxides. In reality, the ratio of Fe bound to poorly
crystalline iron oxides and P bound by these
phases has been determined to be ∼ 10Fe : 1P for
coastal and shelf sediments (Slomp et al., 1996a).
This differs significantly from the given
theoretical sample in which we find a ratio of 58
(33 µmol Fe : 0.57 µmol P per 1 cm3). Either P is
additionally bound in the crystalline lattice of the
iron oxides (i.e. Torrent et al., 1992) or the
adsorption capacity for P in shelf sediments is
much greater than derived from the calculated
example. In the latter case, one must conclude that
the specific surface area of Fe oxides is higher
than assumed as another quantitatively important
adsorbent of P in sediments is not likely. Instead
of 120 m2 g-1 iron oxide one needs to encounter a
specific surface area of 650-700 m2 g-1 to justify
such high P adsorption.

7.4.3.4 The Formation of Siderite

In the marine environment siderite (FeCO3) is
hardly found relative to iron sulfides because it is
thermodynamically not stable in the presence of
even low dissolved sulfide activities. Postma
(1982) proved the calculation of the solubility
equilibrium between siderite and ambient pore
water chemistry to be a reliable approach for the
investigation of present-day siderite formation. In
salt marsh sediments where the influence of salt
and fresh water varies temporarily and spatially
the formation of siderite and pyrite are closely
interlinked. Mortimer and Coleman (1997)
demonstrated that siderite precipitation is
microbiologically induced. They could show that
δ18O values of siderite precipitated during the
culturing of one specific iron-reducing micro-
organism, Geobacter metallireducens, were
distinctively lower than expected according to
equilibrium fractionation between siderite and
water (Carothers et al. 1988) which is a contra-
diction to a pure thermodynamically induced
reaction.

7.4 The Early Diagenesis of Iron in Sediments
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In fully marine systems siderite formation is
probable to occur below the sulfate reduction
zone where dissolved sulfide is absent, if reactive
iron is still present and the Fe/Ca-ratio of pore
water is high enough to stabilize siderite over
calcite (Berner 1971). The coexistence of siderite
and pyrite in anoxic marine sediments was shown
by Ellwood et al. (1988) and Haese et al. (1997).
Both studies attribute this observation to the
presence of microenvironments resulting in
different characteristic early diagenetic reactions
next to each other within the same sediment
depth. It appears that in one microenvironment
sulfate reduction and the formation of pyrite is
predominant, whereas at another site dissimilatory
iron reduction and local supersaturation with
respect to siderite occurs. Similarly, the importance
of microenvironments has been pointed out for
various other processes (Jørgensen 1977; Bell et al.
1987; Canfield 1989; Gingele 1992).

Apart from microenvironments, an explanation for
the concurrent dissimilatory sulfate and iron
reduction was provided by Postma and Jakobsen
(1996). They demonstrated that the stabilities of iron
oxides are decisive with respect to iron and/or sulfate
reduction assuming that the fermentative step and not
the overall energy yield is overall rate limiting.
Additionally, it shall be noted that the typical sulfate
reducing bacteria Desulfovibrio desulfuricans was
found to reduce iron oxide enzymatically contempo-
rarily or optionally (Coleman et al. 1993). When only
very small concentrations of H2 as sole electron donor
were available iron oxide instead of sulfate was used
as electron acceptor by D. desulfuricans.

7.4.3.5 The Formation of Iron Bearing
Aluminosilicates

In 1966 the formation of aluminosilicates in marine
environments was hypothesized by Mackenzie and
Garrels (1966) who pointed out the potential signi-
ficance of this process with respect to the oceanic
chemistry and for global elemental cycles. As
elements are transferred into solid phase and thus
become insoluble this process is referred to ‘reverse
weathering’. Within the scope of this textbook only
a brief overview of the major processes and
conditions of formation is intended to be outlined.

Four major pathways for the formation of iron
bearing aluminosilicates can be distinguished:

1. Formation from weathered basalt and
    volcanic ashes
2. Glauconite formation
3. Formation in the vicinity of hydrothermal
    vents
4. Formation under low temperature conditions

The first two pathways of formation will not be
discussed here as they were found to be only of
local/regional importance and are not considered
to be of major importance for early diagenetic
reactions. Iron bearing clay mineral formation
under high-temperature conditions near a hydro-
thermal system of the Red Sea was studied by
Bischoff (1972). A direct precipitation of an iron-
rich smectite (nontronite) within the metalliferous
sediments was found. This pathway of clay mine-
ral formation was shown to occur at temperatures
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Fig. 7.18 Modes of transport in the sediment: molecular diffusion, bioirrigation, bioturbation, and advection.
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typically ranging between 70 and 150 °C under
oxic and anoxic conditions (Cole and Shaw 1983).
Yet, lowest temperatures of formation were
deduced to be ∼ 20 °C (McMurtry et al 1983;
Singer et al. 1984). Experimental studies by
Decarreau et al. (1987) demonstrated the synthesis
of dioctahedral smectite, containing Fe(III) within
the octahedral sheet, only under strictly oxic con-
ditions.

Experimental results by Harder (1976, 1978)
gave evidence for the potential of iron bearing
clay mineral formation under low temperature
deep-sea floor conditions. Subsequent findings of
sediments rich in montmorillonites in the north
equatorial Pacific (Hein et al. 1979) and nontronite
in the Bauer Deep of the eastern equatorial Pacific
(Cole and Shaw 1983; Cole 1985) were attributed
to authigenic aluminosilicate formation. For the
formation of low-temperature iron-bearing alumi-
nosilicates the deposition of skeletal opal (e.g.
radiolarian) and iron oxyhydroxide (e.g. preci-
pitation products of hydrothermal activity) as well
as a low carbonate content are considered (Cole
and Shaw 1983). Enhanced opal dissolution due to
the presence of high iron oxide concentrations
were reported (Mayer et al. 1991), yet kinetic
reasoning of this observation remains unclear. As
the skeletal opal closely associated with the iron
oxyhydroxide becomes buried it dissolves and
forms an amorphous Fe(III)-silica complex at the
skeleton surface which subsequently recrystal-
lizes to form nontronite on the surface of the
partially dissolved skeletons (Cole 1985). By this
analogy, Harder (1976,1978) also found an amor-
phous Fe(III)-silicate precipitate as a precursor
which developed during aging under suboxic
conditions into a crystalline iron-rich clay mineral.
The presence of Fe2+ was a prerequisite for the
synthesis of clay minerals under experimental
conditions and therefore partial reduction of iron
oxyhydroxide within the microenvironment of an
opal skeleton must be assumed. The oxygen
isotopic composition (δ18O) of the authigenic
mineral can be used to reconstruct the prevailing
temperature during formation by applying the
geothermometric equation of Yeh and Savin
(1977). For the aluminosilicates from the north
equatorial Pacific and the Bauer Deep formation
temperatures of ∼ 3-4 °C were deduced repre-
senting authigenic formation under low-tempe-
rature conditions in deep-sea sediments. Similar to
the above described deep-sea conditions, the
Amazon delta represents an iron and silicate rich

depositional environment. Incubation experiments
with sediments from the Amazon delta revealed
substantial K-Fe-Mg-clay mineral formation within
1-3 years under low-temperature conditions
(Michalopoulos and Aller 1995) implying
significant elemental transfer into solid phase
within the estuarine mixing zone.

7.4.4 Iron and Manganese Redox Cycles

Processes of early diagenesis can only be
understood by integrating biogeochemical reac-
tions and modes of transport in the sediment. With
respect to the quantification of iron and manganese
reactions molecular diffusion and bioirrigation need
to be considered for the dissolved phase whereas
bioturbation and advection are relevant for the
particulate transport (Haese 2002). Bioirrigation is
the term for solute exchange between the bottom
water and tubes in which macro-benthic organisms
actively pump water. For iron and manganese a
recent study (Hüttel et al. 1998) points out the
importance of solute transport in the sediment and
across the sediment / bottom water interface due to
pressure gradients induced by water flow over a
rough sediment topography. Advection in the con-
text of particulate transport describes the down-
ward transport of particles relative to the sediment
surface due to sedimentation. Strictly speaking,
bioturbation (sometimes more generally termed mix-
ing) also induces a vertical transport of dissolved
phase. Yet, as molecular diffusive transport is usu-
ally much greater than dissolved transport by bio-
turbation the later is usually neglected.

The cycling of reduced and oxidized iron and
manganese species are discussed together in this
chapter since the driving processes are princi-
pally the same. In Fig. 7.18 the operating modes
of transport are shown schematically along with
a redox boundary. Above this boundary the reac-
tive fraction of total solid phase iron or manga-
nese is present as oxidized species whereas
below the reduced species occur. Note that at
this boundary a build-up in the pore water
occurs if no immediate precipitation (e.g. FeS) or
adsorption inhibits a release into ambient water.
The change in the redox state implies oxidation
above and reduction below by some electron
donor / acceptor. In case of dissimilatory iron /
manganese reduction the organic carbon serves
as electron donor, the other most important
oxidants and reductants are discussed in the
sections 7.4.3.1 and 7.4.3.2 .

7.4 The Early Diagenesis of Iron in Sediments
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The intensity of the redox cycling and thus
the importance for oxidation and reduction reac-
tions in the sediment is terminated by either one
of the following conditions: 1. In case of the
absence of any efficient oxidant (e.g. O2) in the
upper-most layer or bottom water no oxidation
will occur and the redox cycling cannot be main-
tained. 2. In case of the absence of a reactive
fraction (bioavailable or ‘rapidly’ reducible by HS-,
see section 7.4.3.1) in the lower layer no reduc-
tion will occur and the redox cycle will cease. 3. A
vertical transport mode must be maintained
between the zone of oxidation and the zone of
reduction. As advection is usually very much
slower than the downward transport by
bioturbation the intensity of bioturbation
terminates the transport between the redox-zones.

For the most simple assumption of an
homogeneously mixed layer the intensity of
bioturbation is expressed by the biodiffusion (or
mixing) coefficient, Db, which can be deduced
appropriately along with the sedimentation rate
with the aid of natural radioactive isotopes.
According to Nittrouer et al. (1983/1984) the
general advection-diffusion equation can be
rearranged to calculate the sedimentation rate, A:
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with λ: decay constant [y-1], x: depth interval
between two levels [cm], C0, Cx: activity at an
upper sediment level and at a lower level with the
distance x below C0 [decays per minute, dpm] Db:
biodiffusion coefficient [cm2 y-1]. If mixing is
negligible (Db = 0) then the above equation can
be simplified:
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In case of a very low sedimentation rate relative
to mixing (A2 « λ⋅Db) Eq. 7.17 can be rearranged to
calculate the biodiffusion coefficient, Db:
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The above restrictions for the calculations of
the sedimentation rate and the biodiffusion
coefficient imply the use of radioactive isotopes
with different half-lifes (t1/2 = 0.693 ⋅ λ-1) for
different purposes and depositional environ-
ments. The higher the sedimentation rate, the
shorter should be the half-life of the radioactive
isotope. The more intense bioturbation in the
surface layer, the shorter should be the half-life of
the applied radioactive isotope be. For coastal
and shelf sediments sedimentation rates of
several decimeters to few meters per 1000 years
are typical and can be determined by 210Pb (t1/2 =
22.3 y). Shorter lived isotopes (e.g. t1/2 of 234Th =
24.1 d) are applicable for the determination of the
mixing intensity. 230Th (t1/2 = 75,200 y) is a
commonly used radioactive isotope in oceano-
graphic sciences to trace processes over longer
periods of times. The above isotopes are rapidly
scavenged by particles once they are formed from
the decay of some parent isotopes and settle to
the sea floor. Due to analytical reasons post-
depositional processes can be traced for a time
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Fig. 7.19 210Pb-activity depth profile from the Washing-
ton shelf (adopted from Nittrouer 1983/1984). The sedi-
ment surface layer is mixed as can be deduced from homo-
genous 210Pb values. Below, constantly decreasing values
imply no or hardly any mixing, this gradient can be used to
calculate a sedimentation rate. The deepest part is charac-
terized by a homogenous background activity resulting
from the decay of 226Ra in the sediment.
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period of 4 to 5 times of the radioactive half-life
which is approximately 100 years in case of 210Pb.

In Figure 7.19 a typical 210Pb-activity depth
profile from the Washington shelf is shown. The
uppermost 9 cm are characterized by constant
210Pb activity implying intensive mixing in the
surface layer. Below, 210Pb activity decreases
linearly (on a log-scale) indicating no mixing and
continuous decay. The lowest part of the profile
is characterized by constantly very low values
resulting from the long-term decay of 226Ra to
210Pb in the sediment. This background value is
subtracted from the above activities, which are
then termed excess-210Pb or unsupported-210Pb.
The depth interval showing a linear decrease on a
log-activity scale is often used to calculate a
sedimentation rate. Yet, a strong overestimation
of the true sedimentation rate is possible as slight
deep bioturbation in this part may not be seen
exclusively by 210Pb as it was shown by Aller and
DeMaster (1984). The investigation of an
additional, shorter-lived isotope within this depth
interval will reveal a potential influence of biotur-
bation.

As mentioned in the beginning of this section
bioturbation and advection by sedimentation
cause particle transport in the sediment. In Fig.
7.20 three scenarios are schematically shown
representing constant molecular diffusive and

advective transport while bioturbation varies. As
a result, the shape of the solid phase profile
varies distinctively. In case of no bioturbation the
molecular diffusive flux (Jdiff.) from the zone of
dissolution into the zone of precipitation causes a
thin, sharp peak (enrichment) (Fig. 7.20a) whereas
slight bioturbation and thus vertical up- and
down-transport of particles (Jp) broadens the
enrichment (Fig. 7.20b). In case of very intense
particle transport relative to the molecular
diffusive transport (Jp. » Jdiff. , Fig. 7.20c) hardly
any or no enrichment will be formed although a
distinctive depth of precipitation is still present.
In summary, we can conclude that the solid phase
profile is a result of the dissolution within the
lower part of the enrichment, as well as of the
sedimentation rate and of the bioturbation (mix-
ing) intensity. This can be expressed mathema-
tically by a one-dimensional transport-reaction
model according to Aller (1980). If bioturbation
and sedimentation with depth (no compaction)
are constant, steady-state conditions apply
(chapter 3), and solid phase decreases linearly
over the interval of dissolution, then
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Fig. 7.20 To illustrate the influence of bioturbation (mixing) on the solid phase profile three schematic scenarios are
drawn. For all scenarios the same molecular diffusive transport (Jmol.) and sedimentation is assumed, yet the particulate
transport (Jp.) by bioturbation is varied. A: As no bioturbation occurs a distinctive, thin solid phase enrichment is formed in
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much higher particulate transport relative to the diffusive transport (Jp » Jmol..) hardly any enrichment will be formed.
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can be calculated according to Sundby and
Silverberg (1985). P resembles the production (or
dissolution) rate and the other variables are
according to Eq. 7.17 except that C is given as
concentration per volume [µmol cm-3] as the depth
distribution of solid phase strongly depends on
the porosity.

In addition to the dissolution rate one can
calculate the burial rate of non-reactive phase and
the input rate to the sediment surface once the

sedimentation rate is known. Based on these
independently calculated fluxes Sundby and
Silverberg (1985) developed a depth-zonated flux
model for manganese in the St. Lawrence estuary.
Their depth-dependent reactive zones were
surface water, bottom water, sediment depth of
precipitation (oxidation), sediment depth of
dissolution (reduction) and depth of eventually
buried sediment. One example of their Mn-cycling
results is given in Fig. 7.21.

The cycling of elements in bioturbated surface
sediments can also be expressed in terms of turn-
over times defined as period of time required for a
complete oxidation - reduction cycle of the reac-
tive fraction. Additional consideration of the
bioturbation depth and the sedimentation rate
then reveals the number of redox-cycles before
ultimate burial. In Tab. 7.2 representative results
for estuarine (coastal) and slope sediments are
given.

7.4.5 Discussion: The Importance of Fe-
and Mn-Reactivity in Various
Environments

The above sections of this chapter have shown
the high variability of iron-input modes, fluxes and
reactivity towards oxidized and reduced species in
marine sediments. Within this section the impor-
tance of iron and manganese reactivity with
respect to the mineralization of organic matter as
well as to the chemical oxidation (reduction) of
reduced (oxidized) species within different
depositional environments will be discussed and
hopefully inspire further considerations.

In order to investigate the importance of iron
and manganese reduction and oxidation processes
one needs to determine their rates and compare

Table 7.2 Calculated turn-over times and times of redox cycling before burial in coastal and slope sediments. The
dynamic of redox cycling becomes evident by envisaging a complete oxidation - reduction cycle on a 2 - 6 months
time scale.
((1) Sundby and Silverberg 1985, (2) Aller 1980, (3) Canfield et al. 1993a, (4) Thamdrup and Canfield 1996)

Location Fe/Mn Turn-over time Times  cycled
[d] before burial

St. Lawrence estuary (1) Mn 43 - 207

Long Island Sound estuary (2) Mn 60 - 100

Skagerrak (3) Fe/Mn 70 - 250 130 - 300

Slope off Chile (4) Fe 70 31 - 77
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Fig. 7.21 Example of manganese cycling across the
sediment/bottom water interface and within the sediment
(modified after Sundby and Silverberg (1985). The applied
depth-dependent flux model is described in the text. Depo-
sitional, burial, and molecular diffusive fluxes as well as
the reduction rate within the zone of dissolution were
calculated independently.



261

these with other early diagenetic reaction path-
ways. For example, rates of organic carbon mine-
ralization by each electron acceptor (O2, NO3

-,
Mn(IV), Fe(III), SO4

2-) are - strictly speaking -
necessary to make a statement on the relative
contribution of dissimilatory iron and manganese
reduction. For the case of iron and manganese,
the determination of such rates are problematic as
both electron acceptors may be reduced by
reduced species as well as by microbial respi-
ration. Additionally, pore water fluxes usually
strongly underestimate the true reduction rate as
adsorption and precipitation of Fe2+/Mn2+-bearing
minerals buffer the build-up within pore-water.
Therefore, ‘rates of dissimilatory Fe-oxide and
Mn-oxide reduction are the least well quantified of
the carbon oxidation pathways’ (Canfield 1993).

An overview of methods to determine the vari-
ous organic carbon oxidation pathways is provi-
ded by Canfield (1993). As these methods are
technically highly demanding and time-consu-
ming, only very few sediments have been investi-
gated with respect to the contribution of the dif-
ferent organic carbon oxidation pathways. Among
such studies different methods have been applied
which may bear additional uncertainties. Thus, a
present-day discussion on the importance of iron
and manganese must be speculative to some degree.
In Table 7.3 results of different studies concerning
the relative contribution of dissimilatory iron and
manganese reduction are summarized.

Notice that the results by Wang and Van
Capellen (1996) are model results for which some
results of Canfield et al. (1993 a,b) were used for
the basic data set. A comparison of different
locations reveals significant variabilities in the
biodiffusion coefficient. For open ocean sedi-
ments one can expect even much lower deposition
rates and biodiffusion coefficients. Similarly, the
proportion of dissimilatory reduction (relative to
dissimilatory plus chemical reduction) as well as
the proportion of organic carbon mineralization by
iron and manganese reduction (relative to total
organic carbon oxidation) varies significantly.

The above sites of investigation are distinct
by different depositional environments. Skagerrak
sediments were retrieved from water depths of 200
(S4), 400 (S6), and 700 (S9) meters and site S9 is
located in the central Norwegian Trough where solid
phase manganese content made up to 3.5 - 4 wt%.
The Panama Basin site is ~ 4000 m deep and is
located in the equatorial upwelling region as well
as in the vicinity of hydrothermal activity causing
a delivery of large amounts of reactive organic
matter and manganese to the sea floor. Sites from
the continental slope off Chile were investigated
during a period of intense upwelling. The
intensity of redox-cycling is controlled by the
intensity of bioturbation, the input and reduction
of reactive Fe(III)/Mn(IV), as well as by the
oxidation rate (section 7.4.4). Yet, Fe- and Mn-
cycling may only become quantitatively signi-

7.4 The Early Diagenesis of Iron in Sediments

Location Net-Fe/Mn Biodiff. coeff. Dissimilatory Total org. C
deposition Fe/Mn reduction decomposition

[µmol cm-2y-1] [cm-2y-1] [%] [%]

Fe 6 - 14 (3) 80 - 87 (2) 32 - 51 (2)

Skagerrak, S4/S6 Fe 13 - 24 (1) 71 - 84 (1)

Mn 1 - 15 (1) 3 - 24 (1) 0 (2)

Mn 5 - 10 (3) 19 (2) 90 (2)

Skagerrak, S9 Mn 13 (1) 100 (1)

Fe 14 (1) 0 (1) 0 (2)

Panama Basin (4) Mn 'high' 100 100 100

Cont. Slope Chile (5) Fe 5.1 9; 29 46; 84 12; 29

Table 7.3 Summary of results quantifying the relative contribution of dissimilatory iron and manganese reduction for
the decomposition of organic matter.
((1) Wang and Van Cappellen 1996, (2) Canfield et al. 1993b, (3) Canfield et al. 1993a, (4) Aller 1990, (5) Thamdrup and
Canfield 1996).
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ficant if reduction is predominantly coupled to
dissimilation and chemical reduction is unim-
portant. This is the case for the manganese
dominated sites Skagerrak S9 and Panama Basin
where neither the production of HS- nor of Fe2+ was
found. O2 consumption was (almost) completely
attributed to the reoxidation of Mn2+ in these cases.
In contrast, Skagerrak sites S4 and S6 as well as
sediments off Chile resemble situations where iron
is reduced chemically (HS-) by up to ~ 50 % and
only smaller amounts of ferric iron are available for
the dissimilation. A third situation can be inferred
for typical open ocean sediments where low Fe/Mn
and organic matter deposition along with low
bioturbation intensity occurs. Here organic matter
decomposition is restricted to aerobic respiration
and denitrification. Iron and manganese reduction
rates are presumably negligible, yet over a long
period of time a significant proportion of
manganese is redistributed and the composition of
iron oxide phases changes (Haese et al. 1998).

An extensive study in a shallow water, estu-
arine mixing zone elucidated ideal conditions for
efficient manganese cycling (Aller 1994).
Manganese turn-over was found to be most
intense during warm periods with intensive
bioturbation, well-oxygenated bottom water, and
moderate organic matter input. Under such
conditions manganese reoxidation consumed 30-
50 % of the benthic oxygen flux and manganese
reduction was mainly induced by HS-, FeS and
FeS2. As soon as bottom water became O2-
depleted the sedimentary Mn-cycle was reduced
as dissolved Mn escaped out of the sediment. The
influence of bioirrigation has not yet been
explicitly investigated but modeling results by
Wang and Van Capellen (1996) imply enhanced
metal cycling efficiency with increasing irrigation
due to more rapid Fe2+- / Mn2+-oxidation.

A conceptual model describing the importance
of iron and manganese reactivity in different
environments is only sketchy as results are scarce
and manifold aspects deserve further investi-
gations. A general complication concerns the
differentiation of dissimilatory and chemical
reduction of Mn-oxide when concurrent iron
reduction is apparent and further investigations
need to discriminate each reaction pathway. The
reactivity of smectite-bound iron has only been
shown qualitatively (Kostka et al. 1996; König et
al. 1997), yet quantifications with respect to
dissimilatory and/or chemical reactions are
missing. An important role of adsorbed Fe2+ /

Mn2+ is indicated (Sørensen and Thorling 1991;
Roden and Zachara 1996) but not proved by
sediment studies. Investigations focusing on the
importance of metal cycling and its influence on
pathways of organic matter decomposition are
scarce (Canfield et al. 1993a, Wang and Van
Capellen 1996), yet necessary to understand an
important link of the carbon cycle.

7.5 The Assay for Ferric and
Ferrous Iron

In order to study iron reactivity qualitatively and
quantitatively it is essential to quantify the
ferrous and ferric iron fractions of the present
minerals or mineral groups. With respect to the
determination of iron speciation the principal
problem is the rapid oxidation of ferrous iron.
Atmospheric oxygen diffuses into pore water
where it oxidizes dissolved ferrous iron ‘imme-
diately’ and starts oxidizing FeS and FeS2. Redu-
ced smectites may also become oxidized under air
atmosphere within hours. Therefore, if dissolved
iron and iron speciation of solid phase are to be
determined samples need to be conserved under
inert gas atmosphere. No extra care is needed for
the determination of total iron of solid phase.

Above a pH of 3 and in the absence of chela-
tors dissolved iron is only present as ferrous iron
under natural conditions. Therefore, the colored
complex that results from the reaction between
ferrous iron and a reagent can be analysed
colorimetrically and correlates with the concen-
tration of total dissolved iron. Most conveniently,
one can mix a drop of Ferrozine® solution
(Stookey 1970), one drop of H2SO4 (diluted 1:4)
and 1 ml of pore water in the glove box, wait until
complex formation is completed (20-30 minutes)
and quantify the iron concentration by the
intensity of the color at a wavelength of 562 nm.
To avoid matrix effects standards should be
prepared with artificial seawater.

The assay of solid phase ferrous and ferric
iron has a long tradition due to the early interest
in soil chemistry. Publications on extraction /
leaching conditions and results from varying
soils and sediments are extensive and thus,
within the scope of a textbook, only important
principals and a description of the (subjectively)
most important extractions can be given. Since a
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great variety of the quantitatively most important
iron bearing minerals / mineral groups is present
in marine sediments a series of different extrac-
tions is necessary in order to achieve a complete
distribution of ferrous and ferric iron. In general,
the extraction conditions applied to natural
sediments result from experiments conducted in
advance proving the dissolution of individual
minerals or mineral groups. Because the grain

size, degree of crystallinity, ionic substitution
within minerals and varying matrix constituents
influence the dissolution kinetics during the
extraction a clear-cut mineral specific determi-
nation is usually not possible with this approach.
Yet, extractions have been successfully applied to
show patterns of mineral (group) dissolution and
precipitation and to deduce reaction rates. For a
comparison with results of other studies exactly

Mineral Oxalate (1) Ascorbate (2) Dithionite (3) HCl (4) HF/H2SO4
(5) Cr(II)/ HCl (6)

am. Fe(OH)3 + (a) 34 - 72 (a)

+ (b)

Ferrihydrite + (b) + (c) + (b,c,d) + (b,c)

Lepidocrocite + (b) + (b) 7 (b)

Goethite - (a,b) - (c) 91 (c) - (a,b,c) + (g)

+ (b)

Hematite - (a,b) - (c) 63 (c) - (a,b,c) + (g)

+ (b,d,e)

Magnetite 60 (c) - (c) 90 (c) - (a,b,c) + (g)

- (b)

(am.) FeS + (c) + (f ) + (h)

Pyrite (FeS2) - (b,f ) + (h)

Chlorite - (b,c) - (c) 5 - 7 (c,b) 27 (c) 10 - 100 (g)

32 (b)

Nontronite - (b) 27 (b) 7 (b)

Glauconite - (b) 10 (b) 10 (b)

Garnet - (b) - (b) - (b)

Table 7.4 Solubility of iron bearing minerals derived under experimental conditions. + / - imply a solubility of ≥ 97 %
/ ≤ 3 %, values indicate a percentage of release.
(1) Schwertmann (1964): 0.2 M NH4

+-oxalate / 0.2 M oxalic acid; pH: 2.5, 2 h in darkness
(2) Ferdelman (1988): 10 g Na-citrate + 10 g Na-bicarbonate mixed in 200 ml distilled and deionized water, deaerated,

before 4 g ascorbic acid are added; pH: 7.5, 24 h
(3) Lord (1980): 0.35 M acetate / 0.2 M Na-citrate + 1.0 g Na-dithionite for each sample (∼ 1 g wet sediment in 20 ml

solution); pH: 4.8, 4 hours.
(4) Chao and Zhou (1983): 1 M HCl, 30 min; Canfield (1988): 1 M HCl 20-23 h; Cornwell and Morse (1987): 1 M HCl,

45 min; Kostka and Luther (1994): 0.5 M, 1 h.
(5) Haese et al. (1997): 1 ml distilled and deionized water + 1 ml conc. H2SO4 + 2 ml HF were added to ∼ 250 mg of wet

sediment under inert gas atmosphere and constant stirring over few minutes.
(6) Canfield et al. (1986): 15 ml of O2-free 1 M CrCl2 in 0.5 M HCl + 10 ml of 12 M HCl under inert gas atmosphere.

(a) Chou and Zhou 1983, (b) Canfield 1988, (c) Kostka and Luther 1994, (d) Ruttenberg 1992, (e) Mehra and Jackson 1960,
(f) Cornwell and Morse 1987, (g) Haese et al. 1997, (h) Canfield et al. 1986.
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the same extraction conditions (reagent compo-
sition, sediment : solution ratio, contact time)
must be applied.

Table 7.4 gives an overview of experimentally
derived dissolution behavior of iron bearing
minerals under some selected extraction condi-
tions. The investigation of total-Fe from ascor-
bate and dithionite solution can be determined by
ICP-AES or flame-AAS. Ferrous and ferric iron
from non-reducing or non-oxidizing extractions
can be determined by polarographic methods
(Wallmann et al. 1993) or colorimetrically with and
without the addition of a reducing agent (e.g.
hydroxylamine hydrochloride, Kostka and Luther
1994). During the acidic extractions evolving
sulfide can be trapped in a separate alkaline
solution (e.g. Sulfur Antioxidant Buffer, SAOB,
Cornwell and Morse 1987) where it can be
determined polarographically, by precipitation
titration with Pb or by a standard ion sensitive
electrode. Sulfide evolving from HCl extraction is
called Acid Volatile Sulfur (AVS).

The leaching with HF/H2SO4 as described
above and the subsequent polarographic
determination of ferrous and ferric iron is based
on work by Beyer et al. (1975) and Stucki (1981) in
order to quantify the silicate bound ferrous and
ferric iron. This extraction has hardly been
applied with respect to questions of early
diagenesis so far, yet, the silicate bound iron
fraction is quantitatively very important in marine
sediments and even a small reactive fraction of
this pool may be of overall significance for the
iron reactivity. As a complementary method to the
commonly applied extractions (Table 7.4) it
renders the calculation of the total iron speciation
in the sediment which may then be compared to
Mössbauer-spectroscopic results (Haese et al.
1997; Haese et al. 2000).

One of the pitfalls in the interpretation of
extraction results from natural sediments is caused
by the fact that the presence of Fe2+ complexed by
carboxylic acid catalyzes the reduction of crystal-
line iron oxides such as hematite (Sulzberger et al.
1989), magnetite (Blesa et al. 1989) and goethite
(Kostka and Luther 1994). In order to avoid this
catalytic dissolution of well-crystallized iron oxides
by Fe2+ during the oxalate extraction Thamdrup
and Canfield (1996) air-dried the sediment in
advance, thereby oxidizing FeS and FeCO3 to
ferrihydrite. In addition, they applied the anoxic
oxalate extraction and subtracted the released
amount of Fe2+ from the amount of Fe3+ determined

from the oxic extraction to calculate the poorly
crystallized iron oxide fraction as intended
according to Table 7.2.
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7.6 Problems

Problem 1

The Burdekin River is large river in northwes-
tern Australia, which discharges about 3.4 million
tons of sediment into the coastal sea.
a) Estimate how much total and highly reactive
iron is discharged from the catchments. Assume
that the sediment is of average continental crust
composition. b) Estimate how much highly reactive
iron remains in the estuary and in the near-coastal
zone. c) Which other source of iron must be
considered off-shore of northern Australia?

Problem 2

a) List 3 mineral properties of iron oxyhy-
droxides which influence the rate of microbial iron
reduction. b) Explain why wet-chemical extrac-
tions are not mineral specific.

Problem 3

Explain why bioturbation is important for the
rate of dissimilatory iron reduction in sediments.

Problem 4

Which are important variables affecting the
importance of dissimilatory Fe- and Mn-reduction
relative to other metabolic pathways?

Problem 5

a.) Define and explain the abbreviation DOP.
b.) Which extractions are used to determine
DOP.
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