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PREFACE 2"° EDITION

Almost six years have passed since the launching of the first edition of this textbook. The friendly
acceptance and brisk demand of the “Marine Geochemistry” have encouraged us to prepare the
second edition. Six years mean a comparatively long period for a relatively young discipline such as
marine geochemistry. Data and measurements from numerous expeditions, results of different new
methods and techniques, as well as findings of various research programs justify a careful revision of
the first edition.

The authors of the first edition have revised and substantially updated and enlarged their chapters.
We had to give up the partial chapter on sedimentary magnetism of the first edition. In chapter 6 the
authors now concentrate on benthic cycles, and the new co-author Heide N. Schulz especially reports
on phosphorus cycles and the microbial parts. Chapter 8 was extended to the complete marine sulfur
cycling in connection with anaerobic methane oxidation. Gerhard Bohrmann and Marta E. Torres
contribute their completely new chapter 14 on methane hydrates in marine sediments, representing a
well-rounded presentation of this exciting discipline, which will be of major interest in the future.

We also had to consider that other new textbooks (Boudreau and Jergensen 2001, Fasham 2003,
Zhu and Anderson 2002) are now available, whereas revised editions of books (Chester 2000, 2003,
Hoefs 2004) were published.

Horst D. Schulz and Matthias Zabel Bremen, November 2005
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PREFACE 1°T EDITION

Today, most branches of science have been extensively described. As to their objectives and
interrelationships they are also well distinguished from the adjoining science disciplines. In this regard,
marine geochemistry makes an exception, as does geochemistry in general, for - depending on the
scientist’s educational and professional career - this particular field of research can be understood more
or less in terms of geology, chemistry, biology, even mineralogy or oceanography. Despite some occasional
objection, we conceive our interdisciplinary approach to marine geochemistry rather as an opportunity -
even if our own origins most certainly lie in the geosciences. R. Chester (1990) emphasized the chemistry
of the water column and the relations to continental inputs in his book on “Marine Geochemistry”. For us,
however, the investigation of the marine surface sediments and the (bio)geochemical processes taking
place therein will be of major concern. We therefore see our book as a continuation of what
R.A. Bemner (1980) initiated with his classical work “Early Diagenesis”, with which he had a determining
influence in pointing the way ahead. The concept and the contents we present here is addressed to
graduated students of earth science who specialize in marine geochemistry.

Before the background of a continually expanding field of research, it appears impossible for a
textbook on marine geochemistry to cope with the task of achieving completeness. Some parts of
marine geochemistry have been described in more detail elsewhere and with an emphasis placed on a
different context. These parts were permitted to be treated in brief. The classical subjects of “Marine
Geology” are therefore to be found in J.P. Kennet (1982), or with a different perspective in
R.N. Andersen (1986). No book on “Aquatic Chemistry” can hardly be better than the one written by
W. Stumm and J.J. Morgan (1996). There is furthermore the textbook written by K. Grasshoff,
K. Kremling, and M. Ehrhardt (1999) which is concerned with the analytical measurements in seawater.
“Tracers in the Sea” by W.S. Broecker and T.-H. Peng (1982) still remains an essential work of standard,
albeit a new edition is dearly awaited for. The important field of “Isotope Geochemistry” is exquisitely
represented by the books written by G. Faure (1986), Clark and Fritz (1997) and J. Hoefs (1997),
as much as “Organic Geochemistry” is represented by the book published by M.H. Engel and
S.A. Macko (1993). “Diagenetic Models and Their Implementation” are described from the perspective
of a mathematician by B.P. Boudreau (1997), owing to which we were able to confine ourselves to the
geochemist’s point of view.

Marine geochemistry is generally integrated into the broad conceptual framework of oceanography
which encompasses the study of the oceanic currents, their interactions with the atmosphere, weather
and climate; it leads from the substances dissolved in water, to the marine flora and fauna, the processes
of plate tectonics, the sediments at the bottom of the oceans, and thus to marine geology. Our notion of
marine geochemistry is that it is a part of marine geology, wherefore we began our book with a chapter
on the solid phase of marine sediments concerning its composition, development and distribution. The
first chapter written by Dieter K. Fiitterer is therefore a brief summarizing introduction into marine
geology which describes all biochemically relevant aspects related to the subject. Monika Breitzke and
Ulrich Bleil are concerned in the following chapter with the physical properties of sediments and
sedimentary magnetism in a marine-geophysical context, which we deem an important contribution to
our understanding of geochemical processes in the sediment.

In the third chapter, Horst D. Schulz demonstrates that the method to quantify biogeochemical
processes and material fluxes in recent sediments affords the analysis of the pore-water fraction.
Jiirgen Rullkoétter subsequently gives an overview of organic material contained in sediments which
ultimately provides the energy for powering almost all (bio)geochemical reactions in that compartment.
The fifth chapter by Bo. B. Jergensen surveys the world of microorganisms and their actions in
marine sediments. The chapters six, seven, and eight are placed in the order of the oxidative agents



that are involved in the oxidation of sedimentary organic matter: oxygen and nitrate (Christian Hensen
and Matthias Zabel), iron (Ralf R. Haese) and sulfate (Sabine Kasten and Bo. B. Jargensen). They
close the circle of primary reactions that occur in the early diagenesis of oceanic sediments.

In the ninth chapter, marine carbonates are dealt with as a part of the global carbon cycle which
essentially contributes to diagenetic processes (Ralf R. Schneider, Horst D. Schulz and Christian Hensen).
Ratios of stable isotopes are repeatedly used as proxy-parametes for reconstructing the paleoclimate
and paleoceanography. Hence, in the succeeding chapter, Torsten Bickert discusses the stable isotopes
in the marine sediment as well as the processes which bear influence on them. Geoffrey P. Glasby has
dedicated a considerable part of his scientific work to marine manganese. He visited Bremen several
times as a guest scientist and therefore it goes without saying that we seized the opportunity to appoint
him to be the author of the chapter dealing with nodules and crusts of manganese. Looking at the
benthic fluxes of dissolved and solid/particulate substance across the sediment/water interface, the
processes of early diagenesis contribute primarily to the material budgets in the world’s oceans and thus
to the global material cycles. In chapter 12, Matthias Zabel, Christian Hensen and Michael Schliiter have
ventured to make initial methodological observations on global interactions and balances, a subject which
is presently in a state of flux. A summarizing view on hot vents and cold seeps is represented by a chapter
which is complete in itself . We are indebted to Peter M. Herzig and Mark D. Hannington for having
taken responsibility in writing this chapter, without which a textbook on marine geochemistry would
always have remained incomplete. In the final chapter, conceptual models and their realization into
computer models are discussed. Here, Horst D. Schulz is more concerned with the biogeochemical
processes, their proper comprehension, and with aspects of practical application rather than the
demonstration of ultimate mathematical elegance.

This book could only be written because many contributors have given their support. First of all, we
have to mention the Deutsche Forschungsgemeinschaft in this regard, which has generously funded
our research work in the Southern Atlantic for over ten years. This special research project
[Sonderforschungsbereich, SFB 261] entitled “The South Atlantic in the Late Quaternary:
Reconstruction of Material Budget and Current Systems”, covered the joint activities of the
Department of Geosciences at the University Bremen, the Alfred-Wegener-Institute for Polar and
Marine Research in Bremerhaven, and the Max-Planck-Institute for Marine Microbiology in Bremen.

The marine-geochemical studies are closely related to the scientific publications submitted by our
colleagues from the various fields of biology, marine chemistry, geology, geophysics, mineralogy and
paleontology. We would like to thank all our colleagues for the long talks and discussions we had
together and for the patient understanding they have showed us as geochemists who were not at all
times familiar with the numerous particulars of the neighboring sciences.

We were fortunate to launch numerous expeditions within the course of our studies in which several
research vessels were employed, especially the RV METEOR. We owe gratitude to the captains and
crews of these ships for their commitment and services even at times when duty at sea was rough. All
chapters of this book were subject to an international process of review. Although all colleagues
involved have been mentioned elsewhere, we would like to express our gratitude to them once more at
this point. Owing to their great commitment they have made influential contributions as to contents and
character of this book.

Last but not least, we wish to thank our wives Helga and Christine. Although they never had the
opportunity to be on board with us on any of the numerous and long expeditions, they still have always
understood our enthusiasm for marine geochemistry and have always given us their full support.

Horst D. Schulz and Matthias Zabel Bremen, May 1999
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1 The Solid Phase of Marine Sediments

DieTer K. FUTTERER

1.1 Introduction

The oceans of the world represent a natural de-
pository for the dissolved and particulate prod-
ucts of continental weathering. After its input, the
dissolved material consolidates by means of bio-
logical and geochemical processes and is depos-
ited on the ocean floor along with the particulate
matter from weathered rock. The ocean floor de-
posits therefore embody the history of the conti-
nents, the oceans and their pertaining water
masses. They therefore provide the key for under-
standing Earth’s history, especially valuable for
the reconstruction of past environmental condi-
tions of continents and oceans. In particular, the
qualitative and quantitative composition of the
sedimentary components reflect the conditions of
their own formation. This situation may be more or
less clear depending on preservation of primary
sediment composition, but the processes of early
diagenesis do alter the original sediment composi-
tion, and hence they alter or even wipe out the
primary environmental signal. Hence, only an
entire understanding of nature and sequence of
processes in the course of sediment formation and
its diagenetic alteration will enable us to infer the
initial environmental signal from the altered
composition of the sediments.

Looking at the sea-floor sediments from a
geochemical point of view, the function of par-
ticles, or rather the sediment body as a whole, i.e.
the solid phase, can be quite differently
conceived and will vary with the perspective of
the investigator. The “classical” approach —
simply applying studies conducted on the
continents to the oceans — usually commences
with a geological-sedimentological investigation,
whereafter the mineral composition is recorded in
detail. Both methods lead to a more or less overall
geochemical description of the entire system.

Another, more modern approach conceives the
ocean sediments as part of a global system in
which the sediments themselves represent a
variable component between original rock source
and deposition. In such a rather process-related
and globalized concept of the ocean as a system,
sediments attain special importance. First, they
constitute the environment, a solid framework for
the geochemical reactions during early diagenesis
that occur in the pore space between the particles
in the water-sediment boundary layer. Next to the
aqueous phase, however, they are simultaneously
starting material and reaction product, and
procure, together with the porous interspaces, a
more or less passive environment in which
reactions take place during sediment formation.

1.2 Sources and Components of

Marine Sediments

Ocean sediments are heterogeneous with regard
to their composition and also display a consider-
able degree of geographical variation. Due to the
origin and formation of the components various
sediment types can be distinguished: Lithoge-
nous sediments which are transported and dis-
persed into the ocean as detrital particles, either
as terrigenous particles — which is most fre-
quently the case — or as volcanogenic particles
having only local importance; biogenous sedi-
ments which are directly produced by organisms
or are formed by accumulation of skeletal frag-
ments; hydrogenous or authigenic sediments
which precipitate directly out of solution as new
formations, or are formed de novo when the par-
ticles come into contact with the solution; finally,
cosmogenic sediments which are only of second-
ary importance and will therefore not be consid-
ered in the following.



1 The Solid Phase of Marine Sediments

1.21 Lithogenous Sediments

The main sources of lithogenous sediments are ul-
timately continental rocks which have been bro-
ken up, crushed and dissolved by means of physi-
cal and chemical weathering, exposure to frost and
heat, the effects of water and ice, and biological
activity. The nature of the parent rock and the
prevalent climatic conditions determine the inten-
sity at which weathering takes place. Information
about these processes can be stored within the
remnant particulate weathered material, the terri-
genous detritus, which is transported by various
routes to the oceans, such as rivers, glaciers and
icebergs, or wind. Volcanic activity also contrib-
utes to lithogenous sediment formation, however,
to a lesser extent; volcanism is especially effective
on the active boundaries of the lithospheric
plates, the mid-ocean spreading ridges and the
subduction zones.

The major proportion of weathered material is
transported from the continents into the oceans
by rivers as dissolved or suspension load, i.e. in
the form of solid particulate material. Depending
on the intensity of turbulent flow suspension load
generally consists of particles smaller than 30 mi-
crons, finer grained than coarse silt. As the min-
eral composition depends on the type of parent

rock and the weathering conditions of the catch-
ment area, it will accordingly vary with each river
system under study. Furthermore, the mineral
composition is strongly determined by the grain-
size distribution of the suspension load. This can
be seen, for example, very clearly in the suspen-
sion load transported by the Amazon River (Fig.
1.1) which silt fraction (> 4 - 63 um) predominantly
consists of quartz and feldspars, whereas mica,
kaolinite, and smectite predominate in the clay
fraction.

It is not easy to quantify the amount of sus-
pension load and traction load annually dis-
charged by rivers into the oceans on a worldwide
scale. In a conservative estimative approach
which included 20 of the probably largest rivers,
Milliman and Meade (1983) extrapolated this
amount to comprise approximately 13-10° tons.
Recent estimations (Milliman and Syvitski 1992)
which included smaller rivers flowing directly into
the ocean hold that an annual discharge of ap-
proximately 20-10° tons might even exist.

Under the certainly not very realistic assump-
tion of an even distribution over a surface area of
362-10% km? which covers the global ocean floor,
this amount is equivalent to an accumulation rate
of 55.2 tons km y*!, or the deposition of an approxi-
mately 35 mm-thick sediment layer every 1000 years.

Amazon at
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Fig. 1.1 Grain-size distribution of mineral phases transported by the Amazon River (after Gibbs 1977).
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Fig. 1.2 Magnitude of annual particulate sediment discharge of the world’s major rivers. The huge amount of sediment
discharge in southeast Asia and the western Pacific islands is due to high relief, catchment, precipitation and human

activity (Hillier 1995).

Most of the sediment transported to the coast-
line by the rivers today is deposited on protected
coastal zones, in large estuaries, and on the
shelves; only a rather small proportion of the sedi-
ment is transported beyond the shelf edge and
reaches the bottom of the deep sea. The geo-
graphical distribution of the particulate discharge
varies greatly worldwide, depending on the geo-
graphical distribution of the respective rivers,
amount and concentration of the suspended mate-
rial. According to Milliman and Syvitski (1992), the
amount of suspension load is essentially a func-
tion of the surface area and the relief of the
catchment region, and only secondarily does it
depend on the climate and the water mass of the
rivers. Apart from these influences, others like hu-
man activity, climate, and geological conditions
are the essential factors for river systems in
southeast Asia.

The southeast Asian rivers of China, Bangla
Desh, India, and Pakistan that drain the high
mountain region of the Himalayan, and the rivers
of the western Pacific islands (Fig. 1.2), transport
just about one half of the global suspension load
discharged to the ocean annually. This must natu-
rally also exert an effect on the sedimentation

rates in the adjoining oceanic region of the Indo-
Pacific.

Sediment transport by icebergs which calve
from glaciers and inland ice into the ocean at polar
and subpolar latitudes is an important process for
the discharge and dispersal of weathered coarse
grained terrigenous material over vast distances.
Due to the prevailing frost weathering in nival
climate regions, the sedimentary material which is
entrained by and transported by the ice is hardly
altered chemically. Owing to the passive transport
via glaciers the particles are hardly rounded and
hardly sorted in fractions, instead, they comprise
the whole spectrum of possible grain sizes, from
meter thick boulders down to the clay-size
fraction.

As they drift with the oceanic currents, melting
icebergs are able to disperse weathered terrig-
enous material over the oceans. In the southern
hemisphere, icebergs drift from Antarctica north to
40°S. In the Arctic, the iceberg-mediated transport
is limited to the Atlantic Ocean; here, icebergs
drift southwards to 45°N, which is about the
latitude of Newfoundland. Coarse components
released in the process of disintegration and melt-
ing leave behind “ice rafted detritus” (IRD), or

3



1 The Solid Phase of Marine Sediments

“drop stones”, which represent characteristic sig-
nals in the sediments and are of extremely high
importance in paleoclimate reconstructions.

In certain regions, the transport and the distri-
bution carried out by sea ice are important pro-
cesses. This is especially true for the Arctic Ocean
where specific processes in the shallow coastal
areas of the Eurasian shelf induce the ice, in the
course of its formation, to incorporate sediment
material from the ocean floor and the water
column. The Transpolar Drift distributes the sedi-
ment material across the Arctic Ocean all the way
to the North Atlantic. Glacio-marine sedimentation
covers one-fifth of present day’s ocean floor
(Lisitzin 1996).

Terrigenous material can be carried from the
continents to the oceans in the form of mineral
dust over great distances measuring hundreds to
up to thousands of kilometers. This is accom-
plished by eolian transport. Wind, in contrast to
ice and water, only carries particles of finer grain
size, such as the silt and clay fraction. A grain size
of approximately 80 pum is assumed to mark the
highest degree of coarseness transportable by
wind. Along wind trajectories, coarser grains such
as fine sand and particles which as to their sizes
are characteristic of continental loess soil (20-50
wm) usually fall out in the coastal areas, whereas

(AN

- DESERTS

SEMI-ARID
REGIONS

the finer grains come to settle much farther away.
The relevant sources for eolian dust transport
are the semi-arid and arid regions, like the Sahel
zone and the Sahara desert, the Central Asian
deserts and the Chinese loess regions (Pye
1987). According to recent estimations (Prospero
1996), a total rate of approximately 1-2-10° tons y-
' dust is introduced into the atmosphere, of
which about 0.91-10° tons y! is deposited into
the oceans. This amount is, relative to the entire
terrigenous amount of weathered material, not
very significant; yet, it contributes considerably
to sediment formation because the eolian trans-
port of dust concentrates on few specific regions
(Fig. 1.3). Dust from the Sahara contributes to
sedimentation on the Antilles island Barbados at
a rate of 0.6 mm y!, confirming that it is not at all
justified to consider its contribution in building
up deep-sea sediments in the tropical and sub-
tropical zones of the North Atlantic as negligible.
Similar conditions are to be found in the north-
western Pacific and the Indian Ocean where great
amounts of dust are introduced into the ocean
from the Central Asian deserts and the Arabic
desert.

According to rough estimates made by Lisitzin
(1996), about 84 % of terrigenous sediment input
into the ocean is effected by fluvial transport,

DUST TRANSPORT
DIRECTIONS AND
DISTANCES

Fig. 1.3 The world’s major desert areas and semi-arid regions and potential long-distance eolian dust trajectories and

oceanic depocenters (Hillier 1995).

4



12

Sources and Components of Marine Sediments

somewhat more than 7 % by eolian transport, and
less than 7 % is due to the activity of icebergs.

A distinctly less, but still not insignificant pro-
portion of lithogenous sediment is formed by
volcanic activity which is quite often coupled with
processes of active subduction at the continental
plate boundaries. A large proportion of pyroclastic
fragments becomes wind-dispersed over large
areas, whereafter they are usually retraced in
oceanic sediments as finely distributed volcanic
glass. Yet, the formation of single, distinct, cm-
thick tephra layers might also occur in the deep
sea where they represent genuine isochronous
markers which can be used for correlation
purposes and the time calibration of stratigraphic
units. Layers of ash deposits in the eastern Medi-
terranean are prominent examples indicative of the
eruption of the volcanic island Ischia in prehis-
toric times of more than 25,000 years ago, and
Santorin about 3500 years ago.

Locally, there may be a frequent occurrence of
tephra layers and significant concentrations of
finely dispersed volcaniclastic material in deep-
sea sediments especially in the proximal zones of
volcanic activity, like in marginal zones of the
modern Pacific Ocean. In a recent evaluation of te-
phra input into the Pacific Ocean sediments based
on DSDP and ODP data Straub and Schmincke
(1998) estimate that the minimum proportion of
volcanic tephra corresponds to 23 vol.% of the ex-
isting Pacific oceanic sediments.

Lithogenous detrital components of marine
sediments, despite all regional variability, include
only few basic minerals (Table 1.1). With the ex-
ception of quartz, complete weathering, particu-
larly the chemical weathering of metamorphic and
igneous rock, leads to the formation of clay
minerals. Consequently, this group represents,
apart from the remaining quartz, the most impor-
tant mineral constituent in sediments; clay miner-
als make up nearly 50 % of the entire terrigenous
sediment. To a lesser degree, terrigenous detritus
contains unweathered minerals, like feldspars.
Furthermore, there are mica, non-biogenous cal-
cite, dolomite in low quantities, as well as acces-
sory heavy minerals, for instance, amphibole, py-
roxene, apatite, disthene, garnet, rutile, anatase,
zirconium, tourmaline, but they altogether seldom
comprise more than 1 % of the sediment. Basically,
each mineral found in continental rock - apart from
their usually extreme low concentrations - may
also be found in the oceanic sediments. The
percentage in which the various minerals are

present in a sediment markedly depends on the
grain-size distribution.

The clay minerals are of special importance in-
asmuch as they not only constitute the largest
proportion of fine-grained and non-biogenous
sediment, but they also have the special geo-
chemical property of absorbing and easily giving
off ions, a property which affords more detailed
observation. Clay minerals result foremost from
the weathering of primary, rock forming aluminous
silicates, like feldspar, hornblende and pyroxene,
or even volcanic glass. Kaolinite, chlorite, illite,
and smectite which represent the four most
important groups of clay minerals are formed
partly under very different conditions of weather-
ing. Consequently, the analysis of their qualitative
and quantitative distribution will enable us to
draw essential conclusions on origin and trans-
port, weathering and hydrolysis, and therefore on
climate conditions of the rock’s source region
(Biscay 1965; Chamley 1989). The extremely fine-
granular structure of clay minerals, which is likely
to produce an active surface of 30 m?g-! sediment,
as well as their ability to absorb ions internally
within the crystal structure, or bind them
superficially by means of reversible adsorption, as
well as their capacity to temporarily bind larger
amounts of water, all these properties are
fundamental for us to consider clay sediments as
a very active and effectively working “geochemi-
cal factory”.

Clay minerals constitute a large part of the fam-
ily of phyllosilicates. Their crystal structure is
characterized by alternation of flat, parallel sheets,
or layers of extreme thinness. For this reason clay
minerals are called layer silicates. Two basic types
of layers, or sheets make up any given clay
mineral. One type of layer consists of tetrahedral
sheets in which one silicon atom is surrounded by
four oxygen atoms in tetrahedral configuration.
The second type of layer is composed of
octahedron sheets in which aluminum or magne-
sium is surrounded by hydroxyl groups and oxy-
gen in a 6-fold coordinated arrangement (Fig. 1.4).
Depending on the clay mineral under study, there
is still enough space for other cations possessing
a larger ionic radius, like potassium, sodium,
calcium, or iron to fit in the gaps between the
octahedrons and tetrahedrons. Some clay minerals
- the so-called expanding or swelling clays - have
a special property which allows them to incorpo-
rate hydrated cations into their structure. This
process is reversible; the water changes the

5
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Table 1.1 Mineralogy and relative importance of main lithogeneous sediment components.

relative
importance idealized composition

Quarz +++ SiO,
Calcite + CaCOs
Dolomite + (Ca,Mg)CO3
Feldspars

Plagioclase ++ (Na,Ca)[Al(Si,Al)Si,Og]

Orthoclase ++ K[AISi;Og]
Muscovite ++ KAI[(AISi3)O40](OH),
Clay minerals
Kaolinite +++ Al;Si,O5(0OH),
Mica Group

e.g. lliite +++ Ko.s.0.o(Al,Fe,Mg)»(Si,Al)404o(OH),
Chlorite Groupe

e.g. Chlorite s.s. +++ (Mgs., Al{Fe, )Mgs(SisxAl)O19(OH)g
Smektite Groupe

e.g. Montmorillonite +++ Nag 33(Al4 67Mgg 33)Si4019(OH),°nH,O
Heavy minerals, e.g.
Amphiboles

e.g. Hornblende + Cay(Mg,Fe),Al[Siz,Alx](OH),
Pyroxene

e.g. Augite + (Ca,Na)(Mg,Fe,Al)[(Si,Al),Og]
Magnetite - Fes;04
lImenite - FeTiO;
Rutile - TiO,
Zircon - 2rO,
Tourmaline - (Na,Ca)(Mg,Fe,Al,Li);Als(BO3)3SigO15(OH),
Garnet

e.g. Grossular -

Ca3AI2(SiO4)3

volume of the clay particles significantly as it
goes into or out of the clay structure. All in all,
hydration can vary the volume of a clay particle
by 95 %.

Kaolinite is the most important clay mineral of
the two-layer group, also referred to as the 7-Ang-
strom clay minerals (Fig. 1.4), which consist of
interlinked tetrahedron-octahedron units. Illite
and the smectites which have the capacity to bind
water by swelling belong to the group of three-
layered minerals, also referred to as 10-Angstrom
clay minerals. They are made of a combination of
two tetrahedrally and one octahedrally coordi-

6

nated sheets. Four-layer clay minerals, also known
as 14-Angstrom clay minerals, arise whenever a fur-
ther autonomous octahedral layer emerges between
the three-layered assemblies. This group comprises
the chlorites and an array of various composites.

Apart from these types of clay minerals, there
is a relatively large number of clay minerals that
possess a mixed-layered structure made up of a
composite of different basic structures. The result
is a sheet by sheet chemical mixture on the scale
of the crystallite. The most frequent mixed-layer
structure consists of a substitution of illite and
smectite layers.
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tetrahedra o

Kaolinite
octahedra

tetrahedra

Smectite

octahedra lllite

tetrahedra

tetrahedra

octahedra 14 A Chlorite

tetrahedra

hydroxyoctahedra

nH,O

QoOxygens O Hydroxyls @ Aluminium, iron, magnesium

O and @ Silicon, occasionaly aluminium

Fig. 1.4 Schematic diagram of clay mineral types: Left: According to the combination of tetrahedral- and octahedral-
coordinated sheets; Right: Diagrammatic sketch of the structure of smectite (after Hillier 1995 and Grim 1968).

Kaolinite is a regularly structured di-octahedral
two-layer mineral and preferentially develops
under warm and humid conditions, by chemical
weathering of feldspars in tropical soil. Good
drainage is essential to assure the removal of cat-
ions released during hydrolysis. Abundance and
distribution of kaolinite reflects soil-forming pro-
cesses in the area of its origin which is optimal in
lateritic weathering in the tropics. Owing to the
fact that the occurrence of this mineral in ocean
sediments is distinctly latitude-dependent, it is of-
ten referred to as the “mineral of low latitudes”.

Illite is a three-layered mineral of the mica
group and not really a specified mineral, instead
the term illite refers to a group of mica-like miner-
als in the clay fraction; as such, it belongs to the
most frequently encountered type of clay miner-
als. Illites are formed as detrital clay minerals by
fragmentation in physical weathering. Chemical
weathering (soil formation) in which potassium is
released from muscovite also leads to the
formation of illites. For this reason, illite is often
referred to as incomplete mica or hydromica. The
distribution of illites clearly reflects its terrestrial
and detrital origin which is also corroborated by
K/Ar-age determinations made on illites obtained
from recent sediments. There are as yet no indica-
tions as to in-situ formations of illites in marine
environments.

Similar to the illites are the cation-rich, ex-
pandable, three-layered minerals of the smectite
group. The smectites, a product of weathering and
pedogenic formation in temperate and sub-arid
zones, hold an intermediate position with regard
to their global distribution. However, smectites are
often considered as indicative of volcanic envi-
ronments, in fact smectite formation due to low-
temperature chemical alteration of volcanic rocks
is even a quite typical finding. Similarly, finely
dispersed particles of volcanic glass may trans-
form into smectite after a sufficiently long
exposure to seawater. Smectites may also arise
from muscovite after the release of potassium and
its substitution by other cations. There is conse-
quently no distinct pattern of smectite distribution
discernible in the oceans.

The generally higher occurrence of smectite
concentrations in the southern hemisphere can be
explained with the relatively higher input of volca-
nic detritus. This is especially the case in the
Southern Pacific.

Chlorite predominately displays a trioctahedral
structure and is composed of a series of three
layers resembling mica with an interlayered sheet
of brucite (hydroxide interlayer). Chlorite is mainly
released from altered magmatic rocks and from
metamorphic rocks of the green schist facies as a
result of physical weathering. It therefore charac-

7
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teristically depends on the type of parent rock.
On account of its iron content, chlorite is prone
to chemical weathering. Chlorite distinctly dis-
plays a distribution pattern of latitudinal zona-
tion and due to its abundance in polar regions it
is considered as the “mineral of high latitudes”
(Griffin et al. 1968). The grain size of chlorite min-
erals is — similar to illite — not limited to the clay
fraction (< 4 um), but in addition encompasses
the entire silt fraction (4 - 63 um) as well.

1.22 Biogenous Sediments

Biogenous sediments generally refer to bioclastic
sediments, hence sediments which are built of
remnants and fragments of shells and tests pro-
duced by organisms — calcareous, siliceous or

phosphatic particles. In a broader sense, bio-
genous sediments comprise all solid material
formed in the biosphere, i.e. all the hard parts in-
clusive of the organic substance, the causto-
bioliths. The organic substance will be treated
more comprehensively in Chapter 4, therefore they
will not be discussed here.

The amount of carbonate which is deposited in
the oceans today is almost exclusively of bio-
genous origin. The long controversy whether
chemical precipitation of lime occurs directly in
the shallow waters of the tropical seas, such as
the banks of the Bahamas and in the Persian Gulf
(Fig. 1.5), during the formation of calcareous
ooids and oozes of acicular aragonite, has been
settled in preference of the concept of biomin-
eralization (Fabricius 1977). The tiny aragonite

Fig. 1.5 SEM photographs of calcareous sediments composed of aragonite needles which are probably of biogenic origin.
Upper left: slightly etched section of a calcareous ooid from the Bahamas showing subconcentric laminae of primary ooid
coatings; upper right: close-up showing ooid laminae formed by small acicular aragonite needles. Lower left: silt-sized
particle of aragonite mud from the Persian Gulf; lower right: close-up showing details of acicular aragonite needles measuring up

to 10 um in length, scalebar 5 um.
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needles (few micrometers) within the more or less
concentric layers of calcareous ooids have been
considered for a long time as primary precipitates
from seawater. However, further investigations in-
cluding the distribution of stable isotopes dis-
tinctly evidenced their biological origin as prod-
ucts of calcification by unicellular algae. Yet, one
part of the acicular aragonite ooze might still origi-
nate from the mechanical disruption of shells and
skeletal elements.

Although marine plants and animals are numer-
ous and diverse, only relatively few groups pro-
duce hard parts capable of contributing to the
formation of sediments, and only very few groups
occur in an abundance relevant for sediment for-
mation (Table 1.2). Relevant for sediment forma-
tion are only carbonate minerals in the form of ara-
gonite, Mg-calcite and calcite, as well as biogenic

opal in the form of amorphous SiO,-nH,O. The
sulfates of strontium and barium as well as
various compounds of iron, manganese, and alu-
minum are of secondary importance, yet they are
of geochemical interest, e.g. as tracers for the re-
construction of past environmental conditions.
For example, the phosphatic particles formed by
various organisms, such as teeth, bone, and shells
of crustaceans, are major components of phos-
phorite rocks which permit us to draw conclusions
about nutrient cycles in the ocean.

Large amounts of carbonate sediment accumu-
late on the relatively small surface of the shallow
shelf seas — as compared to entire oceans surface
— of the tropical and subtropical warm water re-
gions, primarily by few lime-secreting benthic
macrofossil groups. Scleritic corals, living in sym-
biosis with algae, and encrusting red algae consti-

Table 1.2 Major groups of marine organisms contributing to biogenic sediment formation and mineralogy of skeletal

hard parts. Foraminifera and diatoms (underlined) are important groups of both plankton and benthos. x

common,

(x) = rare (mainly after Fligel 1978, 2004 and Milliman 1974).

Aragonite Aragonite Mg-Calcite

+ Calcite

Calcite + divers

Mg-Calcite

Calcite Opal

Plankton
Pteropods
Radiolarians
Foraminifera
Coccolithophores
Dinoflagellates
Silicoflagellates
Diatoms

Benthos
Chlorophyta
Rhodophyta
Phaeophyta
Sponges
Scleratinian corals
Octocorals
Bryozoens
Brachiopods
Gastropods
Pelecypods
Decapods
Ostracods
Barnacles
Annelid worms
Echinoderms
Ascidians

X X X X X X X

xX X

X XX
2z

X X X X X

celestite

organic

celestite

phosphate

phosphate

phosphate
phosphate
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tute the major proportion of the massive
structures of coral reefs. Together with calcifying
green algae, foraminifera, and mollusks, these or-
ganisms participate in a highly productive ecosys-
tem. Here, coarse-grained calcareous sands and
gravel are essentially composed of various bio-
clasts attributable to the reef structure, of lime-se-
creting algae, mollusks, echinoderms and large
foraminifera.

Fine-grained calcareous mud is produced by
green algae and benthic foraminifera as well as by
the mechanical abrasion of shells of the
macrobenthos. Considerable amounts of sediment
are formed by bioerosion, through the action of
boring, grazing and browsing, and predating or-
ganisms. Not all the details have been elucidated
as to which measure the chemical and biological
decomposition of the organic matter in biogenic
hard materials might lead to the formation of pri-
mary skeletal chrystalites on the micrometer scale,
and consequently contribute to the fine-grained
calcareous mud formation.

It is obvious that the various calcareous-
shelled groups, especially of those organisms who
secrete aragonite and Mg-calcite, contribute sig-
nificantly to the sediment formation in the shallow
seas, whereas greater deposits of biogenic opal
are rather absent in the shallow shelf seas. The
isostatically over-deepened shelf region of
Antarctica, where locally a significant accumula-
tion of siliceous sponge oozes occurs, however,
makes a remarkable exception. The relatively low
opal concentration in recent shelf deposits does
not result from an eventual dilution with terri-
genous material. The reason is rather that recent
tropical shallow waters have low silicate concen-
trations, from which it follows that diatoms and
sponges are only capable of forming slightly
silicified skeletons that quickly remineralize in
markedly silicate-deficient waters.

With an increasing distance from the coastal
areas, out toward the open ocean, the relevance of
planktonic shells and tests in the formation of
sediments increases as well (Fig. 1.6). Planktonic
lime-secreting algae and silica-secreting algae,
coccolithophorids and diatoms that dwell as pri-
mary producers in the photic zone which thick-
ness measures approximately 100 m, as well as the
calcareous foraminifers and siliceous radiolarians,
and silicoflagellates (Table 1.2), are the producers
of the by far most widespread and essential deep-
sea sediments: the calcareous and siliceous
biogenic oozes. Apart from the groups mentioned,
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planktonic mollusks, the aragonite-shelled
pteropods, and some calcareous cysts forming
dinoflagellates, also contribute to a considerable
degree to sediment formation.

123 Hydrogenous Sediments
Hydrogenous sediments may be widely distrib-
uted, but as to their recent quantity they are rela-
tively insignificant. They will be briefly mentioned
in this context merely for reasons of being
complete. According to Elderfield (1976), hydrog-
enous sediments can be subdivided into “precipi-
tates”, primary inorganic components which have
precipitated directly from seawater, like sodium
chloride, and “halmyrolysates”, secondary
components which are the reaction products of
sediment particles with seawater, formed subse-
quent to in-situ weathering, but prior to dia-
genesis. Of these, manganese nodules give an ex-
ample. In the scope of this book, these compo-
nents are not conceived as being part of the “pri-
mary” solid phase sediment, but as “secondary”
authigenic formations which only emerge in the
course of diagenesis, as for instance some clay
minerals like glauconite, zeolite, hydroxides of iron
and manganese etc. In the subsequent Chapters
11 and 13 some aspects of these new formations
will be more thoroughly discussed.

The distinction between detrital and newly
formed, authigenic clay minerals is basically diffi-
cult to make on account of the small grain size and
their amalgamation with quite similar detrital
material. Yet it has been ascertained that the by far
largest clay mineral proportion — probably more
than 90 % — located in recent to subrecent sedi-
ments is of detrital origin (Chamley 1989; Hillier
1995). There are essentially three ways for
smectites to be formed, which demand specific
conditions as they are confined to local areas. Al-
terations produced in volcanic material is one way,
especially by means of hydration of basaltic and
volcanic glasses. This process is referred to as
palagonitization. The probably best studied
smectite formation consists in the vents of hydro-
thermal solutions and their admixture with seawa-
ter at the mid-oceanic mountain ranges. Should
authigenic clay minerals form merely in recent sur-
face sediments in very small amounts, their fre-
quency during diagenesis (burial diagenesis), will
demonstrate a distinct elevation. However, this
aspect will not be considered any further beyond
this point.
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Fig. 1.6 SEM photographs of the important sediment-forming planktonic organisms in various stages of decay. Above:
Siliceous centered diatoms. Middle: Siliceous radiolarian. Below: Calcareous coccolithophorid of single placoliths =
coccoliths and lutitic abrasion of coccoliths. Identical scale of 5 um.

1.3 Classification of Marine

Sediments

As yet, there is no general classification scheme
applicable to marine sediments that combines all
the essential characteristics pertaining to a sedi-
ment. A large number of different schemes has
been proposed in the literature which focus either
on origin, grain-size distribution, chemical and
mineralogical features of the sediment compo-
nents, or the facial development of the sediments
— all depending on the specific problem under

study. The advantages and disadvantages of the
various schemes will not be of any concern here.
In the following, an attempt will be made to give a
comprehensive concise summary, based on the
combination of the various concepts.

Murray and Renard (1891) early introduced a
basically simple concept which in its essentials
differentiated according to the area of sediment
deposition as well as to sediment sources. It dis-
tinguished (i) “shallow-water deposits from low-
water mark to 100 fathoms”, (ii) “terrigenous de-
posits in deep and shallow water close to land”,
i.e. the combined terrigenous deposits from the

11
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deep sea and the shelf seas, and (iii) “pelagic de-
posits in deep water removed from land”. This
scheme is very much appropriate to provide the ba-
sic framework for a simple classification scheme on
the basis of terrigenous sediments, inclusive of the
“shallow-water deposits” in the sense of Murray
and Renard (1891), and the deep-sea sediments.
The latter usually are subdivided into hemipelagic
sediments and pelagic sediments.

1.31 Terrigenous Sediments

Terrigenous sediments, i.e. clastics consisting of
material eroded from the land surface, are not only
understood as nearshore shallow-water deposits
on the shelf seas, but also comprise the deltaic
foreset beds of continental margins, slump depos-
its at continental slopes produced by gravity
transport, and the terrigenous-detrital shelf sedi-
ments redistributed into the deep sea by the activ-
ity of debris flows and turbidity currents.

The sand, silt, and clay containing shelf sedi-
ments primarily consist of terrigenous siliciclastic
components transported downstream by rivers;
they also contain various amounts of autochtho-
nous biogenic shell material. Depending on the
availability of terrigenous discharge, biogenic car-
bonate sedimentation might predominate in broad
shelf regions. A great variety of grain sizes is
typical for the sediments on the continental shelf,
with very coarse sand or gravel accumulating in
high-energy environments and very fine-grained
material accumulating in low-energy environ-
ments. Coarse material in the terrigenous sedi-
ments of the deep sea is restricted to debris flow
deposits on and near the continental margins and
the proximal depocenters of episodic turbidites.

The development and the hydrodynamic his-
tory of terrigenous sediments is described in its
essentials by the grain-size distribution and the
derived sediment characteristics. Therefore, a
classification on the basis of textural features ap-
pears suitable to describe the terrigenous sedi-
ments. The subdivision of sedimentary particles
according the Udden-Wentworth scale encom-
passes four major categories: gravel (> 2 mm),
sand (2 - 0.0625 mm), silt (0.0625 - 0.0039 mm) and
clay (< 0.0039 mm), each further divided into a
number of subcategories (Table 1.3). Plotting the
percentages of these grain sizes in a ternary dia-
gram results in a basically quite simple and clear
classification of the terrigenous sediments (Fig.
1.7). Further subdivisions and classifications
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within the various fields of the ternary diagram are
made quite differently and manifold, so that a
commonly accepted standard nomenclature has
not yet been established. The reason for this lies,
to some extent, in the fact that variable amounts of
biogenic components may also be present in the
sediment, next to the prevalent terrigenous,
siliclastic components. Accordingly, sediment
classifications are likely to vary and certainly will
become confusing as well; this is especially true
of mixed sediments. However, a certain degree of
standardization has developed owing to the fre-
quent and identical usage of terms descriptive of
sediment cores, as employed in the international
Ocean Drilling Program (ODP) (Mazullo and Gra-
ham 1987).

Although very imprecise, the collective term
“mud” is often used in literature to describe the
texture of fine-grained, mainly non-biogenic
sediments which essentially consist of a mixture
of silt and clay. The reason for this is that the
differentiation of the grain-size fractions, silt and
clay, is not easy to manage and is also very time-
consuming with regard to the applied methods.
However, it is of high importance for the genetic
interpretation of sediments to acquire this
information. For example, any sediment mainly
consisting of silt can be distinguished, such as a
distal turbidite or contourite, from a hemipelagic
sediment mainly consisting of clay. The
classification of clastic sediments as proposed
by Folk (1980) works with this distinction,
providing a more precise definition of mud as a
term (Fig. 1.8).

Clay

Sand-
silt-clay

[
Sity 29 Sandy
sand : silt

Sand Silt
Fig. 1.7 Ternary diagram of sand-silt-clay grain-size dis-
tribution showing principal names for siliciclastic,
terrigeneous sediments (from Shepard 1954).



13

Classification of Marine Sediments

Udden-Wenthworth Terminology

mm phi values (§)
1024 -10 Boulder
512 -9
256 -8
128 -7 Cobbles
64 -6
32 -5
16 -4 Pebble
8 -3
4 -2
3,36 -1,75
2,83 -1,5 Granule
2,38 -1,25
2,00 -1,0
1,68 -0,75
1,41 -0,5 Very coarse sand
1,19 -0,25
1,00 0,0
0,84 0,25
0,71 0,50 Coarse sand
0,59 0,75
0,50 1,00
0,42 1,25
0,35 1,50 Medium sand
0,3 1,75
0,25 2,00
0,21 2,25
0,177 2,50 Fine sand
0,149 2,75
0,125 3,00
0,105 3,25
0,088 3,50 Very fine sand
0,074 3,75
0,0625 4,00
0,053 4,25
0,044 4,50 Coarse silt
0,037 4,75
0,031 5,00
5,25
5,50 Medium silt
5,75
0,0156 6,00
6,25
6,50 Fine silt
6,75
0,0078 7,00
7,25
7,50 Very fine silt
7,75
0,0039 8,00
0,00200 9,0
0,00098 10,0 Clay
0,00049 11,0

Table 1.3 Grain-size scales and textural classification
following the Udden-Wentworth US Standard. The phi
values (¢) according to Krumbein (1934) and Krumbein
and Graybill (1965); ¢ = - log, d/d, where d, is the stan-
dard grain diameter (i.e. 1 mm).

S, sand ; s, sandy Sand
Z, silt; z, silty
M, mud ; m, muddy

C, clay ; c, clayey 90,
cS | mS\ zS
50
% Sand
sC sM sZ
10
/¢ | wm |\ z \
Clay 2:1 1:2 Silt

Fig. 1.8 Textural classification of clastic sediments
(modified after Folk 1980).

It needs to be stated in this context, that, in order
to compare the quantitative reports of published
grain sizes, the international literature does not draw
the line between silt and clay at 0.0039 mm
— as the U.S standard and the Udden-Wentworth
scale does (Table 1.3), or the French AFNOR-
norm, but sets the limit at 0.002 mm, a value very
often found in German literature and complying
with the DIN-standards. To add to further diver-
sity, modern publications from Russia mark the
silt-clay transition at a grain size of 0.01 mm (e.g.
Lisitzin 1996).

1.3.2 Deep-sea Sediments

The sediments in the deep sea consist of only few
basic types which in their manifold combinations
are suited for the description of a varied facial
pattern (Table 1.4). The characteristic pelagic
deep-sea sediment far from coastal areas is deep-
sea red clay, an extremely fine-grained (median
<1 um) red-brown clay sediment which covers the
oceanic deep-sea basins below the Calcite
Compensation Depth (CCD). More than 90 % is
composed of clay minerals, other hydrogenous
minerals, like zeolite, iron-manganese precipi-
tates and volcanic debris. Such sediment com-
position demonstrates an authigenic origin. The
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small percentage of lithogenic minerals, such as
quartz, feldspar and heavy minerals, confirms the
existence of terrigenous components which in part
should have originated from eolian transport
processes. The biogenic oozes represent the most
frequent type of deep-sea sediments; they mainly
consist of shells and skeletal material from plank-
tonic organisms living in the ocean where they
drizzle from higher photic zones down to the
ocean floor, like continuous rainfall, once they
have died (Fig. 1.6). The fragments of the calcare-
ous-shelled pteropods, foraminifera, and cocco-
lithophorids constitute the calcareous oozes (pter-
opod ooze, foraminiferal ooze, or nannofossil
ooze), whereas the siliceous radiolarians, silico-
flagellates, and diatoms constitute the siliceous
oozes (radiolarian ooze or diatomaceous ooze).
The hemipelagic sediments are basically made
of the same components as the deep-sea red clay

and the biogenic oozes, clay minerals and bio-
genic particles respectively, but they also contain
an additional and sometimes dominating amount
of terrigenous material, such as quartz, feldspars,
detrital clay minerals, and some reworked bio-
genous components from the shelves (Table 1.4,
Fig. 1.9).

Most deep-sea sediments can be described ac-
cording to their composition or origin as a three-
component system consisting of

1) biogenic carbonate,
(i)  biogenic opal, and

(i)  non-biogenic mineral constituents.

The latter group comprises the components of the
deep-sea red clay and the terrigenous silici-
clastics. On the basis of experiences made in the
Deep Sea Drilling Project, Dean et al. (1985) have

Table 1.4 Classification of deep-sea sediments according to Berger (1974).

I. (Eu-)pelagic deposits (oozes and clays)
< 25 % of fraction > 5um is of terrigenic, volcanogenic, and/or neritic origin
Median grain size < 5um (except in authigenic minerals and pelagic organisms)
A. Pelagic clays. CaCO; and siliceous fossils < 30 %
1. CaCO;3 1 - 10 %. (Slightly) calcareous clay
2. CaCO3 10 - 30 %. Very calcareous (or marl) clay
3. Siliceous fossils 1 - 10 %. (Slightly) siliceous clay
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4. Siliceous fossils 10 - 30 %. Very siliceous clay

B. Oozes. CaCO; or siliceous fossils > 30 %
1. CaCO; > 30 %. < %/; CaCOg: marl ooze. > ?/3 CaCO5: chalk ooze
2. CaCO;3 < 30 %. > 30 % siliceous fossils: diatom or radiolarian ooze

. Hemipelagic deposits (muds)

> 25 % of fraction > 5 pm is of terrigenic, volcanogenic, and/or neritic origin
Median grain size >5 pym (except in authigenic minerals and pelagic organisms)

A. Calcareous muds. CaCO3 > 30 %
1. < 2/ CaCO5: marl mud. > /3 CaCOj3: chalk mud
2. Skeletal CaCO; > 30 %: foram ~, nanno ~, coquina ~

B. Terrigenous muds, CaCO3; < 30 %. Quarz, feldspar, mica dominant
Prefixes: quartzose, arkosic, micaceous

C. Volcanogenic muds. CaCO3; < 30 %. Ash, palagonite, etc., dominant

lll. Special pelagic and/or hemipelagic deposits

1. Carbonate-sapropelite cycles (Cretaceous).

2. Black (carbonaceous) clay and mud: sapropelites (e.g., Black Sea)
3. Silicified claystones and mudstones: chert (pre-Neogene)

4. Limestone (pre-Neogene)
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Fig. 1.9 Hemipelagic sediment from Sierra Leone Rise, tropical North Atlantic. Left: Fine silt-size fraction composed
of coccoliths (c), foraminiferal fragments (f) and of detrital quartz (q) and mica (m). Right: Coarse silt-sized fraction
predominately composed of foraminiferal fragments (f), some detrital quartz (q) and mica (m), scalebar 10 pm.

CLAY
CLAY

C -CLAY
D - DIATOMS Nannofossil - Diatom - bearing
N - NANNOFOSSIL bearing CLAY CLAY
b - bearing

Nannofossil DIATOM

CLAY CLAY
Clayey N CLAVEY
NANNOFOSSIL - Ay _@QO DIATOM OOZE
Q0ZE N le) ,\4’9
&'
§ o
Clay - bearing . .
NANHOFOSSIL = oo N cb Cb ND D DIATOM OOZE
O0ZE 00OZE D-N OOZE | N-D OOZE O0ZE
NANNOFOSSIL OOZE DbN /' A,EA‘BTF%%SIL NANNOFOSSIL \ N-b D DIATOM OOZE
00zZE OOZE DIATOM OOZE O0ZE
NANNO - DIATOMS
FOSSILS

Fig. 1.10 Classification of deep-sea sediments according to the main constituents, e.g. clay (non-biogenic), diatoms
(siliceous biogenic), and nannofossils (calcareous biogenic); (modified from Dean et al. 1985).
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developed a very detailed and purely descriptive
classification scheme (Fig. 1.10):

* The most frequently occurring component
with a percentage higher than 50 % deter-
mines the designation of the sediment. Non-
biogenic materials are specified accordingly
on the basis of the grain-size fractions: sand,
silt or clay. Biogenic material is referred to as
“0oze” and preceded by the most abundant
biogenic component: nannofossil ooze, fora-
minifera ooze, diatom ooze, and radiolarian
ooze respectively.

» Each component measuring between 25-50 %
is characterized by the following attributes:
sandy, silty, clayey, or nannofossil, foramini-
feral, diatomaceous, or radiolarian.

+ Components with percentages between 10-25 %
are referred to by adding the suffix “-bearing”,

as in “clay-bearing”, “diatom-bearing”.

» Components with percentages below 10 % are
not expressed at all, but may be included by
addition of the suffix “rich”, as in “Cg,-rich”.

The thus established, four-divided nomencla-
ture of deep-sea sediments with threshold limits of
10 %, 25 % and 50 % easily permits a quite de-
tailed categorization of the sediment which is
adaptable to generally rare, but locally frequent
occurrences of components, e.g. zeolite, eventu-
ally important for a more complete description.

1.4 Global Patterns of

Sediment Distribution

The overall distribution pattern of sediment types
in the world’s oceans depends on few elementary
factors. The most important factor is the relative
amount with which one particle species contrib-
utes to sediment formation. Particle preservation
and eventual dilution with other sediment compo-
nents will modify the basic pattern. The formation
and dispersal of terrigenous constituents derived
from weathering processes on the continents, as
well as autochthonous oceanic-biogenic constitu-
ents, both strongly depend on the prevalent cli-
mate conditions, so that, in the oceans, a latitude-
dependent and climate-related global pattern of
sediment distribution will be the ultimate result.
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1.41 Distribution Patterns of

Shelf Sediments

The particulate terrigenous weathering products
mainly transported from the continents by rivers
are not homogeneously distributed over the ocean
floor, but concentrate preferentially along the con-
tinental margins, captured either on the shelf or
the continental slope (Fig. 1.11). Massive sedi-
ment layers are built where continental inputs are
particularly high, and preferentially during glacial
periods when sea levels were low.

Approximately 70 % of the continental shelf
surface is covered with relict sediment, i.e. sedi-
ment deposited during the last glacial period un-
der conditions different from today’s, especially at
times when the sea level was comparatively low
(Emery 1968). It has to be assumed that there is a
kind of textural equilibrium between these relict
sediments and recent conditions. The fine-grained
constituents of shelf sediments were eluted
during the rise of the sea level in the Holocene
and thereafter deposited, over the edge of the
shelf onto the upper part of the continental slope,
so that extended modern shelf surface areas
became covered with sandy relict sediment
(Milliman et al. 1972; Milliman and Summerhays
1975).

According to Emery (1968), the sediment distri-
bution on recent shelves displays a plain and dis-
tinctly zonal pattern (Fig. 1.12):

Biogenic sediments with coarse-grained calcare-
ous sediments predominate at lower latitudes,

Detrital sediments with riverine terrigenous
siliciclastic material at moderate latitudes, and

Glacial sediments of terrigenous origin trans-
ported by ice are limited to high latitudes.

In detail, this well pronounced pattern may be-
come strongly modified by local superimpositions.
Coarse-grained biogenic carbonate sediments will
be found at moderate and high latitudes as well, at
places where the riverine terrigenous inputs are
very low (Nelson 1988).

Today, as a result of the post-glacial high sea
levels, most river-transported fine-grained material
is deposited in the estuaries and on the flat inner
shelves in the immediate proximity of river
mouths. Only a small proportion is transported
over the edge of the shelf onto the continental
slope. These processes account for the develop-
ment of mud belts on the shelf, of which 5 types
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of shelf mud accumulation can be distinguished
(McCave 1972, 1985): “muddy coasts, nearshore,
mid- and outer-shelf mud belts and mud blankets’
(Fig. 1.13). Mud belts depend on the amount of
discharged mud load, the prevalent tidal and/or
current system, or the distribution of the sus-

north pole

GLACIAL

WATER-CONTRIBUTED
DETRITAL

AUTHIGENIC

BIOGENIC
equator

south pole

Fig. 1.12 Latitudinal distribution of sedimentary facies
of the shallow marine environment of continental
shelves in an idealized ocean. Bold arrows = cold water;
light arrows = warm water; grey arrows = upwelling water
(modified from Reineck and Singh 1973).

.................... Pacific Equatorial Bulge, 0.5 km

<1 Km

B«

Sediment thickness to acoustic basement in the world ocean (from Berger 1974).

pended sediment. Muddy coasts will preferentially
form near river mouths, whereas mid-shelf mud
belts are characteristic of regions where wave and
tidal activity are relatively lower than on the inner
or outer shelf.

Especially in delta regions where the supply
rates of terrigenous material are high — as in the
tropics — even the entire shelf might become cov-
ered with a consistent blanket of mud, although
the shelf represents a region of high energy con-
version.
1.4.2  Distribution Patterns of
Deep-sea Sediments

The two most essential boundary conditions in
pelagic sedimentation are the nutrient content in
the surface water which controls biogenic produc-
tivity and by this biogenic particle production,
and the position of the calcite compensation
depth (CCD) controlling the preservation of
carbonate. The CCD, below which no calcite is
found, describes a level at which the dissolution
of biogenic carbonate is compensated for by its
supply rate. The depth of the CCD is generally
somewhere between 4 and 5 km below the surface,
however, it varies rather strongly within the three
great oceans due to differences in the water mass
and the rates of carbonate production.

Calcareous ooze and pelagic clays are the pre-
dominant deep-sea sediments in offshore regions

17
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Fig. 1.13 Schematic representation of modern mud accumulation on continental shelves (modified from McCave

(1972)).

(Table 1.5). The distribution of these sediments in
the three great oceans shows a considerable de-
gree of variation (Fig. 1.14). The distribution pat-
terns strongly depend on the water depth, i.e. the
position of the CCD. Calcareous ooze, primarily
consisting of foraminiferal oozes and nanno-
plankton oozes, covers vast stretches of the sea-

floor at water depths less than 3-4 km and
roughly retraces the contours of the mid-oceanic
ridges as well as other plateaus and islands,
whereas pelagic clay covers the vast deep-sea
plains in the form of deep-sea red clay. This par-
ticular pattern is especially obvious in the Atlan-
tic Ocean.

Table 1.5 Relative areas of world oceans covered with pelagic sediments; area of deep-sea floor = 268.1:10° km?

(from Berger (1976)).

Sediments (%) Atlantic Pacific Indian World
Calcareous ooze 65,1 36,2 54,3 47,1
Pteropod ooze 2,4 0,1 - 0,6
Diatom ooze 6,7 10,1 19,9 11,6
Radiolarian ooze - 4,6 0,5 2,6
Red clays 25,8 49,1 25,3 38,1
Relative size of ocean (%) 23,0 53,4 23,6 100,0
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Fig, 1.14 Distribution of dominant sediment types on the present-day deep-sea floor. The main sediment types are
deep-sea clay and calcareous oozes which patterns are predominately depth-controlled. (from Davies and Gorsline

(1976)).

Siliceous oozes, mostly consisting of diatom
ooze, form a conspicuous ring around Antarctica
which clearly marks the zone of the Polar Front in
the Antarctic Circumpolar Current. A broad band
of radiolarian ooze covers the Pacific Ocean
below the equatorial upwelling zone, whilst dia-
tom ooze covers the oceanic margins of the
Northern Pacific. Terrigenous sediments, espe-
cially in the form of mass flow deposits and tur-
bidites cover vast stretches of the near-continen-
tal zones in the North Atlantic, the northeastern
Pacific, and the broad deep-sea fans off the big
river mouths in the northern Indian Ocean.
Glacio-marine sediments are restricted to the
continental margins of Antarctica and to the high
latitudes of the North Atlantic.

1.4.3  Distribution Patterns of
Clay Minerals

Apart from the pelagic clays of the abyssal plains
and the terrigenous sediments deposited along

the continental margins, primarily or exclusively
consisting of clay minerals, various amounts of
lithogenous clay minerals can be found in all
types of ocean sediments (Table 1.6). The relative
proportion of the various clay minerals in the sedi-
ments is a function of their original source, their
mode of transport into the area of deposition —
either by eolian or volcanic transport, or by means
of water and ice — and finally the route of
transportation (Petschick et al. 1996). In a global
survey, it is easy to identify the particular interac-
tions which climate, weathering on the continents,
wind patterns, riverine transport, and oceanic
currents have with regard to the relative distribu-
tion of the relevant groups of clay minerals
(kaolinite, illite, smectite, and chlorite).

The distribution of kaolinite in marine sedi-
ments (Fig. 1.15) depends on the intensity of
chemical weathering at the site of the rock’s origin
and the essential patterns of eolian and fluvial
transport. Due to its concentration at equatorial
and tropical latitudes, kaolinite is usually referred
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Table 1.6 Average relative concentrations [wt.%] of the principal clay mineral groups in the < 2 [m carbonate-free
fraction in sediments from the major ocean basins (data from Windom 1976).

Kaolinite lllite Smectite Chlorite
North Atlantic 20 56 16 10
Gulf of Mexico 12 25 45 18
Caribbian Sea 24 36 27 1
South Atlanic 17 47 26 11
North Pacific 8 40 35 18
South Pacific 8 26 53 13
Indian Ocean 16 30 47 10
Bay of Bengal 12 29 45 14
Arabian Sea 9 46 28 18

to as the “clay mineral of low latitudes” (Griffin et
al. 1968).

Illite is the most frequent clay mineral to be
found in ocean sediments (Fig. 1.16). It demon-
strates a distinctly higher concentration in sedi-
ments at mid-latitudes of the northern oceans
which are surrounded by great land masses. This
follows particularly from its terrigenous origin and
becomes evident when the Northern Pacific is
compared with the Southern Pacific. The illite con-
centration impressively reflects the percentage
and distribution of particles which were intro-

duced into marine sediments by fluvial transport.
The predominance of illites in the sediments of the
Pacific and Atlantic Oceans at moderate latitudes,
below the trajectories of the jet-stream, indicates
the great importance of the wind system in the
transport of fine-dispersed particulate matter.

The distribution pattern of smectite differs
greatly in the three oceans (Fig. 1.17), and along
with some other factors may be explained as an ef-
fect induced by dilution. Smectite is generally
considered as an indicator of a “volcanic regime”
(Griffin et al. 1968). Thus, high smectite concentra-

KAOLINITE

—Ilﬂ\

<10

Percent

10-20 |20-30 [ s040 [ 4050 [ > 50

Fig. 1.15 Relative distribution of kaolinite in the world ocean, concentration in the carbonate-free < 2 pum size frac-

tion (from Windom 1976).

20



14 Global Patterns of Sediment Distribution

ILLITE

) ¢ BN Pt~
: \‘!A_ng

0 2000 km

Percent

<20 [[7]2030 [ 3040 [ 2050 [ > 50

Fig. 1.16 Relative distribution of illite in the world ocean, concentration in the carbonate-free < 2 um size fraction
(from Windom 1976).

tions are usually observed in sediments of the as well. The low smectite concentration in the
Southern Pacific, in regions of high volcanic activ-  North Atlantic results from terrigenous detritus in-
ity, where the sedimentation rates are very low  puts which are rich in illites and chlorites.

due to great distances from the shoreline, and The distribution of chlorite in deep-sea sedi-
where the dilution with other clay minerals is low  ments (Fig. 1.18) is essentially inversely related to

SMECTITE

Percent

|<20 [2030 [lzos0 [ so-70 [0

Fig. 1.17 Relative distribution of smectite in the world ocean, concentration in the carbonate-free < 2 um size
fraction (from Windom 1976).
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Fig. 1.18 Relative distribution of chlorite in the world ocean,

fraction (from Windom 1976).

the pattern of kaolinite. Although chlorite is dis-
tributed homogeneously over the oceans, its high-
est concentration is measured in polar regions and
therefore is referred to as the “high latitude
mineral” (Griffin et al. 1968).

144  Sedimentation Rates

As can be seen in Table 1.8, the sedimentation
rates of typical types of deep-sea sediments show
a strong geographical variability which is based
on the regionally unsteady import of terrigenous
material and a highly variable biogenic productiv-
ity in the ocean.

Table 1.7 Sedimentation rates of red clay in various
deep-sea basins of the world ocean (data from various
sources, e.g. Berger 1974, Gross 1987).

Rate (mm ky™)

Mean Range
North Atlantic 1,8 0.5-6.2
South Atlantic 1,9 0.2-7.5
North Pacific 1,5 0.4-6.0
South Pacific 0,45 0.3-0.6

22

concentration in the carbonate-free < 2 pum size

Basically, it can be stated that the sedimenta-
tion rate decreases with increasing distance from a
sediment source, may this either be a continent or
an area of high biogenic productivity. The highest
rates of terrigenous mud formation are recorded
on the shelf off river mouth’s and on the
continental slope, where sedimentation rates can
amount up to several meters per one thousand
years. Distinctly lower values are observed at de-
tritus-starved continental margins, for example of
Antarctica. The lowest sedimentation rates ever
recorded lie between 1 and 3 mm ky'!. and are
connected to deep-sea red clay in the offshore
deep-sea basins (Table 1.7), especially in the cen-
tral Pacific Ocean.

Calcareous biogenic oozes demonstrate in-
termediate rates which frequently lie between 10
and 40 mm ky-!. Their distribution pattern de-
pends on the biogenic production and on the wa-
ter depth, or the depth of the CCD. As yet, rate
values between 2 and 10 mm ky'!. were con-
sidered as normal for the sedimentation of sili-
ceous oozes. Recent investigations in the region
of the Antarctic Circumpolar Current have re-
vealed that a very high biogenic production, in
connection with lateral advection and “sediment
focusing”, can even give rise to sedimentation
rates of more than 750 mm per thousand years
(Fig. 1.19).
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Table 1.8 Typical sedimentation rates of recent and subrecent marine sediments (data from various sources, e.g.
Berger 1974, Gross 1987).

Facies Area Average
Sedimentation Rate
(mm ky™)
Terrigeneous mud California Borderland 50 - 2,000
Ceara Abyssal Plain 200
Antarctic Continental Margin 30-65
Calcareous ooze North Atlantic (40-50 °N) 35-60
North Atlantic ( 5-20 °N) 40-14
Equatorial Atlantic 20-40
Caribbean ~28
E quatorial Pacific 5-18
Eastern Equatorial Pacific ~30
East Pacific Rise (0-20 °N) 20-40
East Pacific Rise (~30 °N) 3-10
East Pacific Rise (40-50 °N) 10-60
Siliceous ooze E quatorial Pacific 2-5
Antarctic, Indian Sector 2-10
Antarctic, Atlantic Sector 25-750
Red clay Northern North Pacific (muddy) 10-15
Central North Pacific 1-2
Tropical North Pacific 0-1
South Pacific 0.3-0.6
Antarctic, Atlantic Sector 1-2
PF SAF  STF
Antarctica l l l Africa

foraminiferal
mud

Depth [km]

foraminiferal
nannofossil
mud

Agulhas
Ridge

Weddell Abyssal Plain Cape Basin

Fig. 1.19 Distribution of major sediment facies across the frontal system of the Antarctic Circumpolar Current
(ACC) between Africa and Antarctica. Numbers are typical sedimentation rates in mm ky'. PF = Polar Front, SAF =
Sub Antarctic Front, STF = Subtropical Front.
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Velocity of sedimentation or deposition of
material through time, i.e. sedimentation rate in
this chapter is given solely as millimeter per 1000
years (mm/1000 y or mm ky!). This describes the
vertical thickness of sediment deposited in a
certain period of time. It assumes more or less
linear and constant processes — not regarding any
inconsistency hiatuses — between two datum
levels and is, therefore, often referred to as linear
sedimentation rate. This term has to be dis-
tinguished from mass accumulation rate which
refers to a sediment mass deposited in a certain
period of time within a defined area, usually
given as grams per centimeter square per 1000
years (g cm™ ky'!). For further reading see Bruns
and Hass (1999).

1.5 Problems

Problem 1

Is there any correlation between the distribution
of calcareous and siliceous sediments, terrigenous
sediments and deep-sea clay?

Problem 2

Explain the distribution pattern of clay minerals
kaolinite, illite, chlorite and smectite in the world
ocean. Why should be illite more common in the
North Atlantic than in the South Atlantic?

Problem 3

What are the reasons why sediments of the
Atlantic Ocean are thicker along the continental
margin than near the mid-Atlantic ridge?

Problem 4

What causes the variability of sedimentation
rates?

Problem 5

Summarize and explain the main aspects of deep
sea sediment classification.

24

References

Berger, W.H., 1974. Deep-sea sedimentation. In: Burk,
C.A. and Drake, C.L. (eds) The geology of
continental margins. Springer Verlag, Berlin,
Heidelberg, New York, pp 213-241.

Berger, W.H., 1976. Biogenic deep sea sediments: Pro-
duction, preservation and interpretation. In: Riley,
J.P. and Chester, R. (eds) Chemical Oceanography,
Academic, 5. Press, London, NY, San Francisco, pp
266-388.

Berger, W.H. and Herguera, J.C., 1991. Reading the sedi-
mentary record of the ocean’s productivity. Pimary
productivity and biogeochemical cycles in the sea. In:
Falkowski, P.G. and Woodhead, E.D. (eds) Plenum
Press, New York, London, pp 455-486.

Biscay, P.E., 1965. Mineraloy and sedimentation of recent
deep-sea clay in the Atlantic Ocean and adjacent seas
and oceans. Geol. Soc. Am. Bull., 76: 803-832.

Bruns, P. and Hass, H.C., 1999. On the determination of
sediment accumulation rates. GeoResearch Forum Vol.
5, Trans Tech Publication, Ziirich, 244 pp.

Chamley, H., 1989. Clay sedimentology. Springer Verlag,
Berlin, Heidelberg, New York, 623 pp.

Davies, T.A. and Gorsline, D.S., 1976. Oceanic sediments
and sedimentary processes. In: Riley, J.P. and Chester,
R. (eds) Chemical oceanography, 5. Academic Press,
London, New York, San Francisco, pp 1-80.

Dean, W.E., Leinen, M. and Stow, D.A.V., 1985. Classifi-
cation of deep-sea fine-grained sediments. Journal of
Sediment Petrology, 55: 250-256.

Elderfield, H., 1976. Hydrogeneous material in marine
sediments; excluding manganese nodules. In: Riley,
J.P. and Chester, R. (eds) Chemical Oceanography, 5.
Academic Press, London, New York, San Francisco,
pp 137-215.

Emery, K.O.,
shelves of the world. Bull.
Geologists, 52: 445-464.

Fabricius, F., 1977. Origin of marine ooids and
grapestones. Contributions to sedimentology, 7,
Schweizerbart, Stuttgart, 113 pp.

1968. Relict sediments on continental
Am. Assoc. Petrol.

Fligel, E., 1978. Mikrofazielle Untersuchungsmethoden
von Kalken. Springer Verlag, Berlin, Heidelberg, New
York, 454 pp.

Fligel, E., 2004. Microfacies of carbonate rocks:
analysis, interpretation and application. Springer
Verlag, Berlin, Heidelberg, New York, 976 pp.

Folk, R.L., 1980. Petrology of sedimentary
Hemphill. Publ. Co., Austin, 182 pp.

Garrels, R.M. and Mackenzie, F.T., 1971. Evolution of
sedimentary rocks. Norton & Co, New York, 397 pp.

rocks.

Gibbs, R.J., 1977. Transport phase of transition metals in
the Amazon and Yukon rivers. Geological Society of
America Bulletin, 88: 829-843.

Gingele, F., 1992. Zur klimaabhéngigen Bildung biogener
und terrigener Sedimente und ihre Verdnderungen
durch die Frithdiagnese im zentralen und Ostlichen
Siidatlantic. Berichte, Fachbereich Geowissenschaften,
Universitdt Bremen, 85, 202 pp.



References

Goldberg, E.D. and Griffin, J.J., 1970. The sediments of the
northern Indian Ocean. Deep-Sea Research, 17: 513-537.

Griffin, J.J., Windom, H. and Goldberg, E.D., 1968. The
distribution of clay minerals in the World Ocean.
Deep-Sea Research, 15: 433-459.

Grim, R.E., 1968. Clay Mineralogy, McGraw-Hill Publ.,
NY, 596 pp.

Gross, M.G., 1987. Oceanography: A view of the Earth.
Prentice Hall, Englewood Cliffs, NJ, 406 pp.

Hillier, S., 1995. Erosion, sedimentation and sedimentary ori-
gin of clays. In: Velde, B. (ed) Origin and mineralogy of
clays. Springer Verlag, Berlin, Heidelberg, New York, pp
162-219.

Krumbein, W.C., 1934. Size frequency distribution of
sediments. Journal of Sediment Petrology, 4: 65-77.

Krumbein, W.C. and Graybill, F.A., 1965. An introduction
to statistical models in Geology. McGraw-Hill, New
York, 328 pp.

Lisitzin, A.P., 1996. Oceanic sedimentation: Lithology and
Geochemistry. Amer. Geophys. Union, Washington, D.
C., 400 pp.

Mazullo, J. and Graham, A.G., 1987. Handbook for
shipboard sedimentologists. Ocean Drilling Program,
Technical Note, 8, 67 pp.

McCave, I.N., 1972. Transport and escape of fine-grained
sediment from shelf areas. In: Swift, D.J.P., Duane, D.B.
and Pilkey, O.H. (eds), Shelf sediment transport, process
and pattern. Dowden, Hutchison & Ross, Stroudsburg, pp
225-248.

Milliman, J.D., Pilkey, O.H. and Ross, D.A., 1972.
Sediments of the continental margins off the eastern
United States. Geological Society of America Bulletin,
83: 1315-1334.

Milliman, J.D., 1974. Marine carbonates. Springer Verlag,
Berlin, Heidelberg, New York, 375 pp.

Milliman, J.D. and Summerhays, C.P., 1975. Upper conti-
nental margin sedimentation of Brasil. Contribution
to Sedimentology, 4, Schweizerbart, Stuttgart, 175
pp.

Milliman, J.D. and Meade, R.H., 1983. World-wide delivery
of river sediment to the ocean. The Journal of Geology,
91: 1-21.

Milliman, J.D. and Syvitski, J.P.M., 1992. Geomorphic/
tectonic control of sediment discharge to the ocean:
The importance of small mountainous rivers. The
Journal of Geology, 100: 525-544.

Murray, J. and Renard, A.F., 1891. Deep sea deposits - Re-
port on deep sea deposits based on specimens collected
during the voyage of H.M.S. Challenger in the years
1873-1876. ,,Challenger” Reports, Eyre & Spottiswood,
London; J. Menzies & Co, Edinburgh; Hodges, Figgis &
Co, Dublin, 525 pp.

Nelson, C.S., 1988. Non-tropical shelf carbonates - Modern
and Ancient. Sedimentary Geology, 60, 1-367 pp.

Petschick, R., Kuhn, G. and Gingele, F., 1996. Clay
mineral distribution in surface sediments of the South
Atlantic:  sources, transport, and relation to
oceanography. Marine Geology, 130: 203-229.

Prospero, J.M., 1996. The atmospheric transport of
particles in the ocean. In: Ittekkot, V., Schifer, P.,

Honjo, S. and Depetris, P.J. (eds), Particle Flux in the
Ocean. Wiley & Sons, Chichester, New York, Brisbane,
Toronto, Singapore, pp 19-52.

Pye, K., 1987. Aeolian dust and dust deposits. Academic
Press, London, New York, Toronto, 334 pp.

Reineck, H.E. and Singh, 1.B., 1973. Depositional sedi-

mentary environments. Springer Verlag, Berlin,
Heidelberg, New York, 439 pp.

Seibold, E. and Berger, W.H., 1993. The sea floor - An
introduction to marine geology. Springer Verlag,
Berlin, Heidelberg, New York, 356 pp.

Shepard, F., 1954. Nomenclature based on sand-silt-clay
ratios. Journal of Sediment Petrology, 24: 151-158.

Straub, S.M. and Schmincke, H.U., 1998. Evaluating the
tephra  input into Pacific Ocean sediments:
distribution in space and time. Geologische
Rundschau, 87: 461-476.

Velde, B., 1995. Origin and mineralogy of clays. Springer
Verlag, Berlin, Heidelberg, New York, 334 pp.

Windom, H.L., 1976. Lithogeneous material in marine
sediments. In: Riley, J.P. and Chester, R. (eds),
Chemical Oceanography. Academic Press, London,
New York, pp 103-135.

25



2 Physical Properties of Marine Sediments

MonNIkA BREITZKE

Generally, physical properties of marine sedi-
ments are good indicators for the composition,
microstructure and environmental conditions
during and after the depositional process. Their
study is of high interdisciplinary interest and
follows various geoscientific objectives.

Physical properties provide a lithological
and geotechnical description of the sediment.
Questions concerning the composition of a de-
positional regime, slope stability or nature of
seismic reflectors are of particular interest within
this context. Parameters like P- and S-wave velo-
city and attenuation, elastic moduli, wet bulk
density and porosity contribute to their solution.

As most physical properties can be mea-
sured very quickly in contrast to parameters like
carbonate content, grain size distribution or
oxygen isotope ratio, they often serve as proxy
parameters for geological or paleoceanogra-
phical processes and changes in the environ-
mental conditions. Basis for this approach are
correlations between different parameters which
allow to derive regression equations of regional
validity. Highly resolved physical properties are
used as input parameters for such equations to
interpolate coarsely sampled geological, geo-
chemical or sedimentological core logs. Examples
are the P-wave velocity, attenuation and wet
bulk density as indices for the sand content or
mean grain size and the magnetic susceptibility
as an indicator for the carbonate content or
amount of terrigenous components. Additional-
ly, highly resolved physical property core logs
are often used for time series analysis to derive
quaternary stratigraphies by orbital tuning.

In marine geochemistry, physical parameters
which quantify the amount and distribution of
pore space or indicate alterations due to diage-
nesis are important. Porosities are necessary to

calculate flow rates, permeabilities describe how
easy a fluid flows through a porous sediment
and increased magnetic susceptibilities can be
interpreted by an increased iron content or,
more generally, by a high amount of magnetic
particles within a certain volume.

This high interdisciplinary value of physical
property measurements results from the diffe-
rent effects of changed environmental condi-
tions on sediment structure and composition.
Apart from anthropogeneous influences varia-
tions in the environmental conditions result
from climatic changes and tectonic events
which affect the ocean circulation and related
production and deposition of biogenic and
terrigenous components. Enhanced or reduced
current intensities during glacial or interglacial
stages cause winnowing, erosion and redepo-
sition of fine-grained particles and directly
modify the sediment composition. These effects
are subject of sedimentological and paleoce-
anographical studies. Internal processes like
early diagenesis, newly built authigenic sedi-
ments or any other alterations of the solid and
fluid constituents of marine sediments are of
geochemical interest. Gravitational mass trans-
ports at continental slopes or turbidites in large
submarine fan systems deposit as coarse-
grained chaotic or graded beddings. They can
be identified in high-resolution physical proper-
ty logs and are often directly correlated with sea
level changes, results valuable for sedimento-
logical, seismic and sequence stratigraphic
investigations. Generally, any changes in the
sediment structure which modify the elastic
properties of the sediment influence the reflec-
tion characteristics of the subsurface and can
be imaged by remote sensing seismic or echo-
sounder surveys.
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sediment grains

pores
filled with
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sediment frame

Fig. 2.1 Components of marine sediments. The single
particles are the sediment grains. The voids between
these particles — the pores — are filled with pore fluid,
usually sea water. Welded particles and sediment grains in
close contact build the sediment frame.

21 Introduction

Physical properties of marine sediments depend
on the properties and arrangement of the solid
and fluid constituents. To fully understand the
image of geological and paleoceanographical
processes in physical property core logs it is
helpful to consider the single components in
detail (Fig. 2.1).

By most general definition a sediment is a
collection of particles - the sediment grains -
which are loosely deposited on the sea floor and
closely packed and consolidated under increasing
lithostatic pressure. The voids between the sedi-
ment grains - the pores - form the pore space. In

water-saturated sediments it is filled with pore
water. Grains in close contact and welded particles
build the sediment frame. Shape, arrangement,
grain size distribution and packing of particles
determine the elasticity of the frame and the
relative amount of pore space.

Measurements of physical properties usually
encompass the whole, undisturbed sediment. Two
types of parameters can be distinguished: (1) bulk
parameters and (2) acoustic and elastic para-
meters. Bulk parameters only depend on the
relative amount of solid and fluid components
within a defined sample volume. They can be
approximated by a simple volume-oriented model
(Fig. 2.2a). Examples are the wet bulk density and
porosity. In contrast, acoustic and elastic para-
meters depend on the relative amount of solid and
fluid components and on the sediment frame
including arrangement, shape and grain size
distribution of the solid particles. Viscoelastic
wave propagation models simulate these
complicated structures, take the elasticity of the
frame into account and consider interactions
between solid and fluid constituents. (Fig. 2.2b).
Examples are the velocity and attenuation of P-
and S-waves. Closely related parameters which
mainly depend on the distribution and capillarity
of the pore space are the permeability and
electrical resistivity.

Various methods exist to measure the different
physical properties of marine sediments. Some
parameters can be measured directly, others

Sediment Models

a)
Component 1:
Pore Fluid
Component 2: Sediment
ents.  Grains

Volume-Oriented Model
for Bulk Parameters

e R

. 1
R o

Microstructure-Oriented Model

for Acoustic, Elastic and Related
Parameters

Fig. 2.2 Two types of sediment models. (a) The layered, volume-oriented model for bulk parameters only depends on
the relative amount of solid and fluid components. (b) The microstructure-oriented model for acoustic and elastic
parameters takes the complicated shape and geometry of the particle and pore size distribution into account and con-
siders interactions between the solid and fluid constituents during wave propagation.
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indirectly by determining one or several related
parameters and computing the desired property by
empirical or model-based equations. For consoli-
dated sedimentary, igneous and metamorphic
rocks Schon (1996) described a large variety of
such methods for all common physical properties.
Some of these methods can also be applied to
unconsolidated, water-saturated sediments, others
have to be modified or are completely inapprop-
riate. Principally, if empirical relations or sediment
models are used, the implicit assumptions have to
be checked carefully. An example is Archie’s law
(Archie 1942) which combines the electrical resis-
tivities of the pore fluid and saturated sediment
and with its porosity. An exponent and multiplier
in this equation depend on the sediment type and
composition and change from fine- to coarse-
grained and from terrigenous to biogenic sedi-
ments. Another example is Wood’s equation
(Wood 1946) which relates P-wave velocities to
porosities. This model approximates the sediment
by a dilute suspension and neglects the sediment
frame, any interactions between particles or
particles and pore fluid and assumes a ‘zero’
frequency for acoustic measurements. Such
assumptions are only valid for a very limited set of
high porosity sediments so that for any compari-
sons these limitations should be kept in mind.
Traditional measuring techniques use small
chunk samples taken from the split core. These
techniques are rather time-consuming and could
only be applied at coarse sampling intervals. The
necessity to measure high-resolution physical
property logs rapidly on a milli- to centimeter
scale for a core-to-core or core-to-seismic data
correlation, and the opportunity to use high-
resolution physical property logs for stratigraphic
purposes (e.g. orbital tuning) forced the deve-
lopment of non-destructive, automated logging
systems. They record one or several physical
properties almost continuously at arbitrary small
increments under laboratory conditions. The most
common tools are the multi sensor track (MST)
system for P-wave velocity, wet bulk density and
magnetic susceptibility core logging onboard of
the Ocean Drilling Program research vessel
JOIDES Resolution (e.g. Shipboard Scientific
Party 1995), and the commercially available multi
sensor core logger (MSCL) of GEOTEK™
(Schultheiss and McPhail 1989; Weaver and
Schultheiss 1990; Gunn and Best 1998).
Additionally, other core logging tools have simul-
taneously been developed for special research

interests which for instance record electrical resis-
tivities (Bergmann 1996) or full waveform trans-
mission seismograms on sediment cores (Breitzke
and Spiefl 1993). They are particularly discussed
in this paper.

While studies on sediment cores only provide
information on the local core position, lateral
variations in physical properties can be imaged by
remote sensing methods like high-resolution seis-
mic or sediment echosounder profiling. They
facilitate core-to-core correlations over large dis-
tances and allow to evaluate physical property
logs within the local sedimentation environment.

In what follows the theoretical background of
the most common physical properties and their
measuring tools are described. Examples for the
wet bulk density and porosity can be found in
Section 2.2. For the acoustic and elastic para-
meters first the main aspects of Biot-Stoll’s
viscoelastic model which computes P- and S-wave
velocities and attenuations for given sediment
parameters (Biot 1956a, b, Stoll 1974, 1977, 1989)
are summarized. Subsequently, analysis methods
are described to derive these parameters from
transmission seismograms recorded on sediment
cores, to compute additional properties like elastic
moduli and to derive the permeability as a related
parameter by an inversion scheme (Sect. 2.4).

Examples from terrigenous and biogenic
sedimentation provinces are presented (1) to
illustrate the large wvariability of physical
properties in different sediment types and (2) to
establish a sediment classification which is only
based on physical properties, in contrast to
geological sediment classifications which mainly
uses parameters like grain size distribution or
mineralogical composition (Sect. 2.5).

Finally, some examples from high-resolution
narrow-beam echosounder recordings present
remote sensing images of terrigenous and bioge-
nic sedimentation environments (Sect. 2.6).

2.2 Porosity and Wet Bulk Density

Porosity and wet bulk density are typical bulk
parameters which are directly associated with the
relative amount of solid and fluid components in
marine sediments. After definition of both para-
meters this section first describes their traditional
analysis method and then focuses on recently
developed techniques which determine porosities
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and wet bulk densities by gamma ray attenuation
and electrical resistivity measurements.

The porosity (¢) characterizes the relative
amount of pore space within a sample volume. It is
defined by the ratio

_ volume of pore space _ Ve

@.1)

total sample volume V

Equation 2.1 describes the fractional porosity
which ranges from 0 in case of none pore volume
to 1 in case of a water sample. Multiplication with
100 gives the porosity in percent. Depending on
the sediment type porosity occurs as inter- and
intraporosity. Interporosity specifies the pore
space between the sediment grains and is typical
for terrigenous sediments. Intraporosity includes
the voids within hollow sediment particles like
foraminifera in calcareous ooze. In such sediments
both inter- and intraporosity contribute to the
total porosity.

The wet bulk density (p) is defined by the
mass (m) of a water-saturated sample per sample
volume (V)

_ mass of wet sample _m 2.2)

~ total sample volume V

Porosity and wet bulk density are closely
related, and often porosity values are derived from
wet bulk density measurements and vice versa.
Basic assumption for this approach is a two-
component model for the sediment with uniform
grain and pore fluid densities (pg) and (p,). The wet
bulk density can then be calculated using the
porosity as a weighing factor

p=¢-p;+01-9)p, 23)

If two or several mineral components with
significantly different grain densities contribute
to the sediment frame their densities are ave-
raged in (pg).

221 Analysis by Weight and Volume

The traditional way to determine porosity and wet
bulk density is based on weight and volume
measurements of small sediment samples. Usually
they are taken from the centre of a split core by a
syringe which has the end cut off and a definite
volume of e.g. 10 ml. While weighing can be done
very accurately in shore-based laboratories mea-
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surements onboard of research vessels require
special balance systems which compensate the
shipboard motions (Childress and Mickel 1980).
Volumes are measured precisely by Helium gas
pycnometers. They mainly consist of a sample cell
and a reference cell and employ the ideal gas law
to determine the sample volume. In detail, the
sediment sample is placed in the sample cell, and
both cells are filled with Helium gas. After a valve
connecting both cells are closed, the sample cell is
pressurized to (P,). When the valve is opened the
pressure drops to (P,) due to the increased cell
volume. The sample volume (V) is calculated from
the pressure ratio (P/P,) and the volumes of the
sample and reference cell, (V) and (V) (Blum
1997).

Vr (2.4)

V=V +—4
“1-h/p

s

While weights are measured on wet and dry
samples having used an oven or freeze drying,
volumes are preferentially determined on dry
samples. A correction for the mass and volume of
the salt precipitated from the pore water during
drying must additionally be applied (Hamilton
1971; Gealy 1971) so that the total sample volume
(V) consists of

V= Vdry ~Vair T Vf (25)

The volumes (V) and (V_, ) of the pore space and
salt result from the masses of the wet and dry
sample, (m) and (m dry), from the densities of the pore

fluid and salt (p,=1.024 gcm” and p_, = 2.1 g cm”)
and from the fractional salinity (s)
m m—m
Vf = —f = —dl'y (2‘6)
py (=s)py
with : m, = MMy
g I-s
m,—\m—m
Vsalt = Msats = ! ( dry) (27)
Psalr Psalr
with :

Mgary = mf _(m_mdry)

Together with the mass (m) of the wet sample
equations 2.5 to 2.7 allow to compute the wet bulk
density according to equation 2.2.

Wet bulk density computations according to
equation 2.3 require the knowledge of grain
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densities (pg). They can also be determined from
weight and volume measurements on wet and dry
samples (Blum 1997)

me _ Mgy = Mgqpr

14 Vdry - Vsalt

2.8)

Porosities are finally computed from the volumes
of the pore space and sample as defined by the
equations above.
222 Gamma Ray Attenuation
The attenuation of gamma rays passing radially
through a sediment core is a widely used effect to
analyze wet bulk densities and porosities by a
non-destructive technique. Often *’Cs is used as
source which emits gamma rays of 662 keV energy.
They are mainly attenuated by Compton
scattering (Ellis 1987). The intensity I of the
attenuated gamma ray beam depends on the
source intensity (I)), the wet bulk density (p) of
the sediment, the ray path length (d) and the
specific Compton mass attenuation coefficient (L)
[=1,-e7H (2.9)
To determine the source intensity in practice
and to correct for the attenuation in the liner walls
first no core and then an empty core liner are
placed between the gamma ray source and
detector to measure the intensities (I ) and (I, ).
The difference (I, - I, ) replaces the source
intensity (I)), and the ray path length (d) is
substituted by the measured outer core diameter
(d,,..) minus the double liner wall thickness
(2d,, ). With these corrections the wet bulk
density (p) can be computed according to

)
“In
M- (doutside - 2dliner) Iair - Iliner

p=— (2.10)

Porosities are derived by rearranging equation
2.3 and assuming a grain density (pg).

The specific Compton mass attenuation
coefficient () is a material constant. It depends
on the energy of the gamma rays and on the ratio
(Z/A) of the number of electrons (Z) to the atomic
mass (A) of the material (Ellis 1987). For most
sediment and rock forming minerals this ratio is
about 0.5, and for a "*’Cs source the correspon-
ding mass attenuation coefficient (ug) for sediment
grains is 0.0774 cm? g''. However, for the hydro-

gen atom (Z/A) is close to 1.0 leading to a signi-
ficantly different mass attenuation coefficient (i)
in sea water of 0.0850 cm? g (Gerland and
Villinger 1995). So, in water-saturated sediments
the effective mass attenuation coefficient (L)
results from the sum of the mass weighted
coefficients of the solid and fluid constituents
(Bodwadkar and Reis 1994)

P Pg
#=¢.7f.ﬂ/,+(1_¢).7é-ug (2.11)

The wet bulk density (p) in the denominator is
defined by equation 2.3. Unfortunately, equations
2.3 and 2.11 depend on the porosity (¢), a
parameter which should actually be determined by
gamma ray attenuation. Gerland (1993) used an
average ‘processing porosity’ of 50% for terrige-
nous, 70% for biogenic and 60% for cores of mixed
material to estimate the effective mass attenuation
coefficient for a known grain density. Whitmarsh
(1971) suggested an iterative scheme which
improves the mass attenuation coefficient. It
starts with an estimated ‘processing porosity’ and
mass attenuation coefficient (eq. 2.11) to calculate
the wet bulk density from the measured gamma ray
intensity (eq. 2.10). Subsequently, an improved
porosity (eq. 2.3) and mass attenuation coefficient
(eq. 2.11) can be calculated for a given grain
density. Using these optimized values in a second
iteration wet bulk density, porosity and mass
attenuation coefficient are re-evaluated. Gerland
(1993) and Weber et al. (1997) showed that after
few iterations (< 5) the values of two successive
steps differ by less than 0.1%o even if a ‘processing
porosity’ of 0 or 100% and a mass attenuation
coefficient of 0.0774 cm? g™ or 0.0850 cm? g™ for a
purely solid or fluid ‘sediment’ are used as
starting values.

Gamma ray attenuation is usually measured by
automated logging systems, e.g. onboard of the
Ocean Drilling Program research vessel JOIDES
Resolution (Boyce 1973, 1976) by the multisensor
core logger of GEOTEK™ (Schultheiss and
McPhail 1989; Weaver and Schultheiss 1990; Gunn
and Best 1998) or by specially developed systems
(Gerland 1993; Bodwadkar and Reis 1994; Gerland
and Villinger 1995). The emission of gamma rays is
a random process which is quantified in counts
per second, and which are converted to wet bulk
densities by appropriate calibration curves
(Weber et al. 1997). To get a representative value
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for the gamma ray attenuation gamma counts must
be integrated over a sufficiently long time interval.
How different integration times and measuring
increments influence the quality, resolution and
reproducibility of gamma ray logs illustrates
Figure 2.3. A 1 m long section of gravity core
PS2557-1 from the South African continental
margin was repeatedly measured with increments
from 1 to 0.2 cm and integration times from 10 to
120 s. Generally, the dominant features, which can
be related to changes in the lithology, are
reproduced in all core logs. The prominent peaks
are more pronounced and have higher amplitudes
if the integration time increases (from A to D).
Additionally, longer integration times reduce the
scatter (from A to B). Fine-scale lithological
variations are best resolved by the shortest
measuring increment (D).

A comparison of wet bulk densities derived
from gamma ray attenuation with those measured
on discrete samples is shown in Figure 2.4a for
two gravity cores from the Arctic (PS1725-2) and
Antarctic Ocean (PS1821-6). Wet bulk densities,

470

porosities and grain densities of the discrete
samples were analyzed by their weight and volume.
These grain densities and a constant ‘processing
porosity’ of 50% were used to evaluate the gamma
counts. Displayed versus each other both data sets
essentially differ by less than +5% (dashed lines).
The lower density range (1.20 - 1.65 g cm™) is
mainly covered by the data of the diatomaceous
and terrigenous sediments of core PS1821-6 while
the higher densities (1.65 - 2.10 g cm™) are
characteristic for the terrigenous core PS1725-2.
According to Gerland and Villinger (1995) the
scatter in the correlation of both data sets probab-
ly results from (1) a slight shift in the depth
scales, (2) the fact that both measurements do not
consider identical samples volumes, and (3)
artefacts like drainage of sandy layers due to core
handling, transportation and storage.

A detailed comparison of both data sets is
shown in Figure 2.4b for two segments of core
PS1725-2. Wet bulk densities measured on discrete
samples agree very well with the density log
derived from gamma ray attenuation. Additionally,
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Fig. 2.3 Gamma counts for a 1 m long core section of gravity core PS2557-1 used to illustrate the influence of various
integration times and measuring increments. Curve A is recorded with an increment of 1 c¢cm and an integration time of
10 s, curve B with an increment of 1 cm and an integration time of 20 s, curve C with an increment of 0.5 cm and an
integration time of 60 s and curve D with an increment of 0.2 cm and an integration time of 120 s. To facilitate the
comparison each curve is set off by 800 counts. Modified after Weber et al. (1997).
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Fig. 2.4 Comparison of wet bulk densities determined on discrete samples by weight and volume measurements and
calculated from gamma ray attenuation. (a) Cross plot of wet bulk densities of gravity cores PS1821-6 from the
Antarctic and PS1725-2 from the Arctic Ocean. The dashed lines indicate a difference of +5% between both data sets.
(b) Wet bulk density logs derived from gamma ray attenuation for two 1 m long core sections of gravity core PS1725-2.
Superimposed are density values measured on discrete samples. Modified after Gerland and Villinger (1995).
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the striking advantage of the almost continuous
wet bulk density log clearly becomes obvious.
Measured with an increment of 5 mm a lot of fine-
scale variations are defined, a resolution which
could never be reached by the time-consuming
analysis of discrete samples (Gerland 1993;
Gerland and Villinger 1995).

The precision of wet bulk densities can be
slightly improved, if the iterative scheme for the
mass attenuation coefficient is applied (Fig. 2.5a).
For core PS1725-2 wet bulk densities computed
with a constant mass attenuation coefficient are
compared with those derived from the iterative
procedure. Below 1.9 g cm? the iteration produces
slightly smaller densities than are determined with
a constant mass attenuation coefficient and are
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thus below the dotted 1:1 line. Above 1.9 g cm?
densities based on the iterative procedure are
slightly higher.

If both data sets are plotted versus the wet
bulk densities of the discrete samples the
optimization essentially becomes obvious for high
densities (>2.0 g cm?, Fig. 2.5b). After iteration
densities are slightly closer to the dotted 1:1 line.

While this improvement is usually small and
here only on the order of 1.3% (=0.02 g cm?), diffe-
rences between assumed and true grain density
affect the iteration more distinctly (Fig. 2.5¢). As
an example wet bulk densities of core PS1725-2
were calculated with constant grain densities of
2.65,2.75 and 2.10 g cm?, values which are typical
for calcareous, terrigenous and diatomaceous
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Fig. 2.5 Influence of an iterative mass attenuation coef-
ficient determination on the precision of wet bulk densi-
ties. The gamma ray attenuation log of gravity core
PS1725-2 was used as test data set. (a) Wet bulk densities
calculated with a constant mass attenuation coefficient
("processing porosity' =50%) are displayed versus the data
resulting from the iteration. A pore fluid density of 1.024 g cm™
and a constant grain density of 2.7 g cm™ were used, and
the iteration was stopped if densities of two successive
steps differed by less than 0.1%. (b) Cross plot of wet
bulk densities measured on discrete samples versus wet
bulk densities calculated from gamma ray attenuation
with a constant mass attenuation coefficient (O) and
with the iterative scheme (+). (c) Influence of grain den-
sity on iteration. Three grain densities of 2.65, 2.75 and
2.1 g cm™ were used to calculate wet bulk densities. Modi-
fied after Gerland (1993).
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sediments. Displayed as cross-plot, calculations
with grain densities of 2.65 and 2.75 g cm™ almost
coincide and follow the dotted 1:1 line. However,
computations with a grain density of 2.10 g cm™
differ by 1.3 - 3.6% (0.02 - 0.08 g cm™) from those
with a grain density of 2.65 g cm?. This result is
particularly important for cores composed of terri-
genous and biogenic material of significantly
different grain densities like the terrigenous and dia-
tomaceous components in core PS1821-6. Here, an
iteration with a constant grain density of 2.65 g cm?
would give erroneous wet bulk densities in the
diatomaceous parts. In such cores a depthdepen-
dent grain density profile should be applied in
combination with the iterative procedure, or other-
wise wet bulk densities would better be calculated
with a constant mass attenuation coefficient.
However, if the grain density is almost constant
downcore the iterative scheme could be applied
without any problems.

223 Electrical Resistivity
(Galvanic Method)

The electrical resistivity of water-saturated sedi-
ments depends on the resistivity of its solid and
fluid constituents. However, as the sediment
grains are poor conductors an electrical current
mainly propagates in the pore fluid. The dominant
transport mechanism is an electrolytic conduction
by ions and molecules with an excess or deficien-
cy of electrons. Hence, current propagation in
water-saturated sediments actually transports
material through the pore space, so that the
resistivity depends on both the conductivity of
the pore water and the microstructure of the
sediment. The conductivity of pore water varies
with its salinity, and mobility and concentration of
dissolved ions and molecules. The microstructure
of the sediment is controlled by the amount and
distribution of pore space and its capillarity and
tortuosity. Thus, the electrical resistivity cannot
be considered as a bulk parameter which strictly
only depends on the relative amount of solid and
fluid components, but as shown below, it can be
used to derive porosity and wet bulk density as
bulk parameters after calibration to a ‘typical’
sediment composition of a local sedimentation
environment.

Several models were developed to describe
current flow in rocks and water-saturated sedi-
ments theoretically. They encompass simple plane
layered models (Waxman and Smits 1968) as well

as complex approximations of pore space by self
similar models (Sen et al. 1981), effective medium
theories (Sheng 1991) and fractal geometries
(Ruffet et al. 1991). In practice these models are of
minor importance because often only few of the
required model parameters are known. Here, an
empirical equation is preferred which relates the
resistivity (R ) of the wet sediment to its fractional
porosity (¢) (Archie 1942)

F = Ry =a-¢" (2.12)

Ry

The ratio of the resistivity (R) in sediment to
the resistivity (R in pore water defines the
formation (resistivity) factor (F). (a) and (m) are
constants which characterize the sediment
composition. As Archie (1942) assumed that (m)
indicates the consolidation of the sediment it is
also called cementation exponent (cf. Sect. 3.2.2).
Several authors derived different values for (a)
and (m). For an overview please refer to Schon
(1996). In marine sediments often Boyce’s (1968)
values (a = 1.3, m = 1.45), determined by studies
on diatomaceous, silty to sandy arctic sediments,
are applied. Nevertheless, these values can only
be rough estimates. For absolutely correct porosi-
ties both constants must be calibrated by an
additional porosity measurement, either on
discrete samples or by gamma ray attenuation.
Such calibrations are strictly only valid for that
specific data set but, with little loss of accuracy,
can be transferred to regional environments with
similar sediment compositions. Wet bulk densities
can then be calculated using equation 2.3 and
assuming a grain density (cf. also section 3.2.2).

Electrical resistivities can be measured on split
cores by a half-automated logging system (Berg-
mann 1996). It measures the resistivity (R) and
temperature (T) by a small probe which is manu-
ally inserted into the upper few millimeters of the
sediment. The resistivity (R)) of the interstitial
pore water is simultaneously calculated from a
calibration curve which defines the temperature-
conductivity relation of standard sea water (35%o
salinity) by a fourth power law (Siedler and Peters
1986).

The accuracy and resolution that can be achie-
ved compared to measurements on discrete
samples were studied on the terrigenous square
barrel kastenlot core PS2178-5 from the Arctic
Ocean. If both data sets are displayed as cross
plots porosities mainly range within the dashed
10% error lines, while densities mainly differ by
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Fig. 2.6 Comparison of porosities and wet bulk densities measured on discrete samples and by electrical resistivities.
Boyce’s (1968) values for the coefficients (a) and (m) and pore fluid and grain densities of 1.024 g cm™ and 2.67 g cm?
were used to convert formation factors into porosities and wet bulk densities. Wet and dry weights and volumes were
analyzed on discrete samples. (a) Cross plots of both data sets for square barrel kastenlot core PS2178-5. The dashed
lines indicate an error of 10% for the porosity and 5% for the density data. (b) Porosity and wet bulk density logs of
core PS2178-5 derived from resistivity measurements. Superimposed are porosity and density values measured on
discrete samples. Data from Bergmann (1996).
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Fig. 2.7 Formation factor versus porosity for six gravity cores retrieved from different sedimentation provinces in
the South Atlantic. Porosities were determined on discrete samples by wet and dry weights and volumes, formation
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compositions, water depths and constants (a) and (m) derived from linear least square fits please refer to Table 2.1.
Unpublished data from M. Richter, University Bremen, Germany.

less than 5% (Fig. 2.6a). The core logs illustrate
that the largest differences occur in the laminated
sandy layers, particularly between 1.5 and 3.5 m
and between 4.3 and 5.1 m depth (Fig. 2.6b). A
drainage of the sandy layers, slight differences in
the depth scale and different volumes considered
by both methods probably cause this scatter.
Nevertheless, in general both data sets agree very
well having used Boyce’s (1968) values for (a) and
(m) and a typical terrigenous grain density of
2.67 g/cm® for porosity and wet bulk density
computations. This is valid because the sedimen-
tation environment of core PS2178-5 from the
Arctic Ocean is rather similar to the Bering Sea
studied by Boyce (1968).

The influence of the sediment composition on
the formation factor-porosity relation illustrates
Figure 2.7 for six provinces in the South Atlantic.
For each core porosities and formation factors
were evaluated at the same core depths by wet
and dry weights and volumes of discrete samples

and by electrical resistivities. Displayed as a cross
plot on a log-log scale the data sets of each core
show different trends and thus different cemen-
tation exponents. Jackson et al. (1978) tried to
relate such variations in the cementation exponent
to the sphericity of sediment particles. Based on
studies on artificial samples they found higher
cementation exponents if particles become less
spherical. For natural sediments incorporating a
large variety of terrigenous and biogenic particle
sizes and shapes, it is difficult to verify similar
relations. It is only obvious that coarse-grained
calcareous foraminiferal oozes from the Hunter
Gap show the lowest and fine-grained, diatom-
bearing hemipelagic mud from the Congo Fan
upwelling the highest cementation exponent.
Simultaneously, the constant (a) decreases with
increasing cementation exponent (Tab. 2.1). Possibly,
in natural sediments the amount and distribution
of pore space are more important than the par-
ticle shape. Generally, cementation exponent (m),
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constant (a) and formation factor (F) together
characterize a specific environment. Table 2.1
summarizes the values of (a) and (m) derived from
a linear least square fit to the log-log display of
the data sets and shortly describes the sediment
compositions.

With these values for (a) and (m) calibrated
porosity logs are calculated which agree well with
porosities determined on discrete samples (Fig.
2.8, black curves). The error in porosity that may
result from using the ‘standard’ Boyce’s (1968)
values for (a) and (m) instead of those derived
from the calibration appears in two different ways
(gray curves). (1) The amplitude of the downcore
porosity variations might be too large, as is
illustrated by core GeoB2110-4 from the Brazilian
Continental Margin. (2) The log might be shifted
to higher or lower porosities, as is shown by core
GeoB1517-1 from the Ceara Rise. Only if linear
regression results in values for (a) and (m) close
to Boyce’s (1968) coefficients the error in the
porosity log is negligible (core GeoB1701-4 from
the Niger Mouth).

In order to compute absolutely correct wet bulk
densities from calibrated porosity logs a grain
density must be assumed. For most terrigenous and
calcareous sediment cores this parameter is not
very critical as it often only changes by few
percent downcore (e.g. 2.6 - 2.7 g cm™). However, in
cores from the Antarctic Polar Frontal Zone where

an interlayering of diatomaceous and calcareous
oozes indicates the advance and retreat of the
oceanic front during glacial and interglacial stages
grain densities may vary between about 2.0 and
2.8 g cm?. Here, depth-dependent values must
either be known or modeled in order to get correct
wet bulk density variations from resistivity
measurements. An example for this approach are
resistivity measurements on ODP core 690C from
the Maud Rise (Fig. 2.9). While the carbonate log
(b) clearly indicates calcareous layers with high
and diatomaceous layers with zero CaCO,
percentages (O’Connell 1990), the resistivity-
based porosity log (a) only scarcely reflects these
lithological changes. The reason is that
calcareous and diatomaceous oozes are characte-
rized by high inter- and intraporosities incorpora-
ted in and between hollow foraminifera and diatom
shells. In contrast, the wet bulk density log
measured onboard of JOIDES Resolution by gamma
ray attenuation ((c), gray curve) reveals pronounced
variations. They obviously correlate with the CaCO,-
content and can thus only be attributed to downcore
changes in the grain density. So, a grain density
model (d) was developed. It averages the densities
of carbonate (p_, = 2.8 g cm?) and biogenic opal
(pOpal = 2.0 g cm?®) (Barker, Kennnett et al. 1990)
according to the fractional CaCO,-content (C),
Proder = C*Peyy T (1 - Oxp,,,. Based on this model
wet bulk densities ((c), black curve) were derived from

Table 2.1 Geographical coordinates, water depth, core length, region and composition of the sediment cores
considered in Figure 2.7. The cementation exponent (m) and the constant (a) are derived from the slope and
intercept of a linear least square fit to the log-log display of formation factors versus porosities.

Core Coordinates Water Core Region Sediment Factor Cementation
Depth Length Composition (a) Exponent (m)

GeoB 35°12.4'S 4058 m 6.97 m Hunter foram.-nannofossil 1,6 1,3

1306-2 26°45.8'W Gap ooze, sandy

GeoB 04°44.2'N 4001m 6.89m Ceara nannofossil-foram. 1,3 2,1

1517-1 43°02.8'W Rise ooze

GeoB 01°57.0N  4162m 7.92m Niger clayey mud, foram. 1,4 1,4

1701-4 03°33.1'E Mouth bearing

GeoB 29°58.2'S 5084 m 7.45m Cape red clay 1,0 2,8

1724-2 08°02.3'E Basin

GeoB 28°38.8'S 3011 m 8.41m Braz. Cont. pelagic clay. Foram. 0,8 3,3

21104  45°31.1'W Margin bearing

GeoB 05°06.4'S 1830 m 14.18 m Congo hemipelagic mud, 0,8 53

2302-2 10°05.5'E Fan diatom bearing, H,S
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the porosity log which agree well with the gamma
ray attenuation densities ((c), gray curve) and
show less scatter.

Though resistivities are only measured half-
automatically including a manual insertion and
removal of the probe, increments of 1 - 2 cm can
be realized within an acceptable time so that more
fine-scale structures can be resolved than by
analysis of discrete samples. However, the real
advantage compared to an automated gamma ray
attenuation logging is that the resistivity measure-
ment system can easily be transported, e.g.

Brazilian Cont. Margin

Ceara Rise

onboard of research vessels or to core reposi-
tories, while the transport of radioactive sources
requires special safety precautions.

224 Electrical Resistivity
(Inductive Method)

A second, non-destructive technique to determine
porosities by resistivity measurements uses a coil
as sensor. A current flowing through the coil
induces an electric field in the unsplit sediment
core while it is automatically transported through

Niger Mouth
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Fig. 2.8 Porosity logs determined by resistivity measurements on three gravity cores from the South Atlantic (see
also Fig. 2.7 and Table 2.1). Gray curve: Boyce’s (1968) values were used for the constants (a) and (m). Black curve:
(a) and (m) were derived from the slope and intercept of a linear least square fit. These values are given at the top
of each log. Superimposed are porosities determined on discrete samples by weight and volume measurements
(unpublished data from P. Miller, University Bremen, Germany).
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Fig. 2.9 Model based computation of a wet bulk density log from resistivity measurements on ODP core 690C. (a)
Porosity log derived from formation factors having used Boyce’s (1968) values for (a) and (m) in Archie’s law. (b)
Carbonate content (O’Conell 1990). (¢) Wet bulk density log analyzed from gamma ray attenuation measurements
onboard of JOIDES Resolution (gray curve). Superimposed is the wet bulk density log computed from electrical
resistivity measurements on archive halves of the core (black curve) having used the grain density model shown in
(d). Unpublished data from B. Laser and V. SpieB, University Bremen, Germany.
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the centre of the coil (Gerland et al. 1993). This
induced electric field contains information on the
magnetic and electric properties of the sediment.

Generally, the coil characteristic is defined by
the quality value(Q)

L(w)

R()
(L(w)) is the inductance, (R(®)) the resistance and
(o) the (angular) frequency of the alternating
current flowing through the coil (Chelkowski
1980). The inductance (L(®w)) depends on the num-
ber of windings, the length and diameter of the
coil and the magnetic permeability of the coil
material. The resistance (R(®)) is a superposition
of the resistance of the coil material and losses of
the electric field induced in the core. It increases
with decreasing resistivity in the sediment.
Whether the inductance or the resistance is of
major importance depends on the frequency of the
current flowing through the coil. Changes in the
inductance (L(®w)) can mainly be measured if
currents of some kilohertz frequency or less are
used. They simultaneously indicate variations in
the magnetic susceptibility while the resistance
(R(m)) is insensitive to changes in the resistivity
of the sediment. In contrast, operating with
currents of several megahertz allows to measure
the resistivity of the sediment by changes of the
coil resistance (R(w)) while variations in the

O=w- (2.13)

magnetic susceptibility do not affect the induc-
tance (L(®)). The examples presented here were
measured with a commercial system (Scintrex CTU 2)
which produces an output voltage that is pro-
portional to the quality value (Q) of the coil at a
frequency of 2.5 MHz, and after calibration is
inversely proportional to the resistivity of the
sediment.

The induced electric field is not confined to
the coil position but extends over some sediment
volume. Hence, measurements of the resistance
(R(w)) integrate over the resistivity distribution on
both sides of the coil and provide a smoothed,
low-pass filtered resistivity record. The amount of
sediment volume affected by the induction
process increases with larger coil diameters. The
shape of the smoothing function can be measured
from the impulse response of a thin metal plate
glued in an empty plastic core liner. For a coil of
about 14 cm diameter this gaussian-shaped
function has a half-width of 4 cm (Fig. 2.10), so
that the effect of an infinitely small resistivity
anomaly is smeared over a depth range of 10 - 15 cm.
This smoothing effect is equivalent to convo-
lution of a source wavelet with a reflectivity func-
tion in seismic applications and can accordingly
be removed by deconvolution algorithms. How-
ever, only few applications from longcore paleo-
magnetic studies are known up to now (Constable
and Parker 1991; Weeks et al. 1993).
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Fig. 2.10
diameter. Modified after Gerland et al. (1993).

Impulse response function of a thin metal plate measured by the inductive method with a coil of about 14 cm
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The low-pass filtering effect particularly becomes
obvious if resistivity logs measured by the galvanic
and inductive method are compared. Figure 2.11
displays such an example for a terrigenous core
from the Weddell Sea (PS1635-1) and a biogenic
foraminiferal and diatomaceous core from the
Maud Rise (PS1836-3) in the Antarctic Ocean.
Resistivities differ by maximum 15% (Fig. 2.11a), a
rather high value which mainly results from core
PS1635-1. Here, the downcore logs illustrate that
the inductive methods produces lower resistivities
than the galvanic method (Fig. 2.11b). In detail,
the galvanic resistivity log reveals a lot of pro-
nounced, fine-scale variations which cannot be
resolved by induction measurements but are
smeared along the core depth. For the biogenic
core PS1836-3 this smoothing is not so important
because lithology changes more gradually.

2.3 Permeability

Permeability describes how easy a fluid flows
through a porous medium. Physically it is defined
by Darcy’s law

(2.14)

LS
n

which relates the flow rate (q) to the permeability
(k) of the pore space, the viscosity (1) of the pore
fluid and the pressure gradient (dp / dX ) causing
the fluid flow. Simultaneously, permeability
depends on the porosity (¢) and grain size distri-
bution of the sediment, approximated by the mean
grain size (d_). Assuming that fluid flow can be
simulated by an idealized flow through a bunch of
capillaries with uniform radius (d_/2) (Hagen
Poiseuille’s flow) permeabilities can for instance
be estimated from Kozeny-Carman’s equation
(Carman 1956; Schopper 1982)

ool 0
36k (1-¢)’

(2.15)

This relation is approximately valid for uncon-
solidated sediments of 30 - 80% porosity (Carman
1956). It is used for both geotechnical applications
to estimate permeabilities of soil (Lambe and
Whitman 1969) and seismic modeling of wave
propagation in water-saturated sediments (Biot
1956a, b; Hovem and Ingram 1979; Hovem 1980;
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Ogushwitz 1985). (k) is a constant which depends
on pore shape and tortuosity. In case of parallel,
cylindrical capillaries it is about 2, for spherical
sediment particles about 5, and in case of high
porosities > 10 (Carman 1956).

However, this is only one approach to estimate
permeabilities from porosities and mean grain
sizes. Other empirical relations exist, particularly
for regions with hydrocarbon exploration (e.g.
Gulf of Mexico, Bryant et al. 1975) or fluid venting
(e.g. Middle Valley, Fisher et al. 1994) which
compute depth-dependent permeabilities from
porosity logs or take the grain size distribution
and clay content into account.

Direct measurements of permeabilities in un-
consolidated marine sediments are difficult, and
only few examples are published. They confine to
measurements on discrete samples with a specially
developed tool (Lovell 1985), to indirect estima-
tions by resistivity measurements (Lovell 1985),
and to consolidation tests on ODP cores using a
modified medical tool (Olsen et al. 1985). These
measurements are necessary to correct for the
elastic rebound (MacKillop et al. 1995) and to
determine intrinsic permeabilities at the end of
each consolidation step (Fisher et al. 1994). In
Section 2.4.2 a numerical modeling and inversion
scheme is described which estimates permeabi-
lities from P-wave attenuation and dispersion
curves (c.f. also section 3.6).

24 Acoustic and Elastic Properties

Acoustic and elastic properties are directly con-
cerned with seismic wave propagation in marine
sediments. They encompass P- and S-wave veloci-
ty and attenuation and elastic moduli of the
sediment frame and wet sediment. The most
important parameter which controls size and
resolution of sedimentary structures by seismic
studies is the frequency content of the source
signal. If the dominant frequency and bandwidth
are high, fine-scale structures associated with
pore space and grain size distribution affect the
elastic wave propagation. This is subject of ultra-
sonic transmission measurements on sediment
cores (Sects. 2.4 and 2.5). At lower frequencies
larger scale features like interfaces with different
physical properties above and below and bed-
forms like mud waves, erosion zones and channel
levee systems are the dominant structures imaged
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by sediment echosounder and multi-channel
seismic surveys (Sect. 2.6).

In this section first Biot’s viscoelastic model is
summarized which simulates high- and low-
frequency wave propagation in water-saturated
sediments by computing phase velocity and
attenuation curves. Subsequently, analysis
techniques are introduced which derive P-wave
velocities and attenuation coefficients from
ultrasonic signals transmitted radially across
sediment cores. Additional physical properties like
S-wave velocity, elastic moduli and permeability
are estimated by an inversion scheme.

241 Biot-Stoll Model

To describe wave propagation in marine sediments
mathematically, various simple to complex models
have been developed which approximate the
sediment by a dilute suspension (Wood 1946) or
an elastic, water-saturated frame (Gassmann 1951;
Biot 1956a, b). The most common model which
considers the microstructure of the sediment and
simulates frequency-dependent wave propagation
is based on Biot’s theory (Biot 1956a, b). It includes
Wood’s suspension and Gassmann’s elastic frame
model as low-frequency approximations and
combines acoustic and elastic parameters - P- and
S-wave velocity and attenuation and elastic moduli
- with physical and sedimentological parameters
like mean grain size, porosity, density and permea-
bility.

Based on Biot’s fundamental work Stoll (e.g.
1974, 1977, 1989) reformulated the mathematical
background of this theory with a simplified
uniform nomenclature. Here, only the main physi-
cal principles and equations are summarized. For a
detailed description please refer to one of Stoll’s
publications or Biot’s original papers.

The theory starts with a description of the
microstructure by 11 parameters. The sediment
grains are characterized by their grain density (pg)
and bulk modulus (Kg), the pore fluid by its
density (p,), bulk modulus (K,) and viscosity (1).
The porosity (¢) quantifies the amount of pore
space. Its shape and distribution are specified by
the permeability (x), a pore size parameter
a=d /3:-¢/(1-¢), d = mean grain size (Hovem and
Ingram 1979; Courtney and Mayer 1993), and
structure factor a’=1-r,(1-¢”') (0 <r < 1) indicating
a tortuosity of the pore space (Berryman 1980).
The elasticity of the sediment frame is considered
by its bulk and shear modulus (K _and p ).
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An elastic wave propagating in water-satura-
ted sediments causes different displacements of
the pore fluid and sediment frame due to their
different elastic properties. As a result (global)
fluid motion relative to the frame occurs and can
approximately be described as Poiseuille’s flow.
The flow rate follows Darcy’s law and depends on
the permeability and viscosity of the pore fluid.
Viscous losses due to an interstitial pore water
flow are the dominant damping mechanism. Inter-
granular friction or local fluid flow can additio-
nally be included but are of minor importance in
the frequency range considered here.

Based on generalized Hooke’s law and
Newton’s 2. Axiom two equations of motions are
necessary to quantify the different displacements
of the sediment frame and pore fluid. For P-waves
they are (Stoll 1989)

2

V2l -e=C-£)= 2 (p-e=p; )

(2.16a)
9’ n 9%
VZ(C-e—M-é’)zat2 (pf e—m.é’)_;.E
(2.16b)

Similar equations for S-waves are given by
Stoll (1989). Equation 2.16a describes the motion
of the sediment frame and Equation 2.16b the mo-
tion of the pore fluid relative to the frame.

e=div (u) (2.16¢)
and ~

{=¢-div@i-U) (2.16d)
are the dilatations of the frame and between pore
fluid and frame (U = displacement of the frame,
U = displacement of the pore fluid). The term
(n/x-d&/dt) specifies the viscous losses due to
global pore fluid flow, and the ratio (77/x) the vis-
cous flow resistance.

The coefficients (H), (C), and (M) define the elas-
tic properties of the water-saturated model. They are
associated with the bulk and shear moduli of the
sediment grains, pore fluid and sediment frame (K,),

(K9, (K, (L) and with the porosity (¢) by
H=(K;-Kp)*/ (D -Kpp) + Koy + 45 iy

C=(Ky- (Ky-Kpp) /(D - Ky

(2.17a)

(2.17b)
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M=K,?/([D-K,) (2.17¢)

D=K, (1 +¢-(KgKs- 1) (2.17d)

The apparent mass factor m = a’-p;/¢ (a’ 2 1) in
Equation 2.16b considers that not all of the pore
fluid moves along the maximum pressure gradient
in case of tortuous, curvilinear capillaries. As a re-
sult the pore fluid seems to be more dense, with
higher inertia. (a’) is called structure factor and is
equal to 1 in case of uniform parallel capillaries.

In the low frequency limit H - 4/3p_ (Eq. 2.17a)
represents the bulk modulus computed by Gass-
mann (1951) for a ‘closed system’ with no pore
fluid flow. If the shear modulus (i) of the frame is
additionally zero, the sediment is approximated by
a dilute suspension and Equation 2.17a reduces to
the reciprocal bulk modulus of Wood’s equation for
‘zero’ acoustic frequency, (K = q)/Kf + (1-¢)/Kg;
Wood 1946).

Additionally, Biot (1956a, b) introduced a
complex correction function (F) which accounts
for a frequency-dependent viscous flow resis-
tance (M/x). In fact, while the assumption of an
ideal Poiseuille flow is valid for lower frequencies,
deviations of this law occur at higher frequencies.
For short wavelengths the influence of pore fluid
viscosity confines to a thin skin depth close to
the sediment frame, so that the pore fluid seems to
be less viscous. To take these effects into account
the complex function (F) modifies the viscous flow
resistance (1/k) as a function of pore size, pore
fluid density, viscosity and frequency. A complete
definition of (F) can be found in Stoll (1989).

The equations of motions 2.16 are solved by a
plane wave approach which leads to a 2 x 2
determinant for P-waves

H~k2—pa)2

2 2
w-—-C-k
det Py

=0
C-k*>=p,0° mw®-M-k*—iwFn/x

(2.18)

and a similar determinant for S-waves (Stoll 1989).
The variable k(w) = k (@) + ik(w) is the complex
wavenumber. Computations of the complex zeroes
of the determinant result in the phase velocity
c(w) = wk (w) and attenuation coefficient o(w) =
k(w) as real and imaginary parts. Generally, the
determinant for P-waves has two and that for S-

waves one zero representing two P- and one S-
wave propagating in the porous medium. The first
P-wave (P-wave of first kind) and the S-wave are
well known from conventional seismic wave
propagation in homogeneous, isotropic media.
The second P-wave (P-wave of second kind) is
similar to a diffusion wave which is exponentially
attenuated and can only be detected by specially
arranged experiments (Plona 1980).

An example of such frequency-dependent phase
velocity and attenuation curves presents Figure 2.12
for P- and S-waves together with the slope (power (n))
of the attenuation curves (& = k - ). Three sets of
physical properties representing typical sand, silt
and clay (Table 2.2) were used as model para-
meters. The attenuation coefficients show a signi-
ficant change in their frequency dependence.
They follow an o~f> power law for low and an
a~\f law for high frequencies and indicate a
continuously decreasing power (n) (from 2 to 0.5)
near a characteristic frequency f, = (nq))/(chpf).
This characteristic frequency depends on the
microstructure (porosity (¢), permeability (k)) and
pore fluid (viscosity (1), density (p,)) of the sedi-
ment and is shifted to higher frequencies if
porosity increases and permeability decreases.
Below the characteristic frequency the sediment
frame and pore fluid moves in phase and coupling
between solid and fluid components is at maxi-
mum. This behaviour is typical for clayey sedi-
ments in which low permeability and viscous
friction prevent any relative movement between
pore fluid and frame up to several MHz, in spite of
their high porosity. With increasing permeability
and decreasing porosity the characteristic
frequency diminishes so that in sandy sediments
movements in phase only occur up to about 1 kHz.
Above the characteristic frequency wavelengths
are short enough to cause relative motions
between pore fluid and frame.

Phase velocities are characterized by a low-
and high-frequency plateau with constant values
and a continuous velocity increase near the cha-
racteristic frequency. This dispersion is difficult to
detect because it is confined to a small frequency
band. Here, dispersion could only be detected
from 1 - 10 kHz in sand, from 50 - 500 kHz in silt
and above 100 MHz in clay. Generally, velocities in
coarse-grained sands are higher than in fine-
grained clays.

S-waves principally exhibit the same attenua-
tion and velocity characteristics as P-waves.
However, at the same frequency attenuation is
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about one magnitude higher, and velocities are
significantly lower than for P-waves. The conse-
quence is that S-waves are very difficult to record
due to their high attenuation, though they are of
great value for identifying fine-scale variations in
the elasticity and microstructure of marine sedi-
ments. This is even valid if the low S-wave veloci-
ties are taken into account and lower frequencies
are used for S-wave measurements than for P-
wave recordings.

The two gray-shaded areas in Figure 2.12 mark
two frequency bands typical for ultrasonic studies
on sediment cores (50 - 500 kHz) and sediment
echosounder surveys (0.5 - 10 kHz). They are
displayed in order to point to one characteristic of
acoustic measurements. Attenuation coefficients
analyzed from ultrasonic measurements on sedi-
ment cores cannot directly be transferred to

sediment echosounder or seismic surveys. Prima-
rily they only reflect the microstructure of the
sediment. Rough estimates of the attenuation in
seismic recordings from ultrasonic core measure-
ments can be derived if ultrasonic attenuation is
modeled, and attenuation coefficients are extrapo-
lated to lower frequencies by such model curves.

2.4.2 Full Waveform Ultrasonic Core

Logging

To measure the P-wave velocity and attenuation
illustrated by Biot-Stoll’s model an automated, PC-
controlled logging system was developed which
records and stores digital ultrasonic P-waveforms
transmitted radially across marine sediment cores
(Breitzke and Spiefl 1993). These transmission
measurements can be done at arbitrary small depth

Table 2.2 Physical properties of sediment grains, pore fluid and sediment frame used for the computation of
attenuation and phase velocity curves according to Biot-Stoll’s sediment model (Fig. 2.12).

Parameter Sand Silt Clay
Sediment Grains
Bulk Modulus K 4 [10° Pa] 38 38 38
Density p4 [g cm™] 2.67 2.67 2.67
Pore Fluid
Bulk Modulus K ; [10° Pa] 2.37 2.37 2.37
Density p [g cm™] 1.024 1.024 1.024
Viscosity n [10° Pa-s] 1.07 1.07 1.07
Sediment Frame
Bulk Modulus K , [10° Pa] 400 150 20
Shear Modulus p , [10° Pa] 240 90 12
Poisson Ratio ¢ 0.25 0.25 0.25
Pore Space
Porosity ¢ [%] 50 60 80
Mean Grain Size d ,, [10® m] 70 30 2
Permeability x [m?] 5.4-10°" 2.3-1012 7.1-10°15
Pore Size Parametera =d, /3 ¢ /(1-¢ ) [10° m] 23 15 2.7
Ratio «/ a2 0.1 0.01 0.001
Structure Factor a’ = 1-ro (1-¢ ") 1.5 1.3 1.1
Constant r 0.5 0.5 0.5
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increments so that the resulting seismogram sec-
tions can be combined to an ultrasonic image of the
core.

Figure 2.13 displays the most prominent effects
involved in full waveform ultrasonic core logging.
Gravity core GeoB1510-2 from the western
equatorial South Atlantic serves as an example. The
lithology controlled single traces and amplitude
spectra demonstrate the influence of increasing
grain sizes on attenuation and frequency content
of transmission seismograms. Compared to a
reference signal in distilled water, the signal shape
remains almost unchanged in case of wave
propagation in fine-grained clayey sediments (1st
attenuated trace). With an increasing amount of
silty and sandy particles the signal amplitudes are
reduced due to an enhanced attenuation of high-
frequency components (2nd and 3rd attenuated
trace). This attenuation is accompanied by a
change in signal shape, an effect which is
particularly obvious in the normalized wiggle trace
display of the 1 m long core segment. While the
upper part of this segment is composed of fine-
grained nannofossil ooze, a calcareous foramini-
feral turbidite occurs in the lower part. The down-
ward coarsening of the graded bedding causes
successively lower-frequency signals which can
easily be distinguished from the high-frequency
transmission seismograms in the upper fine-grained
part. Additionally, first arrival times are lower in the
coarse-grained turbidite than in fine-grained
nannofossil oozes indicating higher velocities in
silty and sandy sediments than in the clayey part.
A conversion of the normalized wiggle traces to a
gray-shaded pixel graphic allows us to present the
full transmission seismogram information on a
handy scale. In this ultrasonic image of the
sediment core lithological changes appear as
smooth or sharp phase discontinuities resulting
from the low-frequency waveforms in silty and
sandy layers. Some of these layers indicate a
graded bedding by downward prograding phases
(1.60 -2.10 m, 4.70 - 4.80 m, 7.50 - 7.60 m). The P-
wave velocity and attenuation log analyzed from
the transmission seismograms support the
interpretation. Coarse-grained sandy layers are
characterized by high P-wave velocities and atte-
nuation coefficients while fine-grained parts reveal
low values in both parameters. Especially, atte-
nuation coefficients reflect lithological changes
much more sensitively than P-wave velocities.

While P-wave velocities are determined online
during core logging using a cross-correlation

technique for the first arrival detection (Breitzke
and Spief3 1993)

(2.19)

(d, g~ outer core diameter, 2 d, = double
liner wall thickness, t = detected first arrival,
2t, = travel time across both liner walls),
attenuation coefficients are analyzed by a post-
processing routine. Several notches in the ampli-
tude spectra of the transmission seismograms
caused by the resonance characteristics of the
ultrasonic transducers required a modification of
standard attenuation analysis techniques (e.g.
Jannsen et al. 1985; Tonn 1989, 1991). Here, a
modification of the spectral ratio method is
applied (Breitzke et al. 1996). It defines a window
of bandwidth (b, = f - f,) in which the spectral
amplitudes are summed (Fig. 2.14a).

Jui
W)= S l)

Ji=tu

(2.20)

The resulting value (K(fmi,x)) is related to
that part of the frequency band which predo-
minantly contributes to the spectral sum, i.e. to the
arithmetic mean frequency (f ) of the spectral
amplitude distribution within the i band. Sub-
sequently, for a continuously moving window a
series of attenuation coefficients (o(f )) is com-
puted from the natural logarithm of the spectral
ratio of the attenuated and reference signal

a(fmi )= In —A(fml . X)

:kfn
Argf(fmi’x) *

2.21)

Plotted in a log o - log f diagram the power (n)
and logarithmic attenuation factor (log k) can be
determined from the slope and intercept of a linear
least square fit to the series of (f ,ou(f )) pairs
(Fig. 2.14b). Finally, a smoothed attenuation
coefficient o(f) = k - f" is calculated for the
frequency (f) using these values for (k) and (n).

Figure 2.14b shows several attenuation curves
(ouf ) analyzed along the turbidite layer of core
GeoB1510-2. With downward-coarsening grain
sizes attenuation coefficients increase. Each linear
regression to one of these curves provide a power
(n) and attenuation factor (k), and thus one value
a = k - f" on the attenuation log of the complete
core (Fig. 2.14c).
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As the P-wave attenuation coefficient
obviously depends on the grain size distribution
of the sediment it can be used as a proxy para-
meter for the mean grain size, i.e. for a sedi-
mentological parameter which is usually only
measured at coarse increments due to the time-
consuming grain size analysis methods. For
instance, this can be of major importance in
current controlled sedimentation environments
where high-resolution grain size logs might
indicate reduced or enhanced current intensities.

If the attenuation coefficients and mean grain
sizes analyzed on discrete samples of core
GeoB1510-2 are displayed as a cross plot a second
order polynomial can be derived from a least
square fit (Fig. 2.15a). This regression curve then
allows to predict mean grain sizes using the
attenuation coefficient as proxy parameter. The
accuracy of the predicted mean grain sizes illus-

trates the core log in Figure 2.15b. The predicted
gray shaded log agrees well with the superim-
posed dots of the measured data.

Similarly, P-wave velocities can also be used as
proxy parameters for a mean grain size prediction.
However, as they cover only a small range (1450 -
1650 m/s) compared to attenuation coefficients (20
- 800 dB/m) they reflect grain size variations less
sensitively.

Generally, it should be kept in mind, that the
regression curve in Figure 2.15 is only an example.
Its applicability is restricted to that range of
attenuation coefficients for which the regression
curve was determined and to similar sedimentation
environments (calcareous foraminiferal and
nannofossil ooze). For other sediment compo-
sitions new regression curves must be determined,
which are again only valid for that specific
sedimentological setting.
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Fig. 2.15 (a) Attenuation coefficients (at 400 kHz) of gravity core GeoB1510-2 versus mean grain sizes. The solid
line indicates a second degree polynomial used to predict mean grain sizes from attenuation coefficients. (b)
Comparison of the predicted mean grain size log (gray shaded) with the data measured on discrete samples (solid
dots). Mean grain sizes are given in @ = -log, d, d = grain diameter in mm. Modified after Breitzke et al. (1996).

51



2 Physical Properties of Marine Sediments

Biot-Stoll’s theory allows us to model P-wave
velocities and attenuation coefficients analyzed from
transmission seismograms. As an example Figure 2.16
displays six data sets for the turbidite layer of core
GeoB1510-2. While attenuation coefficients were
analyzed as described above frequency dependent P-
wave velocities were determined from successive
bandpass filtered transmission seismograms (Court-
ney and Mayer 1993; Breitzke 1997). Porosities and
mean grain sizes enter the modeling computations via
the pore size parameter (a) and structure factor (a’).
Physical properties of the pore fluid and sediment
grains are the same as given in Table 2.2. A bulk and
shear modulus of 10 and 6 MPa account for the
elasticity of the frame. As the permeability is the
parameter which is usually unknown but has the
strongest influence on attenuation and velocity
dispersion, model curves were computed for three
constant ratios K/a*> = 0.030, 0.010 and 0.003 of
permeability () and pore size parameter (a). The
resulting permeabilities are given in each diagram.
These theoretical curves show that the attenuation
and velocity data between 170 and 182 cm depth can
consistently be modeled by an appropriate set of
input parameters. Viscous losses due to a global pore
water flow through the sediment are sufficient to ex-
plain the attenuation in these sediments. Only if the
turbidite base is approached (188 - 210 cm depth) the
attenuation and velocity dispersion data succes-
sively deviate from the model curves probably due
to an increasing amount of coarse-grained fora-
minifera. An additional damping mechanism which

might either be scattering or resonance within the
hollow foraminifera must be considered.

Based on this modeling computations an
inversion scheme was developed which auto-
matically iterates the permeability and minimizes
the difference between measured and modeled
attenuation and velocity data in a least square
sense (Courtney and Mayer 1993; Breitzke 1997).
As a result S-wave velocities and attenuation
coefficients, permeabilities and elastic moduli of
water-saturated sediments can be estimated. They
are strictly only valid if attenuation and velocity
dispersion can be explained by viscous losses. In
coarse-grained parts deviations must be taken
into account for the estimated parameters, too.
Applied to the data of core GeoB1510-2 in 170, 176
and 182 cm depth S-wave velocities of 67, 68 and
74 m/s and permeabilities of 5-107%, 1-10-'? and
3-107"2 m? result from this inversion scheme.

2.5 Sediment Classification

Full waveform ultrasonic core logging was applied
to terrigenous and biogenic sediment cores to
analyze P-wave velocities and attenuation coef-
ficients typical for the different settings. Together
with the bulk parameters and the physical proper-
ties estimated by the inversion scheme they form
the data base for a sediment classification which
identifies different sediment types from their

Table 2.3 Geographical coordinates, water depth, core length, region and composition of the sediment cores

considered for the sediment classification in Section 2.5.

Core Coordinates Water Core Region Sediment
Depth Length Composition
40KL 07°33.1'N 3814m 8.46m Bengal terrigenous clay, silt, sand
85°29.7'E Fan
47KL 11°10.9'N 3293 m 10.00 m Bengal terrigenous clay, silt, sand;
88°24.9'E Fan foram. and nannofossil ooze
GeoB 30°27.1'S 3941 m 8.19m Rio Grande foram. and nannofossil ooze
2821-1 38°48.9'W Rise
PS 46°56.1'S 4102m 17.65m Meteor  diatomaceous mud/ooze; few
2567-2 06°15.4'E Rise foram. and nannofossil layers
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acoustic and elastic properties. Table 2.3 summa-
rizes the cores used for this sediment classifica-
tion.
251 Full Waveform Core Logs as
Acoustic Images

That terrigenous, calcareous and biogenic sili-
ceous sediments differ distinctly in their acoustic
properties is shown by four transmission seismo-
gram sections in Figure 2.17. Terrigenous
sediments from the Bengal Fan (40KL, 47KL) are
composed of upward-fining sequences of turbi-
dites characterized by upward decreasing attenu-
ations and P-wave velocities. Coarse-grained
basal sandy layers can easily be located by low-
frequency waveforms and high P-wave velocities.

Calcareous sediments from the Rio Grande Rise
(GeoB2821-1) in the western South Atlantic also
exhibit high- and low-frequency signals which
scarcely differ in their P-wave velocities. In these
sediments high-frequency signals indicate fine-
grained nannofossil ooze while low-frequency
signals image coarse-grained foraminiferal ooze.

The sediment core from the Meteor Rise
(PS2567-2) in the Antarctic Ocean is composed of
diatomaceous and foraminiferal-nannofossil ooze
deposited during an advance and retreat of the
Polar Frontal Zone in glacial and interglacial
stages. Opal-rich, diatomaceous ooze can be iden-
tified from high-frequency signals while foramini-
feral-nannofossil ooze causes higher attenuation
and low-frequency signals. P-wave velocities
again only show smooth variations.

Acoustic images of the complete core litho-
logies present the colour-encoded graphics of the
transmission seismograms, in comparison to the
lithology derived from visual core inspection (Fig.
2.18). Instead of normalized transmission seismo-
grams instantaneous frequencies are displayed
here (Taner et al. 1979). They reflect the dominant
frequency of each transmission seismogram as
time-dependent amplitude, and thus directly
indicate the attenuation. Highly attenuated low-
frequency seismograms appear as warm red to
white colours while parts with low attenuation and
high-frequency seismograms are represented by
cool green to black colours.

In these attenuation images the sandy turbi-
dite bases in the terrigenous cores from the
Bengal Fan (40KL, 47KL) can easily be distin-
guished. Graded beddings can also be identified
from slightly prograding phases and continuously
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decreasing travel times. In contrast, the transition
to calcareous, pelagic sediments in the upper part
(> 5.6 m) of core 47KL is rather difficult to detect.
Only above 3.2 m depth a slightly increased
attenuation can be observed by slightly warmer
colours at higher transmission times (> 140 ps). In
this part of the core (> 3.2 m) sediments are mainly
composed of coarse-grained foraminiferal ooze,
while farther downcore (3.2 - 5.6 m) fine-grained
nannofossils prevail in the pelagic sediments.

The acoustic image of the calcareous core from
the Rio Grande Rise (GeoB2821-1) shows much
more lithological changes than the visual core
description. Cool colours between 1.5 - 2.5 m
depth indicate unusually fine grain sizes (Breitzke
1997). Alternately yellow/red and blue/black
colours in the lower part of the core (> 6.0 m)
reflect an interlayering of fine-grained nannofossil
and coarse-grained foraminiferal ooze. Dating by
orbital tuning shows that this interlayering coin-
cides with the 41 ky cycle of obliquity (von
Dobeneck and Schmieder 1999) so that fine-
grained oozes dominate during glacial and coarse-
grained oozes during interglacial stages.

The opal-rich diatomaceous sediments in core
PS2567-2 from the Meteor Rise are characterized
by a very low attenuation. Only 2 - 3 calcareous
layers with significantly higher attenuation
(yellow and red colours) can be identified as
prominent lithological changes.

2.5.2 P- and S-Wave Velocity,
Attenuation, Elastic Moduli and
Permeability

As the acoustic properties of water-saturated
sediments are strongly controlled by the amount
and distribution of pore space, cross plots of P-
wave velocity and attenuation coefficient versus
porosity clearly indicate the different bulk and
elastic properties of terrigenous and biogenic
sediments and can thus be used for an acoustic
classification of the lithology. Additional S-wave
velocities (and attenuation coefficients) and
elastic moduli estimated by least-square inversion
specify the amount of bulk and shear moduli
which contribute to the P-wave velocity (Breitzke
2000).

The cross plots of the P-wave parameters of
the four cores considered above illustrate that
terrigenous, calcareous and diatomaceous
sediments can uniquely be identified from their
position in both diagrams (Fig. 2.19). In terri-
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Sediment Echosounding

genous sediments (40KL, 47KL) P-wave velocities
and attenuation coefficients increase with decrea-
sing porosities. Computed S-wave velocities are
very low (= 60 - 65 m s!) and almost independent
of porosity (Fig. 2.20a) whereas computed S-wave
attenuation coefficients (at 400 kHz) vary strongly
from 4-10° dB m"! in fine-grained sediments to
1.5-10* dB m' in coarse-grained sediments (Fig.
2.20b). Accordingly, shear moduli are also low and
do not vary very much (Fig. 2.21b) so that higher
P-wave velocities in terrigenous sediments mainly
result from higher bulk moduli (Fig. 2.21a).

If calcareous, particularly foraminiferal compo-
nents (FNO) are added to terrigenous sediments
porosities become higher (= 70 - 80%, 47KL). P-
wave velocities slightly increase from their mini-
mum of 1475 m s at 70% porosity to 1490 m s at
80% porosity (Fig. 2.19a) mainly due to an increase
in the shear moduli from about 6.5 to 8.5 MPa
whereas bulk moduli remain almost constant at
about 3000 MPa (Fig. 2.21b). However, a much
more pronounced increase can be observed in the
P-wave attenuation coefficients (Fig. 2.19b). For
porosities of about 80% they reach the same
values (about 200 dB m') as terrigenous sedi-
ments of about 55% porosity, but can easily be
distinguished because of higher P-wave velocities
in terrigenous sediments. S-wave attenuation
coefficients increase as well in these hemipelagic
sediments from about 1-10° dB m™ at 65% porosity
to about 2.5-10° dB m™ at 80% porosity (Fig.
2.20b), and are thus even higher than in
terrigenous sediments.

Calcareous foraminiferal and nannofossil oozes
(NFO) show similar trends in both P-wave and S-
wave parameters as terrigenous sediments, but are
shifted to higher porosities due to their additional
intraporosities (GeoB2821-1; Figs. 2.19, 2.20).

In diatomaceous oozes P- and S-wave wave
velocities increase again though porosities are
very high (>80%, PS2567-2; Figs. 2.19, 2.20). Here,
the diatom shells build a very stiff frame which
causes high shear moduli and S-wave velocities
(Fig. 2.21). It is this increase in the shear moduli
which only accounts for the higher P-wave
velocities while the bulk moduli remain almost
constant and are close to the bulk modulus of sea
water (Fig. 2.21). P-wave attenuation coefficients
are very low in these high-porosity sediments
(Fig. 2.19b) whereas S-wave attenuation coeffici-
ents are highest (Fig. 2.20b).

Permeabilities estimated from the least square
inversion mainly reflect the attenuation charac-

teristics of the different sediment types (Fig. 2.22).
They reach lowest values of about 5-10"'* m?in
fine-grained clayey mud and nannofossil ooze.
Highest values of about 5-10-"" m? occur in diato-
maceous ooze due to their high porosities.
Nevertheless, it should be kept in mind that these
permeabilities are only estimates based on the
input parameters and assumptions incorporated in
Biot-Stoll’s model. For instance one of these
assumptions is that only mean grain sizes are
used, but the influence of grain size distributions
is neglected. Additionally, the total porosity is
usually used as input parameter for the inversion
scheme without differentiation between inter- and
intraporosities. Comparisons of these estimated
permeabilities with direct measurements unfortu-
nately do not exist up to know.

2.6 Sediment Echosounding

While ultrasonic measurements are used to study
the structure and composition of sediment cores,
sediment echosounders are hull-mounted acoustic
systems which image the upper 10-200 m of sediment
coverage by remote sensing surveys. They operate
with frequencies around 3.5-4.0 kHz. The examples
presented here were digitally recorded with the
narrow-beam Parasound echosounder and
ParaDIGMA recording system (Spie3 1993).

261 Synthetic Seismograms

Figure 2.23 displays a Parasound seismogram
section recorded across an inactive channel of the
Bengal Fan. The sediments of the terrace were
sampled by a 10 m long piston core (47KL). Its
acoustic and bulk properties can either be directly
compared to the echosounder recordings or by
computations of synthetic seismograms. Such
modeling requires P-wave velocity and wet bulk
density logs as input parameters. From the
product of both parameters acoustic impedances /
= v, p are calculated. Changes in the acoustic
impedance cause reflections of the normally
incident acoustic waves. The amplitude of such
reflections is determined by the normal incidence
reflection coefficient R = (1,-1,) / (I,+1,), with (1)
and (I,) being the impedances above and below
the interface. From the series of reflection
coefficients the reflectivity can be computed as
impulse response function, including all internal
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Fig. 2.19 (a) P-wave velocities and (b) attenuation coefficients (at 400 kHz) versus porosities for the four
sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2. NFO is nannofossil foraminiferal ooze, FNO is
foraminiferal nannofossil ooze (nomenclature after Mazullo et al. (1988)). Modified after Breitzke (2000).
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Fig. 2.20 (a) S-wave velocities and (b) attenuation coefficients (at 400 kHz) derived from least square inversion
based on Biot-Stoll’s theory versus porosities for the four sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2.
NFO and FNO as in Figure 2.19. Modified after Breitzke (2000).
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Fig. 2.21 (a) S-wave velocity versus P-wave velocity and (b) shear modulus versus bulk modulus derived from least
square inversion based on Biot-Stoll’s theory for the four sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2.
The dotted line indicates an asymptote parallel to the shear modulus axis which crosses the value for the bulk
modulus of seawater K, = 2370 MPa on the bulk modulus axis. NFO and FNO as in Figure 2.19. Modified after
Breitzke (2000).
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Fig. 2.22 Permeabilities derived from least square inversion based on Biot-Stoll’s theory versus porosities for the
four sediment cores 40KL, 47KL, GeoB2821-1, and PS2567-2. The regular spacing of the permeability values is due
to the increment (10 permeability values per decade) used for the optimization process in the inversion scheme.
NFO and FNO as in Figure 2.19. Modified after Breitzke (2000).

multiples. Convolution with a source wavelet
finally provides the synthetic seismogram. In
practice, different time- and frequency domain
methods exist for synthetic seismogram compu-
tations. For an overview, please refer to books an
theoretical seismology (e.g. Aki and Richards,
2002). Here, we used a time domain method called
‘state space approach’ (Mendel et al. 1979).

Figure 2.24 compares the synthetic seismogram
computed for core 47KL with the Parasound
seismograms recorded at the coring site. The P-
wave velocity and wet bulk density logs used as
input parameters are displayed on the right-hand
side, together with the attenuation coefficient log
as grain size indicator, the carbonate content and
an oxygen isotope (8'*0O-) stratigraphy. An
enlarged part of the gray shaded Parasound
seismogram section is shown on the left-hand
side. The comparison of synthetic and Parasound
data indicates some core deformations. If the
synthetic seismograms are leveled to the pro-
minent reflection caused by the Toba Ash in 1.6 m
depth about 95 cm sediment are missing in the
overlying younger part of the core. Deeper reflec-

tions, particularly caused by the series of turbi-
dites below 6 m depth, can easily be correlated
between synthetic and Parasound seismograms,
though single turbidite layers cannot be resolved
due to their short spacing. Slight core stretching
or shortening are obvious in this lower part of the
core, too.

From the comparison of the gray shaded
Parasound seismogram section and the wiggle
traces on the left-hand side with the synthetic
seismogram, core logs and stratigraphy on the
right-hand side the following interpretation can be
derived. The first prominent reflection below sea
floor is caused by the Toba Ash layer deposited
after the explosion of volcano Toba (Sumatra)
75,000 years ago. The underlying series of reflec-
tion horizons (about 4 m thickness) result from an
interlayering of very fine-grained thin terrigenous
turbidites and pelagic sediments. They are
younger than about 240,000 years (oxygen isotope
stage 7). At that time the channel was already
inactive. The following transparent zone between
4.5 - 6.0 m depth indicates the transition to the
time when the channel was active, more than
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300,000 years ago. Only terrigenous turbidites
causing strong reflections below 6 m depth were
deposited.

Transferred to the Parasound seismogram sec-
tion in Figure 2.23 this interpretation means that
the first prominent reflection horizon in the levees
can also be attributed to the Toba Ash layer (75 ka).
The following transparent zone indicates completely
pelagic sediments deposited on the levees during
the inactive time of the channel (< 240 ka). The
suspension cloud was probably trapped between
the channel walls so that only very thin, fine-
grained terrigenous turbidites were deposited on
the terrace but did not reach the levee crests. The
high reflectivity part below the transparent zone in
the levees is probably caused by terrigenous
turbidites deposited here more than 300,000 years
ago during the active time of the channel.

2.6.2 Narrow-Beam Parasound
Echosounder Recordings

Finally, some examples of Parasound echosounder
recordings from different terrigenous and biogenic
provinces are presented to illustrate that charac-
teristic sediment compositions can already be
recognized from such remote sensing surveys
prior to the sediment core retrieval.

The first example was recorded on the Rio
Grande Rise in the western South Atlantic during
RV Meteor cruise M29/2 (Bleil et al. 1994) and is
typical for a calcareous environment (Fig. 2.25a).
It is characterized by a strong sea bottom reflector
caused by coarse-grained foraminiferal sands.
Signal penetration is low and reaches only about
20 m.

In contrast, the second example from the
Conrad Rise in the Antarctic Ocean, recorded
during RV Polarstern cruise ANT X1/4 (Kuhn, pers.
communication), displays a typical biogenic
siliceous environment (Fig. 2.25b). The diatoma-
ceous sediment coverage seems to be very
transparent, and the Parasound signal penetrates
to about 160 m depth. Reflection horizons are
caused by calcareous foraminiferal and nanno-
fossil layers deposited during a retreat of the
Polar Frontal Zone during interglacial stages.

The third example recorded in the Weddell Sea/
Antarctic Ocean during RV Polarstern cruise ANT
X1/4 as well (Kuhn, pers. communication) indi-
cates a deep sea environment with clay sediments
(Fig. 2.25c). Signal penetration again is high
(about 140 m), and reflection horizons are very
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sharp and distinct. Zones with upward curved
reflection horizons might possibly be indicators
for pore fluid migrations.

The fourth example from the distal Bengal
Fan (Hiibscher et al. 1997) was recorded during
RV Sonne cruise SO125 and displays terrigenous
features and sediments (Fig. 2.25d). Active and
older abandoned channel levee systems are cha-
racterized by a diffuse reflection pattern which
indicates sediments of coarse-grained turbidites.
Signal penetration in such environments is rather
low and reaches about 30 - 40 m.
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Appendix

A: Physical Properties of Sediment
Grains and Sea Water

The density (pg) and bulk modulus (Kg) of the
sediment grains are the most important physical
properties which characterize the sediment type -
terrigenous, calcareous and siliceous - and
composition. Additionally, they are required as
input parameters for wave propagation modeling,
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Water Depth for vp = 1500 m/s
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Fig. 2.25 a, b Parasound seismogram sections representing typical calcareous (Rio Grande Rise) and opal-rich
diatomaceous (Conrad Rise) environments. Lengths and heights of both profiles amount to 50 km and 300 m,
respectively. Vertical exaggeration (VE) is 111. The Parasound seismogram section from the Conrad Rise was kindly
provided by G. Kuhn, Alfred-Wegener-Institute for Polar- and Marine Research, Bremerhaven, Germany and is an
unpublished data set recorded during RV Polarstern cruise ANT IX/4. Modified after Breitzke (1997).
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Fig. 2.25 ¢, d Parasound seismogram sections representing typical deep sea clay (Weddell Sea) and terrigenous
sediments (Bengal Fan). Lengths and heights of both profiles amount to 50 km and 300 m, respectively. Vertical
exaggeration (VE) is 111. The Parasound seismogram section from the Weddell Sea was kindly provided by G. Kuhn,
Alfred-Wegener-Institute for Polar- and Marine Research, Bremerhaven, Germany and is an unpublished data set
recorded during RV Polarstern cruise ANT 1X/4. Modified after Breitzke (1997).
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e.g. with Biot-Stoll’s sediment model (Sect. 2.4.1).
Table 2A-1 provides an overview on densities and
bulk moduli of some typical sediment forming
minerals.

Density (p,), bulk modulus (K,), viscosity (1),
sound velocity (v,), sound attenuation coefficient
(o) and electrical resistivity (R) of sea water
depend on salinity, temperature and pressure.
Table 2A-2 summarizes their values at laboratory

conditions, i.e. 20°C temperature, 1 at pressure
and 35%o salinity.

B: Corrections to Laboratory and In
Situ Conditions

Measurements of physical properties are usually
carried out under laboratory conditions, i.e. room
temperature (20°C) and atmospheric pressure (1 at).

Table 2A-1 Physical properties of sediment forming minerals, at laboratory conditions (20°C temperature, 1 at

pressure). After 'Wohlenberg (1982) and 2Gebrande (1982).

Mineral

Density1 pg [0 cm™]

Bulk Modulus® K, [10° Pa]

terrigenous sediments

quartz 2.649 - 2.697 37.6 - 38.1 (trigonal)

biotite 2.692 - 3.160 42.0-60.0

muscovite 2.770 - 2.880 43.0 - 62.0

hornblende 3.000 - 3.500 84.0-90.0
calcareous sediments

calcite 2.699 - 2.882 70.0-76.0
siliceous sediments

opal 2.060 - 2.300 no data

Table 2A-2 Physical properties of sea water, at laboratory conditions (20°C temperature, 1 at pressure, 35 %o

salinity). After 'Wille (1986) and ?Siedler and Peters (1986).

Parameter Value
sound velocity" vo [ms™] 1521 ms™
sound attenuation coefficient’ ¢ [10° dB m™']
4 kHz ~0.25
10 kHz ~0.80
100 kHz -~ 40
400 kHz ~ 120
1000 kHz ~ 300
density? pr [g/em™)] 1.024
bulk modulus? K; [10° Pa] 2.37
viscosity? 1y [10° Pass] 1.07
electrical resistivity? R; [Q.m] 0.21
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In order to correct for slight temperature varia-
tions in the laboratory and to transfer laboratory
measurements to in situ conditions, usually
temperature and in situ corrections are applied.
Temperature variations mainly affect the pore
fluid. Corrections to in situ conditions should
consider both the influence of reduced tempe-
rature and increased hydrostatic pressure at the
sea floor.

Porosity and Wet Bulk Density

In standard sea water of 35%o salinity density
increases by maximum 0.3-10° g cm™® per °C
(Siedler and Peters 1986), i.e. by less than 0.1%
per °C. Hence, temperature corrections can usu-
ally be neglected.

Differences between laboratory and in-situ
porosities are less than 0.001% (Hamilton 1971)
and can thus be disregarded, too. Sea floor wet
bulk densities are slightly higher than the cor-
responding laboratory values due to the hydro-
static pressure and the resulting higher density of
the pore water. For Central Pacific sediments of
75 - 85% porosity Hamilton (1971) estimated a
density increase of maximum 0.01 g cm™ for water
depths between about 500 - 3000 m and of
maximum 0.02 g cm? for water depths between
about 3000 - 6000 m. Thus, corrections to sea floor
conditions are usually of minor importance, too.
However, for cores of several hundred meter length
the effect of an increasing lithostatic pressure has
to be taken into account.

Electrical Resistivity

If porosities and wet bulk densities are determined
by galvanic resistivity measurements (Sect. 2.2.3)
varying sediment temperatures are considered by
computation of the formation factor (F) (see Eq.
2.12). While the resistivity (R)) of the sediment is
determined by the small hand-held probe (cf. Sect.
2.2.3) the resistivity (R,) of the pore fluid is deri-
ved from a calibration curve which describes the
temperature (T) - conductivity (c) relation by a
fourth power law (Siedler and Peters 1986)
R =c,+ceT+c,T? +e;T +e, T 022)
The coefficients (c,) to (c,) depend on the
geometry of the probe and are determined by a
least square fit to the calibration measurements in
standard sea water.
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P-wave velocity and attenuation

Bell and Shirley (1980) demonstrated that the P-
wave velocity of marine sediments increases
almost linearly by about 3 m s per °C while the
attenuation is independent of sediment tempe-
rature, similar to the temperature dependence of
sound velocity and attenuation in sea water.
Hence, to correct laboratory P-wave velocity mea-
surements to a reference temperature of 20°C
Schultheiss and McPhail’s (1989) equation

vy =vr +3:(20-T) (2.23)
can be applied, with (v,)) = P-wave velocity at
20°C (in m s), (T) = sediment temperature (in °C)
and (v,) = P-wave velocity measured at tempera-
ture (T) (in m s™).

To correct laboratory P-wave velocity measu-
rements to in situ conditions a modified time-ave-
rage equation (Wyllie et al. 1956) can be used
(Shipboard Scientific Party 1995)

1 1 1 1
=—+ ¢ . -
Vinsitu Viab Cinsitu Clab

(v,,) and (v_ . ) are the measured laboratory
(20°C, 1 at) and the corrected in situ P-wave
velocities, (c,) and (c, ) the sound velocity in
sea water at laboratory and in situ conditions and
(0) the porosity. If laboratory and sea floor
pressure, temperature and salinity are known from
tables or CTD measurements (c,,) and (c, ., ) can

be computed according to Wilson’s (1960)
equation

(2.24)

c=144914+cp +cp+c +egp (2.25)
(c,), (c,), (cy) are higher order polynomials which
describe the influence of temperature (T), pressure
(P) and salinity (S) on sound velocity. (cy,)
depends on all three parameters. Complete
expressions for (c,), (c,), (c), (cg,) can be found
in Wilson (1960). For T =20°C,P=1atand S =
0.035 Wilson’s equation results in a sound veloci-
ty of 1521 ms™.
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2.7 Problems

Problem 1

What is the difference between bulk parameters
and acoustic/elastic parameters concerning the
distribution of pore fluid and sediment grains ?

Problem 2

Which direct and which indirect methods do you
know to determine the porosity and wet bulk
density of marine sediment, which of both para-
meters is primarily determined by each method,
and how can porosity values be converted to
density values and vice versa ?

Problem 3

Assume that you have recovered a sediment core
in the Antarctic Ocean close to the Polar Frontal
Zone. The core is composed of an interlayering of
calcareous and siliceous sediments. You would
like to determine the downcore porosity and wet
bulk density logs by electrical resitivity measu-
rements. What do you have to consider during
conversion of porosities to wet bulk densities ?

Problem 4

Which sediment property mainly influences the
ultrasonic acoustic wave propagation (50 - 500 kHz),
and how affects it the P-wave velocity and
attenuation in terrigenous and calcareous sedi-
ments ?

Problem 5

Which parameter determines the amplitude or
strength of reflection horizons during sediment
echosounding, and which are the two physical
properties that contribute to it ?
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3 Quantification of Early Diagenesis:
Dissolved Constituents in Pore Water and
Signals in the Solid Phase

HorsT D. ScHuLz

A chapter on the pore water of sediments and the
processes of early diagenesis, reflected by the
concentration profiles therein, can certainly be
structured in different ways. One possibility is,
for example, to start with the sample-taking
strategies, followed by the analytical treatment of
the samples, then a model presentation to sub-
stantiate the processes, and finally a quantitative
evaluation of the measured profiles with regard to
material fluxes and reaction rates. The reader who
would prefer this sequence is recommended to
begin with the Sections 3.3, 3.4, 3.5 and to
consult the Sections 3.1 and 3.2 later. However, in
our opinion, marine geochemistry departed from
its initial development stage of sample collection
and anlysis some years ago. This book is
therefore written with a different structure from
earlier texts. The well understood theoretical
knowledge on concentration profiles has to be
introduced from the beginning. Only then do
problems arise which necessitate the investi-
gation of particular substances in pore water and
the application of specific methods of sampling
and analysis.

Particularly, two fundamental approaches are
conceivable for investigating diagenesis proces-
ses, both having their advantages and disadvan-
tages. The classical way leads to a sedimento-
logical, mineralogical, and in the broadest sense
geochemical examination of the solid phase. The
advantage of this approach is that sample
withdrawal and analytical procedures are gene-
rally easier to carry out and produce more reliable
results. On the other hand, in most cases this
approach will not provide us with any information
on the timing at which specific diagenetical
alterations in the sediment took place. Nothing
will be learnt about reaction rates, reaction kine-
tics, and mostly we do not even know whether
the processes, interpreted on account of certain

measurements and/or observations, occur today
or whether they were terminated some time
before. Furthermore, the distinction between the
primary signals from the water column and the
results of diagenetic reactions, often remains
unclear.

A section dealing with the concentrations of
elements in the solid phase of the sediment
should not be missing despite the mentioned
disadvantages and problems that come along
with a geochemical description of a sediment/
pore water system. Section 3.7 therefore contains
a brief presentation of the various sample-
processing methods and analyses, next to some
examples of measured element profiles. One of the
greatest problems encountered in interpreting ele-
ment concentrations in the sediment’s solid
phase will always be one’s ability to distinguish
between a primary signal from the water column,
i.e. from the introduction into the sediment, and
the diagenetic alteration of the material.

If the processes of diagenesis and their time-
dependency are to be recorded directly, then a
second approach appears to be more reasonable;
one that includes the measurement of concen-
tration profiles in pore water. Figure 3.1 shows
various concentration profiles of substances
dissolved in the pore water of sediments taken at
a depth of approximately 4000 m, off the estuary
of the River Congo. The differently shaped
curves shown here directly reflect the reactions
that are happening today. The investigation of
pore water thus constitutes the only way to
determine the reaction rates and the fluxes of
material which they produce. Yet, this procedure
is rather laborious and unfortunately contains
numerous opportunities for errors. Most errors
are caused as soon as the sediment sample is
taken, others are caused upon preparing the pore
water from the sediment, or in the course of
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3.1 Introduction: How to Read Pore Water Concentration Profiles

Fig. 3.1 Concentration profiles in the pore water frac-
tions of sediments obtained off the estuary of the River
Congo, at a depth of approximately 4000 m. The sedi-
ments contain a relatively high amount of TOC. Values
ranging from 1 to 3.5 wt. % indicate that this sediment is
characterized by the high reaction rates of various early
diagenesis processes. These processes are reflected by dif-
fusion fluxes over gradients and by reaction rates deter-
mined by gradient changes (after Schulz et al. 1994).

analyzing low concentrations obtained from small
sample amounts. Actually, one would prefer to
gain all results by in situ measurements at the
bottom of the ocean, which is feasible, however,
only in very few exceptional cases.

3.1 Introduction:

How to Read Pore Water
Concentration Profiles

The processes of early diagenesis - irrespective
of whether we are dealing with microbiological
redox-reactions or predominantly abiotic reac-
tions of dissolution and precipitation - are
invariably reflected in the pore water of sedi-
ments. The aquatic phase of the sediments is the
site where the reactions occur, and where they
become visible as time-dependent or spatial
distributions of concentrations. Thus, if the early
diagenesis processes are to be examined and
quantified in the young marine sediment, the
foremost step will always consist of measuring
the concentration profiles in the pore water
fraction.

For reasons of simplification and enabling an
easy understanding of the matter, only three
fundamental processes will be considered in this
section, along with their manifestation in the pore
water concentration profiles:

e Consumption of a reactant in pore water (e.g.
consumption of oxygen in the course of
oxidizing organic material)

e Release of a substance from the solid phase
into the pore water fraction (e.g. release of
silica due to the dissolution of opal).

e Diffusion transport of dissolved substances in
pore water and across the sediment/ bottom
water boundary.

Figure 3.2 shows schematic diagrams of some
possible concentration profiles occurring in ma-

rine pore water. Here, the profile shown in Figure
3.2a is quite easy to understand. In the event of a
substance that is not subject to any early dia-
genetic process, the pore water as the formation
water contains exactly the same concentration as
the supernatant ocean water. If the concentration
in the ocean floor water changes, this change will

( reactive layer

c d

depth under sediment surface

reactive layer 1

reactive layer 2

reactive layer \ f

e / reactive layer 3

concentration

Fig. 3.2 Principal concentration profile
measured pore water:

a: Profile of a non-reacting substance (e.g. chloride);

b: profile of a substance that is depleted in the upper
layers of the sediment (e.g. oxygen); c: profile of a sub-
stance that is consumed in a particular reactive layer;

d: profile of a substance that is released into pore water
in the upper layers of the sediment (e.g. silica); e: pro-
file of a substance that is released into the pore water in
specific reactive layers; f: profile of a substance that is
released into pore water in one discrete depth (reactive
layer 2), and, in two other depths (reactive layers 1 and
3) is removed from the pore water by consumption (e.g.
manganese).

shapes as in

75



3 Quantification of Early Diagenesis: Dissolved Constituents in Marine Pore Water

be reproduced in the pore water fraction on
account of diffusion processes. After a definite
time of non-stationary conditions, which de-
pends on the depth of the profile under study
and the required accuracy of the measurement,
the concentration of the ocean floor water pre-
vails again, stationary and constant within the
entire profile. The details and the problems con-
cerning stationary and non-stationary condi-
tions in pore water will be thoroughly discussed
in Section 3.2.

Figure 3.2b shows the concentration profile of
a substance which is consumed by early diage-
netic reactions in the upper layers of the sedi-
ment. For example, the profiles of dissolved oxy-
gen often look like this (cf. Chap. 6). Assuming
steady-state conditions (cf. Sect. 3.2), the
concentration gradient near the sediment surface
will display its highest increases, because what-
ever is consumed in the deeper layers will arrive
there by means of diffusion. With increasing
depths the concentration gradient and the diffu-
sive material transport will decline, until, at a
particular depth, concentration, gradient, and
diffusion simultaneously approach zero. This
sediment depth, referred to as the penetration
depth of a substance, often represents a steady-
state condition composed of the diffusive
reinforcement from above and the depletion of
the substance in the sediment by the reactions of
early diagenesis.

In principle, the situation depicted in Figure
3.2c is quite the same. Here, the process is just
limited to one reactive layer. With an example of
oxygen as the dissolved substance, this could
be a layer containing easily degradable organic
matter, or the sedimentary depth in which
oxygen encounters and reacts with a reductive
solute species coming from below (e.g. Mn?" or
Fe?"). At any rate, the space above the reactive
layer is characterized by a constant gradient in
the concentration profile and thus by a dif-
fusive transport which is everywhere the same.
Within the reactive layer the dissolved sub-
stance is brought to zero concentration by
depletion.

The reverse case, which is in principle quite
similar, is demonstrated in Figure 3.2d and e.
Here, a substance is released anywhere into the
layers near the sediment surface (Fig. 3.2d),
whereas it might be released into the pore water
only in one particular layer (Fig. 3.2¢e). The solute
could be, for example, silica that often displays
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such concentration profiles on account of the
dissolution of sedimentary opal.

The concentration profile shown in Figure
3.2f is much more complex than the others in
Figure 3.2 and only comprehensible if the
interactions of several processes taking place at
various depths below the sediment surface are
regarded. Such a profile is characteristic, for
example, of the concentrations of divalent man-
ganese in marine pore water (see also Figure 3.1,
Figure 3.8, and Chapter 11). Manganese oxide
functions as an electron acceptor and reacts
with organic matter in reactive layer 2, where-
upon chemically reduced divalent manganese
dissolves. A small percentage diffuses down-
wards (flat gradient) and precipitates as manga-
nese carbonate or manganese sulfide in reactive
layer 3. The major proportion diffuses upwards
(much steeper gradient), encounters dissolved
oxygen from the sediment surface once again in
reactive layer 1, is reoxidized and precipitates
back to manganese oxide.

The described relations can be summarized by
stating a few rules for reading and understanding
of pore water concentration profiles:

e Diffusive material fluxes always occur in the
form of concentration gradients; concen-
tration gradients always represent diffusive
material fluxes.

e Reactions occurring in pore water in most
cases constitute changes in the concen-
tration gradient; changes in the concen-
tration gradient always represent reactions
occurring in pore water.

e A concave-shaped alteration in the concen-
tration gradient profile (cf. Fig. 3.2b, c)
signifies the depletion of a substance from
pore water; conversely, a convex-shaped
concentration gradient profile (cf. Fig. 3.2d,
e) always depicts the release of a substance
into the pore water.

However, the following also needs to be
observed:

e If a substance is involved in two reactions
taking place at the same depth, and is
released into the pore water fraction by one
reaction and then withdrawn again by the
other, neither of the participating reactions
will become evident in the pore-water
concentration profile.
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In the following Section 3.2, the laws of
diffusion and the particularities of their
application to sediment pore waters will be
treated in more detail. In this context, the problem
of steady state and non-steady state situations
will have to be covered, since the simple examples
described above have anticipated steady state
situations. Moreover, as a further simplification,
the examples of this section have by necessity
neglected advection, bioirrigation, and bioturba-
tion. These processes will be discussed in detail
in Section 3.6. Section 3.7 will then cover the in-
vestigations of the sediment’s solid phase and
thereby disclose the result of one or the other
process of early diagenesis.
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Fig. 3.3 Calculated non-steady state concentration pro-
files in pore water of a young sediment. It was assumed
that the concentration of ‘1’ has been previously
constant in the pore water of the sediment as well as in
the supernatant bottom water for a long period of time,
so that a steady state situation was prevalent. Then the
concentration of bottom water changed shortly to ‘9°.
The concentration profiles a to e are non-steady states
after 2 and up to 48 hours. The calculation of such non-
steady state concentration profiles can be performed , for
example, with the aid of the model program CoTAM
(Hamer and Sieger 1994) or CoTReM (cf. Chap. 15).

3.2 Calculation of Diffusive
Fluxes and Diagenetic
Reaction Rates

3.21 Steady State and

Non-Steady State Situations

In the preceding section and especially in all the
following chapters, one pair of terms will assume
extraordinary importance for describing and
understanding biogeochemical processes: the
steady state and non-steady state situation.

Let us first consider the steady state situation
as its description is more straight forward in a
model concept. In Figure 3.2c a concentration
profile is shown in which a substance is con-
tinually consumed at a specific rate of reaction and
within a reactive layer. At the same time, a constant
concentration is prevalent in the bottom water
above the sediment surface, an infinite reservoir as
compared to the consumption in the sediment. It
follows therefore that a constant concentration
gradient exists between the sediment surface and
the reactive layer, and thus everywhere the same
diffusive flux. Such a concentration gradient is
referred to as being in steady state. It remains in
this condition as long as its determining factors -
turn-over rates in the reactive layer, concentration
at the sea-floor, dimension and properties of the
space between the reactive layer and sediment
surface - are not changed.

Any change of the conditions that is liable to
exert any kind of influence on the concentration
profile, terminates the steady state situation. A
non-steady state emerges, which is a time-depen-
dent situation occurring in the pore water. If the
system remains unperturbed in the changed
situation for a sufficient length of time, a new
steady state situation can become established,
different from the first and reflecting the novel
configuration of conditions.

Strictly speaking, there are no real steady-
state situations in nature. Even the sun had
begun to shine at a certain time, the earth and,
upon her, the oceans have come into existence at
a certain time, and all things must pass sooner or
later. Hence, the term referring to the steady-state
condition also depends on the particular stretch
of time which is under study, as well as on the
dimension of the system, and, not least, on the
accuracy of the measurements with which we
examine the parameters that describe the system.
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A given concentration in the pore water of a
pelagic sediment, several meters below the
sediment surface, can be measured today, next
month, next year, and after 10 years. Within the
margins of reasonable analytical precision, we will
always measure just about the same value and
rightfully declare the situation to be steady-state
(That there are also exceptions to the rule may be
concluded from the Examples 2 and 3 described in
Section 15.3.2). At the same time, pore water
concentrations in sedimentary surface areas near
the same pelagic sediment could be subject to
considerable seasonal variation (such as residual
deposits of algal bloom periods) and thus be
classified as being in a non-steady state.

A calculated example for pore water concen-
trations in a non-steady state condition is shown
in Figure 3.3. Details concerning the calculation
procedure will not be discussed here. The con-
ceptual model employed will be described in
Section 3.2.4, a suitable computer model is
described in Chapter 15. A typical diffusion
coefficient characteristic of young marine
sediments and a characteristic porosity coeffi-
cient were used in the calculation.

In the calculated example shown in Figure 3.3
the assumption was made that a constant concen-
tration of ‘1’ has been prevalent for a long time in
the pore water of the young sediment and in the
bottom water above it. Then, the bottom water
underwent a momentary change to yield a con-
centration of ‘9’. By means of diffusion, the new
concentration gradually spreads into the pore
water. After 2 hours it reaches a depth of less
than 1 cm, after 48 hours, respectively, a depth of
about 3 to 4 cm below the sediment surface. If the
concentration of ‘9’ remains constant long
enough in the bottom water above the sediment,
this concentration will theoretically penetrate into
an infinitely great depth. To what extent, and into
what depths of pore water, these concentrations
are to be assigned to steady state or non-steady
states can only be determined in each particular
case, having its own concentration in the bottom
water over a given period of time. At any rate, the
allocation of one or the other state can only be
done separately for each system, each parameter,
and each time interval. Calculations as shown in
Figure 3.3 are likely to produce valuable prelimi-
nary concepts, for evaluating real measured pore
water profiles.

In the next example, the influence of seasonal
variation in the bottom water lying above the
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Fig. 3.4 Calculated non-steady state concentration pro-
files in the pore water of a young sediment. The calcu-
lation assumes that concentrations of ‘1’ and ‘10’ were
prevailing alternately in the bottom water over the sedi-
ment, each over a period of half a year. After several
years, the curve a. reflects the situation of concen-
tration ‘1’ at the end of one half year, whereas curve b.
reflects the situation of concentration ‘10’ at the end of
one half year. The calculation of such non-steady state
concentration profiles can be performed, for example,
with the aid of the model programs EXPLICIT or
CoTReM (cf. Chapter 15).

sediment will be examined, as well as the resulting
non-steady states in the pore water fraction. To
this end, the following boundary conditions are
selected: A substance concentration of ‘1’ is sup-
posed to be prevalent in the bottom water over
one half year, afterwards the concentration chan-
ges to ‘10’ for one half year, then it changes back
to a value of ‘1°, and so on, continually changing.
Figure 3.4 shows the result of such an oscillatory
situation after several years. The curve denoted
‘a’ demonstrates the situation in which the
bottom water concentration was ‘1’ after half a
year; the curve denoted ‘b’ reflects the situation
in which the bottom water concentration was ‘10’
after half a year. It is evident that essential effects
of such changes can only be observed down to a
depth of less than 0.2 m below the sediment
surface. In this model calculation, the effects of
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the preceding half year still remain visible in a
depth between about 0.22 m and 0.35 m below the
sediment surface. Below a depth of 0.4 m no
further non-steady states can be seen, a constant
and steady-state mean concentration of ‘5.5’
prevails.

The conditions proposed in Figure 3.4
describe a very extreme situation. On the one
hand, the half-yearly alternating concentrations
differ by a whole order of magnitude, on the other
hand, no transitory periods with intermediate
concentrations were anticipated. Seasonal vari-
ations in nature usually display smaller concen-
tration differences and are also likely to possess
transitory intermediate concentrations. Both
diminish the effects of non-steady state formation
in sedimentary depths as were shown in the
example of Figure 3.4.

Figure 3.4 also demonstrates clearly the
effects of the analytical precision on differen-
tiating steady state and non-steady states in pore
water. In the theoretical calculation shown in
Figure 3.4, the difference between both curves is
still visible in form of a non-steady state at a
depth between 0.22 and 0.4 m. However, if the
possible errors are taken into consideration that
occur during sampling and in the analytic treat-
ment of pore water samples (Sects. 3.3 - 3.5), then
there is likely to be no current parameter with
which these differences could be discovered
practically. Below a depth of 0.2 m, one would
always measure the same concentration and
consequently judge the situation as stationary, or
as a steady state.

3.22  The Steady State Situation
and Fick’s First Law of Diffusion

According to Fick’s first law of diffusion, the dif-
fusive flux (J) is directly proportional to concen-
tration gradient (dC/dx) under steady state condi-
tions. The factor of proportionality is the tempera-
ture-dependent and substance-dependent diffu-
sion coefficient (D?):
J=-p"%€

3.1
~ G-D

The negative sign indicates that the diffusive flux
runs in opposition to the gradient’s direction from
high concentrations to lower concentrations. In
these terms, increasing concentrations in greater
depths will yield negative gradients in the sedi-

ment along with an upwards directed positive flux,
and vice-versa.

The relations shown in Equation 3.1 are only
valid for free solutions, thus without the ‘disturb-
ing’ sedimentary solid phase. The diffusion coeffi-
cient DY is only valid for infinitely dilute solu-
tions. Boudreau (1997) and Iversen and Jergensen
(1993) have summarized the current state of
knowledge concerning the application of the dif-
fusion laws to the pore water volume of sedi-
ments, accomplished on the basis of an extensive
literature survey, and have thoroughly discussed
the general problem. As nothing further needs to
be added at this point, the calculation of the val-
ues shown in the following Tables 3.1 and 3.2
were performed by using the relations published
by Boudreau (1997). Table 3.1 contains the diffu-
sion coefficients for a number of ions, gases, and
uncharged complex compounds dissolved in sea-
water at various temperatures.

Looking at diffusion processes in the pore wa-
ter volume of sediments, it must be taken into con-
sideration that diffusion can only take place
within the pore water volume (porosity ¢), hence a
diffusive flux can only be proportionally effective
with regard to this spatial compartment. Beyond
this limitation, the diffusion coefficient is dis-
tinctly lower in the pore water volume of a sedi-
ment (Dg.4) than in free solution. The diffusive
flux in the sediment (Jq) is calculated as:

oC
Jsed =_¢’Dsed g (32)

The diffusion coefficient in the pore water volume
of sediments differs from the diffusion coefficient
of free solutions in such a manner that diffusion in
the pore water volume cannot follow a straight
course, but must take ‘deviations’ around each
single grain. The degree of deviation around
particles is called tortuosity (0). It describes the
mean ratio between the real length of the pathway
and the straight-line distance. Tortuosity can be
quantified directly by measuring the electrical re-
sistivity (R) (McDuff and Ellis 1979) and employ-
ing a related ‘formation factor’ (F).

F=R, / R, (3.3)
In this equation, Ry is the specific electrical resis-
tivity for the whole system composed of sediment
and pore water, and R; denotes the electrical resis-
tivity for pore water only. Since the electric cur-
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Table. 3.1 Diffusion coefficient in free solution for sea-water at various temperatures. The calculations were per-
formed on the basis of relations derived from a comprehensive literature study carried out by Boudreau (1997).

lon 0°C 5°C 10 °C 15°C 20 °C 25°C
Dsw [m28-1]

H 5.17E-09 5.89E-09 6.60E-09 7.30E-09 8.01E-09 8.69E-09
D 3.03E-09 3.68E-09 4.33E-09 4.97E-09 5.61E-09 6.24E-09
Li* 4.21E-10 5.34E-10 6.45E-10 7.56E-10 8.66E-10 9.74E-10
Na* 5.76E-10 7.15E-10 8.52E-10 9.88E-10 1.12E-09 1.26E-09
K 9.08E-10 1.10E-09 1.29E-09 1.47E-09 1.66E-09 1.84E-09
Rb" 9.70E-10 1.17E-09 1.36E-09 1.56E-09 1.75E-09 1.94E-09
Cs’ 9.79E-10 1.17E-09 1.36E-09 1.55E-09 1.74E-09 1.93E-09
Ag’ 7.43E-10 9.11E-10 1.08E-09 1.24E-09 1.40E-09 1.57E-09
NH," 9.03E-10 1.10E-09 1.29E-09 1.47E-09 1.66E-09 1.85E-09
Ba>* 3.86E-10 4.68E-10 5.49E-10 6.30E-10 7.10E-10 7.88E-10
Be” 2.44E-10 3.10E-10 3.75E-10 4.39E-10 5.03E-10 5.66E-10
ca” 3.42E-10 4.26E-10 5.09E-10 5.91E-10 6.72E-10 7.53E-10
cd** 3.15E-10 3.85E-10 4.56E-10 5.25E-10 5.95E-10 6.63E-10
co™ 3.15E-10 3.85E-10 4.56E-10 5.25E-10 5.95E-10 6.63E-10
cu® 3.22E-10 3.96E-10 4.69E-10 5.41E-10 6.13E-10 6.84E-10
Fe* 3.15E-10 3.84E-10 4.54E-10 5.22E-10 5.91E-10 6.58E-10
ng+ 3.19E-10 4.17E-10 5.13E-10 6.09E-10 7.04E-10 7.98E-10
Mg2+ 3.26E-10 3.93E-10 4.60E-10 5.25E-10 5.91E-10 6.55E-10
Mn** 3.02E-10 3.75E-10 4.46E-10 5.17E-10 5.88E-10 6.57E-10
Ni** 3.19E-10 3.80E-10 4.40E-10 4.99E-10 5.58E-10 6.16E-10
s 3.51E-10 4.29E-10 5.08E-10 5.85E-10 6.62E-10 7.38E-10

Pb** 4.24E-10 5.16E-10 6.08E-10 6.98E-10 7.88E-10 8.77E-10

Ra 3.72E-10  4.65E-10  5.57E-10  6.48E-10  7.39E-10  8.28E-10
zn* 3.15E-10  3.85E-10  4.55E-10  5.24E-10  5.93E-10  6.60E-10
AP 2.65E-10  3.46E-10  4.26E-10  5.05E-10  5.83E-10  6.61E-10
ce* 2.80E-10  3.41E-10  4.02E-10  4.62E-10  5.22E-10  5.80E-10
La® 2.64E-10  3.28E-10  3.91E-10  4.53E-10  5.15E-10  5.76E-10
pu® 2.58E-10  3.13E-10  3.69E-10  4.24E-10  4.79E-10  5.32E-10
OH 2.46E-09  2.97E-09  3.48E-09  3.98E-09  4.47E-09  4.96E-09
oD 1.45E-09  1.76E-09  2.07E-09  2.38E-09  2.68E-09  2.98E-09
AI(OH)" 4.24E-10  5.37E-10  6.50E-10  7.62E-10  8.73E-10  9.82E-10
Br 9.51E-10  1.16E-09  1.36E-09  1.56E-09  1.76E-09  1.96E-09
cr 9.13E-10  1.12E-09  1.32E-09  1.52E-09  1.72E-09  1.92E-09
F 598E-10  7.58E-10  9.17E-10  1.07E-09  1.23E-09  1.39E-09
HCOs 4.81E-10  6.09E-10  7.37E-10  8.63E-10  9.89E-10  1.11E-09
HoPO4 3.82E-10  4.86E-10  5.90E-10  6.92E-10  7.94E-10  8.94E-10
HS® 9.89E-10  1.11E-09  1.24E-09  1.36E-09  1.49E-09  1.61E-09
HSOs 6.04E-10  7.34E-10  8.63E-10  9.91E-10  1.12E-09  1.24E-09

HSO4 5.69E-10 7.13E-10 8.55E-10 9.96E-10 1.14E-09 1.27E-09
I 9.33E-10 1.13E-09 1.33E-09 1.53E-09 1.73E-09 1.92E-09
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lon 0°C 5°C 10°C 15°C 20°C 25°C
Dsw [m28-1]

105 4.43E-10 5.61E-10 6.78E-10 7.93E-10 9.08E-10 1.02E-09
NO, 9.79E-10 1.13E-09 1.28E-09 1.43E-09 1.58E-09 1.73E-09
NOs 9.03E-10 1.08E-09 1.26E-09 1.44E-09 1.62E-09 1.79E-09
Acetate’ 4.56E-10 5.71E-10 6.84E-10 7.96E-10 9.08E-10 1.02E-09
Lactate’ 4.19E-10 5.32E-10 6.44E-10 7.54E-10 8.64E-10 9.72E-10
COs” 4.12E-10 5.04E-10 5.96E-10 6.87E-10 7.78E-10 8.67E-10
HPO,> 3.10E-10 3.93E-10 4.75E-10 5.56E-10 6.37E-10 7.16E-10
SOs” 4.31E-10 5.47E-10 6.62E-10 7.77TE-10 8.91E-10 1.00E-09
SO~ 4.64E-10 5.72E-10 6.79E-10 7.86E-10 8.91E-10 9.95E-10
S205” 4.58E-10 5.82E-10 7.06E-10 8.28E-10 9.50E-10 1.07E-09
S,04” 3.75E-10 4.63E-10 5.49E-10 6.35E-10 7.20E-10 8.04E-10
S,06” 5.04E-10 6.40E-10 7.75E-10 9.08E-10 1.04E-09 1.17E-09
S,08” 4.64E-10 5.89E-10 7.12E-10 8.35E-10 9.57E-10 1.08E-09
Malate® 3.19E-10 4.05E-10 4.90E-10 5.74E-10 6.57E-10 7.39E-10
PO,> 2.49E-10 3.16E-10 3.82E-10 4.48E-10 5.13E-10 5.77E-10
Citrate™ 2.54E-10 3.22E-10 3.90E-10 4.57E-10 5.23E-10 5.89E-10
H2 1.92E-09 2.36E-09 2.81E-09 3.24E-09 3.67E-09 4.10E-09
He 2.74E-09 3.37E-09 4.00E-09 4.63E-09 5.24E-09 5.85E-09
NO 1.02E-09  1.26E-09  1.49E-09  1.72E-09  1.95E-09  2.18E-09
N.O 9.17E-10 1.13E-09 1.34E-09 1.55E-09 1.75E-09 1.96E-09
N2 8.69E-10 1.07E-09 1.27E-09 1.47E-09 1.66E-09 1.85E-09
NH3 9.96E-10 1.23E-09 1.45E-09 1.68E-09 1.90E-09 2.12E-09
Oz 1.00E-09 1.23E-09 1.46E-09 1.69E-09 1.91E-09 2.13E-09
co 1.00E-09  1.24E-09  1.47E-09  1.69E-09  1.92E-09  2.14E-09
CO; 8.38E-10 1.03E-09 1.22E-09 1.41E-09 1.60E-09 1.79E-09
SO, 6.94E-10 8.54E-10 1.01E-09 1.17E-09 1.33E-09 1.48E-09
H.S 9.17E-10 1.13E-09 1.34E-09 1.55E-09 1.75E-09 1.96E-09
Ar 8.65E-10  1.06E-09  1.26E-09  1.46E-09  1.65E-09  1.85E-09
Kr 8.38E-10 1.03E-09 1.22E-09 1.41E-09 1.60E-09 1.79E-09
Ne 1.31E-09 1.62E-09 1.92E-09 2.22E-09 2.51E-09 2.81E-09
CH, 7.29E-10 8.97E-10 1.06E-09 1.23E-09 1.39E-09 1.56E-09
CHsCl 6.51E-10 8.01E-10 9.50E-10 1.10E-09 1.24E-09 1.39E-09
CoHs 6.03E-10 7.42E-10 8.80E-10 1.02E-09 1.15E-09 1.29E-09
CoH, 6.77E-10 8.33E-10 9.88E-10 1.14E-09 1.29E-09 1.44E-09
CsHg 5.07E-10 6.23E-10 7.40E-10 8.54E-10 9.69E-10 1.08E-09
CsHs 6.29E-10 7.74E-10 9.18E-10 1.06E-09 1.20E-09 1.34E-09
HsSiOs 4.59E-10 5.67E-10 6.76E-10 7.84E-10 8.92E-10 1.00E-09
B(OH)3 5.14E-10 6.36E-10 7.57E-10 8.78E-10 9.99E-10 1.12E-09
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rent in the pore water volume of sediments is
bound to the presence of charged ions in
solution, the same deviations are valid (cf. Sect.
2.1.2). The tortuosity (0) is then calculated by
applying the porosity (¢) to the equation
according to (Berner 1980):
0*=¢-F (3.4)
The diffusion coefficient in sediments (Dy.4) can
be calculated on the basis of a dimensionless tor-
tuosity and the diffusion coefficient in free solu-
tions of sea-water (DY in Table 3.1):
Dsed :l)SW/e2 (35)
If the tortuosity is not known on account of elec-
tric conductivity measurements and the ‘formation
factor’ (F), its value may be estimated, a bit less
accurately, by its empirical relationship to the
porosity. About a dozen different empirical equa-
tions are known from literature. The most fre-
quently used is Archie’s Law (Archie 1942):
6% =g (3.6)
The adaptation to specific data is done by means
of (m) as long as parallel values are available for
sediments obtained from direct measurements of
their electrical conductivity. Boudreau (1997)
shows, however, that this relation does not have
any advantage as compared to:

0% =1-In(¢?) (3.7)

Table 3.2 Tortuosity expressed in terms of a sediment’s
porosity. The calculation was performed by using the
Equation 3.7 as published by Boudreau (1997).

o 0 o 6 o
0,20 4,22 0,44 2,64 0,68 1,77
0,22 4,03 0,46 2,55 0,70 1,71
0,24 3,85 0,48 2,47 0,72 1,66
0,26 3,69 0,50 2,39 0,74 1,60
0,28 3,55 0,52 2,31 0,76 1,55
0,30 3,41 0,54 2,23 0,78 1,50
0,32 3,28 0,56 2,16 0,80 1,45
0,34 3,16 0,58 2,09 0,82 1,40
0,36 3,04 0,60 2,02 0,84 1,35
0,38 2,94 0,62 1,96 0,86 1,30
0,40 2,83 0,64 1,89 0,88 1,26
0,42 2,74 0,66 1,83 0,90 1,21

82

This relation (Boudreau’s law) has been used for
the calculation of various porosity values preva-
lent in marine sediments as listed in Table 3.2.

By applying the contents of the Tables 3.1 and
3.2 as well as the relation expressed in Equation
3.5, the various examples of the following section
are quantifiable. Notwithstanding, it should be
emphasized that tortuosity values obtained by
electrical conductivity measurements should al-
ways be, if available at all, favored to estimated
values deduced on account of an empirical rela-
tion to porosity.

3.23 Quantitative Evaluation of
Steady State Concentration Profiles

This section intends to demonstrate the applica-
tion of Fick’s first law of diffusion to some se-
lected examples of concentration profiles which
were derived from marine pore water samples. It
needs to be stressed that all these calculations re-
quire that steady-state conditions are present.
The calculation of non-steady state conditions
will only be dealt with later in Section 3.2.4.

Figure 3.5 shows an oxygen profile measured in-
situ. The part of concentration gradient exhibiting
the highest inclination is clearly located directly be-
low the sediment surface. This gradient of 22.1 mol
m>m-! is identified in Figure 3.5 (cf. Sect. 12.2). A
relatively high degree of porosity will have to be
assumed for this sediment near the sediment sur-
face. A porosity of ¢ = 0.80 yields a tortuosity value
(6?) of 1.45, according to Table 3.2. The diffusion
coefficient for oxygen dissolved in free seawater at
5 °C is shown in Table 3.1 to amount to DV =
1.23-10 m?s’!. Applying Equation 3.5, it follows
that the diffusion coefficient for oxygen in sedi-
ments is Dgq = 8.5-1071% m?s!, This yields the diffu-
sive oxygen flux from the bottom water into the
sediment Jgeq oxygen 3S:

=-0.80-8.5-1019-22.1
=-1.5-10% [mol m2s]

J, sed,oxygen

(3.8)

To arrive at less complicated and more imaginable
figures, and in order to compare this value with,
for instance, sedimentological data, we multiply
with the number of seconds in a year (365 - 24 - 60
- 60 =31,536,000) and then we obtain:

— 1510 - 31,536,000
=-0.47 [molm?a]

J, sed,oxygen

(3.9)
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If we now assume that oxygen reacts in the sedi-
ment exclusively with C,, in a ratio of 106:138 as
Froelich et al. (1979) have indicated (cf. Section
3.2.5), then we obtain the amount of C,;, which is
annually oxidized per m?:

R =0.47-(106/138) - 12
=44 [gCm?al]

ox,Corg

(3.10)

It must be pointed out that we have to differ-
entiate very distinctly between two very different
statements. On the one hand, the profile inescap-
ably proves that 0.47 mol m~2a-! oxygen are con-
sumed in the sediment. On the other hand, the cal-
culation that 4.4 gm~a’! C, is equivalent to this
amount requires that all oxygen is, in fact, used in
the oxidation of organic matter. However, it is
imaginable that at least a fraction of oxygen is
consumed by the oxidation of other reduced inor-
ganic solute species (e.g. Fe?*, Mn?*, or NH,; cf.
also with example shown in Fig. 3.8). There is
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Fig. 3.5 A quite successful oxygen profile in a marine sedi-
ment. This profile was measured by Glud et al. (1994) in highly
reactive sediments off the western shoreline of Africa using the
‘Profilur’ lander in situ. The most pronounced concentration
gradient (chain line) lies directly below the sediment surface.
Down to a depth of only about 25 mm below the sediment
surface, the oxygen dissolved in pore water is entirely depleted.

indeed evidence that, depending on the specific
conditions of the various marine environments,
one or the other reaction contributes more or less
to the consumption of oxygen. At any rate, this
needs to be verified by other measurements, for
instance, by recording the concentration profiles
of the reducing solute species.

Figure 3.6 shows the concentration profile of
dissolved sulfate obtained from the pore water of
sediments sampled from the Amazon deep sea fan.
The pore water was extracted by compression of
sediment sampled with the gravity corer, and was
immediately afterwards analyzed by ion-chro-
matography (compare Sects. 3.3 and 3.4). As com-
pared to the previous example, a depth range com-
prising more than two orders of magnitude is dealt
with here. The paths for diffusion are hence consi-
derably longer in this example. Yet, the sulfate con-
centration in sea-water is also two orders of magni-
tude higher than the concentration of oxygen so that,
in total, a similar gradient is formed nevertheless.

sulfate [mmol/l]
0 4 8 12 16 20 24 28 32

Oilllililllli.l"‘:‘%_l"'
)
)
1 ,..Q/
'Y
.’..
%/
2L L ]
././‘
:® n,((‘
-
i o® €
= [ (DGP
.E. '® 57
X ® @
B4 .o'a S
g
§
H.,.
® GeoB 1514
6e
©
®
[ 3
8

Fig. 3.6 Sulfate profile in pore water from sediments of
the Amazon deep sea fan at a water depth of about 3500
m. A linear concentration gradient can be distinctly de-
rived from the sediment surface down to a depth of about
5.4 m. The gradient change, and thus a change in the dif-
fusive flux, is strongly limited to a depth interval of at
the most 10 to 20 cm (after Schulz et al. 1994).
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In this case a concentration gradient of
5.5 mol m3 m™! was derived as a mean value for the
depths ranging from 0 to 5.4 m. Upon examining
the curve in more detail, it is obvious that the gra-
dient is less pronounced in the upper 2 meters
which is probably explained by a somewhat higher
porosity and a concurrently unchanged diffusive
flux. As the discovered gradient within the sulfate
profile is located distinctly deeper under the sedi-
ment surface than in the previous example, it is
reasonable to assume a lower degree of porosity.
A porosity of ¢ = 0.60 yields, according to Table
3.2, a tortuosity value (8%) of 2.02. On consulting
Table 3.1 we find that the diffusion coefficient for
sulfate in sea-water at 5 °C is DV = 5.72:10"10 m?s-
I, Using Equation 3.5 it follows that the diffusion
coefficient in the sediment amounts to Dgy =
2.8:10°19 m2s-! | Thus, the diffusive sulfate flux
from the bottom water into the sediment corre-
sponds to Jsed, sulfate-

=-0.60-2.81010-55
=-9.2-10"9 [mol m?2s]

Jsed,su(fate
(3.11)

To arrive at more relevant figures and for reasons
of comparison with other sedimentologic data, we
multiply this value with the number of seconds in
one year (31,536,000) and obtain:

—-9.2:10"19- 31,536,000
=-0.029 [molm2a]

Jsed,su(fate
(3.12)

If we assume that sulfate reacts in the sediment
exclusively with C,,, in a ratio of 106:53 as
Froelich et al. (1979) have reported, then for the
amount of C,, that is annually oxidized per square
meter amounts to:

R =0.029 - (106/53) - 12
=0.70 [gCm2a]

ox,Corg

(3.13)

It should be indicated at this point as well that
the calculated diffusive sulfate flux from the bot-
tom water into the sediment, and from there into
a depth of about 5.4 m, is the unequivocal conse-
quence of the profile shown in Figure 3.6. It also
follows that this sulfate is degraded in the depth
of 5.4 m within a depth interval of at the most 10
to 20 cm thickness. The calculated C,,, amount
that undergoes conversion again depends on the
assumption made by Froelich et al. (1979) that in-
deed the whole of sulfate reacts with organic car-
bon. Several studies demonstrated that this must
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not be generally the case. For sediments ob-
tained from the Skagerak, Iversen and Jergensen
(1985) showed that an essential proportion of
sulfate is consumed in the oxidation of methane.
At different locations of the upwelling area off the
shores of Namibia and Angola, Niewo6hner et al.
(1998) could even prove that the entire amount of
sulfate is consumed due to the oxidation of meth-
ane which diffuses upwards in an according
gradient.

Figure 3.7 shows a nitrate profile obtained from
sediments of the upwelling area off Namibia which
is rather characteristic of marine pore water. The
processes behind such nitrate profiles are now
well understood. The details of these reactions are
described in the chapters 5 and 6; here, they will
be discussed only briefly as much is necessary for
the comprehension of calculated substance fluxes.
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Fig. 3.7 Nitrate profile of pore water obtained from
sediments of the upwelling area off the coast of Namibia.
The profile displays the shape which is typical of nitrate
profiles, with a maximum at a depth which is determined
by the decomposition of organic material and the oxi-
dized nitrogen released from it after having reacted with
the dissolved oxygen. The gradients indicated document a
flux upward into the bottom water and a flux downward
into zones where nitrate functions as an electron accep-
tor in the oxidation of other substances.
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The maximum at a specific depth below sea-level
is the result of oxidation of organic material by the
oxygen that diffuses into the sediment zone from
above. Here, the nitrogen of the organic material is
converted into nitrate. Mostly, a more pronounced
gradient transports the major proportion of nitrate
upwards into the bottom water. The smaller
proportion travels downwards along a shallow
gradient where it is finally consumed as an
electron acceptor in the oxidation of other sub-
stances.

All these processes can be derived directly
and quantitatively from Figure 3.7. Since they are
bound to a sedimentary zone which lies very close
to the surface, a high degree of porosity can be
assumed. According to Table 3.2, the porosity ¢ =
0.80 corresponds to a tortuosity (6%) of 1.45. Table
3.1 shows that the diffusion coefficient for nitrate
in free sea-water at 5 °C amounts to DV =
1.08-10"° m?s-!. Applying Equation 3.5 yields a
sedimentary diffusion coefficient of Dy
7.4-10°1° m2s'!. Hence, the diffusive nitrate flux
from the sediment to the bottom water compart-
ment is calculated as:

Jiratenp = -0.80-7.4:10°10- (-8.4)

=5.0-10° [mol m?2s7] (3.14)
or as
Jnitrate,up = 5~0'10>9 : 31,536,000
=0.16 [molm2a] (3.15)

The nitrate flux in a downward direction is calcu-
lated accordingly:

=-0.80-7.41010-25

Jnitrate,down

=-1.5-10° [mol m?Zs] (3.16)
or as
Jnitrate.down =-1.5107- 31,536,000
=-0.047 [molm2a’'] (3.17)

The sum of both fluxes yields a minimal esti-
mate value of the total nitrate concentration re-
leased from organic matter due to its reaction with
oxygen. However, the real value for the total
amount of released nitrate must be higher than the
sum of both calculated fluxes. The gradient of the
downward directed flux may be quite reliably cal-
culated from numerous points, however, the more
pronounced gradient of the flux leading upward
into the bottom water consists only of two points,
one of which merely represents the concentration

in the bottom water whereas the other represents
the pore water of the uppermost 0.5 cm of sedi-
ment. It is probably correct to assume that the gra-
dient is more pronounced in closer proximity to
the sediment surface, and hence the flux should
also prove to be more enhanced. A more accurate
statement would only be possible under in-situ
conditions with a depth resolution similar to the
oxygen profile shown in Figure 3.5. As for mea-
surements performed under ex-situ conditions, a
better depth resolution than shown in Figure 3.7 is
very hard to obtain.

If we assume that the released nitrate exclu-
sively originates from the oxidation of organic
matter, and that the organic matter is oxidized in a
manner in which the C:N ratio corresponds to the
Redfield-ratio of 106:16 (cf. Sect. 3.2.5), then we
can also calculate the conversion rate of organic
matter on the basis of the nitrate profile:

Rox,Corg = [abs(J nitrate,up)
+ abS(Jnitrate,down)] - (106/16) (3.18)
or by employing the values of the above example:
R =(0.16 +0.047) - (106/16)
=1.37 [molm?a™!]

ox,Corg
(3.19)
or

Ry Corg = 16.5 [gC m?a™!] (3.20)
At any rate, such a value might serve only as a
rough estimation, since apart from the aforemen-
tioned error, the calculation procedure implicitly
contains some specific assumptions. It has been
already mentioned that the C:N ratio of the oxi-
dized material is supposed to be (106/16 = 6.625).
Publications of Hensen et al. (1997), however,
indicate that especially in sediments with a rich
abundance of organic matter a distinctly lower
ratio of almost 3 is imaginable (cf. Chap. 6). It
must also be considered that the measured
profiles are not just influenced by diffusion in
the surface zones, but also by the processes of
bioturbation and bioirrigation (cf. Sect. 3.6.2).

In principle, the shape of the manganese pro-
file shown in Figure 3.8 is not dissimilar to the ni-
trate profile of Figure 3.7. Here, we again identify
the zones of maximum concentrations — in this
particular case about 0.5 m below the sea-floor
level — as the site of dissolved manganese release
into the pore water. Again, a pronounced negative
gradient transports the dissolved manganese up-
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wards away from the zone of its release. This time,
however, the substance flux does not reach up to
the bottom water above the sediment, instead,
very low manganese concentrations are measured
at a depth which is only few centimeters below the
sediment surface. A flat positive gradient leads a
smaller fraction of the released manganese to
greater depth where it is withdrawn from the pore
water at about 14 to 15 m below the sediment sur-
face.

Here as well, similar to the previously dis-
cussed example, both fluxes can be calculated.
The upwardly directed flux from the manganese re-
lease zone (Jmanganese, up) 18 Obtained from the gra-
dient (-0.5 mol m>3m™"), where in the upper zone the
sediment possesses an assumed porosity of 0.80.
Considering the values in Table 3.1 and 3.2, as
well as the Equation 3.5, a sedimentary diffusion
coefficient of Dyq = 2.6-10710 m?s! yields the fol-
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Fig. 3.8 A manganese profile in pore water of sediments
off the Congo River estuary, in a water depth of approx.
4000 m. The profile is, in principle, quite similar to the
profile of nitrate previously shown in Figure 3.7. Here,
manganese is released into the pore water at a specific
depth below the sediment surface. A gradient with a high
negative slope leads most of the Mn?" upwards; another
gradient, positive and more level, conveys manganese
into a precipitation zone, which was just included in the
lowest core meter (between 14 and 15 m).
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lowing manganese flux:

=-0.80-2.6:10"0- (-0.5)

Jmanganese, up

=1.0-10"19 [mol m2s71] (3.21)
or
Jmanganese,up= 1.0-10°10- 31,536,000
=3.2:103 [molm2a’'] (3.22)

Likewise, the downward-directed manganese flux
is calculated, however, taking a porosity degree of
¢ = 0.60 into account and an accordingly calcu-
lated Dyoq = 1.9 E-10 m?s7!:

=-0.60-1.9-10"1°- 0.0084

Jmanganese,down

=-9.6:1083 [mol'm?s']  (3.23)
or
Jmanganese,down =-9.6:1013- 31,536,000
=-3.0-10" [molm2a’'] (3.24)

Again, both fluxes added together constitute the
total release of dissolved manganese from the
sediment into the pore water. Since the downward-
directed flux is in this case almost two orders of
magnitude lower than the upward-directed flux, it
may be neglected considering the possible errors
occurring in the determination of the upward
stream. The release of manganese is equivalent to
the conversion of oxidized tetravalent manganese
into the soluble divalent manganese. Which sub-
stance is the electron donor in this reaction can-
not be concluded from the manganese profile. It
could be organic matter as proposed by Froelich
et al. (1979). In this case we should not overlook
the fact that the converted substance amounts are
one order of magnitude lower than they are, for in-
stance, in sulfate fluxes (Fig. 3.6), and more than
two orders of magnitude lower than they are in the
flux of oxygen. (Fig. 3.5). It should also be noted
that upon reducing one mole of Mn(IV) to Mn(II)
only two moles of electrons are exchanged,
whereas it amounts to 4 moles of electrons per
mole oxygen, and even 8 moles of electrons per
mole sulfate. Even the ‘impressive’ gradient of the
manganese profile shown in Figure 3.8 does not
represent an essential fraction of the overall di-
agenetic processes in the sediment, involved in
the oxidation of organic matter.

The upward-directed manganese flux does not
reach into the bottom water, instead, the Mn*" is
re-oxidized in a depth of only few centimeters be-
low the sediment surface. Generally, one would ex-
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pect this re-oxidation to occur by the action of
dissolved oxygen (cf. Chap. 11).

It is not within the scope of the present discus-
sion to decide whether the variations in the con-
centration profile that were averaged upon calculat-
ing the gradient of 0.0084 molm>m-! shown in Figure
3.8, merely reflect the inaccuracy pertinent to the
sampling technique and/or the analytical procedure,
or whether they represent discrete processes of their
own. Since they do not vary independently, and
since several points appear to constitute smaller
minima and maxima, it may be suggested that these
measurements do not simply represent analytical
variations, but reasonable and true values. At any
rate, the whole curve leads in its course to very low
values that are reached at a depth of 14 m along with
a distinct change of the gradient’s slope. In many
cases, a precipitation of Mn(II)-carbonate is to be
expected. The identification of such diagenetic
phases anticipated in geochemical modeling is
discussed in more detail in Section 15.1.

3.24  The Non-Steady State Situation
and Fick’s Second Law of Diffusion

All examples of the preceding Sections 3.2.2 and
3.2.3 are strictly only valid under steady-state
conditions when concentrations, and hence the
gradients and diffusive fluxes, are constant over
time. Fick’s second law of diffusion is applicable
in non-steady state situations:
oC 2°C
$=Dsed : axz

(3.25)

The diffusion coefficient in free solution (D) or
the diffusion coefficient in sedimentary pore water
(Dgeq) are used due to the conditions of the sys-
tem. In contrast to Fick’s first law of diffusion, the
time co-ordinate (t) appears here next to the local
co-ordinate (x). The concentrations and thus the
gradients and fluxes are variable for these co-ordi-
nates. Such a partial differential equation cannot
be solved without determining a specific configu-
ration of boundary conditions. On the other hand,
most of the known solutions are without great
practical value for the geochemist due to their
very specifically chosen sets of boundary con-
ditions that are seldom related to real situations.

In the following only one solution will therefore
be presented in detail. The following boundary
conditions are to be considered as valid: In the
whole sediment profile below the sediment surface
the same diffusion coefficient (D) is assumed to

prevail, the same concentration (Cy) prevails in the
sediment’s pore volume. After a certain point in
time (t=0) the bottom water attains another con-
centration (Cy,,) at the sediment surface. The con-
centrations (Cy,) in the depth profile (co-ordinate
x = depth below the sediment surface) at a specific
time-point (t) are for these conditions described
as:

Coy=Cy+(Cpy —~Co)-erfel /Doy 1)}
(3.26)
The error function (erfc(a)), related to the Gauss-
function, can be approximated according to Kin-

zelbach (1986) with the relation:

erfe(a) = exp(-a®) - (byc + byc? + byc?

+byset +bscd) (3.27)

with:

b= 0.254829592

b, =-0.284496736

by = 1.421413741

by =-1.453152027

bs= 1.061405429
and:

c=1/[1+0.327591117 - abs(a)]

for negative values for (a) it follows:
erfc(a)=2—erfc(a)

Figure 3.9 shows the graphical representation of
the error function according to the approximation
published by Kinzelbach (1986). This is the func-
tion complementary to the error function of
Boudreau (1997):

erfc(a)=1-erfc(a) (3.28)
With this analytical solution of Fick’s Second Law
of Diffusion, the various curves in Figure 3.3 can
now be calculated. On doing this, one will find that
the outcome is exactly the same as in the cor-
responding calculations with the different nume-
rical solutions presented in Chapter 15. Yet, the
components of Figure 3.4, with the multiple change
of the concentration in bottom water and the
‘memory’ of which is preserved over several cycles
in the pore water fraction, is not accessible with
this rather simple analytical solution.

87



3 Quantification of Early Diagenesis: Dissolved Constituents in Marine Pore Water

2 —
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erfc(a)

Fig. 3.9 Graphical representation of the error function
in the approximated form after Kinzelbach (1986). This
is the function complementary to the error function of
Boudreau (1997). Additionally, in the form published by
Boudreau (1997), the range of negative values for (a) is
omitted, as this has little relevance for sediments.

Another example that can be assessed with
this analytical solution results from the following
considerations: At the beginning of the Holo-
cene, about 10,000 years ago, the sea level rose
more than 100 m as a result of thawing ice, which
is equivalent to 3 % of the entire water column.
This means that seawater had been previously
about 3 % higher in concentration. If we assume a
chloride concentration of 20,000 mg/l in the
seawater today, and thus a mean concentration of
20,600 mg/l in seawater of the ice age, then we are
able to calculate the non-steady state chloride
profile in pore water with the application of the
analytical solution of Equation 3.26.

From the result of this calculation (shown in Fig.
3.10) it follows that we will find just about one half
of the ice age seawater concentration (20,300 mg/1)
at a depth of 12 m below the sediment surface. If we
consider that the reliability of our analytical
methods lies at best somewhere around 1.5 %, the
exemplary calculation reveals that the effect in pore
water is almost at the limit of detection.

Other applications of such analytical solu-
tions hardly make any sense, since, with the
exception of chloride, practically all other para-
meters of pore water are strongly influenced by
complex biogeochemical processes. In order to
retrace these processes appropriately, analytical
solutions for non-steady states in pore water are
usually not sufficiently flexible. Hence, numeric
solutions are mostly employed. These will be
discussed later in Chapter 15 with regard to
connection to biogeochemical reactions.
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3.25 The Primary Redox-Reactions:

Degradation of Organic Matter

Nearly all biogeochemical processes in young
marine sediments during early diagenesis are
directly or indirectly connected with the degra-
dation of organic matter. This organic matter is
produced by algae in the euphotic zone of the
water column by photosynthesis. Usually, only a
small part of the primary production reaches the
sediment surface and of which only a small part is
incorporated into the sediment where it becomes
the driving force for most of the primary diage-
netic redox-reactions (cf. Fig. 12.1).

The conceptual model for the degradation of
organic matter in marine sediments was first
proposed by Froelich et al. (1979). Although many
more details, variations and specific pathways of
these redox-reactions have become known in the
meantime, this ‘Froelich-model’ of the primary
redox-reactions in marine sediments is still valid
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Fig. 3.10 Calculated concentration profile in the pore wa-
ter of a marine sediment according to an analytical solution
of Fick’s Second Law of Diffusion. For reasons of simplifi-
cation it was assumed that the seawater contained 3 % less
chloride concentration since the beginning of the Holocene
as a result of thawing ice. This lower concentration (20,000
mg/l) had enough time over 10,000 years to replace the
higher concentration (20,600 mg/l) from the sediment.
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(Fig. 3.11). Usually, these reactions are based on a
very simplified organic matter with a C:N:P-ratio of
106:16:1 (‘Redfield-ratio’) as described by Redfield
(1958) (cf. Sects. 5.4.4 and 6.2). The standard free
energies for these model reactions are also listed
in Figure 3.11 (cf. Sect. 5.4.1). The reactions in this
figure are listed in order of declining energy yield
from top to bottom.

Based on these reactions, a succession of dif-
ferent redox zones is established:

e C(Close to the sediment surface, dissolved
oxygen is usually transported from the bottom
water into the sediment either by molecular
diffusion or as a result of biological activity.
In this upper zone (the oxic zone), dissolved
oxygen is the electron acceptor for the degra-
dation of organic matter. Products of this
reaction are carbonate, nitrate and phosphate
derived from the nitrogen and phosphorus in

the organic matter. For details of these
reactions, see Chapter 6.

Below the oxic zone follows a zone where
manganese(IV) oxides in the solid phase of
the sediment serve as electron acceptors.
Products of this reaction are usually car-
bonate, nitrogen, phosphate and dissolved
Mn?**-ions in the pore water. These dissolved
Mn?*-ions are usually transported either by
diffusion or by bio-activities to the oxid zone
where manganese is re-oxidized and precipi-
tates again as manganese(IV) oxide. These
reactions belong to a manganese cycle, by
which oxygen is transported into deeper parts
of the sediment. For details of these reactions,
see Chapter 11.

Below this zone, nitrate serves as an electron
acceptor, which is a product of the redox-

Oxidation by dissolved Oxygen

(CH,0),06(NH,),6(H;PO,) + 138 O, —>
106 CO, + 16 HNO, + 122 H,0 + H,PO,

Oxidation by Manganese-Oxides

(CH,0),06(NH,),s(HsPO,) + 236 MnO, + 472 H* —>

Oxidation by Nitrate
(CH20)105(NH3)15(H3P04) + 84.8 HNC)3 —

Oxidation by Iron-Oxides
(CH,0),06(NH;),(H,PO,) + 212 Fe, O, + 848 H* —>

Oxidation by Sulfate
(CH,0),06(NH;),s(H;PO,) + 53 SO —>

Methane Fermentation

236 Mn2* + 106 CO, + 8 N, + 366 H,0 + H,PO,

106 CO, + 42.4 N, + 16 NH, + 148.4 H,0 + H,PO,

424 Fe? + 106 CO, + 16 NH, + 530 H,0 + H,PO,

106 CO, + 16 NH, + 53 S> + 106 H,0 + H,PO,

(CH,0),06(NH,),o(H,PO,) —> 53 CO, + 53 CH4 + 16 NH, + H,PO,

-3190 kJ/mol

-3090 kJ/mol

-2750 kJ/mol

-1410 kJ/mol

-380 kJ/mol

-350 kJ/mol

Fig. 3.11 Degradation of organic matter with different electron acceptors (Froelich et al. 1979). The columns represent
the different amounts of resulting energy. The oxidation of organig matter by nitrate describes a reaction of the nitrate to ele-
mentary nitrogen and leaves the nitrogen of the organic matter as ammonium. Other reactions are possible (cf. section 6.3).
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reactions in the oxic zone. Carbonate,
phosphate and nitrogen, as well as ammonia
are produced. The oxygen for the oxidation of
organic matter in this zone is derived from the
nitrate, produced in the oxic zone. In most
cases, this process oxidizes at least one order
of magnitude less organic matter than the
reactions in the oxic zone. For details of these
reactions, see Chapter 6.

e Below this zone, iron(IIl) oxides or iron(III)
hydroxides in the solid phase of the sedi-
ments act as electron acceptors. For details of
these reactions, see Chapter 7.

e Below this zone, dissolved sulfate serves as
electron acceptor for the oxidation of organic
matter, according to the ‘Froelich-model’.
Recent publications however showed that, in
most cases, not organic matter is oxidized in
this zone, but predominantly methane, which
diffuses up from the deeper parts of the sedi-
ment (Niewdhner et al. 1998). For details of
these reactions, see Chapter 8.

e The reaction with the lowest yield of standard
free energy is methane fermentation with the
products carbonate, methane, ammonia and
phosphate. For details of these reactions, see
Chapter 4.

3.3 Sampling of Pore Water

for Ex situ Measurements

Ideally, one would prefer to analyze pore water
exclusively under in situ conditions, as will be
explained in Section 3.5, for the parameters that
permit such procedure. The pressure change, and
frequently the change of temperature as well, are
usually coupled to ex situ measurement and exert
a number of influences of varying potential. How-
ever, the ex situ measurement will certainly remain
a necessity for quite a long time, with regard to
most of the substances dissolved in pore water
and especially for great depths below the sedi-
ment surface. This book is not the place to give a
general review on sediment sampling techniques.
Rather, the more common procedures for sediment
sampling will be introduced with an emphasis put
on pore water analysis. Then, the particularities,
the possible errors as well as problems arising in
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the application of these sampling techniques, will
be discussed.

The following section is concerned with the
separation of the aquatic pore water phase from
the solid sediment phase. As with all particularly
problematic and error-inducing procedures, these
various techniques have, depending on the case
at hand, their specific advantages and disad-
vantages.

As a matter of course, one would want to ana-
lyze the obtained pore water as soon as it has
been separated from the sediment to quantify the
dissolved substances therein. In daily routine
proceedings, compromises must be made since
not all analyses can be carried out simultaneously,
and since each and every analytical instrument is
not present on board a ship. Thus, it will be
necessary to describe the state of knowledge
concerning pore water storage, transport and pre-
servation.

3.31 Obtaining Samples of Sediment for
the Analysis of Pore Water

A number of different techniques are available to
withdraw samples from the marine sediment.
Depending on the scientific question under study,
a tool may be chosen that is either capable of
taking the sample without harming the sediment
surface or disturbing the supernatant bottom wa-
ter (e.g. multicorer), or that punches out a large as
possible sample from the sediment surface area
(e.g. box corer), or one that yields cores from the
upper less solid meters of the sediment which are
as long as possible and most undisturbed (gravity
corer, piston corer, box corer).

The Box Corer

The generic term ‘box corer’ denotes a number of
tools of different size and design used in sam-
pling marine sediments, mostly lowered from
ships by means of steel wire rope to the bottom.
All have a square or rectangular metal box in com-
mon which is pressed into the sediment by their
own weight, or perhaps by additionally mounted
weights. Upon lifting the tool from the sea-floor
the first pull on the steel ropes is used to close
the box by means of a shovel while it is still situ-
ated in the sediment. At the same time, an ope-
ning at the top is shut, more or less tightly, so
that the bottom water immediately above the
sediment is entrapped. The lateral dimensions of
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small metal box corers are about 10 cm and they
reach to that extent into the sediment. Larger box
corers (‘giant box corer’) possess lateral
dimensions and penetration depths of 50 cm,
respectively.

Apart from the large sample volume that is
collected, the giant box corer has the advantage
that the in situ temperature is kept stable at least
in the central zones of the sample, even if the
sample is raised at the equator, from a depth of
several thousand meters where the sediment is
about 2° C cold. This is about the only advantage
the box corer has with regard to the geochemical
pore water analysis, whereas various disadvan-
tages are to be considered. The shutter on top of
the box corer is often not very tightly sealed, and
thus the entrapped bottom water might become
uncontrollably adulterated upon being raised
upwards through the water column. On hoisting
the loaded, heavy box corer out of the water, and
during its later transportation, onto the deck of a
ship, the sediment surface is mostly destroyed to
an extent that at least the upper 1-2 cm become
worthless for the subsequent pore water analysis.

The Multicorer

The multicorer is also employed from the ship
using steel wire ropes and can also be used for all
depths under water. On applying this tool, up to
12 plastic tubes (mostly acrylic polymers), each
measuring a length of about 60 cm and about 5-10
cm in diameter, are simultaneously inserted appro-
ximately 30 cm into the sediment. As with the box
corer, the first pull of the steel rope on lifting the
appliance is used to seal the plastic tubes on both
ends. These shutters are usually tight enough to
ensure that the entrapped water will later repre-
sent the genuine bottom water.

Variations to the in situ conditions are caused
in greater depths (about 1000 m and more ) by the
expansion of the pore water, which happens rela-
tive to the sediment, when the pressure dimi-
nishes. The uppermost millimeters of the profile
are then distorted. Moreover, the temperature rise
gives cause for disturbances upon raising the
samples upwards out of great depths, in the
course of which microbial activity is activated
within the sediment sample, which is distinctly
higher than under in situ conditions.

On the other hand, the multicorer provides, at
present, the best solution for ex situ sampling of
sediments from the sediment/water interface. The

nitrate profile shown in Figure 3.7 was measured
in pore water extracted from a sediment sample
which had been obtained by using the multicorer.
It shows clearly that the concentration profile can
be measured in pore water with an almost un-
disturbed depth resolution of 0.5 cm per each
sample. The reliable sampling technique using the
multicorer also becomes evident upon comparing
the in situ measured oxygen profiles (Holby and
Riess 1996) with the ex situ measured oxygen
profiles of a multicorer sample (Enneking et al.
1996). Both measurements (Figure 3.12) were
conducted at the same location, at the same time,
and lead to the same oxygen penetration depth
and nearly identical oxygen concentration
profiles. In both cases, the oxygen was measured
with micro-electrodes.

Light-weight, High-momentum Gravity Corer
A light-weight, high-momentum gravity corer was

first described by Meischner and Ruhmohr (1974)
(cf. Figure 3.13). Somewhat modified variants
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Fig. 3.12 In situ measured oxygen profile (dots, Holby
and Riess 1996). In addition, an oxygen profile which
was also measured ex situ with a micro-electrode is
shown (circles, Enneking et al. 1996). The sample was
obtained with a multicorer tube. Both profiles were
measured in the course of the Meteor M 34/2 expedition
at the same time and from the same location in an
upwelling area off Namibia, at a depth of approx. 1,300
m below sea level.
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made by various manufacturers are in use, where-
by ‘Rumohr corer’ is a model frequently used. In
most cases, a plastic tube (mostly an acrylic
polymerization product) with a diameter of about
6 cm and a variable weight, is pressed 0.5 mto 1 m
deep into the sediment. Upon pulling the tube
out, the top aperture is shut whereby the bottom
water that just covers the sediment becomes
entrapped. The tube is not sealed at the bottom
because (mostly) the closure at the top suffices
to prevent the sediment from falling out. But, as
soon as the high-momentum gravity corer is held
out of the water, the bottom aperture of the tube
must be sealed with an adequate rubber stopper.

The high-momentum gravity corer is most
frequently used in shallow waters, on the shelf
and from the decks of smaller ships, since it does
happen from time to time that the bulk sample
slides out of the bottom prior to its closure with
the rubber stopper, and owing to the fact that the
corer has only one tube that is filled with sample
of sediment. In greater depths, and whenever a
larger ship is available, the multicorer will be used
in preference. Otherwise, the quality of the
samples is entirely comparable. Furthermore, the
high-momentum gravity corer is capable of extrac-
ting sample cores of up to 1 m in length.

The Gravity Corer and the Piston Corer

Upon using the gravity corer, a steel tube of about
13 cm in diameter is pressed between 6 m and 23 m
deep into the sediment with the aid of a lead weight
weighing about 3 - 4 t. Inside the steel tube, a pla-
stic liner made of HD-PVC is situated that encom-
passes the core. Upon extraction from the sediment
and raising the tube upwards through the water
column, the tube’s top aperture is kept shut by a
valve. Below, another valve-like shutter - the core
catcher - prevents the core material from falling out.
Generally, cores of about 10 - 15 m in length are
obtained in pelagic sediments, although at times
they reach up to 20 m.

In a piston corer the same steel tubes and
plastic liners are employed, but with a lighter lead
weight. However, this corer is additionally equip-
ped with a shear-action mechanism that moves a
piston upwards through the tube when the tool is
immersed into the sediment. The piston stroke
produces a vacuum that facilitates the penetration
of core into the tube. By using the piston corer,
core lengths can be achieved which are frequently
20 - 30 m in length and thus several meters longer
than the ones obtained with the gravity corer. Yet,
it is observed that the cores obtained with the

i

Fig. 3.13 Application of a high-momentum gravity corer (Meischner and Rumohr 1974) to obtain samples from
marine sediments. The device can also be stationed on smaller vessels and is suited to extract almost unperturbed
cores measuring 1 m in length to be applied in pore water analysis.
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gravity corer and with the piston corer display the
same stratigraphical depth zones of the sediment. It
is therefore assumed that the cores sampled with
the gravity corer are ‘somewhat compressed’ espe-
cially in the lower parts, whereas the piston corer
produces cores that are ‘somewhat extended’ in
length. How this comes into effect and what
conclusions are to be drawn with regard to the pore
water samples is yet completely uncertain. In the
examined pore water profiles of sediments extracted
with the gravity corer, there were no indications as
to any noticeable compression to date.

Both sampling tools can only be operated from
the decks of larger ships that are equipped with
steel ropes and winches designed for managing
weights of 10 - 15 tons. The author would per-
sonally always prefer using the gravity corer
because its handling is easier, safer and faster; and
because, especially in low latitudes, every minute
counts in which the core is unnecessarily exposed
to high temperatures on board the deck of the ship.

At least the upper 10 to 30 cm of the core
length obtained with either tool is usually
adulterated in that it is not appropriate for pore
water analysis. The multicorer, high-momentum
gravity corer, or at least the box corer should be
employed in a parallel procedure to ensure that
this layer will also be included as part of the
sample. It should not be overlooked that, espe-
cially in the deep sea, sampling with two different
tools ‘at the same site” might imply a distance of
several 100 m on the ocean floor. From this
deviation considerable differences in pore water
composition, and in some of the biogeochemical
reactions close to sediment surface, are likely to
result. Hence the specification as to ‘same site’
must be acknowledged with caution.

After the usage of either tool - the gravity corer
and the piston corer - the sediment core obtained is
immediately dissected into pieces of 1 m in length
within the tube. Usually, the one meter long tubular
pieces, tightly sealed with caps, are stored at in
situ temperature prior to the subsequent further
processing which is to be carried out as quickly as
possible.

The Box-shaped Gravity Corer (Kastenlot)

In principle, the box-shaped gravity corer is not
dissimilar to the above mentioned gravity corer.
Here, a metal box with a core length of about 10 m
and a lateral dimension of about 0.1 m up to 0.3 m
is used instead of a steel tube with a plastic liner.

The core box is shut by valves upon being pulled
out of the sediment and is then hoisted upwards
through the water column. The advantage of
using the box-shaped gravity corer consists in
providing a large core diameter, less perturbations
due to the metal box’s thinner walls, and by remo-
ving one side of the box it allows the sediment
stratigraphy to be examined. The essential disad-
vantage in examining pore water samples consists
in the fact that the core is distinctly less acces-
sible, and that processing of the core under an
inert atmosphere (glove box) is hardly feasible.

The Harpoon sampler

Sayles et al. (1976) have described a device that
allows collection of pore water samples under in
situ conditions. To achieve this, a tube is pressed
about 2 meters deep into the sediment, like a har-
poon. Then the pore water is withdrawn from
various sections of the tube, through opened
valves, and concomitantly passed through filters.
The crucial step of separating sediment and pore
water thus happens under in situ conditions. The
obtained water samples are then ready to be ana-
lyzed ex situ. The concentrations which were mea-
sured by Sayles et al. (1976), however, do not
differ greatly from those which were obtained
‘from the same location’ by expressing pore water
under ex situ conditions.

Jahnke et al. (1982) used the same (or, at least a
quite similar) tool in 4450 m deep waters of the
equatorial Pacific, at approximately 0° to 10° N,
and approximately 140° W (MANOP-site). Here,
the distances between the locations in which the
harpoon sampler was used and in which, for
reasons of comparison, pore water was obtained
by compression after the sampling was carried out
with the box corer, amounted to 300 m to up to
3000 m. In measurements, which were corrobora-
ted several times, Jahnke et al. (1982) found similar
concentrations of nitrate, nitrite, silica, pH, and
manganese. Yet, the concentrations of 2.CO,, alka-
linity and phosphate were distinctly higher and
displayed statistical significance.

3.3.2  Pore Water Extraction from the
Sediment

In the following section, the separation of pore
water from the sediment will be described. The
necessary procedures will be described in the
sequence in which they are employed. This is to
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say, that we will begin with the filled tubes of the
multicorer, the high-momentum gravity corer, or
the meter-sized pieces of the gravity corer or pis-
ton corer. The entire processing steps described
in the following for the core material should be
performed at temperatures which should be kept
as close as possible to the temperatures prevailing
under in situ conditions.

In this context, the problem needs to be dealt
with as to how long a tightly sealed core, which is
exposed to the in situ temperature all the while,
can be left to itself before it is processed without
the occurrence of any essential perturbation in the
pore water fraction. In order to extract pore water
from a sediment core, such as is shown in Figure
3.1, and subsequently analyze and preserve it,
even a practiced team would require several days.
In most cases, a compromise needs to be found
therefore, between the highest number of samples
and most rapid processing.

A special situation prevailed in the case of the
core shown in Figure 3.1, as the ship was cruising
for a relatively long time after the core had been
taken. Then the experiment was conducted that
led to the results shown in Figure 3.1. The core
was analyzed with an almost unusual high
sampling density. As these procedures afforded
plenty of time, and since it was unsure whether
the pore water of the sediment core, which was
stored at in situ temperature in the meantime,
would change within the prospective processing
time of ten days, the single pieces measuring one
meter were intentionally not analyzed in a depth
sequence, but in a randomized sequence. There-
by, the variations in the processing time had to
become reflected as discontinuities in the corres-
ponding data at the end of each meter interval.
This had not been the case at either interval, from
which it follows that a processing time of 10 days
was obviously quite innocuous to the quality of
the samples.

Analysis of Dissolved Gases

For some substances dissolved in pore water
everything will be too late for a reliable analysis
as soon as the sediment core lies freshly, but in a
decompressed state, on the deck of the ship. This
holds true predominantly for the dissolved gases.
In this respect, dissolved oxygen is relatively
easy to manage, a circumstance which becomes
evident upon comparing the in situ oxygen profile
with the ex situ profile, both measured at the same
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sites (shown in Fig. 3.12). The reason for this
similarity is that the relatively low concentrations,
that are often below the saturation level, do not
significantly assume a condition of oversaturation
even after decompression. Notwithstanding, the
results shown in Figure 3.12 reflect the situation
too favourably, because differences of up to a
factor of 2 were also observed between in situ and
ex situ conditions with regard to the penetration
depth of oxygen, and thus to the corresponding
reaction rates as well. As to what extent these
differences between in situ and ex situ conditions
really exist, or whether such differences result
from measurements carried out at not exactly
identical sites, has not yet been sufficiently inve-
stigated.

The case is obviously similar for dissolved
carbon dioxide whose concentration is essentially
determined by the equilibrium of the aquatic
carbonate phases. As for the alkalinity, no remar-
kable variations were found in measured values,
even at high concentrations, when the measure-
ments were performed successively on adjacent
parts of the same sediment core (cf. alkalinity
profile shown in Fig. 3.1).

The measurement of sulfide is much more
troublesome, especially at high concentrations (It
should be noted that H,S is strongly toxic and
that one can become quickly accustomed to its
smell after prolonged presence in the laboratory.
When working with sulfide-containing core mate-
rial the laboratory should be ventilated tho-
roughly at all times!). As a general rule, every-
thing already perceived by its smell is already lost
to analysis. Since sulfide is readily analyzed by
various methods in aqueous solution, most errors
arise from decompression of the core and the
subsequent separation of pore water from the
sediment. As soon as decompression begins, a
great quantity starts to degas, initially forming a
finely distributed effervescence. In this condition,
measurements can mostly still be carried out,
however with less satisfactory results, provided
that a specific volume of water-containing degas-
sed sediment is punched out with a syringe and
immediately brought into an alkaline environment
(SAOB = Sulfur Anti-Oxidizing Buffer with pH >
13, after Cornwell and Morse 1987).

Even more difficult is the sampling and the
analysis of sediments with a marked content of
methane gas. In this particular case, a conside-
rable amount of degassing of the sample occurs
immediately upon decompression, thus not
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Fig. 3.14 Concentration profiles of pore water from anoxic sediments obtained from an upwelling area off Namibia
at a water depth of approximately 1300 m. The analysis of sulfide and methane was carried out in samples that were
punched out with syringes from small and quickly sawed-out ‘windows’ in the fresh sediment core. As for sulfide, these
syringe-drawn samples were brought into an alkaline environment, whilst for methane analysis the samples were stored
in head space vials for subsequent gas-chromatography analysis. The arrow points to a methane sample that originated
from a sealed sediment core obtained by using a sample from the ‘core catcher’ (after Niewdhner et al. 1998).

permitting the measurement of the concentrations
afterwards which are oversaturated under condi-
tions of normal atmospheric pressure.

The results of measurements carried out on a
core with high sulfide and methane concentrations
are shown in Figure 3.14. The material was ob-
tained in 1300 m deep water, in a high productivity
zone of upwelling off the coast of Namibia. It can
clearly be seen that in the depth zone of sulfate
reduction, methane moving upwards meets with
the downwards-diffusing sulfate, both substances
displaying almost identical flux rates. These
processes are dealt with more thoroughly in Chap-
ter 8; at this point, just the sampling at the site of
the core and the analytical sample treatment will
be discussed.

As for both substances, sulfide and methane,
concentrations found in the core are similar to that
of sulfate. For the purpose of sampling, small
‘windows’ (2 x 3 cm) were cut into the plastic
liners with a saw, immediately after the meter-long
segments from the gravity corer were available. In
each of these windows, 2-3 ml samples of fresh
sediment were punched out with a syringe. For the

determination of sulfide some of these sufficiently
undisturbed partial samples were placed into a
prepared alkaline milieu (see above, SAOB); for
the determination of methane others were
transferred directly to head space vials. The head
space vials comprising a volume of 50 ml contai-
ned 20 ml of a previously prepared solution of 1.2
M NaCl + 0.3 M HgCl,. The analysis of sulfide was
performed by measuring the sample with an ion-
selective electrode, whereas methane analysis was
done in the gaseous volume of the headspace
vials by gas-chromatography.

It is noticeable that the values in the profiles
hardly scatter at the somewhat lower concen-
trations (about 4 mmol/l for methane and 7 mmol/l
for sulfide, respectively). The values of the higher
concentrations obtained in greater depths scatter
more strongly and are altogether far too low. This
became evident since the highest methane
concentration is to be found in a sample that was
not obtained from an extra sawed-out ‘window’,
but from one that was previously taken directly
from the core catcher at the lower open end of the
core. As to the question concerning the potential

95



3 Quantification of Early Diagenesis: Dissolved Constituents in Marine Pore Water

electron donor for sulfate reduction it was, how-
ever, of particular importance that methane could
be reliably determined up to a concentration of 2-
3 mmol/l, and that the upwards directed gradient
reached into the zone of the reaction.

Opening and Sampling a Core under
Inert Gas inside the ‘Glove Box’

In order to extract the pore water from the
sediment, the next step consists in opening, or
rather cutting the meter-long segments previously
excised from the sediment in a lengthwise fashion.
In the case of multicorer or high-momentum gravi-
ty corer, the cores are pushed upwards by using
an appropriate piston. Caution should be taken
that anoxic sediments (easy to identify: if uncer-
tain, everything that is not distinctly and purely
brown in color) must not, by any means, come into
contact with an oxygen-containing atmosphere in
the course of sampling. Therefore the opening of
the core segments must happen in an inert atmo-
sphere, or, as the case may be, the core must be
pushed from below into the ‘glove box’ where
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Fig. 3.15 Redox profile (Ey in mV) for the same core as
shown in Figure 3.14. Values varying approximately +/- 30
mV must be allowed, whereas an otherwise plausible profile
is measured in coherence to the prevailing redox processes.
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such an atmosphere is maintained. A ‘glove box’
that suits the purpose and that can also be easily
self-made and adapted to the requirements of the
prevailing conditions is described by De Lange
(1988).

The inert gases of higher molecular weight, as
well as nitrogen, are suited for maintaining the
desired inert gas atmosphere. As for nitrogen it
must be considered that the least expensive
version of the gas does not contain sufficiently
low amounts of oxygen. Argon is often more use-
ful, as ordinary argon that is used for welding
usually has sufficiently low oxygen. A slight
excess pressure in the ‘glove box’ maintains that,
in the event of small leakage, the dissipation of
gas might increase, yet the invasion of oxygen is
securely prevented.

Measurement of Ey and pH
with Punch-in Electrodes

In the glove box, the redox potential (E -value)
and the pH value should be measured by applying
punch-in electrodes directly to the freshly cut
core surface. Suitable electrodes are available
today from most suppliers because they are, for
example, quite often used in the examination of
cheese. However, there is a risk that the electrodes
become damaged when larger particles or soli-
dified kernels are present in the sediment sample.

The measurement of the pH-value is relatively
easy to do since the function of the electrode can
be checked repeatedly with the aid of appropriate
calibration solutions. However it must merely be
taken into consideration that the comparison with
in situ measurements close to the sediment
surface (cf. Sect. 3.5) may not necessarily lead to
corroborated values, because the decompression
within the core material has an immediate effect on
the pH-value as well.

The redox potential (E,-value in mV) is con-
sidered as a quite troublesome and controversial
parameter, with regard to the actual measurement
and to its consequences as well. The electrodes
available for this purpose cannot be checked with
calibration solutions. The occasionally mentioned
calibration solutions that function on the basis of
divalent and trivalent Fe-ions are not satisfactory,
since they actually just confirm the electrode’s
electric functioning and, at the same time, ‘shock’
the electrode to such a degree that it may remem-
ber the value of the calibration solution for
several days to come. The method of choice can
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Fig. 3.16 Extractor used for the preparation of pore
water from low density sediments (modified after Schliiter
1990).

only consist of using well polished Pt-electrodes
and of being continually aware of the plausibility
and variation of the measured values. Whenever
necessary, the electrode must be substituted for
another well-polished Pt-electrode. Useful recom-
mendations as to the redox potential and its
measurement are described by Kolling (1986, 2000)
and by Seeburger and Késs (1989). A compilation
of fundamentals, processes and applications of
redox measurements in natural aquatic systems
was published by Schiiring et al. (2000). A mea-
sured E -profile is shown in Figure 3.15 for the
same core as was shown in the previous Figure
3.14. It can be seen that the values scatter by
approximately +/- 30 mV, but that otherwise a
reasonable profile has been measured that is likely
to contribute to an understanding of the redox
processes occurring in the sediment.

Extraction of Pore water

For extracting pore water from the sediment,
various authors have developed appliances that
all have a common design (e.g. Reeburgh 1967;
De Lange 1988; Schliiter 1990). In each case, a
sediment sample volume of 100 - 200 ml is trans-
ferred into a container made of PE or PTFE which
has on the bottom side a piece of round filter foil
(pore size: 0.1 - 0.2 um) measuring 5-10 cm in
diameter. On top, the sample is sealed with a rub-
ber cover onto which argon or nitrogen is ap-
plied at a pressure of 5-15 atm. The sediment
sample is thus compacted and a part of the pore
water passes downwards through the filter layer.
By this method, a pore water sample comprising
30 - 50 ml can easily be obtained from the water-
rich and less solid layers lying close to the
sediment surface (Figure 3.16).

It might make sense, in case of anoxic sedi-
ments, to load the extractor in an inert atmosphere,
or even better, to carry out the whole procedure in
the glove box under these conditions. This be-
comes inevitable if, for instance, divalent iron is to
be analyzed. The question of how fast this pore
water sample needs to be analyzed for single con-
stituents, will be discussed further in Section 3.4.

Certain losses of CO, from the sample into the
inert atmosphere of the glove box, and due to that,
an increase of pH and a precipitation of calcite
seem to be inevitable. Only the combined in situ
measurement of pH, CO, and Ca** will lead to a
reliable measurement of the calcite-carbonate-
system.
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Fig. 3.17 Comparison of analyses after the preparation of pore water by compression and centrifugal extraction. In principle,

there are no observable differences. The larger variation of the sulfide values might be attributed to the decompression of the core
and/or might have occurred upon mounting the sediment into the press or into the centrifuge (after Schulz et al. 1994).
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It should be noted that the choice of the filter
used in the extraction procedure will determine
what will be evaluated as dissolved constituent
and what will be evaluated as particle or solid
sedimentary phase. The entire field of colloids
which had not yet been investigated thoroughly
for marine sediments will therefore be either eva-
luated as part of the solid phase, or as dissolved
constituents, depending on the analytical method
employed, for instance, whenever this fraction is
eliminated by the addition of hydrochloric acid.
With respect to the available and customary
methods, a lot of work still remains to be done on
this subject.

Centrifugal Extraction of Pore water

Centrifugal extraction of pore water from sedi-
ments is a procedure not very frequently per-
formed although it appears rather easy at first ex-
amination. Anoxic sediments must be loaded into
tightly sealed centrifugation tubes, to be filled
and capped under the inert atmosphere conditions
of a glove box. But as these plastic tubes are often
not sufficiently air-tight, the invasion of ambient
air might affect the sample. Moreover, a cooling
centrifuge must be regularly employed, since hea-
ting the sediment above the in situ temperature is
by no means desirable. According to the opinion
of most workers, the operation of a centrifuge on
board a ship is rather troublesome and, most
frequently, leads in various ways to the reception
of high repair bills.

In the course of centrifugation, the sediment
will be compacted in such a manner that a
supernatant of pore water can be decanted.
Generally, less pore water is gained as compared
to pressure exertion. At any rate, the water must
be passed through a filter possessing a pore-size
of 0.1 to 0.2 um. As for anoxic sediments, all these
steps must be carried out inside the glove box and
under an inert atmosphere. The measurements
comparing centrifugal extraction and pressing
techniques, which have been done so far, indicate
that both methods yield quite identical values (see
Fig. 3.17).

Whole Core Squeezing Method

A simple method of pore water preparation from a
sediment core that is still kept in a plastic liner has
been described by Jahnke (1988). In this method,
which is also suitable for employing on anoxic

sediments, holes are drilled into the tubes used in
the multicorer, high-momentum gravity corer, or
for a partial sample derived from the box corer.
These holes are sealed prior to core sampling with
plastic bolts and O-rings. As soon as the tube is
filled with the sediment core, the device is
mounted solidly permitting a piston from above
and below to hold the core into position. Then,
the prepared drainage outlets are opened and
sample ports mounted to them, through which the
pore water is drained off and passed through a
filter. If the core is compressed either by the
mechanical force of the pistons, or by infusion of
gas, the filtered pore water runs off through the
prefixed apertures and can be collected without
coming into contact with the atmosphere, provi-
ded that such precautions were taken. Jahnke
(1988) compares concentration profile examples of
pore water obtained by the application of this
method with pore water extracted centrifugally.
Within the margins of attainable precision, these
profiles must be conceived as truly ‘identical’.

Pore-Water Extraction with Rhizons

Rhizons were originally developed to gain pore
water samples which were then used to analyze
the moisture of water in unsaturated soils (Melij-
boom and van Nordwijk 1992). A rhizon is sup-
posed to function like an artificial root of a plant,
hence its name is derived from ‘rhiza’, the Greek
word for root. The device consists of thin tubes
of various lengths (several cm) measuring
approx. 2.5 mm in diameter. They are closed on
one end and possess a connector on the other,
over which a negative pressure is built up inside
the tube. The tube material consists of a
hydrophilic porous polymer, with a pore diameter
of about 0.1um. The actually quite instable tube
is reinforced by an inserted piece of wire made of
inert metal or durable plastic, allowing it to easily
penetrate the soil or a sediment from the outside.
In case of hard soils or sediments, a hole must
first be punctured with a similarly shaped piece
of metal or durable plastic.

The special property of the hydrophilic porous
polymer is that, after short soaking in water, it
becomes permeable to water - but not to air - once
a vacuum is applied inside. Wherever the rhizon
and the pore water come into contact, the nega-
tive pressure will draw the water into the interior,
without allowing air to enter or destroy the vacu-
um. The water thus drawn inside will be simul-
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Fig. 3.18 Extraction of pore water from marine sediments with rhizons. (A) Basic construction of a rhizon
including three different techniques to apply a vacuum. (B) Insertion into an opened core section. (C) Insertion into
a multicorer core. (D) Application in the intertidal flat region, from the sediment surface (from: Seeberg-Elverfeldt

et al. 2005).

taneously filtered through the 0.1um wide pores,
permitting its analysis without further treatment.

Seeberg-Elverfeldt et al. (2005) applied rhizons
for the first time in marine environments and
obtained very good results. Figure 3.18 shows two
different application modes. The upper part of
Figure (A) outlines three different possibilities
how the vacuum may be generated. First, the out-
side connector of the rhizon can be equipped with
a hypodermic needle which is punctured through
a rubber seal into a previously evacuated glass
vessel. This glass vessel will later contain the
pore water being drawn into it. The vacuum can
also be generated by means of a disposable sy-
ringe or a peristaltic pump. The lower part of
Figure 3.18 demonstrates various modes of
application, (B) on an open core section, (C)
laterally inserted into a multicorer tube through
small apertures, and (D) directly inserted into a
naked sandflat sediment at low tide.

Previous applications of rhizons produced
pore-water analyses which were very similar to
those of compressed pore-water samples, except
for the phosphate concentrations which were sig-
nificantly higher when rhizons were used. This
agrees with the observations made by Jahnke et
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al. (1982) upon drawing in situ samples with a
harpoon sampler (cf. Section 3.3.1) and indicates
that using rhizons to extract pore water obviously
comes closer to the conditions in situ than by
pressing or centrifugation. The method of extrac-
ting pore water with rhizons not only seems to be
easier, but better as well.

Rhizons are manufactured and distributed by
Rhizosphere Research Products (Dolderstraat 62,
NL-6706 JG Wageningen, The Netherlands) or
Eijkelkamp (P.O. Box 4, NL-6987 ZG Giesbeek, The
Netherlands). Their price is markedly higher as
compared to filters used for pressing pore water
out of a sediment sample, however, they can be
used more than just once. Special sizes and con-
nectors will be supplied, if a larger number of
pieces is ordered.

Sediments as yet Impossible to Sample

Whatever has been said so far as to the separation
of pore water from sediments holds true only for
fine-grained material that is, in most cases, still quite
rich in water. Fortunately, this is what most marine
sediments and almost all deep-sea sediments are.
However, sediments consisting of pure sand might
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give rise to problems (e.g. sands from the shelf or
purely foraminiferal sands on the mid-ocean ridge).
The reason for this is, first of all, that these sedi-
ments cannot be compacted by pressure exertion or
centrifugation. Consequently, practically no water
can be obtained from them at all. It is of even more
importance that these sediments possess a high
degree of permeability so that as soon as the corer is
raised out of the water, the pore water (and some-
times the core material as well) is spilled out from the
bottom. A simple method for the extraction of pore
water from coarse, sandy material by centrifugation
is described by Saager et al. (1990). However, this
technique does not solve the problem of how to
bring a specimen of sand and its pore water into a
centrifuge unperturbed. Only the water which is
present at the sampling site at a certain point in time
can be collected, even if the abovementioned
rhizons are applied. However, it must not be the
same water which had been in situ at this location.
In situ measurements of pH-values and oxygen
with the aid of landers are certainly still possible (cf.
Sect. 3.5). But since the thin electrodes are likely to
break off upon examining such material, these
sediments are not very much favoured. Fortunately,
this particular sediment type often contains only a
small amount of decomposable organic matter, so
that the biogeochemical processes of diagenesis do
not display reaction rates as high as other sediment
types. Upon sparing these sediments, the pore water
geochemist usually suffers no great loss.
3.3.3 Storage, Transport and Preservation
of Pore Water

In this section, the vessels in which the pressed
or centrifuged pore water is kept until the time for
analysis arrives will be briefly discussed. In
Section 3.4 it will also be considered, in connec-
tion with the analytical methods, how much time
one may allow to pass between pore water pre-
paration and analysis. Hence the decision de-
pends on whether immediate analysis is neces-
sary, or whether the analyses can be made at a
later time, provided that an appropriate preser-
vation of the material has been accomplished.

Vessels, Bottles

Bottles made of polyethylene have proven to be
quite useful for the storage of filtered pore water
samples. In most cases the disposable 20 ml PE-
bottles which are used in scintillation measure-

ments are very much suited to the purpose. These
bottles need not be cleaned prior to use, but are
just briefly rinsed with the first milliliters that run
out of the press or the rhizon. A second use does
not really make sense considering the low price of
these bottles and the obligatory amount of work
effort and detergent to be invested in their
cleaning. If several bottles are to be used for the
storage of one and same sample, for instance
when the sample volume is rather large due to
water-rich sediments, precautions should be taken
to be sure that the entire sample amount is homo-
genized prior to the analytical measurements,
since differences in contrations between the first
and the last drop of pore water are possible.

Preservation of Pore water Samples

Only the alkali-metals, sulfate, and the haloge-
nides do not require any preservation of the sam-
ples prior to their analytical measurement at a later
date. Otherwise, pore water samples that are not
to be analyzed immediately can be preserved with
regard to some dissolved substances, allowing a
delayed analysis.

The concentrations of most cations - as long
as different valences of iron, for instance, are not
to be determined - are measurable after a longer
period of time when the samples’ pH is lowered by
the addition of acid (mostly HNO,) to a value of at
least pH 2 or pH 3. Care should be taken that a
sufficient amount of ‘suprapur’ quality acid is
added. The required amounts can vary consi-
derably depending on the alkalinity of the sample.
Usually, concentrated acid will be used in order to
prevent unnecessary dilution of the sample. It is
also important that the sample has been previ-
ously passed through a filter of 0.1 - 0.2 um pore-
size, since the acid will dissolve all particles (and
certainly the colloids that pass the filter as well).

As for the substances that are altered in their
concentration by microbial activity, the toxifi-
cation of sample is recommended. Mercury (II)
salts are not very much favored since the hand-
ling of these extremely toxic substances - which
are toxic also to man - requires special precaution
measures. Chloroform is banned from most labo-
ratories because it is considered as particularly
carcinogenic. Thus, only the solvent TTE
(trifluorotrichloro-ethane) remains which is fre-
quently used in water analyses. The addition of
one droplet usually suffices since only a small but
sufficient proportion dissolves whereas the rest
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remains at the bottom phase of the bottle. Even
though the compound is not as toxic in humans as
those previously mentioned, no one would think
of pipetting the sample thus (or otherwise) treated
by mouth. It is anticipated that these toxified sam-
ples have a shelf-life of about 4 weeks.

Previously, water samples were often frozen.
This procedure is not at all suited for marine pore
water because mineral precipitations might occur.
These precipitations do not become soluble upon
thawing the samples, hence the pore water sam-
ples have become irreversibly damaged.

3.4 Analyzing Constituents in

Pore Water, Typical Profiles

This section does not claim to re-write the ana-
lytical treatment of sea water anew, nor is it
intended to present this aspect as a mere recapi-
tulation of facts which will be far from being
complete. This task would by far exceed the possi-
bilities and, above all, the scope of this book.
However, analytical methods are subject to con-
tinual improvement and relatively fast changes so
that many of the methods to be introduced here
would soon become outdated. Therefore, only a
short account of the current methods will be
given, especially of those that demand comment
on the specificity to marine pore water.

The analytical details of methods that are cur-
rently used in the examination of marine pore
water can be looked up in the internet under the
following address:

http://www.geochemie.uni-bremen.de

We will take it upon ourselves to continually up-
date the internet page, to evaluate the suggestions
we receive for improvement, and eventually make
this information available to other researchers.

If we take for granted that, in each single case,
the determination of oxygen dissolved in marine
pore water, as well as the measurement of the pH-
value, E, -value, and certainly the measurement of
the temperature as well, has already been perfor-
med, the following sequence of single analytical
steps is applied to the pressed or centrifuged pore
water samples:

e The titration of alkalinity must be carried out
as quickly as possible, i.e., within minutes or
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maximally within one hour, as a replacement
to the direct determination of carbonate. Es-
pecially when high alkalinity values are
present (maximal values up to 100 mmol(eq) I’
are known to occur in pore water, whereas
sea water contains only about 2.5 mmol(eq) I'!),
the adjustment to atmospheric pCO, might
induce too low alkalinity values due to preci-
pitation of calcite within the sample.

e If sampling for methane and sulfide has been
performed as described above (see Sect. 3.3.2
‘Analyses of Dissolved Gases’), the analyti-
cal measurement of the already preserved
samples does not have to take place imme-
diately within the first few minutes. Yet, the
analysis should not be deferred for more than
a couple of hours.

e Analyzing compounds that are sensitive to
microbial action (phosphate, ammonium,
nitrate, nitrite, silica) should always be
completed approximately within one day, if
the samples were not preserved by the addi-
tion of TTE (trifluorotrichloroethane). Even in
its preserved state, it is not recommended to
store the sample for longer than four weeks.
Storage is best in the dark at about 4°C; free-
zing the samples is not recommended.

e  The determination of sulfate and halogenides
is not coupled to any particular time. It must
be ascertained that no evaporation of the
sample is likely to occur. Other instances of
sample perturbation are not known. Storage
is best at about 4°C; freezing the samples is
not recommended.

Photometrical Determinations, Auto-Analyzer

Most procedures for photometric analysis of sea
water samples were described by Grasshoff et al.
(1999). Owing to the quicker processing speed,
and especially the need to apply lower amounts of
sample solution, one would generally employ the
auto-analyzer method to this end. The method is
also described in the aforementioned textbook.
The auto-analyzer can be either self-built or may
be purchased from diverse commercial suppliers
as a ready-to-use appliance. The analysis of
marine pore water is generally characterized by
small sample volumes and, as for some parameters,
concentrations that are distinctly different from
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sea water. Allowing for these limitations, the
recipes summarized under the above internet-
address have proven quite useful for the deter-
mination of phosphate, ammonium, nitrate, nitrite,
and iron(II) in pore water.

Figure 3.1 shows the characteristic profiles of
ammonium and phosphate concentrations that
were measured by photometrical analysis of pore
water obtained from reactive sediments posses-
sing a high amount of organic matter. Both para-
meters demonstrate quite similarly shaped curves
compared to alkalinity. Here, the ratio of the con-
centrations derived from both profiles lies close to
the C:N:P Redfield-ratio of 106:16:1 and clearly
documents their release into the pore water due to
the decomposition of organic matter. A typical
photometric nitrate profile in reactive sediment
zones near the sediment surface is shown in the
quantitative evaluation of fluxes and reaction
rates presented in Figure 3.7.

Alkalinity

Usually, alkalinity is actually the ultimate para-
meter that is subject to a procedure of ‘genuinely
chemical’ titration, in this regard as a proxy
parameter for carbonate. A new spectropho-
tometric method for the determination of alkalinity
was proposed by Sarazin et al. (1999). Mostly,
alkalinity will be, for reasons of simplification, set
equal to the total carbonate concentration, al-
though a number of other substances in pore
water will contribute to the titration of alkalinity as
well. Most geochemical model programs (cf. Chap.
15) foresee the input of titrated alkalinity as an
alternative to the input of carbonate. The model
program will than calculate the proportion allo-
catable to the different carbonate species.

Another problem arising from titration of alka-
linity in a pore water sample usually consists in
the fact that samples with very small volumes
cannot easily be used. Most ocean chemists will
be accustomed to the titration of a volume of 100
ml, or at least 10 ml. Under certain circumstances,
a pore water sample obtained from a definite depth
might contain in total not more than 10 ml, hence,
at best, merely 1 ml needs to be sacrificed for the
titration of alkalinity. This requires that markedly
pointed and thin (thus easily breakable) pH-
electrodes are used. These are immersed, together
with an electronically controlled micropipette, into
a small vial so that a tiny magnetic stirrer bead still
has enough room to fit inside as well.

Mostly, an adequate amount of 0.001 M
hydrochloric acid will be added to a previously
pipetted volume of 1 ml, thus the pH will be
brought to a value of about 3.5. Since the dilution
of the pre-pipetted volume must be considered,
the alkalinity (Alk) is calculated according to the
following equation:

Alk = [(VyerCrcp) - 10PH - (VitVigep) - figs 11+ V!
(3.29)

in which V. describes the volume of added
hydrochloric acid, C,, represents the molality of
the added hydrochloric acid, pH denotes the pH
value the solution attains after the addition of
hydrochloric acid, V, is the pre-pipetted sample
volume, and . the activity coefficient for H*-Ions
in solution. The activity coefficient f,, can be
determined according to the method described by
Grasshoff et al. (1999), or calculated by employing
a geochemical model (e.g. PHREEQC, cf. Chap. 15).
The Equation 3.29 was also formulated in the first
edition of the textbook published by Grasshoff et
al. (1983) [equation 8-25 on page 108]. It must be
pointed out that a very misleading error has unfor-
tunately found its way into the equation in this
reference. This error is hardly noticeable when low
concentrations are prevalent in ocean water, or
when the sample volumes are comparably large. In
the case of high concentrations in combination
with small sample volumes, however, alkalinity
values will be calculated that are prone to an error
of more than a factor of 2. For this reason, the
equation is presented here in its correct form.

Flow Injection Analysis

A very interesting method to analyze total carbon
dioxide and ammonium in pore water was intro-
duced by Hall and Aller (1992). In this method, a
sample carrier stream and a gas receiver stream flow
past one another, separated only by a gas-permeable
PTFE (Teflon®) membrane. For determining the total
CO, , the sample carrier stream consists of 10-30 mM
HCI. To this stream, the sample in a volume of about
20 ul is added via a HPLC injection valve. The
carbon dioxide traverses the PFTE membrane and
enters the gas receiver stream which, in this case,
consists of 10 mM NaOH. The CO, taken up by the
gas receiver stream causes an electrical conductivity
change that can be determined exactly in a micro-
sized continous flow cell.
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For the analysis of ammonium, the sample car-
rier stream consists of 10 mM NaOH + 0.2 M Na-
citrate. This converts ammonium into NH,-gas
which penetrates the PTFE membrane and travels
into the gas receiver stream, in this case consis-
ting of 50 um HCI. Here as well, an electric
conductivity cell is used for the measurements. To
provide a steady and impulse-free flow of the
solutions, a multichannel peristaltic pump is used.
The flow rates in both cases were set to approx.
1.4 ml min™.

These very reliable and easy to establish ana-
lytical procedures for the determination of these
two important parameters of marine pore water are
of special interest, because they require only small
sample amounts and because a reliable analysis is
obtained over a broad range of concentrations.

lon-selective Electrodes

Ton-selective electrodes were accepted in water
analysis only with great reluctance, despite of the
advantages that had been expected on their intro-
duction about 20 years ago. The reasons for this
were manifold. The analytical procedure is inex-
pensive only at first sight. As has been confirmed
for some electrodes (especially when its handling
is not always appropriate), aging sets in soon
after initial use which becomes noticeable with
decreased sensitivity, low stability of measured
values, and prolonged adjustment times.

With regard to marine pore water, ion-selective
electrodes were successfully applied in the deter-
mination of fluoride (standard addition method) and
in the analysis of sulfide within a mixture of sediment
and pore water processed into SAOB-buffer (cf.
Sect. 3.3.2). Figure 3.1 shows a typical profile of
fluoride measured with an ion-selective electrode in
pore water. The total sulfide profile shown in Figure
3.14 was measured in the way described above, by
using an ion-selective electrode. The measured
values occasionally display considerable variations,
probably on account of the sediment’s decom-
pression and thereafter they might be produced
upon withdrawing the sample from the core. They do
not necessarily come about during the course of the
analytical measurement.

lon-Chromatography
The analysis of chloride and sulfate in marine pore

water samples after an approximately 20-fold dilu-
tion is a standard method for normal ion-chroma-
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tography (HPLC), so that no further discussion is
needed here. Considering the very dilute sample
solution and the low sample amount required in
ion-chromatography, the applied quantity of
pressed or centrifuged pore water is negligibly
small. However, the high background of chloride
and sulfate which is due to the salt content in sea
water prevents, with or without dilution, the
determination of all other anion species by ion-
chromatography. The sulfate profiles measured
with this method are shown in the Figures 3.1, 3.6,
and 3.14. Since the chloride profiles are mostly not
very interesting, because they reflect practically
no early diagenesis reactions at all, they can be
consulted for control and eventually for cor-
rection of the sulfate profiles, whenever analytical
errors have emerged in the course of their con-
comitant determination, e.g. due to faulty
dilutions, or mishaps occurring in the injection
valve of the machinery.

ICP-AES, AAS, ICP-MS

Generally the alkali metals (Li, Na, K, Rb, Cs), the
alkali earth metals (Mg, Ca, Sr, Ba) and other
metals (e.g. Fe, Mn, Si, Al, Cu, Zn, Cr, Co, Ni) are
determined in the acid-preserved pore water
samples. Analytical details depend on the special
conditions provided by the applied analytical
instruments ICP-AES (Inductively Coupled Plasma
Atomic Emission Spectrometer), ICP-MS
(Inductively Coupled Plasma Mass Spectrometer),
or AAS (Atomic Absorption Spectrometer) of the
respective laboratory. A discussion of details is
not appropriate in this chapter. In most cases
dilutions of 1:10 or 1:100 will be measured
depending on the salt content in marine envi-
ronments, so that the required sample amounts are
rather low.

Gas-Chromatography

The quantification of methane with the aid of gas
chromatography (FID-detection) is an excellent
standard method, which therefore does not need
any further discussion. The main importance is
the immediate withdrawal of a sediment/pore water
sample as already mentioned in Section 3.3.2. This
sample is placed into a 50 ml-headspace vial with a
syringe in which the sample is combined with 20
ml of a prepared solution of 1.2 M NaCl + 0.3 M
HgCl,. After equilibrium is reached in the closed
bottle between the methane concentration in the
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gaseous phase and its concentration present in
aqueous solution (at least one hour), the gas
phase is ready to be sampled by puncturing the
rubber cap that seals the vial with a syringe.

3.5 In-situ Measurements

The desire to measure the properties of a natural
system, or profiles of properties, in situ, appears
to be obvious whenever the system becomes sub-
ject to a change as a result of the sample collec-
tion procedure. In principle, this is applicable to
many aquatic geosystems. Especially where solid
and aquatic phases come together in a limited
space, this boundary constitutes the site of
essential reactions. Such a site is the surface
boundary between bottom water and sediment. An
essential biogeochemical process of early dia-
genesis is exemplified by the permeation of
oxygen into the young sediment by diffusion, but
also by the activity of organisms. The oxygen in
the sediment reacts in many ways (cf. Chaps. 5
and 6). In part, the oxygen is depleted in the
course of oxidizing organic matter, in part, upon
re-oxidizing various reduced inorganic species
(e.g. Fe*', Mn*").

In organic-rich and highly reactive sediments,
the depletion of oxygen previously imported by
means of diffusion already occurs in the
uppermost millimeters of the sediment (cf. Sect.
3.5). However, these organic-rich and young
sediments are mostly extremely rich in water
(porosity values up to 0.9) and very soft, so that
every sample removal will most likely induce a
perturbation of the boundary zone which is, in a
crucial way, maintained by diffusion.

Moreover, the actively mediated import of
oxygen into the young sediment, which runs
parallel to diffusion, and which is transported by
the organisms living therein, will function
‘naturally’ only as long as these organism are not
‘unnaturally’ treated. Any interference caused by
sampling is certain to be regularly coupled to a
change of temperature, pressure and the quality of
the bottom water, and thus means a change in the
‘normal’ living conditions. Here as well, it is of
special interest to measure the active import of
oxygen into the sediment governed by biological
activity in situ. (cf. Sect. 3.6). An overview of the
literature references and the state of knowledge
related to the in situ measurement methods and

techniques applied to capture the biogeochemical
processes in the water/sediment transition zone
has been provided by Viollier et al. (2003).
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Fig. 3.19 Schematic representation of a Lander System
which is also used in the deep sea. The machinery sinks
freely, without any attachment, to the ocean floor where it
carries out measurements and returns back to the surface after
the release of ballast. The depicted version stands about 2-3
m in height. It is designed to conduct incubation experiments
at the ocean floor, yet similar landers are used to record/
monitor in situ microprofiles of the oxygen concentration
through the sediment/bottom water boundary layer. The per-
spective shows only two of the three feet upon which the
lander stands (after Jahnke and Christiansen 1989).
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Lander Systems

In some very shallow waters the in situ measu-
rement at the sediment/bottom water boundary
might be achieved from a ship, or by using light
diving equipment. However, so-called ‘Lander
systems’ have been developed for applications in
greater depths and, above all, in the deep sea.
Lander systems are deployed from the ship and
sink freely, without being attached to the ship,
down to the ocean floor where they softly ‘land’.
Standing on the bottom of the ocean they
conduct measurements (profiles with microelec-
trodes), experiments (in situ incubations), and/or
remove samples from the sediment or the bottom
water. When the designated tasks are completed,
ballast is released and the whole system emerges
back to the surface to be taken on board.

The lander technique described above is,
especially in the deep sea, more easily outlined in
brief theory than to put into operation, as the in-
volved workers need to invest a considerable

Oxygen microelectrode

Shaft of
sensing cathode

«— Epoxy

I,

777477

777777777

77727

<~ >
77777

Silver wire cathode
*— Ag/AgCl anode

y wama

NI= Soda-lime glass

=

#—Electrolyte

Schott 8533 glass
Platinum wire

N /
N/

N/ /
/ /1
% | . § /|
/N Guard Silver. § f
& ) cathode N V]
/) N
N

/)

V[k Platinum

amount of construction effort and operational
experience in the lander systems so far used.

The problems which cannot be discussed here
in detail consist of, for example, deploying the de-
vice into the water without imparting any damage
to it, conducting the subsequent performance of
sinking and landing at the proper speed, keeping
the lander in a proper position, recording and
storing the measured values, the timing of ballast
release and thus applying the correct measure of
buoyancy all the way up to the ocean’s surface,
and finally, the lander’s retrieval and ultimate
recovery on board of the ship. The correct per-
formance of the in sifu measurements is not even
mentioned in this enumeration. In Figure 3.19
such an appliance is shown according to Jahnke
and Christiansen (1989) which is very similar to
the lander used by Gundersen and Jergensen
(1990) as well as Glud et al. (1994). A survey and
comparative evaluation of 28 different lander
systems is given by Tengberg et al. (1995) who
also delivers an historical account on the deve-
lopment of landers. One of the first publications
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Fig. 3.20 Construction of an oxygen electrode equipped with a Guard-cathode (after Revsbech, 1989).
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on the measurements of oxygen microprofiles in
sediment/bottom water boundary layers of the
deep sea is the report by Reimers (1978). Jorgen-
sen and Revsbech (1985), subsequently, Archer et
al. (1989) and Gundersen and Jergensen (1990)
were the first to measure a diffusive boundary
layer using landers. The first in situ incubations
using a lander were carried out by Smith Jr. and
Teal (1973).

Profiles with Microelectrodes

A profile measured in situ with an oxygen
microelectrode has already been presented and
quantitatively evaluated in Figure 3.5. Such mea-
surements became feasible only after oxygen
electrodes had been developed that could mea-
sure oxygen concentrations at the sediment/
bottom water boundary layers with a depth
resolution of about 20 to 50 um. It is also impor-
tant to note that the measurement is carried out
without being influenced by the oxygen depletion
of the electrode. The development of the electro-
des is closely linked to the name of N.P. Revsbech
(Aarhus, Denmark) and is described in the publi-
cations of Revsbech et al. (1980), Jorgensen and
Revsbech (1985), Revsbech and Jergensen (1986),
Revsbech (1989) and Kiihl and Revsbech (2001).

The basic construction principle underlying
the function of an oxygen microelectrode is shown
in Figure 3.20, after a publication by Revsbech
(1989). It is evident that such an electrode cannot
be built without considerable practiced skill and
experience - and they have to be either self-made
or purchased at a rather high price. It is further-
more evident that such microelectrodes are ex-
tremely sensitive and break easily as, when they
either hit a rather solid zone in the sediment,
contain slight imperfections from manufacturing,
or are handled with the slightest degree of inep-
titude.

A construction unit is shown in Figure 3.21
that permits the integration of microelectrodes in
a lander along with the necessary mechanical
system, the electronic control and data moni-
toring equipment. It is of utmost importance that
this unit is built into the lander in such a manner
that the measurements will begin above the
sediment surface, then insert the electrodes deep
enough into the sediment, allowing later deri-
vations of the essential processes from the
concentration profile. This requires, among other
pre-requisites, the correct estimation as to how

deep the feet of the lander will sink into the
sediment. If the sediment is firmer than expected,
only the bottom water might be measured;
whereas, if the sediment is softer than expected,
the profile might begin within the sediment. Thus,

@ Thredded rod

@ Supporting Al - frame and tracks
@ DC - motor hausing

(4) Oil - filled bladder

@ Radial ball bearings

@ Pressure cylinder

@ Microelectrodes

Fig. 3.21 Schematic representation of the mechanic and
electronic unit applied to microelectrodes in a lander sys-
tem. The round pressure cylinder contains the electronic
control equipment and the data monitoring device, to the
bottom of which various vertically positioned microelec-
trodes are mounted. The entire cylinder is lowered with the
aid of a stepper motor and a corresponding mechanical sys-
tem in pre-adjustable intervals so that the electrodes begin
measuring in the bottom water zone and then become im-
mersed into the sediment (after Reimers 1978).
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much experience and many aborted profiles stand
behind those profiles which are now shown in
Figures 3.5 and 3.22.

By using such electrodes it is now possible to
describe a diffusive boundary layer at the trans-
ition zone between the sediment and the bottom
water with a sufficient degree of depth resolution
(Fig. 3.22). This layer characterizes a zone which
lies directly over the sediment and is not influ-
enced by any current. Instead, a diffusion con-
trolled transport of material characterizes the
exchange between bottom water and sediment. This
layer which possesses a thickness of 0.2 - 1 mm
still belongs to the bottom water with regard to its
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porosity (100 % water), but due to its diffusion
controlled material transport, it belongs instead to
the sediment. In both oxygen profiles shown on
the left in Figure 3.22, the location of the diffusive
boundary layer is indicated. Above this layer, the
bottom water is agitated, resulting in an almost
constant oxygen concentration. A constant gra-
dient is found within this layer because this is
where only diffusive transport takes place, but no
depletion of oxygen occurs. It may be of interest
in this regard that the better known diffusion
coefficient for water (DV in Equation 3.5 and in
Table 3.1) must be applied for this diffusive
transport, and not the diffusion coefficient for the

Fig. 3.22 Diffusive boundary layer at the sediment/bottom water transition measured with oxygen microelectrodes.
Profiles are shown in both representations on the left. The two representations on the right show the respective spa-
tial patterns. In the above right corner, the surface is shown, whereas the subsurface of the diffusive boundary layer is

shown below (after Gundersen and Jeorgensen 1990).
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sediment (D_ ). Since the entire diffusive
transport from the bottom water to the sediment
crosses this transitory layer, measurements within
the layer allow for especially reliable estimations
of the oxygen consumption in the sediment.

To date, extremely good results have been ob-
tained with oxygen microelectrodes in sediments
with high reaction rates, because the essential
processes can be analyzed only here, with profiles
most often reaching a few centimeters into the
sediment. The lower ends of these profiles are fre-
quently marked by breakage of the electrodes. In
sediments displaying less vigorous turnovers, the
measurement mostly includes just one single oxy-
gen concentration gradient, not reaching into the
penetration depth for oxygen.

Less frequently, pH-profiles are published in
literature when compared to the oxygen profiles.
The details as to their shapes and their underlying
processes are not yet sufficiently understood.
Additionally, a reliable calibration under the given
pressure conditions has not been accomplished
for in situ pH-measurements. Consequently, only
relative values are measured within one profile.
Electrodes measuring H,S can also be built as
microelectrodes. However, they are only suited for
in situ measurements when H,S reaches close

enough to the sediment surface.

Optodes

Apart from the great advantages of electrodes - they
have practically opened a domain of the aquatic en-
vironment which was previously not accessible to
measurement - the disadvantages should be men-
tioned as well. On the one hand, only the three
aforementioned types are applicable (O,, pH, H,S),
on the other hand, these electrodes are commercially
available only at a rather high price or must be self-
made. The manufacturing of one electrode demands
- if one has the necessary experience — half a day up
to one full day of labor. Additionally, the electrodes
tend to break easily. Thus, in the experimental work
that led to the publication by Glud et al. (1994) about
50 to 60 (!) microelectrodes were “used up’.

It therefore appears to be reasonable to look for
other methods and other measurement principles.
Such an alternative principle consists of the
construction of the optode (by analogy: electrodes
as functioning electrically, optodes functioning
optically). The basic principle (Fig. 3.23) consists of
the conductance of light possessing a specific
wavelength (450 nm) via glass fibers to the site of
measurement. The tip of the glass fiber is
surrounded by a thin layer of epoxy resin that
contains a dye (ruthenium(II)-tris-4,7-diphenyl-
1,1-phenanthroline).
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Fig. 3.23 Schematic representation of an oxygen microoptode. One end of the glass fiber can be mounted into a steel
cannula for protection and stabilization (A). At the site of measurement, the tip of the glass fiber is surrounded by a
thin layer of epoxy resin (B) which contains a fluorescent dye. The fluorescence properties of the dye depend on the
concentration of the compound to be measured (after Klimant et al. 1995)

109



3 Quantification of Early Diagenesis: Dissolved Constituents in Marine Pore Water

The dye emits a fluorescent light at a different
wavelength (610 nm). The intensity of this fluo-
rescence depends on the concentration of the
substance to be measured that penetrates into the
resin by diffusion, directly at the site of measu-
rement. The construction of such microoptodes,
and the first results of measuring oxygen at the
sediment/bottom water boundary were described
by Klimant et al. (1995, 1997), Glud et al. (1999)
and Kiihl and Revsbech (2001). According to
Klimant et al. (1995), optodes can be developed
for a number of substances (e.g. pH, CO,, NH,,
0,). As yet, this new technology has only been
applied to oxygen measurements, i.e. in the form
of the microoptode. Presumably, the construction
details and the alchemy of the fluorescent dyes
will still be the object of current development.

Benthic Chamber Results

So-called planar optodes were developed in
recent years, which, for example, allow us to draw
two-dimensional maps showing the oxygen
distribution in a sediment. The fluorescence
induced by oxygen can be measured and made
visible on a particularly processed stretch of foil
(e.g. Glud et al. 2001).

in-situ Incubations

The diffusive input of oxygen into the sediment
contributes to only one part of the whole oxygen
budget. An input of oxygen into the sediment con-
ducted by macroscopic organisms must be consi-
dered to occur especially in the sediments of
shallow waters, and when the proportion of orga-
nic matter in the sediment is high. These proces-
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Fig. 3.24 Results of in situ incubation measurements. In both examples, a depletion of oxygen and nitrate and a
concomitant release of phosphate, silica, and carbonate was observed in incubation time lasting 30 hours. The concen-
tration unit is umol/kg, alkalinity is expressed in umol(eq)/kg. (after Jahnke and Christiansen 1989).
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ses will be discussed more thoroughly in the fol-
lowing Section 3.6 concerned with bioirrigation.

The total oxygen consumption at the transition
between sediment and bottom water is measured
in so-called incubation experiments which are best
to be carried out under in situ conditions. To this
end, a distinct area of the sediment surface area
(usually several dm?) is covered with a closed box
in such a manner that a part of the bottom water is
entrapped. Inside the closed box, the concentra-
tions of oxygen and/or nutrients are repeatedly
measured over a sufficient length of time. The
total exchange of substances is deduced from the
measured concentration changes in relation to the
volume of entrapped bottom water and the area
under study.

Figure 3.24 shows the result of such an in situ
experiment taken from a study conducted by
Jahnke and Christiansen (1989). The sediment’s
uptake of the electron acceptors oxygen and
nitrate is easy to quantify, as well as the conco-
mitant release of phosphate, silica, and carbonate
into the bottom water.

Glud et al. (1994) also carried out in situ incu-
bation experiments in the upwelling area off the
coast of Namibia and Angola, in a parallel proce-
dure to their recording diffusion controlled
oxygen profiles by means of microelectrodes.
Thus, they were able to obtain values for the
sediment’s total oxygen uptake and, at about the

same site, simultaneously measured the exclusi-
vely diffusion-controlled oxygen uptake. The ratio
of total uptake and diffusive uptake yielded
values between 1.1 and 4. The higher ratios were
coupled to the altogether higher reaction rates
observable in organic-rich sediments at shallower
depths. Similarly a good correlation between the
difference of total oxygen uptake minus diffusive
oxygen uptake on the one hand, and the abun-
dance of macroscopic fauna on the other hand
was observed.

Peepers, Dialysis, and Thin Film Techniques

At first glance, dialysis would appear to be a very
useful technique for obtaining pore water samples
under in situ conditions which can be analyzed
for nearly all constituents. Different types of
‘peepers’ are presently used which can be pressed
into the sediment from the sediment surface. Such
a peeper usually consists of a PE-column 0.5 - 2 m
long with ‘peepholes’ on its outside. Cells filled
with de-ionized water inside the peeper are
allowed to equilibrate via dialysis through a filter
membrane with the pore water outside the peeper.
However, an equilibration time of many days or
even a few weeks may be necessary if a volume of
fluid greater than 5 - 10 cm® is necessary for
analysis and if a small peephole is required in
order to achieve a certain depth resolution. This
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Fig. 3.25 Concentration-depth profiles for Mn and Fe through the sediment/water interface. For these

measurements, a DET gel was deployed for 24 hours in situ. (after Davison et al. 1994)
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restricts the use of dialysis-peepers to shallow
water environments where diving is possible, and
thus makes it especially useful in tidal areas. It
should be pointed out that dialysis does not
simply result in the sampling of pore water under
in situ conditions. Only those aquatic species that
are small enough to pass through the membrane
can find their way through the peephole into the
cell. The species distribution is therefore depen-
dent on the nature of the membrane used. A
review of different techniques is given by
Davison et al. (2000). More relevant to the study
of deep sea sediments are in situ techniques
using the diffusive equilibration in thin films
(DET) and diffusive gradients in thin films (DGT)
(Davison et al. 1991; Davison and Zhang 1994;
Davison et al. 1997; Davison et al. 2000).

Figure 3.25 shows concentration-depth
profiles for Mn and Fe through the sediment/water
interface with a depth resolution which would be
impossible to obtain using any other technique.
Measurements such as these have resulted in
meaningful measurements of reaction rates within
the uppermost layers of young sediments and of
diffusive fluxes of various metals through the
sediment/water interface for the first time.
However, the preparation of the thin films, and
their handling under field conditions is still quite
troublesome and much work needs to be under-
taken to further develop these techniques.
Nonetheless, this seems to be a most promising
approach for obtaining reliable in situ deter-
minations of elements in sediment pore waters.

3.6 Influence of Bioturbation,

Bioirrigation, and Advection

For the pure geochemist it would be most con-
venient if this chapter would close at this point.
The concomitance of diffusive transport and
reactions determinable on the basis of gradient
alterations - although they are rather numerous -
results in a sufficiently sophisticated system of
pore water and sediment, quite well understood
and calculable. For deeper zones below the sedi-
ment surface, beyond approximately 0.5 to 1 m, a
description of the system in terms of diffusion and
reactions probably seems to be quite acceptable,
with a certain degree of accuracy obtained. The
closer the zones under study are located to the
sediment surface, the more inhomogeneities and
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non-steady state conditions become of quanti-
tative importance. These are mainly determined by
the activity of organisms living in the sediment.

Depending on whether the effect on the sedi-
ment or the pore water is considered, this pheno-
menon is referred to as bioturbation or bioirri-
gation, respectively. Advection (sometimes also
called convection) is the term used for the motion
of water coupled to a pressure gradient which
partly overlaps with bioirrigation, when permea-
bilities are influenced by the habitats of the orga-
nisms. At the end of this section, model concepts
will be outlined that allow for a quantitative
description of this heterogeneous, yet very reac-
tive domain of the sediment.

Bioturbation

Bioturbation refers to the spatial rearrangement of
the sediment’s solid phase by diverse organisms,
at least temporarily living in the sediment. This
process implies that all sedimentary particles in
the upper layers, which are inhabited by
macroorganisms, are subject to a continual
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Fig. 3.26 In situ measurement of an oxygen profile in a
water depth of 3100 m, off the mouth of the Congo River.
The microelectrode detected an open cavity flooded with
oxygen-rich bottom water in a depth between 80 mm and
90 mm below the sediment surface (after Glud et al. 1994).



36

Influence of Bioturbation, Bioirrigation, and Advection

transfer, i.e. seen in the long run, are integrated
into a permanent cycle. From the publications of
many authors (e.g. Aller 1988, 1990, 1994; Dicke
1986) it can be concluded that this layer,
essentially influenced by bioturbation, generally
reaches 5 to 10 cm, rarely even up to 15 cm, below
the sediment surface. Only when a sediment
particle has reached a greater depth in the course
of continued sedimentation, will the ‘recycling’
process become a rare event until it ultimately
comes to a final standstill.

This continued recycling of the sediment’s
solid phase is of great importance for a number of
geobiochemical processes. By the action of this
cycle, the electron donor (organic matter) and the
electron acceptors (e.g. iron and manganese
oxides) of the biogeochemical redox processes in
the sediment are continually procured from the
sediment surface. The results obtained by Fossing
and Jorgensen (1990) can only be understood
when considerably more sulfate is chemically
reduced in the upper layers of the sediment than
is accounted for by the sedimentation rate of
directly imported organic matter. The re-oxidation
of once released sulfide back to sulfate, which is
also of importance in this regard, can only
proceed when the oxides of iron and manganese,
the electron acceptors, are continually supplied
from the surface in an oxidized state, and return
there in a chemically reduced form. Such a cycle
has been described for iron and manganese, for
instance, by Aller (1990); Van Cappellen and Wang
(1996) as well as Haese (1997).

Bioirrigation

The process in which living organisms in the
sediment actively transport bottom water through
their habitats is known as bioirrigation. In this
process, oxygen-rich water is usually pumped into
the sediment, and water with less oxygen is
pumped out. Figure 3.26 which is derived from the
publication by Glud et al. (1994) demonstrates an
oxygen profile measured in situ with the aid of a
microelectrode. The electrode recorded a normal
profile reaching about 30 mm below the sediment
surface. Beyond, from about 30 mm to 80 mm
below the sediment surface, the oxygen
concentration was practically zero, whereas an
open cavity was detected between 80 and 90 mm
flooded with oxygen-rich bottom water.

In the publications submitted by Archer and
Devol (1992), a comparative study on the purely

diffusive oxygen flux (based on measurements
with microelectrodes) and the total oxygen flux
(based on incubations) was conducted for the
shelf and the continental slope off the State of
Washington. In a similar study, Glud et al. (1994)
investigated the continental slope off Angola and
Namibia. It was shown that the flux induced by
bioirrigation was several times larger than the
diffusive flux. However, such high fluxes only
occur in densely populated sediments, mostly on
the shelf. For deep sea conditions the total
oxygen uptake was only slightly higher than the
diffusive oxygen uptake of the sediment.

Advection of Pore Water

Except for bioirrigation, advection within the pore
water fraction may only result from pressure
gradients. Advection is sometimes referred to as
convection, yet the terms are used rather syno-
nymously. There are, in principle, three different
potential causes leading to such pressure gradi-
ents, and thus to an advective flux:

e Sediment compaction and a resulting flow of
water towards the sediment surface.

e Scafloor areas with warmer currents and a
resulting upward-directed water flow, that
corresponds with water flows directed down-
wards at other locations.

e Currents in bottom water that induce pressure
differences at luv and lee sides of uneven
patches on the sedimentary surface.

The first case can be quite easily assessed
quantitatively on the basis of porosity measu-
rements: one might imagine a fresh and water-rich
deposited sediment column and observe the com-
paction as a further descent of the solid phase
relative to the water that remains at the same
place. Hence, the upwards directed advective flux
results as the movement of water relative to the
further sinking sediment. If the sediment exhibits
a water content of approximately 0.9 at its
surface, and even a value of 0.5 in several meters
depth, and provided that the boundary between
sediment and bottom water moves upwards due
to the accumulation of new sediment, then it will
inevitably follow that the compaction induces an
advective flux which will not exceed values similar
to the rate of sedimentation. As for deep sea
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sediments, this process can produce values in the
range of a few centimeters per millennium.

Some examples for the second case were
provided by Schultheiss and McPhail (1986). By
using an analytical instrument that freely sinks
to the ocean floor, they were able to measure
pressure differences between pore water, located
4 m below the sediment surface, and the bottom
water directly. At some locations, deep sea sedi-
ments of the Madeira Abyssal Plain displayed
pressure differences of about 0 Pa, at other
locations, however, the pressure in pore water 4
m below the sediment surface was significantly
lower (120 or 450 Pa) than in bottom water. With
regard to the porosity (¢) and the permeability
coefficient of the sediment (k), the advective flux
is calculated according to the following

equation:
Ap
v, =|k-——
A

In this equation, known as the Darcy Equation,
and which is applied in hydrogeology for
calculating advective fluxes in groundwater,
v,[ms'] denotes the velocity with which a
particle/solute crosses a definite distance in
aqueous sediments. Ap refers to the pressure
altitude measured in meters of water column
(10° Pa =1 bar = 750 mm Hg = 10.2 m water
column); and Ax [m] is the distance across
which the pressure difference is measured. In
the example shown above (¢ = 0.77, k = 7-10”°
m '), this distance amounts to 4 m. Insertion
into Equation 3.30 yields:

v, =[7~10—9 ~0'312j/0.77 =2.7-107" [ms']

(3.31)

(3.30)

or:
v,=0.86 [mma]

Applying the other value specified by Schult-
heiss and McPhail (1986) as 450 Pa, a velocity of
v, = 3.2 [mma’'] ensues. (These authors end up
with the same values, yet they do so by using a
different, unnecessarily complicated procedure
for calculation). Such values would thus be
estimated as one, or rather two orders of
magnitude greater than those resulting from
compaction. Actually, such values should
distinctly be reflected by the concentration
profiles in pore water. However, despite of the
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huge number of published profiles, this conse-
quence has not yet been demonstrated.

Upon applying the Darcy Equation 3.30 which
is designed for permeable, sandy groundwaters,
we must take into consideration that this equa-
tion is only applicable to purely laminar fluxes.
Furthermore, it does not account for any forces
effective near the grain’s surface. A permeability
value of k = 710° m s*! implies that grain size of
the sediment particles is almost identical to clay.
Within such material, the forces working on the
grain surfaces impose a limitation on the advec-
tive flux, so that the calculation of Equation 3.31,
based on the pressure gradient, will surely lead to
a considerable overestimation of the real advec-
tive flux.

The third case, a pressure gradient induced by
the bottom current and a supposed advective
movement of the pore water, is of importance
mainly on the shelf where shallow waters, fast
currents, an uneven underground, and high
permeability values in coarse sediments are
encountered. Ziebis et al. (1996) as well as Forster
et al. (1996) were able to demonstrate by in situ
measurements and in flume experiments that the
influence of bottom currents may be indeed
crucial for the superficial pore water of coarse
sand sediments near to the coast.

At flow rates of about 10 cms™' over an uneven
sediment surface (mounds up to 1 cm high), the
oxygen measured by means of microelectrodes had
penetrated to a maximum depth of 40 mm, whereas
a penetration depth of only 4 mm was measured
under comparable conditions when the sediment
surface was even (Fig 3.27). Huettel et al. (1996)
were able to show in similar flume experiments
that not only solutes, but, in the uppermost
centimeters, even fine particulate matter was
likewise transported into the pore water of
coarsely grained sediments. Similar processes
with marked advective fluxes are, however, not to
be expected in the finely grained sediments pre-
dominant in the deep sea.

Advection of Sediment

An advection of the sediment’s solid phase does
not, at first sight, seem to make any sense, be-
cause it implies - in contrast to bioturbation - a
movement of sediment particles which favor a
specific direction. There is no known process that
describes an advection of a solid phase, instead,
the definition of such a process actually only
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results from the definition of the position of the
system of coordinates, and thus already indicates
the model boundary conditions which will be later
dealt with in more detail. If the zero-point of the
coordinate-system is set by definition to the
boundary between sediment and bottom water, it
follows that the coordinate-system will travel
upwards with the velocity of the sedimentation
rate. Concomitantly, this also implies that sedi-
ment particles move downwards relative to the
coordinate-system with the velocity of the
sedimentation rate. This definition may appear
somewhat formalistic, at first, but it becomes more
real and relevant from a quantitative point of view
when diagenetic reactions are studied. Then most
turnovers are limited by the solid phase
components that are introduced into the system
by this form of ‘advection’.

Conceptual Models

Conceptual models and their applications will
be discussed in more detail in Chapter 15 where
computer models will be presented and examples
taken from various fields of application will be
calculated. At this point, conceptual models will
just be mentioned in brief summary and will
contain the most essential statements of this
chapter.

e The description of the diffusive transport by
Fick’s first and second law of diffusion
includes the transport of soluble substances

in pore water, which is not mediated by
macroorganisms. In this regard, diffusive
fluxes are always produced by gradients; and
fluxes are always reflected by gradients.
Upon assessment of concentration profiles
with respect to material fluxes, it needs to be
considered whether the depth zones of the
investigated profile are sufficiently (quasi)
stationary with regard to the studied para-
meter. Non-steady state conditions are appro-
priately described only by Fick’s second law
of diffusion.

e If no biogeochemical processes can be found
in sediments at all, the pore water should
display constant concentrations from the
top down in a stationary way. Any reactions
taking place in the pore water fraction, or
between pore water and solid phase, will
become visible as a change of the involved
concentration gradients extending across
the depth zone; any changes of the
concentration gradients document the
processes in which pore water has been
involved.

e In principle, bioturbation as a macrobiological
process should not be described in terms of
easily manageable model concepts as can be
done for molecular diffusion. Only if it is
assured that the expansion of a given volume
under study is large enough, and/or provided
that the time-span necessary to make the
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Fig. 3.27 Advective flow of pore water induced by bottom water flow and documented by O, penetration into the
sediment around a small sediment mound (after Ziebis et al. 1996).
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of sedimentation (after Tromp et al. 1995).

observation is sufficiently long, can we
conceive of the bioturbation processes, on
average, as identically effective at all places.
In such cases, a model concept of ‘biodif-
fusion’ is frequently applied in which Fick’s
laws of diffusion are applied upon intro-
ducing an analogous ‘biodiffusion coeffi-
cient’. Aller and De Master (1984) reported on
having determined **Th and *'°Pb and drew
conclusions using a model concept of biotur-
bation. Figure 3.28 shows an empirically
determined biodiffusion constant according
to Tromp et al. (1995) in its dependence on
the sedimentation rate. Deep sea sediments
with sedimentation rates in the range of 0.001
and 0.01 cma™! yield biodiffusion coefficients
in the range of 0.1 and 1 cm?a, or, upon
applying the dimensions contained in Table
3.1, values that liec between 3-10* and 3-107!2
m?s™'. Such biodiffusion coefficients are thus
more than one order of magnitude smaller
then the coefficients of molecular diffusion in
sediment pore waters. The bioturbation
process (= biodiffusion) is therefore without
immediate relevance for pore water because,
if we judge the matter realistically, its effects

are by far less than the accuracy of the
molecular diffusion coefficient. Bioturbation
(= biodiffusion) is, however, very important
for the dynamics and the new organization of
the sediment’s solid phase. By this mecha-
nism, and adjunct biogeochemical reactions,
bioturbation consequently also exerts an
indirect but nevertheless important influence
on the distribution of concentrations in pore
water.

Upon introducing a related coefficient, Fick’s
laws of diffusion have also been applied to
bioirrigation. However, this surely reflects a
rather poor model concept. Figure 3.26 alrea-
dy showed this in two ways: firstly, this pro-
cess is indeed of relevance and applicable to
pore water. Secondly, both processes, mole-
cular diffusion and biorrigation, take place
simultaneously and are effective in parallel
action at the same location. A workable model
concept to deal with bioirrigation is therefore
still missing.

The advection of pore water has the same
order of magnitude as the sedimentation rate
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and is, therefore, compared to molecular
diffusion, not of great importance. How-
ever, advection as a model concept in itself
may be quite easily included into computer
models by the employment of the Darcy
Equation 3.30. The advection of the sedi-
ment’s solid phase results from the formal
logic that the zero-point of the system of
coordinates is always defined at the sedi-
ment surface, and that the sediment partic-
les stream downward relative to the coor-
dination system. This process is of great
importance for balancing the diagenetical
effects in the sediment.

3.7 Signals in the Sediment

Solid Phase

As already described in the introductory
section to this Chapter, the ‘classic geological’
approach to the processes of diagenesis was
distinguished by the examination of the sedi-
ment’s solid phase. And whenever a recon-
struction of diagenetic processes in previous
sediments - which nowadays consist of rock
and have lost their original pore water content a
long time ago -, is attempted, one will have to
resort to an investigation of the solid phase.
Analyzing the solid phase element profiles is
much more reliable than is the case with pore
water concentration profiles. However, the inter-
pretation of such element profiles proves to be
much more difficult, since the signals of the
entire consecutive diagenetic processes inter-
fere with those of sedimentation. Some of the
element profiles measured in sediments can only
be interpreted on account of the new under-
standing of diagenetic processes which was
gained, in particular, after many pore water
analyses had been carried out during the last
two decades. The ratios of the sedimentary
contents primarily originating from sedi-
mentation compared to those originating from
diagenetic processes might differ greatly from
each other, depending on the element, the
sedimentation area, and the type of diagenesis.
In such case, it is always advisable to initially
perform an estimative, rough calculation of the
contents measured in the sediment in relation to
the contents potentially altered in the sediment
by the processes of diagenesis.

3.71 Analysis of the Sediment’s

Solid Phase

A variety of different analytical approaches lead
to the profiles of sedimentary element contents.
The two essential and most commonly used
methods are nowadays the following:

e Laborious, yet very reliable, is the complete
extraction of the dried, mortared and
homogenized sediment sample using ap-
propriate acids. Usually a microwave pres-
sure extraction in a closed system composed
of PTFE or a similarly inert and resistant
material is applied for this purpose now-
adays. With this method, all the sedimentary
constituents are dissolved without ex-
ception by applying various mixtures of HF,
HCI and HNO, (HCLO, can be avoided in
most cases) at temperatures between 250
and 260 °C and a pressure ranging from 30 to
50 bars. In the ultimately received, slight
nitric solution - hydrofluoric acid is left to
evaporate in the course of the procedure -
practically all elements (including the rare
earth elements) can then be analyzed mar-
kedly above their limit of detection by atom
absorption spectrometry (AAS), optical
plasma emission spectrometry (ICP-OES)
and/or plasma mass spectrometry (ICP-MS).

e X-ray fluorescence spectroscopy (XRF) is
much easier in its performance but by no
means as reliable particularly in case of low
element contents. Here, the dried, mortared
and homogenized samples can be used
directly as powder, or better in this shape of
pressed tablets, or even better still, as molten
tablets. With this method, good detection
limits are obtained for most of the quanti-
tatively relevant elements, the access to trace
metals, however, is not feasible to the same
extent as in complete extraction and subse-
quent analysis of the extract solution.

The following comparison illustrates the
greatly differing time and work effort associated
with these two methods:

In order to analyze the quantitative element
profiles, consisting of approximately 250 samples
derived from one single core which was extracted
with the gravity corer, several weeks are required
for drying, mortaring, homogenization, weighing,
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Fig. 3.29 Profile of the elemental contents within a sediment core which was obtained from a depth of 1952 m in
the Cape Basin. Analysis was performed with a transportable X-ray fluorescnce anayzer (XRF) on board of a research
vessel. Results were obtained within 24 hours after extracting the core (Wien et al. 2005a).

chemical extraction and analysis - provided that
all steps of extraction and analysis are automated.
The element profiles of a sediment core from
the Cape Basin (Wien et al. 2005a), which is
shown in Figure 3.29, were obtained with a
trans-portable XRF on board of a research
vessel, the results were obtained within a
period of 24 hours after core extraction with the
gravity corer.
The energy-dispersive analysis was conducted
with polarized X-rays. Powdered samples were
measured because of the short processing time
desired in this case, although lower detection
limits and measured values displaying less
scattering would certainly have been obtained
by applying pressed or even molten tablets. An
essential further improvement of the quality of
measurements would have been accomplished if
the more laborious wavelength-dispersive X-ray
fluorescence (WDX), currently not available as
transportable device, had been applied instead
of the energy-dispersive X-ray fluorescence (EDX).
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3.7.2 Interpretation of Element Profiles
The profiles of elemental contents shown in
Figure 3.29 may serve as an example to briefly
discuss the informational content, i.e. the various
signals in these profiles. Core GeoB 8301 shown
here originated from the Cape Basin at 34°46.0°S
and 17°41.5'E and a water depth of 1952 m. The
following signals can be distinctly recognized in
the element profiles:

The profiles of Ti, Al, Fe, K, Rb and also, to a
limited extent, Mg are obviously determined
by an input of terrestrial substance which is
consequential to erosion. The curves which
are very similar to each other represent the
intensity and the type of erosion on the
continent, formation and degradation of soil,
as controlled by climate changes.

The elements Ba, Cu, Ni und Zn produced
similar curves, somewhat overlain by distur-
bing measurement variances. However, espe-
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cially in the case of barium at a depth of
somewhat more than 1 m below the sediment
surface, a much steeper rise of the measured
values is recognizable than is characteristic
of the other elements also controlled by
terrestric processes. A similar steep rise at
this depth is otherwise only encountered by
strontium which is predominately controlled
by marine processes. Various authors con-
ceive barium as a proxy parameter of paleo-
productivity in the surface water of oceans
(e.g. Kasten et al. 2001). Also the elements
copper, nickel and zinc which produced
curves similar to barium reach the sediment
when they are bound to organic matter, and
thus create similar imprints in the sediment.

The earth alkali metals calcium and strontium

are almost exclusively determined by marine
routes of entry. They predominately reach the
sediment in the shape of calcareous shells
originating from perished marine organisms. In
this case, various organisms contain slightly
different amounts of strontium, while others
incorporate strontium to a variable degree, a
process which depends on the surrounding
temperature. For this core, and other sediment
cores obtained from the Cape Basin, it could be
demonstrated that a profile of the Sr/Ca ratio
matched perfectly with the corresponding 8'*0O-
curve (SPECMAP curve, Imbrie et al. 1984),
permitting an immediate deduction of an age
model (cf. Wien et al. 2005b).

The two elements in this core, calcium and
strontium, were not even essentially
influenced by diagenesis. Wherever the
sediment’s pCO, and concentration of dis-
solved carbonate changes in course of the
degradation of organic matter, the respective
dissolution/precipitation  reactions  of
carbonate minerals can also be concomitantly
determined (Pfeifer et al. 2002, Wenzhofer et
al. 2001).

Large parts of the silicon curves show a
resemblance to the elements which are
introduced from land. This element obviously
also reaches the marine sediment on similar
routes of entry. However, individual peaks
display a similarity to the elements which are
controlled by marine conditions and thus
provide evidence in favor of biogenic opal as

the route of entry, which is also quantita-
tively relevant.

e Sulfur reaches the sediment essentially only by
means of diagenetic processes. Here, the
fixation of sulfate-bound sulfur in the form of
barite in the sulfate-methane transition (SMT)
zone produces an interesting signal, but is
quantitatively irrelevant on account of the low
barium concentrations in the pore water. Sulfur
precipitates in much greater amounts in shape
of sulfide (Mackinawite FeS, pyrite FeS))
wherever sulfide resulting from the reduction
of sulfate comes into contact with divalent
iron by means of diffusion. In the core shown
in Figure 3.29 this obviously proceeded at a
depth of about 7 m below the sediment surface
over a relatively long period of time.

e  The two halogens CIl and Br also provide
some interesting pieces of information. Since
a high concentration of chlorine prevails in
ocean water, but is practically not involved in
any diagenetic processes, chlorine can make
its way into the XRF sample only by means
of pore water extraction. The curve of chlo-
rine shown in Figure 3.29 represents the
porosity of the sediment material so precisely
that its concentration could be reconstructed.
This influence can also be seen in the case of
bromine which is, however, overlain by a
similar signal of nearly the same intensity as
those of the elements Ba, Cu, Ni, Zn which
are controlled by organic matter.

3.7.3  Correlation of Sediment Cores

by the Contents of Elements

A stratigraphic correlation of different sediment
cores only makes sense if the element applied in a
correlation of a given core is practically not
influenced by any diagenetic process at all, and
when its curve is practically only influenced by
its input into the sediment.

Diagenetic influences would not be coupled to
the stratigraphy, but would reach various depths
at various locations instead, totally independent
of the diagenetic processes. Especially suited for
correlations are elements that do not display too
low concentrations and whose input into the
sediment is essentially determined by one single
route of entry. This can be, for example, either
one of elements aluminum or iron for the terres-
trial input, or calcium or strontium for the marine
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Fig. 3.30 Corelation of various sediment cores from
profiles. This method permitted a safe projection of an
(Wien et al. 2005a).

input. In Figure 3.30, core GeoB 8301 from the
Cape Basin, shown in Figure 3.29, is correlated
with several other cores derived from the Cape
Basin by means of their iron profiles. Since a
reliable age model was available for one of these
cores (GeoB 2004), it could therefore also be
applied to the other cores.

Graphical representations of element profiles
frequently also show the ratios of elements.
Above, the Sr/Ca ratio was mentioned as an
example, along with its correlation with the
SPECMAP curve in a certain sea area (Wien et al.
2005b). Especially popular is the representation of
elemental contents reported as element/aluminum
ratios. In this case, it is assumed that aluminum
depends exclusively on a terrestrial route of
entry. The element/aluminum ratio reveals the
deviation of a given element from the behavior
displayed by aluminum. An element/titanium ratio
is used for the same purpose, however, it is not
applied as often on account of the fact that
titanium is not as reliable as aluminum and more
difficult to analyze.

However, such element/aluminum or element/
titanium ratios should never be applied in general
and only with caution, as such procedure in fact
systematically removes the terrestrial input signal
from the data and, with it, all information which is
attached to this course and running parallel to it.
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the Cape Basin by means of sedimentary iron content

age model available for one core to several other cores.

A good approach is given if only the marine
signal is to be examined, and somebody has
started it at some time. Some workers may be
encountered occasionally who, as a matter of
principle, looking at their data study nothing but
the element/aluminum ratios anymore. They will
never learn anything about the terrestrial routes
of input, because they simply will never see them.
Studying the element/titanium ratios is parti-
cularly nonsensical in this regard. The ratio of
one element to another should only be used, if it
is exactly known why this ratio is studied, which
part of the statement is underscored, and which
one will be suppressed.
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3.8 Problems

Problem 1

Which of the following parameters have to be
measured in the fresh sediment, which as soon as
possible in squeezed or centrifuged pore water,
which after preservation within some weeks, and
which without any preservation even after long
time: alkalinity, ammonia, chloride, manganese,
nitrate, oxygen, pH-value, potassium, sodium,
sulfate, sulfide, total iron?

Problem 2

In Figure 3.14 a sulfate reduction zone is docu-
mented by measured profiles of sulfate and
methane in pore water. Estimate the diffusive
methane flux [mol m2a'] and use for the calcu-
lation the more reliable profile of sulfate concen-
trations. Use a temperature of 5°C and a sediment
porosity of ¢ =0.7.

Problem 3

Figure 3.12 shows two very similar profiles of
oxygen concentrations in pore water. Estimate
the total oxygen consumption of the sediment
and the rate of DIC production [mol m2a’'].
Assume a C:N:P ratio of 106:16:1 for the organic
matter. Use a temperature of 5°C and a sediment
porosity of ¢ = 0.7.

Problem 4

For which type of sediments, for which parame-
ters, and for which steps of sampling, pore water
extraction, and analyses a glove box with an inert
gas atmosphere is necessary? Which inert gas
would you prefer? Explain your decisions.

Problem 5

The contents of different elements in the sedi-
ment solid phase are determined by their different
pathways into the sediment and by diagenetic
processes. Which elements mainly document a
marine input, which elements document a
terrestrial input, which elements are mainly
influenced by diagenetic processes?
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4 Organic Matter:

The Driving Force for Early Diagenesis

JURGEN RULLKOTTER

4.1 The Organic Carbon Cycle

The organic carbon cycle on Earth is divided into two
parts (Fig. 4.1; Tissot and Welte 1984). The biological
cycle starts with photosynthesis of organic matter from
atmospheric carbon dioxide or carbon dioxide/
bicarbonate in the surface waters of oceans or lakes. It
continues through the different trophic levels of the
biosphere and ends with the metabolic or chemical
oxidation of decayed biomass to carbon dioxide. The
half-life is usually days to tens of years depending on
the age of the organisms. The geological organic
carbon cycle has a carbon reservoir several orders of
magnitude larger than that of the biological organic
carbon cycle (6.4-10" t C compared with 3-10'*t C in
the biological cycle) and a turn-over time of millions of
years. It begins with the incorporation of biogenic
organic matter into sediments or soils. It then leads to
the formation of natural gas, petroleum and coal or
metamorphic forms of carbon (e.g. graphite), which may

co,

be reoxidized to carbon dioxide after erosion of
sedimentary rocks or by combustion of fossil fuels.

The tiny leak from the biological to the geological
organic carbon cycle, particularly if seen from the point
of view of a petroleum geochemist in the context of the
formation of petroleum source rocks (see Littke et al.
1997a for an overview), is represented by the depo-
sition and burial of organic matter into sediments. If
looked at in detail, the transition from the biosphere to
the geosphere is less well defined. The transformation
of biogenic organic matter to fossil material starts
immediately after the decay of living organisms. It may
involve processes during transport, e.g. sinking
through a water column, and alteration at the sediment
surface or in the upper sediment layers where epi- and
endobenthic organisms thrive. Furthermore, it may
extend deeply into the sedimentary column where
bacteria during the last decade or so were found to be
still active at several hundreds of meters depth in layers
deposited millions of years ago (Parkes et al. 1994;
Wellsbury et al. 2002).

OM in fossil sediments,
coal and kerogen

Photosynthesis:
plants and bacteria

OM in soils and
Recent sediments

Qil and
gas

Animals

_/

Biological cycle

Dead plants,
animals and
bacteria

Fig. 4.1 The two major parts of the organic carbon cycle on Earth (after Tissot and Welte 1984). OM =

matter.

OM in metamorphic
sediments, e.g. graphite

Geological cycle

Organic
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4.2 Organic Matter Accumulation

in Sediments

In the fossil record, dark-colored organic-matter-
rich layers (black shales, sapropels, petroleum
source rocks in general) witness periods of time
when conditions for organic matter accumulation
in sediments apparently were particularly favo-
rable. As the other extreme, massive sequences of
white- or red-colored sedimentary rocks are
devoid of organic matter. Although these rocks
may contain abundant calcareous or siliceous
plankton fossils, the organic matter of the orga-
nisms apparently was destroyed before it could be
buried in the sediments.

A)

Biogenic organic matter is considered labile (or
metastable) under most sedimentary conditions due to
its sensitivity to oxidative degradation, either chemi-
cally or biologically mediated. This is particularly true
in well-oxygenated oceanic waters as they presently
occur in the oceans almost worldwide. Thus, abundant
accumulation of organic matter today is the exception
rather than the rule. It is mainly restricted to the
upwelling areas on the western continental margins
and a few rather small oceanic deeps with anoxic
bottom waters (such as the Cariaco Trench off
Venezuela). In the geological past, more sluggish
circulation in the deep ocean or in shallow
epicontinental seas, accompanied by water column
stratification, was probably one of the main causes
leading to the deposition of massive organic-matter-
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Fig. 4.2 Schematic models for organic matter accumulation in sediments. A) Stagnant basin or Black Sea model (after
Demaison and Moore 1980 and Stein 1991); B) Productivity model (after Rullkétter et al. 1983). OM = Organic matter.
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Table 4.1 Terminology for regimes of low oxygen
Pearson (1991)

concentrations and the resulting biofacies according to Tyson and

Oxygen (ml/l) Environments Biofacies Physiological regime
8.0-2.0 Oxic Aerobic Normoxic
2.0-0.2 Dysoxic Dysaerobic Hypoxic
2.01.0 Moderate
1.0-0.5 Sewere
0.5-0.2 Extreme
0.2-0.0 Suboxic Quasi-anaerobic

0.0 (H,S) Anoxic Anaerobic Anoxic

rich rocks. A few examples are the Jurassic Posidonia
Shales or Kimmeridge Clays in northwestern Europe,
the Cretaceous black shales of the Atlantic Ocean and
other oceanic areas of the world, and the Pliocene to
Holocene sapropels of the Mediterranean Sea.
Stagnant oceanic bottom waters with a low
concentration or absence of oxygen (anoxia) for a long
time were considered the main prerequisite for the
accumulation of high amounts of organic matter in
sediments (Demaison and Moore 1980). More recently,
a controversy developed about two contrasting models
to explain the deposition of organic-matter-rich
sediments in the marine realm, either (1) by preservation
under anoxic conditions in a static situation or (2) by
high primary productivity in a dynamic system (Fig.
4.2; Pedersen and Calvert 1990, 1991; Demaison 1991).
The relative importance of these two dominant
controlling parameters is still being heavily debated,
although Stein (1986a) already conceived that either
one of these parameters could play a decisive role in
different oceanographic situations. Another parameter
brought into discussion more recently is the protective
role of organic matter adsorption on mineral surfaces
and its influence on organic matter accumulation in
marine sediments (Keil etal. 1994a, b; Mayer 1994, 1999;
2005; Ransom et al. 1998).
421 Productivity Versus Preservation
Recognition of the sensitivity of organic matter
toward oxidative destruction led to the idea that
the concentration of free oxygen in the water
column and particularly at the sediment/water
interface is the most important factor determining
the amount of organic matter that is incorporated
into sediments (e.g. Demaison and Moore 1980).
The stagnant basin or Black Sea model (Fig. 4.2A),
developed from this idea, is based on the obser-
vation that lack of replenishment of oxygen by
restricted circulation in the bottom part of larger

water bodies can lead to longer-term oxygen-
depleted (anoxic, suboxic; see Table 4.1 for
definition) conditions in the water column and at
the sediment/water interface. In the Black Sea
(exceeding 2000 m water depth in the center), this is
caused by the development of a very stable halo-
cline (preventing vertical mixing) at about 100 m to
150 m water depth. The surface layer is fed by
relatively light riverine freshwater from the conti-
nent, and denser saline deep water is flowing in at a
low rate from the Mediterranean Sea over the shal-
low Bosporus sill. Over time, oxidation of sinking
remnants of decayed organisms consumed all of
the free oxygen in the deeper water, which was not
effectively replenished by Mediterranean water.
Instead, the deep water in the Black Sea (like in
Lake Tanganyika, an analogous contempora-neous
example of a large stratified lake; Huc 1988)
contains hydrogen sulfide restricting life to anae-
robic microorganisms that are commonly thought to
degrade organic matter less rapidly than aerobic
bacteria, although there are also opposing views
(see, e.g., discussion by Kristensen et al. 1995;
Hulthe et al. 1998). Lack of intense organic matter
degradation under anoxic conditions would then
not necessarily require high surface water biopro-
ductivity for high organic carbon concentrations to
occur in the sediment.

The proponents of primary productivity as the
decisive factor controlling organic matter accumulation
(e.g. Calvert 1987; Pedersen and Calvert 1990; Bailey
1991) suggested that changes in primary productivity
with time in different areas of the world, induced by
climatic and related oceanographic changes, explain
the distribution of Cretaceous black shales and more
recent (Quaternary) organic-matter-rich sediments
better than the occurrence of anoxic conditions in
oceanic bottom waters. Reduced oxygen concentrations
in the water column, according to these authors, are a
consequence of large amounts of decaying biomass
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settling toward the ocean bottom and consuming the
dissolved oxygen.

The productivity model (Fig. 4.2B) is based on
high primary bioproductivity in the photic zone of
the ocean as it presently occurs in areas of coastal
upwelling primarily on the western continental
margins, along the equator and as a monsoon-driven
phenomenon in the Arabian Sea and along the Oman
and Somali coasts. Upwelling brings high amounts of
nutrients to the surface, which stimulate phyto-
planktonic growth (e.g. Suess and Thiede 1983;
Thiede and Suess 1983; Summerhayes et al. 1992). On
continental margins, the formation of oxygen-depleted
water masses (oxygen minimum zones) usually implies
that they impinge on the ocean bottom where they
create depositional conditions similar to those in a
stagnant basin. To which extent the reduction in
oxygen concentration at the sediment/water interface
enhances, or is required for, the preservation of
organic matter in the sediments, is the main subject of
debate between the proponents of the productivity
and the preservation models (e.g. Pedersen and
Calvert 1990, 1991; Demaison 1991). For the geological
past, e.g. the Cretaceous, it is also conceivable that
the equable climate on our planet led to a more
sluggish circulation of ocean water worldwide. The
lack of turnover in the water column may have caused
the development of anoxic bottom water conditions
in some parts of the ocean that may explain the
formation of Cretaceous black shales almost synchro-
nously in different areas (Sinninghe Damsté and
Koster 1998 and references therein). Also, trans-
gression as a consequence of eustatic sealevel rise
may have enhanced accumulation of organic matter
in shelf areas (Wenger and Baker 1986) whereas times
of regression may have promoted organic matter
accumulation in prograding delta fans in deeper water.
A detailed discussion of organic matter accumulation
in different oceanic settings, including deep marine
silled basins, progradational submarine fans, upwel-
ling areas, anoxic continental shelves and fluviodeltaic
systems was provided by Littke et al. (1997a).

2 Amary Podtion of fjnic
Mter and Eprt to the @an
Bttom

The total annual primary production by photosynthetic
planktonic organisms in the modern world oceans has
been estimated to be in the order of 30-50-10° tons of
carbon (Berger et al. 1989; Hedges and Keil 1995).
Oceanic carbon fixation is not evenly distributed, but
displays zones of higher activity on continental margins

128

(several hundred g Corgm'zyr']), whereas the central
ocean gyres are mostly characterized by low primary
production (about 25 g Corgm'zyr"; e.g. Romankevitch
1984; Berger 1989). Due to plate tectonics and the
variable distribution of land masses together with
climatic developments, the global amount and
distribution of organic matter production in the ocean
is likely to have undergone significant changes with
geological time.

Of the total biomass newly formed in the photic
zone of the ocean, only a very small portion reaches
the underlying seafloor and is ultimately buried in the
sediment (for reviews of water column processes see
Emerson and Hedges 1988; Wakeham and Lee 1989).
Most of the organic matter enters the biological food
web in the surface waters and is respired or used for
new heterotrophic biomass production. Because of this
intense recycling, it is difficult to determine the organic
matter flux at different levels of the photic zone.
Oceanographers and biogeochemists usually consider
only the flux of organic matter through the lower
boundary of the photic zone and term it ‘new’
production (Fig. 4.3). It equals 100 % of export
production (see below) and is not to be confused with
net photosynthesis which is gross photosynthesis
minus algal respiration. Below this boundary, the
content of organic matter in the water column decreases
due to consumption in the food web and to micro-
biological and chemical degradation as observed from
the analysis of material in sediment traps deployed at
different water depths.

The water depth-dependent flux is termed export
production (Fig. 4.3). Export production decreases
rapidly just below the photic zone. Then, there is mostly
a quasi-linear, slower decline at greater water depths
until the organic matter reaches the benthic boundary
(nepheloid) layer close to the sediment/water interface
where the activity of epibenthic organisms enhances
organic matter consumption again. This enhanced
consumption continues in the upper sediment layer
where burrowing organisms depend on the supply from
the water column. Organic matter degradation eventu-
ally extends deeply into the sediment pile as became
evident from the detection of a so-called deep bio-
sphere at several hundred meters below the seafloor
(e.g. Parkes et al. 1994). However, the rate of organic
matter degradation apparently decreases significantly
with increasing depth of burial. Overall, it is estimated
that only 1 to 0.01 % of the primary production is buried
deeply in marine sediments (cf. Fig. 12.1). The fraction
strongly depends on a number of parameters including
level of primary productivity, water depth, (probably)
oxygen content in the water column and surface
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sediments (the latter affects benthic activity), particle
size, adsorption to mineral surfaces and sediment
porosity.

Although the fraction of organic matter burried in
sediments is small relative to the amount produced by
photosynthesis in oceanic surface waters, empirical
relationships were derived from the analysis of
sedimentary organic matter to estimate oceanic
paleoproductivity (PaP [g C m?yr']) in the geological
past:

PaP = C-p(100-¢/100)/0.003-S°3 “4.1)
In this equation of Miiller and Suess (1979), the
Pleistocene paleoproductivity of the (oxic) ocean is
related to the organic carbon content of a sediment in
percent dry weight (C), the density of the dry sediment
(p; g em?), its porosity (¢; %) and the linear bulk

sedimentation rate (S; cm of total sediment per 1000 yr).
The exponential factor was obtained from calibration
with data from the present ocean. Because it was shown
later that the organic carbon accumulation rate is a
function of the carbon flux near the seafloor, which is
related to both productivity and water depth, Stein
(1986a, 1991) derived a more complex empirical
relationship using flux data of Betzer et al. (1984):

PaP = 5.31[C(pwg - 1.0260/100)]0-71-80.07-D045
42)

with p_ . being the wet bulk density of the sediment
and D the water depth. Values from this equation are
proportional, although numerically not identical, to the
results obtained from a third empirical relationship
developed by Sarnthein et al. (1987, 1988):
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Schematic representation of organic matter flux to the ocean bottom.
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PaP = [15.9C'S'p(1—(]))]0'66'83_(;'0'7"D0'32 (4.3)1
where S_ . is the organic-carbon-free linear bulk
sedimentation rate. Given the complexity of the
sedimentation and burial processes of organic matter,
the wide range of chemical and physical properties of
organic matter from different organisms and the effects
of organic matter alteration during diagenesis after
incorporation in the sediment, the equations can only
be considered rough estimates. It can be expected that
the investigation of more oceanic sediment profiles in
the future will result in further modification of the
equations (cf. also Sarnthein et al. 1992; Stein and
Macdonald 2005 and references therein). In particular,
the extent of mixing of autochthonous marine organic
matter with allochthonous organic matter from the
continents (see 4.2.5) is difficult to estimate. Stein
(1986a) used data from Rock-Eval pyrolysis, calibrated
by organic petrographic data from microscopic ana-
lysis, to derive the marine organic matter fraction of a
sediment from bulk pyrolysis measurements, but the
correlation displays substantial scatter and can only
be regarded a crude approximation.

Miiller and Suess (1979) applied their paleo-
productivity relationship (Eq. 4.1) to sediments from
the deep ocean off Northwest Africa. They found
that the Pleistocene interglacial periods had about
the same productivity as that measured in the
present-day ocean. It was three times higher during
glacial periods, probably due to a higher nutrient
supply by more intense mixing of water masses or
stronger coastal upwelling. The more sophisticated
Equation 4.3 of Sarnthein et al. (1987, 1988) yielded
essentially the same results for the last 500,000 years
as those from Equation 4.1. Typical Pleistocene
productivities in the upwelling area off Northwest
Africa ranged between 150 and 300 g Corgm'2yr'1,
whereas the values were 20 to 50 g Corgm’zyr’1 in the
central Atlantic Ocean (Stein et al., 1989).

The paleoproductivity equations above describe
the relationship between surface-water productivity
and organic carbon accumulation, specifically under
conditions of an oxic water column. A different rela-
tionship for anoxic depositional settings, suggested
by Bralower and Thierstein (1987), implies that at
least 2 % of the organic carbon in the gross photo-
synthetic production is preserved in the sediments:

' Numerical values in this equation were rounded be-

cause the author of this chapter believes that the
number of decimals in the original publication suggests
more accuracy than is both justified by, and required
for, this empirical estimative approach.
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PaP = 5C-S(pwg - 1.026¢/100) 4.4)
Stein (1986a) used this equation to calculate
paleoproductivity in the Mesozoic Atlantic Ocean.
Interpretation was considered preliminary due to the
difficulty of obtaining precise age information, and thus
sedimentation rate data, for the older and more com-
pacted Mesozoic sediments lean in microfossils. The
estimated productivity appeared to have been low off
Northwest Africa in the Jurassic, to have increased
during the Early Cretaceous and to have reached
maximum values similar to those today during Aptian-
Albian times (about 110 million years ago). Inter-
estingly, low paleoproductivity was calculated for the
time of deposition of black shales at the Cenomanian-
Turonian boundary (90 million years ago) indicating
that preservation may have played a more important
role for organic matter accumulation than productivity.
The empirical relationships for paleoproductivity
assessment illustrate how organic matter accumulation
is related to primary productivity through factors such
as organic carbon flux through the water column and
bulk sedimentation rate. In addition, there is evidence
that reduced oxygen concentrations in the water column
enhance organic matter preservation. Thus, organic-
carbon-rich sediments and sedimentary rocks are likely
to be formed by the mutually enhancing effects of
oxygen depletion (static or dynamic; anoxia), and
productivity. In view of this, it appears to be too restric-
tive to assign a single controlling factor (Pederson and
Calvert 1990). For example, an anoxic water column in
the Holocene Black Sea is in itself apparently not
sufficient to lead to black shale formation, whereas the
enhanced primary productivity in equatorial upwelling
areas is not reflected in a high organic carbon content
of the underlying sediments due to oxidation of the
sinking organic matter in the deep oxic waters below
the oxygen-minimum zone.
4.2.3 Transport of Organic Matter Through
the Water Column

The extent of degradation of particulate organic
matter as it sinks through the water column is influ-
enced by the residence time of organic matter particles
in the water column. A measure of vertical transport is
the sinking velocity (vs; m s), which for a spherical
particle follows Stokes’ law:

vs = [(p2 - pr)-g D180 43)
p, and p are the densities (g cm™) of the particle and
the water, respectively, g is the acceleration due to
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gravity (m s?), D is the particle diameter (cm) and 1 is
the dynamic viscosity (g cm's™). Representative travel
times of different idealized organic particles through a
water column of 1000 m cover a wide range (Table 4.2).
They reflect the effects of different densities and
diameters. Smaller, less dense particles clearly settle
very slowly.

The vastly different travel times of the particle
types range from hours to years. They would be only
slightly higher in saline ocean water. The density
values in the table imply some association of the
organic matter with mineral matter, either biogenic
calcareous or siliceous (plankton) frustules or detrital
mineral matter like clay. Pure organic matter would have
a lower density than water and not sink to the ocean
bottom at all. Densities, e.g., of coal macerals usually
vary between 1.1 and 1.7 g cm™ (van Krevelen 1961),
and zooplankton fecal pellets often contain more
mineral than organic matter. Degens and Ittekott (1987)
strongly favored the transfer of organic matter by fecal
pellets “which are jetted to the seafloor at velocities
of about 500 m day'.”” Mineral-poor algal particles may
have a very long residence time in the water column
and a high chance of being metabolized before reaching
the ocean floor. In deep oxic ocean water, the “fecal
pellet express” may be an important mechanism of
transporting marine organic matter to the seafloor.
Microscopic analysis often revealed that all of the labile
marine organic matter in such sediments occurred as
‘amorphous’ degraded material in rounded bodies
which were ascribed to fecal pellets (e.g. Rullkotter et
al. 1987). On the other hand, Plough et al. (1997)
measured rapid rates of mineralization of fecal pellets
(relative to their sinking time toward the seafloor). This

Table 4.2
1973, Littke et al. 1997a)

is consistent, however, with the observation that only
intact fecal pellets occur in deep-sea sediments (PK
Mukhopadhyay, personal communication 1987).
Obviously, lysis of fecal pellet walls leads to rapid
mineralization of the entire organic content, and only
those fecal pellets reach the seafloor and are embedded
in the sediment which escape this degradative process
in the water column.

Other than noted in Table 4.2, real sinking velocities
strongly depend on particle shape. For example, von
Engelhardt (1973) showed that the sinking velocity of
quartz grains of 10-100 um diameter is greater by a
factor of about one hundred than that of muscovite
plates of equal diameter. Most organic matter particles,
apart from fecal pellets, are not spherical or well
rounded and thus have a lower sinking velocity than
indicated in Table 4.2. The typical shape of terrigenous
organic particles in young open-marine sediments is
irregularly cylindrical with the longest axis being about
twice the length of the shortest axis (Littke et al. 1991a).
424 The Influence of Sedimentation Rate
on Organic Matter Burial

Miiller and Suess (1979) demonstrated the influence
of sedimentation rate on organic carbon accumu-
lation under oxic open-ocean conditions. They found
that the organic carbon content of marine sediments
increases by a factor of about two for every tenfold
increase in sedimentation rate. The underlying
mechanism was believed to be the more rapid removal
and protection of organic matter from oxic respiration
and benthic digestion at the sediment/water interface
by increasingly rapid burial (cf. Sect. 12.3.3). Also

Sinking velocity and travel time for spherical particles in nonturbulent freshwater (after von Engelhardt

Particle type

Sinking velocity Travel time

(m-s™") (1000 m water)

Large terrigenous organic m atter particle 1.6-107° 7.1 days

@ =100 ym, p = 1.3 g-cm™
Small terrigenous organic matter particle 1.6-107° 1.9 years

g =10pum,p =13 gecm™
Fecal pellet 1.6-10" 2 hours?

@ =1mm,p =13 g-cm'3
Quartz grain 8.7-107° 133 days

@ =10pum,p =2.6 gem™

@Measured travel times for real fecal pellets: 4-20 days/1000 m (JK Volkman, pers. com. 1998)
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Fig. 4.4 Correlation between marine organic carbon
content and sedimentation rate (after Stein 1986b,
1990). The distinction between fields A, A’ and B is based
on data derived from Recent to Miocene sediments
deposited in normal open-ocean environments (field A),
upwelling high-productivity areas (field A’) and anoxic
environments (field B).

conceivable, however, is that the relationship between
sedimentation rate and organic carbon content is based
on the protective effect of organic matter adsorption
on mineral (particularly clay) surfaces, so that organic
matter preservation increases with the increase of
mineral surface available for adsorption (Keil et al.
1994a, b; Mayer 1994,1999, 2005; Collins et al. 1995;
Ransom et al. 1998).

There is general agreement on the positive
relationship between sedimentation rate and organic
carbon content (e.g. Heath et al. 1977; Ibach 1982;
Stein 19864, b; Bralower and Thierstein 1987; Littke et
al. 1991b). However, in cases where biostratigraphy
provides accurate time control, it has been noted by
Tyson (1987) that deposition of marine sediments with
very high organic matter contents (petroleum source
rocks) often appears to be associated with low rather
than high sedimentation rates. Very high sedi-
mentation rates at some point may lead to low
organic matter concentrations in sediments due to
dilution even if much of the sinking organic matter
is preserved (Note difference between linear sedi-
mentation rate [cm kyr'] and sediment accumulation
rate [g cm?yr'], i.e. in a highly diluted sediment with
a moderate to low organic carbon content deposited
at a high linear bulk sedimentation rate, organic
matter accumulation (or preservation) with time may
still be high).
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According to Stein (1986b, 1990), the effects of oxic
and anoxic conditions on marine organic matter
preservation in oceanic sediments can be illustrated
by a simple diagram of sedimentation rate versus
organic carbon content (Fig. 4.4). Field A inside the
diagonal lines represents the sedimentation rate-
controlled accumulation of organic matter under open-
marine oxic conditions. The hatched area B indicates
anoxic or strongly oxygen-depleted conditions over a
wide range of sedimentation rates with low rates being
typical for stagnant basins like the Black Sea. The
shaded area A’, where areas A and B overlap at high
sedimentation rates and high organic carbon contents,
is typical of upwelling areas with high primary produc-
tivity on continental margins where the oxygen-
minimum zone impinges on the shelf and upper slope.
Strong dilution with mineral matter would place a
sediment to the right of area A. Interestingly, the highly
organic-matter-rich Atlantic Ocean black shales from a
so-called ‘world-wide anoxic event’ at the Ceno-
manian-Turonian boundary (about 90 million years ago;
see Herbin et al. 1986) all fall in the left part of area B,
i.e. they appear to have been deposited at low sedi-
mentation rates under anoxic conditions (Stein 1986b).
4.2.5 Allochthonous Organic Matter
in Marine Sediments

As schematically indicated in Fig. 4.2B, marine
sediments do not only accumulate organic matter from
the (mainly planktonic) productivity in the overlying
water column (autochthonous organic matter).
Allochthonous organic matter originates from two other
sources. One of them involves redeposition of marine
sediments after erosion, often from a nearby location.
Typical examples are contour currents along conti-
nental margins or downslope transport events on
(steep) continental margins. In these cases, sediment
initially deposited at shallow(er) water depth is eroded
by currents, mechanical instability (oversteepening),
earthquakes or other tectonic movements. The eroded
sediment is transported down the continental slope
and redeposited at a deeper location. This may occur
as a turbidity current by which sediment is suspended
in the near-bottom water column and then settles again.
This process often involves particle size fractionation,
i.e. at the new site the larger particles are deposited
first and become overlain by a sequence of progres-
sively finer particles (Bouma series). Alternatively, a
massive package of sediment material (slump) of
variable size, from very small to cubic kilometers, may
be redeposited as a whole, usually in a deep slope or
continental rise setting. The effect on the organic
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matter is different in these two cases. Turbidity currents
may expose the (fossil) organic matter to an oxygen-
rich water mass causing further degradation during
resettling. Compact slump masses may transport
significant amounts of labile organic matter from an
initial depositional setting, favorable for organic matter
preservation (e.g. in an oxygen-minimum zone), to an
oxygen-rich deep-water environment. There is no
enhanced mineralization in this case due to the
undisturbed embedding of organic matter in the
sediment matrix (cf., e.g., Cornford et al. 1979; Rullkétter
etal. 1982).

Redeposition may occur almost synsedimentarily,
i.e. the redeposited allochthonous sediment will differ
only very little in age from the underlying autoch-
thonous sediment. The organic matter content of both
may reflect more or less contemporaneous primary
productivity with the only exception that the remains
of shallow(er)-water species are relocated to a deep-
water environment. This may be more evident in the
mineral fossils than in the organic matter assemblage,
however. Alternatively, redeposition may occur a long
time after initial sedimentation took place. Deep-sea
drilling on the Northwest African continental margin,
for example, has recovered extended Miocene sediment
series which evidently contained slumps a few
centimeters to several meters thick and of various age,
from Tertiary to Middle Cretaceous (von Rad et al. 1979;
Hinz et al. 1984). Investigation of the organic matter on
a molecular level clearly demonstrated the corres-
pondence between slump clasts embedded in the
Lower Miocene sequence and underlying autoch-
thonous Cenomanian series, whereas paleontological
analysis showed a difference between outer shelf/upper
slope species in the slumps and pelagic species in the
autochthonous Cenomanian sediment (Rullkétter et al.
1984).

The second main source of allochthonous organic
matter in marine sediments are the continents. Wind,
rivers and glaciers transport large amounts of land-
derived organic matter into the ocean (e.g.
Romankevitch 1984; Hedges and Keil 1995; Hedges et
al. 1997). Again, two principal types of organic matter
have to be distinguished: (1) fresh or (in geological
terms) recently biosynthesized land plant material and
(2) organic matter contained in older sediments that
were weathered and eroded on the continent in areas
ranging from mountains to coastal swamps. Organic
matter in older sedimentary rocks that are being eroded
may have had an extended history of geothermal
heating at great burial depth into the stages of oil or
bituminous coal formation and beyond. This organic
matter carries a distinct signal of geochemical matu-

ration that can easily be detected by bulk (e.g. atomic
composition, pyrolysis yields, vitrinite reflectance; see
Tissot and Welte 1984) and molecular geochemical
parameters (e.g. compound ratios of specific geoche-
mical fossils or biomarkers; see Peters et al. 2005). Due
to its advanced level of diagenetic alteration, even peat
can be distinguished from fresh organic matter in
marine sediments. Only when sediments have been
buried to a depth corresponding to the temperature
which the eroded organic matter earlier experienced do
both fresh and prematured organic matter continue
diagenesis or maturation at the same rate. Geochemical
reactions are virtually stopped (i.e. reaction rates
become very low) as soon as sediments (and their
organic matter contents) in the course of tectonic uplift
are cooled to a temperature of about 15° C lower than
their previous maximum temperature. During transport
to the ocean, oxidation of organic matter eroded on
land —and of terrestrial organic matter in general — has
an effect similar to maturation. The product is a highly
refractory, inert material , which in organic petrography
is termed inertinite and which is easily recognizable
under the microscope by its high reflectance (see
Taylor etal. 1998 for details). Nevertheless, a substantial
fraction of the terrigenous organic matter is reactive
and metabolizable in the ocean (Hedges et al. 1997).

Wind-driven dust and aerosols carry terrigenous
organic matter over long distances into the oceans and
are estimated to contribute a total annual amount of
3.2:10%t carbon each year (Romankevitch 1984). Entire
organoclasts, like pollen and spores, are blown offshore
as are lipids from the waxy coatings of plant cuticles
adsorbed to mineral grains (e.g. Rommerskirchen et al.
2003 and references therein). This wind-blown terrestrial
material may comprise the bulk of the organic matter in
open-ocean sediments where very little of the primary
marine organic matter reaches the deep ocean floor.
The higher resistance of terrestrial organic matter
toward oxidation has been invoked to explain this
selective enrichment. Summerhayes (1981) estimated
that most organic-matter-rich sediments in the Atlantic
Ocean, including the Cretaceous and Jurassic black
shales, contain a ‘background level’ of 1 % terrestrial
organic matter in total dry sediment.

Not all of this terrigenous material is brought into
the ocean by winds. The most important contributors
are the rivers draining into the ocean. Each year rivers
transport approximately 0.4-10° t of dissolved and
particulate organic carbon from continents to oceans
(Schlesinger and Melack 1981). About 60 % of the river
run-off derives from forested catchments, and the ratio of
the contribution of tropical to temperate and boreal forests
is about two to one (Schlesinger and Melack 1981). Much
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of the organic matter discharged by rivers appears
to be soil-derived (Meybeck 1982; Hedges et al.
19864, b) and highly degraded (Ittekott 1988; Hedges
etal. 1994).

4.3 Early Diagenesis

4.31 The Organic Carbon Content

of Marine Sediments

The content of organic carbon in marine surface
sediments from different environments of the present-
day oceans varies over several orders of magnitude
depending on the extent of supply of organic matter,
preservation conditions and dilution by mineral matter.
The results of organic carbon measurements are
usually expressed as TOC (total organic carbon) or
Coe values in percent of dry sediment. Romankevich
(1984) compiled data from a great number of analyses
of ocean bottom sediments by various authors and
from all over the world. The TOC values range from
0.01 % tomore than 10 % C__ ina few cases. A statistical
evaluation of data from the early phase of deep-sea
drilling (Deep Sea Drilling Project Legs 1-31) showed

deep-sea sediments to have a mean organic carbon
content of 0.3 %, with a median value of 0.1 % (Mclver
1975). However, the range of samples was certainly not
representative, and the organic carbon contents are
probably biased toward higher values. For example, in
the vast abyssal plains and other deep-water regions
far away from the continents, an organic carbon content
as high as 0.05 % is the exception rather than the rule.

In contrast to this, nearshore sediments on conti-
nental shelves and slopes usually have considerably
higher organic carbon contents. Typical hemipelagic
sediments on outer shelves and continental slopes
range between 0.3 and 1 % Coer Sediments within the
oxygen-minimum zone of upwelling areas contain
several percent of organic carbon with exceptional
values exceeding 10 % Coe where upwelling is very
intense, e.g. off Peru and southwest Africa, and where
the oxygen-minimum zone extends into the shallow
waters of the shelf. Still, generalizations are difficult to
make because sedimentation conditions are highly
variable in space.

Generalizations are also difficult to make with respect
to variation of organic carbon content with time. For
long periods of the geological record the present-day
conditions of organic carbon burial can be projected
to the past. There were times, however, mostly relatively

Organic carbon content
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Fig. 4.5 Three independent approaches used to quantify organic matter degradation in anoxic coastal sediments: (A)

carbon budget based on measurement of recycled (J,,; CO,
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and methane) and calculation of buried (J,,) carbon fluxes;

(B) kinetic modeling of the concentration/depth distribution of organic carbon (G; G, and G_ are organic carbon
contents at the top and the bottom of the studied depth interval, respectively); (C) calculated organic carbon
remineralization based on modeled or measured rates of sulfate reduction and methanogenesis (CH,O stands for organic

matter) (after Martens and Klump 1984).
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short and often termed an event, when high amounts
of organic matter were preserved, not only in shallow
epicontinental seas, but also in deep-sea sediments.
Examples are the Jurassic and particularly Cretaceous
black shales of the Atlantic and Pacific Oceans with
extreme organic carbon contents of 20-30 % and more
(e.g. Herbin et al. 1986; Dumitrescu and Brassell 2005).
Specific oceanographic conditions prevailed during the
younger geological past in semi-enclosed basins like
the Mediterranean Sea. Plio-Pleistocene sapropels in
the eastern Mediterranean Sea were deposited at
regular time intervals due to climatic changes induced
by orbital forces, in this case the 23,000 year cycle of
precession of the Earth’s axis. Some of the Mediter-
ranean sapropels, recovered during Leg 160 of the
international Ocean Drilling Program, yielded more than
30%C,, (Emeis et al. 1996).

The range of organic carbon contents in sediments
and the associated variation in conditions for organic
matter preservation imply that the amount of biogenic
information incorporated in sediments as organic matter
may vary drastically. In the same way, the extent to
which the preserved organic matter is representative
of the ecosystem in the water column above, may be
vastly different. It is not surprising then that organic
geochemists have preferentially investigated sediments
with high organic carbon contents particularly when
emphasis was on the formation of fossils fuels
(petroleum or natural gas) or on molecular organic
geochemical analysis which — at least in its early days
—required relatively large amounts of material. It has to
be kept in mind that this bias has certainly also
influenced the choice of examples given throughout
this chapter, although attempts are made to contrast
case studies representing different environmental
conditions in the oceanic realm.

Within a sediment, the organic carbon content
decreases with increasing depth due to mostly
microbiological remineralization, but possibly also due
to abiological oxidation, during early (and later)
diagenesis. The entire process takes place in a complex
redox system where organic matter is the electron donor
and a variety of substrates are electron acceptors. In
other words, whenever organic matter is destroyed or
altered by oxidation, a reaction partner has to be
reduced. In an extended investigation of the biogeo-
chemical cycling in an organic-matter-rich coastal
marine basin, Martens and Klump (1984) schematically
illustrated three independent approaches to quantify
organic matter degradation in sediments with anoxic
surface layers (Fig. 4.5). These involve (a) a mass
balance of incoming, recycled and buried carbon fluxes,
(b) kinetic modeling of the concentration/depth

distribution of organic carbon and (c) measurement of
degradation rates in the sediment column. The redox
zones in the example given in Fig. 4.5 are restricted to a
depositional environment with anoxic surface sediment
and comprise only sulfate reduction and methano-
genesis. In the case of oxic conditions in the upper
sediment layer, there would be additional oxygen,
nitrate, Mn(I'V) and Fe(III) reduction zones (Froelich et
al. 1979; cf. also Fig. 4.6, where these zones are
indicated, and Chap. 5).

Martens et al. (1992) applied the approaches in Fig.
4.5 to study the composition and fate of organic matter
in coastal sediments of Cape Lookout Bight®. In
separate studies it had previously been established
that organic matter was mostly supplied from back-
barrier island lagoons and marshes landward of the
bight at a steady rate. Furthermore, the organic matter
was extensively physically and biologically recycled
in the lagoon before it ultimately accumulated in the
sediments. Thus, systematic downcore decreases in
amount of labile organic matter had to result from early
diagenesis rather than variations of supply. The authors
tried to answer the question of what fraction of the
incoming particulate organic carbon (POC) is remine-
ralized during early diagenesis under the conditions
described by solving the simple mass balance equa-
tion.

POC input = POC remineralized + POC buried
(4.6)

In their experience it has proven easiest to measure
fluxes resulting from POC remineralization and burial
and then to calculate POC input by adding these fluxes
together. Numerical values of the fluxes are given in
Figure 4.6. In this model, the incoming POC is either
remineralized to CO,, CH, and DOC (dissolved organic
carbon) or buried. The CO,, CH, and DOC produced
during remineralization are either lost to the water
column via sediment-water chemical exchange or buried
as carbonate and dissolved components of sediment
pore waters. Using ?'’Pb-based sedimentation rates, the
POC burial rate was found to be 117+19 mol C m?yr".
Sediment-water chemical exchange accounts for losses
0f40.6+6.6 mol C m?yr as CO,, CH, and DOC, whereas
7.0+1.1 mol C m?yr' of these species, including

2 Cape Lookout Bight (North Carolina, U.S.A.) is an
“end member” environment with respect to sedimenta-
tion rate (10 cm per year!), organic matter composi-
tion, domination of anoxic degradation processes and
direct ebullition of methane gas, i.e. not typical for
present-day open-ocean marine sediments.
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Carbon Cycle in Cape Lookout Bight
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Fig. 4.6 Fluxes of carbon associated with organic matter supply, degradation and burial in Cape Lookout Bight
sediments. The unit of all numerical flux values is moles C m?yr! (after Martens et al. 1992).

carbonate formed from CO,, are buried (Fig. 4.6). The
dissolved sediment-water exchange and burial fluxes
sum to a total POC remineralization rate of 47.6+5.7 mol
C m?2yr'. When this value is added to the POC burial
rate, a total POC input of 165420 mol C m?yr! can be
calculated from equation 4.6. From this result it follows
that 29+5 % of the incoming POC is remineralized as an
average over the first about ten years after sedimen-
tation in Cape Lookout Bight.

Using a similar approach, Alperin et al. (1992)
determined the POC remineralization rate for sediments
of Skan Bay, Alaska, a pristine embayment with oxygen-
depleted bottom water (<0.4 ml O/l water) and sulfidic
surface sediments and with a shallow sill limiting
advection of oxygen-rich water from the Bering Sea.
Total sediment remineralization rate was calculated by
three independent approaches: (1) the difference
between POC deposition and preservation; (2) the
quantity of carbon recycled to the water column and
buried at depth; (3) depth-integrated rates of bacterial
metabolism. The budget indicates that 8443 % of the
organic carbon deposited is remineralized in the upper
meter of the sediment column representing approxi-
mately 100 years. A steady state is nearly reached,
however, at a depth of about 70 cm, i.e. remineralization
is already very slow after approximately 70 years of
burial in Skan Bay. The initial content of more than 9 %
organic carbon at the sediment surface dropped to less
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than 2 % of dry sediment at 0.7 to 1 m depth and most
of that would survive deeper burial.

A third case study of organic carbon recycling and
preservation in coastal environments, including a
comprehensive budget of inorganic reactants and
products, is from the Aarhus Bay (Denmark), a shallow
embayment in the Kattegat that connects the North
Sea with the Baltic Sea (Fig. 4.7; Jorgensen 1996).
The bulk annual sedimentation rate in Aarhus Bay is
about 2 mm yr'. Photosynthesis is in the upper
mesotrophic range and annually produces organic
matter corresponding to 21.8 mol C m™yr'. Plank-
tonic oxygen respiration corresponds to minera-
lization of 68 % of the primary productivity and 32%
sedimentation, whereas direct sediment trap
measurements accounted for 45% deposition. Of
these 9.9 mol C m?2yr, about 2.2 mol C m?yr' are
buried below the bioturbated zone. Metabolization in
the sediment mainly occurs by oxygen and sulfate as
electron acceptors, whereas nitrate, Mn(IV) and Fe(III)
play a subordinate role. Methanogenesis was not
included in the study of the carbon budget because
only the water column and the shallow surface sediment
were studied.

The three case studies show that organic matter
preservation and, thus, organic carbon contents
strongly depend on the specific local environmental
conditions. The extent of remineralization in these three
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cases ranges from about 30 to 85 % in the upper
sediment layers comprising, however, different time
ranges. They correspond to the range quoted for
continental shelf and estuarine sediments (20 to 90 %)
by Henrichs and Reeburgh (1987). Apparently, organic
carbon flux, bulk sedimentation rate, water depth,
oxygen concentration in the bottom water and related
extent of bioturbation of surface sediments all have an
influence on the intensity of organic matter remine-
ralization during early diagenesis and on how much
organic matter is buried to a sediment depth where
further remineralization only proceeds very slowly.
Only that organic matter fraction can be considered to
become fossilized in a strict sense and to enter the
geological organic carbon cycle.

Methanogenesis

As indicated in Figure 4.6, the last step in the sedi-
mentary metabolic pathway is methanogenesis. The
formation of methane at a depth level, where all sulfate
has been consumed, involves a group of strictly anae-
robic archaea, collectively called methanogens. They
use a small number of different low-molecular-weight
substances for the biosynthesis of methane which,
together with elemental hydrogen, in turn are formed

by bacterial fermentation from more complex organic
substances during early diagenesis. The terminal
electron acceptor in methanogenesis is carbon. The
most prominent pathways are the reduction of carbon
dioxide with molecular hydrogen and the transformation
of acetic acid into methane and carbon dioxide (Eq.
4.7), although formic acid or methanol may be used as
substrates as well.

CO,+4H, » CH,+2H,0
CH,COOH — CH, +CO, 4.7)

Methanogenesis is widespread in the marine
environment, particularly on continental margins or in
stagnant basins, where sufficient organic matter is
deposited so that anoxic conditions occur at shallow
depth below the seafloor (e.g. D’Hondt et al. 2002).
The amounts of methane formed can be enormous in
certain areas. Under suitable conditions of low
temperature and high pressure this biogenic methane
and pore water may form a solid, ice-like substance
called methane clathrate or, more generally, gas hydrate
(see Chap. 14). Another important process which is
related to methanogenesis and of which many micro-
biological and biogeochemical details have only been
revealed in recent years and still are being investigated,
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Fig. 4.7 Summary of fluxes and process rates measured in Aarhus Bay between May 1990 and May 1991. Numbers in
parentheses were derived by difference while the others are based on independent rate measurements and calculations.

Unit are given in mol m?2yr' for each component. DIN
nitrogen (after Jorgensen 1996).
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dissolved organic
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is the anaerobic methane oxidation by consortia of
archaea and sulfate-reducing bacteria, formally the
reverse of methanogenesis (AOM; see Chap. 8).
4.3.2 Chemical Composition of Biomass
Apart from considering the fate of bulk organic matter
(or organic carbon) during diagenesis, organic geo-
chemistry has developed a more sophisticated under-
standing of diagenetic organic matter transformation
down to the molecular level. Fundamental to this
understanding is a comparison of the organic consti-
tuents of geological samples with the inventory of
extant organisms. This was, and still partly is, hampered
by the limited knowledge of the natural product
chemistry particularly of unicellular marine algae,
protozoans and bacteria.

The simplest way of describing the chemical nature
of biomass is by its elemental composition. For marine
phytoplankton as primary producers a relationship was
found to the nutrients available in seawater which led
to the definition of the Redfield ratio as C:N:P=106:16:1
(Redfield et al. 1963). Derived from this is an average
molecular formula of phytoplankton organic matter
related to the general process of phytosynthesis (of
which the reverse signifies remineralization):

106 CO, + 106 HyO + 16 NH; + HyPO, —
(CH,0),06(NH3);sH3PO4 + 106 O,

4.8)

The formula of the organic matter product is often
reduced to the summary version of C, H, .N, O, P. It
has no real chemical meaning in terms of molecular
structure because it contains more hydrogen than the
bonds of all the other atoms can account for. The
reason is that the generalized average formula (i.e. the
product in Eq. 4.8) is just the sum of separate neutral
molecules which are involved in biosynthesis of
organic matter. The formation of a molecular structure
requires the formal loss of a number of molecules of
water for condensation. Whereas the formula does not
represent the correct elemental organic matter compo-
sition of marine phytoplankton, at least not for
hydrogen and oxygen, it has to be kept in mind that it
is a crude generalisation in itself. It would certainly
vary with nutrient conditions and planktonic species
as has been observed, e.g., by Takahasi et al. (1985) in
a study of plankton biomass from the Atlantic and
Indian Oceans which resulted in a modified Redfield
ratio of 122(£18) : 16 : 1. There are quite a number of
more recent studies that confirm this kind of deviation
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from the Redfield ratio or extend the ratio by inclusion
of trace metals (e.g. Leonardos and Geider 2004; Ho et
al. 2003; cf. also Chap. 6).

Food chain and early diagenetic processes change
the initial elemental composition drastically. Organic
matter in sediments relative to the primary producers is
enriched particularly in carbon and hydrogen, whereas
it is depleted in oxygen (but the degree depends on the
extent of oxidation of sedimentary organic matter),
nitrogen and phosphorus. Depletion in phosphorus is
due to the facile hydrolytic cleavage of bound
phosphate groups. Loss of nitrogen occurs by prefe-
rential degradation of organic nitrogen compounds as
discussed later (see Sect. 4.4 for a discussion of C/N
ratios). Sulfur, not originally included in the general
formula, would be equal to or less in content than
phosphorus. The enrichment of sulfur in fossil organic
matter is, however, not due to a relative enrichment in
the course of preferential loss of other elements (as is
the case for C and H). Sulfur enrichment rather is a
consequence of diagenetic incorporation of reduced
inorganic sulfur species (like HS- or corresponding
polysulfides) which are formed from seawater sulfate
by sulfate-reducing microorganisms in shallow
sediments under anoxic conditions (see Chap. 8).

On the next higher level, the chemical composition
of living organisms in the biosphere, despite their
diversity, can be confined to a limited number of
principal compound classes. Their proportions vary in
the different groups of organisms as is evident from
the estimates of Romankevitch (1984) for a few types
of marine organisms (Table 4.3). Also, within the groups
the compound class composition is highly variable
(Table 4.4). It may even depend on the growth stage
for a single species. The compound classes in turn
comprise a very large number of single compounds
with different individual chemical structures, although
enzymatic systems limit the potential chemical diversity
(that is why there are chemical biomarkers of taxonomic
significance). Many of the compound classes are also
represented in fossil organic matter, although not in
the same proportions as they occur in the biosphere
because of their different stabilities toward degradation
and modification of original structures during
sedimentation and diagenesis.

Nucleic Acids and Proteins

Nucleic acids, as ribonucleic acids (RNA) or desoxy-
ribonucleic acids (DNA), are biological macromolecules
carrying genetic information. They consist of a regular
sequence of phosphate, sugar (pentose) and a small
variety of base units, i.e. nitrogen-bearing heterocyclic
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compounds of the purine or pyrimidine type. During
biosynthesis, the genetic information is transcribed into
sequences of amino acids, which occur as peptides,
proteins or enzymes in the living cell. These
macromolecules vary widely in the number of amino
acids and thus in molecular weight. They account for
most of the nitrogen-bearing compounds in the cell
and serve in such different functions as catalysis of
biochemical reactions and formation of skeletal
structures (e.g. shells, fibers, muscles).

During sedimentation of decayed organisms,
nucleic acids and proteins are readily hydrolyzed
chemically or enzymatically into smaller, water-soluble
units. Refined analytical techniques, however, allow
traces of DNA in sedimentary sequences, in combi-
nation with lipids, to be used to trace changes in phyto-
planktonic populations with geological time (e.g.
Coolen et al. 2004). Amino acids occur in rapidly
decreasing concentrations in recent and subrecent
sediments, but may also survive in small concentrations
in older sediments, particularly if they are protected,
e.g., by the calcareous frustules or shells of marine
organisms. Nitrogen-bearing aromatic organic com-
pounds in sediments and crude oils may relate to the
purine and pyrimidine bases in nucleic acids, but this
awaits unequivocal confirmation. A certain fraction of
the nucleic acids and proteins reaching the sediment
surface may be bound into the macromolecular organic
matter network (humic substances, kerogen) of the
sediments and there become protected against further
rapid hydrolysis. Experiments in the laboratory have
shown that kerogen-like material (melanoidins) can be
obtained by heating amino acids with sugar.

Saccharides, Lignin, Cutin, Suberin

Sugars are polyhydroxylated hydrocarbons that
together with their polymeric forms (oligosaccharides,
polysaccharides) constitute an abundant proportion
of the biological material, particularly in the plant
kingdom. Polysaccharides occur as supporting units
in skeletal tissues (cellulose, pectin, chitin) or serve as
an energy depot, for example, in seeds (starch).
Although polysaccharides are largely insoluble in
water, they are easily converted to soluble C, (pentoses)
and C, sugars (hexoses) by hydrolysis and, thus, in
the sedimentary environment will have a short-term
fate similar to that of the proteins.

Lignin is a structural component of plant tissues
where it occurs as a three-dimensional network together
with cellulose. Lignin is a macromolecular condensation
product of three different propenyl (C,-substituted)
phenols (one type of few biogenic aromatic
compounds). It is preserved, even during transport from
land to ocean and during sedimentation to the seafloor
where it occurs predominantly in humic organic matter
of deltaic environments.

Cutin and suberin are lipid biopolymers of vari-
able composition which are part of the protective
outer coatings of all higher plants. Chemically, cutin
and suberin are closely related polyesters com-
posed of long-chain fatty and hydroxy fatty acid
monomers. Both types of biopolymers represent
labile, easily metabolizable terrigenous organic
matter because they are sensitive to hydrolysis.
After sedimentation, they have only a moderate pre-
servation potential.

Table 4.3 Biochemical com- Organism Proteins (%) Carbohydrates (%) Lipids (%) Ash (%)
position of marine organ- Phytoplankton 30 20 5 45
isms (after Romankevitch Phytobenthos 15 60 05 25
1984). Zooplankton 60 15 15 10
Zoobenthos 27 8 3 62
Table 4.4 The main che- Organism Proteins (%) Carbohydrates (%) Lipids (%) Ash (%)
filr‘;al ronsiuen's Of;rj;; Diatoms 24-48 0-31 2-10 30-59
of dry weight (afier Krey ~ Dinoflagellates — 41-48 6-36 2-6 12-77
1970). Copepods 71-77 0-4 5-19 4-6
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Insoluble, Nonhydrolyzable Highly Aliphatic
Biopolymers

Insoluble, nonhydrolyzable aliphatic biopolymers were
discovered in algae and higher plant cell walls as well
as in their fossil remnants in sediments (see de Leeuw
and Largeau 1993; van Bergen et al. 2004 for overviews).
These substances are called algaenan, cutan or suberan
according to their origin or co-occurrence with cutin
and suberin in extant organisms. They consist of
aliphatic polyester chains cross-linked with ether
bridges (Blokker et al. 1998, 2000) which render them
very stable toward degradation. Pyrolysis and other
rigorous methods are needed to decompose these
highly aliphatic biopolymers. This explains why they
are preferentially preserved in sediments.

Monomeric lipids

Biologically produced compounds that are insoluble
in water but soluble in organic solvents such as
chloroform, ether or acetone are called lipids. In a wider
sense, these also include membrane components and
certain pigments. They are common in naturally occur-
ring fats, waxes, resins and essential oils. The low water
solubility of the lipids derives from their hydrocarbon-
like structures which are responsible for their higher
survival rates during sedimentation compared to other
biogenic compound classes like amino acids or sugars.

Various saturated and unsaturated fatty acids are
the lipid components bound to glycerol in the
triglyceride esters of fats (see Fig. 4.8 for examples of
chemical structures of lipid molecules). Cell membranes
consist to a large extent of fatty acid diglycerides with
the third hydroxyl group of glycerol bound to phos-
phate or another hydrophilic group. In waxes, fatty
acids are esterified with long-chain alcohols instead of
glycerol. Plant waxes contain unbranched, long-chain
saturated hydrocarbons (n-alkanes) with a
predominance of odd carbon numbers (e.g. C,, C,,
C,)) in contrast to the acids and alcohols which show
an even-carbon-number predominance.

Isoprene (2-methylbuta-1,3-diene), a branched
diunsaturated C, hydrocarbon, is the building block of
a large family of open-chain and cyclic isoprenoids
and terpenoids (Fig. 4.8). Essential oils of higher plants
are enriched in monoterpenes (C, ) with two isoprene
units. Farnesol, an unsaturated C,; alcohol, is an
example of a sesquiterpene with three isoprene units.
The acyclic diterpene phytol is probably the most
abundant isoprenoid on Earth. It occurs esterified to
chlorophyll a and some bacteriochlorophylls and is,
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thus, widely distributed in the green pigments of aquatic
and subaerial plants. Sesterterpenes (C,,) are of
relatively minor importance except in some methano-
genic bacteria (cf. Volkman and Maxwell 1986).

Cyclization of squalene (or its epoxide) is the bio-
chemical pathway to the formation of a variety of
pentacyclic triterpenes (C, ) consisting of six isoprene
units. Triterpenoids of the oleanane, ursane, lupane
and other less common types are restricted to higher
plants, and in exceptional cases may dominate the
extractable organic constituents of deep-sea sediments
like in Baffin Bay (ten Haven et al. 1992). The geo-
chemically most important and widespread triterpenes
are from the hopane series, like diploptene which
occurs in ferns, cyanobacteria and other eubacteria.
The predominant source of hopanoids are bacterial cell
membranes, however, which contain bacterioho-
panetetrol (and closely related molecular species) as
rigidifiers. This C,; compound has a sugar moiety
attached to the triterpane skeleton via a carbon-carbon
bond (Fig. 4.8). The widespread distribution of bacteria
on Earth through time makes the hopanoids ubiquitous
constituents of all organic-matter assemblages (Rohmer
etal. 1992).

Steroids are tetracyclic compounds that are also
biochemically derived from squalene epoxide
cyclization, but have lost, in most cases, up to three
methyl groups. Cholesterol (C,.) is the most important
sterol of animals and occurs in some plants as well.
Higher plants frequently contain C,, sterols (e.g.
sitosterol) as the most abundant compound of this
group. Steroids together with terpenoids are typical
examples of biological markers (chemical fossils)
because they contain a high degree of structural
information that is retained in the carbon skeleton after
sedimentation (e.g. Poynter and Eglinton 1991; Peters
etal. 2005) and often provides a chemotaxonomic link
between the sedimentary organic matter and the
precursor organisms in the biosphere.

Carotenoids, red and yellow pigments of algae and
land plants, are the most important representatives of
the tetraterpenes (C, ). Due to their extended chain of
conjugated double bonds (e.g. B-carotene; Fig. 4.8)
they are labile in most depositional environments and
are found widespread but in low concentrations in
marine surface sediments. Aromatization probably is
one of the dominating diagenetic pathways in the
alteration of the original structure of carotenoids in the
sediment. Diagenetic intermolecular cross-linking by
sulfur bridges may preserve the carotenoid carbon
skeletons to a certain extent.

A second pigment type of geochemical significance
are the chlorophylls and their derivatives that during
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diagenesis are converted into the fully aromatized
porphyrins. Most porphyrins in sediments and crude oils
are derived from the green plant pigment chlorophyll a
and from bacteriochlorophylls.

4.3.3 The Principle of Selective
Preservation

Organic compounds and compound classes differ in
their potential to be preserved in sediments and to sur-
vive early diagenesis. As a general rule, water-soluble
organic compounds, or organic macromolecules, which
are easily hydrolyzed to water-soluble monomers, have
a low preservation potential. In contrast to this,
compounds with a low solubility in water such as lipids
and hydrolysis-resistant macromolecules are selec-
tively enriched in the sedimentary organic matter. Table
4.5 is a compilation of the source and preservation
potential of some common organic compound types. It
is based on anticipated chemical stabilities related to

structures, reported biodegradability and reported
presence in the geosphere, but not on mechanisms of
preservation such as mechanical protection or
bacteriostatic activities of certain chemicals in the
(paleo)environment (de Leeuw and Largeau 1993).
The near-surface sediment layers represent the
transition zone where biological organic matter is
transformed into fossil organic matter. There are two
slightly differing views about the nature of this process.
The classical view (Fig. 4.9; Tissot and Welte 1984)
implies that biopolymers are (mainly) enzymatically
degraded into the corresponding biomonomers. The
monomers then are either used by sediment bacteria
and archaea to synthesize their own biomass or as a
source of energy. Alternatively, they may randomly
recombine by condensation or polymerization to
geomacromolecules (see Sect. 4.3.4). The discovery of
nonhydrolyzable, highly aliphatic biopolymers in
extant organisms and geological samples has led to a
reappraisal of the processes involved in the formation

or:?nﬁlzs;d profeins Lipids
biopolymers Polysaccharides
Biological
carbon cycle
Microbial
biomass
Individual Amino acids [__—"
monomers Sugars TN
Energy source
for microorganisms
Random Mineralization
polymerization Preserved
and condensation with minor
alteration
Heterogeneous Fulvic acids
random Humic acids
geopolymers Humin

y Geochemical
Kerogen fossils
Fig. 4.9 From biomass to geomacromolecules - a summary of the classical view of processes involved in the

transformation of biogenic organic matter into kerogen and geochemical fossils (after Tissot and Welte 1984).
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of geomacromolecules (Tegelaar et al. 1989; de Leeuw
and Largeau 1993). In a scheme modified from that of
Tissot and Welte (1984), more emphasis is placed on
the selective preservation of biopolymers (Fig. 4.10).
This means that the role of consecutive and random
polymerisation and polycondensation reactions of
biomonomers formed by hydrolysis or other degra-
dative pathways may be less important than previously
thought. Support to this view is given by the detection
of the close morphological relationship between some
fossil ‘ultralaminae’ and the thin resistant outer cell
walls of green microalgae (Largeau et al. 1990).

To complete the modified view of geomacromo-
lecule formation, the process of ‘natural vulcanisation’
(Fig. 4.10) has been proposed to play a major role under
suitable conditions (e.g. Sinninghe Damsté et al. 1989a,
1990; de Leeuw and Sinninghe Damsté 1990). Many
marine sediments contain high-molecular-weight

Table 4.5

organic sulfur substances that are thought to be derived
from intermolecular incorporation of inorganic sulfur
species (HS-, polysulfides) into functionalized lipids
during early diagenesis. This requires the reduction of
seawater sulfate by sulfate-reducing microorganisms
under anoxic conditions (see Chap. 8). Sulfur
incorporation into organic matter is further enhanced
in depositional systems that are iron-limited, i.e.
organosulfur compounds are particularly abundant in
areas that receive little continental detritus with clays
enriched in iron and where instead biogenic carbonate
or opal is the dominant mineral component of the
sediment.

As a consequence of the discussion of organo-
mineral interaction for the preservation of organic
matter in sediments (see Sect. 4.2), Collins et al. (1995)
raised the question if sorption of organic matter on
mineral surfaces did not lead to a rebirth of the classical

Inventory of selected biomacromolecules, their occurrence in extant organisms, and their potential for

survival during sedimentation and diagenesis (after Tegelaar et al. 1989 and de Leeuw and Largeau 1993; see there for

chemical structures). The ‘preservation potential’

ranges

from - (extensive degradation under all depositional

conditions) to ++++ (little degradation under any depositional conditions).

Biomacromolecules Occurrence

‘Preservation potential’

Starch Vascular plants; some algae; bacteria -
Glycogen Animals -
Poly-B-hydroxyalkanoates Eubacteria -
Cellulose Vascular plants; some fungi -+
Xylans Vascular plants; some algae -+
Galactans Vascular plants; algae -+
Gums Vascular plants +
Alginic acids Brown algae -+
Dextrans Eubacteria; fungi +
Xanthans Eubacteria +
Chitin Arthropods; copepods; crustacea; fungi; algae +
Proteins All organisms -+
Mureins Eubacteria +
Teichoic acids Eubacteria +
Bacterial lipopolysaccharides  Gram-positive eubacteria ++
DNA, RNA All organisms -
Glycolipids Plants; algae; eubacteria +/++
Polyisoprenoids (rubber, gutta) Vascular plants +
Polyprenols and dolichols Vascular plants; bacteria; animals +
Resinous polyterpenoids Vascular plants +/++
Cutins, suberins Vascular plants +/++
Lignins Vascular plants ++++
Sporopollenins Vascular plants +++
Algaenans Algae ++++
Cutans Vascular plants ++++
Suberans Vascular plants ++++
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Fig. 4.10 The selective preservation pathway model of kerogen formation (after de Leeuw and Largeau 1993 and

Tegelaar et al. 1989).

condensation pathway for geomacromolecule
formation. Neither adsorption nor condensation alone
may be a satisfactory process for preservation of labile
organic substances. Adsorption of monomers can
merely retard their biodegradation, and condensation
is not favored in (pore water) solution. However, if the
processes operate in concert — adsorption promoting
condensation and condensation enhancing adsorption
of further reactants — a plausible mechanism for the
preservation of organic matter arises. Condensation
reactions between adsorbed compounds would lead
to the formation of very strongly bound macromo-
lecules resulting in a marked divergence in the
diagenetic history of the adsorbed monolayer and
nonmineral-bound organic matter. More direct evidence
is, however, still required to establish the quantitative
importance of this process relative to other processes,
such as selective preservation.
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4.3.4 The Formation of Fossil Organic

Matter and its Bulk Composition

The geomacromolecular organic matter surviving
microbial degradation in the early phase of diagenesis
consists of three fractions, termed fulvic acids, humic
acids and humin. They are ill-defined in their chemical
structures, but are operationally distinguished by their
solubilities in bases (humic and fulvic acids) and acids
(fulvic acids only). All three are considered to be
potential precursors of kerogen, which designates the
type of geomacromolecules formed at a later stage of
diagenesis. Kerogen is also only operationally defined
as being insoluble in non-oxidizing acids, bases and
organic solvents (Durand 1980; Tissot and Welte 1984).
Besides this high-molecular-weight organic material,
sediments contain low-molecular-weight organic
substances that are collectively called bitumen and are
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extractable with organic solvents. Bitumen consists of
nonpolar hydrocarbons and a variety of polar lipids
with a great number of different functional groups, such
as ketones, ethers, esters, alcohols, fatty acids and
corresponding sulfur-bearing compounds.

Fulvic acids and subsequently humic acids
decrease in their concentrations over time as a result
of progressive combination reactions with increasing
diagenesis. This process of kerogen formation concur-
rently involves the elimination of small molecules like
water, carbon dioxide, ammonia or hydrogen sulfide
(Huc and Durand 1977). As a consequence, the degree
of condensation of the macromolecular kerogen
increases. In terms of elemental composition it becomes

enriched in carbon and hydrogen and depleted in
oxygen, nitrogen and sulfur. This carbon- and
hydrogen-rich kerogen ultimately is the source material
for the formation of petroleum and natural gas which
starts when burial is deep and temperatures are so high
that the carbon-carbon bonds in the kerogen are
thermally cracked. The main phase of oil formation
typically occurs between 90 °C and 120 °C, but the range
largely depends on the heating rate (slow or rapid burial)
and on the chemical structure of the kerogen. For
example, kerogens rich in sulfur start oil formation earlier
because carbon-sulfur bonds are broken more easily
than carbon-carbon bonds. The product, however, is a
heavy oil (high density, high viscosity) rich in sulfur

2.0

Atomic H/C ratio —

X\

— —

0.05

0.10

015 020 025 0.30

Atomic O/C ratio —»

Fig. 4.11  Kerogen types and their geochemical evolution with increasing burial (temperature increase) in a van Krevelen
diagram of atomic H/C versus O/C ratios from elemental analysis (after Tissot and Welte 1984). Roman numbers indicate
kerogen types, bold trend lines are idealized average values from a large number of data points. In organic geochemistry,
diagenesis is the early (low-temperature) range of this evolution, catagenesis signifies the phase of petroleum and wet gas
formation by thermal cracking, and metagenesis is the high-temperature range where still some dry gas (methane, ethane) is
formed. Numbers associated with broken lines in the diagram (0.5, 1, 2) indicate approximate vitrinite reflectance (R )
values commonly measured to indicate thermal maturity. Vitrinites are fossil woody organic particles of characteristic shape
which increase their reflectivity as a function of geothermal history; the amount of reflected light can be quantitatively
measured with a light microscope under defined conditions (see Sect. 4.5.3 and Taylor et al. 1998 for more details).
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and economically less valuable than light and sulfur-
lean crude oil. The difference between an oil shale and
arock actively generating petroleum is only the thermal
history. An oil shale simply has not completed the phase
of diagenetic release of small molecules described
above. For more details on petroleum formation consult
the textbooks of Tissot and Welte (1984), Hunt (1996)
and Welte et al. (1997).

Molecular structural information about kerogen can
be inferred from elemental analysis, spectroscopic
methods and the results of pyrolysis and selected
chemical degradation experiments (see Rullkotter and
Michaelis 1990 for an overview). Yet, with the
understanding that kerogen is a complex heteroge-
neous macromolecular substance with contributions
from a variety of organisms and a wide range of chemical
alterations that occurred during diagenesis, it becomes
clear that there will be no single molecular structure of
kerogen, and only certain characteristic units can be
described at the molecular level.

Kerogens have been classified into types derived
from H/C and O/C atomic ratios in a van Krevelen
diagram (Fig. 4.11). The types indicated are related to
the hydrogen and oxygen richness, relative to carbon,
of the biogenic precursor material. Roughly, kerogen
Type 1 is related to hydrogen-rich organic matter as
occurring, e.g., in waxes and algal mats, kerogen Type
IT represents typical oceanic plankton material, and
kerogen Type III is typical of land-derived organic
matter which has been transformed into lignite or coal.
A kerogen type IV not indicated in the diagram has
occasionally been defined to have very low H/C ratios
and to represent highly oxidized, largely inert organic
matter. The bold solid trend lines indicated in Figure
4.11 then represent the changes in elemental
composition initially occuring during diagenesis
(evolution grossly parallel to the x-axis due to loss of
oxygen functionalities) and later during oil and gas
formation (catagenesis; evolution grossly parallel to
y-axis due to loss of hydrogen-rich petroleum
hydrocarbons), until a carbon-rich residue is the
ultimate product (near origin in Xy diagram). For more
details see Tissot and Welte (1984).

4.3.5 Early Diagenesis
at the Molecular Level

A small portion of sedimentary organic matter is soluble
in organic solvents and contains lipid compounds that
are either directly inherited from the biological
precursor organisms or cleaved by hydrolysis from
larger cellular units like cell walls or membranes (cf.
Figs. 4.9 and 4.10). The compounds include individual
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substances as well as homologous series of structurally
related compounds. Most of them are functionalized
polar lipids that undergo decarboxylation (organic
acids) and dehydration reactions (alcohols) during early
diagenesis to produce saturated and olefinic hydrocar-
bons, of which the latter are progressively hydroge-
nated into their saturated analogs during later diage-
nesis. Alternatively, aromatic hydrocarbons are formed
by the loss of hydrogen. If these hydrocarbons
essentially have the same carbon skeletons and steric
configurations as their functionalized biogenic precur-
sors, they are called biological markers or molecular
fossils (see Sections 4.3.2 and 4.3.5). Parallel to retention
of the biogenic carbon skeleton, structural rearrange-
ments, catalyzed by clay minerals, partial cleavage of
substituents or ring opening may occur as side
reactions during diagenetic transformation of biogenic
lipids. During the earlier phases of diagenesis, including
processes occurring in the water column, such altera-
tions appear to be mediated by microbial activity. With
increasing burial they are more and more driven by
thermodynamic constraints as temperature increases.
The following discussion of biological marker
reactions of course only applies to that fraction of lipid
compounds that have escaped the highly efficient
degradation in the uppermost sediment layer. It has
been established through quantitative assessment of
transformation reactions that degradation in this zone
may occur over timescales of days and that reaction
rates have often been underestimated by an order of
magnitude (Canuel and Martens 1996). It was
furthermore demonstrated in this study that the
degradation processes can be highly selective and
depend on the origin of the compounds (marine,
bacterial or terrestrial). Fatty acids apparently are
particularly sensitive to degradation whereas sterols
and hydrocarbons have a higher chance of entering
the deeper sediment. As a consequence, quantitative
assessment of the source and fate of organic matter
based on biological markers will be strongly limited as
long as diagenetic effects cannot be separated from
variations in organic matter supply.
4.3.6 Biological Markers
(Molecular Fossils)

Molecules with a high degree of structural complexity
are particularly informative and thus suitable for
studying geochemical reactions because they provide
the possibility of relating a certain product to a specific
precursor. For example, specific biomarkers have been
assigned to some common groups of microalgae. These
compounds include long-chain (C, -C,,) n-alkenones,
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highly-branched isoprenoid alkenes, long-chain n-
alkandiols, 24-methylenecholesterol and dinosterol.
They have been found to be unique for, or obviously
be preferentially biosynthesized by, haptophytes,
diatoms, eustigmatophytes, diatoms and dinoflagel-
lates, respectively (see Volkman et al. 1998; Volkman
2005 for comprehensive overviews). Other long-chain
n-alkyl lipids (e.g. Eglinton and Hamilton 1967),
diterpenoids and 3-oxygenated triterpenoids (e.g.
Simoneit 1986) are considered useful tracers for organic
matter from vascular land plants.

Although certain biological markers may be
chemotaxonomically very specific, care has to be taken
when using relative biomarker concentrations in
geological samples to derive quantitative figures of
the biological species that have contributed to the total
organic matter. First of all, different types of biological
markers may have different reactivities and, thus, may
be selectively preserved during diagenesis (Hedges
and Prahl 1993). In this respect, sequestering of reactive

Fig. 4.12

biomarkers by the formation of high-molecular-weight
organic sulfur compounds may play an important role
(e.g. Sinninghe Damsté et al 1989b; see Fig. 4.10).
Furthermore, there may be a fractionation between
high- and low-molecular-weight compounds. An
extreme example is the (lacustrine) Messel oil shale. In
its organic matter fraction, the residues of dinoflagel-
lates are represented by abundant 4-methyl steroids in
the bitumen whereas the labile cell walls were not
preserved. On the other hand, certain green algae are
clearly identifiable under the electron microscope due
to the highly aliphatic biopolymers in their cell walls,
but no biomarkers specific for green algae were found
in the extractable organic matter (Goth et al. 1988).
The scheme in Figure 4.12 is an example of extensive
and variable biomarker reactions after sedimentation.
It illustrates the fate of sterols particularly during
diagenesis. Although the scheme looks complex, it
shows only a few selected structures out of more than
300 biogenic steroids and geochemical conversion

R=H, CHj, C;Hs, C3H;

Diagenetic and catagenetic transformation of steroids. The precursor sterols are gradually transformed

during diagenesis into saturated hydrocarbons by dehydration (elimination of water) and hydrogenation of the double
bonds. At higher temperatures, during catagenesis, the thermodynamically most stable stereoisomers are formed.
Alternatively, dehydration leads to aromatic steroid hydrocarbons which are stable enough to occur in crude oils
(after Rullkotter 2001). See text for detailed description of the reaction sequences.
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products presently known to occur in sediments. The
biogenic precursor chosen as an example in Figure 4.12
is cholesterol (structure 1, R=H), a widely distributed
steroid in a variety of plants, but more typical of animals
(e.g. zooplankton). Hydrogenation of the double bond
leads to the formation of the saturated cholestanol (2).
This reaction occurs in the uppermost sediment layers
soon after deposition and is believed to involve
microbial activity. Elimination of water gives rise to the
unsaturated hydrocarbon 3. At the end of the diagenetic
stage, the former unsaturated steroid alcohol 1 will have
been transformed to the saturated steroid hydrocarbon
4 after a further hydrogenation step. An alternative
route to the saturated sterane 4 is via dehydration of
cholesterol (1, R=H), which yields the diunsaturated

R=H: p-amyrin

Fig. 4.13

compound 5. Hydrogenation leads to a mixture of two
isomeric sterenes (6; isomer with double bond in
position 5 like in the starting material (1) not shown in
Fig. 4.12). This compound cannot be formed from 3 as
suggested for a long time, because such a double bond
migration would require more energy than is available
under the diagenetic conditions in sediments (de Leeuw
et al. 1989). Further hydrogenation of 6 affords the
saturated hydrocarbon 4. A change in steric configu-
ration of this molecule, e.g. to form 7, occurs only during
the catagenesis stage at elevated temperatures. A side
reaction from sterene 6 is a skeletal rearrangement
leading to diasterene 8 where the double bond has
moved to the five-membered ring and two methyl
groups (represented by the bold bonds) are now bound

Schematic representation of five different (mostly oxidative) diagenetic reactions of triterpenoids from higher

plants. R in the starting material should be an oxygen function, at least in the second pathway (after Rullkétter et al. 1994).
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to the bottom part of the ring system. This reaction has
been shown in the laboratory to be catalyzed by acidic
clays. Thus, diasterenes (8) and the corresponding
diasteranes (9), formed from diasterenes by hydro-
genation during late diagenesis, are found in shales
but not in those carbonates that lack acidic clays.

An additional alternative diagenetic transformation
pathway of steroids leads to aromatic instead of
saturated hydrocarbons. The diolefin 5 is a likely inter-
mediate on the way to the aromatic steroid hydro-
carbons 10-14. Compounds 10 and 11 are those detected
first in the shallow sediment layers. They obviously are
labile and do not survive diagenesis. During late
diagenesis, the aromatic steroid hydrocarbon 12 with the
aromatic ring next to the five-membered ring cooccurs
with compounds 10 and 11 in the sediments, but is also
stable enough to survive elevated temperatures and thus
to be found in crude oils. There is also a corresponding
rearranged monoaromatic steroid hydrocarbon (13).
During catagenesis, monoaromatic steroid hydrocarbons
are progressively transformed into triaromatic hydro-
carbons (14) before the steroid record is completely lost
by total destruction of the carbon skeleton at higher
temperatures.

As asecond example, Figure 4.13 shows five different
diagenetic reaction pathways for pentacyclic triterpenoids
of terrestrial origin that were found to be abundant, e.g.,
in Tertiary deep-sea sediments of Baffin Bay (ten Haven
etal. 1992). Diagenetic alteration with full retention of the
carbon skeleton (e.g. in the case of B-amyrin; R=H) leads
to an olefinic hydrocarbon after elimination of the oxygen
functionality in the A-ring and later to the fully saturated
hydrocarbon. If the substituent group R is a hydroxyl or
carboxylic acid group, oxidation would yield an unstable
ketocarboxylic acid, which instantaneously eliminates CO,
leading to a carbon skeleton with one carbon atom less
than the starting molecule (second pathway; see Rullkdtter
etal. 1994). Direct chemical elimination of the hydroxyl
group in ring A causes ring contraction, and eventually
the ring is opened by oxidative cleavage of the double
bond (third pathway). If the carbon atoms of the A-ring
are completely lost during degradation, then subsequent
aromatization may lead into the fourth pathway.
Alternatively, aromatization may start with the intact
carbon skeleton giving rise to a series of partly or fully
aromatized pentacyclic hydrocarbons (fifth pathway).
All these alterations are typical for terrigenous
triterpenoids. They probably start soon after the decay of
the organisms (or parts thereof, e.g. leaves) and continue
during transport into the ocean. The compounds
described and several others have been found in
numerous marine sediments (see Corbet et al. 1980 and
Rullkétter et al. 1994 for overviews).
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441 Total Organic Carbon and Sulfur

Organic carbon profiles in a sedimentary sequence,
particularly if they are obtained with high stratigraphic
resolution (e.g. Stein and Rack 1995), provide direct
evidence for changes in depositional patterns. An in-
depth interpretation, however, usually requires
additional information on the quality of the organic
matter, i.e. on its origin (marine versus terrigenous) and/
or its degree of oxidation during deposition. The
relationship between organic carbon and sedimentation
rate may help to distinguish different depositional
environments or to determine paleoproductivity as
already discussed in Section 4.2.

Furthermore, the relationship between organic
carbon and sulfur is also characteristic of the
paleoenvironment. Leventhal (1983) and Berner and
Raiswell (1983) observed an increase in pyrite sulfur
content in marine sediments with increasing amount of
total organic carbon (Fig. 4.14). The rationale behind
this is that the amount of metabolizable organic matter
available to support sulfate-reducing bacteria increases
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Fig. 4.14 Plot of weight percent organic carbon vs. weight
percent pyrite sulfur for normal-marine modern sediments.
Each plotted point represents the average value of samples
in a given core, taken at a sediment depth where contents
of organic carbon and pyrite have attained quasi-steady-
state values, i.e. where early diagenesis of carbon and sulfur
is (essentially) complete. The dashed lines enclose data
from a variety of other studies (after Berner and Raiswell
1983). Sediments deposited under anoxic (euxinic) condi-
tions would plot above the trend line, freshwater sediments
significantly below.
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with the total amount of organic matter arriving at the
sediment-water interface. As a consequence, the sedi-
mentary pyrite sulfide content is positively correlated
with the non-metabolized (resistant or unused) organic
matter content (TOC). The trendline in Figure 4.14 is
considered representative of normal marine (oxic)
environments. Data from the Black Sea plot above the
trendline (higher S/C ratios) because consumption of
organic matter by sulfate-reducing bacteria leads to
excess hydrogen sulfide, available for pyrite formation,
in the water column. In contrast to this, freshwater
sediments have very low S/C (or high C/S) ratios
because of the low sulfate concentrations in most
freshwater bodies. Although the trendline is based on
pyrite sulfur, it is not important whether the reduced
sulfur is present as metal sulfide (mostly pyrite) or
bound to the organic matter. This is a question of iron
limitation rather than sulfate reduction.

As outlined in Section 4.3.1 (and discussed more
extensively in Chap. 8) there is a close connection
between organic matter remineralization during early
diagenesis and microbial sulfate reduction. If all of the
sulfate reduction products were precipitated as pyrite
or bound into (immobile) organic matter, measuring
the amount of sulfur in these species would provide
an easy way for determining the amount of organic
matter that has been remineralized and was not
preserved in the sediment. However, the main product
of sulfate reduction, hydrogen sulfide, is volatile and
can escape from the sediment, particularly when
bioturbation of the surface sediment supports this
transport.

Release of hydrogen sulfide from the sediment
plays a less important role under strictly anoxic
conditions where fine lamination indicates that the
environment is hostile to burrowing organisms and
bioturbation does not occur. It has been shown that in
these cases the initial amount of organic matter
deposited can be estimated by measuring concen-
trations of reduced sulfur in such sediments. Consi-
dering the amount of organic matter consumed by
sulfate reduction, Lallier-Verges (1993) defined a sulfate
reduction index (SRI) as

SRI = % initial organic carbon /
% preserved organic carbon 4.9
The amount of initial organic carbon then is the
sum of the preserved organic carbon (measured as
TOC) and the metabolized organic carbon (determined
from the sulfur content with stoichiometric correction
for the sulfate reduction process). Furthermore, the
diffusive loss has to be taken into account. With a
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correction factor of 0.75 and a term 1/(1-qH,S) for the
diffusive loss, Veto et al. (1994) calculated the initial (or
original) organic carbon content of a sediment before
sulfate reduction as

TOC,yiy = TOC +0.75S - 1/(1-gH,S) (4.10)
where TOC and S are the measured values of total
organic carbon and total sulfur. The authors estimate
that the diffusive H,S loss in non-bioturbated
sediments usually is less than 45 % and that this value
can only be reached in cases of very high organic
matter supply, high reactivity of this organic matter
and iron limitation. Littke et al. (1991b) and Liickge et
al. (1996) calculated that sulfate reduction consumed
between 20 and 50 % of the initially sedimented organic
matter (or 1-3 % of primary productivity) both from
ancient rocks (Posidonia Shale) and recent sediments
(Oman Margin and Peru upwelling systems). In a study
of the Pakistan continental margin in the northern
Arabian Sea (Littke et al. 1997b), they clearly demon-
strated that the carbon-sulfur relationship only holds
in the laminated sections of the sediment profile
whereas it fails (strongly underestimates sulfate reduc-
tion) in the intercalated homogeneous, i.e. bioturbated,
sediments for the reason explained before.
44.2 Marine Versus Terrigenous
Organic Matter

As pointed out in Section 4.2.5, even deep-sea
sediments deposited in areas remote from continents
may contain a mixture of marine and terrigenous organic
matter. For any investigation of autochthonous marine
organic matter preservation or marine paleoproductivity,
these two sources of organic matter have to be
distinguished. Furthermore, global or regional climate
fluctuations have changed the pattern of continental
run-off and ocean currents in the geological past (see
Sect. 4.4.3). Being able to recognize variations in marine
and terrigenous organic matter proportions may, thus,
be of great significance in paleoclimatic and paleoceano-
graphic studies.

A variety of parameters are used to assess organic
matter sources. Bulk parameters have the advantage
that they are representative of total organic matter,
whereas molecular parameters address only part of the
extractable organic matter, which in turn is only a small
portion of total organic matter. Some successful appli-
cations of molecular parameters show that the small
bitumen fraction may be representative of the total,
but there are many other examples where this is not the
case. On the other hand, oxidation of marine organic



44

Organic Geochemical Proxies

matter has the same effect on some bulk parameters as
an admixture of terrigenous organic matter, because
the latter is commonly enriched in oxygen through
biosynthesis. It is, therefore, advisable to rely on more
than one parameter, and to obtain complementary
information.

C/N Ratio

Carbon/nitrogen (C/N) ratios of phytoplankton and
zooplankton are around 6, freshly deposited marine
organic matter ranges around 10, whereas terrigenous
organic matter has C/N ratios of 20 and above (e.g.
Meyers 1994, 1997 and references therein). This diffe-
rence can be ascribed to the absence of cellulose in
algae and its abundance in vascular plants and to the
fact that algae are instead rich in proteins. Both weight
and atomic ratios are used by various authors, but due
to the small difference in atomic mass of carbon and
nitrogen, absolute numbers of ratios do not deviate
greatly.

Selective degradation of organic matter components
during early diagenesis has the tendency to modify
(usually increase) C/N values already in the water column.
Still, these ratios are sometimes sufficiently well preser-
ved in shallow-marine sediments to allow a rough
assessment of terrigenous organic matter contribution
(e.g. Jasper and Gagosian 1990; Prahl et al. 1994). A
different trend exists in deep oceanic sediments with
low organic carbon contents. Inorganic nitrogen
(ammonia) is released during organic matter decomposi-
tion and adsorbed to the mineral matrix (particularly clays)
where it adds significantly to the total nitrogen. The C/
N ratio is then changed to values below those of normal
marine/terrigenous organic matter proportions (Miiller
1977; Meyers 1994). This effect should be small in
sediments containing more than 0.3 % organic carbon.
On the other hand, many sapropels from the eastern
Mediterranean Sea and organic-matter-rich sediments
underlying upwelling areas have conspicuously high
C/N ratios (>15), i.e. well in the range of land plants
despite a dominance of marine organic matter, for reasons
yet to be determined (see Bouloubassi et al. 1999 for an
overview). Because such “atypical” C/N ratios were
determined in quite a number of sediments more recently
it is advised not to place too much emphasis on the
significance of this bulk parameter.

Hydrogen and Oxygen Indices
Hydrogen Index (HI) values from Rock-Eval pyrolysis

(see Sect. 4.5.2) below about 150 mg HC/g TOC are
typical of terrigenous organic matter, whereas HI values

0f 300 to 800 mg HC/g TOC are typical of marine organic
matter. Deep-sea sediments rich in organic matter
usually show values of only 200-400 mg HC/g TOC,
even if marine organic matter strongly dominates.
Oxidation has lowered the hydrogen content of the
organic matter in this case. It should also be mentioned
that Rock-Eval pyrolysis was developed as a screening
method for rapidly determining the hydrocarbon
generation potential of petroleum source rocks
(Espitalié et al. 1985) and that a range of complications
may occur with sediments buried only to shallow depth.
For example, unstable carbonates may decompose
below the shut-off temperature of 390 °C (cf. Sect. 4.5.2)
which increases the Oxygen Index and falsely indicates
a high oxygen content of the organic matter.
Furthermore, Rock-Eval pyrolysis cannot be used for
sediments with TOC < 0.3 % because of the so-called
mineral matrix effect. If sediments with low organic
carbon contents are pyrolyzed, a significant amount of
the products may be adsorbed to the sediment minerals
and are not recorded by the flame ionization detector,
thus lowering the Hydrogen Index (Espitali¢ etal. 1977).

Maceral Composition

If the morphological structure of organic matter is well
preserved in sediments, organic petrographic
investigation under the microscope is probably the
most informative method to distinguish marine and
terrestrial organic matter contributions to marine
sediments by the relative amounts of macerals
(organoclasts) derived from marine biomass and land
plants (see Sect. 4.5.3). Many marine sediments,
however, contain an abundance of non-structured
organic matter (e.g. in upwelling areas; Liickge et al.
1996) which cannot easily be assigned to one source
or the other. Furthermore, comprehensive microscopic
studies are time-consuming. In his paleoproductivity
assessments (see Sect. 4.2), Stein (1986a) calibrated
Hydrogen Indices from Rock-Eval pyrolysis of marine
sediments with microscopic data and suggested to use
the more readily available pyrolysis data as a proxy for
marine/terrigenous organic matter proportions.

Stable Carbon and Hydrogen Isotope Ratios

Carbon isotope ratios are principally useful to
distinguish between marine and terrestrial organic
matter sources in sediments and to identify organic
matter from different types of land plants. The stable
carbon isotopic composition of organic matter reflects
the isotopic composition of the carbon source as well
as the discrimination (fractionation) between “C and
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BC during photosynthesis (e.g. Hayes 1993). Most
plants, including phytoplankton and almost all trees
and most shrubs, incorporate carbon into their biomass
using the Calvin (C,) pathway which discriminates
against "*C to produce a shift in §'*C values of about
-20 %o from the isotope ratio of the inorganic carbon
source. Some plants use the Hatch-Slack (C,) pathway
(many subtropical savannah grasses and sedges) which
leads to an isotope shift of about -7 %o. Other plants,
mostly succulents, utilize the CAM (crassulacean acid
metabolism) pathway, which more or less switches
between the C, and C, pathways and causes the 8"°C
values to depend on the growth dynamics.

Organic matter produced from atmospheric carbon
dioxide (6"°C = -7 %o) by land plants using the C,
pathway has an average §'°C value of approximately
-27 %o and by those using the C, pathway approxi-
mately -14 %o. Marine algae use dissolved bicarbonate,
which has a 8"°C value of approximately 0 %o. As a
consequence, marine organic matter typically has 6'*C
values varying between -20 %o and -22 %.. Isotopic
fractionation, among others, is also temperature
dependent which, e.g., in cold polar waters may lead to
carbon isotope values for marine organic matter of
-26%o or lower (e.g. Rau et al. 1991). The fact that a
number of environmental and biological variables

influence the stable carbon isotope composition of
plants may cause variations from the generalized
numbers given above (see Killops and Killops 2005 for
an overview). The ‘typical’ difference of about 7 %o
between organic matter of marine primary producers
and land plants has nevertheless been successfully
used to trace the sources and distributions of organic
matter in coastal oceanic sediments (e.g. Westerhausen
etal. 1993; Prahl et al. 1994; Rommerskirchen et al. 2003
and references therein). Figure 4.15 shows data for a
continental margin setting with the Congo Fan as an
example. The carbon isotope ratios are measured values
compiled from various sources and show the pathway
from the different biological systems to the mixed data
in the sediments in a transect from the shallow
continental margin to the deep ocean.

The availability of dissolved CO, in ocean water
has an influence on the carbon isotopic composition
of algal organic matter because isotopic discrimination
toward ’C increases when the partial pressure of
carbon dioxide (pCO,) is high and decreases when it is
low (see Fogel and Cifuentes 1993 for an overview).
Organic-matter 8"*C values, therefore, become indica-
tors not only of origins of organic matter but also of
changing paleoenvironmental conditions on both
short- and long-term scales. For example, the 6°C values
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Fig. 4.15 Carbon stable isotope data